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Huang Gang’s Resume 2020 (Jun. 2020) 

 

1 Full Name: 

Huang    Gang 
(Family)  (First)  
2 Date and Place of Birth:  

 Nov 12th, 1971 in Beijing 
3 Sex: 

 Male 
4 Present Address: 

State Key Laboratory of Numerical Modeling for Atmospheric Sciences and 
Geophysical Fluid Dynamics(LASG) 
Institute of Atmospheric Physics, Chinese Academy of Sciences 
P.O.Box 9804, Beijing 100029, P.R.China 
Telephone: +86-10-82995312 
Fax: +86-10-82995135 & +86-10-62560390 
E-mail: hg@mail.iap.ac.cn, hgiap@hotmail.com (permanent) 

5 Academic Positions: Distinguished research fellow of CAS and Professor of UCAS, 
Ph.D course advisor, Outstanding Young Scientist Foundation of National Nature Science 
Foundation of China (NSFC)(2014), National young and middle-aged leading science and 
technology innovation talents (2016)，National million plan leader  
6 Short Scientific Biography： 

 
Graduated from Chengdu Meteorological Institute (B.S.) in July, 1994    
Major: atmospheric dynamics 
Graduated from Institute of Atmospheric Physics, Chinese Academy Sciences, 
(Ph.D) in Sep.1999, major: Climatology (Research focus: monsoon dynamics), 
Ph.D degree  
 
2016.4-present, LASG state key laboratory of monsoon and air-sea team 

leader 
2015.9-present, Distinguished research fellow of Chinese Academy of 

Sciences(CAS) 
2015.1-present, Professor at the University of Chinese Academy of 

Sciences(UCAS) 
2015.1-present, Professor, State Key Laboratory of Numerical Modeling for 

Atmospheric Sciences and Geophysical Fluid Dynamics(LASG), c/o Institute of 
Atmospheric Physics, Chinese Academy of Sciences 

2013.1-2014.9, vice dean of Research Institute of Huainan, Institute of 
Atmospheric Physics, Chinese Academy of Sciences； 

2006.7-2015.1, professor， Key Laboratory of Regional Climate-Envirment 
for East Asia(RCE-TEA); c/o Institute of Atmospheric Physics, Chinese Academy of 
Sciences;  

2001.12-2006.7, associate professor, START Global Change Regional 

mailto:hg@mail.iap.ac.cn
mailto:hgiap@hotmail.com
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Research Center for Temperate East Asia; c/o Institute of Atmospheric Physics, 
Chinese Academy of Sciences;  

1999.9-2001.12, assistant professor, START Global Change Regional 
Research Center for Temperate East Asia; c/o Institute of Atmospheric Physics, 
Chinese Academy of Sciences;  

 
2019.10，Senior Visiting Scientist at the university of Maryland ESSIC (Earth 

System Science Interdisciplinary Center) 
2018.4, the Chinese University of Hong Kong graduate course teaching 
2016.4, the Chinese University of Hong Kong graduate course teaching  
2016.1-2, Senior Visiting Scientist at the IPRC in the United States 
2015.12, Senior Visiting Scientist at the UCLA and UCSD Scripps research 

institute in the United States 
2015.4, Senior Visiting Scientist at the Curtin University of Technology and 

Bureau of Meterology in Melbourne and give an Public Lecture 
2015.2, the Chinese University of Hong Kong graduate course teaching 
2014.3, the Chinese University of Hong Kong graduate course teaching 
2013.2, the Chinese University of Hong Kong graduate course teaching 
2013.1, Senior Visiting Scientist at Met Office Hadley Centre in UK and 

participate in the IAP, CAS-UKMO cooperation seminar 
2012.11, Senior Visiting Scientist at ICTP (The Abdus Salam International 

Centre for Theoretical Physics) in Italy and also giving the oral conference report 
2012.6, the Chinese University of Hong Kong graduate course teaching 
2011.11, the Chinese University of Hong Kong graduate course teaching 
2011.4 Senior Visiting Scientist at The Macao Meteorological and 

Geophysical Bureau (SMG), Chinese University of HK and city University of HK 
2010.2-2010.5, Senior Visiting Scientist at the IPRC(International Pacific 

Research Center) and COLA, U.S.A 
2009.8        Senior Visiting Scientist at The Macao Meteorological and 

Geophysical Bureau (SMG) 
2007.6-2007.7  Senior Visiting Scientist at Liverpool University of UK 
2005.1-2005.7  Senior Visiting Scientist at City University of Hong Kong 
2004.3-2004.6  Senior Visiting Scientist Fellowship at Max-Planck-Institute 

for Meteorology, Hamburg, Germany 
2000.9-2001.1  Post doctor Fellowship, IPRC (International Pacific Research 

Center) , SOEST , University of Hawaii , U.S.A 
1998.4-1998.5  Visiting Scholar at Department of Atmospheric Science, 

Pusan National University, Korea 
 
Visit and attend the meeting of the countries and regions:（the United States, 

Japan,South Korea, Thailand, Holland, Germany, Britain, Russia, Australia, Italy, 
New Zealand, Sri Lanka ，China Hong Kong, China Taiwan, China Macau) 
 

7 Fields of Specialization: 
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 Climatological dynamics (Specialized in monsoon dynamics) 
 

I mainly investigate climate dynamics, especially, the mechanism of variability of 
atmospheric circulation and monsoon system in East Asia. The study is systematic 
and original. I have done great amount of original studies on the observation analysis 
and simulation of the impacts of Indian Ocean long-term variability on Asia Monsoon, 
as well as the dynamics of extreme climate, ENSO dynamics and associated decadal 
climate variability. In addition, I have done great amount of research on dataset 
comparison, construction of database, design of model platform and model 
simulations (mainly on multi-model ensemble, ocean-atmosphere coupling model, its 
predictability and uncertainty) et cetera. 
 

8 Honors and Services:  
Honors: 
2019，I took charge of the application of "mechanism of influence of Indian 

Ocean basin mode on summer climate in east Asia" and won the first prize of the 
basic research award of atmospheric science of Chinese meteorological society (to be 
officially released). 

Oct.2018, honored as an outstanding alumnus of the school of earth and planetary 
sciences, university of Chinese academy of sciences 

Sep.2018, obtained Chinese academy of sciences in 2018 outstanding graduate 
student advisor 

January 2018, "Marine dynamics mechanism of climate modality in the tropical 
Indian Ocean" won the first prize of natural science of Guangdong province in 2017, 
ranking second (Guangdong provincial science and technology department) 

Dec 2017, elected to the 3th National million plan leader 
June 2017, the national innovation talents promotion project in 2016 young and 

middle-aged leading science and technology innovation talents (National Ministry of 
Science and Technology) 

January 2017, the Institute of Atmospheric Physics, Chinese academy of sciences, 
title of "advanced worker" 

October 2016, the 70th anniversary of the founding by China Democratic League 
of Beijing’s activities, was awarded the service job title of "advanced individual" 

October, 2014, “Lu Jia-xi” outstanding teacher of the year award 
Agu.2014,obtained Outstanding Young Scientist Foundation of National Nature 

Science Foundation of China (NSFC) 
Nov.2013, obtained Chinese academy of sciences in 2013 outstanding graduate 

student advisor 
Oct. 2013, obtained the 2013 annual “Zhao Jiu-zhang” outstanding young and 

middle-aged scientists (biennial); 
Dec.2012, obtained the 2012 annual scientific and technological innovation 

contribution award of Institute of Atmospheric Physics (IAP),CAS 
Nov.2012, obtained Chinese academy of sciences in 2012 outstanding graduate 

student advisor 
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Jun.2012, obtained the Beijing meteorological society young and middle-aged 
best paper third prize 

Jun.2012, obtained the third national youth science blog competition - best 
picture award 

Nov.2012, obtained the Chinese Academy of Sciences "Zhu Li Yue Hua" 
excellent teacher award 

Nov.2011, obtained "science and education combined with innovation and 
contribution project award” of CAS in 2011 

Nov.2010, obtained the excellent apply case of scientific informatization of 
Chinese Academy of Sciences, the case name is "Atmospheric Science Data 
Integration Analysis Platform" (Project Leader) 

Sep.2010, obtained the 7th excellent youth meterological scientist and technical 
worker of China Funded by Chinese Academy of Sciences Funded Overseas Study 
Plan "Advanced Researchers" in 2009;Scholarship (full funding) of Wang 
Kuan-cheng Education Fund for international conference program in 2008; 

Oct.2005, obtained the Second Prize of "Chang-Wang Tu" Young Scientist of 
Meteorological and Technical Fellowship 

Jan.2000, obtained "Xue Du Feng Zheng" Fellowship due to excellent Ph.D 
dissertation in China 

Feb.1999, obtained "Xue Du Feng Zheng" Fellowship due to excellent paper of 
Atmospheric Science in China  

 
Services: 
Reviewer of International SCI-Journals（28）: 
Journal of the Meteorological Society of Japan (IF=1.233,2012）；  
Journal of Climate (IF=4.097, 2012); 
Monthly Weather Review (IF=2.688, 2012); 
Climate Dynamics (IF=4.602 , 2012); 
Journal of Geophysical Research—Atmospheres (IF=3.021, 2012); 
Climate Research (IF=1.994, 2012); 
Theoretical and Applied Climatology (IF=1.942, 2012);  
Meteorological Applications (IF=1.411, 2012); 
International Journal of Climatology (IF=2.906, 2012)； 
Meteorology and Atmospheric Physics (IF=1.327, 2012); 
Geophysical Research Letters（IF=3.982, 2013); 
Nature Communications(IF=10.742,2014); 
Geophysical & Astrophysical Fluid Dynamics. (IF=1.062,2014) ); 
Atmosphere（IF=0.226,2014); 
Global and Planetary Change(IF=2.766,2014)； 
Scientific Reports（IF=5.578,2015） 

    SOLA（IF=0.791,2015） 
    Hydrological Sciences Journal (IF=2.222,2016) 
    Science of the Total Environment  (IF=4.9,2016) 

Deep-Sea Research Part I (IF=2.48, 2016) 
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Atmospheric Research (IF=4.0343, 2017)  
Renewable & sustainable energy reviews(IF=8.05, 2017) 
PlOS One(IF=2.806,2017) 
Atmospheric Science Letters(IF=1.198,2017) 
Environmental Research Letters（IF=6.096,2019） 
Advances in Meteorology（IF=1.577,2019） 
Ocean Engineering（IF=3.068, 2019） 
Weather and Climate Extremes（IF=4.698, 2019） 
 
Reviewers of Chinese Journals（9SCI，11CSCD）: 
Science in China series d-earth sciences, IF=1.588,2012；  
Chinese Science Bulletin, IF=1.321,2012; 
Chinese Physics B,IF=1.376,2012; 
Acta Physica Sinica, IF=1.016,2012; 
Advances in Atmospheric Sciences(AAS), IF=1.338,2012；  
Journal of Tropical Meteorology, IF=0.313, 2012；  
Chinese Journal of Oceanology and Limnology, IF =0.498, 2012； 
Acta Oceanologica Sinica），IF=0.728,2017；  
Journal of Ocean University of China (JOUC),since 2012 SCIE; 
Climatic and Environmental Research；  
Journal of Tropical Oceanography; 
Transactions of Atmospheric Sciences； 
Chinese Journal of Atmospheric Sciences; 
Atmospheric and Oceanic Science Letters(AOSL); 
Resources and Environment in The Yangtze Basin; 
Chinese Journal of Computational Physics; 
Advances in Earth Science； 
Journal of the Meteorological Sciences; 
 
Standing member and Editor of Chinese Journal of Atmospheric Sciences; 
Editor of Climatic and Environmental Research;  
Member of the 6th and 7th CNC-WCRP (China Climate Research Council);  
Member of development and strategy investigation group in Institute of 

Atmospheric Physics, Chinese Academy of Sciences; the 9th of the academic degree 
evaluation committee of IAP (Institute of Atmospheric Physics, Chinese Academy of 
Sciences) 

Adjunct Professor, Graduate School of Chinese Academy of Sciences (Now 
rename: University of Chinese Academy of Sciences) ; 

Member of academic committee in Center for Plateau Atmosphere and 
Environment Research in Chengdu University of Information Technology;  

Committee member of dynamical meteorology of Chinese Meteorological 
Society;  

Adjunct professor and master teachers of Chengdu University of Information 
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Technology;  
Evaluation expert of NSFC fund; Evaluation expert of China Postdoctoral 

Science Foundation; 
The Beijing natural Science foundation of evaluation experts and rate experts; 
Adjunct Professor, Nanjing University of Information Science &Technology; 
Adjunct Professor, Anhui University of Science and Technology, Master tutor; 
The Beijing municipal commission of science and technology experts; 
Computer Network Information Center, Chinese Academy of Sciences, Cross 

Training Postgraduate Tutor 
National ministry of science and technology major scientific research projects 

evaluation experts 
National key research and development project review experts 
AGU(American Geophysical Union)Member, Chinese Meteorological Society 

Member, AAAS(American Association for the Advancement of Science) Member; 
Feb.2013, was invited to the third chapter 5 of the national assessment report on 

climate change's lead author and a specific written work 
Nov.2013, Editorial Board of Frontiers in Atmospheric Science (Swiss, Gold 

open-access academic publisher) 
Apr.2014, Lead Guest Editor of Advances in Meteorology (SCI, IF = 1.239, 
2013) 
Dec. 2014. The Editors of ACTA Meterologica Sinica 
August 25-27, 2015, Scientific data assembly - data, science and the silk road 
economic belt program committee members 
Since 2015, University of Chinese academy of sciences graduate program 
"climate dynamics" speaker teacher (40 hours ) (2015 - present); Scale of 
excellent courses 
2016 scientific data assembly program committee, Shanghai, China 
Dec. 2015, The first Editors of China Scientific Data（CN11-6035/N） 
2017 scientific data assembly program committee, Kunming, China 
Dec. 2016, The instructor of the youth talent collection project of China 
meteorological society 
Mar. 2017, The first batch of experts invited to be the expert database on the 
“Liaowang Zhiku” 
Sept. 2017, Editor of PeerJ (SCI, IF=2.1770,2016) 
Nov. 2017, Member of the expert advisory committee of the institute of carbon 
emission and environmental data research institute of fudan university 
Nov. 2018, The academic committee member of aviation meteorological 
laboratory of China civil aviation flight university 
Apr. 2019,  IPCC AR6 Expert Reviewer 
Mar. 2020, Member of the academic committee of the institute of atmospheric 
physics, Chinese academy of sciences 
Mar. 2020, JMR reviewer award in August 2019 
Mar. 2020, Part-time doctoral supervisor of hohai university 

9 Publications: 
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By the Jan. 2020 Dr. Gang Huang has published 193 articles;  

The first and corresponding author paper: 98. 123 are published in SCI journal, first 
author (including corresponding author) SCI: 69, 76 papers are published in 1 zone 
SCI Journals, (including 24 in Journal of Climate, 24 in Climate Dynamics, 4 Top 
Journals (including 2 in Nature Climate Change, 1 in Nature Geoscience, 1 in Annual 
Review of Earth and Planetary Sciences etc.)); 58 are published in CSCD Journals, 
including 23 first and corresponding author papers, 3 in AOSL; 13 book chapters are 
published, including foreign publications section 2 piece, the domestic book chapter 
10 articles. The first author and corresponding author’s book chapters: 6 papers. 

The SCI journals published (123), impact factor and the list is as follows(The 

combined impact factor of 562.44): 
Journal Title impact factor 

(2019) 

the number of 

research 

papers 

published 

Nature Climate Change 20.893 2 

Nature Geoscience 13.566 1 

Annual Review of Earth and Planetary Sciences 9.089 1 

Science Bulletin（SB） 9.511 3 

Desalination 7.098 1 

Environmental Research Letters 6.096 3 

Energy 6.082 2 

Journal of Climate（JC） 5.707 24 

Geophysical Research Letters（GRL） 4.497 4 

Climate Dynamics（CD） 4.486 24 

Atmospheric Environment 4.039 1 

Scientific Reports 3.998 1 

International Journal of Climatology（IJC） 3.928 5 

Journal of Geophysical Research-Atmosphere 3.821 3 

Quaternary Science Reviews 3.803 1 

Quarterly journal of the royal meteorological 

society 

3.471 1 

Theoretical and Applied Climatology（TAC） 2.882 25 

PLOS One 2.74 1 

Advances in Atmospheric Sciences（AAS） 2.583 14 

http://www.escience.cn/system/file?fileId=105519
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Journal of Meteorological Research (JMR)  2.302 2 

Journal of the Meteorological Society of Japan

（JMSJ） 

1.976 1 

Atmospheric Sciences Letters（ASL） 1.879 2 

Dynamics of Atmospheres and Oceans（DAO） 1.592 1 

*Major Publications: 
Note: click on the You can download directly； 
 

1) Zhou, C., P. Liu, G. Huang,* J. Lin,**, K. Hu, L. Chen, J. Wang, S. Li, S. Wang 
and R. Ni, 2020: The impact of secondary inorganic aerosol emissions change on 
surface air temperature in the Northern Hemisphere, Theoretical and Applied 
Climatology, DOI: 10.1007/s00704-020-03249-6 (SCI) 

2) Miao, H., D. Dong, G. Huang*, K. Hu, Q. Tian and Y. Gong，2020：Evaluation of 
Northern Hemisphere surface wind speed and wind power density in multiple 
reanalysis datasets，Energy，200 (2020) 117382, DOI: 
https://doi.org/10.1016/j.energy.2020.117382 (SCI)  

3) Zhou, S., G. Huang* and P. Huang*，2020：A bias-corrected projection for the 
changes in East Asian summer monsoon rainfall under global warming, Climate 
Dynamics,54,1-16，DOI:10.1007/s00382-019-04980-1(SCI)  

4) Li, S., L. Chen, G. Huang*, J. Lin*, Y. Yan, Y. Wang, Y. Huo and Z. Wang, 2020: 
Retrieval of surface PM2.5 mass concentrations using visibility measurements 
and GEOS-Chem simulations: application and validation in North China Plain,  
Atmospheric Environment, ,222(2020):117121, https://doi.org/10.1016/ 
j.atmosenv.2019.117121 (SCI)  

5) Hu, L. and G. Huang* , 2020: The changes of high temperature extremes and its 
links with atmospheric circulation over Northern Hemisphere , Theoretical and 
Applied Climatology, 139,261-274,, https://doi.org/10.1007/s00704-019-02970-1 
(SCI)  

6) Li, H. , K. Fang *, J. Du, F. Zhou, Z. Dong, P. Zhang and G. Huang *，2020：
Modulations of the West Pacific Sea Surface Temperature on the covarying 
Eurasian droughts since the Little Ice Age，Quaternary 2020, 3(2), 16; 1-13，
https://doi.org/10.3390/quat3020016 (ESCI)  

7) Wang, S., G. Huang*, K. Hu and L. Wang.2020. An Analysis of the Multi-scale 
Variations of Persistent Haze Events in Central and Eastern China from 1980 to 
2014 [J]. Climatic and Environmental Research (in Chinese), 25(1): 103-112. 
doi:10.3878/j.issn.1006-9585.2019.19049 （CSCD）  

8) Qu,X* and G. Huang, 2020: CO2-induced heat source changes over the Tibetan 
Plateau in boreal summer-part II: the effects of CO2 direct radiation and uniform 

https://doi.org/10.1175/
http://www.escience.cn/system/file?fileId=105657
http://www.escience.cn/system/file?fileId=105753
https://doi.org/10.1016/
http://www.escience.cn/system/file?fileId=105755
http://www.escience.cn/system/file?fileId=103255
http://www.escience.cn/system/file?fileId=102715
http://www.escience.cn/system/file?fileId=102716
http://www.escience.cn/system/file?fileId=102912
http://www.escience.cn/system/file?fileId=101158
http://www.escience.cn/system/file?fileId=100918
http://www.escience.cn/system/file?fileId=100889


Huang Gang’s Resume 2020 (Jun. 2020) 

sea surface warming, ,Climate Dynamics, DOI :10.1007/s00382-020-05349-5 
(SCI)  

9) Qu,X*,G. Huang and Li,Zhu,2020:CO2-induced heat source changes over the 
Tibetan Plateau in boreal summer-Part I:the total effects of the increased 
CO2,Climate Dynamics, http://doi.org/10.1007/s00382-020-05353-9 (SCI) 

 

10) Liu, F*, X. Chen; J. Li; B. Wang, J. Chai, C. Gao, G. Huang, J. Liu and D. Chen, 
2020：Can Taal Volcano eruption trigger an El Niño and lead to Eurasian warming? 
Advances in Atmospheric Sciences, 37（7）:1-8，doi: 10.1007/s00376-020-2041-z 
(SCI)  

11) Zhou, S., G. Huang, and P. Huang*, 2020: Excessive ITCZ but negative SST 
biases in the tropical Pacific simulated by CMIP5/6 models: The role of the 
meridional pattern of SST bias. J. Climate, 33，5305-5316，
doi:10.1175/JCLI-D-19-0922.1. (SCI)  

12) Long, S., S-P Xie, Y. Du*, Q. Liu, X. Zheng, G. Huang, K. Hu, and J. Ying , 
2020: Effects of ocean slow response under low warming targets, Journal of 
climate, 33(2):477-496, DOI: 10.1175/JCLI-D-19-0213.1 (SCI)  

13) Hu，K.*, Y. Liu, G. Huang, Z. He and S-M Long,2020: Contributions to the 
interannual summer rainfall variability in the mountainous area of central China, 
Advances in Atmospheric Sciences, 37(3), https://doi.org/10.1007/s00376-019- 
9099-5. (SCI)   

14) Tao, W., G. Huang*, William K. M. Lau, D. Dong, P. Wang and G. Wen,2020: 
How can the resolution and biases of CMIP5 AGCMs influence precipitation in 
mountain areas—the Hengduan Mountains? ,54(1):159-172, Climate Dynamics, 
https://doi.org/ 10.1007/s00382-019-04993-w (SCI)  

15) Zhou, S., P. Huang*,G. Huang* and K. Hu, 2019: Leading source and constraint 
on systematic spread of the changes in East Asian and western North Pacific 
summer monsoon, Environmental Research Letters,14(2019)124059,  
https://doi.org/10.1088/1748-9326/ab547c (SCI)  

16) Hu，L.，J. Luo*，G Huang* and M. Wheeler, 2019: Synoptic features responsible 
for Heat waves in Central-Africa, a region with strong multi-decadal trend, 
Journal of climate, 32(22):7951-7970, https://doi.org/10.1175/JCLI-D-18-0807.1  
(SCI)  

17) Hu, L., Gang Huang* and K. Hu, 2019: The changes of high temperature 
extremes and its links with atmospheric circulation over Northern Hemisphere , 
Theoretical and Applied Climatology, DOI:10.1007/s00704-019-02970-1 (SCI) 

 

http://www.escience.cn/system/file?fileId=100890
http://www.escience.cn/system/file?fileId=100758
http://www.escience.cn/system/file?fileId=101836
http://www.escience.cn/system/file?fileId=97169
http://www.escience.cn/system/file?fileId=98262
http://www.escience.cn/system/file?fileId=88538
http://www.escience.cn/system/file?fileId=102714
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18) Tao, W. and G. Huang*, P. Wang, Y. Liu, G. Wen and D. Dong,2019: Dominant 
modes of CMIP3/5 models simulating northwest Pacific circulation anomalies 
during post-ENSO summer and their SST dependence, Theoretical and applied 
Climatology,138(3-4),1809-1820,DOI:10.1007/s00704-019-02936-3 (SCI) 

 

19) Chen, L. X. Qu, G. Huang* and Y. Gong, 2019: Projections of East Asian 
summer monsoon under 1.5°C and 2°C warming goals, Theoretical and Applied 
Climatology，137(3-4):2187-2201, DOI : 10.1007/s00704-018-2720-1 (SCI) 

 

20) Wang, S., G. Huang*, J. Lin, K. Hu*, L. Wang and H. Gong, 2019: Chinese Blue 
Days: A novel index and spatiotemporal variations, Environmental Research 
Letters,14(2019)074026, DOI: 10.1088/1748-9326/ab29bb (SCI)  

21) Wen,G.*, G. Huang*, H. Huang, C. Liu and X. Bi, 2019：Observed rainfall 
asymmetry of Tropical cyclone in the process of making landfall in Guangdong, 
South China, International Journal of Climatology, 39(7):3379-3395, DOI: 
10.1002/joc.6027 (SCI)  

22) Jiang,W., G. Huang*, P. Huang*, R. Wu, K. Hu and W. Chen, 2019: Northwest 
Pacific anticyclone anomalies during post-El Niño summers determined by the 
pace of El Niño decay, Journal of climate, 32(12): 3487-3503, 
https://doi.org/10.1175/JCLI-D-18- 0793.1  (SCI)  

23) Wang, L., G. Huang* and W. Chen, 2019: Towards a theoretical understanding of 
multiscalar drought indices based on the relationship between precipitation and 
standardized precipitation index, Theoretical and Applied Climatology, 
136(3):1465-1473, DOI : 10.1007/s00704-018-2578-2 (SCI)  

24) Zhu, L., G. Huang*, G. Fan, X. Qu, Z. Wang and W. Hua, 2019: 
Elevation-dependent sensible heat flux trend over the Tibetan Plateau and its 
possible causes, Climate Dynamics,52(7):3997-4009, DOI:10.1007/s00382-018 
-4360-7 (SCI)  

25) Tian,Q.，G. Huang∗, K. Hu and D. Niyogi, 2019: Observed and global climate 
model based changes in wind power potential over the Northern Hemisphere 
during 1979-2016, Energy,167(2019),1224-1235,https://doi.org/10.1016/j.energy. 
2018.11. 027 (SCI)  

26) Hu, K.*, G. Huang ,S-P Xie, and S-M Long, 2019：Effect of the mean flow on 
the anomalous anticyclone over the Indo-Northwest Pacific in post-El Niño 
summers, Climate Dynamics,53(9-10),5725-5741,DOI: https://doi.org/10.1007/ 
s00382-019-04893-z (SCI)  

27) Qu, X.*, G. Huang, L. Zhu, 2019: The CO2-induced sensible heat changes over 
the Tibetan Plateau from November to Apri. Climate Dynamics,53(9-10): 
5623-5635 , DOI:10.1007/ 2-019-04887-x (SCI)  

http://www.escience.cn/system/file?fileId=102714
http://www.escience.cn/system/file?fileId=101631
http://www.escience.cn/system/file?fileId=101625
http://www.escience.cn/system/file?fileId=101161
http://www.escience.cn/system/file?fileId=98692
http://www.escience.cn/system/file?fileId=98484
http://www.escience.cn/system/file?fileId=101105
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28) Zhang, C., C. Hu*, G. Huang, C. Yao, Z. Zheng, T. Wang, S. Yang and D. Chen, 
2019:Perspective on Landfalling Frequency and Genesis Location Variations of 
Southern China Typhoon during Peak Summer, Geophysical Research Letters, 
46，6830-6838,https://doi.org/10.1029/2019GL083420 (SCI)  

29) Fang, K.*, D. Chen, L. Ilvonen, L. Pasanen, L. Holmström, H. Seppä, G. Huang, 
T. Ou and H. Linderholm,2019: Oceanic and atmospheric modes in Pacific and 
Atlantic Oceans since the Little Ice Age (LIA): towards a synthesis, Quaternary 
Science Review,215(1):293-307, https://doi.org/10.1016/j.quascirev.2019.05.014 
(SCI)  

30) Dong, D., W. Tao*, W.K.M. Lau, Z. Li, G. Huang and P. Wang, 2019: 
Interdecadal variation of precipitation over the Hengduan Mountains during rainy 
seasons, Journal of Climate, 32(12):3743-3760, https://doi.org/10.1175/ 
JCLI-D-18 -0670.1 (SCI)  

31) Li,G.*, Y. Jian, S. Yang, Y. Du, Z. Wang, Z. Li, W. Zhuang, W. Jiang and G. 
Huang,2019: Effect of excessive equatorial Pacific cold tongue bias on the El 
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http://gg.huwaige.com/scholar/citations?user=OabEWb0AAAAJ&hl=zh-CN&oi=ao
&gws_rd=cr 

 

 
Researchgate of Huang Gang: (Web of Science) 
https://www.researchgate.net/profile/Gang_Huang14/stats 
SCI citation 4564（Web of Science）,Impact index:40.64 
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Copyright of Computer software:3 items 
1 Huang Gang*,Wang Pengfei, Liu Bo, Hu Kaiming, Tao weichen and Huang Yong: 
CIESM earth system model coupling prediction software V1.0, Registration number: 
2019SR0970428 (the first persons involved) 
2 Huang Gang*, Wang Pengfei, Liu Bo, Hu kaiming, Tao weichen and Huang Yong: 
CIESM earth system model of ENSO prediction system V1.0, Registration number: 
2019SR0971354(the first persons involved) 
3 Huang Gang*, Wang Su and Hu Kaiming: The definition and application software 
of China blue index V1.0, Registration number: 2019SR1184690 ( the first persons 
involved) 
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Patent: 1 item 
1 Huang Gang*, Wang Su: A method and system for determining the sky blue index 
based on meteorological elements, 2019, China, P201906071. 
**International Conference Paper List 38 

1. Distinct global warming rates tied to multipleocean surface temperature changes, 
Huang Gang* etc, The 5th China-Thailand Joint Conference on Climate 
change,27-29 Nov,2017, Chiangmai, Thailand 

2. A New Circulation Index for the East Asian Summer Monsoon Variability, 
Huang Gang* etc, The 13th ‘General Circulation Model Simulations of the East 
Asian Climate' (EAC) workshop’- East Asian Climate under Global Warming: 
Understanding and Projection, 24-25 March, 2016,Beijing,China  (Invited 
Speakers ) 

3. A New Dynamical Index for the East Asian Summer Monsoon, Huang Gang* 
etc, Second International Symposium on Climate and Earth System Modeling, 
Oct.15-16, 2015, Nanjing  (Invited) 

4. The impact of ENSO on Northwest Pacific summer climate simulated in CMIP5 
models, Huang Gang*, Ocean-atmospheric dynamics in the changing climate, 
2015.12.10-12.12 , Climate Atmosphere Science and Physical Oceanography 
(CASPO), Scripps Institution of Oceanography, UC San Diego, La Jolla, 
California, USA 

5. A New Upper-level Circulation Index for the East Asian Summer Monsoon 
Variability, Huang Gang* etc, 'Recent and expected climate change along the 
Chinese coastal zones’ workshop, Sept.10-11, 2015,Qingdao (Invited) 

6. Indian Ocean air-sea interaction and its climate effects，Huang Gang*，Public 
Seminar, Curtin University Australia, 9 April 2015, Perth, Australia (invited 
talk) 

7.  Coupled ocean-atmosphere dynamics of global warming, Huang Gang*,The 
12th NIMR-IAP Joint Research Workshop, 1-5 Apr.2014, Jeju-do, Korea 
(Invited) 

8. Spatial and temporal variations of light rain events over China and the mid-high 
latitudes of the Northern Hemisphere, Huang Gang*, Workshop on Climate 
Change and Urban Adaptation Science and Practice: Exploring the Challenges，
8-15 December 2013，Raglan, New Zealand (Invited) 

9. Ocean’s Role in Regional Climate Change under Global Warming, Huang 
Gang*, Beijing Symposium on Global Change 2013(Global Change and 
Sustainable Development),23-25 Sept,2013,Beijing ,China 

10. Equatorward shift of the South Asian high in response to anthropogenic 
forcing,Gang Huang* and Xia Qu, Physical Processes in outer and near-earth 
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space and XII Young scientists’ Conference (BSFP-2013), Sep 9 – 14, 2013, 
Irkutsk,Russia (Invited) 

11. Equatorward shift of the South Asian high in response to anthropogenic forcing, 
Gang Huang* etc, the Third Korea-China Joint Symposium,2-6 May 2013 in Guilin, 
China (Invited) 

12. An Enhanced Influence of Tropical Indian Ocean on the South Asia High after 
the Late 1970s，Gang Huang* etc, International Workshop on Seasonal to 
Decadal Prediction, 13-16 May 2013 in Toulouse, France. 

13. The Decadal Change in the Relation Between ENSO and WNP/EA Summer 
Climate in CMIP5 Simulation, Gang Huang* etc, Workshop on IAP and 
Met-office Jan15-Jan18，2013, UK  (Invited) 

14. Decadal change in the impact of summer Indian Ocean SST anomaly on the 
western North Pacific summer monsoons in the late 1970s,Gang Huang*, 
Workshop on Variability in the Western Tropical Pacific: Mechanisms, Teleconn
ectio-ns and Impacts on Sub-Seasonal, Inter-Annual and Inter-Decadal Time Scal
es, Nov. 12 – Nov.16., ICTP, Italy, 2012 

15. An enhanced influence of tropical Indian Ocean on the South Asia High after the 
late 1970s, Gang Huang*, The first workshop of the weather and climate in 
East-south Asia, Aug.2012,chuxiong,Yunnan Province, China 

16. Interannual variability in East Asian climate and its association with tropical 
Indian Ocean conditions in CMIP5 models, Gang Huang*, The 11th IAP-NIMR 
Joint Research Workshop, Beijing, May2012,China (Invited) 

17. Interannual variability in East Asian climate and its association with tropical 
Indian Ocean conditions in CMIP5 models；Gang Huang*, Kaiming Hu, Xia Qu, 
WCRP Workshop on Coupled Model Intercomparison Project Phase5 (CMIP5) 
Model Analysis, Mar5-9, 2012, Hawaii, IPRC,U.S.A 

18. The Impact of Indian Ocean variability on high temperature extremes across 
south of Yangtze River Valley in late summer: Gang Huang*, Kaiming Hu, The 
China-Korea Joint Workshop on the East Asian Monsoon Variability, Apr. 4- 
8 ,2011,Guangzhou (Invited) 

19. Strengthening of tropical Indian Ocean teleconnection to the Northwest Pacific 
since the mid-1970s:An atmospheric GCM study: Gang Huang*, Kaiming Hu, 
Shang-ping Xie, Proceedings of the 10th NIMR-IAP Joint Research Workshop, 
Oct.28-29 ,2010, ByeonSan, Jeolla-do,Korea,PP59 (Invited) 

20. Threatening of climate change on water resources and supply: case study of 
northwest China: Cui, X.; Huang, G.; Chen, W.; Morse, A.EGU2008-A-01959, 
EGU General Assembly 2008  
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21. Impact of Summer Indian Ocean SST variability on Asian Monsoon: Gang 
Huang*, Kaiming Hu, 2008 Western Pacific Geophysics Meeting, Number: 49, 
Cairns, Australia, 29 July - 1 August 2008  

22. Long persistence of El Nino-induced Indian Ocean warming: Role of air-sea 
interaction: Yan Du, Shang-ping Xie, G. Huang, K.M.Hu, 2008 Western Pacific 
Geophysics Meeting, Number: 263, Cairns, Australia, 29 July - 1 August 2008  

23. Indian Ocean capacitor effect: El Nino's long grip on the Asian-western Pacific 
summer monsoon, Shang-Ping Xie, K.M.Hu, J.Hafner, Y.Du, G. Huang, 
H.Tokinaga, 2008 Western Pacific Geophysics Meeting, Number: 261(invited), 
Cairns, Australia, 29 July - 1 August 2008  

24. Impact of Summer Indian Ocean SST variability on Asian Monsoon: Differences 
between North and South, Huang Gang* and Hu kaiming,42, Joint Conference 
on the 6th International Symposium on Asian Monsoon System (ISAM6) and the 
9th East Asian Climate Workshop (EAC9), 10-13 December,2007 ACROS 
Fukuoka, Japan 

25. Differences between the NCEP/NCAR and ERA-40 reanalysis data over East 
Part of China，Huang Gang*，The 5th International Symposium on Asian 
Monsoon System (ISAM5),11-15 october,2005, Korea  

26. The Variability of the Wind System Circulating round the West Side of the 
Tibetan Plateau and Its Relation to the Asian-African Summer Monsoon，Huang 
Gang* and Johnny C.L .Chan, IAMAS 2005, Beijing  

27. An Index meansuring the international variation of the East Asian summer 
monsoon-The EAP index, Gang Huang*, The Fourth International Symposium 
on Asian Monsoon System(ISAM4),Kunming,China,2004, 24-29May  

28. Interannual Variations of the Summer Monsoon over China, Huang Gang*, 
International workshop on climate variability in Asian Monsoon Region: Past to 
Future, 2-4 Dec 2003, Bangkok, Thailand (Invited report)  

29. The Climate Background of the Drought in North China and Dry in Yellow River, 
Huang Gang*, The meeting of “The Climate and the Continual Development”; 
Taipei, Taiwan, 1999.6, 51-55  

30. The study of NAO by using a 20-member Ensemble Simulation by CCSR/NIES 
AGCM, Huang Gang*, The Fifth Atmospheric Dynamics academic meeting, 
April, 2001. Yang Zhou  

31. The Study of East Asian Summer Monsoon strength index and the relationship 
with East Asian summer monsoon interannual variability, Huang Gang*, The 
fourth Atmospheric Dynamics academic meeting, Sept.1997, WuYi Mountain, 
Fujian  
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32. Interannual Variability of the East Asian Summer Monsoon associated with the 
thermal states of the tropical Pacific, Ren Baohua, Huang Ronghui, Huang Gang, 
Proceedings of International Conference on the Variability and Predictability of 
the Asian Monsoon (ICAM), September 22-26,1998, XiAn, China, 258-262  

33. Further Study about A 20-member Ensemble Simulation with An AGCM forced 
by Observed SSTs, Huang Gang*, Shang-Ping, Xie and Shinji Matsumura ,The 
Third International Symposium on Asian Monsoon System(ISAM3) ,December 
11-14, 2001, Nago, Okinawa, Japan 

34. A 20-members ensemble simulation using CCSR/NIES AGCM forced by 
observed SST, Huang Gang* etc. Challenges of A Changing Earth, 10-13 
July,2001 Amsterdam, Netherlands 

35. About Ensemble simulation using CCSR/NIES AGCM, Huang Gang*, 
International Pacific Research Center (IPRC) seminar，Hawaii, USA, Dec30,2000  

36. North China and North Africa Drought in Global Viewpoint, Huang Gang*, The 
Second International Symposium on Asian Monsoon System (ISAM2), Cheju, 
Korea, March 27-31, 2000  

37. The Relationship between the East Asian Summer Monsoon Circulation 
Anomaly and the climatic Variation over China and Korea. Huang Gang*, Yan 
Zhongwei, Baek-Jo Kim, Proceedings of International Conference on the 
Variability and Predictability of the Asian Monsoon (ICAM), September22-26, 
1998, Xian, China, 26-29  

38. The East Asian Summer Monsoon Circulation Anomaly Index and the 
Interannual Variation of the East Asian Summer Monsoon, Huang Gang*, Yan 
Zhongwei, International Conference on Monsoon and hydroloic Cycle, Kyongju, 
Korea, 22-25, April, 1998, 236-241 

** Hong Kong, Macao and Taiwan report 

1. Huang Gang, A new East Asian summer monsoon index, 2016 The typhoon 
rainstorm weather cooperation symposium on both sides of China, held on 
January 20 to 22, Taiwan kaohsiung (30 minutes，invited talk) 

2. Huang Gang etc，Orographically Anchored El Nino Effect on Summer Rainfall 
in Central China, the 2019 cross-strait academic seminar on typhoon Rainfall and 
short-term climate, January 19-23, 2019, (invited report) 

** Public Report 

1 Huang Gang，Global warming is a flicker?  The 11th Public Science Day, Chinese 
Academy of Sciences--- On May 17, 2015  Beijing 

**Media with the introduction of my achievements and articles 
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http://hg.lasg.ac.cn/article/229 

Published several articles and results by  

Foreign media: Nature Climate Change. A team; NBC news; The Discovery; Yahoo; 
PlanetSave; Daily India; Science daily;Star advertiser; Hawaii Public Radio; Tusco 
Citizen; Scripps Magazine; ClimateWire; South China Morning Post etc.  

and Other Domestic media: the people's Daily, Guang-ming Daily, China Daily, 
Oriental Morning Post, Beijing times, the Beijing news, Xinhua net, Phoenix net, Sina; 
Proceedings of China, the scientific network, China meteorological news, CAS news  
(both in English and Chinese) (CAS- Chinese academy of sciences), reports and 
interviews  

To participate in the Beijing TV station life: 2016；Experts decode：how long farewell 
haze (March 31, 2016, 20:25) 

To participate in Guangming Net(founded by guangming daily) :Mr Du-zheng ye one 
hundred commemorative feature program (on April 22, 2016) 

*Teaching Course： 
1 “The latest progress on climate change study” - the summer semester of graduate 
university of Chinese academy of sciences，teacher and course organizer (20 hours) 
(2009 - present); Every year ratings are A; 
2"Advanced environmental planning techniques the MSC programs" - invited 
instructor at the Chinese university of Hong Kong, from 2011 - present); 
3"Climate dynamics" - spring semester teaching teachers university graduate school, 
Chinese academy of sciences (50 hours) (-) in the spring of 2015 
To participate in courses: 
4 "Tropical Marine climate and air-sea interaction" workshops, on November 10-21, 
2014, Speaker: Huang Gang; lecture: the Indian Ocean Warming and its influence on 
east Asian summer climate; Guangzhou, China, South China sea institute of academy 
of sciences, Chinese academy of sciences university courses, 3 credits 
5 "Ocean's influence on the arid and semi-arid climate" workshop, on April 19, 2016, 
Speaker: Huang Gang; Lecture: Tropical air-sea interaction on the influence of the 
east Asian summer climate; Lanzhou, Lanzhou university 
6. Workshop on "effects of oceans on arid and semi-arid climate" (2nd session), 23 
April 2018, report by: huang gang; Lecture content: Effects of ENSO on topographic 
precipitation in China; Lanzhou, Lanzhou university  
7 "tropical Marine climate and air-sea interaction" workshops, November 18, 2019,  
Huang Gang, content of the lecture: under the background of global warming in the 
northwestern Pacific summer wind response to ENSO change and influence of 
simulation error analysis; South China sea institute of academy of sciences, 
Guangzhou, China 
 
*Scientific Data Platform: 
1. Atmospheric Scientific Database （since 1990,1995,2000,2005 major participant）
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since 1990 
http://data.iap.ac.cn 

2. Atmospheric Science Data Integration Analysis Platform（Leader）since 2009 
http://adoap.csdb.cn 
If you have any suggestion or advice, please send email to hg@mail.iap.ac.cn 
 

*Technical Research Report: 
1. Huang Gang*, 2002:The Manual of East Asian Monsoon System Database, IAP 

website, http://data.iap.ac.cn；http://hg.iap.ac.cn/data.htm 
2. Huang Gang*，2002:In Common use of atmospheric science dataset, Model and 

Academic institute unit: Classification and Link, http://hg.iap.ac.cn/mylink.htm 
3. Huang Gang* and Wang Lin，2004:ERA-40 Reanalysis dataset and Its manuals, 

Data center of IAP internal Material,1-50 
4. Wang Pengfei, Xu Yuhong, Ma Xiaoguang, Jian Wensheng and Huang Gang 

etc，2005:Design and Realization of Atmospheric Science Data management 
System, IAP(Institute of Atmospheric Physics) internal manual of dataset,1-122 

 
*PhD Thesis (1999) of Dr. Gang Huang 
Title “Anomalous Meridional Activity Of the East Asian Summer Monsoon In 
Regional and Global Viewpoint”, Institute of Atmospheric Physics, Chinese Academy 
of Sciences outstanding doctoral dissertation & National excellent doctoral 
dissertation nomination； 
Advisor：Prof. Ye Duzheng Academicians,  

 
10 Projects： 
Finished Projects：  
(1) Key scientific project in the 9th Five-Year Plan “96-908” project “National 
short-term climate prediction”, (1996-2000), backbone.  
(2) Major Program of The Chinese Academy of Sciences (CAS) “Asia monsoon 
climate shift and global change” (1997-2000), backbone 
(3) Pre-selected project in n the 9th Five-Year Plan “the projection of national living 
environment in future”, (1997-2000)，participator. 
(4) Key innovation Project of Institute of Atmospheric Physics (IAP) “Decadal 
variability of the North Pacific and East Asia”, (1999-2000), major participator. 
(5) General program of IAP “The evolution feature of Asia-Africa monsoon and the 
trend of China monsoon under global warming”(1999-2000), PI. 
(6) The National Natural Science Foundation of China (NSFC) for Young Scholar 
“the impacts of the Arctic sea ice on Asia monsoon” (2000-2002), backbone. 
(7) CAS Knowledge Innovation Major Project “The evolution regulation of 
ecological environment in western China and sustainable utilization of land and water 
resources” KZCX1-10-07, (2000-2003), major backbone. 
(8) Major State Basic Research Development Program “The evolution of living 
environment and aridification projection in North China”, (1999-2004), backbone & 
program contact. 

http://www.soest.hawaii.edu/~xie/
http://scrippsscholars.ucsd.edu/sxie/
http://scholar.google.com/citations?user=vGEx6O0AAAAJ&hl=en
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(9) IAP Major innovation Project “the response/adaption of transition zone to global 
warming”, (2001-2006)，backbone. 
(10) CAS Knowledge Innovation Project—Scientific database and its 
application—atmospheric sciences and environment database NF105-SDB-1-25 
(2001.1-2005.12), backbone.  
(11) NSFC for Young Scholar “The decadal evolution and trends of Asia-Africa 
monsoon under global warming” (2004.1-2006.12), PI. 
(12) CAS Knowledge Innovation Project “The theory of water resources optimal 
allocation under South water to north background” KZCX3-SW-218, (2003—2006), 
PI of subprogram. 
(13) Open fund of Key laboratory of Meteorological Disaster of Ministry of 
Education (Nanjing University of Information Sciences & Technology) “The 
influences of round-off errors on climate model long-time integration” KLME0601, 
(2007.1-2008.12), PI.  
(14) Major State Basic Research Development Program “The monitor/forecast theory 
and method study of severe storm rain in South China” 2004CB418300, (2004-2008), 
PI of a topic. 
(15) Key Program of atmospheric physics of Knowledge Innovation Project of CAS 
“The application of computation instability theory in climate models” (2007-2009).  
(16) Youth Program of atmospheric physics of Knowledge Innovation Project of CAS 
“The role of Pacific decadal signal tunnel on Asia monsoon-ENSO decadal 
relationship” IAP07314, (2007-2009), co-PI.   
(17) Major State Basic Research Development Program “Aridification over North 
China and human adaption” 2006CB400500, (2006-2010), backbone. 
(18) National Marine Enviromental Forecasting Center-IAP joint project “The 
development of global ocean-atmosphere coupled model” (2008-2010), PI.  
(19) General Program of NSFC “Indian Ocean long-term variability on the decadal 
evolution of Asia-Africa monsoon” 40775051/ D0507 (2008-2010), PI.  
(20) CAS Knowledge Innovation Project (3rd phase) “Mechanisms, models design and 
simulation of land-atmosphere interaction in aid and semi-aid regions” 
KZCX2-YW-220, (2007-2010), PI of subprogram. 
(21) CAS information specific fund—Atmospheric science database 
INFO-115-C01-SDB4-07, (2009-2010)，backbone.  
(22) Key Program of NSFC “the responses/influences of South China Sea oceanic 
environment to/on the summertime weather and climate over South China” U0733002 
(2008-2011), PI of its subprogram.   
(23) National Key Technology R&D Program “The synthetical evaluation technique 
of major natural disaster classification” 2008BAK50B02 (2008.9-2011.12), 
backbone。  
(25) CAS Knowledge Innovation Project “Tropical Indian Ocean basin warming and 
its impacts on East Asia summer climate”, (2009-2011), PI of subprogram.  
(26) Major Projects of International Cooperation and Exchanges NSFC “climate 
change over East Asia and the Northwestern Pacific and its simulation” 40810059005 
(2009-2011), backbone. 

http://cawcr.gov.au/staff/jluo/
https://scholar.google.com.au/citations?user=WT6Zn94AAAAJ&hl=en
mailto:hg@mail.iap.ac.cn
mailto:hgiap@hotmail.com
http://hg.iap.ac.cn/
http://people.ucas.ac.cn/~hg
http://blog.sciencenet.cn/u/hgiap
http://blog.sina.com.cn/hgiap
http://weibo.com/u/1406513455
http://www.renren.com/548048800/profile
http://scholar.google.com/citations?user=OabEWb0AAAAJ&hl=en
http://scholar.gfsstp.com/citations?user=OabEWb0AAAAJ&hl=zh-CN&oi=ao
http://www.researchgate.net/profile/Gang_Huang14
https://www.linkedin.com/in/hgiap
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(27) Major Program of NSFC “The boundary currents in lower latitude of the Pacific 
and low frequent anomalies in warmpool”40890155, (2009-2012), backbone. 
(28) Special Scientific Research Project for Public Interest “The Influences of the 
western Pacific warmpool and near China seas on seasonal-interannual variability 
over East Asia” GYHY201006021, (2010-2012), PI of sub-project.  
(29)Hong Kong RGC joint project "" Roles of Tropical Indian and Pacific -oceans 
Summertime in the South China Sea Climate Variability"; co-PI (project leader); 
2013-2015. 
(30)Major State Basic Research Development sub-program “High-performance 
algorithm in climate system models and its application” 2011CB309704, (2011-2015), 
vice PI.  
(31)Plateau atmosphere and environment key laboratory of Sichuan Province open 
project "The Qinghai-Tibet Plateau and The Tropical Indian Ocean Thermal Contrast 
the impact on the Climate of East Asia", the project number: PAEKL - 2014 - K2, PI; 
2014-2015. 
(32) Sub-program of CAS Strategic Priority Research Program “The Thermal 
Contrast Variability of East Asia and Surrounding Areas and Its Impacts” 
XDA05090402, (2011-2015), Backbone. 
(33)Major State Global change Research Development sub-program “The 
Inhomogeneity of Indian-Pacific oceans to global warming and its influences on East 
Asia Climate” 2012CB955604, (2012-2016), PI. 
(34) Shenzhen Key Laboratory of Severe Weather in South China project "under the 
background of global warming the climate change characteristics and causes of 
shenzhen heavy rain disaster analysis", project director, 2015-2016 
(35)General Program of NSFC “Indian Ocean on East Asia summer climate and 
relevant predict skill” 41275083 (2013-2016), PI. 
(36)Major Research Plan Breeding Project of NSFC “Synergistic effects of Tibetan 
Plateau and Indian Ocean on East Asia summer monsoon” 91337105 (2014-2016), PI. 
(37) National outstanding youth fund project "tropical air-sea interaction and the east 
Asian monsoon system", the project number: NSFC. 41425019; PI; 2015.01 to 
2019.12 
(38)Public science and technology research funds projects of ocean (201505013), "the 
global ocean climate sets prediction model application system development and 
business model", PI of sub-project., 2015-2018 
(39)International cooperation and exchanges of national natural science fund project 
（NSFC）"the decadal variability of southeast Asia monsoon climate and recent 
forecasts", project number: NSFC. 41422501; Project backbone; 2016.09 to 2019.08 
 
Projects on study（2020--）： 
(1) National natural science foundation key project "rapid and slow ocean response 

process and impact on east Asian regional climate in the context of global 
warming", project no. : NSFC 41831175, project leader; 

(2) National natural science foundation innovation group project "east Asia monsoon 
variation characteristics and mechanism", project number: NSFC41721004, 
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project backbone; 2018.01 to 2023.12 
(3) Key project of ocean research center, Chinese academy of sciences: "study on the 

coupling process between ocean in indo-pacific convergence area and east Asian 
summer monsoon and long-term climate change in qinghai-tibet plateau under the 
background of climate warming", project leader, 2019.11-2022.11 

(4) Subproject "impact of Indian Ocean - third pole thermal differences on monsoons 
and their meridional transport effects ", funded by cas strategic pilot science and 
technology project no. : XDA20060501; Subtopic backbone; 2018-2022 

(5) National key research and development plan for global change and response key 
project "research and development of high-resolution sea ice model" 
(2018YFA0605900), project backbone; 2018.9 to 2023.12 

(6) National natural science foundation of China (NSFC) major research program 
"multi-layer interaction on the qinghai-tibet plateau and its climate impact" 
integrated project, project approval no. 91937302, project leader, 2019.9-2022.9 

 **Underline means PI or co-pi projects 
 
11 The Mentor Team Introduced:  

Note: My tutor team including overseas cooperation mentors: Professor Shang-Ping 
Xie and Professor Renguang Wu;  
Since 2010, with the famous meteorologist, Thousands of people plan in China, 
Professor Shang-ping Xie joint admissions. 
Professor Shang-ping Xie’s Resume: 
http://www.soest.hawaii.edu/~xie/  (Professor of the university of Hawaii, IPRC), 
http://scrippsscholars.ucsd.edu/sxie/  (UCSD Scripps honorary Professor, USA)； 

http://scholar.google.com/citations?user=vGEx6O0AAAAJ&hl=en  

Since 2015，with the famous researcher, Dr. Jing-jia Luo, Senior Scientist , CAWCR, 
Bureau of Meteorology, GPO Box 1289, Melbourne, VIC 3001, Australia.  
Dr. Jing-jia Luo’s Resume: 
http://cawcr.gov.au/staff/jluo/ 
https://scholar.google.com.au/citations?user=WT6Zn94AAAAJ&hl=en 
 
Welcome to join our group! 
  
12 My Contact Information: 

Gang Huang 

Email: hg@mail.iap.ac.cn 

MSN: hgiap@hotmail.com 

My personal Web: http://hg.lasg.ac.cn 

My Homepage at University of Chinese academy of sciences: 
http://people.ucas.ac.cn/~hg 

My ScienceNet Blog: http://blog.sciencenet.cn/u/hgiap 

http://www.soest.hawaii.edu/~xie/
http://scrippsscholars.ucsd.edu/sxie/
http://scholar.google.com/citations?user=vGEx6O0AAAAJ&hl=en
http://cawcr.gov.au/staff/jluo/
https://scholar.google.com.au/citations?user=WT6Zn94AAAAJ&hl=en
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My Sina Blog: http://blog.sina.com.cn/hgiap 

My Sina Weibo：http://weibo.com/u/1406513455 

My Renren Blog：http://www.renren.com/548048800/profile 

My Google Scholar: 
http://scholar.google.com/citations?user=OabEWb0AAAAJ&hl=en 

http://scholar.gfsstp.com/citations?user=OabEWb0AAAAJ&hl=zh-CN&oi=ao 

My Researchgate:  
http://www.researchgate.net/profile/Gang_Huang14 

My Linkedin 

https://www.linkedin.com/in/hgiap 

Electronic card:  
please use mobile phone scan the code:  
Chinese version: 

 

http://blog.sina.com.cn/hgiap
http://weibo.com/u/1406513455
http://www.renren.com/548048800/profile
http://scholar.google.com/citations?user=OabEWb0AAAAJ&hl=en
http://scholar.gfsstp.com/citations?user=OabEWb0AAAAJ&hl=zh-CN&oi=ao
http://www.researchgate.net/profile/Gang_Huang14
https://www.linkedin.com/in/hgiap
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1. Huang, G.*, K. Hu and S.-P. Xie, 2010: Strengthening of tropical 

Indian Ocean teleconnection to the Northwest Pacific since the 

mid-1970s: An atmospheric GCM study. Journal of climate, 

23(19):5294–5304. (SCI) (IF=4.904,2014) 

2. Huang, G.*, X. Qu and K. Hu, 2011: The Impact of tropical Indian 

Ocean SST on South Asian High in Boreal Summer. Advances in 

Atmospheric Sciences, 28(2), 421-432. (SCI) (IF=1.479,2014) 

3. Hu, K., G. Huang* and R. Huang，2011: The impact of tropical Indian 

Ocean variability on summer surface air temperature in China. Journal 

of climate, 24(20):5365-5377.（SCI）(IF=4.904,2014) 

4. Hu, K., G. Huang*, X. Qu and R. Huang, 2012: The Impact of Indian 
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ABSTRACT

The correlation of northwest (NW) Pacific climate anomalies during summer with El Niño–Southern Os-

cillation (ENSO) in the preceding winter strengthens in the mid-1970s and remains high. This study in-

vestigates the hypothesis that the tropical Indian Ocean (TIO) response to ENSO is key to this interdecadal

change, using a 21-member ensemble simulation with the Community Atmosphere Model, version 3 (CAM3)

forced by the observed history of sea surface temperature (SST) for 1950–2000. In the model hindcast, the

TIO influence on the summer NW Pacific strengthens in the mid-1970s, and the strengthened TIO tele-

connection coincides with an intensification of summer SST variability over the TIO. This result is corrob-

orated by the fact the model’s skills in simulating NW Pacific climate anomalies during summer increase after

the 1970s shift.

During late spring to early summer, El Niño–induced TIO warming decays rapidly for the epoch prior to

the 1970s shift but grows and persists through summer for the epoch occurring after it. This difference in the

evolution of the TIO warming determines the strength of the TIO teleconnection to the NW Pacific in the

subsequent summer. An antisymmetric wind pattern develops in spring across the equator over the TIO, and

the associated northeasterly anomalies aid the summer warming over the north Indian Ocean by opposing the

prevailing southwest monsoon. In the model, this antisymmetric spring wind pattern is well developed after

but absent before the 1970s shift.

1. Introduction

The northwest Pacific (NWP) summer monsoon is an

important component of the Northern Hemisphere sum-

mer monsoon (Murakami and Matsumoto 1994; Ueda

and Yasunari 1996; Ueda et al. 2009; Wu and Wang 2000).

Year-to-year variations of the NWP monsoon signifi-

cantly affect the occurrence of the flooding–drought

events over East Asia (Huang and Wu 1989; Chang et al.

2000) via the Pacific–Japan teleconnection pattern (Nitta

1987; Kosaka and Nakamura 2006; Arai and Kimoto

2008). Interannual variability in the NWP summer mon-

soon is correlated with El Niño–Southern Oscillation

(ENSO) in the preceding winter (Wang et al. 2003). In

the summer following El Niño, rainfall decreases over

the subtropical NWP with an anomalous anticyclone

near the surface. In East Asia, summer rainfall tends to

be excessive.

ENSO-induced SST anomalies persist through summer

over the tropical Indian Ocean (TIO; Du et al. 2009).

They have been implicated as anchoring summer cli-

mate anomalies over the NWP and East Asia via the so-

called capacitor effect (Yang et al. 2007; Li et al. 2008).

Xie et al. (2009) show that atmospheric Kelvin waves are
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the key bridge between the TIO and subtropical NWP.

El Niño–induced TIO swarming force a Matsuno (1966)–

Gill (1980) pattern in tropospheric temperature. The

warm tropospheric Kelvin wave propagates into the

western Pacific, inducing Ekman divergence in the sub-

tropical NWP to suppress convection and develop an

anticyclonic circulation near the surface. Recent fore-

cast experiments using a coupled general circulation

model (GCM) confirm this TIO teleconnection to the

NWP (Chowdary et al. 2010).

The correlation between the NWP monsoon and ENSO

has apparently strengthened since the mid-1970s, possibly

related to the enhanced ENSO variance (Wang et al.

2008). An observational study by Xie et al. (2010) sug-

gests that this interdecadal change originates in changes

in the TIO teleconnection to the NWP. The El Niño–

induced TIO warming takes place during epochs both

before and after the mid-1970s shift, but it persists into

summer only after the mid-1970s. Accordingly, the tro-

pospheric Kelvin wave it forces strengthens substantially

in the postshift epoch.

The earlier-mentioned observational studies suggest

a strengthening of the TIO teleconnection to the NWP,

which seems to explain the apparent increase in corre-

lation of NWP summer monsoon variability with ENSO

two seasons in advance. Given that TIO SST anomalies

are an important source of summer climate predictability

over the NWP and East Asia (Chowdary et al. 2010), it is

important to investigate the cause of the interdecadal

change in the TIO teleconnection. While increased

ENSO activity (Wang et al. 2008) and enhanced TIO SST

variability (Xie et al. 2010) are a plausible cause, alter-

native explanations cannot be ruled out from observa-

tions alone. For example, improvements in observations

and their assimilation into reanalysis products reduce

sampling errors and may lead to an apparent increase in

correlation, or chaotic variability in the atmosphere can

also cause apparent variations in correlation.

The present study examines the cause of the apparent

strengthening of the TIO teleconnection to the summer

NWP based on a 21-member ensemble simulation using

an atmospheric general circulation model (AGCM)

forced by observed SST for 1950–2000. The AGCM en-

semble simulation reproduces the interdecadal change

similar to observations. We then proceed to examine

interdecadal change in TIO SST response to ENSO and

its subsequent influence on the NWP. The enhanced

persistence of TIO SST anomalies since the mid-1970s is

related to a change in wind pattern in the preceding

season.

The rest of the paper is organized as follow. Section 2

describes the data and numerical simulation. Section 3

reviews observational evidence for the interdecadal

change in the TIO teleconnection. Sections 4 and 5 di-

agnose the model output, examining the interdecadal

change during boreal summer and spring, respectively.

Section 6 is a summary.

2. Data and model

We use the Met Office Hadley Centre Sea Ice and SST

(HadISST) dataset (Rayner et al. 2003) and the National

Centers for Environmental Prediction (NCEP) atmo-

spheric reanalysis (Kalnay et al. 1996), originally on 18

and 2.58 grids, respectively. Our study focuses on in-

terannual variability. Except in the wavelet analysis, a

linear trend has been subtracted from raw anomalies to

remove decadal and longer variations.

SST anomalies averaged over the region of 108S–208N,

408–1008E are used as an index for TIO SST variations,

and the meridional difference of 850-hPa zonal wind

anomalies between a southern region (58–158N, 1008–

1308E) and a northern region (208–308N, 1108–1408E) is

used as an index for the NWP summer anticyclone,

following the NWP summer monsoon index by Wang

et al. (2001), but with the sign reversed. Both indices

are defined for boreal summer [June–August (JJA)].

Hereafter, seasons refer to those for the Northern

Hemisphere.

We use the Community Atmosphere Model, version 3

(CAM3) at T42 resolution (equivalent to 2.88 latitude 3

2.88 longitude) in the horizontal and 23 sigma levels in the

vertical. Details of the models are provided in Collins

et al. (2006). A 21-member ensemble of CAM3 sim-

ulations are performed with HadISST observations as

surface boundary conditions for a 51-yr period of 1950–

2000. Each member simulation differs only in the initial

conditions.

3. Observed interdecadal change in TIO
teleconnection

This section presents results from an observational

analysis to be compared with the AGCM hindcast.

Figure 1 shows the correlation in 15-yr sliding windows

between JJA TIO SST and NWP anticyclone indices (solid

line). The correlation is weak (20.4 to 0.1) and insignificant

for the first half of the record and rises dramatically in the

mid-1970s. It peaks above 0.8 in 1980 and somewhat de-

creases afterward but stays above the 95% significance

level for the past three decades. The strengthening in the

mid-1970s of this TIO teleconnection to the NWP is the

focus of this study. A weakening is also seen in the WNP

anticyclone–TIO SST relationship in the mid-1990s,

which may be related to the decadal change in the East

Asian summer monsoon as studied by Kwon et al. (2005).
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To document the interdecadal change, we partition

the data into preshift (PRE) and postshift (POST) pe-

riods of 1953–76 and 1977–2000, respectively. Figure 2

compares the correlations of SST, 850-hPa wind veloc-

ity, and tropospheric (850–200-hPa mean) temperature

with the NWP anticyclone index between the PRE and

POST epochs. During the POST epoch, positive SST

correlation is found over the north TIO through the

South China Sea. In response to the TIO warming, tro-

posphere temperature displays a Matsuno–Gill pattern

with the maximum correlation over the eastern TIO. A

Kelvin wave wedge penetrates the western Pacific along

the equator, with a pronounced anticyclonic circulation

on its northern flank. These results are consistent with

the Kelvin wave–induced Ekman divergence mecha-

nism of Xie et al. (2009) for the NWP anticyclone.

During the PRE epoch, SST correlation with the NWP

anticyclone is weak, except over small patches off Su-

matra, in the South China Sea and NWP. SST correla-

tion features an east–west contrast in the TIO, with

negative values in the western TIO and westerly wind

anomalies on the equator. Consistent with weak SST

anomalies, there is no significant tropospheric temper-

ature correlation over the TIO. The NWP anticyclone

correlation with the concurrent summer Niño-3.4 SST

index is low, 20.41 and 20.11 for the PRE and POST

epochs, respectively. These results support that the TIO

influence on the NWP anticyclone is weak prior to the

mid-1970s and strengthens afterward.

Figure 3 show wavelet spectra of summer TIO SST and

NWP anticyclone indices. In a frequency band of ap-

proximately four years, TIO SST variability experienced

a prominent increase in the late 1970s (Fig. 3a). There is

a concurrent increase in NWP anticyclone variability in the

same frequency band (Fig. 3b). Moreover, both TIO SST

and NWP anticyclone variability displays a concurrent

shift in dominant frequency from 4 to 3 yr in the 1990s. All

this suggests TIO SST and its teleconnection as the cause

of intensified variability in the NWP anticyclone. This hy-

pothesis is consistent with the earlier-mentioned correla-

tion analysis and will be tested with the CAM hindcast.

4. Summer interdecadal change in model

We first evaluate model skills by performing the em-

pirical orthogonal function (EOF) analysis for ensemble-

mean variability in JJA 850-hPa wind velocity over the

NWP. Figure 4 compares the leading EOF modes with

observations. In observations, the first mode explains

28% of the total variance, featuring an anticyclone

associated with positive sea level pressure (SLP) anom-

alies over the subtropical NWP (Fig. 4, upper left). The

second mode explains 16% of the variance, featuring

westerly anomalies along the equator with zonal SLP

gradient. There is a weak subtropical anticyclone over

East Asia and the NWP (Fig. 4, lower left). Correlation

analysis with eastern Pacific SST indicates that the sec-

ond EOF (EOF-2) represents anomalies during the

summer when El Niño develops [JJA(0)] and EOF-1

represents the summer after El Niño decays [JJA(1)].

Here the numerals in parentheses denote the El Niño

developing (0) and decay (1) years. The first principal

component (PC-1) is highly correlated with the NWP

anticyclone index at r 5 0.92.

The model ensemble-mean simulation captures the

salient features of observed EOFs with the following

differences: 1) the model EOF-1 explains a much larger

fraction of variance possibly because of weaker noise

than in observations; 2) the anticyclone in the model

EOF-1 is shifted by 58 northward; and 3) in the model

EOF-2, the subtropical anticyclone is confined to East

Asia and the off-equatorial low-pressure belt to the

south is more pronounced.

Figure 5 shows the 15-yr sliding correlation for PCs

between observations and the ensemble mean. While

the PC-2 correlation remains nearly constant and above

the 95% significance level throughout, the model’s skills

in PC-1 displays a pronounced interdecadal change in

the late 1970s, low and insignificant before the shift

but rising rapidly afterward to values as high as 0.7.

The ensemble-mean AGCM simulation helps isolate

the SST-forced variability (Rowell et al. 1995; Lu et al.

2006). The high correlation for the NWP EOF-1 mode

between observations and the ensemble-mean simula-

tion during the POST epoch (Fig. 5) indicates that the

year-to-year variations in the NWP summer monsoon

are forced by SST anomalies, while the low correlation

suggests that the SST forcing is weak during the PRE

FIG. 1. The 15-yr sliding correlation between the NWP anticy-

clone and JJA TIO SST indices of observation (solid line), and for

the NWP anticyclone index between observations and the ensemble-

mean simulation (dot–dash line). Horizontal black dash lines denote

95% and 99% confidence levels.

5296 J O U R N A L O F C L I M A T E VOLUME 23



epoch. Thus, it is possible that changes in SST patterns

cause this interdecadal change.

Indeed, the model simulates the late 1970s’ increase in

interannual variability of the NWP anticyclone (Fig. 3c),

even the shift of the dominant frequency from 4–5 to 3 yr.

The concurrent increase in TIO SST variability suggests

it as the cause of enhanced NWP anticyclone variability.

NWP anticyclone variability may be due to internal var-

iability or forced by SST anomalies (Lu et al. 2006). En-

semble AGCM simulations capture only SST-forced

variability, which appears to dominate the NWP anticy-

clone after the mid-1970s. Figure 5 shows that the rise of

the model’s skills in simulating NWP climate anomalies

coincides with the increase in observed correlation be-

tween TIO SST and NWP anticyclone variability (Fig. 2).

TIO teleconnection

The rest of the section examines the TIO teleconnection

to the NWP. Figure 6 compares the correlation between

the TIO SST and NWP anticyclone in 21 simulations

with CAM3. A total of 12 members out of 21 show the

correlation exceeding the 95% confidence level during

the POST epoch, but none passes the 95% confidence

level during the PRE epoch. Moreover, the correlation

coefficients are higher during the POST epoch than the

PRE epoch in every member of the simulations, illus-

trating the strengthened TIO teleconnection after the

mid-1970s.

Figure 7 compares summer correlations of ensemble-

mean precipitation, tropospheric temperature, and 850-hPa

wind with TIO SST between the PRE and POST epochs.

Consistent with observations during the POST epoch, a

TIO warming forces a Matsuno–Gill pattern in tropo-

spheric temperature, with a warm Kelvin wave propa-

gating into the western Pacific along the equator and

Rossby wavelike off-equatorial maxima over the western

TIO and Africa. Precipitation increases over the TIO

except over the Bay of Bengal. A low-level anticyclone

FIG. 2. Correlation with the NWP anticyclone index in observation during (a) 1953–76 and

(b) 1977–2000: JJA SST (gray shade and white contours at intervals of 0.2) and tropospheric

temperature (vertical average from 850 to 200 hPa; contours r $ 0.4). Wind vectors (m s21, pass the

95% confidence level) show the regression of 850-hPa wind with the NWP anticyclone index.
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appears on the northern flank of the tropospheric Kelvin

wave from the Bay of Bengal to the subtropical WNP,

where precipitation shows a tendency to decrease. During

the PRE epoch, by contrast, the Matsuno–Gill pattern

weakens over the TIO, without the development of the

warm Kelvin wave in the equatorial western Pacific and

anticyclonic anomalies over the NWP. Over the central

Pacific, a pair of warm anomaly maxima develops in

tropospheric temperature on either side of the equator.

The cause of these off-equatorial maxima in tropospheric

warming needs further investigation.

These results from the model hindcast indicate that

the increase in TIO SST variability strengthens its in-

fluence on NWP climate. They support the notion that

the warm tropospheric Kelvin wave is a key element of

this teleconnection.

5. Antisymmetric wind pattern in spring and early
summer

What caused the increase in TIO SST variability in

summer after the mid-1970s? Previous studies show that

El Niño induces TIO warming through atmospheric bridge

(Alexander et al. 2002; Schott et al. 2009). Ocean Rossby

waves are important over the southwest TIO (Xie et al.

2002; Huang and Kinter 2002), and surface heat flux ad-

justments dominate the rest of the TIO (Klein et al.

1999; Lau and Nath 2003).

Figure 8 shows the observed correlations with the

December–February (0) [DJF(0)] Niño-3.4 SST index

of SST and 850-hPa wind velocity averaged zonally over

the TIO (408–1008E). El Niño–induced SST warming

persists long over the TIO, with the correlation staying

above 0.6 through JJA(1) during the POST epoch but

falling below this level before June(1) in the PRE epoch.

During the POST epoch, an equatorially antisymmetric

wind pattern develops in March and persists through

June (Kawamura et al. 2001; Wu et al. 2008). Over the

North Indian Ocean (NIO), the associated easterly wind

anomalies act to warm SST after the onset of the south-

west monsoon by reducing the prevailing winds and sur-

face evaporation (Du et al. 2009). Over the NIO, the

easterly wind anomalies during May–July explain the

peculiar SST warming that grows after El Niño has al-

ready dissipated. During the PRE epoch, the antisym-

metric wind pattern does not appear in spring, and wind

anomalies are weak afterward over the NIO, where SST

anomalies decay rapidly (Fig. 10a).

The model reproduces observed wind anomalies quite

well for the POST epoch (Fig. 9b), including the anti-

symmetric wind pattern during March–May(1) [spring;

MAM(1)]. In both observations and the model, easterly

anomalies appear in a broad equatorial band during

January–March and then gradually move northward and

persist over the NIO through June and July. The easterly

anomalies during May–July sustain the NIO warming,

and their successful simulation in our AGCM hindcast

indicate that they are forced by SST anomalies—most

likely those over the southwest TIO (Du et al. 2009).

Indeed, positive precipitation anomalies are found over

the southwest TIO during both MAM(1) (Fig. 10b) and

JJA(1) (Fig. 7b). The zonal-mean wind anomalies in the

model do not correlate very well with observations for

the PRE epoch (Fig. 9a)—the model winds are even

westerly over the NIO during JJA(1).

FIG. 3. Wavelet spectra of the standard deviation of the (a) JJA

TIO SST index, (b) observations NWP anticyclone index, and

(c) ensemble-mean NWP anticyclone index. All shaded regions

denote 95% confidence levels.
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Figure 10 compares the leading EOF mode for MAM

850-hPa wind velocity and associated precipitation

anomalies between the PRE and POST epochs in the

model. As in summer, the model skills in MAM wind

simulation are low before but high after the 1970s shift

(the PC-1 correlation between the hindcast and obser-

vations changes from 20.1 to 0.68). During the POST

epoch, EOF-1 explains a large fraction (42%) of the total

variance, featuring an antisymmetric wind pattern with

anomalous northeasterlies over the NIO. The associated

precipitation anomalies are rough out of phase north

and south of the equator, consistent with the result of Wu

et al. (2008) that the leading precipitation EOF for spring

is antisymmetric about the equator. The reduced rainfall

north of the equator is accompanied by anticyclonic cir-

culation, with easterlies over the NIO. A blob of positive

rainfall anomalies is found over the southwest TIO, ac-

companied by cyclonic circulation. Over the south-

west TIO, the slow propagation of downwelling ocean

Rossby waves induces SST warming and intensifies at-

mospheric convection, thereby forcing the antisymmet-

ric wind pattern across the equator (Xie et al. 2002;

Annamalai et al. 2005; Du et al. 2009).

FIG. 4. Correlation of 850-hPa wind vectors and sea surface pressure in JJA with the leading PCs of 850-hPa wind

velocity in (left) observations and (right) the ensemble-mean simulation: (top) EOF-1 and (bottom) EOF-2. The

domain for EOF analysis covers the NWP (58–508N, 908–1808E).

FIG. 5. Correlation between observations and the ensemble-

mean simulation in 15-yr sliding windows for the first (solid line)

and second (dash) PCs of JJA 850-hPa wind over the NWP. Hor-

izontal black dash lines denote 95% and 99% confidence levels

based on t test.

FIG. 6. Correlation coefficients between the JJA TIO SST and

NWP anticyclone indices in the 21-member simulations during

1977–2000 (black circles) and 1953–76 (triangles). Horizontal dash

lines denote 95% and 99% confidence levels.
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For the PRE epoch, EOF-1 explains a smaller fraction

(33%) of variance and features easterly wind anomalies

centered on the equator (Fig. 10a). The wind anomalies

are consistent with a slowdown of the Walker circulation

and resemble the wind pattern forced by remnant SST

anomalies of a decaying El Niño (Annamalai et al. 2005).

Precipitation anomalies are weak over the southwest TIO,

consistent with the notion that they anchor the antisym-

metric wind pattern across the equator.

Figure 11 shows the evolution of SST correlation with

the model PC-1 for ensemble-mean MAM wind, to

identify the SST forcing. From December to May, SST

warming takes place over the entire TIO for the PRE

epoch but is weak over the NIO for the POST epoch. Wu

et al. (2008) suggest that the meridional SST gradient is

important for the antisymmetric wind pattern, in line

with wind–evaporation–SST (WES) feedback (Xie and

Philander 1994). The TIO warming decays rapidly from

June onward for the PRE epoch but persists through

JJA for the POST epoch.

The TIO wind EOF-1 pattern for MAM is associated

with Pacific SST anomalies indicative of El Niño. The

evolution of Pacific SST correlation, however, is very

different between the PRE and POST epochs. El Niño

decays earlier during the PRE than the POST epoch.

During the POST epoch, the slower decay of El Niño

applies teleconnective forcing longer on the TIO, making

the southwest TIO warming stronger and persist longer

(Xie et al. 2010). The stronger SST forcing over the south-

west TIO helps induce and persist the antisymmetric wind

pattern, causing the NIO to warm during May–July. Posi-

tive SST anomalies over the southwest TIO have another

effect of delaying the onset of the Indian summer mon-

soon, which may help sustain the NIO warming with

increased solar radiation and reduced wind (Joseph et al.

1994; Annamalai et al. 2005).

For the POST epoch, we note a well-organized band

of negative SST correlation over the subtropical NWP

from December to May, conducive to forming a surface

anticyclone (Wang et al. 2003). The NWP anticyclone

FIG. 7. As in Fig. 2, but for correlation with the JJA TIO index and ensemble-mean

precipitation (gray shade and white contours at intervals of 0.2).
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may propagate westward into the NIO as an atmospheric

Rossby wave, helping to suppress atmospheric convec-

tion there (Kawamura et al. 2001). This suggests that the

NWP cooling may serve as a remote forcing for the an-

tisymmetric wind pattern over the TIO.

6. Summary and discussion

The present study has investigated interdecadal change

in the relationship between TIO SST and the NWP sum-

mer anticyclone using both observations and AGCM

simulations. Observations show that the NWP anticy-

clone is negatively correlated with summer TIO SST

after the mid-1970s, but the relationship is weak for

the period of 1958–76. A 21-member ensemble AGCM

hindcast reproduces this interdecadal change. Together,

our observational and model results show that the TIO

teleconnection to the NWP strengthens after the mid-

1970s, most likely as a result of enhanced variability in

summer TIO SST.

Our AGCM hindcast confirms that the interannual

TIO warming excites a warm tropospheric Kelvin wave

and that this Kelvin wave is instrumental in inducing

summer climate anomalies over the subtropical NWP,

including suppressed convection and an anomalous sur-

face anticyclone. The model captures the pronounced

Kelvin wave response of the troposphere to the El Niño–

induced TIO warming for the POST epoch, but the Kelvin

wave response is weak for the PRE epoch, explaining

weak correlation between TIO SST and NWP climate

anomalies. The strong (weak) TIO teleconnection co-

incides with high (low) SST variability over the sum-

mer TIO on one hand and with the period when the

model skills are high (low) in simulating NWP circu-

lation anomalies on the other.

An antisymmetric wind pattern develops in spring and

persists through June, likely anchored by the positive

SST and precipitation anomalies in the southwest TIO.

With northeasterlies north of the equator opposing the

mean southwest monsoon, this wind pattern is instru-

mental in the summer peak of the NIO warming (Du

et al. 2009). This antisymmetric spring wind pattern is

captured for the POST epoch but absent in the PRE

epoch in the model. The SST correlation analysis sug-

gests that stronger meridional SST gradients during the

POST epoch rather than the PRE epoch contributes to

the formation of this wind pattern, and so does the

slower decay of El Niño SST anomalies in the Pacific.

FIG. 8. Observed correlation (contours) between zonal-mean

TIO SST (408–1008E) and the DJF Niño-3.4 index, and regression

(vector) of zonal-mean 850-hPa wind upon the Niño-3.4 index

during (a) 1953–76 and (b) 1977–2000, as a function of calendar

month and latitude.

FIG. 9. As in Fig. 8, but for the ensemble-mean simulation. Su-

perimposed is the correlation between zonal-mean (408–1008E)

precipitation (gray shade and white contours at intervals of 0.2) and

the Niño-3.4 index.
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Our AGCM hindcast prescribes observed SST, but SST

anomalies could be interactive with wind anomalies. For

example, the easterly wind anomalies and SST warming

over the NIO may interact with each other: The NIO

warming induced the NWP anticyclone and easterly anom-

alies over the Bay of Bengal–South China Sea as simulated

in our hindcast (Fig. 7b) as these wind anomalies cause the

ocean to warm (Du et al. 2009).

Results from our AGCM hindcast show that the in-

terdecadal strengthening of both the antisymmetric

spring wind pattern over the TIO and summer TIO

teleconnection is due to changes in the pattern and mag-

nitude of TIO SST anomalies. Such changes in TIO SST

anomalies, in turn, appear to trace back to those in ENSO

in the Pacific. TIO SST anomalies are interactive with the

atmosphere and with Pacific SST via atmospheric bridge

[see Schott et al. (2009) for a recent review]. The inter-

decadal change in ENSO and its interaction with the TIO

needs to be studied from a coupled ocean–atmospheric

perspective.

Two strong El Niño events happened after the mid-

1970s: 1982/83 and 1997/98. We have computed the

correlation coefficient between the TIO SST and NWP

summer anticyclone indices during 1977–2000 by exclud-

ing the years of 1983 and 1998. The correlation coef-

ficients drop to 0.49 and 0.41 for observations and the

FIG. 10. First EOF modes of MAM 850-hPa wind velocity (vectors) over the TIO during

(a) 1953–76 and (b) 1977–2000, with MAM precipitation correlation superimposed (gray

shades and white contours at intervals of 0.2). The results are based on the ensemble-mean

simulation.

FIG. 11. Correlation of SST (gray shades and white contours at intervals of 0.2) with the first PC of MAM 850-hPa

wind over the TIO from DJF to JJA during (a) 1953–76 and (b) 1977–2000.
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model ensemble mean, respectively. They are lower than

using the original time series (0.63 and 0.55 for observa-

tions and the simulation, respectively) but are still much

higher than the correlation for the PRE epoch (Fig. 2).

Thus, individual El Niño events can influence the re-

lationship between the NWP summer monsoon and the

Indian Ocean to some extent, but the sharp interdecadal

change remains without the 1982/83 and 1997/98 events.

The result does illustrate, however, the need to study low-

frequency variations in ENSO properties.
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ABSTRACT

The tropical Indian Ocean (TIO) is warmer than normal during the summer when or after the El Niño
decays. The present study investigates the impact of TIO SST on the South Asian High (SAH) in summer.
When the TIO is warmer, the SAH strengthens and its center shifts southward. It is found that the variations
in the SAH cannot be accounted for by the precipitation anomaly. A possible mechanism is proposed to
explain the connection between the TIO and SAH: warmer SST in the TIO changes the equivalent potential
temperature (EPT) in the atmospheric boundary layer (ABL), alters the temperature profile of the moist
atmosphere, warms the troposphere, which produces significant positive height anomaly over South Asia
and modifies the SAH.

An atmospheric general circulation model, ECHAM5, which has a reasonable prediction skill in the TIO
and South Asia, was selected to test the effects of TIO SST on the SAH. The experiment with idealized
heating over the TIO reproduced the response of the SAH to TIO warming. The results suggest that the
TIO-induced EPT change in the ABL can account for the variations in the SAH.

Key words: tropical Indian Ocean, South Asia High, equivalent potential temperature
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1. Introduction

The ENSO is a major mode of air–sea interaction
on interannual timescale with profound influences on
global climate. The tropical Indian Ocean (TIO) grad-
ually warms when El Niño is in its developing phase,
and the warming reaches a maximum nearly one sea-
son after the NINO3.4 SST anomaly has peaked (Klein
et al., 1999; Lau and Nath, 2000; Alexander et al.,
2002; Lau and Nath, 2003). The warm anomaly still
exists during the summer after the peak of El Niño
(Du et al., 2009). Klein et al. (1999) pointed out that
changes in evaporation and cloud cover induced by the

El Niño account for the warm anomaly over most parts
of the Indian Ocean during the ENSO decaying phase;
while the warm anomaly over the southwest Indian
Ocean could not be explained by the above changes.
Previous research (Masumoto and Meyers, 1998; Yu
et al., 2005) revealed that, when the ENSO matures,
changes in the Walker circulation generate an anticy-
clonic wind anomaly over the TIO, which forces down-
welling Rossby waves in the southeast Indian Ocean.
The Rossby waves propagate westward, arrive in the
southwest Indian Ocean several months later, deepen
the thermocline ridge and warm the SST (Huang and
Kinter, 2002; Xie et al., 2002). Thus, ocean dynam-
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ics may play an important role in the warming in the
southwest Indian Ocean.

The warming of the TIO in response to El Niño has
influences on the climate locally and remotely after El
Niño decays. This phenomenon is called the “capaci-
tor effect” (Annamalai et al., 2005; Yang et al., 2007;
Yang and Liu, 2008; Xie et al., 2009). In the years
when there is basin-wide warming in the TIO, anticy-
clonic wind anomaly occurs over the western North Pa-
cific, rainfall over Yangtze River is above normal and
the South Asian High (SAH) strengthens in the sum-
mer (Yang et al., 2007). The Fast Ocean-Atmosphere
Model and five Atmospheric General Circulation Mod-
els (AGCMs) have reproduced the phenomena (Yang
et al., 2007; Li et al., 2008). Analysis by Xie et al.
(2009) showed that a Kelvin wave anomaly induced
by warming in TIO is key to the generation of an anti-
cyclone anomaly over the western North Pacific. Earli
er studies (Wang et al., 2000, 2003) suggested a role
played by local air-sea interaction in the maintenance
of the western North Pacific anomalous anticyclone in
early summer.

Fig. 1. Regression of SST against N(0)D(0)J NINO3.4
SST index from 1979–2007, (a), (b) and (c) are the re-
sults of D(0)JF, MAM and JJA, respectively. Negative
values are shown in dash contours. Shading indicates
values larger than 0.1; and the interval of white contours
is 0.1 K, the unit is K. For the sake of clarity, spatial
9-point smoothing is performed and the zero contour is
omitted.

Figures 1 and 2 demonstrate the regression of SST
and 200-hPa velocity potential, respectively, on the
NINO3.4 SST index from November(0) to January
(N(0)D(0)J). The numeral “0” denote the preceding
year. In the winter when El Niño peaks and the fol-
lowing spring, SST is warmer than normal in the equa-
torial eastern Pacific (EEP) and the 200-hPa veloc-
ity potential shows an upper-level anomalous diver-
gence. Though there is a warming in the TIO, the
200-hPa velocity potential suggests a weak anomalous
divergence or convergence over the TIO. This indicates
that during these two seasons, the EEP SST has a
major impact on circulation over the tropical Indo-
Pacific Ocean and that TIO SST does not have a large
impact on circulation or it just responds to the at-
mosphere passively. During the summer following El
Niño, the warm anomaly over the EEP is weaker than
that in N(0)D(0)J and March to May (MAM), and
the intensity of the warm anomaly over the TIO is
approximately equal to that in N(0)D(0)J and MAM.
The 200-hPa velocity potential in summer shows an
anomalous divergence over the TIO and no significant
anomaly over the EEP, indicating an active role of the
TIO SST on local and surrounding circulation in sum-

Fig. 2. As in Fig. 1, except for the results of 200-hPa
velocity potential (contours) and divergent wind compo-
nent (vectors), the contour interval is 2.5×105 m2 s−1.
Solid and dashed lines represent positive and negative
values, respectively.
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mer, in agreement with Wu et al. (2009). The regres-
sion of SST and 200-hPa velocity potential in the pre-
ceding winter, spring, and summer, on the TIO SST
in summer shows similar results. The present study
focuses on the impacts of the TIO SST in summer.

The SAH is a high pressure system located in the
upper troposphere over the Tibetan Plateau and its
surrounding area in summer. It is a result of the el-
evated heating of the Tibetan Plateau to the atmo-
sphere (Flohn, 1960) and has been recognized to be
the strongest and steadiest system in the upper tropo-
sphere (Mason and Anderson, 1963). The variations
of the SAH are tightly linked to precipitation and cir-
culation over Asia. Tao and Zhu (1964) reported that
longitudinal displacement of the SAH leads that of a
500-hPa subtropical anticyclone over the Western Pa-
cific for a few days and is a good index for short- to
medium-range weather forecasts in Asia. In the sum-
mer, when the SAH shifts eastward, significant posi-
tive rainfall anomalies occur in southern Japan, over
the Korea Peninsula, and in the Yangtze River-Yellow
River Valley of China and the Tibetan Plateau. As
the SAH shifts westward, the rainfall over these areas
tends to be below average (Zhang et al., 2002). Zhang
and Wu (2001) pointed out there is a good relationship
between the strength of the SAH and rainfall over the
Yangtze River valley in summer. The variation of the
summer SAH can modulate climate downstream. A
strengthened SAH emanates anomalous wave energy
downstream along the westerly jet stream, leading to
the occurrence of an intensified subtropical high over
the extratropical North Pacific (Zhao et al., 2009).
Also, the summer SAH is linked to global circula-
tion and precipitation. A strengthened SAH is ac-
companied by a strengthened and westward Western
Pacific subtropical high, weakened mid-Pacific trough
and strengthened Mexican high. Furthermore, rainfall
tends to increase over South Asia, Central America,
Australia and Central Africa, and decrease over the
Pacific and Mediterranean (Zhang et al., 2005). In ad-
dition, the easterly and westerly jets residing on the
south and north sides of the SAH form a transport bar-
rier of some chemicals, such as water vapor and ozone
(Dethof et al., 1999; Randel and Park, 2006). Mean-
while, because of upward transportation in the cen-
ter of SAH, some chemicals such as carbon monoxide
are transported to the upper troposphere and trapped
there (Park et al., 2004; Li et al., 2005).

Because of the large heat content of water, warm
oceans heat the atmosphere and exert deep influence
on circulation. The TIO and SAH are adjacent in geo-
graphical position, and change in thermal regime over
the TIO may affect the variability of the SAH. The In-
dian Ocean basin-wide mode strengthens the summer

SAH probably through the Matsunuo-Gill response
forced by condensational heating associated with in-
creased precipitation over the TIO (Yang et al., 2007;
Yang and Liu, 2008; Li et al., 2008).

In addition to changes in its strength, the SAH
also varies in its latitudinal and longitudinal locations
(Zhang et al., 2000, 2002). Although there have been
studies on the relationship between the TIO SST and
SAH strength, the impact of the TIO SST on the dis-
placements of the SAH is not clear. At the same time,
former studies on the effects of the TIO SST on the
SAH do not clearly address the influencing mechanism.
Our present analysis will show that precipitation over
the TIO is not significantly correlated with TIO SST.
The influence mechanism is therefore still not well un-
derstood, an issue that will be discuss further, below.

The paper is organized as follows. Section 2 de-
scribes data, the method and AGCM experiments.
Section 3 analyses the effects of TIO SST on SAH vari-
ations and the possible influencing mechanism. Sec-
tion 4 uses simulations to validate the relationship and
influencing mechanism proposed in section 3. Section
5 presents a discussion and summary of the findings.

2. Data and method

2.1 Observational data

This study used the Hadley Center Global Sea
Surface Temperature (HadISST) dataset (Rayner et
al., 2006), the Center for Climate Prediction (CPC)
Merged Analysis of Precipitation (CMAP; Xie and
Arkin, 1997), and the National Centers for En-
vironmental Prediction–National Center for Atmo-
sphere Research (NCEP–NCAR) atmospheric reanal-
ysis dataset (Kalnay et al., 1996). The horizontal grid
resolutions of these datasets are 1◦×1◦, 2.5◦×2.5◦, and
2.5◦×2.5◦, respectively. In order to be consistent with
the period covered by the CMAP dataset which starts
from 1979, and considering that there is interdecadal
change in the influence of TIO SST during the late
1970s (Xie et al., 2010), the analysis and discussion in
this paper will focus on the period 1979–2007.

Another focuses of the study is on the interan-
nual variability of the TIO and SAH. For this pur-
pose, three-month mean data were obtained and used
in order to remove intraseasonal variability. Further,
decadal and longer variations, which are significant
over the TIO and surrounding areas (Du and Xie,
2008), were removed.

Correlation, regression and composite analysis
were used to examine the relationship between the two
variables. The statistical significance of a composite
difference was assessed using the Student’s t test. All
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Fig. 3. Idealized SSTA imposed on climatological SST
in ECHAM5.

significances referred to in this paper are at the 95%
confidence level, unless otherwise stated. Finally, sum-
mer, in the context of this study, refers to the period
from June to August.

2.2 AGCM experiment

The AGCM was ECHAM5, the latest Hamburg
version of the European Center for Medium-Range
Weather Forecast model, with a resolution of T63L19
(Roeckner et al., 2003).

Two experiments were designed. The first used
prescribed SST and sea-ice from 1957–1999 to drive
ECHAM5 (hereafter, AMIP2). The results of this ex-
periment will be used to examine the ability of the
AGCM with respect to SAH and climate over the TIO
and the surrounding regions. In order to be consistent
with the period of observational analysis, a dataset
with covering the period 1979–1999 was selected. In
the second experiment, referred to as the TIO sen-
sitivity experiment (TIOSE), the AGCM was driven
by an idealized SST anomaly in the TIO superposed
on the model’s climatological monthly SST. The SST
anomaly is maximum along the equator and gradu-
ally decreases to 0 at 30◦N and 30◦S (Fig. 3). The
SST anomaly increases linearly at a rate of 0.2 K yr−1

from 0 to 2.2 K. Five simulations were performed with
different initial conditions. In the discussion, the en-
semble mean is analyzed to remove the uncertainties
induced by the initial conditions and internal variabil-
ity.

3. observations

3.1 Relationship between TIO SST and the
SAH

Figure 4a illustrates normalized June–August
(JJA) TIO (40◦–100◦N, 20◦S–20◦E) SST time series.
Seven warm cases (1983, 1987, 1988, 1991, 1998, 2003,
and 2007) and nine cold cases (1981, 1984, 1985, 1989,
1994, 1996, 1999, 2000, and 2004) were chosen when
the JJA TIO SST index exceeded 0.5 and −0.5 stan-

Fig. 4. (a) Normalized TIO (20◦S–20◦N, 40◦–100◦E)
SST in June–August from 1979–2007. (b) Contour lines
for 100-hPa 16720 gpm geopotential height when TIO
SST is warm (dashed line), cold (dotted line) and clima-
tological (solid line) in JJA.

dard deviation, respectively.
Figure 4b shows contour lines for 16720 gpm of

100-hPa geopotential height when TIO SST represents
warm cases (dashed contour line), cold cases (dot-
ted contour line) and climatology (solid contour line).
When the TIO is warmer (or colder) than normal,
the SAH strengthens (or weakens) and moves south-
ward (or northward). As TIO SST moves from cold
to warm, the center of the SAH shifts southward, its
southern boundary moves southward, the eastern and
western boundaries respectively shifts eastward and
westward, while almost no movement is found in the
northern boundary. The definition of the SAH indices
follow those in Zhang et al. (2000) and Zhou et al.
(2006). The center of the SAH is the grid where the
geopotential height is the largest and is expressed by
its latitude and longitude. The area of the SAH is
the total number of the points where the geopotential
height is no less than 16600 m in the region (10◦S–
50◦N, 30◦W–180◦E). The SAH intensity is the sum
of differences between 16600 m and the geopotential
height at each point where the geopotential height is
no less than 16600 m in that region. The correlation
coefficients between the TIO SST and SAH indices (in-
cluding strengthening index, area index, center lati-
tude and center longitude), are 0.63, 0.53, −0.43 and
−0.08, respectively. Among the four correlation coef-
ficients, the first two reach the 99% confidence level
and the third reaches the 95% significance level. Thus
when the TIO is warmer, not only does the SAH
strengthen, but its center and main body also shift
southward. However, at the interannual timescale, no
direct relationship could be found between TIO SST
and zonal displacement of the SAH in boreal summer.
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Fig. 5. Correlation with JJA TIO SST index: (a) 100-
hPa geopotential height, (b) tropospheric temperature.
The value 0.4, 0.5, 0.6, 0.65, 0.7 and 0.75 are shown in
contours, and the value 0.7 and 0.75 are shown in thick
contours.

3.2 Possible mechanism of impact

Figure 5 shows the correlation distribution of 100-
hPa geopotential height (hereafter H100) and tropo-
spheric temperature (100–850-hPa temperature; here-
after TT) with TIO SST. In the H100 field (Fig. 5a), a
significant positive anomaly is situated in the tropical
and subtropical region over the TIO and surrounding
areas. The height anomaly over the domain (15◦–
30◦N, 30◦–120◦E), south of the SAH’s climatological
location, is the key area for the strengthening and
southward displacement of the SAH in boreal summer.
As anomalies of H100 are closely related to the vari-
ation in 100–850-hPa temperature, TT field was ana-
lyzed. In the TT field (Fig. 5b), to the west of the In-
dian Ocean, two maximums reside off the equator over
tropical Africa; to the east, the maximum lies along
the equator over the maritime continents. The TT
anomaly over the Indian Ocean and the surrounding
regions exhibits a Matsunuo-Gill pattern in response
to local heating (thick contours in Fig. 5b), indicating
an active area of the TIO on the atmosphere.

Previous studies (Yang et al., 2007; Yang and Liu,
2008) on the impacts of the TIO on the SAH have
suggested that condensational heating associated with
precipitation anomalies plays an important role in the
effects of the TIO on the SAH. However, the correla-
tion results between TIO SST and precipitation do

Fig. 6. Correlation with JJA TIO SST index: (a) pre-
cipitation; (b) EPT in 1000-hPa and (c) surface tempera-
ture. Shading indicates values larger than 0.4. The value
−0.75, −0.7, −0.6, −0.5, −0.4, 0.4, 0.5, 0.6, 0.65, 0.7 and
0.75 are shown in contours; negative values are shown in
dash contours.

not exhibit large scale anomalous rainfall, and sig-
nificant precipitation anomalies only locate over the
southwest Indian Ocean and south Arabian Sea (Fig.
6a). The weak correlation between TIO SST and pre-
cipitation in boreal summer has also been pointed out
by Xie et al. (2009). For convenience, the area average
of H100 in summer over the domain (15◦–30◦N, 30◦–
120◦E), which is the key area for the strengthening
and southward displacement of the SAH, is defined as
an index, named SAHSE; also, the area mean of pre-
cipitation over the domain (20◦S–20◦N, 40◦–100◦E) is
defined as an index, named PTIO. The correlation co-
efficient between SAHSE and PTIO is 0.25, not reach-
ing the 90% significance level. Thus, the correlation
analysis indicates that condensational heating associ-
ated with local precipitation over the Indian Ocean
does not play the key role in the response of the H100.
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Fig. 7. Anomalous EPT (K) profile over the TIO when
the TIO is warm (solid line) and cold (dash line).

In order to better understand the tropospheric
warming over the TIO when the TIO is warm, the
theory of moist adjustment is introduced. In the trop-
ical wet atmosphere, the temperature profile follows
approximately a moist-adiabatic profile which can be
determined by moist static energy (MSE) or equiva-
lent potential temperature (EPT) in the atmospheric
boundary layer (ABL; Emanuel et al., 1994, 1997; Su
and Neelin, 2003). It was pointed out by Xie et al.
(2009) that the TIO warms the atmospheric column
through modifying the EPT or MSE in the ABL. Fig-
ure 7 shows the anomalous EPT profiles when the TIO
is warm and cold in boreal summer. As the specific hu-
midity dataset in the NCEP-NCAR reanalysis is lim-
ited up to 300 hPa, the EPT profile was calculated be-
tween that level and 1000 hPa. Unlike the latent heat
profile with a prominent peak at one level, the EPT
profile shows an approximate uniform warm (or cold)
profile from lower to upper level, further indicating
that precipitation-induced latent heat may not play
the key role. Correlation of EPT1000 with TIO SST
shows a large-scale significant positive anomaly over
the TIO (Fig. 6b). The correlation coefficient between
the area average of EPT1000 over the domain (20◦S–
20◦N, 40◦–100◦E) and SAHSE is 0.75, far exceeding
that between PTIO and SAHSE. The correlation co-
efficient reveals that TIO-SST-induced EPT change in
the ABL is a more important manner through which
TIO SST effects tropospheric warming.

In brief, in boreal summer, the warming of the TIO
induces EPT variation in the ABL, modulates the tem-

perature profile of the atmosphere above it, heats the
atmospheric column, elevates H100 with a significant
positive H100 anomaly to the south of the SAH’s cli-
matological location, strengthens the SAH and leads
to a southward shift of its center.

Besides the direct influence of the TIO on the SAH,
some indirect processes, such as TIO-SST-anomaly-
induced anomalous conditions on land and the thermal
contrast between land and ocean, may also contribute
to variation in the SAH. When the TIO is warm in
boreal summer, precipitation increases over the north
of the Bay of Bengal (Fig. 6a), in accordance with the
simulation results of Yang and Liu (2008). The as-
sociated condensational heating contributes to tropo-
spheric warming over the area and forces an anomalous
anticyclone in the upper troposphere over the SAH’s
climatological position. These processes are favorable
for the strengthening and southward displacement of
the SAH. As the TIO warms, warm anomalies in sur-
face temperature are found in the southwest of the
Indian Peninsula, east of the Indian and north of the
Indo-China Peninsula (Fig. 6c). It can be inferred
that the consequent sensible heat anomaly may also
contribute to tropospheric warming. Moreover, TIO
warming may reduce the thermal contrast between the
Indian Ocean and the continent of Asia, thus height
difference over the two regions is reduced and a posi-
tive height anomaly occurs over the TIO region. This
may also cause a strengthening and southward dis-
placement of the SAH.

4. Model results

AGCM experiments were designed to test the hy-
pothesis that TIO SST affects the strength and lati-
tudinal displacement of the SAH in summer. For con-
venience, NCEP and CMAP results are referred to as
“observation”, though the NCEP reanalysis is obvi-
ously not observational data.

4.1 Prediction ability of ECHAM5

In the observation, summer mean precipitation in
climatology locates mainly in the equatorial Indian
Ocean, east Arabian Sea, Indian Peninsula and the
Bay of Bengal, with a maximum over the equatorial
southeast Indian Ocean, west of the Indian Peninsula
and northeast of the Bay of Bengal (Fig. 8a). For the
summer mean TT field, a ridge exists from northern
Madagascar to the Somali Peninsula and two maxi-
mums exist over the Iran and Tibet Plateaus (Fig. 8a).
In H100, a large-scale high system, the SAH, locates
over Iran and Tibet Plateaus, with its center above
the Tibet Plateau (Fig. 9a).

In ECHAM5, the large-scale characteristics of cli-
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Fig. 8. Climatology of tropospheric temperature (con-
tours) and precipitation (shaded) in JJA, (a) results of
NCEP and CMAP; (b) results of ECHAM5. The units
of tropospheric temperature and precipitation are K and
mm d−1, respectively.

matological precipitation in summer are consistent
with those in observation, with large-scale precipita-
tion along the equatorial south Indian Ocean, Arabian
Sea and the Bay of Bengal; ECHAM5 also captures
well the maximums in the equatorial southeast Indian
Ocean and west Indian Peninsula, but fails to capture
the maximum in the northeast of the Bay of Bengal
(Fig. 8b). In ECHAM5, the TT ridge in the observa-
tion is reproduced well and there is also a maximum
over 30◦N. Although, the maximum shifts westward
compared to the observation, and locates over the Iran
Plateau (Fig. 8b). The value of simulated H100 is
larger than that of the observation, and the SAH is
reproduced but shifts westward relative to the observa-
tion (Fig. 9b). Therefore ECHAM5 can simulate tro-
pospheric temperature, precipitation and geopotential
height near the Indian Ocean well, and the climatology
of the SAH is reproduced quite well. It is reasonable
to discuss the impact of TIO SST on the strength-
ening and latitudinal variations of the SAH by using
ECHAM5.

Owing to the difference of H100 value between
ECHAM5 and the observation, 16860-gpm contour is
adopted to characterize the SAH in simulation. Figure
10a illustrates the contour lines for 16860-gpm of 100-
hPa geopotential height when JJA TIO SST is warm,
cold and climatological. As the TIO warms (or cools),
the SAH strengthens (or weakens) and shifts slightly
southward (or northward), consistent with observed
results.

4.2 The TIO sensitivity experiment

In order to investigate the effect of TIO SST alone
and exclude the influences of SST over other oceans,
TIOSE was analyzed. Figure 10b illustrates contour
lines for 16860 gpm of 100-hPa geopotential height
when the SSTA imposed on the TIO is 0–1 K and
1–2 K mean. Compared to the results of 0–1 K mean,
the SAH strengthens and expands southward when the
TIO SSTA is 1–2 K mean, with more significant move-
ment in the southern boundary than that in the north-
ern boundary. The SAH indices in this experiment
were defined according to the definition in Zhang et al.
(2000) and Zhou et al. (2006), except that the char-
acteristic contour is 16 860 gpm. The scatter plots of
SAH intensity (Fig. 11a), area (Fig. 11b) and center
latitude (Fig. 11c) in TIOSE show good linear relation
with SSTAs imposed on the TIO (the linear regression
of all three reach the 99.9% significance level), while
the linear relationship between center longitude and
SSTA is poor (Fig. 11d). The results are well in ac-
cordance with the relationship between the TIO and
SAH variation in the observation.

Figure 12 shows the differences in H100, TT, pre-
cipitation and EPT1000 between 1–2 K SSTA mean
and 0–1 K SSTA mean. The H100 field (Fig. 12a)
shows a significant positive height anomaly extend-
ing northward to 40◦N. The height anomaly decreases
from tropics to the mid latitude, leading to more sig-
nificant movement in the SAH’s southern boundary
than in its northern boundary, as well as the south-
ward displacement of its center. The response of TT
shows two maximums off the equator, one to the west
of the Indian Ocean and the other along the equator
(Fig. 13b), which features a Matsuno-Gill type re-
sponse. EPT1000 shows a large-scale significant pos-
itive anomaly over the TIO, also in good accordance
with the observation (Fig. 12d). The results of H100,
TT and EPT1000 support the notion that the TIO
warms the troposphere through modulating EPT or
MSE in the ABL, strengthens the SAH and makes it
expand southward.

Compared to observations, the simulated precipi-
tation is different, with a significant positive precip-
itation anomaly over the east Indian Ocean, and a
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Fig. 9. Climatology of 100-hPa geopotential height (m) in JJA: (a)
NCEP, (b) ECHAM5.

Fig. 10. (a) As Fig. 5, except for 16 860 gpm contour lines in AMIP2
run of ECHAM5. (b) Contour lines for 16 860 gpm of 100-hPa geopo-
tential height when summer TIO SSTA is 0–1 K (solid contour lines)
and 1–2 K (dashed contour lines).

negative anomaly over central North Africa from 10◦–
20◦N, Tanzania, the Bay of Bengal and the maritime
continents (Fig. 12c). Although the precipitation re-
sponse over the Bay of Bengal in TIOSE is opposite to
that in observations, the SAH strengthens and shifts
southward in both TIOSE and the observations. So
compared to the effects of precipitation over the Bay
of Bengal, another process may be more important to
the response of the SAH.

Su and Neelin (2003) pointed out that assuming
remote SST is fixed, as local SST increases, moisture
in atmospheric boundary adjusts quickly, the temper-

ature profile of the atmosphere changes, convective
available potential energy increases, and convective
precipitation occurs, making the actual temperature
profile close to a moist-adiabatic profile, meaning the
atmosphere tends to be stable. Convection acts as
a key factor in modulating actual temperature close
to a moist-adiabatic profile. Thus there is a good
relationship between precipitation and SSTAs under
these condition. However, in the observation, when
the TIO is warm in summer, a SSTA also exists over
other oceans (Fig. 1). Provided the TIO SSTA is
fixed, SSTAs outside the Indian Ocean may affect the
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Fig. 11. Scatter plots of SAH (a) intensity (×104 m), (b) area (×102), (c) cen-
ter latitude (◦N) and (d) center longitude (◦E) in JJA with respect to SSTA
in TIOSE. Linear lines in the four plots are the linear fit lines.

Fig. 12. Differences between 1–2 K mean and 0–1 K mean in TIOSE: (a) 100-hPa geopotential
height (m); (b) tropospheric temperature (K); (c) precipitation (mm d−1) and (d) EPT at 1000-hPa
(K). Shading indicates the values reaching the 95% significance level. For the sake of clarity, spatial
9-point smoothing is performed.



430 INDIAN OCEAN’S EFFECT ON SOUTH ASIAN HIGH VOL. 28

atmosphere over the Indian Ocean, tending to make
it warmer or colder. As the TIO SSTA is fixed, an
anomalous EPT in the ABL over the TIO varies very
little. From the changes in the vertical temperature
profile, the atmosphere over the TIO tends to be more
stable or unstable than normal and decreased or in-
creased precipitation occurs to modulate the atmo-
sphere to a neutral state. If the heating of the Indian
Ocean is taken into consideration, a warm (or cold)
TIO makes the actual temperature profile get close
to a moisture-adiabatic profile through increased (or
decreased) convective heating. Due to the combined
effects of SSTAs over the TIO and outside the TIO,
precipitation over the TIO is not significant. Thus the
impacts of other oceans on TT over the TIO may ac-
count for the insignificant precipitation when the TIO
is warm and it is not difficult to understand that pre-
cipitation does not necessarily correlate well to local
SST. Despite that, the mechansim that the TIO warms
the troposphere through modulating EPT or MSE in
the ABL and affects the SAH can be applied to ex-
plain the results in both TIOSE and the observation.
The heat budget of the troposphere over the TIO is
still not understood and needs further investigation.

5. Discussion and summary

The effects of TIO SSTA on variations of the SAH
and the possible underlying mechanism have been in-
vestigated. In the summer when the ENSO decays,
the SST and circulation anomalies indicate that TIO
SST directly or indirectly plays an active role in circu-
lation changes over the TIO, with an active role by the
eastern Pacific not being obvious. This phenomenon is
not obvious in spring, nor the preceding winter. Thus
the impact of TIO SST in summer was the focus of
this study.

Compared to cold cases, when the TIO warms in
summer, the main body of the SAH becomes larger,
the SAH intensifies and its center shifts southward. A
significant correlation can be found between TIO SST
and the indices (intensity, area and center latitude)
of the SAH, while the relationship between TIO SST
and the SAH center longitude is poor. When the TIO
warms, the whole troposphere over the TIO is heated
with a Matsunuo-Gill response in the troposphere.
No significant large-scale precipitation anomaly can
be found over the TIO, indicating that precipitation
does not act as a key factor in forcing the Matsunuo-
Gill response. Emanual et al. (1994, 1997) and Su
and Neelin (2003) pointed out that, the temperature
in the tropical atmosphere follows approximately a
moist-adiabatic profile which is determined by EPT
or MSE in the ABL. TIO SST modulates tropospheric

temperature through changing the EPT or MSE in the
ABL, forcing the Matsunuo-Gill response. As the TIO
warms, because of the spread of tropospheric warming
and the Rossby wave response over the northern In-
dian Ocean, a positive height anomaly occurs in the
south of the SAH’s climatological location in summer,
making the SAH intensify and its center move south-
ward.

AGCM ECHAM5, with a resolution of T63L19,
was used to test the effects of TIO SST on varia-
tions in the SAH. The model experiment indicated
that, as the summer TIO SSTA increases, the SAH
strengthens and its center shifts southward signifi-
cantly. When the TIO warms, a significant tropo-
spheric warm anomaly locates over tropics and sub-
tropics, featuring a Matsuno-Gill type response over
the TIO, consistent with the observation. However,
the precipitation response to the TIO SSTA is differ-
ent to that in the observation. By using the theory
proposed by Su and Neelin (2003) and analyzing the
results obtained in the present study, it can be inferred
that when the TIO is warm, SST in other oceans may
make a positive or negative contribution to precipita-
tion over the TIO. Thus precipitation over the TIO
is not all determined by local SST and the influences
of SSTs in other oceans may account for the insignif-
icant precipitation over the TIO in the observation.
Although simulated precipitation was different from
observed precipitation, the simulation results can still
be explained by the mechanism that the TIO warms
the troposphere through the modulation of the tem-
perature profile and has impact on the SAH.

The simulations have shown that TIO warming
contributes to the strengthening and southward dis-
placement of the SAH in summer. However, the corre-
lation coefficient between the SAH center latitude and
simultaneous NINO3.4 index is −0.45, a little higher
than that between TIO SST and the SAH center lat-
itude. Therefore, besides the influence of the TIO, a
simultaneous influence of eastern Pacific SST may also
contribute to the latitudinal movement of the SAH in
summer. How the former affects the latter also need
further study.
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ABSTRACT

Evidence is presented that the boreal summer surface air temperature over south China and northeast

China is remotely influenced by the Indian Ocean Basin mode (IOBM) sea surface temperature (SST)

anomalies. Above-normal temperature in south China and below-normal temperature in northeast China

correspond to a simultaneous Indian Ocean Basin warming. The teleconnection from Indian Ocean SST

anomalies to China summer surface air temperature is investigated using observations and an atmospheric

general circulation model (AGCM). The results herein indicate that the tropical Indian Ocean Basin

warming can trigger a low-level anomalous anticyclone circulation in the subtropical northwest Pacific and an

anomalous cyclone circulation in midlatitude East Asia through emanating a baroclinic Kelvin wave. In south

China, the reduced rainfall and downward vertical motion associated with the anomalous low-level anticyclone

circulation lead to above-normal summer surface air temperature. In northeast China, by contrast, upward

vertical motion associated with the anomalous cyclone leads to below-normal summer surface air temperature.

1. Introduction

High temperature extremes can cause massive deaths

from hyperthermia, large-scale catastrophic crop failures,

and shortages of water resources and power supplies

(Haines et al. 2006; McMichael et al. 2006). Officials and

the public are beginning to recognize the need for en-

hanced systematic mitigation actions to reduce the in-

creasing risk of extreme heat to national economics, the

environment, and society. In China, these harmful ef-

fects are most obvious for densely populated regions.

Therefore, understanding the factors and the processes

for interannual variation of summer surface tempera-

ture over China is of great socioeconomic importance.

There have been a number of studies on the climatology

and interdecadal variation in such extreme events in

China (Hu 1997; Hu et al. 2003; Shi et al. 2011; Wei and

Chen 2009; Zhai et al. 1999). However, the year-to-year

variations of these high temperature extremes are not well

understood.

The interannual variations of summer climate in

China are largely controlled by the variability in the East

Asia summer monsoon (Huang and Wu 1989; Huang

et al. 2004). A number of studies (Yang et al. 2007; Li

et al. 2008; Xie et al. 2009) reveal that the East Asia

summer monsoon is affected by the interannual fluctu-

ation of the Indian Ocean Basin sea surface temperature

anomalies (SSTAs), which is referred as the Indian

Ocean Basin mode (IOBM) (Klein et al. 1999; Saji et al.

1999). The mechanism for this influence is revealed by

Xie et al. (2009) and is demonstrated as follows. IOBM

SST warming forces a Matsuno–Gill (Matsuno 1966;
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Gill 1980) pattern in the tropospheric temperature.

The warm tropospheric Kelvin wave propagates into the

western Pacific, inducing Ekman divergence in the sub-

tropical northwest Pacific (NWP) to suppress convec-

tion and develop an anticyclonic circulation near the

surface. The NWP anticyclone, with weak convection,

leads to the summer rainfall anomalies in East Asia.

Recent forecast experiments using a coupled general

circulation model (GCM) also confirm this tropical In-

dian Ocean (TIO) teleconnection to the NWP and East

Asia summer climate (Chowdary et al. 2011). However,

these studies mainly focus on summer rainfall anomalies

in East Asia.

Based on the above introduction, we have the first

question, whether IOBM SST anomalies in the tropical

Indian Ocean may also have a significant impact on

China summer surface air temperature anomalies on an

interannual time scale. When SSTs are warming in the

tropical Indian Ocean Basin, an anomalous low-level

anticyclone would develop in the subtropical northwest

Pacific, and cyclone anomalies would develop in the

midlatitude East Asia through the propagating East

Asia–Pacific (EAP) (Huang and Lu 1989; Huang and

Yan 1999)/Pacific–Japan (PJ) (Nitta 1987) wave train.

The anticyclone and cyclone may be able to affect China

surface air temperature through changing the tempera-

ture advection, vertical motion, and adiabatic heating.

Meantime, the decadal change in the amplitude of in-

terannual temperature variability also has an impact on

the frequency of high temperature extremes. Our previ-

ous studies (Xie et al. 2010; Huang et al. 2010) have shown

that the interannual variability of summer tropical Indian

Ocean SST has become larger after the late 1970s. Thus,

we have the second question, whether the interannual

variability of the TIO-related summer surface air tem-

perature in China is also increased after the late 1970s.

The main aim of this study is to investigate the above

two questions by data analysis and model studies. The

rest of the paper is organized as follows: Section 2 de-

scribes the data and numerical simulation. Section 3

presents the observational evidences. Section 4 diagnoses

the model output. Section 5 includes a summary and

some discussions.

2. Data and model

The China monthly-mean surface air temperature and

precipitation dataset used in this study includes 160

stations in China for the period 1951–2008 and was

provided by the China Meteorological Administration’s

National Climate Center.

The global precipitation dataset used in this study

is the monthly-mean Climate Prediction Center (CPC)

Merged Analysis of Precipitation (CMAP; Xie and

Arkin 1996) for the period 1979–2008, which is available

on a 2.58 3 2.58grid.

The SST used in the present study is the Met Office

Hadley Centre Sea Ice and Sea Surface Temperature

version 1 (HadISST1) dataset (Rayner et al. 2003) for

the period 1951–2008. This SST dataset has a resolution

of 18 3 18.

The present study uses winds, vertical velocity, and air

temperature from the National Centers for Environ-

mental Prediction–National Center for Atmospheric

Research (NCEP–NCAR) (Kalnay et al. 1996) for the

period 1951–2008. The monthly-mean temperature ad-

vection derived from the NCEP daily winds and temper-

ature is also used in the present analysis. These variables

are available on 2.58 3 2.58grids.

We use the Community Atmosphere Model, version 3

(CAM3) at T42 resolution (equivalent to 2.88 latitude 3

2.88 longitude) in the horizontal and 23 sigma levels in

the vertical. Details of the models are provided in

Collins et al. (2006). A 21-member ensemble of CAM3

simulations are performed with HadISST1 observations

as surface boundary conditions over the global domain

for a 51-yr period from 1950 to 2000. Each member

simulation differs only in the initial conditions. We se-

lect these model simulation data from 1979 to 2000 in

this study.

To be consistent with the global precipitation dataset

that is available starting from 1979, our study mainly

focuses on the impact of the TIO on China summer

temperature anomalies during 1979–2008. Moreover,

we also discuss the decadal change of the interannual

variability of the TIO and China summer surface tem-

perature during the period from 1951 to 2008. Through-

out this study, the analysis is performed for interannual

variations on time scales shorter than 8 yr. A linear trend

has been subtracted from raw anomalies to remove de-

cadal and longer time-scale variations. For a 30-yr time

series, correlations of 0.31 and 0.37 reach the 90% and

95% confidence levels, respectively, based on the Student

t test.

3. Observational evidence

a. The relationship between the TIO and China
summer temperature

To examine the relationship between the spatial and

temporal variability of the summer [June–August (JJA)

mean] surface air temperature over China and the TIO

SST anomalies, we first perform a singular value de-

composition (SVD) analysis on the summer surface air

temperature over China and simultaneous Indian Ocean
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SST anomalies (308S–308N, 308–1108E) from 1979 to

2008 [details of the SVD method are provided on the

NCAR Command Language (NCL) Web site at http://

www.ncl.ucar.edu/].

As Fig. 1 shows, the first leading homogeneous SVD

mode (the top panel of Fig. 1) is characterized by an

IOBM SST warming and a seesaw surface temperature

pattern between south and north China. When there is

basinwide warming in the tropical Indian Ocean, the

south China (SC) summer surface temperature is above

normal and north China, especially the northeast China

(NEC) surface temperature, is below normal. This mode

accounts for 56% of the total squared covariance.

To confirm the relationship between the summer

TIO SST anomalies and simultaneous China surface air

temperature, we also calculate the heterogeneous cor-

relation coefficient of the first leading SVD mode in the

bottom panel of Fig. 1. The first heterogeneous SVD

mode is also characterized by the IOBM pattern in SST

anomalies and seesaw pattern in surface air temperature

anomalies between south China and northeast China.

Compared with the homogeneous SVD mode, the het-

erogeneous correlations are lower but with a similar

pattern. In heterogeneous correlation map, the positive

correlations of SST are mainly distributed in the tropical

Indian Ocean and South China Sea, with the maximum

correlation coefficient above 0.7; the negative correla-

tions of surface air temperature are mainly distributed in

northeast China, with the correlation coefficient below

about 20.4 (passing the 95% confidence level); and the

positive correlation coefficients of surface air tempera-

ture are distributed in south China, with the maximum

correlation coefficient above 0.5 (passing the 95% con-

fidence level).

Additionally, the second leading SVD mode shows a

positive correlation between the south subtropical In-

dian Ocean SST anomalies and the simultaneous surface

air temperature in the Yangtze River (the figure is not

shown). However, the second mode only accounts for

14% of the total squared covariance. Thus, the present

study will focus on the first leading SVD mode, which

suggests a close relationship between IOBM SST anom-

alies and China surface air temperature.

To further demonstrate the relationship between the

Indian Ocean SST and China surface air temperature,

we use the SST averaged in the tropical Indian Ocean

(208S;208N, 408E;1008E) as an index of the IOBM and

correlate it with China surface air temperature from

1979 to 2008. The correlation pattern shows great simi-

larity with the first SVD mode, with a positive center in

FIG. 1. First leading SVD (top) homogeneous and (bottom) heterogeneous correlation maps of JJA (right) SST

over the Indian Ocean and (left) surface air temperature over China. SVD analysis is based on the data from 1979 to

2008. Contours interval is 0.1 and shades denote 90% confidence level.
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south China and a negative center in northeast China

(Fig. 2). This strongly suggests a potential link between

the seesaw pattern in surface air temperature anomalies

in China and the Indian Ocean SST in summer.

b. The possible remote teleconnection from the TIO
to China temperature

High surface air temperatures are often caused by less

precipitation, long-term sustaining circulation anoma-

lies, radiation anomalies, and atmospheric downward

motion. For example, the serious heat wave in Europe

during 2003 due to persistent anticyclonic conditions,

a lack of precipitation, radiation anomalies, downward

motion, and land–air feedback from May to August

(Black et al. 2004; Fischer et al. 2007). Here, we in-

vestigate the IOBM-induced summer China surface air

temperature anomalies through discussing these factors

in Fig. 3.

First, we discuss the role of local precipitation

anomalies in the impact of the TIO on China surface air

temperature. Figure 3a shows the correlation map be-

tween TS_PC1 (the time series of the first leading China

summer surface air temperature SVD mode in Fig. 1)

and JJA mean precipitation in East Asia during 1979–

2008. Corresponding to the seesaw surface air temper-

ature anomalies, the rainfall is below normal, with

the minimum correlation coefficients around 20.6 in

the southernmost part of China (the bottom rectangle

in Fig. 3a) and above-normal in the western part of

northeast China (the top rectangle in Fig. 3a). The lack

of rainfall may contribute to warm surface air temper-

ature anomalies in south China. Analogously, the above-

normal precipitation in the western part of northeast

China may contribute to local cooling. However, the

correlation between TS_PC1 and precipitation is weak

in the eastern part of northeast China. The precipitation

anomalies may not have a substantial impact on the local

surface temperature in the eastern part of northeast

China.

Second, we discuss the role of vertical motion in Fig.

3c by calculating the correlation coefficient between

TS_PC1 and vertical velocity at 500 hPa. As Fig. 3c

shows, the downward motion controls south China and

the upward motion controls northeast China when the

surface air temperature is above-normal in south China

and below-normal in northeast China. The upward mo-

tion anomalies at 850 hPa (figure is not shown) is the

same as Fig. 3c. The result is consistent with the theory

that the downward movement leads to air warming by

adiabatic heating, and the upward movement can sup-

press such adiabatic heating. Thus, the summer surface

air temperature in both south China and northeast China

is influenced by vertical motion anomalies.

Third, we discuss the role of temperature horizontal

advection in Fig. 3e. Since the terrain is complex in south

China and since the lower-level air temperature anom-

alies are well coherent with surface air temperature

anomalies in China (shown in Fig. 4), we calculate the

correlation of TS_PC1 with the lower-level (vertical

average from 1000 to 850 hPa) temperature horizontal

advection anomalies instead of the temperature hori-

zontal advection at the surface. As Fig. 3e shows, the

horizontal advection correlation with TS_PC1 is weak in

both south China and northeast China. The results il-

lustrate that summer-mean temperature horizontal ad-

vection anomalies may not play an important role in the

process of the impact of the TIO on summer surface air

temperature in China.

The above analysis suggests that the seesaw pattern in

the summer surface air temperature anomalies in China

partly results from the follow factors: precipitation and

vertical motion anomalies. Furthermore, the correlation

maps in Figs. 3b, 3d, and 3f, which are calculated using

SST_PC1 (the time series of the first leading SVD mode

of the Indian Ocean SST in Fig. 1), are similar to Figs. 3a,

3c, and 3e, respectively, which suggests that the Indian

Ocean basinwide SST anomalies have a potential link

with these precipitation and circulation anomalies which,

in turn, contribute to the summer surface air tempera-

ture anomalies in China.

The preceding four paragraphs discuss the role of the

precipitation and circulation anomalies in the process

of the impact of the TIO on summer surface air tem-

perature in China. The below-normal precipitation and

downward motion may lead to warmer-than-normal

summer south China surface air temperature, and the

upward motion may lead to cooler-than-normal summer

surface temperature in northeast China. And these

FIG. 2. Correlation of China summer surface air temperature

with simultaneous IOBM index (area-average SST over 208S–208N,

408–1008E) during 1979–2008. Contours interval is 0.1, and shading

denotes 90% confidence level.
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precipitation and circulation anomalies are associated

with IOBM SST anomalies.

Moreover, both JJA precipitation anomalies and

vertical movement anomalies show a prominent me-

ridional dipole structure in Fig. 3. Below-normal pre-

cipitation and downward vertical motion anomalies

mainly are located between the equator and 288N.

Above-normal precipitation and upward vertical motion

anomalies are in the midlatitude, especially over Japan

and northeast China. Meantime, an anomalous anticy-

clone lies over south China and the northwest Pacific

and an anomalous cyclone is seen over Japan, Korea,

and northeast China (Figs. 3g and 3h). The meridio-

nal dipole pattern of precipitation and vertical motion

anomalies is consistent with the low-level circulation

anomalies, which resemble the EAP/PJ pattern. How do

FIG. 3. Correlation of JJA (a) precipitation, (c) upward motion at 500 hPa (positive value represents subsidence),

(e) lower-level (vertical average from 1000 to 850 hPa) temperature horizontal advection with TS_PC1 (of Fig. 1) and

regression of JJA 850-hPa wind on TS_PC1. (right) As in (left), but using SST_PC1 (of Fig. 1). Wind vectors and

shading denote 90% confidence level.

15 OCTOBER 2011 H U E T A L . 5369



the SSTAs of the IOBM pattern impact the EAP/PJ-like

pattern?

Previous studies (Xie et al. 2009) illustrate that IOBM

pattern SSTAs can affect East Asia summer climate by

a propagating Kelvin wave. To demonstrate that, we

calculate the correlations of 850-hPa wind velocity and

the lower-level tropospheric temperature (vertical av-

erage from 850 to 200 hPa) with the SST_PC1 and

TS_PC1 during the period of 1979–2008.

As Fig. 5b shows, when the tropical Indian Ocean

SSTAs display a basinwide warming pattern, the tro-

posphere temperature displays a Matsuno–Gill pattern

with the maximum correlation over the eastern TIO. A

Kelvin wave wedge penetrates the western Pacific along

the equator, with a pronounced anticyclonic circulation

on its northern flank. A PJ/EAP-like wave train propa-

gates to high latitude, with a low-level cyclonic circula-

tion over north Japan, Korea, and eastern north China.

Coupling with the circulation anomalies, below-normal

rainfall is localized on the south side of the northwest

Pacific anticyclone and above-normal rainfall on the

north side of the northwest Pacific anticyclone. The

precipitation, 850-hPa wind, and tropospheric temper-

ature anomalies in Fig. 5a are similar to those in Fig. 5b.

In Fig. 5a, the tropospheric temperature anomalies still

resemble a Matsuno–Gill pattern, although the corre-

lations are weaker than Fig. 5b, with the maximum

correlation about 0.4 in the east Indian Ocean. Mean-

time, the PJ/EAP pattern is also obvious. The results are

consistent with the Kelvin wave–induced Ekman di-

vergence (WIED) mechanism of Xie et al. (2009). The

AGCM results also confirm such a Kelvin WIED

mechanism in section 4.

Based on the above discussions, we propose the pos-

sible mechanism for the impact of the IOBM pattern

SST anomalies on China surface temperature as follows.

The IOBM SST anomalies emanate a baroclinic Kelvin

wave into the Pacific. The Kelvin wave triggers sup-

pressed convection and an anomalous anticyclone over

the NWP and south China. The suppressed convection

over the NWP leads to an anomalous cyclone over

Japan, South Korea, and northeast China through a PJ/

EAP meridional teleconnection. The meridional di-

pole circulation anomalies in East Asia lead to a see-

saw pattern in surface air temperature anomalies in

China through changing the vertical motion and rain-

fall patterns.

c. The decadal change of interannual variability of
TIO-inducing China temperature anomalies

We have investigated the impact of IOBM SST

anomalies on China summer surface air temperature

during 1979–2008 in sections 3a and 3b. Our previous

FIG. 4. Correlation of lower-level (vertical average from 1000 to

850 hPa) air temperature with the TS_PC1 (of Fig. 1) during 1979–

2008. Contours interval is 0.1, and shading denotes 95% confidence

level.

FIG. 5. Correlation with (a) TS_PC1 (of Fig. 1) and (b) SST_PC1

(of Fig. 1): summer precipitation (white contour interval is 0.1 with

jrj . 0.31; dark shades denote positive correlation and 90% con-

fidence level, and light shades denote negative correlation and 90%

confidence level), 850-hPa wind (regression; vector), and tropo-

spheric temperature (vertical average from 850 to 200 hPa; con-

tours). Wind vectors denote 90% confidence level. Analysis is

based on the observational data during 1979–2008.
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studies (Xie et al. 2010; Huang et al. 2010) have shown

that the interannual variability of summer tropical In-

dian Ocean SST has become larger after the late 1970s.

The question of whether the interannual variability of

TIO-related summer surface air temperature in China

has also become larger will be investigated in this section.

Figure 6 shows the SVD analysis of summer TIO SST

(308S–308N, 308–1108E) and simultaneous China surface

air temperature from 1951 to 2008, with the same do-

main as Fig. 1. The first leading SVD pattern is the same

as Fig. 1, illustrating that the results of the SVD analysis

are robust.

Although the spatial patterns are robust, the in-

terannual variability of SST_PC1 in Fig. 6 has expe-

rienced a prominent increase in the late 1970s. A

prominent increase is also seen in the interannual vari-

ability of TS_PC1 (Fig. 6). To document this decadal

change, we partition the time series into pre- and post-

shift periods of 1951–79 and 1980–2008, respectively.

During the period of 1951–79, there are only 2 and 1 yr

when the absolute value of standardized TS_PC1 and

SST_PC1, respectively, exceed 1.5. During the postshift

period, by contrast, there are 6 and 7 yr when the ab-

solute values of the standardized PC1 exceed 1.5 for

TS_PC1 and SST_PC1, respectively. These suggest that

the interannual variability of the TIO-induced China

summer surface air temperature is larger during the

recent decade.

Additionally, we calculate the SC index (area-mean

surface air temperature in the bottom rectangle in Fig. 2)

and the NEC index (area-mean surface air temperature

in the top rectangle in Fig. 2) to represent the in-

terannual variation of south China and northeast China

summer surface temperatures, respectively. Figure 7

shows the standardized IOBM index, SC index, and

NEC index. Consistent with previous studies, the in-

terannual variability of the IOBM index has experi-

enced a prominent increase in the late 1970s. We also

note that the interannual variability of the NEC index

has experienced an increase in the late 1970s. There are

5 yr when the absolute value of the standardized NEC

index exceeds 1.5 during the postshift period but no

years during the preshift period. The SC index has not

experienced a significant increase during the recent de-

cade. However, the correlation between the SC index

and the IOBM index is still significant (correlation co-

efficient is 0.35 for 51 yr). This suggests that the Indian

Ocean SST is only one of several factors that influence

FIG. 6. (top) First leading SVD homogeneous correlation map (contours; shading denotes 90% confidence level) of

summer (right) SST over the Indian Ocean and (left) surface air temperature over China. (bottom) Standardized

time series of first leading SVD mode. SVD analysis is based on the data from 1951 to 2008.
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south China summer surface temperature. Some other

factors may influence the year-to-year variation of south

China temperature. Thus, despite that the interannual

variability of the TIO-induced surface air temperature

in China has experienced a significant decadal change,

the observed interannual variability of summer surface

temperature in south China has not experienced such

a decadal change.

4. Model studies

We first evaluate the model simulation skills by per-

forming the empirical orthogonal function (EOF) anal-

ysis for the ensemble-mean variability of JJA 850-hPa

wind field over East Asia (58–608N, 908–1508E) during

1979–2000. Figure 8 compares the first and second lead-

ing EOF (EOF1 and EOF2, respectively) modes with

observations. In the observations, the first mode ex-

plains 48.1% of the total variance, featuring an anticy-

clone over the northwest Pacific and a cyclone over the

midlatitude associated with dipole rainfall anomalies over

East Asia (Fig. 8, top left). The second mode explains

14.6% of the variance and also featuring a cyclone and an

anticyclone dipole over East Asia, which shift northward

when compared with the EOF1 mode. The EOF2 mode

corresponds to dipole rainfall anomalies in the tropical

western Pacific.

The model ensemble-mean simulation captures the

salient features of the observed EOFs with the following

differences: 1) the model EOF1 explains a much larger

fraction of the variance, possibly because of weaker

noise than in observations; 2) the observed midlatitude

cyclone anomalies are not captured by the model sim-

ulation; 3) in the model EOF2, the observed midlatitude

cyclone anomalies are also not captured by the model

simulation; and 4) the associated precipitation anoma-

lies are also a little different from observations. We also

compare the time series of observation and model sim-

ulation EOF modes. The correlation coefficient is 0.7

and 0.39 for the first principal component (EOF-PC1)

and second principal component (EOF-PC2) between

observations and the model simulation during 1979–

2000. The results suggest that the ensemble simulation

can capture a reasonable amount of climate variation

over East Asia in summer, especially in the tropical and

subtropical regions. In the midlatitude and high-latitude

regions, the model simulation skill is low, possibly be-

cause of the strong atmosphere internal variability in

high latitudes.

Since the terrain is complex in south China, we choose

lower-level (vertical average is from 1000 to 850 hPa) air

temperature anomalies to indicate the interannual var-

iability of surface air temperature in China. Indeed, as

Fig. 4 shows, a close relationship exist between the

lower-level temperature and surface air temperature

anomalies in observations. Thus, it is reasonable to use

lower-level air temperature anomalies to represent sur-

face air temperature variation.

Figure 9 shows the SVD analysis of summer TIO

(308S;308N, 408E;1108E) SST and simultaneous lower-

level air temperature of a 21-member ensemble mean

over East Asia and the northwest Pacific (08;558N,

908E;1808) during 1979–2000. The first leading SVD

mode explains 80.5% of the total squared covariance

between the lower-level air temperature and SST anom-

alies. The SST pattern displays an IOBM warming pattern

with maximum correlation in the tropical Indian Ocean.

The lower-level air temperature pattern is characterized

by a warming belt in the tropics (from about the equator

to 258N), with an obvious warm tongue extending

FIG. 7. Normalized time series of (a) SC index [JJA mean China

surface air temperature over south China (188–288N, 1008–1208E)],

(b) NEC index [JJA mean China surface temperature over northeast

China (438–508N, 1208–1328E)]. Horizontal dashed line denotes 1.5

standard deviation.

5372 J O U R N A L O F C L I M A T E VOLUME 24



FIG. 8. (top) Correlation coefficient of JJA mean precipitation (contours; shading denotes 90% confidence

level) and regression coefficient of JJA mean 850-hPa winds (vector; vectors denote 90% confidence level) with

PC1 and PC2 of 850-hPa wind in (left) observation and (right) ensemble-mean simulation during the period

1979–2000. (bottom) Standardized time series of EOF1-PC and EOF2-PC of 850-hPa wind in observation (solid

lines) and the ensemble-mean simulation (dashed lines). EOF analysis covers East Asia (58–608N, 908–1508E)

during the period of 1979–2000. EOF1 (EOF2) pattern of observation and ensemble-mean simulation account

for 48.1% (14.6%) and 56.1% (18.6%) of their total variance, respectively. Correlation coefficient is 0.70 and

0.39 for EOF-PC1 and EOF-PC2, respectively, between observation and ensemble-mean simulation.
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northeastward into south China and a weak cold center

into the North Pacific (about 308;408N, 1508E;1808).

To further demonstrate the relationship between the

IOBM SST anomalies and East Asia lower-level air

temperature in the ensemble-mean simulation, we cal-

culate the correlation of the IOBM index with the

ensemble-mean simulation lower-level (vertical average

from 1000 to 850 hPa) air temperature over East Asia

and the North Pacific in Fig. 10. The correlation pattern

is the same as the first SVD pattern, displaying a warm

tongue (correlation coefficient above about 0.5) in south

China and a cold center in the North Pacific.

Since the relationship between the surface air tem-

perature and lower-level air temperature is close, the

warm tongue in the lower-level troposphere in south

China means that the surface air temperature is above

normal when the Indian Ocean SST is warmer than

normal, which is consistent with the observational anal-

ysis in section 3. But we note that the negative correla-

tion center in the midlatitude is weak and does not

extend westward to northeast China, which is possibly

related to the low simulation skill of the AGCM in the

midlatitude (Fig. 8).

Corresponding to the IOBM SST warming pattern,

the circulation anomalies at 850 hPa display an anom-

alous anticyclone over the subtropical northwest Pacific

and south China but no significant anomalous cyclone

circulation in the midlatitude. The circulation anomalies

are consistent with the lower-level air temperature

anomalies, which are significant in the subtropical re-

gion but weak in northeast China.

To test the teleconnection mechanism from the TIO

to summer surface air temperature in China, we calcu-

late the correlation of the 21-member ensemble-mean

precipitation and tropospheric temperature (850–200-hPa

vertical averages) with the time series of the first leading

SVD mode in Fig. 11. Consistent with observations, a

IOBM warming pattern forces a Matsuno–Gill pattern

in the tropospheric temperature, with a warm Kelvin

wave propagating into the western Pacific along the

equator and Rossby wave–like off-equatorial maxima

over the western TIO and Africa. A low-level anticy-

clone appears on the northern flank of the tropospheric

Kelvin wave from the Bay of Bengal to the subtropical

WNP. Overall, the AGCM ensemble-mean simulation

is able to capture the teleconnection mechanism from

the TIO to China.

5. Summary and discussion

We have investigated the impact of tropical IOBM SST

anomalies on summer surface air temperature in China

through using observations and atmospheric models.

When the Indian Ocean SST displays a basinwide

FIG. 9. First leading SVD heterogeneous correlation map of (right) summer SST over the Indian Ocean (contours)

and (left) 21-member ensemble-mean simulation lower-level (vertical average from 1000 to 850 hPa) air temperature

(contour). SVD analysis is based on the data from 1979 to 2000. Shading denotes 90% confidence level.

FIG. 10. Correlation of 21-member ensemble-mean simulation

lower-level (vertical average from 1000 to 850 hPa) air tempera-

ture (contours; shading denotes 90% confidence level) with IOBM

index and regression of 21-member ensemble-mean 850-hPa winds

(vectors) on IOBM index during 1979–2000. Wind vectors denote

90% confidence level.
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warming, the summer temperature is above normal in

south China and below normal in northeast China. The

seesaw pattern of temperature anomalies in China is

associated with an anomalous anticyclone circulation

over the subtropical northwest Pacific and an anomalous

cyclone circulation over Japan, Korea, and northeast

China. The anticyclone anomalies and cyclone anoma-

lies, resembling the EAP/PJ teleconnection pattern, can

lead to less precipitation and a descending vertical mo-

tion in south China and an ascending vertical motion in

northeast China. The vertical motion and precipitation

anomalies lead to surface air temperature anomalies

in south China and northeast China. Moreover, these

EAP/PJ pattern–like anticyclone and cyclone anoma-

lies are affected by IOBM SST anomalies through

a propagating Kelvin wave. Thus, the meridional dipole

circulation anomalies and the Kelvin wave are likely the

key processes that convey the remote effect from the

TIO to China summer surface air temperature. In this

study, we focus the impact of the TIO warming basin-

wide SST anomalies on surface air temperature. How-

ever, the summer surface air temperature anomalies

corresponding to TIO cooling basinwide SST anomalies

do not reflect the reverse of the TIO warming phase

(figure is not shown), suggesting nonlinear impact of

IOBM SST anomalies on surface air temperature in

China.

Our AGCM hindcast is able to capture the Matsuno–

Gill pattern atmospheric response to IOBM SST anom-

alies, the Kelvin wave over the equatorial western Pacific,

and the anomalous anticyclone circulation over sub-

tropical northwest Pacific. But there is no significant

anomalous cyclone circulation over the midlatitude of

East Asia in the model simulations. Consistent with

simulated circulation anomalies, there is a warm tongue

over south China in the lower-level troposphere but no

significant temperature anomalies over northeast China.

The simulation skill is low for midlatitude cyclone

anomalies, possibly because of the high atmospheric in-

ternal variability there (Lu et al. 2006; Rowell et al. 1995).

Nevertheless, the ensemble-mean simulation still captures

the temperature meridional dipole structure to some ex-

tent.

We also extend the observational analysis to 1951.

The results show that the interannual variability of

China summer temperature that is impacted by IOBM

SST anomalies has experienced a pronounced increase

since the late 1970s. The results are consistent with a

previous study (Huang et al. 2010) that both the inter-

annual variability of tropical Indian Ocean SST and the

teleconnection from the TIO to East Asia have experi-

enced a pronounced increase. Although the interannual

variability of IOBM-induced temperature anomalies are

larger in the postshift period than the preshift period,

the observed summer temperature anomalies in south

China have not experienced such a decadal change,

which implies that south China temperature variations

are also impacted by other factors such as typhoon ac-

tivity and SST anomalies in the South China Sea (Yan

and Huang 2005). However, the interannual variability

of northeast China summer temperature has experi-

enced a pronounced increase too.

The present study focuses on the impact of TIO SST

anomalies on China surface air temperature on an in-

terannual time scale. However, TIO SSTs have also

experienced substantial interdecadal change. Hu (1997)

suggests that the tropical Indian Ocean and western

Pacific SST persistent warming in recent decades leads

FIG. 11. Correlation with the (a) TS_PC1 (time series of first

leading SVD mode of ensemble-mean simulation lower-level air

temperature in Fig. 9) and (b) SST_PC1 (the time series of first

leading SVD mode of Indian Ocean SST of Fig. 9): 21-member

ensemble simulation summer precipitation (white contour interval

is 0.1, with jrj . 0.37; dark shading denotes positive correlation

and 90% confidence level, and light shading denotes negative

correlation and 90% confidence level), 850-hPa wind (regression;

vector), and tropospheric temperature (vertical average from 850

to 200 hPa; contours). Wind vectors denote 90% confidence level.

Analysis is based on the ensemble-mean simulation data from 1979

to 2000.
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to the surface air temperature change from below nor-

mal to above normal in the southern and southwestern

parts of China around 1977–79 through modulating the

strength and location of the subtropical high. It is in-

teresting that the impact of TIO SST anomalies on

summer China surface air temperature on an inter-

decadal time scale is similar with that induced by IOBM

SST anomalies. The question of whether the underlying

mechanisms of the impact of IOBM SST anomalies and

TIO long-term warming on China surface air tempera-

ture are the same needs further study.

Moreover, the SST anomalies in other regions may

also contribute to the variability of China surface air

temperature. For example, Wu et al. (2010) suggest

that SST anomalies in the North Atlantic and the

tropical North Pacific can influence northeast China

surface air temperature in summer, especially after the

late 1970s. Thus, the prediction of summer temperature

in China may need comprehensive understanding of

the contributions of different oceans and deserves further

study.
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ABSTRACT

In this study, the teleconnection between Indian Ocean sea surface temperature anomalies (SSTAs) and
the frequency of high temperature extremes (HTEs) across the southern Yangtze River valley (YRV) was
investigated. The results indicate that the frequency of HTEs across the southern YRV in August is remotely
influenced by the Indian Ocean basin mode (IOBM) SSTAs. Corresponding to June–July–August (JJA)
IOBM warming condition, the number of HTEs was above normal, and corresponding to IOBM cooling
conditions, the number of HTEs was below normal across the southern YRV in August. The results of this
study indicate that the tropical IOBM warming triggered low-level anomalous anticyclonic circulation in the
subtropical northwestern Pacific Ocean and southern China by emanating a warm Kelvin wave in August.
In the southern YRV, the reduced rainfall and downward vertical motion associated with the anomalous
low-level anticyclonic circulation led to the increase of HTE frequency in August.

Key words: high temperature extremes, tropical Indian Ocean, teleconnection
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1. Introduction

Extremely high temperatures can cause massive
deaths, large-scale catastrophic crop failures, and
shortages of water resources and power supplies
(Haines et al., 2006; McMichael et al., 2006). These
harmful effects are most obvious for densely populated
regions, especially in the eastern part of China. For in-
stance, daily mortality was significantly above normal
in Shanghai during the summer heat waves in 1998
and 2003 (Tan et al., 2007). Thus, understanding the

underlying causes and improving the forecast of such
extreme events are important society and the economy.

A number of studies have been performed on the
climatology and long-term trends in extreme temper-
ature events in China. Using the Chinese observation
station data set of the period 1951–1999, Zhai et al.
(1999) and Su et al. (2006) detected a slightly decreas-
ing trend in the number of hot days (Tmax > 35◦C) in
the Yangtze River valley (YRV). Whereas, there was
an upward trend in the frequency and intensity of the
HTE events in the northern part of China (north of

∗Corresponding author: HUANG Gang, hg@mail.iap.ac.cn
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Physics (IAP) and Science Press and Springer-Verlag Berlin Heidelberg 2012
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40◦N). Recently, by analyzing the climatological as-
pect as well as variability of the number of hot days
in China during the period 1959–2008, Wei and Chen
(2009) suggested that the standard deviation and av-
erage of the number of hot days were largest across the
lower reaches of Yangtze River, with a maximum of 25
days in climatology and 15 days within standard de-
viation. The observational evidence gathered thus far
have indicated that the frequency of high temperature
extremes (HTEs) over eastern China shows significant
variability on both the decadal and interannual time
scales. The large interannual variability of the fre-
quency means that heat waves are more likely in some
years. For example, serious heat waves occurred in
Shanghai in 1998 and 2003 (Tan et al., 2007). How-
ever, the interannual variability of number of HTEs is
still not well understood.

The year-to-year variations of summer climate in
China are largely controlled by variability in the East
Asian summer monsoon (Huang, 2004). One of the key
factors contributing to this interannual variability are
the sea surface temperature anomalies (SSTAs; Yang
et al., 2007; Huang and Hu, 2008; Li et al., 2008; Xie et
al., 2009) due to the Indian Ocean basin mode (IOBM;
Klein et al., 1999; Saji et al., 1999). The mechanism
for this influence was revealed by Xie et al. (2009) and
can be demonstrated as follows. IOBM SST warm-
ing forces a Matsuno–Gill (Matsuno, 1966; Gill, 1980)
response in the tropospheric temperature. The warm
tropospheric Kelvin wave propagates into the western
Pacific and induces Ekman divergence in the subtrop-
ical Northwest Pacific Ocean (NWP), which in turn
leads to suppressed convection and an anticyclonic cir-
culation near the surface. The NWP anticyclone, with
weak convection, leads to the summer rainfall anoma-
lies in East Asia. Recent forecast experiments using
a coupled general circulation model (GCM) also con-
firmed this tropical Indian Ocean teleconnection to the
NWP and East Asia summer climate (Chowdary et al.,
2009). Hence, the hypothesis that the IOBM pattern
SSTAs have some implications for HTEs in China, es-
pecially in eastern China, has been reiterated in the
present study.

The primary focus of this study was to delineate
the relationship between IOBM SSTAs and HTEs in
China and to reveal their underlying physical mecha-
nism. This paper is organized as follows. The data
sets are described in section 2. The observational ev-
idence of the close relationship between Indian Ocean
SSTAs and the HTEs across the southern YRV are
shown in section 3. The mechanism for the impact
of the IOBM SSTAs on HTEs in China is analyzed
in section 4. The main conclusions of this work are
summarized and discussed in section 5.

2. Data

The China daily maximum surface-temperature
data set used in this study is an updated homogenized
daily maximum and minimum temperature data set,
which includes 730 stations in China for the period
1960–2008. A detailed description was documented
by Li and Yan (2009). Following previous definition
of Wei and Chen (2009), we defined an HTE as a day
when the maximum temperature was >35◦C.

The global precipitation data set used in this
study was the monthly mean Climate Prediction Cen-
ter (CPC) Merged Analysis of Precipitation (CMAP;
Xie and Arkin, 1997), which is available (resolution:
2.5◦×2.5◦) starting in January 1979.

The global outgoing long-wave radiation (OLR)
data was acquired from the Interpolated OLR data set
(Liebmann and Smith, 1996), provided by the National
Oceanic and Atmospheric Administration (NOAA).
This OLR data set has data available (resolution:
2.5◦×2.5◦) starting in January 1979.

The SST data used in this study was the HadISST1
(Rayner et al., 2003), provided by the Hadley Center.
This SST data set (resolution 1◦×1◦) and has data
available from 1870 forward.

This study used winds, vertical velocity, surface
sensible heat flux, surface latent heat flux, and air tem-
perature from the National Centers for Environmen-
tal Prediction-National Center for Atmospheric Re-
search (NCEP-NCAR) reanalysis data set (Kalnay et
al., 1996). The monthly mean temperature advection
at low levels derived from the NCEP daily winds and
temperature was also used in this analysis. These data
are available (resolution: 2.5◦×2.5◦) from 1948 for-
ward.

To be consistent with the global precipitation data
set, our study mainly focused on the impact of the
IOBM on summer temperature anomalies in China
during the period 1979–2008. An IOBM index was
constructed by averaging the June–July–August (JJA)
SSTs over the domain within 20◦S–20◦N, 40◦–100◦E.
Throughout this study, analyses were performed for
interannual variations on time scales shorter than 8
years. A linear trend was subtracted from raw anoma-
lies to remove long time-scale variations. For a 30-year
time series, a correlation coefficient of 0.31 and 0.36
represented the 90% and 95% confidence levels based
on the student t−test, respectively.

3. The relationship between the IOBM and
HTEs in the southern YRV

Figures 1a–c show the correlation monthly HTEs
from Chinese observation stations with the IOBM in-
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Fig. 1. Correlation of IOBM index with the number of HTEs in (a) June, (b) July, (c) August and
(d) the JJA mean from the year of 1979 to 2008. The solid lines represent positive correlation and
dash lines represent negative correlation, and the line interval at 0.1 in correlation. The shade areas
denote 90% confidence level.

dex from June to August during the period 1979–
2008. In June, a weak negative correlation was seen
in southern China, the eastern part of central China,
and Northeast China, and a weak positive correlation
was seen in most of northern China. In July, the cor-
relation was still weak, but the pattern was obviously
different from June, having a positive correlation in
the southern and eastern parts of China and a neg-
ative correlation in Northeast China and the western
parts of central China. In August, by contrast, there
were significant positive correlations in the southern
YRV and the coastal region of eastern China, with
the maximum coefficient >0.5. Among the correla-
tion maps of these 3 months, it is important to note
that correlation coefficients in the southern and east-
ern parts of China shifted from negative values in June
to significantly positive values in August, suggesting
that IOBM-induced HTE anomalies in the eastern and
southern parts of China were not homogeneous during
summer. Meanwhile, we calculated the correlation of
mean HTEs in JJA with the IOBM index, which had
a similar pattern but weaker correlation coefficients
compared with those in August. These results demon-
strate that it was necessary to divide the summer into

the early summer (June), mid-summer (July), and late
summer (August) when investigating the impacts of
the IOBM on HTEs in China.

To further delineate the relationship between the
IOBM and HTEs in the southern YRV, we calcu-
lated the number of HTEs [the average from all of
the observation stations in the southern YRV (25◦ −
−29◦N, 112◦–121◦E)] in three scenarios: the climatol-
ogy, IOBM warming years, and IOBM cooling years.
One standard deviation signified an anomalous year.
There were five IOBM warming years (1983, 1987,
1988, 1998, and 2003) and four cooling years (1984,
1985, 1989, and 2000) during the period 1979–2008.
In Fig. 2, the HTEs in the southern YRV were con-
fined to July and August. Moreover, the number of
HTEs in each month was different in these three sce-
narios. In climatology, there were 3 HTEs in June,
15 HTEs in July, and 8.7 HTEs in August. In IOBM
warming years, there were 2 HTEs in June, 17 HTEs
in July, and 13.5 HTEs in August. For the cooling
years, there were 3 HTEs in June, 12 HTEs in July,
and 5.7 HTEs in August. Apparently, the difference
of HTEs between Indian Ocean warming and cooling
scenarios was most prominent in August. The results
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Fig. 2. Monthly number of HTEs in Climatology sce-
nario (light blue), IOBM warming scenario (red) and
IOBM cooling scenario (dark blue) in each month in the
southern YRV, averaged in the region (25◦–29◦N, 112◦–
121◦E).

Fig. 3. (a) Climatology (average from 1979 to 2008) of
the number of day with HTEs (with the maximum tem-
perature greater than 35◦C) across China in August. (b)
The distribution of the standard deviation of HTEs in
August over the period of 1979 to 2008. The diameter
of a mark is proportional to the number of HTEs. The
scales are shown in the bottom of panel.

were consistent with the correlation analysis in Fig. 1,
indicating that the August HTEs in the southern YRV

were closely related to IOBM SSTAs.
The spatial distribution of HTEs in China in Au-

gust, the climatology and standard deviation of HTEs
in August were examined (Figs. 3a and b, respec-
tively). In addition to Northwest China, the largest
HTEs were located in the southern and eastern parts
of China, especially the southern YRV. Meanwhile,
the largest standard deviations were also distributed
in the southern YRV, with standard deviation ∼5
days. Thereby, the southern YRV was more vulnera-
ble to HTEs during August. This relationship between
IOBM SSTAs and HTEs in the southern YRV in Au-
gust is an important one to study. In this study, two
questions were proposed: First, what was the mech-
anism of the IOBM SSTAs impact on HTEs in the
southern YRV? Second, why was this influence most
significant in August? These two questions are dis-
cussed in the next section.

4. The possibility of a remote teleconnection
from the tropical Indian Ocean to HTEs in
the southern YRV

We studied the above two questions using three
steps. First, we investigated the process of how IOBM-
pattern SSTAs impact low-level circulation anomalies
in East Asia. Secondly, we investigasted how IOBM-
induced East Asia circulation anomalies impact HTEs
in the southern YRV in August. Last, we studied the
seasonal marches of IOBM-induced circulation anoma-
lies in East Asia, and their impact on HTEs in the
southern YRV from June to August.

4.1 The impact of IOBM SSTAs on East Asia
circulation anomalies in August

The previous study of Xie et al. (2009) illustrated
that IOBM SSTAs could affect the East Asian summer
climate by propagating Kelvin waves. In this study, we
investigated the impact of the IOBM on East Asian
circulation anomalies in August. We calculated the
correlations of 850-hPa wind velocity and tropospheric
temperature (vertically averaged from 850 hPa to 200
hPa) in August with the IOBM index. As Fig. 4
shows, when Indian Ocean basin was warming, tropo-
spheric temperature occurred in a Matsuno–Gill pat-
tern, with the maximum correlation over the tropi-
cal Indian Ocean. A warm Kelvin-wave wedge pene-
trated into the western Pacific along the equator, with
a pronounced anticyclonic circulation on its northern
flank. With a low-level cyclonic circulation over cen-
tral Japan, Korea, and Northeast China, a wave train
propagated to a high latitude, signaling teleconnection
like that of an East Asia–Pacific (EAP) teleconnection
(Huang and Wu, 1989) and of a Pacific–Japan telecon-
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Fig. 4. Correlation with the IOBM index: precipitation
(color) and tropospheric temperature (vertical average
from 850 hPa to 200 hPa; contours) and regression of
IOBM index on wind at 850 hPa (vectors) in August for
the period of 1979 to 2008. Wind vectors denote the 90%
confidence level.

nection (Nitta, 1987). Coupling with the circula-
tion anomalies, the precipitation was below normal
in southern China, and the surrounding seas where
were controlled by anomalous anticyclones, and pre-
cipitation was above normal in the tropical Indian
Ocean and central Japan. The results suggest that the

IOBM-patterned SSTAs prominently affected the low-
level circulation anomalies and precipitation anomalies
over East Asia in August.

4.2 The factors contributing to IOBM-
induced HTEs in August

HTEs are often caused by less precipitation,
long-term sustaining circulation anomalies, radiation
anomalies, and atmospheric downward motion. For
example, the serious heat wave in Europe during 2003
was due to persistent anticyclonic conditions, lack of
precipitation, radiation anomalies, downward motion
and land–atmosphere feedback from May to August
(Black et al., 2004; Fischer et al., 2007). Here, we
investigated the IOBM-induced HTEs with regard to
these factors.

Figures 5a and b show the correlation of IOBM in-
dex with precipitation, outgoing long-wave radiation
(OLR) in August. The IOBM-precipitation correla-
tion and IOBM-OLR correlation values were almost
reversed signs. When we examined the southern YRV,
this out-of-phase relationship was weak (shown in the
rectangle in Fig. 5a). There were significant nega-
tive correlations between the IOBM index and pre-
cipitation, but there was a weak correlation between
the IOBM index and the OLR. The negative correla-

Fig. 5. Correlation of IOBM index with (a) precipitation, (b) outgoing longwave radiation, (c)
surface sensible heat flux and (d) surface latent heat flux in August over the period 1979 to 2008.
The rectangles in panel represent the region of the southern YRV.
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tion between the IOBM index and precipitation was
signified by the lack of rainfall in the southern YRV
when the Indian Ocean was in its warming phase. And
lack of rainfall may have contributed to the increase
of HTEs in the southern YRV. Analogously, the lack
of precipitation contributed to the heat wave in Eu-
rope in 2003 through changes in the land–atmosphere
feedback (Fischer et al., 2007). Then, the lack of rain-
fall resulting from IOBM SSTAs was one of the factors
contributing to HTEs in August. The weak correlation
between IOBM and OLR suggests that the contribu-
tions of the IOBM-induced OLR to HTEs were weak
(Fig. 5b). Figure 5c shows the correlation of IOBM
with surface sensible heat flux (SHF) in August. The
IOBM–SHF correlation pattern displays a significant
triple structure from the South China Sea to higher-
latitude regions, with positive correlations in the South
China Sea and Northeast China and negative correla-
tions in Japan and its nearby ocean. However, the
correlation between IOBM and SHF were not signifi-

cant in the southern YRV, suggesting a weak impact of
IOBM-induced sensible heat flux anomalies on HTEs
in the southern YRV. Figure 5c shows the correlation
of the IOBM index with SHF in August. There were
significantly positive correlations in the western part
of the southern YRV. However, because the anomalies
of SHF mainly represent the change in local evapora-
tion, it is unclear whether or not the IOBM-induced
SHF influenced local low-level air temperature.

The vertical temperature advection and horizontal
temperature advection associated with IOBM SSTAs
are shown in Figs. 6a and b. Like the data represented
in Fig. 2, we chose five IOBM warming years and four
IOBM cooling years, which were the same as those in
section 3. We calculated daily horizontal and vertical
temperature advection values in August, and we aver-
aged them in the IOBM warming scenario and cool-
ing scenarios, respectively. The differences of verti-
cal and horizontal temperature advection between the
IOBM warming scenario and the IOBM cooling sce-

Fig. 6. The distribution of the difference of monthly mean low levels (vertical average from 1000
hPa to 850 hPa, units: K d−1) (a) horizontal temperature advection (units: K d−1), (b) vertical
temperature advection (units: K d−1), (c) their sum and (d) air temperature (units: K) between
IOBM warming scenario and cooling scenario.
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nario signified the IOMB-induced temperature advec-
tion anomalies. Because the terrain is complex in the
southern YRV, we calculated vertical averages from
1000 hPa to 850 hPa to represent the low-level anoma-
lies.

Figure 6a shows the IOBM-induced horizontal tem-
perature advection anomalies at low levels. In the East
Asia, the IOBM-induced horizontal temperature ad-
vection anomalies were characterized as wave struc-
tures extending northeastward from the Indochina
peninsula to northern Japan. Negative temperature
advection values occurred in the Indochina peninsula;
positive values occurred in southwest China; negative
values occurred in the southern YRV and positive val-
ues occurred in the belt from 30◦N to 37◦N; and nega-
tive values in the eastern part of Northeast China and
northern Japan. These wave-like structures were asso-
ciated with the EAP/PJ teleconnection pattern, with
similar low-level circulation anomalies over East Asia
resulting from SSTAs similar to an IOBM pattern. Fo-
cusing on the southern YRV, we observed a negative
horizontal temperature advection belt over these re-
gions of <−0.1 K d−1. These results suggest that
IOBM-induced, low-level, horizontal, temperature ad-
vection anomalies were not conducive to the increase
of HTEs in the southern YRV region during August.

The IOBM-induced low-level vertical temperature
advection anomalies are illustrated in Fig. 6b; they
were also characterized as wave structures extending
northward from the tropical western Pacific to high
latitudes. Apparently, the structure of IOBM-induced
vertical temperature advection anomalies was, to some
extent, out of phase with horizontal temperature ad-
vection anomalies, especially in the coastal region of
East Asia. For instance, they were above normal in
the northern part of the Indochina peninsula, below
normal in southwestern China, above normal in the
southern YRV region, and below normal in the Bo-
hai Sea, Korea, and Japan. Notably, in the southern
YRV, the IOBM-induced, low-level, vertical tempera-
ture advection anomalies had larger amplitudes than
did horizontal temperature advection anomalies, but
with reversed signs. The positive IOBM-induced ver-
tical temperature advection anomalies contributed to
the increase of HTEs in the southern YRV during Au-
gust.

The sum of vertical and horizontal temperature
advection anomalies are shown in Fig. 6c. In trop-
ical and subtropical regions, the pattern of total tem-
perature advection anomalies was similar to the pat-
tern of vertical temperature advection anomalies. In
mid-latitudes, by contrast, the structure of total tem-
perature advection anomalies was similar to the pat-
tern of horizontal temperature advection anomalies.

The results illustrate that the IOBM-induced verti-
cal temperature advection anomalies were more promi-
nent than were the horizontal temperature advection
anomalies in tropical and subtropical regions, and
their contrasting values were reversed in mid-latitude,
possibility because the horizontal temperature gradi-
ent are larger in mid-latitude regions than subtropi-
cal. Notably, for the the southern YRV, the IOBM-
induced total temperature advection anomalies were
>0.3 K d−1 over most of the region. The results sug-
gest that IOBM-induced low-level horizontal and verti-
cal temperature advection anomalies offset each other
in the southern YRV, but that the vertical tempera-
ture advection anomalies were more prominent.

Moreover, we calculated the IOBM-induced low-
level temperature anomalies during August (Fig. 6d).
Apparently, the pattern of low-level temperature
anomalies was consistent with total low-level temper-
ature advection anomalies, with cooling anomalies in
the tropical western Pacific and mid-latitudes of East
Asia, and warming anomalies over the South China
Sea and the southern YRV, indicating that IOBM-
induced low-level temperature anomalies mainly re-
sulted from the temperature advection anomalies.

Previous studies have revealed that the increase of
climatologic temperature is closely related to enhanced
HTEs. Thus, it was reasonable to study the impact of
IOBM SSTAs on HTEs by examining IOBM-induced
temperature anomalies. When the IOBM was warm-
ing, the low-level temperature was above normal in
August over the southern YRV region, which was con-
sistent with the increase of HTEs in this region. The
low-level warming anomalies in the southern YRV were
mainly due to vertical temperature advection anoma-
lies. Meanwhile, the IOBM-induced precipitation and
OLR were investigated, and our results show that the
precipitation over the southern YRV was below nor-
mal when the IOBM was warming. Following these
previous studies, the lack of rainfall may have con-
tributed to HTEs by modulating land–air interactions.
Furthermore, the precipitation anomalies and low-level
temperature advection anomalies were associated with
the circulation anomalies resulting from IOBM SSTAs.

Based on this investigation, we propose that the
possible mechanism for the impact of IOBM-pattern
SSTAs on China’s surface temperature as follows. The
IOBM SSTAs emanated a warm Kelvin wave into the
Pacific in August. The Kelvin wave triggered sup-
pressed convection and anomalous anticyclone circu-
lation over the Northwest Pacific and southern China.
In the southern YRV, anomalous anticyclone circula-
tion contributed to above-normal low-level tempera-
tures and the lack of rainfall through temperature ad-
vection and downward motion. And the warmer-than-
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normal, low-level temperature and the lack of rainfall
led to an increase in HTEs.

4.3 The reason that IOBM-induced HTEs
were most prominent in August

The preceding section proposed a possible mecha-
nism for the impact of IOBM pattern SSTAs on HTE
anomalies in the southern YRV. But the reason that
the impact of IOBM on HTE anomalies was most
prominent in August is clarified in this section.

To delineate the detailed evolution of IOBM-
induced NWP anticyclone and precipitation anoma-
lies, longitudinal averages of precipitation and 850-hPa
wind fields were computed at 5-d intervals. At a given
latitude between the equator and 45◦N, these averages
were taken over a band with 20◦ longitudinal width
(110◦–130◦E). The regression of 10 consecutive days
and longitudinal average 850-hPa wind on the IOBM
index and corresponding IOBM–precipitation correla-
tion were plotted as a function of time and latitude
(Fig. 7).

From 5 May to 30 September, there were three ac-
tive periods of IOBM-induced anticyclone: 5–25 May,
10 June–5 July, and 25 June–1 September. In addition
to this active–inactive–active character, the IOBM-
induced anticyclone also featured a prominent north-
ward march: the northern flank of this anomalous an-
ticyclone leaped from ∼25◦N to ∼30◦N during early
June, and it leaped from about 30◦N to 35◦N during
late July. Corresponding to northward marching of the
anomalous anticyclones, the IOBM-induced precipita-
tion anomalies also extended northward from May to
August. Generally speaking, above-normal precipita-
tion was located in the northern flank of the anomal-

Fig. 7. Correlation of longitudinal averages of precipita-
tion (color) over the 110◦–130◦E with IOBM index and
regression of longitudinal averages of 850-hPa wind (vec-
tors) over the 110◦–130◦E on IOBM index during the pe-
riod 1979–2008 with latitude (ordinate) and pentad from
6 May to 21 September (abscissa). Patterns are based on
a running average over 10 consecutive days.

ous anticyclone for moisture conveyance, and below-
normal rainfall was suited in the ridge of the anti-
cyclone for subsidence motion. Previous studies (Xie
et al., 2009) revealed that IOBM SST warming was
able to excite JJA mean anticyclone anomalies. In
this study, these IOBM-induced anticyclones demon-
strated prominent intraseasonal variation from early
summer to late summer. Moreover, the time–latitude
evolution of IOBM-induced circulation and precipita-
tion anomalies was not continuous but had northward
leaping and an active–inactive phase. Notably, the
active–inactive phase change did not accurately corre-
spond to calendar months. However, the second and
third active phases of the IOBM-induced anticyclone
and precipitation anomalies mainly occurred in June
and August, and an inactive phase mainly occurred in
July. Thus, it was reasonable to consider the impact
of IOBM SSTAs on HTEs in June, July, and August,
respectively.

When we examined the band from 24◦ to 30◦N
where the southern YRV was located, we noticed in-
creased precipitation from 10 June to 5 July and re-
duced rainfall from 26 July to 1 September. The
change of rainfall anomalies in this band was consis-
tent with the northward march of the anomalous an-
ticyclone. The results suggest that the southern YRV
was controlled by the ridge of an IOBM-induced an-
ticyclone from 25 July to 1 September, but they were
controlled by the northern flank of an anticyclone from
10 June to 5 July. Based on the seasonal march of
IOBM-induced precipitation and circulation anoma-
lies, we investigated the impact of IOBM SSTAs on
HTEs in the southern YRV in each month of sum-
mer. In June, the southern YRV was controlled by the
northern flank of an anomalous anticyclone; the above-
normal precipitation was not conducive to HTEs. In
August, by contrast, the southern YRV was controlled
by the ridge of an anomalous anticyclone, and the cor-
responding downward vertical motion and lack of rain-
fall were conducive to HTEs. Thus, the correlation
between the IOBM index and the number of HTEs
over the southern YRV was negative in June, but this
value was significantly positive in August. In mid-
July, the IOBM-induced anticyclone anomalies were
inactive. Then, the impact of IOBM SSTAs on HTEs
was weak.

5. Summary and discussion

We investigated the relationship between tropical
IOBM SSTAs and the frequency of HTEs in China
during summer. The results show that the relation-
ship between the IOBM index and the number of
HTEs across the southern YRV was most prominent
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in August. Thereby, two questions were investigated
in present study. First, how did the IOBM SSTAs
impact the frequency of HTEs in the southern YRV?
Second, why was the relationship between the IOBM
index and the frequency of HTEs most prominent in
August?

When the IOBM was warming, the tropospheric
temperature anomalies displayed a Matsuno–Gill pat-
tern corresponding to local SSTAs in August. The
associated warm Kelvin ridge triggered low-level
anticyclone anomalies over the NWP and south-
ern China through Kelvin wave-induced Ekman di-
vergence (WIED). The IOBM-induced anticyclone
anomalies reduced precipitation and warm temper-
atures in the low-level troposphere in the southern
YRV through downward vertical motion during Au-
gust. Thus the frequency of HTEs in the southern
YRV during August was above normal, when tropical
IOBM was warming.

The IOBM-induced anomalous anticyclone had
two active phases and marched northward from June
to August. From June to early July, the southern YRV
was located in the northern flank of IOBM-induced
anomalous anticyclone, and rainfall increased. In mid-
July, the IOBM-induced anticyclone anomalies were
in an inactive phase. From late-July to August, the
southern YRV was located on the ridge of IOBM-
induced anomalous anticyclone, and rainfall amounts
decreased. Thus, the impact of IOBM SSTAs on the
frequency of HTEs in the southern YRV was most
prominent in August.

This study focused on the impact of tropical In-
dian Ocean SSTAs on the frequency of HTEs in China
through low-level circulation anomalies. The tropical
Indian Ocean SSTAs may also have been able to influ-
ence the South Asia High (Yang et al., 2007; Huang et
al., 2010), which may in turn have had implications for
the HTEs through modulating upper-level circulation.
The tropical Indian Ocean may also have exerted a sig-
nificant influence on the temperatures of other parts
of China, such as Northeast China (Hu et al., 2011).
Moreover, the SSTAs in other regions also contributed
to the variability of China circulation and temperature
anomalies (Zhou and Chan, 2007; Wu et al., 2010).
Prediction of the frequency of HTEs in China may
also need to be comprehensively understood in terms
of the contributions of different ocean and tropical in-
traseasonal oscillations (Zhou and Chan, 2005), which
deserve further study.
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ABSTRACT

The tropical Indian Ocean (TIO)’s influence on the South Asia high (SAH)’s intensity experiences a de-

cadal change in the late 1970s; after (before) the decadal shift, the influence is significant (insignificant). The

present study investigates the role of tropospheric temperature in relaying the impact of sea surface tem-

perature (SST) to the SAH and the change in the TIO’s influence. During the two epochs, the local tropo-

spheric temperature responses to the TIO warming are distinct—more significant during the second epoch. It

is inferred that this change may be responsible for the strengthening of the TIO’s influence on the SAH.

Encouragingly, the ensemble simulations accurately capture the time of the decadal change, indicating that

the enhanced influence is attributed to the SST forcing.

There are two possible reasons for the change in the TIO–SAH relationship. The first reason is the change

in the locations of the SST anomalies in the TIO. During the second epoch, positive SST anomalies lie in the

Indian Ocean warm pool. Through the background vigorous convection and moist adjustment, the SST

anomalies affect largely the tropospheric temperature and thus the SAH. The second reason is the decadal

change in mean SST and the SST variability. During the recent decades, both the background SST and the

variability of the TIO SST increase, which enhance the influence of the SST anomalies on the atmosphere.

The influence of the remote oceanic forcing on the enhanced TIO–SAH relationship and its comparison with

the contribution of the TIO SST are also discussed.

1. Introduction

In boreal summer, there exists a high pressure system

in the upper troposphere and the lower stratosphere

(UTLS) over the Tibetan Plateau and the surrounding

area (Fig. 1). This high pressure system, called the South

Asia high (SAH) or the South Asian anticyclone, forms

due to the elevated heating of the Tibetan Plateau and

the latent heating of the South Asian monsoon (Flohn

1960; Hoskins and Rodwell 1995; Duan and Wu 2005;

Boos and Kuang 2010). The SAH is the strongest and

steadiest system in the upper troposphere (Mason and

Anderson 1963; Li et al. 2005). The SAH influences the

distribution of several trace constituents and pollution

in the UTLS. The tropical and subtropical jets, residing

on the south and north flanks of the SAH, form a barrier

for meridional transports of some constituents, such as

water vapor and ozone (Dethof et al. 1999; Randel and

Park 2006). As a consequence, carbon monoxide (CO),

after being transported from the lower troposphere to

the UTLS, is trapped in the center of the SAH, leading

to the maximum concentration there (Park et al. 2004;

Li et al. 2005).

East Asia is one of the most highly populated regions.

Severe floods and droughts, induced by the strong in-

terannual variability of the East Asia summer monsoon

(Huang et al. 1999), exert a large societal and economic

influence. Studies showed that the East Asian summer

monsoon rainfall is closely related to the western Pacific
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subtropical high (WPSH; Tao and Chen 1987; Huang

and Wu 1989; Huang and Sun 1992; Wu and Chen 1998),

whereas the variation of the WPSH follows that of

the SAH (Tao and Zhu 1964; Jiang et al. 2011). In year-

to-year variations, the intensified SAH, through ema-

nating anomalous wave energy downstream, leads to the

strengthening of the WPSH (Zhao et al. 2009). In turn,

this results in the decrease of rainfall over the western

North Pacific (WNP) and the increase of rainfall over

East Asia (Zhang et al. 2005; Zhao et al. 2007). In ad-

dition, studies suggested that the interannual variability

of the SAH is associated with the South Asia monsoon,

the mid-Pacific trough, and the Mexico high (Zhang

et al. 2005; Zhao et al. 2007).

Previous studies found that the interannual variability

of the SAH is tightly linked to the tropical Indian Ocean

(TIO) sea surface temperature (SST; Zhang et al. 2000;

Yang et al. 2007; Yang and Liu 2008; Huang et al. 2011).

The influence of the TIO SST has been overlooked in

earlier years because the interannual variability of the

TIO SST is relatively small. Recent studies indicate

that the TIO SST exerts influences on climate when the

SST anomalies in the other oceans are relatively small.

In boreal summer, the temperature in most parts of the

eastern or central Indian Ocean is greater than 288C.

Because of the nonlinearity of the Clausius–Clapeyron

equation, a small change in the Indian Ocean SST may

have a large impact on moisture availability as well as

tropical convection (Zhang 1993). On interannual time

scale, the TIO warms up following the peak of El Niño

through ‘‘atmospheric bridge’’ and oceanic dynamics

(Klein et al. 1999; Xie et al. 2002). This warming persists

to summer, when El Niño has dissipated, and exerts in-

fluences on summer climate (Annamalai et al. 2005; Yang

et al. 2007; Xie et al. 2009). The process is like charg-

ing and recharging, called ‘‘capacitor effect.’’ The persis-

tent warming in summer, through convection and moist

adjustment, heats the whole tropospheric column, forces

the Kelvin wave to the east and affects the WNP climate

(Xie et al. 2009) and the East Asia climate (Hu et al.

2011a,b). The warmed tropospheric column over the TIO

corresponds to an elevation of the geopotential height in

the upper troposphere and leads to an anomalous SAH

(Huang et al. 2011).

Furthermore, recent studies found that owing to the

thermocline shoaling and the strengthened variability of

El Niño–Southern Oscillation, the TIO’s influences on

WNP climate intensified after the late 1970s (Huang

et al. 2010; Xie et al. 2010). However, it is still unknown

whether similar decadal change exists in the TIO’s in-

fluences on the SAH. The aim of the present study is to

investigate the decadal change in the TIO’s influences

on the SAH and the possible causes.

The article is organized as follows: section 2 is the in-

troduction of data and methods; section 3 presents the

observational results; section 4 shows the AGCM

[ECHAM5 and Community Atmosphere Model, ver-

sion 3 (CAM3)] results; section 5 gives the two possible

reasons leading to the decadal change; section 6 dis-

cusses the effect of the remote oceanic forcing and the

time of the decadal change; and section 7 summarizes

the founding.

2. Data and methods

a. Observations

The datasets used in the present study include 1)

the Met Office Hadley Centre Sea Ice and Sea Sur-

face Temperature (HadISST) dataset (Rayner et al.

2006) and 2) the National Centers for Environmental

Prediction–National Center for Atmosphere Research

(NCEP–NCAR) atmospheric reanalysis dataset (Kalnay

et al. 1996). The horizontal resolutions of these datasets

FIG. 1. June–August mean 100-hPa geopotential height for 1964–95; the contour interval is

40 m. Topography .3000 m is shaded.
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are 18 3 18 and 2.58 3 2.58, respectively. The analysis and

discussion in this paper focus on the period 1959–2000.

The present study is concerned with the interannual

variability and its decadal change. Since significant trend

has been found in both the TIO SST and SAH (Zhang

et al. 2000; Du and Xie 2008), the data have been de-

trended to eliminate the contribution of longer time-

scale variations to the statistical results. The detrending

is performed on the data of each period. For instance, if

the target period of analysis is from 1964 to 1979, then

the trend for the period 1964–79 is removed before the

analysis. In this study, summer refers to the period from

June to August.

In this study, the TIO SST index is defined using the

area average of SST in the domain (208S–208N, 408–
1008E) with latitudinal weight, following Xie et al. (2009)

and Huang et al. (2010). The SAH intensity index, which

is the same as that in Zhang et al. (2000) and Zhou et al.

(2006), is defined as the sum of differences between a

reference height (16 600 m) and the geopotential height

at each point where the geopotential height is no less than

16 600 m in the region (108S–508N, 308W–1808E).

b. Atmospheric simulations

To understand the contribution of the SST change to the

observed decadal shift of the TIO’s influences on SAH,

two atmospheric general circulation models (AGCMs)

are employed: the Hamburg version of the European

Centre for Medium-Range Weather Forecasts model,

version 5 (ECHAM5; Roeckner et al. 2003) and CAM3

(Collins et al. 2004). The resolutions of the two AGCMs

are T63L19 and T42L26, respectively. The AGCMs are

driven by global historical SST and sea ice. A 17-member

ensemble simulation is conducted for 1950–2007 with

ECHAM5 and a 21-member ensemble simulation for

1950–99 with CAM3. The ensemble means are used in the

analysis (unless stated) to exclude the internal variability

of the AGCMs and the error due to initial condition.

To compare the relative impacts of the northern In-

dian Ocean (NIO) SST and the southern Indian Ocean

(SIO) SST, we have performed three experiments with

ECHAM5. In the control (CTL) experiment (40 in-

tegrations), the AGCM is driven by climatological SST.

In the NIO experiment (20 integrations), a 18C SST

anomaly (SSTA) is imposed on the climatological SST

in the domain (08–208N, 408–1008E). The SIO experi-

ment is the same as the NIO experiment, except that the

domain for the SST anomaly is 208S–08, 408–1008E. The

difference between the NIO and CTL experiments is

considered as the response to the northern Indian Ocean

warming. The response of the southern Indian Ocean

warming is represented by the difference between the

SIO and CTL experiments.

In addition, two AGCM experiments are designed: 1)

the Indian Ocean climatological SST experiment (IOC)

and 2) the Indian Ocean real SST experiment (IOR).

The IOC is used to test the impacts of the remote oce-

anic forcing. In this experiment, climatological SST is

used in the Indian Ocean. In other oceans, historical SST

is adopted. The prescribed SST is used to drive ECHAM5.

Only a single run is conducted for this experiment due to

the time-consuming ensemble experiments. The IOR is

used to test the influences of the Indian Ocean. It is the

same as IOC but for historical SST in the Indian Ocean

and climatological SST in other oceans.

3. The decadal change of the TIO–SAH
relationship

The variability of both the TIO SST and SAH expe-

riences a shift in the late 1970s. Figure 2 shows the

wavelet spectra of normalized summertime TIO SST

and SAH intensity. The TIO SST features a quasi-

biennial variation from the mid-1960s to the late 1970s

and a 4-yr period variation after the late 1970s. The SAH

FIG. 2. Wavelet spectra of (a) normalized TIO SST and (b)

normalized SAH intensity. Dots represent areas where the signif-

icance level reaches 95%. The results are obtained from raw data

without detrending.
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index displays a tendency of a 4-yr period variation after

the late 1970s, which is similar to the TIO SST. Different

from the TIO SST, the quasi-biennial variation of the

SAH is less significant before the late 1970s. In addition,

the SAH intensity features a distinct 10-yr period vari-

ation, which is not seen in the TIO SST.

The above change in the coherence of spectrum in-

dicates that the association between the variability of

the TIO SST and SAH may experience a strengthening

at the late 1970s. This is confirmed by the 15-yr sliding

correlation in Fig. 3. The correlation between the TIO

SST and SAH experiences a shift around 1979: before

1979, the correlation is weak; after 1979, the correlation

became significant, with the correlation coefficient (CC)

reaching the 95% confidence level.

Previous studies show that the moist adjustment–

induced tropospheric temperature changes play an im-

portant role in the TIO’s influences on the SAH (Huang

et al. 2011). To understand the change in the relation-

ship between the TIO SST and the SAH, we contrast the

response of tropospheric temperature to the TIO SST

before and after the late 1970s. In the following analysis,

we select 1964–79 for the period before the change and

1980–95 for the period after the change. For convenience,

FIG. 3. The 15-yr sliding correlation between the TIO SST and the

SAH intensity. Dashed and dotted lines represent the 95% and 99%

significance levels, respectively. Both of the indices are undetrended.

FIG. 4. Correlation of the TIO SST with SST (shading) and tropospheric temperature

(contours), showing the results for (a) 1964–79 and (b) 1980–95. Only shading for 0.5, 0.6, 0.7,

0.8, and 0.9, and contours for 60.5, 60.6,60.7, 60.8, and 60.9 are displayed. Nine-point spatial

smoothing is performed on the results.
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the two epochs are called PRE and POST. Figure 4 shows

the correlation of tropospheric temperature with the TIO

SST during the two epochs. Like Huang et al. (2011), the

tropospheric temperature is the average of the tempera-

ture from 850 to 100 hPa. During PRE, weak tropospheric

temperature responses are observed over the central In-

dian Ocean and north of Madagascar. A significant re-

sponse is also seen over subtropical South America and the

South Atlantic. During POST, as the TIO warms, signifi-

cant tropospheric warming is distributed over the global

tropics. To the east of the equatorial Indian Ocean, the

warm anomaly displays a Kelvin wavelike response, which

may further affect the northwestern Pacific climate through

boundary fiction and convection–divergence feedback (Xie

et al. 2009). To the west of the Indian Ocean, the tropo-

spheric temperature shows a Rossby wavelike pattern, with

two maximums off the equator. The Kelvin and Rossby

wavelike patterns display the Matsuno–Gill (Matsuno

1966; Gill 1980) pattern, indicating they are the responses

to Indian Ocean heating. The CCs are most significant over

the TIO (CC . 0.8). This implies that through moist ad-

justment, the TIO SST can significantly affect the tropo-

spheric temperature, resulting in anomalies in 100-hPa

geopotential height and leading to the change in the SAH.

Therefore, the relationship between the TIO SST and the

SAH is closer during POST than during PRE.

To test the hypothesis that the strengthening of the

TIO–SAH relationship is attributed to the SST forcing,

we further analyzed the results of AGCM simulations.

4. The shift in AGCMs simulations

To examine whether the SST change contributes to

the intensification of the TIO’s influence on the SAH,

we analyze the results of AGCM simulations. In view of the

systematic difference of mean 100-hPa geopotential height

between ECHAM5 and the NCEP–NCAR reanalysis,

a somewhat different reference height (16 860 m) is used

in defining the SAH intensity for the ECHAM5, follow-

ing Huang et al. (2011). For CAM3, the mean difference

from the reanalysis is very small, so the definition of the

SAH intensity is the same as Zhang et al. (2000) and

Zhou et al. (2006).

Both the ECHAM5 and CAM3 simulations reproduce

well the intensification of the TIO SST–SAH relationship

at the late 1970s. Figure 5 displays the 15-yr sliding cor-

relation between the TIO SST and SAH intensity cal-

culated based on the ensemble mean. During PRE, the

model simulations exhibit weak TIO–SAH correlation

(CCs , 0.5). Around 1979, the correlation experiences

an obvious increase (CCs . 0.6). The ensemble mean

CCs between the TIO SST and SAH intensity during

PRE and POST are 0.39 (0.25) and 0.64 (0.64), respec-

tively, in ECHAM5 (CAM3), which are in agreement

with those in observation. Therefore, the model results

suggest the importance of SST forcing in the strength-

ening of the TIO–SAH relationship.

We have also calculated the correlation for individual

members. Most of the simulations can reproduce the

FIG. 5. Ensemble mean of 15-yr sliding correlation between the

TIO SST and SAH intensity. Dashed and solid lines represent

ECHAM5 and CAM3 results, respectively. Dashed and dotted

lines denote the 95% and 99% significance levels, respectively.

FIG. 6. CCs between the TIO SST and SAH intensity, with the

results of (a) ECHAM5 and (b) CAM3. Circles denote the results

for 1964–79, and dots denote the results for 1980–95. Case tabs are

on the x axis, and the CCs are on the y axis.
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intensification of the TIO–SAH relationship. Figure 6

shows the CCs of each simulation during PRE and

POST. In ECHAM5, 13 out of 17 cases can reproduce

the strengthening of the TIO–SAH relationship (Fig.

6a). In the remaining four cases, the CCs of PRE are

greater than those of POST in cases 4, 8, and 10. In case

2, there is nearly no difference in the CCs between PRE

and POST. These may be attributed to the initial con-

dition and model internal variability. All the CAM3

simulations reproduce the intensification of the TIO–

SAH relationship (Fig. 6b). In this aspect, CAM3 pres-

ents more realistic outputs than ECHAM5.

Both EHCAM5 and CAM3 ensemble means can re-

produce well the tropospheric temperature responses to

the TIO warming. Figures 7a and 7c display the correla-

tion of tropospheric temperature with the TIO SST in

ECHAM5. Figures 7b and 7d are the same, except for

CAM3. During PRE, when the TIO warms, a weak tro-

pospheric temperature response exists over part of the

Indian Ocean and east of Africa. So, the TIO–SAH re-

lationship during this period is weak. During POST, as the

TIO warms, a tropospheric temperature anomaly is dis-

tributed over the global tropics. The tropospheric tem-

perature response is similar to that in observation. To the

east of the TIO, the Kelvin wave response is also repro-

duced. Overall, the ECHAM5 and CAM3 simulations

reproduce well the tropospheric temperature anomalies in

response to the TIO warming, which can in turn lead to the

change in upper-level geopotential height and the SAH.

In these two AGCMs, the overall response, including

the tropospheric temperature and the SAH, is slightly

exaggerated compared with that in observation. This

may be caused by the removal of internal variability

due to ensemble mean. Besides this subtle difference,

the ensemble results of the two AGCMs can well re-

produce the strengthening of the TIO–SAH relation-

ship and the responses of the tropospheric temperature

during the two epochs. This suggests that the strength-

ening of the TIO–SAH relationship is caused by the de-

cadal change in SST forcing.

5. Possible mechanisms

The model simulations in the previous section indicate

the contribution of the SST forcing to the decadal change

in the TIO SST–SAH relationship. The SST forcing in-

cludes the TIO local forcing and the remote oceanic

forcing (the latter one is discussed in the next section).

To remove the effect of the remote oceanic forcing (the

influences of ENSO), the partial correlation analysis is

performed during the two epochs. The partial correla-

tion is calculated using

r13,2 5
r13 2 r23r12ffiffiffiffiffiffiffiffiffiffiffiffiffiffi

12 r2
23

q ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
12 r2

12

q , (1)

where the r13,2 denotes the CC between 1 and 3 by re-

moving the impact of 2, r13 denotes the CC between 1 and

3, r23 denotes the CC between 2 and 3, and r12 denotes the

CC between 1 and 2. After removing the influences of

ENSO measured by the November (0)–January (1) Niño-

3.4 SST index (numerals ‘‘0’’ and ‘‘1’’ denote the previous

FIG. 7. Correlation of the TIO SST with tropospheric temperature, showing the results for (a),(b) 1964–79 and (c),(d) 1980–95 with the

results of (a),(c) ECHAM5 and (b),(d) CAM3. Only shading and contours for 60.5, 60.6, 60.7, 60.8, and 60.9 are displayed. Nine-point

spatial smoothing is performed on the results.
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year and this year, respectively), the CC between the TIO

SST and the SAH is 20.05 during PRE and 0.52 during

POST. It suggests that the decadal change exists regardless

of the remote oceanic forcing, especially the influences of

ENSO.

The rest of this section discusses the possible mecha-

nisms, including the location of the TIO SST anomalies

and the change of the SST variability.

a. The locations of SST anomalies in the TIO

Tropical convection can modulate the tropospheric

temperature toward a moist-adiabatic profile, which is

determined by an equivalent potential temperature in

the atmospheric boundary layer (Emanuel et al. 1994,

1997). In this process, convection acts as a key role of

communicating SST with the tropospheric temperature

(Chiang and Sobel 2002): If the tropospheric tempera-

ture is lower than the moist-adiabatic profile, then the

atmosphere is unstable. Convective precipitation will

occur and the associated latent heat release will adjust

the tropospheric temperature toward the moist-adiabatic

profile. If there is no convection, then the SST and tro-

pospheric temperature cannot be well coupled, since the

modulating mechanism does not exist. As deep convec-

tion exists only over the central and northeastern Indian

Ocean, the location of SSTAs may determine their

influences on tropospheric temperature. Thus, we first

focus on the change in the location of SST anomalies

and its consequence on the atmosphere responses.

Figure 8 shows the regression map of SST and surface

wind (10 m) against the TIO SST for PRE and POST,

respectively. The climatological mean SST is superposed

on the map. Compared with PRE, the climatological

mean SST during POST is about 0.58C warmer, which

leads to a slight westward extension of the Indian Ocean

warm pool. During the two epochs, the SSTA distribu-

tions are different. During PRE, an obvious SSTA

(.0.28C) is found in the southeastern Indian Ocean,

outside of the warm pool (Fig. 8a). The warm anomaly

may be attributed to the deceleration of surface winds

due to the superposition of the anomalous northerly

(northeasterly) on the climatological southeasterly to the

north of the Mascarene high. Over the southeastern In-

dian Ocean, outside of the warm pool, the climatological

convection is relatively weak, and the SSTA cannot be

well coupled with the tropospheric temperature. Thus,

the above tropospheric warming is not significant (Figs.

4a, 7a, and 7b). Over the northern Indian Ocean, the

anomalous surface easterly counteracts the climatological

westerly, decelerates the actual wind, weakens the evap-

oration locally, and leads to the warm SST anomaly. The

SST anomaly, however, is very weak (,0.28C) and thus

exerts little influence on the tropospheric temperature.

During POST, the intensified variability of ENSO

results in more significant ENSO-induced downwelling

Rossby waves reaching the tropical southwestern Indian

Ocean. The downwelling Rossby waves interact with the

shallow thermocline there and lead to obvious ocean

warming (Huang and Kinter 2002; Xie et al. 2002). In

addition, the thermocline in the tropical southwestern

Indian Ocean shoals relative to that during PRE. It lo-

cally results in more significant warming. The warming

persists to summer and leads to a C-type wind anomaly

over the TIO (the more significant anomalous easterly

or northeasterly over the northern Indian Ocean). The

anomalous wind counteracts the climatological wind,

decelerates the actual wind, and leads to more signifi-

cant warming over the northern Indian Ocean (Wu et al.

2008; Du et al. 2009; Wu and Yeh 2010). As the warming

FIG. 8. Regression of SST (shading), surface wind (10 m, vectors)

against the TIO SST and the mean SST in boreal summer, showing

the results for (a) 1964–79 and (b) 1980–95. Nine-point spatial

smoothing is performed on the regressed SST. Only vectors at the

95% significant level are shown.
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is mainly located in the warm pool, where the convection

is vigorous, the warming can effectively affect the tro-

pospheric temperature through moist adjustment (Figs.

4b, 7c, and 7d). Thus, the tropospheric temperature re-

sponse is significant when the TIO is warming during

POST.

The importance of the northern Indian Ocean SSTA

is supported by results of sensitive experiments. As the

northern Indian Ocean is 18C warmer, the tropospheric

temperature response is significant (0.588C; Fig. 9). In

contrast, the response to the southern Indian Ocean

warming is only 0.198C, which is far less than that to the

northern Indian Ocean warming. Furthermore, in the SIO

experiment, the spread is larger, indicating that the re-

sponse is more uncertain. It can be inferred from the

climatological SST in Fig. 8 that the climatological con-

vection over the northern Indian Ocean is stronger than

that over the southern Indian Ocean. With the back-

ground of strong convection, SSTAs over the northern

Indian Ocean can effectively affect the overlying tropo-

spheric temperature, confirming the more significant in-

fluence of the northern Indian Ocean SST.

b. The change of the SST variability in the TIO

After the 1960s, the TIO SST gradually increases. As

such, the background SST during POST is warmer than

that during PRE (Fig. 10). Meanwhile, the variability of

the TIO SST during POST strengthens (Fig. 11). The

standard deviation is 0.19 K during PRE and 0.24 K

during POST. The combined effect of the change in the

mean SST and the SST variability may be one of the

possible reasons that lead to the strengthening of the

TIO’s influence on tropospheric temperature.

From the mid-1960s to the mid-1980s, the variability

of the northern Indian Ocean and the southern Indian

Ocean SST displays distinct characters (Fig. 11). The

variability of the southern Indian Ocean SST shows

a steady increasing trend. Before 1976, the standard

deviation of the northern Indian Ocean SST is smaller

than that of the southern Indian Ocean SST. The stan-

dard deviation of the northern Indian Ocean SST ex-

perienced an abrupt increase around 1976. After 1976,

the standard deviation of the northern Indian Ocean

SST is much larger than that of the southern Indian

Ocean SST. From the temporal evolution of the SST

standard deviation, it appears that the variability

intensification of the TIO SST is mainly due to the

strengthened variability of the northern Indian Ocean

SST.

ENSO and the change in the thermocline depth of the

tropical southwestern Indian Ocean play important roles

on the change in the variability of the TIO SST. Long-

term change in ENSO and the local thermocline results in

more significant warming in the tropical southwestern

FIG. 9. Tropospheric temperature anomalies (dots) and standard

deviations (the lengths between the end of each error line and the

central dot) in (left) the NIO experiment and (right) the SIO ex-

periment.

FIG. 10. Summertime TIO SSTA (without detrending, unit: 8C).

FIG. 11. The 15-yr sliding standard deviation (without detrend-

ing). Thick, thin, and dashed lines denote the results of the TIO

SST, the NIO SST, and the SIO SST, respectively.
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Indian Ocean in spring after the El Niño peaks (Xie et al.

2010). The warming excites anomalous C-type wind over

the TIO (anomalous easterly or northeasterly over the

northern Indian Ocean) and leads to the warming over

the northern Indian Ocean (Wu et al. 2008; Du et al.

2009). Thus, nearly all basin warming is found in the

Indian Ocean in summer. This contributes to the more

significant variability of the TIO SST during POST.

During PRE, the smaller standard deviation of ENSO

and the deeper thermocline cause less warming over the

southwestern Indian Ocean, and in turn less warming

over the northern Indian Ocean. The TIO warming dis-

associates with ENSO and thus the SST variability of the

TIO is relatively small during PRE.

However, it should be borne in mind that both the

mean SST change and the variability change not only

occur in the Indian Ocean but globally. Figure 12 gives

the difference of the June–August mean SST and its

variability. Besides the TIO, the northern Atlantic, the

equatorial Atlantic to the west of Africa, and 408–608S of

the southern oceans exhibit large-scale warming with

increased SST variability during POST. Those may also

exert influences on the atmosphere.

6. Discussion

a. The remote oceanic forcing

When heated by eastern Pacific warming, the tropical

free atmosphere cannot maintain a horizontal pressure

gradient and the temperature anomalies become uni-

formly distributed over the global tropics on time scales

of a month or two (Charney 1963; Wallace 1992; Sobel

and Bretherton 2000). Interestingly, Chiang and Sobel

(2002) suggested that not all the temperature anomalies

(including those over the TIO) disappear 6 months after

El Niño has peaks. That is to say, the free-atmosphere

temperature is not only subject to local heating but also

to the heating of the remote oceans. Here, the remote

oceans’ impacts on the intensification of the TIO’s in-

fluences on the tropospheric temperature are discussed.

The effect of the remote oceanic forcing can be ex-

amined based on the IOC experiment. The CCs between

the observed TIO SST and the simulated tropospheric

temperature over the TIO in the IOC experiment are

given in Fig. 13. During PRE, the CC is 0.21; the CC

is 0.67 during POST. So, we can conclude that the remote

oceans’ influences on the tropospheric temperature also

FIG. 12. Differences of (a) June–August mean SST and (b) its variance between 1980–95 and 1964–79.

Shadings denote the differences greater than 0. Contours denote the differences not greater than 0;

contours for 0 are thick. Interval of the shadings and contours is 0.1 K in (a) and 0.05 K2 in (b). Dots in (b)

denote the variance change is at the 90% significance level detected as by an F test. Nine-point spatial

smoothing is performed on the results.
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contribute to the strengthening of the TIO–SAH re-

lationship.

In the decadal change in the remote oceans’ influences,

the SSTA over the eastern Pacific and Atlantic may be the

main reason. During PRE, before the TIO basin warm-

ing, significant SSTAs are only found over the tropical

eastern Pacific and near the date line (Fig. 14a). The areas

of the SSTAs are scattered. During POST, the TIO SSTA

is closely related to ENSO. The eastern Pacific shows

significant warming starting in the previous summer (Fig.

14b). The warming persists to the previous autumn and

winter and reaches its maximum. In the spring after it has

peaks, the anomalies begin to decline and significant

SSTA is found over the tropical Atlantic. The significant

SSTA over the East Coast of America and the tropical

Atlantic can persist to the end of the summer and spring,

respectively. The long-persisting SSTA over the two areas

may heat the free atmosphere over the global tropics,

warming the troposphere over the TIO in boreal summer.

Compared with the TIO SST, the remote oceanic

forcing contributes more to the enhancement of the TIO–

SAH relationship in the ECHAM5 simulations. The CCs

between the simulated tropospheric temperature over

the TIO and the observational TIO SST in both the IOC

and IOR experiments are given in Fig. 13. In the IOR

experiment (the atmosphere is forced by historical SST

only in the Indian Ocean), the CC is 0.52 during PRE and

0.71 during POST. The increase in CC is less than that in

the IOC experiment.

b. The time of the abrupt shifts

The above mainly discusses the strengthening of the

TIO’s influence on the SAH and reveals the possible

reasons in the view of the tropospheric temperature

responses in large scale. However, mismatch exists in

the time of the abrupt shifts of the TIO–SAH correla-

tion in observation and simulations. The time is around

1976 in observation (Fig. 3) and about 1979 in simula-

tions (Fig. 5). Some other processes independent of SST

forcing may exert influences on the SAH. The processes

cannot be present in the ensemble mean results. Which

processes contribute to the relative lag of the shift

time in the simulations are unknown and need further

investigation.

7. Summary

Our analysis of HadISST and the NCEP–NCAR re-

analysis reveals that the TIO’s influence on the SAH

intensity experiences a decadal shift. Before the late

1970s, the influence is weak. After the late 1970s, the

influence is significant. The tropospheric temperature

response appears to be responsible for the strengthening

of the TIO’s influence on the SAH. During the two ep-

ochs, the local tropospheric temperature responses to the

TIO warming are distinct—the response is more signifi-

cant during the second epoch.

FIG. 13. Correlation between the observational TIO SST and the

above tropospheric temperature in boreal summer, showing the

results in the IOC (left two bars) and IOR experiments (right two

bars). Bars with reticular stripes are the results for 1964–79, and

those with dots are the results for 1980–95.

FIG. 14. Longitude–time section of correlation of the TIO SST

with SST (208S–208N mean), showing the results for (a) 1964–79

and (b) 1980–95. Shading denotes CCs for 0.5, 0.6, 0.7, 0.8, and 0.9,

and contours denote those for 0.5, 0.6, 0.7, 0.8, and 0.9. Numerals

‘‘0’’ and ‘‘1’’ on the y axis denote the previous year and the year

when there is basin warming in the TIO, respectively.
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Ensemble simulations of AGCMs driven by historical

SST reproduce well the intensified TIO’s influence on the

SAH. Encouragingly, both AGCMs accurately capture

the year when their relationship became significant.

During the two epochs, the tropospheric temperature

responses are also well reproduced. Also, most of the

members (34 members out of 38) capture the strength-

ening of the TIO’s influence on the SAH. The AGCM

results indicate that the decadal change in the influence

is attributed to the SST forcing.

Furthermore, the possible reasons leading to the dis-

tinct responses of the tropospheric temperature are given

as follows:

d The locations of the SSTA in the TIO. During 1964–

79, the significant SSTA was located in the southeast-

ern Indian Ocean, outside of the Indian Ocean warm

pool. As the background convection is weak there, the

TIO warming-related SSTA do not pose a large in-

fluence on the tropospheric temperature. In contrast,

because of the strengthening of the ENSO variability

and thermocline shoaling in the tropical southwestern

Indian Ocean during the second epoch, the TIO warm-

ing is closely associated with the northern Indian Ocean

warming. The warming is located in the warm pool.

Through the background vigorous convection, the SSTA

can affect the above tropospheric temperature and thus

the SAH. EHCAM5 simulations confirm the effect of

the northern Indian Ocean SST.
d The decadal change in the mean SST and its variabil-

ity. During the decades, the summertime TIO SST

exhibits a significant warming trend. Combined with

the strengthened SST variability, the influence of the

SSTA on the atmosphere is larger after the late 1970s.

Though a similar warming with increased SST variabil-

ity occurs in some parts of the Atlantic and Southern

Oceans, the warmer background SST may make the

TIO influence the atmosphere more.

In addition, the remote oceanic forcing is discussed.

The ECHAM5 simulation shows that during the second

epoch, the SST over the remote oceans may favor the

strengthening of the TIO–SAH relationship. From the

first to the second epoch, the model results imply that

the role, which the remote oceanic forcing plays in the

strengthening of the TIO–SAH relationship, cannot be

neglected. The detailed processes are sophisticated and

require further investigation.
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ABSTRACT: The meridional displacement of East Asia jet (EAJ) is characterized by the leading mode of upper
tropospheric zonal wind variability over East Asia in boreal summer, and is closely related to the East Asia summer
monsoon and downstream climate. Present study reveals that the meridional displacement of EAJ is associated with
tropical Indian Ocean (TIO) SST anomalies. When the TIO SST is higher than normal, the overlying tropospheric air
warms up through the modulation of the TIO SST on tropical convection. The anomalous convection forces a Kelvin
wave wedge penetrating into the equatorial western Pacific, leading to a decrease in precipitation near the Philippines.
Combined with the climatological easterly shear over the subtropical western North Pacific, the Pacific-Japan/East Asia-
Pacific (PJ/EAP) teleconnection is induced along the East Asia coast. The PJ/EAP-related upper-level anomalous cyclone
accelerates westerly in the south flank of EAJ and decelerates westerly in the north flank. Thus, EAJ shifts southward.
In contrast, the EAJ shifts northward when the TIO SST is lower than normal. Copyright  2011 Royal Meteorological
Society
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1. Introduction

In the upper and lower stratosphere, there exists a
strong westerly belt over the mid-latitudes of East Asia,
which is referred to as East Asia westerly jet (EAJ).
During boreal summer, the axis of EAJ experiences
a northward jump (Yeh et al., 1958; Li et al., 2004).
However, the extent of the northward jump varies from
year to year (Liang and Wang, 1998; Lau et al., 2000;
Lu, 2004). This is related to the year-to-year change in
the location of the EAJ or the meridional displacement
of EAJ on interannual time scales. Analysis shows
that the meridional displacement in the EAJ (MDE) is
characterized well by the dominant mode of the zonal
wind anomalies in the upper troposphere (Lin and Lu,
2005).

Previous studies noticed that the year-to-year variabil-
ity of the EAJ is closely linked to monsoon precipitation
over East Asia (Liang and Wang, 1998) and downstream

* Correspondence to: Gang Huang, RCE-TEA, Institute of Atmo-
spheric Physics, Chinese Academy of Sciences, Beijing 100029, China.
E-mail: hg@mail.iap.ac.cn

climate (Lau and Weng, 2002; Lau et al., 2005). Dur-
ing June–August, a southward (northward) displacement
of EAJ leads to an increase in precipitation over south-
central (north) China (Liang and Wang, 1998). Lau and
Weng (2002) indicated that the MDE is associated with
North America rainfall. Furthermore, the convection over
the western North Pacific (WNP) can affect the MDE
through meridional teleconnection (Lau et al., 2000; Lu,
2004). However, the variation of convection over the
WNP is mainly attributed to the tropical Indian Ocean
(TIO) sea surface temperature (SST; Yang et al., 2007;
Xie et al., 2009; Chowdary et al., 2010; Chowdary et al.,
2011).

Owing to the thermocline shoaling in the southwest
TIO and the strengthening of ENSO intensity, interannual
variability of TIO SST is intensified after the late 1970s
(Huang et al., 2010; Xie et al., 2010). During this epoch,
the TIO warms in response to El Niño, and this warming
then influences the climate in the Indian Ocean (IO) and
surrounding regions after El Niño decays (Yang et al.,
2007; Xie et al., 2009). This phenomenon is referred to
as the “capacito’ effect’. Through Kelvin wave-induced

Copyright  2011 Royal Meteorological Society
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Ekman divergence (WIED), the capacitor effect can affect
the convection over the WNP (Xie et al., 2009).

Therefore, there may be a link between the interannual
variability of TIO SST and MDE. The aim of this present
study is to explore this possible link.

2. Data

This study uses the Hadley Center Global Sea Surface
Temperature dataset (Rayner et al., 2006), the Center
for Climate Prediction Merged Analysis of Precipitation
(CMAP; Xie and Arkin, 1997), and the National Centers
for Environmental Prediction–National Center for Atmo-
sphere Research atmospheric reanalysis dataset (Kalnay
et al., 1996). The present analysis will focus on the period
1979–2007 when all the above data are available.

The aim of the present study is to investigate the
effects of TIO SST on EAJ on interannual time scales.
Linear trends of all the time series have been removed to
eliminate decadal and longer time scale variations. Three-
month mean is calculated for all variables to remove the
intraseasonal variability.

3. Linkage between TIO and meridional
displacement of EAJ

A TIO SST index is defined using the area mean SST
over the domain of 20 °S–20 °N and 40° –100 °E (shown
in Figure 1(a)) in boreal summer. The high TIO SST
index corresponds to a significant basin-wide warming in
the Indian Ocean (Figure 1(a)), the SST anomalies are
about 0.1 ∼ 0.3 K. The relatively warm areas are mainly
located in tropical western IO. The precipitation above is
not uniform, but the total precipitation is above average,
indicating that the TIO warming is not the response
to change in atmosphere over it. Though a little weak,
the SST anomalies (SSTA) can exert influences on the
climate over the TIO and its surrounding regions (e.g.
Annamalai et al., 2005; Yang et al., 2007; Xie et al.,
2009).

When TIO is warmer than normal, significant warming
is found in South China Sea and north of Philippines
Sea (Figure 1(a)). Although the warming is embedded in
warm pool, the decreased local precipitation (Figure 1(b))
do not support that it is the result of the local warming
anomaly. The opposite sign in SST and precipitation
anomalies implies that the atmosphere anomalies over
WNP are subject to remote forcing, rather than a local one
(Wang et al., 2005; Xie et al., 2009). Thus, the significant
warming over WNP contributes little to atmosphere
change above.

In addition, significant cooling occurs over north
Pacific, east of Japan (Figure 1(a)). Similarly, the oppo-
site sign between SST and local rainfall (Figure 1(b))
suggests that the cooling exerts very little influence on
atmosphere change.

The linkage between the TIO SST and the MDE
appears significant. The MDE is defined using the first

Figure 1. Regression of normalized tropical Indian Ocean (TIO) SST in
boreal summer: (a) SST (contours, interval: 0.1 K) and 850 hPa wind
(vectors); (b) precipitation (contours, interval: 0.25 mm/d). Light and
dark shades in (a) and (b) denote the significance levels are at 95 and
99%, respectively. Only vectors whose significant level exceeds 95%

are shown in (a). Contours for zero are omitted.

mode of empirical orthogonal function (EOF) decom-
position of summer mean 200 hPa zonal wind in the
domain of 27.5° –55 °N and 120° –150 °E, which is the
same as that in Lin and Lu (2005). The results (Figure 2)
of EOF analysis for 1979–2007 are consistent with those
obtained by Lin and Lu (2005). The correlation coeffi-
cient of MDE with the TIO SST index is 0.45, exceeding
the 95% confidence level. By contrast, the EAJ inten-
sity, which is depicted by the second mode of the EOF
results (Lin and Lu, 2005), is poor correlated with TIO
SST (the correlation coefficient is −0.28, not reaching
90% significance level).

When the TIO is warm (cold), the ridge of EAJ
moves south (north). According to time serial of TIO
SST in boreal summer, warm (1983, 1987, 1988, and
1998) and cold (1984, 1985, 1989, and 2000) cases are
selected when TIO SST exceeds 1 and −1 standard
deviation, respectively. Figure 3(a) and (b) shows the
composite results of the warm and the cold cases,
respectively. As TIO is warm, the latitude of EAJ ridge
is about 38.5–40.5 °E; the latitude is 40–42.5 °E when
TIO is cold, a little north compared to the warm cases.
Two particular years, 1983 and 1984, are chosen to
see the EAJ response. In the summer of 1983, the
TIO SSTA is 0.54 K, the EAJ ridge shifts southward
(Figure 3(c); 38–40 °E) relative to the average of the
warm cases; while during the summer of 1984, the TIO

Copyright  2011 Royal Meteorological Society Int. J. Climatol. 32: 2073–2080 (2012)
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Figure 2. The two modes of EOF decomposition of summer mean zonal wind at 200 hPa, the variance contribution of the two modes are 46.4
and 23.6%, respectively.

Figure 3. Zonal wind at 200 hPa: (a) and (b) are the results when TIO are warm and cold, respectively. (c) and (d) are the results of 1983 and
1984, respectively. Dash contours in the four plots are the ridge of East Asia Jet.

SSTA is −0.25 K, the EAJ is further north (Figure 3(d);
41–45.5 °E) than that of cold cases mean.

Figure 4 shows the regression of 200 hPa wind vectors
on normalized TIO SST index in boreal summer. When
the TIO is warmer, there exists an anomalous westerly
belt over 200 hPa that extends from North Africa to
East Asia. Anomalous easterlies exist over the Okhotsk
Sea and to the east of Philippines. Note that over East
Asia, the westerly anomaly resides near the south edge of
summer mean location of EAJ, and anomalous easterly

locates to the north of the belt. This indicates that the
westerly jet is strengthened in its southern portion but
weakened in its northern portion. Thus, the EAJ shifts
southward.

Figure 5 shows the latitude-height sections of zonal
wind anomalies obtained by regression on normalized
TIO SST index in boreal summer. The four sections
(105 °E, 120 °E, 135 °E, and 150 °E) all show anomalous
westerlies in the southern part of the westerly jet stream.
In the 105 °E section, the westerly maximum locates at

Copyright  2011 Royal Meteorological Society Int. J. Climatol. 32: 2073–2080 (2012)
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Figure 4. Regression of 200 hPa wind (vectors) on normalized TIO SST in boreal summer, only vectors whose confidence level reaching 95%
are shown. Shade shows the climatological zonal wind in boreal summer.

Figure 5. Latitude-height sections of the regression of zonal wind (contours) on normalized TIO SST in boreal summer. The contour interval is
0.5 m/s and the zero contours are omitted for clarity. Shades show the climatological zonal wind in boreal summer, the unit is m/s. (a) is the

result of 105 °E section and (b), (c), (d) are the results of 120 °E, 135 °E, 150 °E, respectively. The black areas show the topography height.

150 to 200 hPa. In the other three sections, the maxima
are observed at 200 hPa. Over East Asia, especially
along 135° –150 °E, the zonal wind anomalies exhibit
a Rossby wave-like structure, with negative, positive
and negative anomalies from subtropics to mid-latitudes.
In addition, the anomalies display poleward tilt with
height.

Therefore, in the years when a basin-wide warming
occurs in the TIO in boreal summer, the EAJ tends to
shift southward. In addition, over East Asia, the zonal

wind anomalies exhibit Rossby wave-like structure with
a poleward tilt from surface to tropopause.

4. Possible mechanism

The zonal wind anomalies are in good relationship with
the anomalous geopotential height. In subtropics and mid-
latitudes, wind and geopotential height follow the quasi-
geostrophic equilibrium. It means that the zonal wind
anomalies are determined by the meridional gradient
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of geopotential height anomalies. Figure 6(a) shows the
meridional gradient of geopotential height anomalies and
wind anomalies at 200 hPa obtained by regression on
the TIO SST index. When the TIO SST index is high,
the IO is warm, obvious negative meridional gradient of
geopotential height anomalies extends from Middle East
to the east of Japan and positive gradient is located over
the Okhotsk Sea. In Northern Hemisphere, over the areas
where the meridional gradient is negative, there exist
anomalous easterlies; vice versa, anomalous westerlies
exist over the areas where the meridional gradient is
positive.

How the TIO warming affects the geopotential height
anomalies at 200hPa (hereafter H200)? H200 anoma-
lies are in proportion to the averaged temperature from

Figure 6. Regression on TIO SST index in boreal summer: (a) merid-
ional gradient of geopoetential height (contours, interval: 5 × 10−6)
and wind (vectors) at 200 hPa; (b) tropospheric temperature (contours,
interval: 0.04 k) and 10 m wind (vectors); (c) geopotential height at
500 hPa (contours, interval: 2 gpm). Dash contours indicate the values
are negative. For clarity, zero contours are omitted and only vectors
whose significant level exceeds 95% are shown. Light and dark shades

indicate confidence levels at 95 and 99%, respectively.

atmospheric boundary layer (ABL) to 200hPa. Since the
temperature in ABL is noisy, the tropospheric tempera-
ture (TT; average air temperature between 200hPa and
850hPa) is analysed. When the TIO is warm, a signif-
icant tropospheric warming is observed (Figure 6(b)).
On the north flank of the TIO warming, significant
anomalous westerlies occur due to the warming-induced
H200 meridional gradient anomalies (Figure 6(a)). To
the east of the TIO, TT exhibits a Kelvin wave-like
wedge penetrating into the western Pacific, consistent
with the response to localized heating in the TIO (Gill,
1980). Tropical convection modulates TT that is close
to a moist-adiabatic profile, which is determined by the
equivalent potential temperature in ABL (Emanuel et al.,
1994, 1997; Su and Neelin, 2003). Through the convec-
tion, TIO warming heats the troposphere (Su et al., 2003;
Xie et al., 2009; Huang et al., 2010) and forces a Kelvin
wave to the east (Neelin and Su, 2005; Xie et al., 2009).
To the northeast of the TIO, a warm tongue penetrates to
the south of Japan from the Bay of Bengal (Figure 6(b)).
In addition, there exists a cold centre over the north of
Japan. The warm tongue and cold center generate great
meridional gradient in H200, which is the key to the
intensified westerly over Japan and the weakened west-
erly to the north of Japan. However, results given by Gill
(1980) do not support that the warm tongue and cold cen-
ter are direct response to the TIO warming (Figure 1(b)
given by Gill (1980)). As such, heating over the TIO is
not directly responsible for the MDE. Thus, some other
processes may act as a bridge connecting TIO heating
and EAJ change.

When TIO warms, the convection is suppressed near
the Philippines by the TIO warming induced-Kelvin
wave through the WIED proposed by Xie et al. (2009).
The suppressed convection can induce an increase in
geopotential heights over and to northwest (Figure 6(c)).
Near the Philippines, there is climatological easterly shear
(the area mean of zonal wind difference between 850 and
200 hPa in the domain of 10° –20 °N and 110° –150 °E
is 5.1 m/s in boreal summer). With the background
easterly shear and the anomalous convection, Rossby
wave is generated at low-level and propagates poleward
(Lim and Chang, 1983, 1986; Wang and Xie, 1996;
Lu, 2004). The wind anomalies at 850 hPa (Figure 1(a))
display a wave pattern over the coast of East Asia. Thus,
the PJ teleconnection (Nitta, 1987) or the East Asian-
Pacific (EAP) teleconnection (Huang and Sun, 1992)
is prominent (Figures 1(b) and 6(c)). The correlation
coefficients of the PJ index (Wakabayashi and Kawamura,
2004) and the EAP index (Huang and Yan, 1999) with
the TIO SST index are −0.57 and −0.55, respectively,
both exceeding the 99% confidence level.

The PJ/EAP teleconnection has a unique vertical
structure. Kosaka and Nakamura (2006) found the PJ
teleconnection pattern not only exists at lower level, but
also at upper level. In addition, their study showed that
the teleconnection pattern tilts northward with height. Our
analysis confirms these results (Figure 5). Anomalous
precipitation near Japan and the vertical structure of the
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Figure 7. The same as Figure 3, except for: (a) and (b) are the results when El Niño and La Niña Decay, respectively. (c) and (d) are the results
of 1983 and 2000, respectively.

mean flow may be responsible for the tilt (Kosaka and
Nakamura, 2006; Lu and Lin, 2009). Thus, over the coast
of East Asia, the mid-latitude cyclonic wind anomalies at
upper level are slightly poleward in comparison to those
at low level (Figure 1(a) andFigure 4). The anomalous
winds can also be interpreted as the results of the PJ/EAP
pattern-induced H200 anomalies.

Interestingly, the zonal wind is more obvious east
of 120 °E in mid-latitude. It may be the combined
effects of WNP rainfall induced-EAP/PJ teleconnection
and the precipitation east of Japan. The teleconnection
mainly locates east of 120 °E (Figures 1(b) and 6(c)). The
corresponding positive and negative height anomalies
at upper level (can be inferred by the TT regression
result in Figure 6(b)), which is also east of 120 °E, may
cause great meridional gradient between them and lead
to relative strong anomalous zonal wind. Indeed, such
anomalies couple the effects of the precipitation east of
Japan. Simulation results in Lu and Lin (2009) suggest
that the precipitation is able to generate such zonal wind
anomalies.

5. Conclusions and discussions

When the TIO warms in boreal summer, significant
warming is found in the South China Sea and north of
Philippines Sea, and cooling exists in east of Japan. The
local rainfall over those areas is in opposite sign with

the SSTAs, suggesting that little influence do the SSTAs
exert on local atmosphere change.

As TIO warms (cools), the ridge of EAJ moves
southwards (northwards). It is the result of westerly
strengthening (weakening) in the south flank of EAJ’s
climatological location and the deceleration (acceleration)
of westerly in the north. In addition, over the coast of
East Asia, the anomalous zonal winds in troposphere
exhibit a Rossby wave-like structure from subtropics
to mid-latitude and the anomalies tilt poleward with
height.

Furthermore, the mechanism how the interannual vari-
ability of TIO SST affects the meridional displacement
of EAJ is investigated. Here, we summarize the possi-
ble mechanism as follows: As TIO warms, anomalous
convection over the TIO leads to the tropospheric warm-
ing and forces a Kelvin wave wedge penetrating into the
equatorial western Pacific (Xie et al., 2009). The Kelvin
wave-induced Ekman divergence suppresses convection
over the WNP (Xie et al., 2009). The decreased pre-
cipitation under climatological easterly shear forces the
PJ/EAP teleconnection (Lu, 2004). The teleconnection-
associated cyclonic wind at upper level over Japan, inten-
sifies westerly in the south part of EAJ and weakens
westerly in the north part of EAJ. Thus, EAJ shifts south-
ward.

Interestingly, the anomalous zonal wind is more obvi-
ous east of 120 °E in mid-latitude, it may be caused by
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the WNP rainfall-induced EAP/PJ teleconnection and the
rainfall anomalies mainly locate east of 120 °E.

Similar to the composite analysis in Section 3, the rela-
tionship between the EAJ ridge and ENSO is analysed.
El Niño (1982–1983, 1991–1992, 1997–1998) and La
Niña (1984–1985, 1988–1989, 1999–2000) cases are
selected based on ±1 standard deviation. The ridge is
about 37.5–40.5 °E in the El Niño cases mean and shifts
a little further southward in 1983, one of the El Niño
decaying years (Figure 7(a) and (c)). The ridge is about
39.5–41.5 °E in the La Niña cases mean (Figure 7(b)).
While, in one of the La Niña decaying year, 2000,
the ridge tilts northeastwards (Figure 7(d)). It locates in
39–44 °E, its mean latitude shift northwards relative to
that in the La Niña cases mean. The results are similar
to those of the TIO SST in Section 3. The correlation
coefficient between TIO SST and ENSO is 0.80 for the
period from 1979–2007. This accounts for the similarity.

Though highly affected by ENSO, the TIO SST does
have impacts on western WNP precipitation, which in
turn leads to the movement of the westerly jet. Serials
of studies found that the TIO warming is triggered
by ENSO and that the warming is induced by ocean
dynamics and local air–sea interaction (Huang and
Kinter, 2002; Xie et al., 2002; Du et al., 2009; Xie
et al., 2009). Indeed, ENSO does not affect the WNP
rainfall directly and that ENSO-induced TIO SSTA in
the following summer is an important direct factor (Yang
et al., 2007; Xie et al., 2009; Chowdary et al., 2010,
2011). A coupled general circulation model, which has
quite good predicting skill, is used to analyse the relative
role of TIO (Chowdary et al., 2011). The results showed
that the TIO warming accounts for 50% of the anomalous
sea level pressure over WNP and helps the lower level
anomalous anticyclone to expand westward through the
South China Sea in the summer after El Niño decays.
Therefore, though not the only factor, the TIO warming
plays a very important role in WNP circulation change. In
addition, muti-model results confirm the aforementioned
conclusion (Chowdary et al., 2010).
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ABSTRACT

The present study investigates the decadal change in the relationship between China high temperature

extremes (HTEs) and El Niño–Southern Oscillation (ENSO). It is found that the relationship between the

August HTEs in the southern Yangtze River valley (SYRV) and ENSO has strengthened since the late 1980s.

Before the late 1980s, the relationship is weak, whereas, after the late 1980s, the August hot-day numbers in

the SYRV region tend to be more than normal during El Niño decaying years. During 1988–2008, El Niño–

induced August warm SST anomalies are mainly located in the eastern tropical and north Indian Ocean. As

a response to the north Indian Ocean warming, the South Asia high extends eastward, and the SYRV is

overlain by upper-level easterly anomalies. The cold horizontal temperature advection induced by upper-

level easterly anomalies leads to anomalous descent, which is conducive to the occurrence of HTEs through

adiabatic warming. During 1966–86, El Niño–induced August warm SST anomalies are mainly distributed in

the equatorial central and southwest tropical Indian Ocean. Corresponding to the equatorial Indian Ocean

warming, the ascending motion over the Arabian Sea is enhanced, which leads to an anomalous anticyclone

over the Middle East through a Rossby wave–type response and in turn an anomalous cyclone over China

through a midlatitude wave pattern. The SYRV is controlled by upper-level westerly anomalies, which is not

conducive to the occurrence of HTEs since the corresponding horizontal temperature advection and

anomalous vertical motion are weak. As such, the impact of ENSO on August SYRV HTEs is weak before the

late 1980s.

1. Introduction

In recent years, high temperature extremes (HTEs)

have received increasing concerns because of their ad-

verse effects on human and natural systems (Easterling

et al. 2000). The HTEs can affect human health and life,

energy supply and demand, water resources, and agri-

cultural production. A well-documented example is the

European heat wave of 2003, which resulted in 22 000–

35 000 heat-related deaths and major financial losses

(Schär and Jendritzky 2004). In the densely populated

eastern part of China, the effects of HTEs are very se-

rious. For instance, daily mortality was significantly

above normal in Shanghai when hot waves occurred in

the summer of 1998 and 2003 (Tan et al. 2007).

In China, the HTEs not only have experienced re-

markable long-term changes (Zhai et al. 1999; Wei and

Chen 2011) but also have significant interannual vari-

ability (Wei and Chen 2009) in recent decades. By an-

alyzing the number of hot days (Tmax . 358C) in China

during the period 1959–2008, Wei and Chen (2009) re-

vealed that the average and standard deviation of the
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number of hot days were the largest over the lower

reaches of the Yangtze River, with a maximum of

25 days and a standard deviation of 15 days. The large

interannual variability of hot-day numbers indicates that

this region is prone to high temperature disaster. Thus,

understanding the causes for the occurrence of HTEs

has great benefit to the society and economy.

El Niño–Southern Oscillation (ENSO) is one impor-

tant factor for climate anomalies in China (Fu and Ye

1988; Huang and Wu 1989; Wu et al. 2003). ENSO af-

fects the climate over China through its influence on the

northwest Pacific (NWP) subtropical high (Zhang et al.

1996; Wang et al. 2000; Li et al. 2008; Xie et al. 2009), the

South Asian high (Yang et al. 2007; Huang et al. 2011),

and the midlatitude wave train (Wu and Wang 2002;

Ding and Wang 2005). Recently, using the observational

data during the period 1979–2008, Hu et al. (2012)

demonstrated that ENSO can affect the HTEs in China

through an anomalous NWP anticyclone. During El

Niño’s decaying phase, El Niño–induced tropical Indian

Ocean warming induces a low-level anomalous anticy-

clone over the NWP in summer (Xie et al. 2009), which

leads to above normal hot days in the southern Yangtze

River valley (SYRV) in late summer through descent-

related adiabatic warming and reduced rainfall. How-

ever, the relationship between the East Asian climate

and ENSO is not stable. For example, decadal changes

in the late 1970s have been identified in the relationship

between ENSO and East Asia rainfall (Xie et al. 2010;

Huang et al. 2010) and temperature (R. Wu et al. 2010;

Hu et al. 2011). Because of the harmful impacts of the

HTEs, it is necessary to investigate whether the re-

lationship between ENSO and China HTEs has experi-

enced decadal changes. Such decadal change is relevant

to the prediction and mitigation of the high temperature

disaster.

The primary focus of this study is to document the

decadal change in the relationship between ENSO

and China HTEs and its possible mechanisms. This

paper is organized as follows: The datasets are de-

scribed in section 2. The observational evidence for

the decadal change in the relationship between China

HTE and ENSO is shown in section 3. The possible

mechanism for the decadal change is analyzed in

sections 4–6. A summary of the results is provided in

section 7.

2. Data

The China daily maximum surface temperature used

in this study is from an updated homogenized daily

maximum and minimum temperature dataset for 549

Chinese stations during 1960–2008 (Li and Yan 2009).

This dataset was developed using the multiple analysis

of series for homogenization software package, which

can be used to detect all the major breakpoints caused

by nonnatural changes in the long time series and

meanwhile make adjustments to homogenize the whole

dataset. Following Zhai et al. (1999), we define a hot day

when the maximum temperature exceeds 358C in this

study. We also adopted the relative value criteria to

define the hot days when the maximum temperature

exceeds the 90th or 95th percentile; the results (figure

not shown) are the same as those based on the absolute

value criterion.

The monthly mean global SST dataset used in this

study is the Hadley Centre Sea Ice and Sea Surface

Temperature dataset (HadISST1; Rayner et al.

2003). This SST dataset (resolution of 18 3 18) is

available from 1870 forward. A Niño-3 SST index was

constructed by averaging the December–February

(DJF) SSTs over the domain of 58S–58N, 908–1508W.

The monthly mean winds, vertical velocity, height

fields, and streamfunction fields are derived from

the National Centers for Environmental Prediction–

National Center for Atmospheric Research (NCEP–

NCAR) atmospheric reanalysis with a resolution of 2.58 3
2.58, which is available from 1948 forward (Kalnay et al.

1996).

The present study mainly focuses on the period 1960–

2008 in view of the availability of the China daily max-

imum surface temperature data. A linear trend was

subtracted from raw anomalies to remove long-time-

scale variations.

3. Decadal change in the relationship between
August SYRV HTEs and ENSO

Figure 1 shows the correlation of hot-day numbers in

summer months with preceding winter [DJF(0)] Niño-3

index during 1960–2008. In June, a weak negative cor-

relation is seen in the eastern part of China and a weak

positive correlation is seen in most of northwest China

(Fig. 1a). In July, the correlation is still weak (Fig. 1b),

but the pattern is obviously different than that in June.

There is a positive correlation in the southern and

eastern parts of China and a negative correlation in

northeast China and the western part of central China.

In August, the positive correlation in the SYRV and

the coastal region of eastern China reaches the 95%

confidence level, with the maximum coefficient ex-

ceeding 0.3 (Fig. 1c). Among these 3 months, it is ob-

vious that the relationship between ENSO and China

HTEs is most significant in August. Therefore, we

mainly focus on the influence of ENSO on August

China HTEs in this study.
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To further delineate the relationship between the

August HTEs over China and ENSO, we perform a

singular value decomposition (SVD) analysis on August

hot-day numbers over China and DJF(0) tropical Pacific

(308S–308N, 908E–808W) SST from 1960 to 2008. As

shown in Fig. 2, the leading homogeneous SVD mode is

characterized by El Niño–like SST anomalies in the

tropical Pacific in the preceding winter and more than

normal hot-day anomalies over the SYRV in August.

This mode accounts for 77% of the total squared co-

variance. The correlation coefficient between the time

series of the corresponding leading SVD modes of DJF

(0) SST and August HTEs is 0.42 for the 49-yr period,

exceeding the 95% confidence level. The result suggests

that the August hot-day numbers in the SYRV region

are above (below) normal during El Niño (La Niña)

decaying years.

However, the relationship between the August

HTEs and ENSO are unstable during the analysis pe-

riod. This is demonstrated in Fig. 3a, which displays

the 15-yr sliding correlation between the time series

of the leading SVD mode for China August HTEs

(HTE_PC1) and for DJF(0) SST (SST_PC1). For a

15-yr period, correlation coefficients of 0.44 and 0.64

are significant at the 90% and 99% confidence levels,

respectively, according to Student’s t test. During the

1960s through the 1980s, the correlation is weak. Dur-

ing the 1990s, the correlation is significant, exceeding

the 99% confidence level. A notable increase in the

sliding correlation is observed during the late 1980s.

Using the Mann–Kendall method (Mann 1945), we

identified 1987 as the point of abrupt change in the

sliding correlation. Thus, we choose 1966–86 and 1988–

2008 as the two subperiods in the following analyses.

The correlation coefficient between HTE_PC1 and

SST_PC1 is 0.26 and 0.68 for 1966–86 and 1988–2008,

respectively. Since the HTE_PC1 and SST_PC1 rep-

resent the variation of August HTEs in China and

ENSO, the above change in the correlation suggests

that the relationship between the ENSO and August

HTEs in the SYRV region have strengthened since

the late 1980s. Indeed, the 15-yr sliding correlation be-

tween the area mean number of hot days over the SYRV

in August and DJF(0) Niño-3 index shows an obvious

increase in the late 1980s (dashed line in Fig. 3a).

FIG. 1. Correlation of the DJF(0) Niño-3 index with the number

of hot days in (a) June, (b) July, and (c) August from 1960 to 2008.

The solid lines represent positive correlation, the dashed lines

 
represent negative correlation, and the line interval is 0.1 in cor-

relation. The shaded areas denote correlation reaching the 95%

confidence level. The small inset map denotes the region of South

China Sea.
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The decadal change in the relationship between

ENSO and August HTEs in China is further con-

firmed by the correlation of the August hot-day num-

bers over China with the DJF(0) Niño-3 index during

the two subperiods (Fig. 4). Apparently, the distribu-

tion of correlation coefficient is remarkably different

between the two subperiods. During 1966–86, the

correlation is weak in the SYRV region. During 1988–

2008, significant positive correlation appears in the

SYRV region with the maximum correlation coefficient

around 0.6.

4. The possible reasons for the decadal change in
the relationship between August SYRV HTEs
and ENSO

This section investigates the possible reasons for the

decadal change in the relationship between August SYRV

HTEs and ENSO. First, we document the ENSO-related

atmosphere circulation and its change. Then, we discuss

the possible reasons for the decadal change in the ENSO-

related circulation anomalies. Finally, we investigate the

low-level atmospheric warming that resulted from circu-

lation anomalies and its impact on August SYRV HTEs.

a. Change in the ENSO-related circulation anomalies
over SYRV in August

To understand the connection from ENSO to the

NWP and East Asia circulation and its change, we show

in Fig. 5 the regressions of 200-hPa winds (top panels),

500-hPa vertical velocity (middle panels), and 850-hPa

winds (bottom panels) in August with a normalized DJF

(0) Niño-3 index. During 1966–86, at 850 hPa, there is an

anomalous anticyclone over NWP, an anomalous cy-

clone over midlatitudes extending from Japan to the

North Pacific, and an anomalous anticyclone over high

latitudes, featuring a meridional wave pattern over

NWP. Over the tropical western Pacific, there are east-

erly anomalies. At 200 hPa, the wind anomalies display

a zonal wave structure over the midlatitudes with an

FIG. 2. The first leading SVD homogeneous modes (contours; shading denotes the 95% confidence level) of (top

right) the preceding winter SST over Pacific and (top left) the number of hot days in August over China and

(bottom) the normalized time series of the first leading SVD mode. The SVD analysis is based on the data from

1960 to 2008. The small inset map denotes the region of South China Sea.
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anomalous cyclone over China. Over the tropical west-

ern Pacific, there are westerly anomalies. The 500-hPa

vertical motions display a meridional wave pattern over

NWP, consistent with the 850-hPa wind anomalies.

Anomalous ascending motion dominates over the tropi-

cal Indian Ocean, with maximum anomalous ascent over

the western and equatorial Indian Ocean.

During 1988–2008, at 850 hPa, the wind anomalies

over the NWP and East Asia feature an anomalous

anticyclone over the subtropical NWP through eastern

China and an anomalous cyclone over midlatitudes ex-

tending from northeast China to Japan. At 200 hPa,

the wind anomalies have a large zonal extension in

midlatitudes, with significant westerly anomalies along

408N and easterly anomalies along 208N and 508–
608N, an anomalous anticyclone over the subtropics.

These features indicate that the South Asia high and

the East Asia subtropical jet are strengthened, which is

consistent with previous studies (Huang et al. 2011; Qu

and Huang 2012a). Over the tropical western Pacific,

there exist westerly anomalies. The 500-hPa vertical

motions feature a dipole structure over East Asia and

the NWP, with significant descending motions extending

from the northern part of the Indochinese peninsula to

the East China Sea and ascending motions over the

middle latitudes of East Asia. Over the tropical Indian

Ocean, anomalous ascending motion is present over the

eastern and central tropical Indian Ocean.

The ENSO-related circulation anomalies show several

important differences between the two subperiods. First,

the upper-level wind anomalies are zonally elongated in

1988–2008 but feature a zonal wave structure in 1966–86.

Second, the low-level anticyclonic wind anomalies over the

NWP and East Asia shift northward and westward in 1988–

2008 relative to those in 1966–86. Third, there are signifi-

cant anomalous descending motions over South China

and the East China Sea in 1988–2008, but anomalous

vertical motion is weak in the above regions in 1966–86.

Fourth, anomalous ascending motions over the tropical

FIG. 3. (a) The 15-yr sliding correlation between the HTE_PC1

(time series of first leading SVD mode for HTEs) and SST_PC1 (time

series of first leading SVD mode for SST; solid line) and between the

DJF(0) Niño-3 index and the area mean number of hot days over

SYRV (258–318N, 1128–1228E) in August (dashed line); the dotted

horizontal lines denote the 95% and 99% confidence levels, respec-

tively. (b) The Mann–Kendall test for 15-yr sliding correlation be-

tween HTE_PC1 and SST_PC1; the dotted horizontal lines represent

the 95% and 99.9% confidence levels of the Mann–Kendall test.

FIG. 4. Correlation of the DJF(0) Niño-3 index with the August hot-day numbers during (a) 1966–86 and (b)

1988–2008. The solid lines represent positive correlation, the dashed lines represent negative correlation, and the line

interval is 0.1 in correlation. The shaded areas denote correlation reaching the 95% confidence level. The small inset

map denotes the region of South China Sea.
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Indian Ocean shifted eastward from the former period to

the latter period. Focusing on the SYRV, this region is

located to the north side of low-level anomalous anticy-

clone and under the upper-level westerly anomalies in the

former period but is located on the west side of the low-

level anomalous anticyclone and under the influence of

upper-level anomalous easterlies in the latter period.

Moreover, anomalous descending motion over the SYRV

is stronger in the latter period than in the former period.

b. The reasons for decadal change in ENSO-related
circulation anomalies over SYRV in August

Figure 6 shows the correlation of August SST and

tropospheric (850–200-hPa mean) temperature with the

DJF(0) Niño-3 index. During 1966–86, a positive SST

correlation is seen over the southwest tropical Indian

Ocean, the equatorial central Indian Ocean, and the

South China Sea (SCS). The tropospheric temperature

correlation displays a Matsuno–Gill (Matsuno 1966; Gill

1980) pattern with the maximum correlation over

the eastern tropical Indian Ocean. This suggests that

equatorial central Indian Ocean SST anomalies are the

important forcing for atmospheric circulation. During

1988–2008, positive SST correlation is mainly distrib-

uted in the north Indian Ocean and the South China Sea.

The maximum positive correlation for tropospheric

temperature is located over the north Indian Ocean,

South Asia, and the equatorial western Pacific, which

agree remarkably well with the theoretical solution

corresponding to heating to the north of the equator in

Gill (1980). This suggests that the north Indian Ocean

SST anomalies play an important role in this period.

It is noted that a Kelvin wave wedge penetrates to the

western Pacific along the equator in both periods

(Fig. 6), which could induce a low-level anticyclone over

the NWP (Fig. 5) according to Xie et al. (2009). Wu et al.

(2010) demonstrated that the Indian Ocean–induced

NWP anomalous anticyclone developed around the lo-

cation of monsoon trough. However, the anticyclonic

wind anomalies extend westward in 1988–2008 relative

to 1966–86. This is possibly because of anomalous de-

scending motion over the East China Sea and southeast

FIG. 5. Observed anomalies of 200-hPa winds, 500-hPa vertical velocity (350), and 850-hPa winds obtained by

regression on the normalized DJF(0) Niño-3 index for (left) 1966–86 and (right) 1988–2008. The wind scale is shown

at the top of the panels. The rectangles represent the region of the SYRV. Shading denotes the 95% confidence level.
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China that could lead to low-level anticyclonic wind

anomalies through divergence. The descending motion

over the East China Sea and southeast China is possibly

caused by upper easterly anomalies, which will be dis-

cussed later.

As the SST forcing has moved from the equatorial

central Indian Ocean in the former period to the north

Indian Ocean in the latter period, the response of at-

mospheric circulation has changed. Over the subtropical

areas to the north of the Indian Ocean, the correlation

for tropospheric temperature is more significant in

1988–2008 than in 1966–86. This indicates that the north

Indian Ocean forcing poses a larger impact on the South

Asia high than the equatorial central Indian Ocean

forcing. The results are consistent with Qu and Huang

(2012b), who identified that the north Indian Ocean SST

plays an important role in strengthening the South Asia

high. Thus, the ENSO-related South Asia high anomalies

in 1988–2008 are more obvious than in 1966–86 (Fig. 5)

and SYRV is controlled by westerly anomalies in August

during the El Niño decaying phase in later period.

Figure 7 shows the correlations of 200-hPa stream-

function in August with the DJF(0) Niño-3 index and

the wave-activity fluxes based on the regression of the

200-hPa winds on DJF(0) Niño-3 index for the two

subperiods. The wave-activity flux, defined by Takaya

and Nakamura (2001), is independent of wave phase

and parallel to the local group velocity of stationary

Rossby waves. During 1969–86, there exist notable

wave-activity fluxes over the midlatitudes, which lead to

zonal wave structure in the streamfunction correlation

distribution from the Caspian Sea to the NWP, with

negative correlations over the eastern part of the Asian

continent. The wave pattern is similar to the circumglobal

teleconnection identified by Ding and Wang (2005).

During 1988–2008, the midlatitude wave-activity fluxes

are weak; thus, the streamfunction correlation pattern is

zonally elongated over the midlatitudes.

The different response of midlatitude wave activities to

ENSO may be related to the change in ENSO-induced

tropical Indian Ocean SST anomalies. According to Gill

(1980), there exist Rossby wave tails in the west of

tropical heating. Thus, the significant positive correla-

tion of tropospheric temperature over the northwest

Indian Ocean in both periods is related to the Rossby

wave–type response. However, the tropospheric temper-

ature anomalies over the northwest Indian Ocean extend

farther northward and westward in the former period than

in the latter period, possibly because the Rossby wave

response to the equatorial central Indian Ocean SST

anomalies during 1966–86 is stronger than that to the

north Indian Ocean SST anomalies during 1988–2008.

Consistent with tropospheric temperature anomalies,

the ascending motions (Fig. 5) over the Arabian Sea are

stronger in 1966–86 than in 1988–2008. Therefore, the

ENSO-related midlatitude wave activities are stronger

in the former period than in the latter period and SYRV

is controlled by westerly anomalies located to the south

part of anomalous cyclone over eastern China during the

El Niño decaying phase.

Why is the distribution of August SST anomalies in

the tropical Indian Ocean in the El Niño decaying year

different in the two periods? Previous studies show that

tropical Indian Ocean (TIO) warming is triggered by El

Niño through an atmospheric bridge (Klein et al. 1999)

and maintained by the local ocean–atmosphere in-

teraction (Du et al. 2009). Figures 8a,b show the ob-

served correlations with the DJF(0) Niño-3.4 SST index

of SST and 850-hPa wind averaged zonally over the TIO

(408–1008E). In the north Indian Ocean, El Niño–

induced SST warming persists longer during 1988–2008

than 1966–86, with the correlation staying above 0.6 in

August in the latter period but falling below 0.5 in the

former period. By contrast, El Niño–induced SST

FIG. 6. Correlation of August SST (colors) and tropospheric

temperature (vertical average from 850 to 200 hPa; contours for

correlation $0.4) with the DJF(0) Niño-3 index during (a) 1966–86

and (b) 1988–2008.
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warming in the south and equatorial Indian Ocean

persists longer during 1966–86 than 1988–2008. During

1988–2008, an equatorially antisymmetric wind pattern

develops in April and persists through August. Over the

north Indian Ocean, the associated easterly wind

anomalies act to warm SST after the onset of the southwest

monsoon by reducing the prevailing winds and surface

evaporation. During 1966–86, the antisymmetric wind pat-

tern does not appear in spring, and the easterly wind

anomalies are weak afterward over the north Indian Ocean,

where SST anomalies decay rapidly, whereas strong west-

erly wind anomalies develop over the tropical south Indian

Ocean, forming anticyclonic wind shear anomalies along

their south flank, which may warm the tropical south Indian

Ocean through triggering downwelling ocean Rossby

waves. Thus, the change of El Niño–induced TIO SST

anomalies from the former to the latter period possibly due

to air–sea interaction in tropical Indian Ocean has experi-

enced a decadal change in the late 1980s.

c. The ENSO-related adiabatic warming over SYRV
in August

Since the air temperature over the Asian continent

is higher than the neighboring oceanic regions, the

ENSO-related upper-level easterly anomalies over the

eastern part of China could lead to cold horizontal

temperature advection. According to the omega equa-

tion, the cold horizontal temperature advection is con-

ductive to descending motion. Indeed, the 200-hPa

easterly belt is accompanied by anomalous descent at

500 hPa extending from the East China Sea to the

northern part of the Indochinese peninsula during 1988–

2008 (Fig. 5, right). Figure 9 shows the correlation of

upper-level (400–200-hPa vertical average) vertical

temperature advection and horizontal temperature

advection in August with the DJF(0) Niño-3 index

during the two subperiods. We average the advection for

400–200 hPa because the pattern of ENSO-related cir-

culation anomalies is similar at these levels. During 1988–

2008, there exists obvious cold temperature horizontal

advection along 258–308N, extending from southwest

China to the East China Sea. Correspondingly, adiabatic

warming predominates along this belt. During 1966–86,

by contrast, the horizontal temperature advection is weak,

as is the vertical advection in the eastern part of China.

Thus, the decadal change in descending motion over

SYRV is possibly caused by the change in upper-level

wind anomaly from westerly to easterly in the late 1980s.

FIG. 7. Correlation of 200-hPa streamfunction (contours) in August with the DJF(0) Niño-3

index during (a) 1966–86 and (b) 1988–2008. The vectors show wave-activity fluxes for sta-

tionary Rossby wave based on the regression of 200-hPa winds on the normalized DJF(0) Niño-

3 index. The rectangles represent the region of the SYRV.
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Overall, El Niño–related north Indian Ocean warm-

ing during 1988–2008 leads to the strengthening and

eastward extension of the South Asia high, and El Niño–

related equatorial central Indian Ocean warming during

1966–86 induces an upper-level anomalous anticyclone

over China through a midlatitude wave pattern. Thus,

the SYRV is controlled by westerly anomalies in August

during the El Niño decaying phase in the former period

but by easterly anomalies in the latter period. The easterly

anomalies could lead to descending motion over SYRV

through cold horizontal temperature advection in the

latter period. In addition, both the north Indian Ocean

warming and equatorial central Indian Ocean warming

can induce an anomalous anticyclone over the NWP

through a Kelvin wave–type response and the NWP an-

ticyclone extends westward possibly because of descend-

ing motion over the East China Sea and southeast China.

To further demonstrate the role of descent-related

adiabatic warming, we perform a heat budget analysis.

According to the atmospheric temperature tendency

equation, the temperature anomalies are caused by

atmospheric adiabatic and diabatic heating. Following

the study of Yanai et al. (1973), we used the atmospheric

apparent heat source Q1 to represent the total diabatic

heating (including radiation, latent heating, and surface

heat flux),

Q1 5Cp

›T

›t
2Cp(vs2V � $T) , (1)

where Cp denotes the specific heat at constant pressure,

T denotes the temperature, t denotes the time,v denotes

the vertical p velocity, s5 (RT/CpP)2 (›T/›P) de-

notes the static stability, R denotes the gas constant,

p denotes the pressure, V denotes the horizontal velocity

vector, and $ denotes the horizontal gradient operator.

Figures 10 and 11 show the correlation of August low-

level (vertical average from 1000 to 850 hPa) temperature

anomalies Ta, temperature vertical advection V_adv,

temperature horizontal advection H_adv, and Q1 with

the DJF(0) Niño-3 index during 1966–86 and 1988–2008,

respectively. The contrast between the ENSO-related

FIG. 8. Observed correlation (contours) between zonal-mean tropical Indian Ocean SST

(408–1008E) and the DJF(0) Niño-3 index and the regression (vector) of zonal-mean 850-hPa

wind upon the Niño-3 index during (a) 1966–86 and (b) 1988–2008, as a function of calendar

month and latitude.
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low-level temperature anomalies and atmospheric

heating between the two subperiods is remarkable, es-

pecially over the SYRV.

During 1966–86, the most significant positive corre-

lation for low-level air temperature is distributed in the

Indochinese peninsula, the South China Sea, and the

subtropical NWP. Thus, a low-level warm zone extends

from the Indochinese peninsula to the subtropical NWP

in August during El Niño decaying years. The contribu-

tion of different heating processes to low-level air tem-

perature anomalies are investigated through discussing

whether the correlation for Ta is of the same sign as or

opposite to the correlation for each heating process. The

heating processes positively contribute to the low-level

temperature anomalies where the correlation has the

same sign. In this way, we identified that temperature

anomalies over the eastern SCS and NWP are mainly

contributed by the temperature vertical advection, the

temperature anomalies over the Indochinese peninsula

are mainly contributed by the temperature horizontal

advection, and the temperature anomalies in the tropi-

cal western Pacific and the SCS are mainly contributed

by the diabatic heating.

During 1988–2008, the area with significant correla-

tion for Ta extends farther northward when compared

with the period 1966–86. Beside the warm belt from the

Indochinese peninsula to the subtropical NWP, there

also exists a warm belt from eastern China to the East

China Sea during El Niño decaying years. The correla-

tion for V_adv is significant and positive over eastern

FIG. 9. Correlation of August upper-level (vertical average from 400 to 200 hPa) horizontal temperature advection

H_adv and vertical temperature advection V_adv with the DJF(0) Niño-3 index during (left) 1966–86 and (right)

1988–2008. The shades denote 95% confidence level. The rectangles represent the region of the SYRV.
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China and the East China Sea, but that for H_adv and

Q1 is negative in the above regions. This indicates that

the warm belt from eastern China to the East China Sea

mainly results from descent-induced warming. Focusing

on the SYRV, the correlation for V_adv is significant

and positive in most part of this region, the correlation

for H_adv is negative in this region, and the correla-

tion forQ1 is weak in most part of this region. Therefore,

the ENSO-related August low-level air temperature

anomalies over SYRV are mainly contributed by verti-

cal temperature advection during 1988–2008. Previous

study suggests that the change of hot-day numbers and

mean temperature are consistent. Therefore, the August

SYRV hot-day numbers are expected to be above nor-

mal (below normal) during the El Niño (La Niña) de-

caying year in the latter period but are not linearly

related to ENSO in the former period.

5. Model studies

This section uses atmospheric general circulation

model (GCM) experiments to test the hypothesis that

FIG. 10. Correlation of low-level (vertical average from 1000 to 850 hPa) (a) air temperature, (b) vertical tem-

perature advection, (c) horizontal temperature advection, and (d) atmospheric apparent heat source with the DJF(0)

Niño-3 index during 1966–86. The solid lines represent positive correlation, the dashed lines represent negative

correlation, and the line interval is 0.1 in correlation. The rectangles represent the region of the SYRV. Shading

denotes the 95% confidence level.
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the change of ENSO-related circulation anomalies

over East Asia from the former period to the latter

period is caused by different SST anomalies over the

Indian Ocean. The atmospheric GCM used in this

study is the ECHAM5.4, the latest Hamburg version

of the European Centre for Medium-Range Weather

Forecasts (ECMWF) model. Documentation of vari-

ous aspects of this model may be found in Roeckner

et al. (2003). We use a version with triangular trun-

cation at zonal wavenumber 63 (T63; equivalent to

1.98 horizontal resolution) and 19 sigma levels in the

vertical.

The following three experiments have been per-

formed using the above atmospheric GCM in this study:

control experiment EXP_CTL and sensitivity experi-

ments EXP_PRE and EXP_POST. In the EXP_CTL

run, the model is forced with observed monthly clima-

tology of SST and sea ice. In the EXP_PRE run, SST

anomalies (shown in Fig. 12a) have been added to the

tropical Indian Ocean, which are twice the regression of

FIG. 11. Correlation of low-level (vertical average from 1000 to 850 hPa) (a) air temperature, (b) vertical tem-

perature advection, (c) horizontal temperature advection, and (d) atmospheric apparent heat source with the DJF(0)

Niño-3 index during 1988–2008. The solid lines represent positive correlation, the dashed lines represent negative

correlation, and the line interval is 0.1 in correlation. The rectangles represent the region of the SYRV. Shading

denotes the 95% confidence level.
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August SST on normalized DJF(0) Niño-3.4 index in

1966–86. In the EXP_POST run, the imposed SST

anomalies (shown in Fig. 12b) are calculated the same

way as the EXP_PRE run, except for basing on the data

in 1988–2008. All the three experiments are run for

15 yr.

Figures 12c,d show anomalies of August 500-hPa

vertical motions in EXP_PRE and EXP_POST, which

are obtained by subtracting the corresponding clima-

tology in the EXP_CTL run. All the analyses are based

on 15-yr ensemble means. In the EXP_PRE run, there

are ascent motion anomalies over much of the western

and central Indian Ocean, and descent motion anoma-

lies over the equatorial Indian Ocean, north Indian

Ocean, and eastern Indian Ocean. Over the northwest

Pacific, there are weak descent motion anomalies over

the subtropical region and a weak ascent motion belt

from South China to North Korea. In the EXP_POST

run, there are ascent motion anomalies over much of the

eastern Indian Ocean and the regions around the Indian

subcontinent and descent motion anomalies over the

equatorial central Indian Ocean. Over the northwest

Pacific, there are descent motion anomalies around the

Philippine Islands and a weak descent motion belt in the

latitude around 308N. Focusing on the SYRV regions,

there are descent motion anomalies in the EXP_POST

run but weak vertical motion anomalies in the EXP_PRE

run, consistent with observations (Fig. 5).

Furthermore, we examine the 200- and 850-hPa wind

anomalies and tropospheric vertical average tempera-

ture anomalies in the EXP_PRE and EXP_POST runs

(Fig. 13). In the EXP_PRE run, at 200 hPa, there are

westerly wind anomalies over the eastern Indian Ocean

and equatorial western Pacific, easterly wind anomalies

over the western Indian Ocean and Africa, and zonal

wave structure wind anomalies over the midlatitudes,

with an anomalous cyclone over China. At 850 hPa,

there are easterly wind anomalies over the western Pa-

cific and eastern Indian Ocean, westerly anomalies over

the western Indian Ocean and Africa, and anticyclone

anomalies over the northwest Pacific with the center

over the east of Japan. Consistent with wind anomalies,

the tropospheric temperature anomalies display a Mat-

suno–Gill pattern over the tropical Indian Ocean, with

a head penetrating into the western Pacific. Compared

with the observations in 1966–86 (Figs. 5, 6), the

FIG. 12. Anomalies of (top) SST and (bottom) 500-hPa vertical velocity (325) in the (a),(c) EXP_PRE and (b),(d)

EXP_POST atmospheric GCM runs obtained by subtracting the corresponding climatology in the EXP_CTL run.
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ensemble mean of EXP_PRE simulations can capture

the Matsuno–Gill pattern circulation anomalies over

TIO, the 200-hPa zonal wave structure wind anomalies

over midlatitudes, and the 850-hPa anticyclone anoma-

lies over NWP.

In the EXP_POST run, the model captures the main

character of the observed El Niño–related circulation

anomalies during 1988–2008. At 200 hPa, there are

westerly wind anomalies over the Maritime Continent

and easterly wind anomalies over the western Indian

Ocean and Africa. Over East Asia, the 200-hPa wind

anomalies display anticyclone anomalies that extend

from China to Japan, suggesting that the South Asia

high is enhanced. At 850 hPa, there are easterly wind

anomalies extending from the equatorial western Pacific

to the Arabian Sea, westerly wind anomalies over the

western Indian Ocean, and anticyclone anomalies over

NWP extending from the eastern part of China to the

central Pacific. There are warm tropospheric tempera-

ture anomalies over the tropical Indian Ocean, featuring

a Matsuno–Gill pattern, and a warm tongue extending

from the Indian Ocean to east China, possibly caused by

north Indian Ocean heating. Over the region of SYRV,

there are 200-hPa easterly wind anomalies, which is in

favor of descent motions.

Overall, although there are some differences between

simulations and observations in detail, the ensemble

means of the EXP_PRE and EXP_POST experiments

can capture the main character of observed August

circulation anomalies over the tropical Indian Ocean,

NWP, and East Asia during El Niño decaying years in

1966–86 and 1988–2008, respectively. The results con-

firm that the decadal change of ENSO-related circula-

tion anomalies over East Asia in the late 1980s is partly

caused by the different response of Indian Ocean SST

anomalies to ENSO in two subperiods.

6. The possible factors for August SYRV HTE
anomalies before the late 1980s

The previous section suggests that the impact of

ENSO on the August SYRV HTEs is weak before the

late 1980s. To address the plausible causes of August

SYRV HTEs anomalies before the late 1980s, we

FIG. 13. Anomalies of August wind velocity (m s21; vectors) at 200- and 850-hPa winds and tropospheric tem-

perature (vertical average from 850 to 200 hPa) in the EXP_PRE and EXP_POST atmospheric GCM runs by

subtracting the EXP_CTL atmospheric GCM run. Shading denotes the 95% confidence level. The rectangles rep-

resent the region of the SYRV.
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investigate the distribution of circulation, wave activi-

ties, and SST anomalies associated with late summer

SYRV HTE variation in 1966–86.

Figures 14a–c show the August geopotential height

correlations with PC1 of the HTE SVD mode at 200,

500, and 850 hPa and their associated wave-activity

fluxes during 1966–86. Significant correlations are con-

fined to the midlatitudes, featuring wave structure with

alternating positive and negative anomalies at all levels.

Over the Asian continent, the above normal HTEs in

the SYRV region correspond to high pressure anomalies

over the eastern part of China, low pressure anomalies

around the Lake of Baikal, and high pressure anoma-

lies over the Urals. The significant positive correlations

over SYRV suggest that this region is vulnerable to

HTEs when they are controlled by high anomalies.

Consistent with the geopotential height anomalies, there

exist wave-activity fluxes from the Eurasian continent

to the region around SYRV. This indicates that the high

anomalies over SYRV are partly affected by midlatitude

and high-latitude wave-activity anomalies in this period.

Moreover, there are no obvious lead–lag correlations

between tropical SST and HTE_PC1 (figure not shown),

suggesting that the August SYRV HTEs are not linearly

related to tropical SST forcing in this period. Thus, the

August SYRV HTEs anomalies are possibly caused by

the atmospheric internal wave activities.

7. Summary and discussion

The relationship of interannual variations of the

August SYRV hot-day number with ENSO experienced

an obvious change in the late 1980s. After the late 1980s,

the August SYRV hot-day number tends to be more

(less) than normal during the El Niño (La Niña) decay-

ing year, whereas before the late 1980s the relationship

is weak. Present analysis shows that the decadal change

in the relationship possibly results from the change in

ENSO-related East Asia circulation anomalies. After

the late 1980s, the descending motion over SYRV is

significant in August during El Niño decaying years,

whereas before the late 1980s the vertical motion over

SYRV is weak. Therefore, the SYRV is controlled by El

Niño–related adiabatic warming during the 1989–2008,

which in turn leads to above normal hot days in this

region. This may be the reason that the relation between

ENSO and August SYRV HTEs is strengthened after

the late 1980s.

The change in ENSO-related circulation anomalies

may be attributed to the differences of El Niño–induced

tropical Indian Ocean SST anomalies between the two

periods. A previous study shows that El Niño–induced

tropical Indian Ocean warming can persist to boreal

summer (Du et al. 2009). However, the detailed distri-

bution of August SST anomalies in the tropical Indian

Ocean in the El Niño decaying year are different in the

two periods. During 1966–86, El Niño–related SST

anomalies are mainly distributed in the equatorial cen-

tral and southwest Indian Ocean, which lead to as-

cending motion over the Arabian Sea. The ascending

motion over the above region excites midlatitude wave

activities, leading to an anomalous cyclone over China.

Thus, the SYRV is controlled by upper-level westerly

anomalies in the period of 1966–86. During 1988–2008,

the SST anomalies are mainly distributed in the eastern

and north Indian Ocean, and the ascending motion

over the Arabian Sea is weak. Thus, the midlatitude

wave activities are weak. Moreover, the South Asia

FIG. 14. Correlation of geopotential height (contours) at 200,

500, and 850 hPa with HTE_PC1 (time series of first leading SVD

mode for HTEs) during 1966–86. The vectors show wave-activity

flux for stationary Rossby wave based on the regression of August

winds on the normalized DJF(0) Niño-3 index. Shading denotes

correlation reaching the 95% confidence level.
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high is strengthened possibly because of the north In-

dian Ocean warming. Therefore, the SYRV is con-

trolled by upper-level easterlies during 1988–2008.

According to the omega equation, the cold horizontal

temperature advection resulted from easterlies over

east China is conductive to descending motion. There-

fore, the ENSO-related descending motion over SYRV

is stronger in the latter period than in the former

period.

Moreover, we find that the August SYRV HTE

anomalies in the former period are closely related to

midlatitude and high-latitude wave-activity anomalies

but are not significantly related to tropical SST forcing.

Thus, the August SYRV HTEs in the former period are

possibly caused by atmospheric internal variation.

This study mainly focused on the change in ENSO-

related tropical Indian Ocean SST anomalies and im-

pacts on the relationship between ENSO and the August

SYRV HTE anomalies. Previous studies indicated that

the mean state of summer climate in China and NWP

has experienced a decadal change in the late 1980s. For

example, the western Pacific subtropical high extended

westward after the late 1980s (Zhang et al. 2008).

Whether the decadal change in the relationship between

ENSO and the August SYRV HTE anomalies is related

to the decadal change in the mean circulation deserves

further study in the future.
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Abstract By comparing correlation of sea surface tempera-
ture (SST) and vertical circulation with canonical El Niño and
El NiñoModoki, we find that El NiñoModoki has an effect on
the Indian Ocean different from traditional El Niño. There
exists obvious Indian Ocean basin mode (IOBM) after canon-
ical El Niño, while insignificant SST anomalies exist in the
Indian Ocean after El Niño Modoki. Anomalous downdraft
and updraft appear over the eastern and western Indian Ocean,
respectively, during canonical El Niño, while anomalous up-
draft is weak over the Indian Ocean during El Niño Modoki.
Besides, the strength of El Niño Modoki is slightly weaker
than that of canonical El Niño. According to previous studies,
two mechanisms can explain IOBM after canonical El Niño:
tropospheric temperature (TT) mechanism and ocean dynam-
ics. However, both of them do not exist during El Niño
Modoki. Comparing with the complicated oceanic processes,
it is convenient to verify the observed TT anomalies and test
the possible mechanism using the simple model. Therefore,
we pay more attention on the question why TT mechanism

does not work during El Niño Modoki. Using a linear
barocinic model (LBM), we demonstrate that the strength of
SST anomalies and cold SST anomalies in the eastern Pacific
have an influence on TT anomalies. Especially, cold SST
anomalies in the eastern Pacific cancel the effects of warm
SST anomalies in the central Pacific on TT anomalies. It
suggests that the SST anomalies in the eastern Pacific are
important for the TT mechanism in two types of El Niño.

1 Introduction

The interannual sea surface temperature (SST) variation in the
Indian Ocean exerts a substantial influence on the surrounding
regions. The first leading mode of the interannual Indian
Ocean SST variability features a basin-wide warming or
cooling, known as Indian Ocean Basin Mode (IOBM). When
the IOBM is in the warming state, warm tropospheric Kelvin
wave is triggered, which can contributes to the anomalous
anticyclone over the Northwest Pacific (NWP) via the "capac-
itor effect" (Xie et al. 2009), the meridional displacement of the
East Asian jet (EAJ) (Qu and Huang 2012b) and the intensity
of the South Asia high (SAH; Qu and Huang 2012a), and thus
affect the East Asian climate, including summer rainfall (Xie
et al. 2010), typhoon (Du et al. 2011), high temperature ex-
tremes (Hu et al. 2011, 2012a, b) and so on.

The Indian Ocean basin-wide warming generally develops
during thewinter when El Niñomatures, reaches its peak in the
following spring (Alexander et al. 2002; Lau and Nath 2003;
Schott et al. 2009), and persists into the summer (Du et al.
2009). Numerous studies have investigated the mechanisms
for the formation of basin-wide warming in the Indian Ocean.
Lau (1997) showed that El Niño-induced anomalous atmo-
spheric circulation can cause IOBM through reducing surface
evaporation and increasing incoming short wave radiation,
which is known as "atmospheric bridge" mechanism (Klein
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et al. 1999). The spread of tropospheric temperature (TT)
anomalies associated with the propagation of El Niño-induced
equatorial planetary waves from the eastern Pacific to the
remote Tropics is the important process in such atmospheric
bridge, which is also called the TT mechanism (Chiang and
Sobel 2002; Chiang and Lintner 2005). Klein et al. (1999)
reported that net surface heat flux anomalies can explain most
of the tropical Indian Ocean (TIO) warming, but the tropical
southwestern Indian Ocean (SWIO) is an exception, suggest-
ing that ocean dynamics is important there, which is further
proved in model study (Lau and Nath 2000). Masumoto and
Meyers (1998) reported that there are anticyclonic wind anom-
alies over the south TIO during the developing and mature
phases of El Niño, which cause the downwellingRossbywave.
The Rossby wave propagates to the SWIO where the thermo-
cline is shallow and the Rossby wave is responsible for the
SST rising there (Xie et al. 2002). After the warming of SWIO,
the SST anomalies there excite an equatorially antisymmetry
pattern of wind anomalies as a key to the IOBM persisting into
summer by reducing the prevailing southwest monsoon during
spring and so as to the latent heat flux (Du et al. 2009).

Recently, a new type of El Niño event has been reported
(literature). Comparing to canonical El Niño, the new type of
El Niño is characterized by warming in the central equatorial
Pacific and cooling in two sides — called El Niño Modoki.
Previous studies have examined the SST variability in the TIO
associated with canonical El Niño and El Niño Modoki
(Ashok et al. 2007; Chowdary and Gnanaseelan 2007; Wu
et al. 2012; Chakravorty et al. 2013), but very few studies
examined the difference between the influences of two types
of El Niño on the Indian Ocean SST. Besides, a better under-
standing of the influences of two types of El Niño on the
Indian Ocean is important for the prediction of the Indian
Ocean SST anomalies and the associated climate anomalies.
Therefore, two questions arise: one is what are the different
influences of two types of El Niño on the Indian Ocean SST?
The other is what mechanisms cause the differences?

The rest of the article is organized as follows. Section 2
describes the model, data and methods. Section 3 describes the
SSTanomaly pattern of canonical El Niño and El NiñoModoki,
and compares the different influences of two types of El Niños
on the Indian Ocean based on observations. Section 4 investi-
gates the possible mechanisms for the influences of two types of
El Niños on the Indian Ocean by using a Linear Baroclinic
Model (LBM). Section 5 presents a summary and discussions.

2 Model, data and methods

2.1 Model

The LBM described by Watanabe and Kimoto (2000) is used.
It is a global, time-dependent, primitive-equation model,

linearized about the observed climatology derived from the
National Centers for Environmental Prediction/National
Center for Atmospheric Research (NCEP–NCAR) reanalysis
for 1958–97. Its resolution is T21 in the horizontal and 20
sigma levels in the vertical. The model employs diffusion
(horizontal and vertical), Rayleigh friction, and Newtonian
damping. The latter two terms have a time scale of (1 day)−1

for σ ≥0.9 and σ ≤0.03, while (30 day)−1 is used elsewhere. In
this study, we use the dry version of the LBM forced by
diabatic heating anomalies, which should be proportional to
the observed precipitation anomalies. The horizontal shape of
the heating is elliptical and the heating is imposed on winter
(December, January, February [DJF]) mean state (from the
NCEP–NCAR reanalysis). The vertical heating profile is
gamma with a maximum heating at σ =0.45.

2.2 Data and analysis methods

In this study, the SST used here is from the Hadley Centre Sea
ICE and Sea Surface Temperature dataset (HadISST; Rayner
et al. 2003). It has a 1°×1° horizontal resolution and covers
the period from January 1870 to the present. Atmospheric
circulationmonthly data are from the NCEP/NCAR reanalysis
product (Kalnay et al. 1996). This dataset has a 2.5°×2.5°
horizontal resolution and extends from 1,000 to 10 hPa with
17 pressure levels in vertical. We also utilize the sea surface
height (SSH) data derived from the Simple Ocean Data
Assimilation (SODA) product for the period January 1958
through December 2008 on a 0.5°×0.5° grid (Carton et al.
2005; Carton and Giese 2008). The data in the present analysis
cover the period January 1951 to December 2010 except for
the SODA data that span the period from January 1958
through December 2008. The monthly mean climatology is
first calculated for the study period. Then, interannual anom-
alies are computed as the departure from this climatology. And
the linear trend has been removed from all the data.

Hereafter, any month in the El Niño onset year is
identified by suffix (0), whereas any month in the El
Niño decay year is identified by suffix (1). The IOBM
index is defined as SST anomalies averaged over the TIO
(40°–110°E, 20°S–20°N). The Niño3 index is defined as
SST anomalies averaged over the eastern equatorial Pacific
(5°S–5°N, 150°–90°W). And EMI index is defined as
EMI=[SSTa]A−0.5×[SSTa]B−0.5×[SSTa]C, where sub-
script A, B and C represent the area-averaged SST anom-
alies in region A (165°E–140°W, 10°S–10°N), B (110°W–
70°W, 15°S–5°N) and C (125°E–145°E, 10°S–20°N), re-
spectively (Ashok et al. 2007). We also use the statistical
methods such as empirical orthogonal function (EOF) anal-
ysis and correlation analysis. The significance levels for
correlation analysis are evaluated with the standard two-
tailed Student's t -test.
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3 Different influences of two types of El Niños
on the Indian Ocean

3.1 The leading two modes of tropical Pacific SST variability

The leading two EOFmodes of seasonal mean SSTanomalies
in the tropical Pacific region (20°S–20°N, 110°E–80°W) dur-
ing winter (DJF) are showed in Fig. 1. These two modes
contribute to 66.2 % and 9.4 % of total SST variance for the
period 1951 to 2010, respectively. The first EOF pattern
(Fig. 1a) is the canonical El Niño pattern (Rasmusson and
Carpenter 1982), and the second (Fig. 1b) shows the El Niño
Modoki, resembling the results of Ashok et al. (2007). The
variances explained by the first two EOF patterns are well
separated according to North et al. (1982), so it is convincible
that EOF1 and EOF2 represent different modes of tropical
Pacific SST variability. The time series of principal compo-
nents (PCs) corresponding to EOF1 and EOF2 are presented
in Fig. 1c and d. The correlation coefficients between PC1 and
Niño3 index, PC2 and EMI are very high, reaching 0.99 and
0.74, respectively. This indicates that EOF1 and EOF2 well
represent canonical El Niño and El Niño Modoki, respective-
ly. For convenience, we define PC1 as the canonical El Niño
index, and PC2 as the El Niño Modoki index.

3.2 The correlation of two types of El Niños with the Indian
Ocean

3.2.1 Characteristics of two types of El Niño

In order to better understand the relationship of two types of El
Niños with the Indian Ocean SST variations, we calculated the
correlation of various variables with PCs. Figure 2 presents the
correlation of SSTanomalies with PCs fromwinter to summer.
There is a substantial difference between the canonical El Niño

(Fig. 2a–c) and El NiñoModoki (Fig. 2d–f). Firstly, anomalous
SST distribution shows the different characteristics between
the canonical El Niño and El Niño Modoki in the equatorial
Pacific region. Secondly, the obvious IOBM follows the ca-
nonical El Niño, while insignificant SST anomalies are found
in the Indian Ocean after El Niño Modoki. Thirdly, the inten-
sity of El NiñoModoki is slightly weaker than that of canonical
El Niño, as is shown in Fig. 1a and b.

Anomalous Walker circulation responses display distinct
features when two types of El Niño occur (Fig. 3). The struc-
ture of vertical circulations during DJF (0) and MAM (March,
April, May) (1) is clear, while the structure during JJA (June,
July, August) (1) cannot be clearly distinguished. In the Pacific
region, typical anomalous Walker circulations are observed
during canonical El Niño with updraft over the central-
eastern Pacific and downdraft over the western Pacific
(Fig. 3a, b). The anomalous Walker circulations also show a
single cell pattern during El Niño Modoki; however, there is
updraft over the central Pacific and downdraft over the eastern
Pacific (Fig. 3d, e). Moreover, the downdraft over the western
Pacific is not clear comparing with the Fig. 7 of Weng et al.
(2009), which may be due to the different El Niño Modoki
indexes and statistical analysis methods. The biggest differ-
ences in two types of El Niños are in the position of updraft and
downdraft over the Pacific Ocean. Additionally, over the
Indian Ocean region, there are downdraft over the eastern
Indian Ocean and updraft over the western Indian Ocean
during canonical El Niño (Fig. 3a, b), while the overall weak
updraft over the Indian Ocean during El Niño Modoki
(Fig. 3d–f). These vertical motion differences can be linked
to SST anomalies in the different domain of the equatorial
Pacific through the Walker circulation. In turn, they lead to
different net surface heat flux variations and then different SST
variations over the remote ocean (Lau 1997; Goddard and
Graham 1999; Chiang et al. 2000; Chiang and Sobel 2002).

Fig. 1 The top two EOFmodes (upper panels, a and b) and corresponding principal components (bottom panels, c and d) for the tropical Pacific SSTa
(1951–2010) during boreal winter (DJF)
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3.2.2 TT mechanism

Free atmosphere of the tropical eastern Pacific warms with the
SST increase, and this is to be followed by consistent warming
throughout the tropical regions around the world in the fol-
lowing 1–2 months (Charney 1963; Wallace 1992; Sobel and
Bretherton 2000). Atmospheric wave is the most effective
way to spread the warm anomalies in free atmosphere (Su
et al. 2003), so TT mechanism is proposed afterward (Chiang
and Sobel 2002).

Chiang and Sobel (2002) indicate that the TTmechanism is
more or less theWalker circulation mechanism, just posed in a
different way from the "atmospheric bridge" mechanism.
Figure 4 presents lead–lag correlation of mean 1,000–
200 hPa TT with PC1. During the canonical El Niño, persis-
tent warming in the east Pacific, through convection and moist
adjustment, heats the whole tropospheric column there, and
forms the Matsuno–Gill pattern (Matsuno 1966; Gill 1980) in
TT. As time goes on, the warm pattern develops and extends
to the east by forcing the Kelvin wave eastward and affects the
climate of other remote regions. Figure 5 shows the same
correlation, except for PC2. A huge difference exists between
the TT responses to the canonical El Niño and the El Niño
Modoki. During the El Niño Modoki, both the strength and
range of the TT anomalies are weaker and less obvious than

those during the canonical El Niño. In addition to the small
range of weak TT anomalies over the central Pacific, there are
no apparent TT anomalies in other regions of the world, so
there are no obvious Kelvin wave characteristics.

Overall, during the canonical El Niño, there exist TT anom-
alies over the global tropical strip, so the TT mechanism works
and it is also one of the crucial factors for the responses of SST
anomalies in the Indian Ocean. In comparison, during the El
Niño Modoki, there do not exist apparent TT anomalies, so no
obvious impact can be detected on the Indian Ocean.
Conspicuously, TT anomalies are caused by abnormal SST in
the tropical Pacific, and they depend upon whether the anom-
alous SST pattern is that of canonical El Niño or El Niño
Modoki. In addition, the location and intensity of SST anoma-
lies are different in two types of El Niños, and El Niño Modoki
has cold SST anomalies in the eastern Pacific. Therefore, we
may ask if the location and intensity of SST anomalies or cold
SST anomalies in the eastern Pacific influence the formation of
TT anomalies, then influence the climate of the Indian Ocean.
We will use LBM to discuss these topics in Section 4.

3.2.3 Ocean dynamics

TT mechanism is on the view of atmosphere affecting ocean,
but in some regions of the ocean, oceanic processes play an

Fig. 2 Correlation of SST anomalies with PC1 during DJF (0), MAM (1), JJA (1) (left panels , a–c), and the same with PC2 (right panels, d–f). Dots
indicate that significant level reaches 95 %
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important role in the development of SST anomalies.
Klein et al. (1999) reported the absence of positive net
surface heat flux anomalies in the tropical SWIO near
Madagascar, suggesting that ocean dynamics is impor-
tant there. Thereafter, Xie et al. (2002) posed that there
was a westward-propagating downwelling Rossby wave
in the SWIO forced by the anomalous easterlies in the
equatorial Indian Ocean, which induces positive SST
anomalies there. This is another crucial factor for the
IOBM, so it is necessary to compare the differences
between the oceanic processes of two types of El Niños.

Figure 6 shows the lead–lag correlation of SSH (averaged
in 5°S–5°N) with PC1 and PC2 as a function of longitude and
calendar month. An equatorial Kelvin wave propagates slowly
all the way to the east in the Pacific. This Kelvin wave is in
favor of the development of El Niño that reaches its peak
around winter (DJF). After the mature phase of El Niño,
another Rossby wave caused by El Niño propagates westward
to the SWIO where the mean thermocline is shallow. The
Rossby wave deepens thermocline, and raises SST there.
After the warming of SWIO, the SST anomalies there excite

an equatorially antisymmetry pattern of wind anomalies
(Fig. 7a). The wind anomalies reduce the prevailing southwest
monsoon during spring and so as to the latent heat flux. As a
result, the Indian Ocean basin-wide warming sustains and can
even persist into summer (Fig. 7a). Compared with the canon-
ical El Niño, however, no significant wave propagation exists
in the Indian Ocean (Fig. 8b). Consequently, no obvious wind
anomalies or SST anomalies appear in the Indian Ocean after
El Niño Modoki (Fig. 7b).

As mentioned above, during El Niño Modoki, neither
the TT mechanism nor ocean dynamics exist in the Indian
Ocean. However, ocean dynamics are extremely compli-
cated, containing a variety of linear and nonlinear process-
es. Thus, it is difficult to explain the absent oceanic
processes in the Indian Ocean without using the sophisti-
cated coupled models. In contrast, the TT mechanism is
forced by the abnormal heat source over the ocean region.
It is convenient to verify the observations and test the
possible mechanism using the simple model. Therefore,
we pay more attention on the question why El Niño
Modoki does not generate TT mechanism.

Fig. 3 Correlation of u , w
anomalies with PC1 during DJF
(0), MAM (1), JJA (1) (left
panels , a–c), and the same
with PC2 (right panels , d–f).
Shadings indicate significant
level reaches 95 %
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4 Solutions to the dry LBM

The LBM solutions provide a straightforward view of the
basic dynamics. We use this model to illustrate how the
location and intensity of SST anomalies or cold SST anoma-
lies in the eastern Pacific influence the formation of TT
anomalies. Moreover, the observed anomalous precipitation
patterns during two types of El Niños (Ashok et al. 2007;
Weng et al. 2009) are similar to the anomalous SST pattern.
Therefore, it is reasonable to use the dry version of the LBM
forced by the idealized diabatic heating here.

4.1 The experimental design

Figure 8a, b and c shows the three column integrated heating
profiles that are used to force the dry version of the LBM. To
represent the heating anomalies of canonical El Niño, we put
the idealized diabatic heating in the tropical eastern Pacific
(center at 0° and 135°W). The zonal and meridional extent of
heating anomalies are 55° and 10°, respectively (Fig. 8a). To

represent the heating anomalies only in the tropical central
Pacific, we put the center of the idealized diabatic heating at 0°
and 170°W. The zonal and meridional extent of heating
anomalies are 30° and 10°, respectively (Fig. 8b). To represent
the heating anomalies of El Niño Modoki, we not only im-
posed the heating anomalies in the tropical central Pacific as
before, but also imposed another diabatic heating in the trop-
ical eastern Pacific, centered near 0° and 105°W, with the
zonal and meridional extent of heating anomalies of 25° and
10°, respectively (Fig. 8c). The LBM is integrated for 50 days.
The response reaches the equilibrium after 15 days, so we
analyze the last 30 days.

4.2 Result

The responses of TT anomalies to the heating (Fig. 8a–c) are
shown in Fig. 8d–f. In the canonical El Niño forcing scenario
(Fig. 8d), the significant TT anomalies are over the global
tropical strip, consistent with the observation in Fig. 4. This
illustrates that heating in the tropical eastern Pacific affects

Fig. 4 Lead–lag correlation of mean 1,000–200 hPa tropospheric temperature (TT) with PC1. The number above each panel indicates the lead or lag in
months: 4 implies TT leads PC1 4 months, 2 implies TT leads PC1 2 months, and so on
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remote regions through the TT mechanism. In the tropical
central Pacific forcing scenario (Fig. 8e), there also exist TT
anomalies over the global tropical strip, but the intensity of the
TT anomalies is weaker. One factor for the different response
of TT anomalies is the strength of heating. Obviously, the

central intensity of heating in Fig. 8a and b are the same, but
the range of heating is bigger in Fig. 8a than in Fig. 8b. For El
NiñoModoki forcing scenario (Fig. 8f), almost no obvious TT
anomalies appear. The only difference between the heating of
Fig. 8b and c is the negative heating anomalies in the tropical

Fig. 5 Same as Fig 6, but for PC2

Fig. 6 Lead–lag correlation of SSH, averaged in 5°S–5°N, with a PC1 and b PC2 as a function of longitude and calendar month. Shadings indicate the
correlation coefficient is greater than 0.6. Shadings indicate that significant level reaches 95 %
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eastern Pacific. Compared to the positive heating anomalies in
the central Pacific, the negative heating anomalies have an
opposite effect on the TT anomalies. So the TT anomalies
caused by positive heating are offset by negative heating. Wu
et al. (2010) also proposed that the TT anomalies rely on the
SST anomalies in other regions, and negative SST anomalies
in the tropical Atlantic Ocean may cancel the TT increase
induced by positive SST anomalies in the equatorial Pacific.

The response of vertical motion to the heating (Fig. 8a–c) is
shown in Fig. 8g–i. There are strong updrafts over the eastern

and central Pacific (Fig. 8g and h), respectively. Accordingly,
there are downdrafts in the Indian Ocean, although they are
very weak. However, when a single cell exists in the central
and eastern Pacific (Fig. 8i), there is no obvious vertical
motion over the Indian Ocean, indicating that the negative
heating anomalies have an opposite effect. We also note that
the vertical structure of Fig. 8g and i is similar to that of Fig. 3a
and d, respectively. As a result, the negative heating anoma-
lies, or the cold SST anomalies in the eastern Pacific are the
reason why the TT mechanism does not work in El Niño

Fig. 7 Correlation of SST anomalies (contour) and 850 hPa wind anomalies (vector), averaged in 40°E–100°E, with a PC1 and b PC2 as a function of
latitude and calendar month

Fig. 8 Vertical column-integrated diabatic heating anomalies (K day−1) imposed for a the canonical El Niño, b the tropical central Pacific and c El Niño
Modoki. d , e , f The TT anomalies response to the heating in a , b , c , respectively. g , h and i are same as d , e and f , but for u , w wind anomalies
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Modoki. Therefore, we initially conclude that the presence of
SSTanomalies in the eastern Pacific is an important reason for
the differences of the Indian Ocean SST variations in two
types of El Niño.

5 Summary and discussion

Based on the results of statistical analysis, we have compared
the characteristics of two types of El Niños and their effect on
the Indian Ocean, as well as the mechanism of their effect on
the Indian Ocean.

The leading two EOF modes of SST anomalies in the
tropical Pacific during winter (DJF) represent the canonical
El Niño pattern and El Niño Modoki pattern, respectively. For
the canonical El Niño, the SST anomaly pattern shows a
"negative–positive" zonal dipole structure in the tropical
Pacific. For the El Niño Modoki, the SST anomaly pattern
shows a "negative–positive–negative" zonal tripole structure.
And the correlation coefficients between PC1 and Nino3, PC2
and EMI are very high, reaching 0.99 and 0.74, respectively.

There exists obvious IOBM after canonical El Niño, while
the SST change is insignificant after El Niño Modoki.
Moreover, the strength of El Niño Modoki is slightly weaker
than that of the canonical El Niño. The vertical motion also
shows a huge difference between the two types of El Niño
over the Indian Ocean. During canonical El Niño, there is
downdraft over the eastern Indian Ocean and updraft over the
western Indian Ocean, while the updraft over the Indian
Ocean is weak during El Niño Modoki.

On the view of the atmosphere affecting ocean, we can use
the TT mechanism to explain the different influences on the
Indian Ocean. During the canonical El Niño, there is a
Matsuno–Gill pattern (Matsuno 1966; Gill 1980) in TT. This
warm pattern develops and extends to the east by forcing the
Kelvin wave eastward, as proposed by Chiang and Sobel
(2002). However, both the strength and range of the TT
anomalies are weaker and less obvious in the El Niño
Modoki. Moreover, there are no obvious Kelvin wave
characteristics.

On the view of internal oceanic processes, after the mature
phase of El Niño, we can see that the El Niño-induced Rossby
wave propagates westward to the SWIO and induces SST
anomalies there. However, during the El Niño Modoki, there
is no significant wave propagation in the Indian Ocean.
Consequently, no SST anomalies appear there after El Niño
Modoki.

However, ocean dynamics contain a variety of linear and
nonlinear processes. It is difficult to explain the absent oceanic
processes in the Indian Ocean without using the sophisticated
coupled models. In contrast, the TT mechanism is forced by
the abnormal heat source over the ocean region. It is conve-
nient to verify the observations and test the possible

mechanism using the simple model. Therefore, we pay more
attention on the question why El Niño Modoki does not
generate TT mechanism. Results of an LBM with imposed
heating demonstrate that the strength of SST anomalies and
cold SSTanomalies in the eastern Pacific have an influence on
TT anomalies. In particular, the cold SST anomalies have an
effect on TTanomalies opposite to the warm SSTanomalies in
the central Pacific. This suggests that the anomalous SST
pattern in the tropical Pacific is most important for the TT
mechanism in two types of El Niños.

This study focused on the different influences of two types
of El Niños on the Indian Ocean SST. On one hand, El Niño
Modoki has a different structure and strength of SST anoma-
lies from canonical El Niño. On the other hand, relative to
canonical El Niño, the TTmechanism does not work and there
is no oceanic process during El Niño Modoki. However,
IOBM is partly caused by net surface heat flux, which, in
turn, is related to cloud/precipitation/wind changes (Klein
et al. 1999). And we note that the TT mechanism can only
explain the general temperature structure change, but it does
not directly relate to cloud/precipitation/wind changes. More
relevant is the cloud/precipitation/wind changes that contrib-
ute to surface heat fluxes. Therefore, identification of the
different impacts on the Indian Ocean SST changes between
two types of El Niños calls for more detailed research on
cloud/precipitation/wind changes over the Indian Ocean, and
further studies should focus on these aspects as well as the
absent oceanic processes by sophisticated models.
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ABSTRACT

The present study investigates interdecadal modulations of the El Niño–Southern Oscillation (ENSO)

influence on the climate of the northwest Pacific (NWP) and East Asia (EA) in early boreal summer following

a winter ENSO event, based on 19 simulations from phase 5 of the Coupled Model Intercomparison Project

(CMIP5). In the historical run, 8 out of 19 models capture a realistic relationship between ENSO and NWP

early summer climate—an anomalous anticyclone develops over the NWP following a winter El Niño event—
and the interdecadal modulations of this correlation. During periods when the association between ENSO

and NWP early summer climate is strong, ENSO variance and ENSO-induced anomalies of summer sea

surface temperature (SST) and tropospheric temperature over the tropical Indian Ocean (TIO) all strengthen

relative to periods when the association is weak.

In future projections with representative concentration pathways 4.5 and 8.5, the response of TIO SST,

tropospheric temperature, and NWP anomalous anticyclone to ENSO all strengthen regardless of ENSO

amplitude change. In a warmer climate, low-level specific humidity response to interannual SST variability

strengthens following the Clausius–Clapeyron equation. The resultant intensification of tropospheric tem-

perature response to interannual TIO warming is suggested as the mechanism for the strengthened ENSO

effect on NWP–EA summer climate.

1. Introduction

Summer is the major rainy season for the subtropical

northwest Pacific (NWP) and East Asia (EA). Climate

variability during summer is of great socioeconomic

importance for populated regions of East Asia. El Niño–

Southern Oscillation (ENSO) is an important factor for

summertime climate variability in the subtropical

NWP–EA (Huang and Wu 1989). In summer following

an El Niño event, precipitation tends to decrease in the
subtropical NWP and increase over eastern China and
Japan (Wang et al. 2000; Wu et al. 2003).

An anomalous anticyclone often forms over the sub-

tropical NWP following an El Niño event (Zhang et al.

1996), which is considered as a bridge of teleconnection

from ENSO to the NWP–EA (Wang et al. 2000). On one

hand, the anomalous anticyclone weakens the NWP

summer monsoon by suppressing convection; on the

other hand, the anomalous anticyclone enhances the

East Asian summer monsoon by bringing moisture from

the tropical ocean (Chang et al. 2000) and exciting the

Pacific–Japan (PJ; Nitta 1987) and East Asia–Pacific
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(EAP; Huang and Wu 1989) teleconnection pattern. In

Addition, the anomalous anticyclone can cause anom-

alous warm summer in southern China and cool summer

in northeastern China (Hu et al. 2011, 2012).

Wang et al. (2003) suggested that the El Niño–

triggered NWP anomalous anticyclone induces SST

cooling to its east by enhancing evaporation, which in

turn reinforces the anomalous anticyclone by generating

a descending atmospheric Rossby wave. The positive

air–sea feedback helps persist and enhance the NWP

anomalous anticyclone (Xiang et al. 2013). As a com-

plementary mechanism, Xie et al. (2009) reported

that the El Niño–induced tropical Indian Ocean (TIO)

warming contributes to the NWP anticyclone anomalies.

The El Niño–induced TIO warming forces a Matsuno–

Gill (Matsuno 1966; Gill 1980) pattern in tropospheric

temperature, excites a warm tropospheric Kelvin wave

propagating into the western Pacific, induces Ekman

divergences in the subtropical NWP to suppress con-

vection, and triggers an surface anomalous anticyclone

in the NWP. The process is called the Indian Ocean

capacitor effect. Based on model simulations, Lau and

Nath (2009) and Wu et al. (2010) suggested that both the

NWP air–sea interaction and the TIO capacitor effect

contribute to the formation and maintenance of the

NWP anticyclonic anomalies.

With the accumulation of observations, evidence is

emerging that the ENSO teleconnection to NWP–EA

summer climate is not stable but rather experiences

substantial interdecadal modulations (Chowdary et al.

2012; Hu et al. 2013). In recent decades, the ENSO im-

pact on summer climate of the NWP–EA has strength-

ened since the late 1970s, which is possibly caused by the

increase of amplitude and periodicity of ENSO (Wang

et al. 2008) and enhanced Indian Ocean capacitor effect

(Xie et al. 2010b; Huang et al. 2010). While such inter-

decadal change is important for the prediction of sum-

mer climate over the NWP–EA, short observational

records limit our ability to understand the underlying

mechanism and project possible changes in the future.

The multiple model simulations in phase 5 of the Cou-

pled Model Intercomparison Project (CMIP5) are use-

ful to explore the mechanisms for the interdecadal

change and to project possible changes in the future.

Because the simulation of the relation between ENSO

and August NWP–EA climate is poor in most models

(not shown), we use May–July (MJJ) mean instead of

June–August (JJA) mean to represent summer in this

TABLE 1. Climate models and corresponding atmospheric resolution.

Model name Expanded model name

Atmospheric GCM

resolution (lat 3 lon)

CanESM2 Second Generation Canadian Earth System Model ;2.81258 3 2.81258 (spectral T42)

CCSM4 Community Climate System Model, version 4 0.98 3 1.258
CNRM-CM5 Centre National de Recherches Météorologiques Coupled Global

Climate Model, version 5
;1.406 258 3 1.406 258 (spectral T85)

CSIRO Mk3.6.0 Commonwealth Scientific and Industrial Research Organisation Mark,

version 3.6.0

;1.98 3 1.98

FGOALS-s2 Flexible Global Ocean–Atmosphere–Land System Model, second

spectral version

;1.668 3 2.818 (spectral R42)

GFDL CM3 Geophysical Fluid Dynamics Laboratory Climate Model, version 3 28 3 2.58 (C48 grid)

GFDL-ESM2G Geophysical Fluid Dynamics Laboratory Earth System Model with

Generalized Ocean Layer Dynamics (GOLD) component

28 3 2.58

GISS-E2-H Goddard Institute for Space Studies Model E2, coupled with the Hybrid

Coordinate Ocean Model (HYCOM)

28 3 2.58

HadCM3 Hadley Centre Coupled Model, version 3 ;2.478 3 3.758 (N48 grid)

HadGEM2-CC Hadley Centre Global Environment Model, version 2–Carbon Cycle 1.8758 3 1.258
HadGEM2-ES Hadley Centre Global Environment Model, version 2–Earth System 1.8758 3 1.258
INM-CM4 Institute of Numerical Mathematics Coupled Model, version 4.0 28 3 1.58
IPSL-CM5A-LR L’Institut Pierre-Simon Laplace Coupled Model, version 5A,

low resolution

1.8758 3 3.758

MIROC5 Model for Interdisciplinary Research on Climate, version 5 ;1.406 258 3 1.406 258 (spectral T85)

MIROC-ESM Model for Interdisciplinary Research on Climate, Earth System Model ;2.81258 3 2.81258 (spectral T42)

MIROC-ESM-CHEM Model for Interdisciplinary Research on Climate, Earth System Model,

Chemistry Coupled

;2.81258 3 2.81258 (spectral T42)

MPI-ESM-LR Max Planck Institute Earth System Model, low resolution ;1.8758 3 1.8758 (spectral T63)

MRI-CGCM3 Meteorological Research Institute Coupled Atmosphere–Ocean

General Circulation Model, version 3

;1.406 258 3 1.406 258 (spectral T85)

NorESM1-M Norwegian Earth System Model, version 1 (intermediate resolution) 1.98 3 2.58
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study. The poor relation between the NWP–EA August

climate and ENSO in simulation is possibly because the

ENSO-induced SST anomalies in the TIO are weak in

August. The analysis based on the JJA mean yields re-

sults that are similar but slightly weaker in amplitude.

This paper investigates the relationship between

ENSO and NWP–EA climate in the following MJJ in

CMIP5 simulations, with a focus on the change of this

relationship in global warming. We show that a subset of

the models feature realistic low-frequency modulations

of the correlation between ENSO and the NWP–EA

MJJ climate, and find that the decadal changes in the

correlation in CMIP5 simulations are related to change

in ENSO variability. As climate warms in response to

anthropogenic forcing, the ENSO impact on NWP–EA

climate in the following MJJ strengthens.

FIG. 1. The homogeneous correlation maps of the first SVD mode (contours; shading denote 95% confidence level) of MJJ(1) SLP over

the NWP in observation and 19 models runs from CMIP5 historical experiment. The SVD analysis is based on the period from 1870 to

2004.
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The paper is organized as follows. Section 2 pro-

vides a brief description of the models and data. Sec-

tion 3 evaluates the relation between ENSO and MJJ

(1) climate variance over the NWP–EA in historical

runs. Here, year 1 indicated in parenthesis refers to the

ENSO decaying year. Section 4 investigates the un-

derlying mechanism for the interdecadal change. Sec-

tion 5 examines the projected change of ENSO

teleconnection to NWP–EA climate in global warming.

Section 6 presents the possible reasons for enhanced

Indian Ocean capacitor effect in global warming. Sec-

tion 7 gives a summary.

2. Data

Atmospheric monthly data from the National Cen-

ters for Environmental Prediction (NCEP) reanalysis

(Kalnay et al. 1996), global sea level pressure (SLP)

data from version 2 of the Hadley Centre monthly

historical mean SLP dataset (HadSLP2; Allan and

Ansell 2006), global precipitation data from the Global

Precipitation Climatology Project (GPCP) geosta-

tionary satellite precipitation data (hereafter simply

GPCP; Adler et al. 2003), and sea surface temperature

(SST) from the Hadley Centre Sea Ice and SST dataset

(HadISST; Rayner et al. 2003) are used in this study.

FIG. 2. As in Fig. 1, but for DJF(0) SST in the tropical Pacific.
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The NCEP and HadSLP2 datasets are available on

a 2.58 3 2.58 grid, and the HadISST data are available

on a 18318 grid.

Outputs from the historical climate experiments, the

representative concentration pathway 4.5 (RCP4.5) and

8.5 (RCP8.5) experiments from 19 CMIP5 climate

models (Table 1) are analyzed and compared. (More

detailed online model documentation for the CMIP5

models are available online at http://cmip-pcmdi.llnl.

gov/cmip5/availability.html.) The historical simulations

attempt to replicate climate variations during the period

from 1850 to 2005 by imposing each modeling group’s

best estimates of natural (e.g., solar irradiance and vol-

canic aerosols) and anthropogenic climate forcing (e.g.,

greenhouse gases, sulfate aerosols, and ozone). For

those models that adequately simulate the connection

between ENSO and MJJ(1) climate over the NWP–EA

in the historical runs, we proceed to examine the change

of this relation in global warming experiments (RCP4.5

and RCP8.5).

Throughout this study, the analysis focuses on the

impact of ENSO on NWP–EA climate on the inter-

annual time scale. The 11-yr running average has been

subtracted from raw data in correlation and regression

analysis to remove decadal and longer time scale varia-

tions. For a 25-yr time series, correlations of 0.34 and 0.4

reach the 90% and 95% confidence levels, respectively,

based on the Student’s t test.

3. Historical simulations

We perform a singular value decomposition (SVD)

analysis between MJJ(1) SLP over the NWP (08–508N,

1008–1608E) and the preceding December–February

[DJF(0)] mean SST in the tropical Pacific (308S–308N,

908E–808W) from 1870 to 2004 for observations and

FIG. 3. The 25-yr sliding correlation between SLP_PC1 and SST_PC1 in observation and 19 models from CMIP5 historical experiment.

The dashed lines denote the 95% confidence level.
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each historical simulation. Here the numerals in pa-

rentheses denote ENSO developing (0) and decay (1)

years.

Figures 1 and 2 show the leading homogeneous SVD

mode of SLP and SST, respectively. In observations, the

leading SVD mode is characterized by high pressure

anomalies over the NWP with the maximum correlation

around the Philippines in MJJ(1), and El Niño–like SST

anomalies in the tropical Pacific in DJF(0). The mode

accounts for 84% of the total squared covariance. In

most simulations, the leading SVD mode agrees well

with observations, except for CanESM2, CSIRO-

Mk3.6.0, HadCM3 and INM-CM4 (note that CMIP5

model names are expanded in Table 1), in which the SLP

anomalies over the NWP are likely affected by local SST

anomalies rather than ENSO.

Figure 3 shows the 25-yr sliding correlations between

the time series of the first leading SVD modes in SLP

(SLP_PC1) and in SST (SST_PC1) during 1870–2004. In

observations, the relation between SLP_PC1 and

SST_PC1 is tight in the 1890s, 1920s, 1980s, and 1990s,

but weak in the 1870s, 1910s, and 1950s, confirming that

the relation between ENSO and NWP–EA summer

climate is unstable during 1870–2004. Most models can

capture the unstable relation between the SLP_PC1 and

the SST_PC1 although the time scale and phase are

different from observations.

Our criteria for retaining a model for further in-

vestigation requires a degree of fidelity in simulating the

ENSO-related anomalous SLP pattern over the NWP

and the unstable relationship between them. Table 2

shows the spatial correlations of the first leading SLP SVD

mode in each model with observations and the differ-

ences of the maximum and the minimum 25-yr sliding

correlations between the SLP_PC1 and SST_PC1.

Eight out of 19 models, in which the spatial correlation is

above 0.65 and the difference of the maximum and the

minimum sliding correlation is above 0.4, have been

chosen for further investigation. The eight models are

CNRM-CM5, FGOALS-s2, GFDL-ESM2G, HadGEM2-

CC, HadGEM2-ES, MIROC-ESM, MPI-ESM-LR, and

MRI-CGCM3.

Can the eight models reproduce realistic decadal

change of ENSO-related climate anomalies over the

NWP–EA in MJJ(1)? Figure 4 shows the differences of

El Niño–related precipitation and 850-hPa wind anom-

alies in MJJ(1) between the highest correlation (HC)

and the lowest correlation (LC) periods in observations

and models. The HC and LC periods are selected based

on the 25-yr sliding correlations of the SLP and the SST

SVD1 time series in each model. The HC period is re-

ferred to the period of 25 yr with the highest correlation

coefficient, whereas the LC period with the lowest cor-

relation coefficient. Since the NCEP data only go back

to 1948, we choose 1950–74 and 1979–2003 as LC and

HC periods in the observational analysis. In observa-

tions, the difference of El Niño–related 850-hPa wind

and rainfall anomalies between the HC and the LC pe-

riods features an anticyclone over the NWP, above

normal rainfall north of the anticyclone, and below

normal rainfall in the anticyclone. Most models are able

to capture the realistic change in rainfall and 850-hPa

wind anomalies from the LC to the HC period. Al-

though the location and structure of the NWP anticy-

clone anomalies in each model differ slightly from

observations, the multiple model ensemble (MME)

mean resembles observations. The results indicate that

the models selected by the above criteria can capture the

realistic decadal change in the relation between ENSO

and NWP–EA MJJ(1) climate. Basing on the eight

models, we will investigate the underlying mechanism

for the decadal modulations and the possible change of

the relationship between ENSO and MJJ(1) NWP–EA

climate in global warming.

4. Possible mechanism for the decadal modulations

a. Indian Ocean effect

Figure 5 shows the evolution of MME El Niño–related

SST and 850-hPa wind anomalies from November–

January [NDJ(0)] to MJJ(1) during the HC and the LC

TABLE 2. Spatial correlations with observations and the differ-

ence of the maximum and the minimum 25-yr sliding correlation

coefficients.

Spatial

correlation

Difference

(max 2 min)

Obs 1 0.56

CanESM2 20.63 0.73

CCSM4 0.64 0.26

CNRM-CM5 0.79 0.41

CSIRO-Mk3.6.0 20.18 0.36

FGOALS-s2 0.65 0.52

GFDL CM3 0.66 0.35

GFDL-ESM2G 0.72 0.82

GISS-E2-H 0.59 0.74

HadCM3 20.79 0.62

HadGEM2-CC 0.84 0.50

HadGEM2-ES 0.76 0.70

INM-CM4 20.30 0.30

IPSL-CM5A-LR 0.50 0.53

MIROC5 0.65 0.32

MIROC-ESM 0.66 0.69

MIROC-ESM-CHEM 0.44 0.79

MPI-ESM-LR 0.66 0.58

MRI-CGCM3 0.66 0.58

NorESM1-M 0.61 0.52
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periods. During NDJ(0), there are El Niño–like SST

anomalies in both periods, with magnitude larger in the

HC than the LC period, indicating that ENSO variation

is higher in the HC. Corresponding to SST anomalies,

there is an anomalous anticyclone extending from the

north Indian Ocean (NIO) to the NWP at 850 hPa in

both periods, consistent with observations (Wang et al.

2000). During February–April [FMA(1)], the negative

SST anomalies and the anomalous anticyclone in the

NWP strengthen in the HC but weaken in the LC pe-

riod. Meanwhile, the warm SST anomalies in the TIO

are stronger in the HC than the LC period. The in-

tensification of TIO SST anomalies and NWP anoma-

lous anticyclone in the HC relative to the LC period is

FIG. 4. The difference of MJJ(1) precipitation (colors; mm month21) and 850-hPa wind

anomalies (vectors) obtained by regression on the normalized DJF(0) Niño-3.4 SST index
between the HC and the LC periods in observation and 8 selected models from CMIP5 his-
torical experiment. Here, MME denotes the multimodel ensemble of the 8 model results.
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possibly due to increase of ENSO variation. During

MJJ (1), the SST anomalies in the tropical Pacific decay

largely in both periods, but the TIO SST anomalies still

persist and are much stronger in the HC than the LC

period. According to Xie et al. (2009), the summertime

TIO warming helps for the persistence of the NWP

anomalous anticyclone, consistent with a stronger

NWP anomalous anticyclone in the HC than the LC

period. The CMIP5 simulations of the Indian Ocean

capacitor effect are evaluated in Du et al. (2013).

Figure 6 contrasts the MME correlation of MJJ(1)

tropospheric temperature (vertical mean from 850 to

200 hPa) with the DJF(0) Niño-3.4 SST index between
the HC and the LC periods. During the HC period, the
El Niño–induced tropospheric temperature anomalies

feature a Matsuno–Gill (Matsuno 1966; Gill 1980) pat-

tern, with a warm Kelvin wave wedge penetrating into

the western Pacific along the equator and two Rossby

wave–like off-equatorial tails over the western Indian

Ocean. During the LC period, however, the Matsuno–

Gill pattern of tropospheric temperature anomalies is

not clear. In the tropics, atmospheric temperature is

close to the moist adiabat determined by the tempera-

ture and the moisture content in the boundary layer,

which in turn are mainly controlled by SST. Thus, the

difference in tropospheric temperature distribution be-

tween two periods is mainly due to that in TIO SST

anomalies. The result demonstrates that the TIO ca-

pacitor effect is stronger in the HC than the LC period

with larger ENSO-induced TIO SST anomalies trig-

gering the Kelvin wave more easily in the HC period.

Figure 7 displays the evolution of MME precipitation

correlations with DJF(0) Niño-3.4 SST index from NDJ
(0) to MJJ(1) in the HC and the LC periods. In NDJ(0),
there are positive correlations in the equatorial eastern
Pacific and the western Indian Ocean, and negative cor-
relations off the equatorial Pacific and the eastern Indian
Ocean, with slightly larger magnitude in the HC than the
LC period. In FMA(1), the TIO precipitation anomalies
feature equatorial asymmetrical structure in the HC pe-
riod, but are weak in the LC period. The springtime
equatorial asymmetrical structure favors the persistence
of NIO warming by increasing solar radiation and de-
creasing evaporation after the southwest monsoon onset
(Du et al. 2009). This explains why the NIO warming in

MJJ(1) is stronger in the HC than the LC period (Fig. 5).

In MJJ(1), the positive precipitation anomalies in the

TIO and negative precipitation anomalies in the NWP

are stronger in the HC period than the LC period, con-

sistent with the larger SST anomalies and NWP anticy-

clone anomalies in the HC than the LC period (Fig. 5).

We find that all of the negative rainfall anomalies

(Fig. 7), SST cooling, and surface anomalous anticyclone

(Fig. 5) in the NWP are stronger in the HC than the LC

FIG. 5. The MME correlation of SST (colors) and regression of 850-hPa winds with the DJF(0) Niño-3.4 SST index
from NDJ(0) to MJJ(1) during the (left) LC and (right) HC periods in the historical run.
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period from NDJ(0) to FMA(1), suggesting that the

NWP air–sea interaction is stronger in the HC period

from winter to spring. When it comes to MJJ(1), the NWP

SST cooling becomes very weak in both periods (Fig. 5),

with the minimum correlation of about 20.2 for 25 yr,

thus hardly contributing to the surface anticyclone.

Meanwhile, the TIO warming in MJJ(1) is much stronger

in the HC than the LC period, with a much stronger TIO

tropospheric temperature warming that strengthens the

NWP anomalous anticyclone. Thus, the interdecadal

modulations of this ENSO teleconnection in early sum-

mer are likely due to the change in TIO capacitor effect in

CMIP5 historical simulations. Xiang et al. (2013) re-

ported that the local SST cooling plays an important role

in enhancing NWP anomalous anticyclone in late boreal

summer in observations. In CIMP5 simulations, this SST

cooling effect seems not significant.

b. Tropospheric temperature adjustment in AGCM

In MJJ(1) over the TIO, the precipitation correlations

with the preceding ENSO are much smaller than those of

SST (Fig. 5) and tropospheric air temperature (Fig. 6).

The maximum correlation in MJJ(1) in the HC period is

around 0.25 for TIO rainfall, above 0.5 for TIO SST, and

above 0.8 for TIO tropospheric temperature. The result is

consistent with previous observational studies (Xie et al.

2009) that the relation of ENSO and TIO tropospheric

temperature is tight while the relation of ENSO and TIO

rainfall is weak in summer. Why is the El Niño–related air

temperature warming so strong even in the absence of

a strong rainfall correlation? To answer the question, we

carry out two numerical experiments: AMIP (after the

Atmospheric Model Intercomparison Project) and TIO,

using ECHAM5 atmospheric general circulation model

(AGCM) with horizontal resolution of spectral T106 and

19 sigma levels in the vertical. A detailed description of

ECHAM5 is given in Roeckner et al. (2003). The AMIP

experiment is forced by global observed SST from 1982 to

2011, and the TIO experiment is forced by observed SST

over the TIO and climatological SST over the rest of the

World Ocean.

Figure 8 shows the correlation of MJJ(1) rainfall with

the observed DJF(0) Niño-3.4 SST index in the two ex-
periments and observations. The pattern of rainfall
anomalies in the AMIP experiment agrees well with
observations (Figs. 8b,c), with positive correlations over

the western Indian Ocean and the tropical eastern Pa-

cific and negative correlations over the tropical Atlantic,

suggesting that the model can reproduce rainfall

anomalies in the El Niño decaying summer. If only
forced by TIO SST anomalies (Fig. 8a), the model can

still reproduce the positive rainfall anomalies over the

western Indian Ocean and negative rainfall anomalies

over the NWP. We note that positive rainfall anomalies

over the TIO are much larger in the TIO experiment

(Fig. 8a) than the AMIP simulation (Fig. 8b) and ob-

servations (Fig. 8c), indicating that the TIO SST

warming enhances local rainfall but SST anomalies in

other regions suppress it. Thus, the relation between the

TIO rainfall and DJF(0) Niño-3.4 SST index is weak in
observations and the AMIP experiment.

Although the effects of local TIO SST anomalies and

the remote SST anomalies are opposite, both of them

contribute to warm tropospheric temperature anomalies

over the TIO. Figure 9 shows the regression of MJJ(1)

tropospheric temperature on the observed DJF(0) Niño-
3.4 SST index. We note that the positive tropospheric
temperature anomalies over the TIO in the AMIP ex-
periment are slightly larger than in the TIO experiment,
although its rainfall anomalies over the TIO are much
smaller. Over the eastern Indian Ocean and the western
Pacific, the tropospheric warming in the TIO experiment
is weaker than the AMIP experiment, possibly because
the negative rainfall anomalies over the Bay of Bengal
and the South China Sea in TIO experiment partially
offset the warm Kelvin wave. In reality, positive SST
anomalies extend beyond the TIO into the South China
Sea and part of NWP, helping extend the warm Kelvin
wave into the western Pacific. The results demonstrate
that the TIO warming in SST contributes to tropospheric

FIG. 6. The MME correlation of MJJ(1) tropospheric tempera-

ture (vertical average from 850 to 200 hPa) with the DJF(0) Niño-
3.4 SST index in the (a) LC and (b) HC periods.

5990 J O U R N A L O F C L I M A T E VOLUME 27



warming without significant rainfall anomalies (AMIP
experiment), consistent with the moist adjustment to an
SST change (Chiang and Sobel 2002; Neelin and Su 2005).

c. ENSO amplitude effect

The enhancement of the TIO capacitor effect and

NWP air–sea positive feedback from the HC to the LC

period is likely linked to increasing of ENSO variation.

Figure 10 compares the standard deviation of the DJF

(0) Niño-3.4 SST index between two periods in each
model. All models show that the amplitude of ENSO is
larger in the HC than in the LC period, in agreement
with observations (Wang et al. 2008).

The above results show that the modulation of ENSO

influences on the NWP–EA climate in MJJ(1) is likely

related to the change of the TIO capacitor effect. When

the TIO capacitor effect is strong, the ENSO tele-

connection to the NWP–EA summer climate is also

strong. Furthermore, the change of the TIO capacitor

effect is likely related to the change of ENSO amplitude,

which is consistent with the observed studies (Wang

et al. 2008; Chowdary et al. 2012).

5. Projected changes in future

This section evaluates the change in ENSO influences

on the NWP–EA MJJ(1) climate in the future based on

the historical, RCP4.5, and RCP8.5 runs. We select four

periods as follows to represent different climate back-

grounds: 1870–1919 in the historical run, 1950–99 in the

historical run, 2050–99 in the RCP4.5 run, and 2050–99

in the RCP8.5 run. The periods of 1870–1919 and 1951–

2000 in the historical run represent the past and present

climate backgrounds respectively, and the periods of

2050–99 in the RCP4.5 run and the RCP8.5 run denote

the future climate backgrounds with medium–low and

high anthropogenic radiative forcing, respectively. From

1870–1919 to 2050–99 in the RCP8.5 run, the global

mean temperature and moisture increase substantially.

Figure 11 contrasts the MME tropospheric tempera-

ture and 850-hPa wind anomalies in MJJ(1) obtained by

regression on the DJF(0) Niño-3.4 SST index among the
four periods. In all periods, there are positive tropo-
spheric temperature anomalies over the TIO, in agree-
ment with observations. The tropospheric temperature
anomalies over the TIO grow larger and larger from
1870–1919 to 2050–99 in the RCP8.5 run. The tropo-

spheric temperature anomalies are around 0.28–0.258C
during 1870–1919, and are above 0.38C during 2050–99

in the RCP8.5 run. With the increased tropospheric

temperature anomalies, the Matsuno–Gill pattern over

the TIO becomes more pronounced, and so does the

warm Kelvin wave into the equatorial western Pacific.

Consequently, the El Niño–related NWP anomalous

FIG. 7. The MME correlation of precipitation (colors) with the DJF(0) Niño-3.4 SST index from NDJ(0) to MJJ(1)
during the (left) LC and (right) HC periods in the historical run.
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anticyclone strengthens slightly from 1870–1919 to

2050–99 in the RCP8.5 run.

The results reveal that the El Niño–related tropo-

spheric temperature anomalies over the TIO increase

under global warming, which in turn lead to a stronger

Kelvin wave over the equatorial western Pacific. In

other word, the TIO capacitor effect strengthens under

global warming.

6. Mechanisms for enhanced TIO capacitor effect

Su et al. (2003) demonstrated that the change of trop-

ical tropospheric temperature is rooted in SST anomalies

(SST0). In the boundary layer, SST0 affects air tempera-

ture directly through heat exchange. In the upper levels,

the tropospheric temperature change in response to SST0

is about SST0 1 (L/Cp)RH(dqs/dT)SST0 by moist adia-

batic adjustment in the vertical, where L is the latent heat

of vaporization, Cp denotes the specific heat at constant

pressure, RH is relative humidity, qs is saturation specific

humidity, T is air temperature, and the value of dqs/dT

depends on T. If we assume that relative humidity is

constant following Held and Soden (2006), the change of

tropospheric temperature would be controlled by the

change of SST0 and dqs/dT. We discuss the change of SST0

and dqs/dT under global warming in the following.

a. The change of SST0

Figures 12a–d show the El Niño–related MJJ(1) SST

anomalies obtained by regression on the DJF(0) Niño-
3.4 SST index for the four periods. Consistent with ob-
served analyses (Xie et al. 2009), there are warm SST

anomalies in the western Indian Ocean and the northern

Indian Ocean in all four periods. The regional average

SST anomalies over the TIO (208N–208S, 408–1008E) in

the four periods are 0.138, 0.158, 0.158, and 0.178C re-

spectively. The MJJ(1) SST anomalies increase slightly

with global warming. The possible reasons for the

change of SST anomalies are discussed later.

Figure 13 shows the El Niño–related low-level air

temperature anomalies (vertical average from 1000 to

850 hPa) for the four periods. In the tropics, the low-

level air temperature anomalies and SST anomalies are

similar in shape and comparable in amplitude. With

global warming, the low-level air temperature anoma-

lies increase slightly with SST0. The results indicate that

the change of low-level air temperature anomalies is

mainly determined by SST0.

b. The change of dqs/dT

According to the Clausius–Clapeyron equation,

dqs/dT 5 qsL/(RyT
2) ’ 0.06qs, Ry is the gas constant

FIG. 8. Correlation of MJJ(1) precipitation with observed DJF(0) Niño-3.4 SST index in the
(a) TIO experiment, (b) AMIP experiment, and (c) observations.
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for water vapor and qs is the saturation specific humidity.

In global warming, as qs increases so does dqs/dT. We

calculate the regional average values of dqs/dT over the

TIO in the four periods to be 0.81, 0.87, 0.96, and

1.03 g kg21 8C21, respectively.

The increase of dqs/dT strengthens air specific hu-

midity response to the SST0. Indeed, the El Niño–related

low levels specific humidity anomalies over the TIO

increases under global warming. Figure 14 shows the

MJJ(1) low-level (vertical average from 1000 to

850 hPa) specific humidity anomalies (q0) for the four

periods obtained by regression on the DJF(0) Niño-3.4
SST index. There are positive anomalies over the TIO,
with maximum anomalies around the equator. The re-
gional average of q0 over the TIO are 0.04, 0.11, 0.13, and

0.16 g kg21 in the four periods, respectively.

Note that SST0 also contributes to the increase of the

low-level specific humidity anomalies over the TIO.

From the periods of 1870–1919 in the historical run to

the period of 2050–99 in the RCP8.5 run, the TIO (208N–

208S, 408–1008E) regional average SST0 increases from

0.13 to 0.178C, and dqs/dT increases from 0.81 to

1.03 g kg21 8C21. The change of dqs/dT causes a 27%

increase in El Niño–related low-level specific humidity

anomalies over the TIO, while the change of SST0 causes

an additional 31% increase in q0. Both contributions are

comparable.

Figure 15 shows the influence of low-level specific

humidity anomalies on tropospheric temperature

anomalies, the term (L/Cp)q0. The values of (L/Cp)q0

increase from 1870–1919 to 2050–99 in the RCP8.5 run.

During 1870–1919 the values are 0.1–0.158C over the

TIO, but increase to above 0.48C during 2050–99 in the

RCP8.5 run. Compared with SST0, the values of (L/Cp)

q0 increase more quickly, indicating that the increase of

El Niño–related tropospheric temperature is mainly due

to the change of low-level specific humidity anomalies.

Figure 16 shows the vertical profiles of regional av-

erage air temperature anomalies over the TIO (208N–

208S, 408–1008E) in the four periods. The air tempera-

ture anomalies increase with the height, confirming the

effect of moist adiabatic adjustment. At 1000 hPa, the air

temperature anomalies are 0.138, 0.158, 0.158, and 0.178C
in the four periods respectively, in agreement with SST

anomalies. At 200 hPa, the air temperature anomalies

are 0.268, 0.298, 0.338, and 0.388C. From 1870–1919 to

2050–99 in the RCP8.5 run, the low-level air tempera-

ture anomaly increases only about 0.048C, but the upper-

level air temperature anomaly increases about 0.128C,

further confirming that the increase of El Niño–related

FIG. 9. Regression of MJJ(1) tropospheric temperature (K; vertical average from 850 to

200 hPa) on normalized observational DJF(0) Niño-3.4 SST index in the (a) TIO and (b) AMIP
experiments.

FIG. 10. Standard deviation of the DJF Niño-3.4 SST index in the
LC (blue) and HC (red) periods.
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tropospheric temperature is mainly caused by the in-

crease of low-level specific humidity anomalies. The

upper temperature anomalies over the TIO are slightly

weaker than the sum of SST0 and (L/Cp)q0, possibly

because of radiation cooling and equatorial wave dis-

persion from the TIO forcing region.

Changes in both SST0 and dqs/dT in the TIO con-

tribute to the increase of El Niño–related troposphere

FIG. 11. The MME mean of MJJ(1) tropospheric temperature anomalies (8C; colors; vertical average from 850 to

200 hPa) and 850-hPa winds anomalies (vectors; m s21) obtained by regression on the normalized DJF(0) Niño-3.4
SST index during (a) 1870–1919 in the historical run, (b) 1951–2000 in the historical run, (c) 2050–99 in the RCP4.5

run, and (d) 2050–99 in the RCP8.5 run.

FIG. 12. As in Fig. 11, but for the MME mean of MJJ(1) SST anomalies (colors; 8C).
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temperature response in global warming. The increase

of dqs/dT is directly related to global warming according

to the Clausius–Clapeyron equation. But why does the

TIO SST0 increase under global warming? Recently,

Kosaka et al. (2013) and Wang et al. (2013) revealed

a positive feedback between the NWP anomalous anti-

cyclone and the TIO SST anomalies during summer.

The NWP anomalous anticyclone strengthens the NIO

warming by weakening the monsoon winds, and the

NIO warming in turn helps sustain the NWP anomalous

FIG. 13. As in Fig. 11, but for the MME mean of MJJ(1) low-level air temperature anomalies (8C; vertical average

from 1000 to 850 hPa).

FIG. 14. As in Fig. 11, but for the MME mean of low-level specific humidity anomalies (g kg21; vertical average from

1000 to 850 hPa).
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anticyclone. Under global warming (Fig. 11), increased

TIO SST0 and surface humidity strengthen tropospheric

temperature anomalies and NWP anomalous anticy-

clone than in the present, and the enhanced NWP

anomalous anticyclone in turn leads to increased TIO

SST0, suggesting the positive feedback strengthens,

consistent with Tao et al. (2014). Indeed, we find that

both TIO SST0 and the NWP anomalous anticyclone

strengthen from 1870–1919 to 2050–99 in the RCP8.5

run (Fig. 11). Some studies (Xie et al. 2010a; Zheng et al.

2013), however, suggest that the springtime thermocline

depth in the southwest TIO will increase under global

warming, which is not favorable for the persistent of

TIO warming in El Niño decay phase (Xie et al. 2010b).

The change of the springtime thermocline depth in the

southwest TIO may counteract the effect of the increase

of dqs/dT to some extent, so the increase of El Niño–

related SST0 over the TIO is modest.

FIG. 15. As in Fig. 11, but for the MME mean of the term of (L/Cp)q0 (8C).

FIG. 16. The MME mean of MJJ(1) area mean temperature

anomalies profile over the TIO (208S–208N, 408–1008E) obtained

by regression on normalized DJF(0) Niño-3.4 SST index during the
period of 1870–1919 in the historical run (black), 1951–2000 in the

historical run (blue), 2050–99 in the RCP4.5 run (red), and 2050–99

in the RCP8.5 run (green).

FIG. 17. Standard deviation of the DJF Niño-3.4 SST index
during the period of 1870–1919 in the historical run (blue), 1951–

2000 in the historical run (yellow), 2050–99 in the RCP4.5 run

(green), and 2050–99 in the RCP8.5 run (red).
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We also examine the change of ENSO variability

under global warming. Figure 17 shows DJF Niño-3.4
SST index standard deviation in four periods. The trends
of ENSO variance in global warming vary among dif-
ferent models. In some models such as MPI-ESM-LR
and FGOALS-s2, the ENSO variance increases, and in
some other models, such as HadGEM2-ES, the ENSO
variance decreases. In MME, the difference in ENSO
variance among the four periods is very small. So it is not
yet possible to say whether ENSO activity will enhance
or decrease, consistent with Collins et al. (2010). Unlike

the decadal modulation, the TIO capacitor effect

strengthening under global warming is less related to the

change of ENSO activity.

7. Summary

The outputs of CMIP5 simulations have been used to

examine the ENSO impact on MJJ(1) climate in the

NWP–EA. In the historical run, 8 out of 19 models

capture not only the realistic El Niño–related anomalies

over the subtropical NWP but also the interdecadal

modulations of this ENSO teleconnection. We have

examined the role of the NWP local air–sea interaction

and the TIO capacitor effect in this interdecadal mod-

ulation. We find that the NWP air–sea interaction is

stronger in the HC than the LC period from winter to

spring. When it comes to MJJ(1), the NWP SST cooling

becomes too weak to contribute to the surface anticy-

clone. Meanwhile, the significant TIO SST warming is

much stronger in the HC than the LC period, with

a much stronger TIO tropospheric temperature warm-

ing that strengthens the NWP anomalous anticyclone.

Thus, the interdecadal modulations of this ENSO tele-

connection in early summer are likely due to the change

in TIO capacitor effect in CMIP5 historical simulations.

ENSO amplitude appears to modulate the magnitude of

the TIO capacitor effect. The low-frequency modulation

of ENSO amplitude and the TIO capacitor effect also

exists in the RCP4.5 and RCP8.5 runs (not shown).

Under global warming, the ENSO impact on tropo-

spheric temperature and NWP–EA MJJ(1) climate

strengthens, a result consistent with the study of Zheng

et al. (2011) based on a single model. According to the

Clausius–Clapeyron equation, the specific humidity re-

sponse to interannual SST variability strengthens in

a warmer climate. Thus, the El Niño–induced TIO

warming would lead to larger humidity anomalies than

in the present, leading to a larger TIO troposphere

warming and warm Kelvin wave, even with the same

amplitude of TIO SST anomalies. Unlike the natural

modulation, the ENSO impact on NWP–EA MJJ(1)

climate strengthens under global warming independent

of how ENSO might change in the future. Model pro-

jections of ENSO amplitude change are uncertain

(Collins et al. 2010), because of large nature modula-

tions, although tree-ring-based ENSO reconstruction

suggests an increase of ENSO amplitude in recent de-

cades above the background level (Li et al. 2013).
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Abstract The South Asian high (SAH) is a huge anticyclone in
the upper troposphere. It influences the climate and the distri-
bution of trace constituents and pollutants. The present study
documents the change in the SAHand precipitation under global

warming, as well as the possible link between the changes,
based on 17 Coupled Model Intercomparison Project Phase 5
(CMIP5) model simulations. The CMIP5 historical simulation
reproduces reasonably the tropospheric circulation (including
the SAH), precipitation, and moisture. Under global warming,
more than 75 % of the CMIP5 models project a southward shift
of the SAH. The southward shift is more significant in the
models with stronger anticyclonic circulation in the south part
of the climatological SAH. The precipitation response displays a
contrasting feature: negative over the southeastern equatorial
Indian Ocean (IO) and positive over the tropical northern IO,
the Bay of Bengal, and the equatorial western Pacific. The
results of a linear baroclinic model (LBM) show that the region-
al rainfall changes over the Bay of Bengal and the equatorial
western Pacific have a main contribution to the southward shift
of the SAH. In addition, the precipitation and the surface wind
responses over the Indo-Pacific region are well coupled. On one
hand, the surface wind anomaly affects the rainfall response
through altering the SST and moisture. On the other hand, the
condensational heating released by regional rainfall changes
sustains the surface wind response.

1 Introduction

In boreal summer, a huge anticyclone exists in the upper tropo-
sphere and the lower stratosphere over the Tibetan Plateau and
the surrounding area (Fig. 1a). This high pressure system, called
the South Asian high (SAH) or the South Asian anticyclone,
forms due to the heating of the Tibetan Plateau and the South
Asian monsoon precipitation (Flohn 1960; Hoskins and
Rodwell 1995; Duan and Wu 2005; Boos and Kuang 2010). It
is the strongest and steadiest system in the upper troposphere
(Mason and Anderson 1963; Li et al. 2005). The SAH deter-
mines the global pattern of several trace constituents and pollut-
ants in the upper troposphere and the lower stratosphere. For
instance, the tropical and subtropical jets, residing on the south
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and north flanks of the SAH, form a barrier for meridional
transports of such constituents as water vapor and ozone
(Dethof et al. 1999; Randel and Park 2006). Consequently,
carbon monoxide, which is transported from the lower tropo-
sphere to the upper troposphere, is trapped in the center of SAH,
leading to themaximum concentration there (Park et al. 2004; Li
et al. 2005). The subtropical westerly jet on the north flank of the
SAH is an important circulation system in the formation and
maintenance of the important climatic phenomenon of East
Asia—the Meiyu-Baiu rainband (Sampe and Xie 2010) that
brings the major rainy season to the densely populated region.

The SAH modulates the variation of the western Pacific
subtropical high (Tao and Zhu 1964; Jiang et al. 2011) which
is an important system in the East Asian summer monsoon
variability (Tao and Chen 1987; Huang and Wu 1989; Huang
and Sun 1992; Wu and Chen 1998) and the occurrence of
severe floods and droughts in East Asia (Huang et al. 1999). In
year-to-year variations, an intensified SAH leads to a strength-
ened western Pacific subtropical high (Zhao et al. 2009).
Consequently, rainfall over the western North Pacific de-
creases and precipitation over subtropical East Asia increases
(Zhang et al. 2005; Zhao et al. 2007). In addition, studies
suggested that interannual SAH variability is associated with
the South Asia monsoon, the mid-Pacific trough, and the
Mexico high (Zhang et al. 2005; Zhao et al. 2007).

Greenhouse gases have been steadily increasing, causing a
rise in global surface temperature. The warming, however, is
not uniform due to the different properties of the Earth’s
surface, such as the small heat content of land and evaporation
of the ocean. This may result in an inhomogeneous response
in the atmosphere. In turn, this may provide feedback on the
temperature change. Rather complicated are the influences of
the increasing greenhouse gases on climate, including the
SAH. This study addresses two specific questions about the
SAH: how does the SAH respond to the anthropogenic forc-
ing? What processes cause the response? Using the Coupled
Model Intercomparison Project phase 5 (CMIP5; Meehl et al.
2009), the questions are addressed.

The paper is organized as follows: Section 2 introduces the
data andmethods used in the study. Section 3 evaluates the skill
of the CMIP5 models. Sections 4 and 5 present the response of
the SAH and precipitation, respectively. Section 6 investigates
the linkage between the upper troposphere circulation and the
precipitation. Section 7 provides the conclusion and discussion.

2 Data and methods

This investigation is based on CMIP5 outputs. The informa-
tion for the CMIP5 models is listed in Table 1. The

a b
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Fig. 1 The climatology of a, b
precipitation (color shaded, unit:
millimeters per day) and 100 hPa
wind (vector); c, d SST (color
shaded, unit: degree Celsius) and
10 m wind (vector); and e, f
integration of specific humidity
(color shaded, unit: kilogram
meter per kilogram) and moisture
transport (vector) from surface to
100 hPa in 1979–2004. a, c, e
Results of NCEP-NCAR
reanalysis or HadISST; b, d, f are
the results of the CMIP5 MME.
The reference vectors are shown
in the bottom-right corners of
each figure. < > in the titles of e
and f means a mass integration
from surface to 100 hPa
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experiments used in this study are historical and RCP45
scenario simulations. The historical experiments were con-
ducted based on observed anthropogenic and natural forcing
from the mid-nineteenth century to about 2006. The RCP45
experiments were conducted from 2006 to at least 2099 driven
by prescribed forcing (Thomson et al. 2011). For detailed
information, readers are referred to the following website:
http://cmip-pcmdi.llnl.gov/cmip5/.

The latitude of the SAH ridge is defined as the averaged
latitude of 0 m s−1 zonal wind over the domain [10°–60°N, 0–
180°E] at 100 hPa. The center latitude of the SAH is defined
as latitude of the maximun in 100 hPa geopotential height over
the domain [10°–60°N, 0–180°E].

The difference between climatology of future (2069–2098)
and present-day simulations (1975–2004) is used to represent
the model responses to the anthropogenic forcing. Only the
run “r1i1p1” of each model is analyzed. The multi-model
ensemble (MME) approach is used to reduce natural variabil-
ity and systematic biases in the models. The model outputs are
interpolated onto a 1.0°×1.0° grid using a bilinear interpola-
tion technique. The analysis is focused on summer (i.e., June–
July–August) mean. The performance of CMIP5 models are
evaluated against (1) the National Centers for Environmental
Prediction–National Center for Atmosphere Research (NCEP-
NCAR) atmospheric reanalysis with a horizontal resolution of
2.5°×2.5° (Kalnay et al. 1996); (2) the Center for Climate
Prediction Merged Analysis of Precipitation (CMAP) with a

horizontal resolution of 2.5°×2.5° (Xie and Arkin 1997); and
(3) the Hadley Center Global Sea Surface Temperature
(HadISST) dataset with a horizontal resolution of 1.0°×1.0°
(Rayner et al. 2006).

A linear baroclinic model (LBM) is employed in the study.
The LBM is built up by atmospheric primitive equations and
allows one to examine a linear dynamics in the atmosphere,
such as the steady linear response to a prescribed forcing,
eigenanalysis, and so on. In this study, the component of
steady forcing is adopted to investigate the possible contribu-
tion of prescribed precipitation change to the SAH response.
Themodel has a horizontal resolution of T42 and 20 sigma (σ)
levels in the vertical. The climatology in the LBM is the same
as the summer mean of the CMIP5 MME in 1975–2004. The
horizontal diffusion has an e-folding decay time of 6 h for the
largest wavenumber. The Rayleigh friction and Newtonian
damping has a time scale of (0.5 day−1) for σ≥0.9 and σ≤
0.02 and (30 day−1) for 0.02<σ<0.9. The vertical diffusion is
set at (1,000 day−1) at all levels. Details of the model infor-
mation are given in Watanabe and Kimoto (2000). The re-
sponse in the LBM reaches steady state at day 15, and the 15–
24-day mean results are shown as the steady forcing to pre-
scribed heating source.

3 The present-day climate

Before analyzing the response of the SAH to greenhouse gas
forcing, we examine the performance of models based on the
CMIP5 MME. Panels a and b of Fig. 1 compare the climatol-
ogy of the winds at 100 hPa between the NCEP-NCAR
reanalysis and CMIP5 historical simulation in 1979–2004
during which all the observational data, reanalysis, and his-
torical simulations are available. As shown in Fig. 1a, in
boreal summer, a huge anticyclone exists in the upper tropo-
sphere, extending from northern Africa to subtropical north-
western Pacific and with its center over the Tibet Plateau. The
CMIP5 MME captures well the anticyclone (Fig. 1b). Based
on the vorticity over the domain [0–60°N, 0–180°E] at
100 hPa during 1975–2004, the spatial correlation is comput-
ed in each CMIP5 model and MME. The results are shown in
Table 1. The CMIP5 models generally show spatial correla-
tion coefficients spanning from 0.71 to 0.92, and the spatial
correlation coefficient ofMME is 0.85. The results vary a little
if the correlation is computed on a smaller domain, such as
[10–50°N, 20–120°E]. Hence, the CMIP5 MME is capable of
reproducing the SAH’s horizontal structure. Besides, Duan
et al. (2013) evaluated 15 CMIP5 models and found that all
are capable to simulate the climatological pattern.

In addition, we compared and examined rainfall, sea sur-
face temperature (SST), 10 m wind, integration of humidity,
and moisture transport from surface to 100 hPa, which are
associated with SAH response. In boreal summer, the rainfall

Table 1 Climate models and the spatial correlation coefficients. The last
row gives the information of MME

Model ID Country Spatial correlation coefficients
based on vorticity[0–60°N, 0–180°E]
at 100 hPa

CanESM2 Canada 0.89

CNRM-CM5 France 0.88

CSIRO-Mk3-6-0 Australia 0.90

FGOALS-s2 China 0.81

GFDL-CM3 USA 0.88

GFDL-ESM2G USA 0.91

GISS-E2-R USA 0.79

HadGEM2-CC UK 0.82

HadGEM2-ES UK 0.83

inmcm4 Russia 0.71

IPSL-CM5A-LR France 0.83

MIROC-ESM Japan 0.80

MIROC-ESM-CHEM Japan 0.80

MIROC5 Japan 0.90

MPI-ESM-LR Germany 0.92

MRI-CGCM3 Japan 0.84

NorESM1-M Norway 0.87

MME \ 0.85
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over the Indo-Pacific region shows four centers: the west coast
of Indian, the Bay of Bengal, the South China Sea, and the
northwestern Pacific (Fig. 1a). The CMIP5 MME simulates
reasonably the gross feature of the rainfall. The rainfall centers
are captured except that they are a little weaker (Fig. 1b). In
most part of the domain [10°S–30°N, 50–180°N], the SST is
greater than 27 °C, and the CMIP5 MME can reasonably
reproduce the feature (Fig. 1c, d). The 10-m wind and mois-
ture transport over the Indian Ocean (IO) displays a C-type
feature: southeasterly over the southern IO and southwesterly
over the northern IO (Fig. 1c, e); over the northwestern
Pacific, anticyclonic moisture transport is apparent. The ob-
served features are well captured by the CMIP5 MME
(Fig. 1d, f). For the integration of humidity of the atmospheric
column, the extraordinary wet condition is prominent over
South Asia and East Asia coast (Fig. 1e). This is reasonably
reproduced in the CMIP5 MME, too (Fig. 1f).

Overall, the CMIP5 MME simulates well the patterns of
SAH and large-scale rainfall, SST, surface wind, moisture
transport, as well as moisture. We proceed to use the CMIP5
MME to investigate the response of the SAH to the anthropo-
genic forcing.

4 The SAH response

Under global warming, the SAH shifts southward. During the
last 30 years in the twenty-first century, anomalous anticyclone
is evident over the south part of the SAH’s climatological

position relative to historical simulation (Fig. 2a). The anticy-
clone extends from North Africa to South China Sea, centering
over Indian Ocean. The anomalous westerly over 30–50°Nmay
enhance the westerly in the north part of the SAH and shifts the
0-m-s−1 line of zonal wind southward. The anomalous easterly
over the equatorial IO sector favors the southward expansion of
easterly in the south part of the SAH. It may be expected that the
SAH is equatorward under global warming. Consistently, the
SAH ridge and center gradually move southward from 1975 to
2100 (Fig. 2b). The responses in individual model are given in
Fig. 3. For the latitude of the SAH ridge, 14 out of 17 models
project an equatorward movement under the RCP45 scenario;
for the center latitude, 15 out of 17 models show a southward
shift in response to anthropogenic forcing. Asmore than 75% of
the models project the movement with the same orientation, the
response could be regarded as significant.

In addition, the 100-hPa vorticity response is analyzed. The
areal mean vorticity responses are computed over the do-
mains: [10°–30°N, 20°–120°E] and [30°–50°N, 20°–120°E],
as indicated by the rectangles in Fig. 2a. The two domains are
respectively named S SAH and N SAH. Over S SAH, which
is the south part of the SAH’s climatological position, all the
17 models show anticyclonic response (Fig. 4). Over N SAH,
the responses in individual models are diverse. The anticy-
clonic vorticity over N SAH enhances in six models, while it
weakens in 11 models (Fig. 4).

The contrast between the vorticity responses over S SAH
and N SAH is linked to intensity of the southward shift of the

a

b

Fig. 2 a The difference of wind (vectors) between RCP45 and historical
simulation at 100 hPa. Only vectors of more than 13 models projecting
consistent wind direction are shown. b The CMIP5 MME time serials of
SAH ridge latitude and center latitude from 1975 to 2100

a

b

Fig. 3 The differences between RCP45 and historical simulation in each
model and MME: a SAH ridge latitude (unit: degree); b SAH center
latitude (unit: degree)
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SAH. In Fig. 4, the dash line means that the vorticity changes
over S SAH and N SAH are equal. The dots above (below) the
dash line mean that the vorticity responses over N SAH are less
(greater) than that over S SAH in value. The dots, which are (not)
far from the dash line, mean that the contrast of the vorticity over
the two regions is large (small). The models with more signifi-
cant equatorwardmovements of the SAH, such as CSIRO-Mk3-
6-0 and IPSL-CM5A-LR, show large vorticity contrast between
S SAH andN SAH.While in GFDL-CM3 and inmcm4, the two
models showing little or opposite meridional shift relative to the
others, the vorticity changes differ a little in the two regions. The
nearly uniform change over the two domains disfavors the
meridional movement of the SAH. Thus, the models with stron-
ger anticyclonic response in S SAH than that in N SAH tend to
project more significant southward movement.

5 The precipitation change

The results in Liu et al. (2001) suggested that the condensa-
tional heating is an important cause to the upper level circu-
lation change. Thus, this section explores the associated rain-
fall change under the impacts of anthropogenic forcing.

The precipitation response displays a contrasting structure
over the Indo-Pacific sector (Fig. 5a). Rainfall decreases over
the southeastern equatorial IO and increases north of the
equator, with maximums over the tropical northern IO, the
Bay of Bengal, and the equatorial western Pacific. The overall
precipitation pattern is dominated by the increase north of the

equator. The rainfall response over the southeastern IO is not
consistently projected by the models, while over the rest of the
three maximum regions, more than 13 models show the same
sign change (Fig. 6a). Hsu and Li (2012) investigated the
rainfall change over the IO sector based on 13 CMIP5 models
and showed good model consistency over both the northern
IO and the southeastern IO. The present investigation shows
difference over the latter region to that of Hsu and Li (2012).
The selection of the models may affect the consistency.

Under global warming, one of the most robust responses is
the weakening of the Walker circulation (Held and Soden
2006), with anomalous easterlies over the IO and westerlies
over the equatorial Pacific (Figs. 5a, c and 6b, c). Anomalous
surface easterlies reduce surface wind speed over the tropical
northern IO (Fig. 5b) and the evaporation in favor of an
increase in local SST. South of the equator, the acceleration
of surface wind results in the enhanced evaporation and re-
duced SSTwarming (Fig. 5b). Note that the accelerated wind
is not very coherent in the models. The anomalous easterlies
along the equator shoal depress to the thermocline over the

Fig. 4 The scatter plot of vorticity (unit, 10−6 s−1) responses in RCP45
simulation. The X and Y axes denote the responses over S SAH and N
SAH, respectively

a

b

c

Fig. 5 The differences between RCP45 and historical simulation: a pre-
cipitation (color shaded, unit: millimeters per day) and surface wind vector
(vectors); b SST (color shaded, unit: Kelvin) and surface wind velocity
(black contours, unit: meters per second); c 850 hPa wind vectors (vector)
and land orography (color shaded, unit: meters). The thick black contour in
a denotes the orography is 3,000 m. In b, only contours for ±0.1, ±0.3,
±0.5, and ±0.7 are shown and the negatives are displayed in dash contours.
Besides, only the SST results south of 30°N are shown for clarity
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equatorial eastern (western) IO, giving rise to an east–west
SST gradient. The combined effect of the evaporation and
thermocline shapes the SST pattern in the IO, with the largest
(least) warming over the tropical northern IO (southeastern
equatorial IO); besides, the reduced precipitation favors the
SST increase in the southeastern IO (Fig. 5b). Over the equa-
torial western Pacific, the weakening of the surface wind
speed favors the underlying SST warming (Fig. 5b). But the
weakening is projected in less than 13 of the models. The SST

warming may be led by ocean dynamics, atmosphere
warming, or exaggerated wind–SST relationship in a single
model. Over the tropical IO and western Pacific oceans, the
SST warming under RCP45 scenario is projected by all the
models (figure not shown). The CMIP5 models are consistent
in the SST change to atmosphere warming.

To explore the causes of rainfall change, we performed a
diagnosis of the moisture budget. Precipitation in response to
anthropogenic forcing is as follows:

P
0 ¼ − < ω∂pq

0
> − < ω

0
∂pq > − < ω

0
∂pq

0
> − < V ⋅∇q

0
> − < V

0
⋅∇q > − < V

0
⋅∇q

0
> þE

0

where the overbar means climatology in 1975–2004 in histor-
ical simulation. The (′) means the departure from the clima-
tology of 1975–2004. P, ω, q, V, and E represent the precip-
itation, pressure velocity, specific humidity, horizontal wind,
and evaporation, respectively. < > means a mass integration
from surface to 100 hPa.

Figure 7 shows the responses of the moisture budget terms
over the four anomalous rainfall centers. For the Bay of Bengal,
the rainfall change is mainly caused by enhanced moisture and
it is consistently projected by the models (Fig. 7a). Under
global warming, Africa and central Asia continents warm faster
than the Arabian Sea due to the large heat content of water and
the evaporation of the ocean. The thermal contrast leads to an
enhancement of the South Asian monsoon southwesterly,
bringing more moisture from the Arabian Sea to the Indian
Ocean, as well as the Bay of Bengal. The southwesterly en-
hancement is consistently projected in more than 13 models
(Fig. 6b, c). The mountains to the north of the Indian Ocean
trap the water vapor south of the Himalayas, favoring the
moisture accumulation. It is evident in Fig. 5a, c. Besides, the
CMIP3 results in Ueda et al. (2006) project the same response.
For the northern tropical IO, the anomalous precipitation also
results from humidity increase (Fig. 7b). As the underlying SST
warms (Fig. 5b), the saturation-specific humidity increases and
the atmosphere could hold more moisture. The above causes
are similar to that of global monsoon precipation in Hsu and Li
(2012). For the southeastern equatorial IO, the above rainall
change in MME arises from the anomalous descent motion
(Fig. 7c), which may be caused by the less warming there
(Fig. 5b). For the equatorial western Pacific, the intensified
upward motion mainly contributes to the enhanced
precipitaiton there (Fig. 7d). The ascent motion may be due
to the local higher SST increase (Fig. 5b).

The condensational heating associated with the precipita-
tion anomalies in turn sustains the anomalous circulation in
the lower troposphere, which is verified by the LBM results in
the next section. The interaction among the lower level wind
and precipitation provides a positive feedback.

6 The influences of precipitation

To investigate the effects of precipitation on circulation, the
LBM is employed. The spatial distributions and intensities of

a

b

c

Fig. 6 The coherence (color shaded) of a precipitation and b surface
wind speed under RCP45 relative to historical simulation. Red (blue)
means the number of models showing the same sign response as the
MME and the MME shows positive (negative) response. Vectors in b
show the surface wind response. c 850 hPa wind vectors (vector) and land
orography (color shaded, unit: meters). In b and c, only vectors of more
than 13 models showing the same sign response are shown
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the prescribed forcing are designed to approximately match
with those in Fig. 5a. The horizontal distribution of heating is
elliptical. The maximum (minimum) heat source (sink) is set

at σ=0.45 and the patterns are shown in Fig. 8. The intensities
of their centers in Fig. 7b–e are 1.0, 0.4, −0.5, and 1.2 K day−1,
respectively. They are approximately equivalent to rainfall

a b

c d

Fig. 7 The responses of the
moisture budget terms in the
CMIP5 MME (box charts) over a
the Bay of Bengal [20–30°N, 80–
100°E], b the northern tropical IO
[0–10°N, 50–90°E], c the
southeastern equatorial IO [15°S–
0, 80–110°E], and d the
equatorial western Pacific [5°S–
5°N, 150–180°E]. Individual
models results are shown in dots.
The unit is millimeters per day.
The results of HadGEM-CC are
excluded for the lack ofω data

a

b c

d e

Fig. 8 The wind response at σ=
0.12 in LBM to diabatic heating
over: a all forcings combining
those in b–d, b the Bay of Bengal,
c the tropical northern IO, d the
southeastern equatorial IO, and e
the equatorial western Pacific.
The contours show the
distribution of the corresponding
heat source/sink (unit: Kelvin per
day) at σ=0.45. Only contours for
±0.1, ±0.3, ±0.5, ±0.7, ±0.9, ±1.1,
and ±1.3 are displayed and the
negatives are shown in dash
contours
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anomalies slightly weaker than those in the CMIP5 results
(Fig. 5a). The heat source (sink) in Fig. 8a is the combination
of those in Fig. 8b–e. The vertical profiles are all set following
the gamma distribution, which approximately matches the
observed/CMIP5 profile. For the heat sink over the southeast-
ern IO, though not consistent between models, its role is
studied since it may partly contribute to the MME response.

The anticyclonic response in the upper troposphere mainly
results from the condensational heating over the Bay of
Bengal and the equatorial western Pacific. Figure 7 shows
the wind response at σ=0.12 to heat source (sink). In the
simulation where the LBM is forced by the combination of
the four heat sources (sink), the upper troposphere shows a
distinct anticyclone over South Asia and East Asia (Fig. 8a).
Over South Asia, the anticyclone locates in the south of the
climatological SAH, favoring the southward movement of the
SAH, while the anticyclone excessively extends northeast-
ward relative to that in the CMIP5 MME. It is clear that the
anticyclone is mainly due to the heat source in the Bay of
Bengal, except that the anticyclone is slightly poleward
(Fig. 8b). In either experiment where the LBM is forced by
heat source in the northern tropical IO or the southeastern
equatorial IO, the circulation response is weak (Figs. 7d and
8c). It may due to the weak intensities and small regions of the
two heat sources. In Fig. 8e, as the atmosphere is forced by the

heat source over the equatorial western Pacific, the whole
tropic is warmed (Chiang and Sobel 2002). It strengthens the
thermal contrast between tropics and extra-tropics, resulting in
the anomalous westerly in the upper troposphere over sub-
tropical Asia. Assuming that the westerly is imposed on the
anticyclone in Fig. 8b, the zero line of zonal wind moves
southward, as well as the anticyclone. It is evident by com-
paring a with b of Fig. 8.

In turn, the condensational heating favors the surface wind
response in the CMIP5 MME. Figure 9 shows the wind
response at σ=0.995 to heat source (sink). When the LBM
is forced by the combination of the four heat sources (sink),
the anomalous easterly over the equatorial IO, the anomalous

a

b c

d e

Fig. 9 a–e The same as Fig. 7,
except for the wind response at
σ=0.995

Fig. 10 The precipitation (color shaded, unit: millimeters per day)
differences between RCP45 and historical simulation
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westerly over the equatorial western Pacific, and the intensi-
fied southwesterly monsoon flow over the Arabian Sea can be
reasonably forced (Fig. 9a). It implies that responses of the
forementioned precipitation and the changes in the surface
wind are coupled. For the equatorial IO easterly anomaly, the
heat source over the Bay of Bengal, the northern tropical IO,
and heat sinks over the southeastern equatorial IO are respon-
sible (Fig. 9b–d). For the anomalous westerly over the equa-
torial western Pacific, only the local heat source may account
for it (Fig. 9e). For the enhanced South Asia monsoon south-
westerly, the condensational heating over the Bay of Bengal
and the southeast equatorial IO make the positive contribution
(Fig. 9b, d), while those over the northern tropical IO and the
equatorial western Pacific may cancel the enhancement
(Fig. 9c, e).

7 Summary and discussion

Based on NCEP-NCAR reanalysis, CMAP, HadISST, 17
CMIP5 model results, and the LBM simulations, this study
investigates the SAH and the underlying precipitation re-
sponses to anthropogenic forcing and the possible link be-
tween them as well. The CMIP5 historical simulation reason-
ably reproduces the upper troposphere circulation (including
the SAH), the underlying precipitation, circulation, and
moisture.

Under global warming, the SAHmoves southeastward and
more than 75% of the CMIP5models project the equatorward
shift. In individual models, the models showing stronger
anticyclonic circulation in S SAH than that in N SAH tend
to project more significant southward shift and vice versa.

The precipitation response displays a dipole feature: de-
crease over the southeastern equatorial IO and increase over
the tropical northern IO, the Bay of Bengal, and the equatorial
western Pacific. The increases are able to be consistently
projected by the models, while the decrease is not. Among
the regional rainfall changes, those over the Bay of Bengal and
the equatorial western Pacific mainly account for the equator-
ward shift of the SAH. Over the Bay of Bengal, the rainfall-
induced latent heat forces anomalous anticyclone at 100 hPa
over the south of the SAH’s climatological position; the
rainfall response over the equatorial western Pacific leads to
tropospheric warming in global tropics, contributes to the
westerly over subtropical Asia, and shifts the Bay of Bengal
rainfall-forced anticyclone further southward. For the rainfall
over the northern tropical IO and the southeast equatorial IO,
their influences on upper troposphere circulation are rather
weak maybe due to the weakness and small areas of the
heating.

The precipitation and the surface wind responses over the
Indo-Pacific region are well coupled. On one hand, the surface
wind anomaly affects the rainfall response. The easterly

change over the equatorial IO associated with the weakened
Walker circulation causes evaporation and thermocline
change, leading to the enhanced (subdued) warming over the
tropical northern IO (the southeastern equatorial IO). For the
northern tropical IO, though the increased SST favors the
upward motion-induced rainfall, the moisture contributes
more to the rainfall increase. For the Bay of Bengal, it is the
enhancement of the South Asia monsoon southwesterly that
transports more moisture there, resulting in the increased
rainfall locally. Over the equatorial western Pacific, the weak-
ened surface wind partly contributes to the underlying SST
increase, favors the enhanced upward motion, and intensifies
precipitation under RCP45.

On the other hand, the regional rainfall changes sustain the
surface wind response. It is found that (1) for the equatorial IO
easterly anomaly, the heat source over the Bay of Bengal, the
northern tropical IO, and heat sinks over the southeastern
equatorial IO are responsible; (2) for the anomalous westerly
over the equatorial western Pacific, only the local heat source
may account for it; and (3) for the enhanced South Asia
monsoon southwesterly, the condensational heating over the
Bay of Bengal and the southeast equatorial IO make positive
contribution.

In the LBM, it is not clear why the anticyclone in response
to all the four heat sources (sink) excessively extends north-
eastward in the upper troposphere over East Asia (Fig. 8a). A
hint may be provided by the results of the heat source on the
equatorial western Pacific. The westerly over subtropical Asia
led by the heating-induced tropospheric warming favors the
shrink of the northeastward extension of the anticyclone re-
sponse (Fig. 8a, b, e). In addition, under global warming,
apparent rainfall response is also seen in the tropical eastern
Pacific and the tropical Atlantic (Fig. 10). The associated
latent heating may benefit the tropospheric warming in global
tropics, as well as the upper troposphere westerly re-
sponse in subtropical Asia. It may further limit the
northeastward extension of the anticyclone response,
resulting in a more similar anomalous anticyclone to
that in the CMIP5 MME results.
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ABSTRACT: On the basis of Coupled Model Intercomparison Project phase 5 (CMIP5) models, this study have examined
the ability of models to capture the El Niño/Southern Oscillation (ENSO)–Indian Ocean Basin Mode (IOBM) relationship,
and investigated the characteristics of interdecadal change of ENSO–IOBM relationship as well as the response of the
ENSO–IOBM relationship to the global warming. Among 23 CMIP5 models, the capability of models in representing the
IOBM depends largely on the simulation of ENSO. Moreover, half of the models can reproduce the unstable ENSO–IOBM
relationship. Considering the simulations of ENSO, ENSO–IOBM relationship and interdecadal change, 6 of 23 CMIP5
models are chosen for further investigation. The interdecadal change of ENSO–IOBM relationship is relative to the three
ENSO-related processes. During the high correlation (HC) period, the tropospheric temperature (TT) mechanism, oceanic
Rossby waves and antisymmetric wind pattern are strong, prolonging the persistence of IOBM. In comparison, during the low
correlation (LC) period, the three processes are weak. The results show that the shallow thermocline in the southwestern Indian
Ocean (SWIO), increased interannual variability and prolonged periodicity of ENSO are all responsible for the interdecadal
change.

Furthermore, the possible changes of ENSO–IOBM relationship in the future are investigated. The ENSO-related tropical
Indian Ocean (TIO) warming is strengthened under global warming. Despite the deepened thermocline over SWIO and
unchanged ENSO activity, the ENSO-related TIO warming is strengthened by the enhanced TT mechanism, which is caused
by the increased saturated specific humidity. The results reveal that there is more downward net heat flux (NHF) over the
TIO, which is conducive to the TIO warming, and the latent heat flux (LHF) change makes a great contribution to the NHF
change. The weakened upward or strengthened downward LHF is possibly due to the decreased anomalous sea–air temperature
difference by strengthened TT mechanism.

KEY WORDS ENSO–IOBM relationship; Global warming; Future change; CMIP5; TT mechanism; sea–air temperature
difference
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1. Introduction

The interannual sea surface temperature (SST) variation
in the Indian Ocean exerts a great influence on the sur-
rounding regions. The first leading mode of the interannual
Indian Ocean SST variability features a basin-wide warm-
ing or cooling, called as IOBM (Indian Ocean Basin Mode;
Yulaeva and Wallace, 1994; Klein et al., 1999; Alexan-
der et al., 2002; Chowdary and Gnanaseelan, 2007; Du
et al., 2009; Schott et al., 2009; Chakravorty et al., 2013;
Tao et al., 2013). When IOBM is in the warming state,
warm tropospheric Kelvin wave is triggered, which can
contribute to the development of an anomalous anticyclone

* Correspondence to: G. Huang, Key Laboratory of Regional
Climate-Environment for East Asia, Institute of Atmospheric Physics,
Chinese Academy of Sciences, Beijing 100029, China. E-mail:
hg@mail.iap.ac.cn

over the Northwest Pacific (NWP) via the ‘capacitor effect’
(Xie et al., 2009), the meridional displacement of the East
Asian jet (EAJ) (Qu and Huang, 2012b) and the inten-
sity of the South Asia high (SAH; Huang et al., 2011; Qu
and Huang, 2012a), and thus affect the East Asian climate,
including summer rainfall (Xie et al., 2010), typhoon (Du
et al., 2011), high temperature extremes (Hu et al., 2011,
2012a, 2012b) and so on.

IOBM generally develops during the boreal winter when
El Niño/Southern Oscillation (ENSO) matures, reaches its
peak in the following spring (Alexander et al., 2002; Lau
and Nath, 2003; Schott et al., 2009), and persists into the
summer (Du et al., 2009). Numerous studies have investi-
gated the mechanisms for the formation of the basin-wide
warming in the Indian Ocean. Lau and Nath (1996) showed
that El Niño-induced anomalous atmospheric circulation
can cause this warming through reducing surface evapora-
tion and increasing incoming short wave radiation, which

© 2014 Royal Meteorological Society
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is known as ‘atmospheric bridge’ mechanism. The spread
of tropospheric temperature (TT) anomalies associated
with the propagation of El Niño-induced equatorial plane-
tary waves from the eastern Pacific to the remote Tropics is
an important process in such atmospheric bridge, which is
also called TT mechanism (Chiang and Sobel, 2002; Chi-
ang and Lintner, 2005). Klein et al. (1999) reported that net
surface heat flux anomalies can explain most of the trop-
ical Indian Ocean (TIO) warming, but the tropical south-
western Indian Ocean (SWIO) is an exception, suggesting
that ocean dynamics is important there, which is further
proved in model study (Lau and Nath, 2000). Murtugudde
and Busalacchi (1999) and Yu and Rienecker (1999) also
showed that ocean dynamics plays a significant role in the
TIO SST warming. Masumoto and Meyers (1998) reported
that there are anticyclonic wind anomalies over the south
TIO during the developing and mature phases of El Niño,
which cause the downwelling Rossby wave. The Rossby
wave propagates to the SWIO where the thermocline is
shallow and the Rossby wave is responsible for the SST ris-
ing there (Xie et al., 2002). Chowdary et al. (2009) pointed
out that barrier layer propagation and subsurface tempera-
ture upward propagation along thermocline are also impor-
tant for SWIO warming. After the warming of SWIO,
the SST anomalies increase the atmospheric convection
there in the boreal spring following the El Niño (Xie et al.,
2002). The intensified convection excites an equatorially
antisymmetric pattern of wind anomalies as a key to the
IOBM persisting into boreal summer by reducing the pre-
vailing southwest monsoon and so as to the latent heat flux
(Du et al., 2009). Above processes illustrate the impor-
tance of regional air–sea interaction and ocean dynam-
ics in the Indian Ocean, not simply a passive response
to ENSO.

However, the IOBM is not always strong and does
not always persist through boreal summer (Du et al.,
2009; Huang et al., 2010; Xie et al., 2010). Both obser-
vational and atmospheric general circulation model
(AGCM) studies show that the IOBM experienced an
interdecadal change around the climate regime shift of the
1970s (Huang et al., 2010; Xie et al., 2010; Chowdary
et al., 2012). During the post-regime shift epoch, the
ENSO-induced Rossby waves, the SWIO warming, the
antisymmetric wind pattern, the North Indian Ocean
(NIO) second warming are more pronounced than the
pre-regime shift epoch. The magnitude and periodicity of
ENSO increase around the 1970s (Wang et al., 2008), and
the thermocline shoals over the SWIO, which intensifies
thermocline feedback, leading to this interdecadal change
(Xie et al., 2010; Chowdary et al., 2012).

The air–sea interactions in the Indian Ocean and the
interdecadal change of IOBM are important for the
prediction of climate over the Indian Ocean and its
surrounding regions. The World Climate Research Pro-
gramme’s (WCRP’s) Coupled Model Intercomparison
Project phase 3 (CMIP3) and phase 5 (CMIP5) provide
good opportunities to explore the mechanisms for the
air–sea interactions and interdecadal change as well as for
future climate change with coupled ocean–atmosphere

general circulation models (CGCMs). Several studies
have used these models to investigate the response of
IOBM to ENSO. Saji et al. (2006) found 15 of 17 models
in CMIP3 reproduce the IOBM a few months after ENSO.
The models without IOBM usually have weak or bad
ENSO simulations. A latest study that extended Saji
et al. (2006) work using 20 models in CMIP5 reported
that these models can reproduce the close relationship
between ENSO and IOBM, and half of these models cap-
ture the key processes over the Indian Ocean (Du et al.,
2013). Their work is the first CMIP study examining the
development of IOBM’s geographic patterns that are due
to local ocean–atmosphere interactions. Furthermore,
an ongoing study using CMIP5 models reveals that the
impact of ENSO on NWP anticyclone is strengthened
under the global warming scenario because of the response
in TT anomalies. The strengthened relationship between
ENSO and TIO SST anomalies is one of the reasons for
the increase of TT anomalies (Hu et al., 2013, personal
communication).

Previous studies have investigated the relationship
between ENSO and IOBM both in CMIP3 and CMIP5
simulations (Saji et al., 2006; Chu et al., 2013; Du et al.,
2013). Du et al. (2013) first revealed the interdecadal
characteristics of IOBM using historical scenario sim-
ulations of CMIP5 models. On the basis of their work,
the purpose of our study is to examine in depth the inter-
decadal characteristics of the ENSO–IOBM relationship
and their relationship in future scenario. It finds that some
of the models can capture the interdecadal change in the
ENSO–IOBM relationship. The teleconnection and the
internal coupled ocean–atmosphere dynamics related to
the magnitude of ENSO, and the thermocline depth over
the SWIO are all important for the interdecadal change in
CMIP5 models, which are consistent with results based
on observations (Xie et al., 2010). Our results also show
the possible reasons why the relationship between ENSO
and IOBM is strengthened under global warming.

The rest of the article is organized as follows. Section 2
describes the CMIP5 models, data and methods. Section
3 investigates the relationship between ENSO and the
Indian Ocean climate in historical run. Section 4 presents
the characteristics for interdecadal change, including TT
mechanism, ocean dynamics and antisymmetric wind pat-
tern. Section 5 examines the changes in the relation-
ship between ENSO and IOBM under global warming.
Section 6 provides the summary.

2. Data and methods

This study is based on the CMIP5 output. We analyse
two sets of simulations: the historical scenario simula-
tions and the RCP45 scenario simulations. The historical
experiments were conducted based on observed history of
anthropogenic and natural forcing from 1870 to 2006. The
RCP45 experiments were conducted from 2006 to 2100
driven by prescribed forcing (Thomson et al., 2011), with
the radiative forcing reaching about 4.5 Wm−2 near 2100.
The detailed information is referred to the following web

© 2014 Royal Meteorological Society Int. J. Climatol. 35: 391–407 (2015)



INDIAN OCEAN BASIN MODE UNDER GLOBAL WARMING 393

Table 1. The CMIP5 models used in this study.

No. Model name Institute (Country) AGCM
resolution

OGCM
resolution

1 BCC-CSM1.1 Beijing Climate Center (China) 128× 64L17 360× 232L40
2 CanESM2 Canadian Centre for Climate Modeling and Analysis

(Canada)
128× 64L22 256× 192L40

3 CCSM4 National Center for Atmospheric Research (USA) 288× 192L17 320× 384L60
4 CNRM-CM5 Centre National de Recherches Meteorologiques

(France)
256× 128L17 362× 292L42

5 CSIRO-Mk3.6.0 Atmospheric Research (Australia) 192× 96L18 192× 189L31
6 FGOALS-s2 LASG, Institute of Atmospheric Physics (China) 128× 108L17 360× 196L30
7 GFDL-CM3 NOAA Geophysical Fluid Dynamics Laboratory

(USA)
144× 90L23 360× 200L50

8 GFDL-ESM2G NOAA Geophysical Fluid Dynamics Laboratory
(USA)

144× 90L17 360× 210L50

9 GFDL-ESM2M NOAA Geophysical Fluid Dynamics Laboratory
(USA)

144× 90L17 360× 200L50

10 GISS-E2-H NASA Goddard Institute for Space Studies (USA) 144× 89L17 144× 90L33
11 GISS-E2-R NASA Goddard Institute for Space Studies (USA) 144× 89L17 288× 180L32
12 HadCM3 Met Office Hadley Centre (UK) 96× 73L17 288× 144L20
13 HadGEM2-CC Met Office Hadley Centre (UK) 192× 144L17 360× 216L40
14 HadGEM2-ES Met Office Hadley Centre (UK) 192× 144L23 360× 216L40
15 INM-CM4 Institute for Numerical Mathematics (Russia) 180× 120L17 360× 340L40
16 IPSL-CM5A-LR Institut Pierre-Simon Laplace (France) 96× 96L17 182× 149L31
17 IPSL-CM5A-MR Institut Pierre-Simon Laplace (France) 144× 143L17 182× 149L31
18 MIROC5 Center for Climate System Research (The University

of Tokyo) (Japan)
256× 128L17 256× 224L50

19 MIROC-ESM Japan Agency for Marine-Earth Science and
Technology (Japan)

128× 64L35 256× 192L44

20 MIROC-ESM-CHEM Japan Agency for Marine-Earth Science and
Technology (Japan)

128× 64L35 256× 192L44

21 MPI-ESM-LR Max Planck Institute for Meteorology (Germany) 192× 96L25 256× 220L40
22 MRI-CGCM3 Meteorological Research Institute (Japan) 320× 160L23 360× 368L51
23 NorESM1-M Norwegian Climate Centre (Norway) 144× 96L17 320× 384L70

site: http://cmip-pcmdi.llnl.gov/cmip5/. In this study, we
use the outputs from 23 models. Table 1 lists the names,
institutions, countries and resolutions of models. Monthly
mean outputs are used, including SST, air temperature, sea
surface height (SSH), 850 hPa wind, LHF, sensible heat
flux (SHF), long wave radiation (LWR) and short wave
radiation (SWR). Only one member (‘r1i1p1’) run of each
model is analyzed. The observation data of SST used here
are from the Hadley Centre Sea ICE and Sea Surface Tem-
perature dataset (HadISST; Rayner et al., 2003). It has a
1∘ × 1∘ horizontal resolution and covers the period from
January 1870 to the present.

This study focuses on the interdecadal changes of
interannual variability. To extract interannual signals, we
perform a 3-month running average to reduce intrasea-
sonal variability and calculate a 9-year running average
to remove decadal and longer variation in each simu-
lation. Hereafter, any month in the developing years of
ENSO are identified by suffix (0) whereas any month
in the decaying years of ENSO are identified by suffix
(1). The Niño3.4 index is defined as SST anomalies
averaged over the central and eastern equatorial Pacific
(5∘S–5∘N, 170∘–120∘W). The IOBM index is defined
as SST anomalies averaged over the TIO (20∘S–20∘N,
40∘–100∘E). The range of NIO is defined as 0∘–20∘N,

40∘–100∘E. The multi-model ensemble (MME) is calcu-
lated by averaging over the six best models with equivalent
weight. Regression and correlation analysis are also used.
The significance levels of the results are evaluated with
the standard two-tailed Student’s t-test.

3. The relationship between ENSO and the Indian
Ocean SST in historical scenario simulations

ENSO is an internal mode of ocean–atmosphere inter-
action in the tropical Pacific. ENSO not only dominates
in the tropical Pacific region, but also plays an important
role in shaping the variability of the Indian Ocean SST.
During the mature phase of ENSO, IOBM begins to
develop (Klein et al., 1999; Huang and Kinter, 2002;
Krishnamurthy and Kirtman, 2003). The IOBM is gen-
erally considered as a response to ENSO remote forcing
(Klein et al., 1999; Venzke et al., 2000; Alexander et al.,
2002; Lau and Nath, 2003). The good or bad simulation
of IOBM depends largely on the simulation of the ENSO
in CMIP3 models (Saji et al., 2006) and CMIP5 models
(Bellenger et al., 2013; Du et al., 2013). In full consider-
ation of the previous works of Saji et al. (2006) and Du
et al. (2013), the simulation of ENSO and ENSO–IOBM
relationship are analyzed in this section in order to choose
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Figure 1. Regression of the DJF (0) tropical Pacific SST anomalies (∘C) with the simultaneous normalized Niño3.4 index in observation and 23
CMIP5 models for the period 1870–2004.

the proper models for us to further evaluate the projection
in the future.

3.1. ENSO simulation and correlation with IOBM

Figure 1 presents the regression of the DJF (0) tropical
Pacific SST anomalies with the simultaneous normalized
Niño3.4 index. In observations, there are large pos-
itive anomalies over the tropical central and eastern
Pacific (Figure 1(a)). In CMIP5 model simulations, the
SST anomaly patterns vary in amplitude, location and
areal extent (Figure 1(b)–(x)). Especially, in four mod-
els, including GISS-E2-H, INM-CM4, MIROC-ESM,
MIROC-ESM-CHEM, the ENSO-related SST anomalies
are weaker and extend too far west, even to the tropical
western Pacific. Du et al. (2013) and Gong et al. (2013)
also mentioned the departure of ENSO simulation in the
Pacific. In addition, it is noted that the CSIRO-Mk3.6.0
model does not reproduce reasonable SST anomalies
related to ENSO, with the maximum SST anomalies being
located in the tropical western Pacific (Figure 1(f)). This
bias is also mentioned by Kim and Yu (2012) and Gong
et al. (2013).

In order to examine the response of IOBM to ENSO
more clearly, it is reasonable to evaluate their relationship
in models using scatter diagram. Figure 2 shows the rela-
tionship between the simulations of DJF (0) ENSO and
MAM (1) IOBM. Generally, the poor SST spatial patterns
compared with the observation weaken the ENSO–IOBM

relationship in CMIP5 models (Figure 2(a)). The correla-
tion coefficient of ENSO–IOBM relationship and ENSO
spatial correlation is 0.52 (containing observation), and its
significant level reaches 99%. It implies that the capabil-
ity of models in simulating the ENSO-related SST patterns
influences the ENSO–IOBM relationship in CMIP5 mod-
els. Simultaneously, decreased interannual variability of
ENSO corresponds to the weakened ENSO–IOBM rela-
tionship, and there exists a positive correlation between
them in CMIP5 models (Figure 2(b)). The correlation coef-
ficient of ENSO–IOBM relationship and ENSO variance
is 0.66 (containing observation), exceeding the 99% sig-
nificant level. Du et al. (2013) also drew the similar con-
clusion, though they used the JJA (1) IOBM index rather
than MAM (1). Above all, the capability of models in rep-
resenting the IOBM depends largely on the simulation of
ENSO in CMIP5 models, which appears to be consistent
with Saji et al. (2006) who used the CMIP3 models.

3.2. The unstable relationship between ENSO and
IOBM

The ENSO–IOBM relationship shows an interdecadal
change around the climate regime shift of the 1970s in
observations and previous AGCM studies (Huang et al.,
2010; Xie et al., 2010; Chowdary et al., 2012). These
mean that the ENSO–IOBM relationship is not always
strong and mainly reflects in the persistence of TIO SST
anomalies. Du et al. (2013) have discussed ENSO–IOBM
relationship displays interdecadal variation in CMIP5
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Figure 2. Relationship of ENSO and IOBM: (a) scatter diagram of pattern correlation coefficients of ENSO patterns, and correlation coefficients of
the DJF (0) Niño3.4 index and MAM (1) IOBM index in observation and 23 CMIP5 models; (b) scatter diagram of standard deviations of DJF (0)
Niño3.4 index, and correlation coefficients of the DJF (0) Niño3.4 index and MAM (1) IOBM index in observation and 23 CMIP5 models. Numbers

represent the model numbers listed in Table 1. Blue shading indicates the limits defined by the first and second rules in Section 4.

models, and IOBM variance responds to ENSO amplitude
modulations in the Pacific. Whether the CMIP5 models
can capture the significant unstable relationship between
ENSO and IOBM as the observation? Figure 3 presents
the 25-year sliding correlation of DJF (0) Niño3.4 index
and JJA (1) NIO index in 23 CMIP5 models and obser-
vations during 1870–2004. In observations, the sliding
correlation coefficient has a sudden drop around the
mid-1970s, consistent with previous study (Huang et al.,
2010). Most of the CMIP5 models can reproduce the
significant unstable ENSO–IOBM relationship during
1870–2004. In 9 of 23 models, including CanESM2,
CCSM4, FGOALS-s2, GFDL-CM3, GFDL-ESM2G,
GFDL-ESM2M, HadCM3, MIROC5, NorESM1-M, the
sliding correlation coefficients are stable during the anal-
ysis time period, which is consistent with CFSv1 results
(Chowdary et al., 2014; Figures 2(b) and 5(b)). In the
rest of models, the sliding correlation coefficients feature
interdecadal variations. Though the BCC-CSM1.1 model
can capture multi-decadal oscillation, the sliding corre-
lation coefficients are lower and even negative compared
with the observations.

4. Characteristics of interdecadal change
in historical scenario simulations

To study the characteristics of interdecadal change in
CMIP5 models, it is reasonable to choose the proper mod-
els for further investigation. Simultaneously considering
the simulation of ENSO, IOBM, their relationship and
interdecadal change, there are three rules together for
choosing models. First one is that the pattern correlation
coefficients of ENSO-related SST anomalies are above
0.85 and the correlation coefficients between ENSO and

IOBM are above 0.6 (Figure 2(a); blue shading); Second
one is that interannual variability of ENSO is from 0.6
to 1.2 and the correlation coefficients between ENSO and
IOBM are above 0.6 (Figure 2(b); blue shading); Third one
is that the differences between maximum and minimum
of sliding correlation coefficients are above 0.35, which
is listed in Table 2. The first and second rules artificially
choose the models have a degree of fidelity at simulat-
ing the spatial pattern, interannual variability of ENSO
and interannual ENSO–IOBM relationship. The third rule
takes the interdecadal modulation of ENSO–IOBM rela-
tionship into consideration. Then 8 of 23 models are
retained. Though IPSL-CM5A-LR and IPSL-CM5A-MR
conform to the above three rules, their IOBM patterns
have weak even cold SST anomalies over the southeastern
Indian Ocean and South China Sea inconsistent with the
observation (figure not shown). In addition, these two mod-
els cannot reproduce both the ocean dynamics and anti-
symmetric wind pattern over the Indian Ocean (Du et al.,
2013; Figures 8, 11, and 13). Whether or not including
these two models lead to similar results. So, we selected six
best models: CNRM-CM5, GISS-E2-R, HadGEM2-CC,
HadGEM2-ES, MPI-ESM-LR and MRI-CGCM3.

ENSO has three different teleconnection processes to
influence the IOBM. One is ‘atmospheric bridge’ mecha-
nism (Lau and Nath, 1996; Lau, 1997; Klein et al., 1999),
and TT mechanism is very important in such atmospheric
bridge (Chiang and Sobel, 2002; Chiang and Lintner,
2005). The second process is the Rossby wave excited
by ENSO-induced wind stress (Xie et al., 2002), which
prolongs the influence of ENSO on the IOBM after the
mature phase of El Niño. The third process is the equa-
torially antisymmetry pattern of wind anomalies. It is
a key process persisting the IOBM into boreal summer
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Figure 3. The 25-year sliding correlation of DJF (0) Niño3.4 index and JJA (1) NIO index in observation and 23 CMIP5 models for the period
1870–2004. The dashed lines indicate significant levels reach 95%.

(Du et al., 2009). In observation, there is an interdecadal
change in the TIO response to ENSO in the 1970s (Xie
et al., 2010; Chowdary et al., 2012). Accordingly, the
oceanic Rossby wave and the antisymmetric wind pattern
are more pronounced during the post-regime shift (after
1970s) epoch than the pre-regime shift epoch. Strength-
ened ENSO and shallow thermocline are the two main
factors for the interdecadal change (Xie et al., 2010).
Therefore, one question arises, whether the 6 models can
reproduce realistic decadal change of above ENSO-related
processes over the TIO? To answer this question, we exam-
ine the three processes using MME of six best models
during the HC and LC periods, denoting the period with
the highest and lowest correlation coefficient, respectively.
The HC and LC periods are selected based on the 25-year
sliding correlation of DJF (0) Niño3.4 index and JJA (1)
NIO index (Figure 3). For convenience, we consider the
climate anomalies in the decaying phase of El Niño, and
the results are applicable to La Niña cases.

Table 2. The difference of maximum and minimum 25-year slid-
ing correlation coefficient in observation and each model.

Names Maximum−
minimum

Names Maximum−
minimum

BCC-CSM1.1 0.96 HadGEM2-CC 0.59
CanESM2 0.33 HadGEM2-ES 0.51
CCSM4 0.33 INM-CM4 0.68
CNRM-CM5 0.39 IPSL-CM5A-LR 0.45
CSIRO-Mk3.6.0 0.49 IPSL-CM5A-MR 0.52
FGOALS-s2 0.21 MIROC5 0.32
GFDL-CM3 0.33 MIROC-ESM 0.50
GFDL-ESM2G 0.19 MIROC-ESM-CHEM 0.63
GFDL-ESM2M 0.13 MPI-ESM-LR 0.85
GISS-E2-H 0.58 MRI-CGCM3 0.52
GISS-E2-R 0.35 NorESM1-M 0.27
HadCM3 0.29 OBS 0.61

4.1. TT mechanism

ENSO is the dominant mode of air–sea interaction in the
equatorial Pacific, and the connection between ENSO and
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Figure 4. Multi-model ensemble correlation of 1000-200 hPa mean tropospheric temperature (TT) with DJF (0) Niño3.4 index during the period for
HC (left panels, (a)–(e)), and the same during the period for LC (right panels, (f)–(j)). The left strings above each panel indicate the months lead or
lag DJF (0): OND (0) implies TT leads Niño3.4 index 2 months, DJF (0) implies TT and Niño3.4 index are simultaneous, FMA (1) implies TT lags

Niño3.4 index 2 months, AMJ (1) implies TT lags Niño3.4 index 4 months.

TT is well established (Horel and Wallace, 1981; Pan and
Oort, 1983; Yulaeva and Wallace, 1994; Soden, 2000).
TT over the tropical eastern Pacific warms with the SST
increase, and there is the warming of entire tropical TT
in the following months (Charney, 1963; Wallace, 1992;
Sobel and Bretherton, 2000). During the developing phase
of ENSO, significant TT anomalies illustrating the ‘dumb-
bell shape’ characteristic occurs in the eastern and cen-
tral Pacific. Su et al. (2003) said that atmospheric wave
is the most effective way to spread the warm anomalies
in free atmosphere. Therefore, after the establishment of
the dumbbell shape, the transient Kelvin wave is consis-
tent with the eastward of TT anomalies. Chiang and Sobel
(2002) reported ENSO influences the remote region by the
propagation of TT and that the remote ENSO impact is the
adjustment of the remote tropical climate to the TT pertur-
bation, which is defined as the TT mechanism. In a subse-
quent study, Chiang and Lintner (2005) interpreted the TT
mechanism in more detail, the equatorial wave communi-
cates the TT anomalies to the remote region, increasing

the moist static energy of the free troposphere. Convective
linkages compel the boundary layer moist static energy to
vary with the free troposphere value, thus in turn, evapo-
ration is reduced because of the increased boundary layer
specific humidity. So the remote tropical ocean adjusts to
the TT forcing, and warms up eventually. In such mech-
anism, LHF is the important regulator linking the surface
warming to the tropospheric warming.

Chiang and Sobel (2002) indicated that the TT mech-
anism is more or less the Walker circulation mechanism,
just posed in a different way of the ‘atmospheric bridge’
mechanism. The lead–lag correlation of 1000–200 hPa
mean TT with DJF (0) Niño3.4 index during the period
for HC and LC in MME are presented in Figure 4.
The ENSO-related persistent warming in the east Pacific,
through convection and moist adjustment, heats the whole
tropospheric column there, and forms the Matsuno-Gill
pattern (Matsuno, 1966; Gill, 1980) in TT. As time goes
on, the warm pattern develops and extends to the east by
forcing the Kelvin wave eastward and affects the climate
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Figure 5. Multi-model ensemble regression of SSH (cm), averaged in 8∘S–12∘S, with DJF (0) Niño3.4 index for (a) the HC period, (b) LC period
and (c) HC minus LC differences as a function of longitude and calendar month.

of the Indian Ocean. When TT lags DJF (0) Niño3.4 index
2 and 4 months, the ENSO-related TT anomalies over the
TIO are more pronounced in the HC period than LC period.
The result shows that TT mechanism is relatively strong in
the HC period.

4.2. Oceanic Rossby wave

According to the TT mechanism, the tropical Indian Ocean
warming is attributed to the influence of atmosphere. In
some regions, however, oceanic processes play a more
important role in the development of TIO SST anomalies.
Xie et al. (2002) posed that a westward-propagating down-
welling Rossby wave in the SWIO forced by the anoma-
lous easterlies in the equatorial Indian Ocean, induces
positive SST anomalies there.

Figure 5 presents the lead-lag regression of SSH (aver-
aged in 8∘S–12∘S) with DJF (0) Niño3.4 index for the HC
period, LC period and HC minus LC differences in MME
as a function of longitude and calendar month. The maxi-
mum SSH anomalies begin to appear at 90∘E in June and
reach about 60∘E in May of the following year. The ther-
mocline deepens in the southeast TIO in response to the
anomalous anticyclone there first (Masumoto and Mey-
ers, 1998). Then the pronounced oceanic Rossby wave
propagates westward slowly to the SWIO (Figure 5(a) and
(b)) where the mean thermocline is shallow. The Rossby
wave deepens thermocline, and raises SST there (Xie
et al., 2002; Chowdary et al., 2009). In comparison, the
SSH anomalies are stronger and sustained longer during
the HC period than during the LC period, indicating the
oceanic Rossby wave is stronger and the duration is longer

(Figure 5(c)). This characteristic is consistent with the
interdecadal change in observations. Compared with the
post-regime shift epoch, the westward-propagating Rossby
wave is much weaker for the pre-regime shift epoch (Xie
et al. 2010; Figure 9).

4.3. Antisymmetric wind pattern

After the warming of SWIO, the cross-equatorial SST
gradient excites an equatorially antisymmetric wind pat-
tern as a key to the IOBM persisting into boreal sum-
mer by reducing the prevailing southwesterly monsoon
during boreal spring, and so as the LHF as a result of
wind-evaporation-SST (WES) feedback (Xie and Philan-
der, 1994; Wu et al., 2008; Du et al., 2009; Wu and Yeh,
2010).

Figure 6 compares the evolution of ENSO-related SST
and 850 hPa wind anomalies from DJF (0) to JJA (1)
for the HC period, LC period and HC minus LC dif-
ferences. When an El Niño event takes place, there are
basin-wide warming in the TIO and anomalous easterlies
over the equatorial Indian Ocean during DJF (0) in both
periods (Figure 6(a) and (d)). During MAM (1), warm
SST anomalies still maintain over the TIO, but the SST
anomalies in the SWIO are stronger than in the NIO, form-
ing a cross-equatorial SST gradient. Consistent with such
SST pattern, 850 hPa wind anomalies feature an antisym-
metric pattern, with northeasterlies north and northwest-
erlies south of the equator (Figure 6(b)). The anomalous
northwesterlies strengthen SST warming in the SWIO by
reducing the southeasterly trade winds, while the north-
easterlies weaken SST warming in the NIO before May
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Figure 6. Multi-model ensemble regression of SST (∘C) and 850 hPa wind velocity (m s−1) with DJF (0) Niño3.4 index during DJF (0), MAM (1)
and JJA (1) for the HC period (left panels, (a)–(c)), LC period (middle panels, (d)-(f)) and HC minus LC differences (right panels, (g)–(i)).

by strengthening the mean northeasterly monsoon (Kawa-
mura et al., 2001; Wu et al., 2008; Park et al., 2010) and
strengthen SST warming after the southwest monsoon
onset in May (Du et al., 2009). The interaction between
SST gradient and wind pattern is a positive feedback mech-
anism called WES feedback (Xie and Philander, 1994).
Through the cross-equatorial SST gradient is still obvi-
ous, the antisymmetric wind anomalies are weak for the
LC period (Figure 6(e)). There seems a little disagreement
between the disappearance of antisymmetric wind anoma-
lies and cross-equatorial SST gradient in the LC period,
but the wind anomalies are weakened. As the result of anti-
symmetric wind pattern and shift in monsoon, the IOBM
sustains through JJA (1) (Figure 6(c)). While in the LC
period, there are no obvious SST anomalies in the TIO
(Figure 6(f)). In observations, the post-regime shift epoch
is also characterized by an antisymmetric wind pattern but
not the pre-regime shift epoch (Xie et al., 2010). The sec-
ond warming of NIO leads to the enhancement of the TIO
capacitor, which influences the NWP anticyclone in both
observations (Xie et al., 2010) and CMIP5 models (Hu
et al., 2013, personal communication).

Why the IOBM can persist through JJA (1) in the HC
period? Previous study has examined the possible reasons

for it. Xie et al. (2010) reported that the magnitude and
periodicity of ENSO increases around the 1970s, and the
thermocline shoals over the SWIO, leading to the inter-
decadal change in observation. Chowdary et al. (2012)
also demonstrated the role of ENSO using ship observa-
tion from 1870 to 2007. Figure 7(a) shows the difference
of climatology SSH during MAM (1) between the HC
and LC period for MME. There are negative climatology
SSH anomalies over the SWIO, indicating that the clima-
tological thermocline shoals there in the HC period. The
shallower thermocline causes a stronger thermocline feed-
back. Intensified thermocline feedback (Figure 7(a)) and
strengthened ocean processes (Figure 5(a)) both contribute
to the persistence of SWIO warming in the HC period. The
strengthened ocean processes, the enhanced antisymmetric
wind pattern and the second warming of NIO are associ-
ated with increased interannual variability and prolonged
periodicity of ENSO (Xie et al., 2010). Figure 7(b) and
(c) shows the standard deviation of DJF (0) Niño3.4 index
between the two periods for six best CMIP5 models and the
autocorrelation of Niño3.4 index with its DJF (0) values
for MME, respectively. The standard deviation of ENSO
is larger during the HC period than during the LC period
in every model (Figure 7(b)). Du et al. (2013) also revealed
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Figure 7. (a) Multi-model ensemble difference of climatology SSH (cm) during MAM (1) between the HC and LC period. (b) Standard deviation of
DJF (0) Niño3.4 index in the HC and LC period for six best CMIP5 models and MME. (c) Multi-model ensemble autocorrelation of Niño3.4 index

with its DJF (0) values in the HC and LC period.

that the ENSO–IOBM correlation coefficient is low when
ENSO variance is low in almost all CMIP5 models, first
suggesting the ENSO variances control the ENSO–IOBM
relationship. In Figure 7(c), the decay of ENSO is about
1 month later in the HC period than in the LC period.
Above all, shallower thermocline, increased interannual
variability and prolonged periodicity of ENSO during the
HC period are all responsible for the interdecadal change
in CMIP5 models. This is also consistent with an ongoing
article of Hu et al. (2013, personal communication), which
pay more attention on the relationship between ENSO and
NWP climate via the Indian Ocean capacitor effect during
boreal summer in CMIP5 models.

5. IOBM in RCP45 scenario simulations

A better understanding of the relationship between ENSO
and IOBM is important for the prediction of the Indian
Ocean SST anomalies and associated climate anoma-
lies. Above sections demonstrate that the six best models
can capture the interdecadal change between ENSO and
IOBM. On the basis of the historical and RCP45 scenario
simulations, these models are useful to investigate the pos-
sible changes and underlying mechanism of ENSO-related
TIO warming in the future.

Figure 8 shows the 25-year sliding regression of TIO and
NIO SST with the DJF (0) Niño3.4 index as a function of
calendar month and year. Over the entire TIO, the positive
SST anomalies peak at boreal spring after the mature phase

of ENSO (Figure 8(a)). The ENSO-related SST anomalies
are strengthened since 1940s until the late 21st century.
During the late 20th century and middle 21st century, there
are significant SST anomalies in the TIO. Consistent with
TIO, the SST anomalies in the NIO is also strengthened
since 1940s. However, there seems to be a linear warming
trend, as the SST anomalies are strengthened in late 20th
century and further enhanced in the late 21st century
(Figure 8(b)). Above illustrate that, though the NIO is part
of TIO, the time and magnitude when ENSO-related SST
anomalies are strengthened do not remain consistent in
the TIO and NIO. It seems that different factors cause the
enhanced SST anomalies in the 20th and 21st centuries
over the TIO.

To further investigate the possible change of
ENSO–IOBM relationship between the current and
future climate as well as its underlying mechanism,
we select three periods as follows to represent differ-
ent background: 1870–1919 under historical scenario,
1950–1999 under historical scenario and 2049–2098
under RCP45 scenario. The periods of 1870–1919 and
1950–1999 under historical scenario represent the past
and present climate background, respectively. The period
of 2049–2098 under RCP45 scenario represents the future
climate background. The correlation of monthly IOBM
index with DJF (0) Niño3.4 index in the three periods
for MME are shown in Figure 9. The IOBM develops
in boreal fall, peaks in spring and persists into summer
during 1870–1919. However, during 1950–1999 and
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Figure 8. The 25-year sliding regression on DJF (0) Niño3.4 index as a function of calendar month and year for the developing and decaying years
of ENSO: (a) SST (∘C) over the TIO; (b) SST (∘C) over the NIO.

Figure 9. Multi-model ensemble correlation of monthly IOBM index
with DJF (0) Niño3.4 index for the periods of 1870–1919 (black solid
line), 1950–1999 (red solid line) and 2049–2098 (blue dashed line). The

horizontal dashed line indicates significant level reaches 95%.

2049–2098, the correlation coefficients are about 0.1
larger than 1870–1919 from November (0) to July (1). Hu
et al. (2013, personal communication) obtained a similar
conclusion and reported that the correlation coefficients
over the TIO during MJJ (1) are 0.1 higher both in the
present and future periods. The results are also consistent
with previous regression analysis (Figure 8(a)). Therefore,
there are two questions arise: why the ENSO–IOBM
relationship is strengthened and what role the increased
anthropogenic gas concentrations may play in it?

5.1. Changes of SWIO thermocline and ENSO

To understand plausible reasons for the change in the above
correlation, it is reasonable to examine the depth of ther-
mocline and magnitude, periodicity of ENSO, which are
demonstrated to be important by both observations and

models (Xie et al., 2010; Hu et al., 2013, personal commu-
nication). Figure 10 presents the changes of climatology
SSH in the present and future relative to the past and inter-
annual variability, periodicity of ENSO during the three
periods. To eliminate the thermal effects, and retain the
dynamic effects caused by the wind stress change, the trop-
ical mean (30∘S–30∘N) value has been subtracted from
the SSH change (Hu et al. 2013, personal communica-
tion). Figure 10(a) is similar to Figure 7(a), and the change
of SSH between the present and past is negative in the
SWIO, indicating the climatological thermocline shoals
there in the present. Moreover, positive SSH anomalies are
over the western Indian Ocean (WIO; Figure 10(b)), indi-
cating that the climatological thermocline deepens there
in the future. The rising SSH in the WIO is caused by
the anomalous easterlies over the TIO, which is consis-
tent with the influence of weakening Walker circulation
under global warming (Held and Soden, 2006; Vecchi
et al., 2006; Tokinaga et al., 2012; Zheng et al., 2013).
Previous studies showed the shallower thermocline is con-
ductive to the thermocline feedback over the SWIO (Xie
et al., 2010), and vice versa. In Figure 10(c), the interan-
nual variability of ENSO during the three periods varies
among different models. For MME, the standard devia-
tion of ENSO does not change much. It suggests that the
interannual variability of ENSO does not experience sig-
nificant change in the present and future. Collins et al.
(2010) also reported that the ENSO amplitude is highly
variable among models, and it is not yet possible to esti-
mate the changes of ENSO. Furthermore, the evolution
of ENSO in the present is consistent with the past, and
slightly shorter in the future (Figure 10(d)). Considering
these small changes, including the interannual variabil-
ity and periodicity, ENSO activity is almost unchanged in
the present and future. Accordingly, ENSO-related oceanic
Rossby wave and antisymmetric wind pattern do not
change much in the present and future (figure not shown).
As mentioned before, the enhanced ENSO–IOBM rela-
tionship in the present is unlikely related to ENSO activity,
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Figure 10. (a) Multi-model ensemble difference of climatology SSH (cm) during MAM (1) between the periods of 1870–1919 and 1950–1999.
(b) Multi-model ensemble difference of climatology SSH (cm) during MAM (1) between the periods of 1870–1919 and 2049–2098. (c) Standard
deviation of DJF (0) Niño3.4 index in the periods of 1870–1919, 1950–1999 and 2049–2098 for six best CMIP5 models and MME. (d) Multi-model

ensemble autocorrelation of Niño3.4 index with its DJF (0) values in the periods of 1870–1919, 1950–1999 and 2049–2098.

and seems to be more related to the shallower climato-
logical thermocline over the SWIO, which will be dis-
cussed in detail in Section 5.3 However, even the cli-
matological thermocline deepens in the SWIO, why the
ENSO–IOBM relationship is still strengthened in the
future?

5.2. Possible reasons for the strengthened
ENSO–IOBM relationship in the future

5.2.1. Enhanced TT mechanism

Despite the deepened thermocline and unchanged ENSO
activity, both the SST anomalies over the TIO (Figure 8)
and the correlation coefficients between ENSO and IOBM
(Figure 9) are strengthened in global warming. Excluding
the influence of ocean processes and their subsequent wind
pattern, one way for the change is whether the TT mech-
anism is changed due to the increased anthropogenic gas
concentrations. Figure 11 shows the lead-lag correlation
of 1000–200 hPa mean TT and SST with DJF (0) Niño3.4
index during the periods of 1870–1919, 1950–1999 and
2049–2098 in MME. The patterns of ENSO-related TT
anomalies are similar, with positive correlation coefficients
developing and extending to the east, and the SST anoma-
lies of remote region develop with TT anomalies. Interest-
ingly, about one season after the mature phase of ENSO,
the correlation coefficients in the period of 2049–2098
(Figure 11(i)–(l)) are about 0.1–0.2 higher than the period

of 1870–1919 (Figure 11(a)–(d)) over the TIO although
ENSO activity does not change much (Figure 10(c) and
(d)). Hu et al. (2013, personal communication) found that
the strengthened Indian Ocean capacitor effect could be
explained by the increased saturated specific humidity in
global warming, which is also suitable for here. Response
to the SST anomalies, through moist adiabatic adjustment
in vertical, the upper tropospheric temperature anoma-
lies could be written as SST′ + (L/Cp)RH(dqs/dT) · SST′,
where SST′ is SST anomalies, L is latent heat of vapor-
ization, Cp denotes the specific heat at constant pres-
sure, RH is relative humidity and qs is saturated specific
humidity. According to the Clausius-Clapeyron equation,
dqs/dT = qsL/(RvT2)∼ 0.06qs, Rv is the gas constant for
water vapour. Under global warming, saturated specific
humidity (qs) increases. Since the relationship between TT
anomalies and saturated specific humidity (qs) is propor-
tional, increased saturated specific humidity (qs) leads to
strengthened TT response. Therefore, on the condition of
unchanged ENSO activity, the correlation coefficients are
higher in the future. As a result, TT mechanism is strength-
ened in the future.

5.2.2. LHF related to TT mechanism

However, IOBM is partly caused by net heat flux (NHF).
Although TT mechanism can explain the general tem-
perature structure change, it does not directly relate
to NHF changes. Moreover, NHF could be given by
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Figure 11. Multi-model ensemble correlation of 1000–200 hPa mean tropospheric temperature (TT; shaded) and SST (dotted) with DJF (0) Niño3.4
index during the periods of 1870–1919 (left panels, (a)–(e)), and 2049–2098 (right panels, (f)–(j)). The left strings above each panel indicate the
months lead or lag DJF (0): OND (0) implies TT leads Niño3.4 index 2 months, DJF (0) implies TT and Niño3.4 index are simultaneous, FMA (1)

implies TT lags Niño3.4 index 2 months, AMJ (1) implies TT lags Niño3.4 index 4 months. SST values exceeding 0.3 are dotted.

QNHF =QL +QS +QLW +QSW, where QL, QS, QLW and
QSW are the LHF, SHF, LWR and SWR, respectively.
Therefore, examining the NHF and its four components
related to the remote SST warming provides a more pre-
cise way to investigate the TT mechanism or ‘atmospheric
bridge’ mechanism. Figure 12 presents the correlation
of NHF, LHF, SHF, LWR and SWR over the TIO with
DJF (0) Niño3.4 index during the periods of 1870–1919,
1950–1999 and 2049–2098 for MME. IOBM mainly
persists from boreal winter to summer, and the correlation
coefficients are higher in 2049–2098 than in 1870–1919
(Figure 9). So the following study is mainly focused on the
time period from November (0) to July (1). In Figure 12(a),
the correlation coefficients of NHF during 2049–2098
are relatively smaller in the whole time from November
(0) to July (1) than 1870–1919. Under global warming,
more downward NHF or less upward NHF is conducive
to the Indian Ocean warming. In the rest four figures
(Figure 12(b)–(e)), the three components (SHF, LWR and
SWR) do not show obvious change from November (0)
to July (1) between 1870–1919 and 2049–2098. Only
the correlation coefficients of LHF, which are similar
to the NHF, are relatively small from November (0) to
July (1) in the future. Especially, from November (0) to
March (1), there are notable downward LHF over the TIO.
Chiang and Lintner (2005) also suggested the importance
of LHF in TT mechanism compared with the other three
components. Comparing the periods of 1870–1919 and
2049–2098, more downward LHF causes more downward
NHF, and less upward LHF causes less upward NHF. As
a result, the LHF change makes a great contribution to
the NHF change induced by TT mechanism in global
warming.

Why the downward LHF over the TIO turns strong in
global warming? Here is the possible reason from the
perspective of qualitative analysis. The bulk formula for
LHF can be expressed as

QL = 𝜌aLCEW
(
qs (T) − RHqs (T − ΔT)

)
(1)

where 𝜌a is surface air density, L is the latent heat of evap-
oration, CE is the transfer coefficient, W is the surface
wind speed, RH is the relative humidity, T is SST, ΔT
is sea minus air temperature difference and qs is the satu-
rated specific humidity following the Clausius-Clapeyron
equation.

de Szoeke et al. (2007) demonstrated that the term
qs(T −ΔT) can be decomposed:

qs (T − ΔT) = qs

(
T − ΔT − ΔT ′

)

= qs

(
T − ΔT

)
+ q′

s = qs + q′s (2)

Then the term q′s can be linearized about T − ΔT:

q′s ≅ −ΔT ′
(
𝜕qs

𝜕T

)
T+ΔT

(3)

where ΔT ′ is the anomaly of sea–air temperature differ-
ence. The vertical profile of air temperature anomalies is
consistent with moist adiabatic vertical structure (Chiang
and Sobel, 2002; Chiang and Lintner, 2005), and the air
temperature anomalies increases with height. According
to the vertical profile, the air temperature anomalies are
higher than the SST anomalies and the anomaly of sea–air
temperature difference is negative. Under global warming,
the TT mechanism is strengthened, that is to say, the
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Figure 12. Multi-model ensemble correlation (upward positive) with DJF (0) Niño3.4 index for the periods of 1870–1919 (black solid line),
1950–1999 (red solid line) and 2049–2098 (blue dashed line): (a) NHF; (b) LHF; (c) SHF; (d) LWR; (e) SWR over the TIO. The horizontal

dashed line indicates significant level reaches 95%.

correlation of TT anomalies with ENSO is strengthened
(Figure 11). SST anomalies over the TIO before boreal
winter do not change much, even decrease in global warm-
ing (Figure 11). Therefore, the enhanced ENSO-related
TT anomalies decrease the negative sea–air temperature
difference in the future. As a result, decreased anomalous
sea–air temperature difference (ΔT ′) decreases upward or
increases downward LHF by increasing q′s according to
the formula. It should be mentioned that the correlation
coefficients of SHF and SWR show changes on similar
magnitude compared with LHF since July (1) (Figure 12(c)
and (e)). The SHF difference also should be associated
with the sea–air temperature difference. The SWR might
be a response to IOBM. The IOBM is stronger in the
future, causing more cumulus clouds decrease the down-
ward SWR. Above these are preliminary results of the
qualitative analysis, the detailed processes are sophisti-
cated and require further investigation.

5.3. The strengthened ENSO–IOBM relationship
in the present

The SST anomalies over the TIO (Figure 8) and the cor-
relation coefficients between ENSO and IOBM (Figure 9)
are also strengthened in the period of 1950–1999. How-
ever, unlike the reasons in the future, the enhanced
ENSO–IOBM relationship in the present is more likely
caused by the shallower climatological thermocline

(Figure 10(a)). The shallower climatological thermocline
strengthens the thermocline feedback and SST anomalies
over the SWIO. Then the subsequent antisymmetric wind
patterns are also stronger, further amplifying the NIO SST
warming in the present. Xie et al. (2010) also emphasized
the shallower thermocline is one of important factors for
enhanced ENSO–IOBM relationship after 1970s.

It is noted that TT mechanism is also strength-
ened with unchanged ENSO activity in the present
(Figure 11(e)–(h); Figure 10(c) and (d)), but the NHF and
LHF do not change much from November (0) to July (1)
compared with the past (Figure 12). Why does LHF related
to TT mechanism remain unchanged in the present? The
enhancement of SST anomalies induced by the shallower
climatological thermocline can interpret this. Through
TT anomalies are strengthened in the present, the SST
anomalies over the TIO are also amplified. Thus, the
anomalous sea–air temperature difference does not have
a significant change, and LHF also change small. The
situation in the present also demonstrates the importance
of TT mechanism in the future, which makes the results
of the previous qualitative analysis more robust.

6. Discussion and summary

On the basis of the historical scenario simulations and
future climate projections of CMIP5 models, this study

© 2014 Royal Meteorological Society Int. J. Climatol. 35: 391–407 (2015)



INDIAN OCEAN BASIN MODE UNDER GLOBAL WARMING 405

have examined the ability of models to capture the
ENSO–IOBM relationship, and investigated the char-
acteristics of interdecadal change of ENSO–IOBM
relationship as well as the response to the global warming.

Among 23 CMIP5 models, the capability of models in
representing the IOBM depends largely on the simula-
tion of ENSO in CMIP5 models, which also noted by
Saji et al. (2006) who used the CMIP3 models. More-
over, some CMIP5 models can reproduce the unstable
ENSO–IOBM relationship during 1870–2004 consistent
with the observations (Huang et al., 2010). Considering
the simulation of ENSO, ENSO–IOBM relationship and
interdecadal change, 6 of 23 CMIP5 models are chosen
for further investigation.

ENSO has three different teleconnection processes to
influence the IOBM, and the processes contribute to
the interdecadal change of ENSO–IOBM relationship in
1970s in observation (Xie et al. 2010). On the basis of
the six best CMIP5 models, the interdecadal change of
ENSO–IOBM relationship is also associated with these
three ENSO-related processes. During the HC period, the
TT mechanism, oceanic Rossby waves and antisymmet-
ric wind pattern are strong, prolonging the persistence of
IOBM. However, during the LC period, the three processes
are weak. Why are the three processes strengthened in
the HC period? The results show that the shallow ther-
mocline in the SWIO, increased interannual variability
and prolonged periodicity of ENSO are all responsible for
the interdecadal change in CMIP5 models, which is also
demonstrated by the observation (Xie et al., 2010).

The six best CMIP5 models can capture the interdecadal
change between ENSO and IOBM, so they are use-
ful to investigate the possible changes of ENSO–IOBM
relationship in the future. Under global warming, the
ENSO-related TIO warming is strengthened. However, the
thermocline deepens in the SWIO, as a result of weakened
Walker circulation in global warming (Held and Soden,
2006; Vecchi et al., 2006; Tokinaga et al., 2012). Further-
more, the interannual variability and periodicity of ENSO
does not experience significant change in global warm-
ing, indicating unchanged ENSO activity. Accordingly,
ENSO-related oceanic Rossby wave and antisymmetric
wind pattern do not change much. Therefore, the deepened
thermocline and unchanged ENSO activity are not the pos-
sible reasons for the enhancement of TIO warming.

Excluding the influence of ocean processes and their
subsequent wind pattern, the ENSO-related TIO warm-
ing is strengthened by the enhanced TT mechanism. And
strengthened TT response is possibly due to the increased
mean moisture content in global warming (Held and
Soden, 2006). Under global warming, higher tempera-
ture increases saturated specific humidity in the air. Since
the relationship between TT anomalies and saturated spe-
cific humidity is proportional, increased saturated specific
humidity leads to strengthened TT response. As a result,
despite the unchanged ENSO activity, the TT mechanism
is strengthened in the future.

Though the TT mechanism can explain the general tem-
perature structure change, it does not directly relate to

NHF changes. In this study, the NHF and its four com-
ponents related to the remote SST warming are examined.
The results reveal that there is more downward NHF over
the TIO, which is conducive to the TIO warming, and the
LHF change makes a great contribution to the NHF change
in global warming. The weakened upward or strengthened
downward LHF is possibly due to the decreased anoma-
lous sea–air temperature difference by strengthened TT
mechanism.

In the present, through TT mechanism is strengthened,
the SST anomalies over the TIO are also amplified due
to the shallower climatological thermocline in the SWIO.
Therefore, the anomalous sea–air temperature difference
does not have a significant change, and LHF also change
small. Unlike the reasons in the future, the enhanced
ENSO–IOBM relationship in the present is more likely
caused by the shallower climatological thermocline.

The conclusion that the ENSO-related TIO SST anoma-
lies are strengthened under global warming is convinc-
ing, which is consistent with Zheng et al. (2011). While
we interpret the enhanced ENSO–IOBM relationship by
TT mechanism in this study, the TT mechanism and it
contained various processes are very complicated. TT
mechanism is only one of the pathways that ENSO influ-
ences the Indian Ocean. The challenge for the response of
IOBM to ENSO in global warming is to understand what
changes of detailed processes in the TT mechanism are,
determine which pathway is most important in strength-
ened ENSO–IOBM relationship, and how each pathway
changes in global warming.
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Abstract The globally-averaged annual combined land and
ocean surface temperature (GST) anomaly change features a
slowdown in the rate of global warming in the mid-twentieth
century and the beginning of the twenty-first century. Here, it
is shown that the hiatus in the rate of global warming typically
occurs when the internally generated cooling associated with
the cool phase of the multi-decadal variability overcomes the
secular warming from human-induced forcing. We provide
compelling evidence that the global warming hiatus is a natu-
ral product of the interplays between a secular warming ten-
dency due in a large part to the buildup of anthropogenic
greenhouse gas concentrations, in particular CO2 concentra-
tion, and internally generated cooling by a cool phase of a
quasi-60-year oscillatory variability that is closely associated
with the Atlantic multi-decadal oscillation (AMO) and the
Pacific decadal oscillation (PDO). We further illuminate that
the AMO can be considered as a useful indicator and the PDO
can be implicated as a harbinger of variations in global annual
average surface temperature on multi-decadal timescales. Our

results suggest that the recent observed hiatus in the rate of
global warming will very likely extend for several more years
due to the cooling phase of the quasi-60-year oscillatory var-
iability superimposed on the secular warming trend.

1 Introduction

Since the industrial revolution, greenhouse gas concentration
in the atmosphere has been continuously increasing, which
has been considered as a cause for the centennial warming
trend of globally averaged surface temperature, especially
since 1950 (Meehl et al. 2007). However, the global annual
mean surface temperature has shown an apparent flattening
trend in the twenty-first century (Easterling and Wehner
2009; Foster and Rahmstorf 2011), which challenges the pre-
vailing notion that human-induced external forcing leads to
global warming.

Avariety of relevantmechanisms has been proposed for the
recent hiatus in the rate of global warming. Up to now, there
exist two schools of primary thoughts. One suggests that the
response to external forcing is a main cause for the recent
slowdown of global warming. The predominant reason in-
cludes the minimum in the recent total solar irradiance around
2009 as the sunspot number shows a much smaller decrease
and the 11-year sunspot cycle lasts a bit longer than usual
(Fröhlich 2012). Furthermore, some studies point out that
the dramatic increase in the “background” stratospheric aero-
sols since 2000 in the absence of major volcanic eruptions
(Solomon et al. 2011) and the rapid growth in tropospheric
short-lived sulfur aerosols between 1998 and 2008
(Kaufmann et al. 2011) also contribute to a slowdown in ra-
diative forcing and partially offset anthropogenic global
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warming. In addition, a negative radiative forcing due to a
significant decrease in the stratospheric water vapor concen-
tration since 2000 plays a key role in slowing the increase in
globally averaged surface temperature during 2000–2009
(Solomon et al. 2010). The other school of thought considers
that the internally generated variability of the climate system is
the cause of the hiatus in global warming, at least in part. For
instance, empirical model analysis demonstrated that La Niña-
related cooling had favored the recent hiatus through partially
offsetting the greenhouse gas-induced warming (Lean and
Rind 2009). Consistently, recent study implied that La Niña-
like decadal cooling in the eastern equatorial Pacific had
caused a remarkable flattening trend in global annual average
temperature from 2002 to 2012 (Kosaka and Xie 2013). There
are suggestions that significant heat has been taken up by the
oceans, especially in the Pacific (Balmaseda et al. 2013;
Watanabe et al. 2013), which is in close agreement with an
analysis of a global coupled climate model that showed that
the deep ocean heat had increased during the hiatus period
(Meehl et al. 2011). Therefore, there is no consensus within
the scientific community concerning reasons for the occur-
rence of the hiatus in global warming.

The purpose of this study was to examine the relative con-
tributions of a secular warming trend and a multi-decadal var-
iability to global warming hiatus. We aim to gain a better
understanding of the following questions. First, is the hiatus
in global warming a common occurrence? Second, what are
the relative roles of human-induced external forcing and inter-
nally generated multi-decadal variability? Finally, what are
precursor signal and indicator of the hiatus? Understanding
these questions has important implications for projecting the
hiatus.

The rest of the paper is arranged as follows. Section 2 de-
scribes the observational data sets and analysis methods used
in this study. Section 3 provides results on the range of the
hiatus in the rate of global warming, showing the contribu-
tions from the secular warming trend and the quasi-60-year
oscillatory variability tied to internally generated variability of
the climate system. It also demonstrates the role of human-
induced external forcing and internally generated variability in
the hiatus of global warming. Section 4 concludes with a sum-
mary of the main findings and a discussion of the results.

2 Materials and methods

2.1 Data sources

We obtained three observed global annual mean combined
land and ocean surface temperature (GST) anomaly data sets
for the period 1880–2012, including Hadley Centre–Climatic
Research Unit Version 4 (HadCRUT4; Morice et al. 2012)
with the base period 1961–1990 from the Hadley Centre/

Climate Research Unit gridded surface temperature data set
4, Merged Land-Ocean Surface Temperature Analysis
(MLOST; Smith et al. 2008) relative to the base period
1971–2000 from National Oceanic and Atmospheric Admin-
istration National Climate Data Center Merged Land-Ocean
Surface Temperature Analysis, and Goddard Institute of Space
Studies (GISS; Hansen et al. 2010) based on the period 1951–
1980 from National Aeronautics and Space Administration
Goddard Institute of Space Studies Surface Temperature Anal-
ysis, respectively. The HadISST sea surface temperature
(SST) data set (Rayner et al. 2003) was obtained during
1880–2012 from the Hadley Centre/Climate Research Unit
in the UK. Global CO2 concentrations as observed at Mauna
Loa are available during 1958–2012.

We apply the complete ensemble empirical mode decom-
position (CEEMD) (Torres et al. 2011) to the time series of
GSTanomalies to extract the multi-decadal variability (MDV)
and the secular trend (ST), as defined by intrinsic mode func-
tion (IMF), natural amplitude-frequency-modulated oscillato-
ry functions. The details of the CEEMD are further described
below. Besides, the sum of the MDVand the ST used here is
defined as MDV+ST. In order to assess the statistical signifi-
cance of the MDVand the ST, we utilize a statistical method
that considers the energy of an IMF as a function of mean
period of the IMF, tested against white noise (Huang and
Wu 2008).

The monthly global mean SST (taken here to be 60° S–60°
N) were removed to separate the actual Atlantic multi-decadal
oscillation (AMO) signal and the actual Pacific decadal oscil-
lation (PDO) signal from any global warming signal that may
be present in the data. The AMO index during 1880–2012was
calculated by averaging detrended annual mean SST anoma-
lies over the North Atlantic region (0°–60° N, 80°W–0°). The
PDO index during 1880–2012 was derived from the standard-
ized leading PC for the first EOF of detrended SST anomalies
in the North Pacific domain (20° N–70° N, 110° E–80° W).
Subsequent AMO index and PDO index discussed in this
study are given by smoothing from a low-pass symmetric
filter with 13 total weights and a half-power point at 16-year
periods, with the reflective end points (Trenberth and Shea
2006).

2.2 Complete ensemble empirical mode decomposition

Assuming that an original signal x(t) satisfies two basic con-
ditions: (1) the number of extrema and the number of zero
crossing are equal or different at most by one and (2) the mean
value of the lower and upper envelop is zero everywhere; then
it can be decomposed into a finite number of intrinsic mode
functions (IMFs) or modes by empirical mode decomposition
(EMD) (Huang et al. 1998).

If x[n] is the targeted data, each xi[n] (i=1,…, I) is
decomposed independently from the other realizations and
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so for each one, a residue rk
i [n]=rk− 1

i [n]−IMFk
i [n] (1) can be

obtained. Here, the decomposition modes will be defined as

IM Fk , then the first residue is calculated as r1 n½ � ¼ x n½ �−
IMF1 n½ � (2). We further compute the first EMD mode over
an ensemble of r1[n] plus different realizations of a given

noise obtaining IMF2 by averaging. The second residue is

defined as r2 n½ � ¼ r1 n½ �−IMF2 n½ � (3). This procedure will
continue with the rest of the modes until the stopping criterion
is reached.

We define the operator Ej(⋅) which produces the jth mode
obtained by EMD when giving a signal x[n]. Also, let us
consider wi as white noise with N(0,1). The CEEMD algo-
rithm can be described as:

1. Apply EMD to decompose I realizations x[n]+ε0ω
j[n] to

obtain their first modes:

IMF1 n½ � ¼ 1

I

XI

i¼1

IMFi1 n½ �

2.Use Eq. (2) to calculate the first residue at the first stage (k=
1).

r1 n½ � ¼ x n½ �−IMF1 n½ �

3.Continue to decompose realizations r1[n]+ε1E1(ω
i[n]), i=1,

...., I, until their first EMD and calculate the second mode as

IMF2 n½ � ¼ 1

I

XI

i¼1

E1 r1 n½ � þ ε1E1 ωi n½ �� �� �

4. For k=2,...., K, calculate the kth residue as

rk n½ � ¼ r k−1ð Þ n½ �−IMFk n½ �

5. Continue to decompose realizations rk[n]+εkEk(ω
i[n]), i=1,

...., I, until their first EMD and calculate the (k+1)-th mode as

IMFkþ1 n½ � ¼ 1

I

XI

i¼1

E1 rk n½ � þ εkEk ωi n½ �� �� �

6. Go back to step 4 for the next k.

Steps 4 to 6 are continually performed until the obtained
residue does not have at least two extrema and is no longer to

be decomposed. The final residue can be defined as

R n½ � ¼ x n½ �−
XK

k¼1

IMFk ;

with K as the total number of modes. Thus, the original
given signal x[n] can be defined as

x n½ � ¼
XK

k¼1

IMFk þ R n½ �

In this study, considering that the observed global annual
mean surface temperature anomaly data sets are obtained from
combined land and ocean surface temperature, noise standard
deviation of ε=0.3, and an ensemble size of I=1000 are used
(Huang and Wu 2008).

2.3 Statistical test analysis

Here, we assume that the time series used in this study are
quasi-stationary when testing a sample correlation between
two auto-correlated time series X and Y at a given lag k, de-
noted rXY(k). Meanwhile, we assume a null hypothesis of no
correlation at all given lags. The effective number of degrees
of freedom, Neff of rXY(k) for the time series X and Y is esti-
mated using the modified Chelton method (Li et al. 2012;
Pyper and Peterman 1998) in order to test the significance of
the correlation between two auto-correlated time series. Neff is
calculated by the following theoretical approximation:

1

N eff ≈
1

N
þ 2

N

XN

j¼1

N− j
N

ρXX jð ÞρYY jð Þ; ð1Þ

where N is the sample size and ρXX(j) and ρYY(j) are the
autocorrelations of two sampled time series X and Yat time lag
j, respectively. GivenNeff, the standard critical value for rXY(k)
at the α significance level can be obtained from the t distribu-
tion for either one- or two-tailed tests. The solution is as fol-
lows:

rcrit ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
t2
α;N eff

.
t2
α;N eff þ N eff

� �r
: ð2Þ

When rXY(k) is bigger than rcrit, the correlation between two
sampled time series X and Y at a lag k is considered highly
significant at the α level.
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3 Results

3.1 Statistical significance test of MDVand ST

In Fig. 1, we use the CEEMD to decompose the observed
global mean surface temperature (GST) anomalies, combined
land and ocean time series derived from HadCRUT4, GISS,
and MLOST data sets, which cover the period of 1880

through 2012. As can be seen, the GST anomaly time series
from all the three datasets are decomposed into seven IMFs.
The IMF modes exhibit oscillatory behavior with varying am-
plitudes and frequencies. The first three IMFs (IMF1, IMF2,
and IMF3) contain high-frequency information on inter-
annual timescales (less than 10 years). The fourth IMF
(IMF4) corresponds to decadal timescales with a mean period
of 13 years. And the fifth IMF (IMF5) corresponds to decadal

Fig. 1 CEEMD decompositions of the time series of observed global
annual mean combined land and ocean surface temperature anomalies
for the period 1880–2012. In each panel, the top black curve shows the

raw time series and the next seven black curves represent CEEMD
components (IMFj, j=1,…,7) from high frequency to low frequency. a,
b, c for HadCRUT4, GISS, and MLOST, respectively
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to inter-decadal timescales with a mean period of 24 years. In
addition, the sixth IMF (IMF6) approaches multi-decadal
timescales with a mean period of quasi-60 years, and the sev-
enth IMF (IMF7) represents a monotonically increasing func-
tion of time that seems to be trend-like in nature. Here, the
characteristics of interest in this study get involved in the
IMF6 and IMF7, which are referred to as MDV and ST,
respectively.

To determine whether or not the MDV and ST time series
recovered from the GST anomaly time series containing sig-
nificant signals that can be distinguished from background
noise of the climate system, we investigate statistical signifi-
cance of the MDVand ST time series extracted using an adap-
tive method such as the CEEMD. In Fig. 2, we evaluate the
statistical significance of the MDV and ST time series. The
MDVand the ST time series from GST anomalies time series
(based on all the three data sets used here) are shown to be
evidently distinguishable from white noise at above the 99 %
confidence level and are in this sense statistically significant
with reference to the white noise null hypothesis (Fig. 2). This
provides a strong evidence of the statistical significance of the
MDV and ST time series extracted from the CEEMD. Our
results constitute proof that the MDV and ST obtained here
can be considered as distinct from stochastically forced cli-
mate variability driven by weather noise (white noise). Mean-
while, it also demonstrates that the MDV and ST time series
derived from GST anomaly time series are not sensitive to
different observational data sets and hold indeed important
climate signals that can be separated from background noise.

3.2 The hiatus in global warming

The time series of GST anomalies, MDV+ST, ST, and MDV
during 1880–2012 from HadCRUT4, GISS, and MLOST, re-
spectively, are shown in Fig. 3. It can be seen that all the time
series of GST anomalies (Fig. 3, black solid line) and MDV
(Fig. 3, green dashed line) from three data sets exhibit an
obvious warming-cooling-warming (WCW) pattern
(Thompson et al. 2010) in the twentieth century and a recent
slowdown in the globally averaged annual surface tempera-
ture warming trend (Swanson and Tsonis 2009). Specifically,
all the time series of MDV display a multi-decadal oscillatory
variability, marked by a clear quasi-60-year long cycle. It is
likely that oceanic modes ofmulti-decadal oscillatory variabil-
ity play a prominent role in causing theMDV. And all the time
series of ST (Fig. 3, blue dashed line) reveal a nearly mono-
tonic warming trend, which to a large part coincides with the
increase rate of global warming due to the buildup of green-
house gas concentrations. It is also noted that all the time
series of MDV+ST (Fig. 3, red solid line) superimposed on
the GST anomaly time series show a marked WCW-like pat-
tern in the twentieth century. In addition, the MDV+ST time
series are characterized by a hiatus in the mid-twentieth cen-
tury and a recent slowdown of global warming. For example,
HadCRUT4 MDV+ST (Fig. 3a) has a slope of −0.0021 °C/
year from 1948 to 1968 and has a trend of cooling 0.0016 °C/
year during 2009–2012. GISS MDV+ST (Fig. 3b) displays a
decreasing trend of −0.0014 °C/year from 1946 to 1960 and
−0.0387 °C/year over the years 2010–2012. For MLOST
(Fig. 3c), a trend of cooling of 0.0003 °C/year is seen from
1941 to 1969 and a slope of −0.0014 °C/year is observed
during 2009–2012. It should be noted that observed SST
datasets had sparse coverage for the period during and shortly
after World War II (Chowdary et al. 2012; Izumo et al. 2014;
Thompson et al. 2008) because SST datasets were sampled on
board ships based on variousmeasurement techniques, includ-
ing measurements taken from insulated and uninsulated
buckets (UK ships) and engine room intake (US ships). In
order to reduce observational uncertainty due to sampling er-
rors, the quality control has been used to reconstruct global
mean combined land and ocean surface temperature datasets.
Additionally, the three datasets have been successfully
employed to monitor the Earth’s climate in the Inter-
government Panel on Climate Change Fifth Assessment Re-
port. Thus, our results discussed in this study, in some sense,
are qualitatively unaffected by the data gap during World War
II and a few years thereafter. The results above are suggestive
of a common hiatus in the rate of global warming. The hiatus
phenomenon typically occurs when a cooling contribution
from a quasi-60-year multi-decadal oscillation overwhelms
the long-term warming trend from external forcing. Our re-
sults also suggest that global warming hiatus may be a natural
product of the interplay between a long-term warming trend

Fig. 2 Statistical significance test of the MDV and ST time series from
GST anomaly time series for HadCRUT4, GISS, and MLOST,
respectively, against white noise null hypotheses. The dots indicate the
MDVand ST time series from different data sets by different colors. Each
sign denotes the mean normalized energy of the MDV (ST) as a function
of mean period of the MDV (ST). The red dashed line and the blue
dashed line illustrate the 99th and 95th percentiles of noise intrinsic mod-
el function mean normalized energy distribution as a function of mean
period, respectively. Any sign (the MDVor ST) that stays above the red
dashed line is referred to as statistically significant at the 99% confidence
level

The global warming hiatus—a natural product of interactions 353



and a cooling phase of a multi-decadal oscillatory variability
(quasi-60-year period), as evidenced by the qualitatively sim-
ilar results (Wu et al. 2011).

3.3 Human-induced external forcing and internally generated
variability

Results of climate model simulations have shown that the
MDV is a natural mode of internally generated variability of
the climate system, originating primarily from changes in oce-
anic circulation, for example, the dominant internal multi-
decadal variability related to the Atlantic multi-decadal oscil-
lation (AMO) in the North Atlantic is characterized by sea
surface temperature anomalies of the same sign from the equa-
tor to the high latitudes, with some cooling in the subpolar
regions of the North Atlantic (Latif et al. 2004), and the pre-
dominant intrinsic inter-decadal variability tied to the Pacific

decadal oscillation (PDO) in the North Pacific is characteristic
of the warm phase with cooling in the central North Pacific
and warming along with the west coast of the Americas, and
the cool phase opposite of the warm phase (Mantua and Hare
2002). Also, the ST is largely caused by the response to the
buildup of anthropogenic greenhouse gas concentrations
(Swanson et al. 2009). In order to capture some implications
of the physical processes that may contribute to the MDVand
the ST, we regressed the global annual sea surface temperature
(SST) anomaly field onto the standardized MDVand ST time
series for the period 1880–2012. Regression maps for
HadCRUT4, GISS, and MLOST are displayed in Fig. 4. Par-
amount signals in the regression pattern for the MDV are re-
stricted to the North Atlantic region and the North Pacific
sector, especially over the extratropical North Atlantic, the
west coast of the North America, and the east coast of East
Asia with positive regression coefficients (Fig. 4a, c, e). Our

Fig. 3 Shown are GST
anomalies, MDV+ST, ST, and
MDV time series from 1880 to
2012. a For HadCRUT4, the
black solid line indicates the GST
anomaly time series; the red solid
line shows the MDV+ST time
series; the blue dashed line
denotes the ST time series; the
green dashed line represents the
MDV time series; black vertical
dashed lines are shown to mark
the MDV+ST polarity reversal
times in 1947, 1969, and 2009. b
Same as a but for GISS (polarity
reversal times in 1946, 1961, and
2009). c Same as a but for
MLOST (polarity reversal times
in 1940, 1970, and 2009)
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research has identified compelling evidence that the Pacific
decadal timescale variations may be specifically tied to cli-
mate change related to global warming (Trenberth and Hurrell
1994), and the North Atlantic-Arctic sector could have con-
siderably contributed to a hemispheric and even a global scale
surface air temperature response to multi-decadal timescale
surface flux anomalies simulated by climate model experi-
ments (Semenov et al. 2010). Both observations (Polyakov
et al. 2010) and climate model simulations (Knight et al.
2005) imply that episodes of rising and falling SST over the
North Atlantic are associated with variations in the intensity of
the thermohaline circulation, as inferred from the SST pattern
for the MDV depicted in Fig. 4a, c, e. The regression pattern
for the ST in Fig. 4b, d, f shows worldwide warming except
for some patched areas where slight cooling has appeared,
e.g., parts of the Southern Ocean, parts of equatorial central
and eastern Pacific, and the northwestern North Atlantic

Ocean, which is due in large part to the response to anthropo-
genic forcing over the most of global oceans (Ting et al.
2009). Our results in Fig. 4 and the statistical analysis of
CMIP3 control runs and forced runs (DelSole et al. 2011)
highlight that the ST is largely caused by human-induced ex-
ternal forcing, particularly CO2, and the MDV mostly arises
from internally generated multi-decadal variability of the cli-
mate system, simultaneously with the ST. Additionally, these
results lend credence to the view that the ST and the MDV
may be meaningful for representing the anthropogenic and
internal components of GST on multi-decadal timescales.

Previous observational and modeling studies have shown
that there exists an apparent linkage between a multi-decadal
oscillation in the North Atlantic (a AMO-like mode) and east-
ern North Pacific non-ENSO sea surface temperature anomaly
variability (a PDO-like mode) (Mestas-Nuñez and Enfield
1999). Enfield et al. (2001) also reported that the correlations

Fig. 4 Regressions of global annual sea surface temperature (SST)
anomalies for 1880–2012 with standardized time series of the MDV
and ST. a, c, e Global annual SST anomalies regressed onto the standard-
ized MDV time series from HadCRUT4, GISS, and MLOST,

respectively. b, d, f Global annual SST anomalies regressed onto the
standardized ST time series from HadCRUT4, GISS, and MLOST, re-
spectively. The annual SSTanomalies are calculated as departure from the
1961–1990 climatology
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between the AMO index and sea surface temperature anomaly
in the Pacific, especially of 40° N, were high, and the sea
surface temperature anomaly signal may enhance the multi-
decadal oscillation mode in the North Atlantic. Guan and
Nigam (2009) further highlighted that a considerable portion
of the North Atlantic multi-decadal variability stemmed from
the Pacific links. Regression pattern of annual SST anomalies
on the AMO index (Fig. 5a) suggests some significant con-
nection between the AMO and SST anomalies in Southern
Ocean and the North Pacific SST variability (Ting et al.
2009). In addition, the PDOmode also reveals surprising con-
nections to the North Atlantic, with high correlations resem-
bling the AMO mode (Fig. 5b), as confirmed in previous
study (Guan and Nigam 2008). To some extent, it is argued
that an atmospheric teleconnection between the North Atlantic
and the North Pacific plays a key role in mediating the rela-
tionship between the AMO and the PDO (Trenberth et al.
2014), for example, through AO/NAO. Determining the na-
ture and realism of the AMO and the PDO in coupled ocean-

atmosphere models is a crucial next step leading to a better
understanding of the relationship between the AMOmode and
the PDO mode. Further work on the AMO and the PDO dy-
namics and their predictability is warranted.

To further substantiate the close relationship between the
STand CO2 concentrations, as well as the MDVand the PDO,
and the AMO, respectively, we compare time series of the ST
and CO2 concentrations, theMDVand the PDO index, and the
AMO index in Fig. 6. It is clear that the ST and the MDV
exhibit some slight differences in amplitude and shape during
1880–2012 in Fig. 6a, b, c in large part because different data
products and different methods have been applied to homog-
enize surface air temperature over land and sea surface tem-
perature over ocean. Fortunately, it is not likely to qualitative-
ly influence the results that we present in this study. The ST
and CO2 concentrations display a strong upward trend from
1958 onward (Fig. 6a), implying that the buildup of anthropo-
genic greenhouse gas concentrations projects largely on the
ST, as shown in Fig. 4b, d, f. Moreover, it is obvious from

Fig. 5 a Regression pattern of
global annual sea surface
temperature (SST) anomalies (the
global mean SST anomaly re-
moved) on standardized time se-
ries of the annual mean AMO in-
dex, based on the HadISST data
set for the period 1880–2012. b
Same as a but for the annual mean
PDO index
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Fig. 6b that the annual mean PDO index and the MDV show a
phase lag of about 10–20 years (the PDO index leading the
MDV time series). As shown in Fig. 7a, the maximum posi-
tive correlation coefficients (all exceeding 0.58, although
slightly different for each of the MDV time series, significant
at the 90 % confidence level) occur at a lead of approximately
16 years (the PDO index leading the MDV time series). The
simultaneous correlation coefficients are near zero (Fig. 7a).
Meanwhile, it is also notable that the multi-decadal fluctua-
tions of annul mean AMO index appear to be largely in phase
with those of the MDV time series (Fig. 6c). As is evident in
Fig. 7b, the maximum correlation coefficients (all exceeding
0.73, significant at the 90 % confidence level) are observed
between the AMO index and the MDV time series at zero lag,
and no significant correlations are found when the AMO in-
dex leads (lags) the MDV time series. As theMDV is largely a
reflection of internally generated multi-decadal variability of
the climate system associatedwith the PDO and the AMO, our
study implies that global warming hiatus is largely a natural
product of interactions of a long-term warming contribution

from the increase of anthropogenic greenhouse gas concentra-
tions and the cooling phase of quasi-60-year oscillation con-
nected with the AMO and the PDO. The occurrences of the
hiatus in the rate of global warming typically occur when the
secular warming from human-induced forcing are
overwhelmed by internally generated cooling associated with
the AMO and the PDO.

3.4 The harbinger and indicator of the hiatus phenomenon

In the following, we will focus on the close link between the
GST anomalies and the PDO index, and the AMO index,
respectively. The impact of the AMO on surface air tempera-
ture over much of the globe has been studied extensively in
observations and numerical simulations (Zhang et al. 2007).
And the PDO also has an indirect influence on continental and
global surface air temperature (Mantua et al. 1997). As seen in
Fig. 7c, the correlations between the annual mean PDO index
and the MDV+ST time series are explicitly positive (approx-
imately 0.30, although not significant at 90 % confidence

Fig. 6 CO2 concentrations from
1858 to 2012, the MDV, the ST,
and smoothed annual mean PDO
and AMO indices during 1880–
2012. a Time series of the ST
fromHadCRUT4 (navy blue solid
line), GISS (magenta solid line),
and MLOST (green solid line),
respectively. The red solid line
denotes observed atmospheric
CO2 concentration time series
(×102 ppmv) in the Manua Loa. b
Time series of the MDV from
HadCRUT4 (navy blue solid
line), GISS (magenta solid line),
and MLOST (green solid line),
respectively. The red solid line
shows the annual mean PDO
index. c Same as b except that the
red solid line represents the
annual mean AMO index (°C)
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level) when the PDO index leads the MDV+ST time series by
around 16 years, which is in close agreement with the lead
correlations between the PDO index and the MDV time series
(Fig. 7a). On the other hand, the most significant positive
correlations (exceeding 0.86, at 90 % confidence level) are
found between the annual mean AMO index and the MDV+
ST time series at lag zero (Fig. 7d). In addition, the PDO and
the AMO are not completely independent, and they may have
unassailable relevance via an atmospheric bridge or remote
forcing, as discussed in Fig. 5. High correlation coefficients
(approximately 0.53, significant at 90 % confidence level) are
obtained between the annual mean PDO index and the annual
mean AMO index at about 22-year lead (Fig. 7e). The 16-year
lead of the PDO index compared to the MDV+ST time series
implies that it can be regarded as a useful harbinger of con-
currence of a secular warming trend and a quasi-60-year pe-
riod multi-decadal oscillatory variation. Likewise, a coinci-
dence of the annual mean AMO index and the MDV+ST time
series suggests that the AMO can be considered as an instan-
taneous indicator of variations of GST anomalies on multi-

decadal timescales. These results provide further evidence that
we can use the PDO and AMO signal to give an advance
projection of the multi-decadal oscillatory variation of GST
anomalies by establishing a dynamical model with relevant
physical interpretations. According to the quasi-60-year peri-
od oscillation superimposed on the ST, our results suggest that
there is a chance that the recent observed slowdown in the rate
of global warming could potentially continue and it is very
likely that the recent hiatus will extend for several more years.
Similar projection that the recent observed hiatus of North
Hemisphere tends to last until 2027 has been verified (Li
et al. 2013). The projection will need to be further investigated
by climate dynamic model.

4 Conclusions and discussions

Our results demonstrate that the observed globally aver-
aged annual combined land and ocean surface temperature

Fig. 7 a Lead-lagged correlation between the annual mean PDO index
and the MDV time series during 1880–2012 for HadCRUT4 (navy blue
solid line), GISS (magenta solid line), and MLOST (green solid line).
Negative (positive) lags mean that the annual mean PDO index leads
(lags) the MDV time series. The navy blue, magenta, and green dashed
lines denote the 90 % confidence levels for HadCRUT4, GISS, and
MLOST, respectively, using the effective number of degrees of freedom.

b Same as a but for the annual mean AMO index and the ST time series. c
Same as in a but for the annual mean PDO index and the MDV+ST time
series. d Same as c but for the annual mean AMO index and the MDV+
ST time series. e Lead-lagged correlation between the annual mean PDO
and AMO index during 1880–2012 (red solid line). The red dashed line
denotes the 90 % confidence level
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anomalies have stayed flat in the mid-twentieth century
and the beginning of the twenty-first century by examin-
ing time series of the MDV, the ST, and the MDV+ST
recovered from CEEMD of GST anomalies from
HadCRUT4, GISS, and MLOST during 1880–2012. Fur-
thermore, it is shown that the occurrences of the hiatus in
the rate of global warming are a natural product of the
interplay between a secular warming contribution from
the buildup of anthropogenic greenhouse gas concentra-
tions and the unprecedented cooling phase of a quasi-60-
year cycle multi-decadal oscillatory variation associated
with the AMO and the PDO. The ST is predominantly
caused by the increasing anthropogenic greenhouse gas
concentrations, especially CO2 concentrations, and the
MDV is in large part due to internally generated multi-
decadal variability of the climate system associated with
the AMO and the PDO. Our results reveal that the PDO
index leads the MDV+ST time series by around 16 years,
and the AMO index is almost in phase with the MDV+ST
time series. These results also highlight that the PDO can
be served as a useful precursor signal in the projected
variations of GST anomalies on multi-decadal timescales.
Meanwhile, the AMO can be used as an implemental in-
dicator of the multi-decadal oscillatory variation of GST
anomalies. Our study suggests that there is a chance that
the recent observed hiatus could potentially continue, and
it is very likely that the current observed slowdown in the
rate of global warming will extend for several more years,
as indicated by the maintained cooling phase of the
MDV+ST from HadCRUT4, MLOST, and GISS.

Some limitations of our results should be acknowledged.
Firstly, the nature of the interplay between human-induced
external forcing and internally generated multi-decadal vari-
ability associated with the AMO and the PDO should deserve
more explicit considerations. Secondly, the associated physi-
cal interpretations underlying the influence of the PDO and
the AMO on the multi-decadal oscillatory variations of GST
anomalies remain unclear. Finally, how to establish a scientific
climate dynamical model for projecting the current hiatus du-
ration in global warming needs to be further investigated.
Future work of understanding the mechanisms, predictability,
and climate impacts of the AMO and the PDO is instrumental
for better modeling and future projection of global climate
change on multi-decadal timescales.
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Indian subcontinent, the rainfall-induced upper-troposphere 
cyclone over the subtropical Asia weakens the response of 
the SAH and leads to lower TSR; if not accompanied by 
negative rainfall anomalies, the TSR is higher. The decadal 
variability of the TSR is not subject to the global warm-
ing. In RCP45 and RCP85 scenarios, the TSR is also not 
directly affected by global warming. The rainfall over the 
Indian subcontinent is still a factor modulating the TSR. 
While, the western Pacific SST is invalid in the influences 
of the TIO SST on the SAH.

Keywords The tropical Indian Ocean · The South Asian 
High · Tropospheric temperature · Decadal variability

1 Introduction

In boreal summer, a high pressure system, called the South 
Asia High (SAH) or the South Asian Anticyclone, lies in 
the upper troposphere over the Tibetan Plateau and the 
surrounding area. It is the strongest and steadiest system 
in the upper troposphere (Mason and Anderson 1963; Li 
et al. 2005). Two causes mainly account for the forma-
tion of the SAH. One is the elevated heating of the Tibetan 
Plateau. In boreal summer, the Tibetan Plateau is a huge 
elevated heating source, which excites anticyclone in the 
upper troposphere (Duan and Wu 2005). The other cause 
is the South Asian monsoon rainfall. Using conceptional 
models, Hoskins and Rodwell (1995) and Qu et al. (2014) 
suggested that the latent heating associated with the South 
Asian monsoon rainfall also forms the anticyclonic circula-
tion in the upper troposphere over the subtropical Asia.

East Asia is one of the most highly populated regions. 
Severe floods and droughts, induced by the strong interan-
nual variability of the East Asia summer monsoon (Huang 

Abstract Based on Coupled Model Intercomparison 
Project phase 5 (CMIP5) models, present study investi-
gates the decadal variability of the tropical Indian Ocean 
(TIO) sea surface temperature (SST)–the South Asian High 
(SAH) relation (hereafter TSR) as well as its responses to 
the global warming. Out of the 17 CMIP5 models, only 
one (GFDL-CM3) reproduces reasonably the influence of 
the TIO SST on the SAH. In the historical simulations of 
GFDL-CM3, the TSR features fluctuations modulated by 
the western Pacific SST and the Indian subcontinent precip-
itation. When the TIO warming is accompanied by warm 
western Pacific, the western Pacific SST-induced tropo-
spheric warming propagates westwards, warms the tropo-
sphere surrounding the Indian Ocean, enhances SAH and 
leads to higher TSR; when accompanied by not so warmed 
western Pacific, the TSR is lower. While, if the TIO warm-
ing is accompanied by negative rainfall anomalies over the 
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et al. 1999), exert great societal and economic influence. 
The East Asian summer monsoon rainfall is closely linked 
to the western Pacific subtropical high (Tao and Chen 1987; 
Huang and Wu 1989; Huang and Sun 1992; Wu and Chen 
1998). The variation of the subtropical high follows that of 
the SAH (Tao and Zhu 1964; Jiang et al. 2011). On inter-
annual timescale, the intensified SAH, through emanating 
anomalous wave energy downstream, strengthens the sub-
tropical high (Zhao et al. 2009). Consequently, the rainfall 
decreases over the northwestern Pacific and increases over 
East Asia (Zhao et al. 2007; Zhang et al. 2005). In addi-
tion, studies suggested that the interannual variability of the 
SAH is associated with the South Asia monsoon, the mid-
Pacific trough, and the Mexico high (Zhang et al. 2005; 
Zhao et al. 2007).

The interannual variability of the SAH is shown to 
relate to the tropical Indian Ocean (TIO) sea surface 
temperature (SST) (Zhang et al. 2000; Yang et al. 2007; 
Huang et al. 2011). On interannual timescale, the TIO 
basin warms up after the peak of El Niño events through 
“atmospheric bridge” and oceanic dynamics (Du et al. 
2009; Klein et al. 1999; Xie et al. 2002). This warm-
ing persists to summer when El Niño has dissipated and 
exerts influences on climate (Annamalai et al. 2005; Yang 
et al. 2007; Xie et al. 2009). The persistent warming in 
summer, through convection and moist adjustment, heats 
the local troposphere column, forces the Kelvin wave to 
the east and affects the western North Pacific climate (Xie 
et al. 2009; Chowdary et al. 2011) as well as the East Asia 
climate (Hu et al. 2011, 2012). The warmed troposphere 

over the TIO corresponds to an elevated geopotential 
in the upper troposphere and leads to intensified SAH 
(Huang et al. 2011). The effect of the TIO on the SAH 
experienced intensification around the late-1970s (Qu and 
Huang 2012).

Greenhouse gases in the atmosphere have been increas-
ing since the Industrial Revolution, contributing to a rise 
in global surface temperature. Nevertheless, the rise is 
spatially uneven due to many factors, such as the diverse 
property of the earth surface (the small heat content of 
land and evaporation of the ocean; Sutton et al. 2007), the 
ice/snow albedo feedback (Manabe et al. 1990) and polar-
ward energy transport (Cai 2005). This tends to cause an 
inhomogeneous response in the atmosphere (Xie et al. 
2010a). The influences of the increasing greenhouse gases 
on climate are sophisticated. It is not understood how the 
effects of the TIO on the SAH behave under such a gradu-
ally warming climate or projected warmer scenario.

General circulation models provide the possibility to 
look into the problem. Coupled Model Intercomparison 
Project (CMIP) phase 3 models are capable to reproduce 
the SAH (Zhou et al. 2006, 2009). Besides, Du et al. 
(2013) evaluated the CMIP phase 5 (CMIP5) models and 
showed that the models have the ability to capture the 
oceanic/atmospheric process associated with the Indian 
Ocean basin warming (IOBM). However, the relation-
ship between SAH and TIO SST is not been studied using 
CMIP5 in both historical and global warming. The pre-
sent study aims to address the above problems using the 
CMIP5 models.

Table 1  Information of the climate models

From http://cmip-pcmdi.llnl.gov/cmip5/docs/CMIP5_modeling_groups.pdf

Model ID Ensemble member (historical) Ensemble member (RCP45) Ensemble member (RCP85) Atmospheric resolution

CanESM2 1, 2, 3 128 × 64

CNRM-CM5 1, 2, 3 256 × 128

CSIRO-Mk3-6-0 1, 2 192 × 96

FGOALS-s2 1, 2, 3 128 × 96

GFDL-CM3 1, 2 1 1 144 × 90

GFDL-ESM2G 1 144 × 90

GISS-E2-R 1, 2, 144 × 90

HadGEM2-CC 1 192 × 145

HadGEM2-ES 1 192 × 145

inmcm4 1 180 × 120

IPSL-CM5A-LR 1, 2, 3 96 × 96

MIROC-ESM 1, 2 128 × 64

MIROC-ESM-CHEM 1 128 × 64

MIROC5 1, 2, 3 256 × 224

MPI-ESM-LR 1, 2, 3 192 × 96

MRI-CGCM3 1, 2, 3 320 × 160

NorESM1-M 1 144 × 96

http://cmip-pcmdi.llnl.gov/cmip5/docs/CMIP5_modeling_groups.pdf
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Fig. 1  Summer mean 100 hPa geopotential height for 1979–2005. 
Topleft is the result of NCEP–NCAR reanalysis and the rest are the 
results of CMIP5 simulations (the model ID are on the top of each 
figure, the corresponding ensemble names are in parentheses). The 

pattern correlation coefficients with the NCEP–NCAR reanalysis 
over the domain are shown at the top-right corners of each figure. The 
units are m
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The paper is organized as follows: Sect. 2 introduces 
data and methods; Sect. 3 evaluates the performance of 
the CMIP5 models in simulating the SAH and its asso-
ciation with the Indo-Pacific SST, mainly the TIO SST; 
Sect. 4 explores the factors modulating the TIO SST–
SAH relation (TSR) from 1860 to 2005 in historical 
simulation; Sect. 5 investigates the decadal variability 
of the TSR and corresponding factors in warmer climate 
(the RCP45 and RCP85 runs); Sect. 6 summarizes the 
results.

2  Data and methods

This investigation is based on CMIP5 model outputs. The 
information for the CMIP5 models is listed in Table 1. 
The experiments analyzed in this study are historical, 
RCP45 and RCP85 simulations. The historical experi-
ments were conducted based on observed anthropogenic 
and natural forcing from the mid-nineteenth century to 
2005. In the RCP45 and RCP85 experiments, the CMIP5 
models were forced by gradual increased radiative forcing 

(a) (b)

(c)

Fig. 2  The taylor diagram of geopotential height at 100 hPa over the 
[15–45°N; 10–140°E]. a–c The results of r1i1p1, r2i1p1 and r3i1p1, 
respectively. The pattern correlation with the climatological pattern of 
the 100 hPa geopotential height based on NCEP–NCAR reanalysis 

over the domain is shown as the azimuthal position, while the radial 
distance indicates the standard deviation of the pattern of the 100 hPa 
geopotential height normalized by that based on NCEP–NCAR rea-
nalysis
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which stabilizes at 4.5 W m−2 in RCP45 and 8.5 W m−2 
in RCP85 after 2100 (Riahi et al. 2011; Thomson et al. 
2011). For detailed information, readers are referred to 
the following web site: http://cmip-pcmdi.llnl.gov/cmip5/. 
The ensemble members used in present study are list in 
Table 1. The analysis is focused on summer (i.e., June–
July–August) mean. The performances of CMIP5 mod-
els are evaluated against: (1) the National Centers for 
Environmental Prediction–National Center for Atmos-
phere Research (NCEP–NCAR) atmospheric reanalysis 
with a horizontal resolution of 2.5° × 2.5° (Kalnay et al. 
1996); and (2) the Hadley Center Global Sea Surface 
Temperature (HadISST) dataset with a horizontal resolu-
tion of 1.0° × 1.0° (Rayner et al. 2006). For convenience, 
the observational dataset and reanalysis are all called 
“observations”.

The present study focuses the interannual variability and 
its decadal change. Since long time variability is significant 
in both the Indo-Pacific SST and the SAH (Zhang et al. 
2000; Du and Xie 2008), the data have been detrended to 
eliminate the contribution of trends to the statistical results. 
Unless stated, the detrending is performed on the data of 
each target period, respectively. For instance, if the target 
period of analysis is from 1980 to 2005, the trend for this 
period is removed before the analysis.

3  Present‑day climate

In this section, the behaviors of the climatological pattern of 
the SAH and the influence of the Indo-Pacific SST (mainly the 
TIO SST) on the SAH in the CMIP5 models are examined.

(a) (b) (c) (d)

(e) (f) (g) (h)

(i) (j) (k) (l)

(m) (n) (o) (p)

(q) (r) (s) (t)

(u) (v)

Fig. 3  The correlation of normalized SAH intensity with the SST 
in preceding winter (N(0)D(0)J) during 1980–2005. The solid and 
dash contours denote the correlation coefficients 0.388 and −0.388, 
respectively. a NCEP–NCAR reanalysis and HadISST result, while 

b–v the CMIP5 model results (the model ID are on the top of each 
figure, the corresponding ensemble names are in parentheses). The 
numeral “0” denote the preceding year

http://cmip-pcmdi.llnl.gov/cmip5/
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3.1  The SAH climatology

First, the climatological pattern of the SAH is evaluated. 
Figure 1 displays the summer mean 100 hPa geopotential 
height for 1979–2005 in NCEP–NCAR reanalysis and the 
CMIP5 models. In NCEP–NCAR reanalysis, at 100 hPa, 
the SAH features a zonally elongated ellipse, with cent-
ers over the Tibetan Plateau and the Iran Plateau (Fig. 1a). 
Most CMIP5 models reasonably simulate the high. Based 
on the similarity of the spatial pattern, CanESM2 shows 
the best skill, with a pattern correlation coefficient of 
approximate 0.96; CNRM-CM5, FGOALS-s2, GISS-E2-R, 
HadGEM2-CC, HadGEM2-ES, inmcm4, MIROC-ESM 
and MIROC-ESM-CHEM exhibit lower skill; the similari-
ties in the rest models are reasonable (Fig. 2). The models 
that reproduce better the pattern of the thermal contrast, 
defined by the thickness between 100 hPa and 500 hPa, 
tend to yield better the SAH (figures not shown). Based 

on the standard deviation of the climatological pattern of 
100 hPa geopotential height over [15–45°N; 10–140°E], 
HadGEM2-CC and HadGEM2-ES are close to observa-
tion; GFDL-CM3 and GISS-E2-R simulate higher stand-
ard deviation, while the rest yield lower standard deviation 
(Fig. 2). The distances to the reference point at x-axis in 
Fig. 2 denote the root-mean-square differences between 
simulations and observation. CanESM2, CSIRO-Mk-3-6-0, 
GFDL-CM3, GFDL-ESM2G, IPSL-CM5A-LR, MIROC5, 
MPI-EMS-LR, MRI-CGCM3 and NorESM1-M exhibit 
relatively reasonable root-mean-square differences. For 
clarity, the other models are excluded for the following 
analysis.

3.2  Influence of the Indo-Pacific SST on the SAH

In observation, the interannual variability of the SAH is 
subjected to the influence of IOBM following El Niño in 

(a) (b) (c) (d)

(e) (f) (g) (h)

(i) (j) (k) (l)

(m) (n) (o) (p)

(q) (r) (s) (t)

(u) (v)

Fig. 4  The same as Fig. 3, except for JJA SST
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preceding winter after the late-1970s (Huang et al. 2011; 
Qu and Huang 2012; Yang et al. 2007; Zhang et al. 2000). 
Here, we evaluate the relation between the SAH and the 
Indo-Pacific SST (mainly the TIO SST) in CMIP5 model 
simulations. The TIO SST is defined as the regional aver-
aged SST over the domain [20°S–20°N; 40°E–100°E] 
with latitudinal weight; the SAH is defined as geo-
potential height averaged over the domain [15°N–45°N; 
10°E–140°E].

Most of the CMIP5 models are capable of reproducing 
the SST anomalies during the preceding winter in the years 
when the SAH is intensified. During the preceding winter, 
significant warming exists over the eastern Pacific and the 
TIO basin in observation (Fig. 3a). The IOBM arises from 
El Niño-induced cloud and shortwave radiation change and 
ocean waves (Klein et al. 1999; Xie et al. 2002). All the 
CMIP5 models are able to reproduce the previous ENSO, 

except that NorESM1-M do not show reasonable SST 
anomaly pattern in the eastern Pacific; several ensembles 
do not well reproduce the ENSO pattern, such as r1i1p1 
of GFDL-CM3, r2i1p1 and r3i1p1 of IPSL-CM5A-LR and 
r2i1p1 of MRI-CGCM3 (Fig. 3b–v). The CMIP5 models 
generally exaggerate the ENSO–SAH relation. The IOBM 
during the winter is simulated in most of the CMIP5 mod-
els except for IPSL-CM5A-LR (r1i1p1, r2i1p1 and r3i1p1) 
and MRI-CGCM3 (r1i1p1, r2i1p1 and r3i1p1) (Fig. 3b–v). 
In the models capable of reproducing El Niño, the warming 
extends unexceptionally far westwards. This may be due to 
the westward extension bias of the Pacific cold tongue in 
the climate models (Li and Xie 2014; Du et al. 2013).

Quite few CMIP5 models can reproduce the simulta-
neous SST features associated with the year-to-year vari-
ability of the SAH. During the summer following El Niño, 
apparent SST anomalies dissipate over the eastern Pacific, 

(a) (b) (c) (d)

(e) (f) (g) (h)

(l)(k)(j)(i)

(m) (n) (o) (p)

(t)(s)(r)(q)

(u) (v)

Fig. 5  The same as Fig. 4, except for JJA velocity potential at 200 hPa
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and significant warming exists over the TIO (Fig. 4a). 
Most models are able to reproduce the IOBM except for 
MRI-CGCM3 and NorESM1-M; several ensembles of the 
models do not well simulate the basin warming, such as 
r1i1p1 of GFDL-CM3, r1i1p1 and r3i1p1 of IPSL-CM5A-
LR (Fig. 4b–v). Most ensembles fail to reproduce the SST 
anomalies over the Pacific. All the ensembles in CanESM2, 
CSIRO-Mk3-6-0, GFDL-ESM2G and MPI-ESM-LR, as 
well as r1i1p1 and r2i1p1 of IPSL-CM5A-LR and r2i1p1 
and r3i1p1 of MIROC5, exhibit significant warming over 
the Pacific. All the ensembles of GFDL-CM3, MRI-
CGCM3 and NorESM1-M display relatively reasonable 
SST anomalies over the Pacific.

Figure 5 displays the correlation of the SAH intensity 
with the simultaneous velocity potential at 200 hPa dur-
ing 1980–1995. In the observations, if the SAH intensified, 

negative velocity potential anomaly exists over the Indian 
Ocean, while positive anomaly over the Pacific (Fig. 5a), 
indicating the dominance of the TIO SST over the tropi-
cal Pacific. Among the CMIP5 models, all the ensembles 
of GFDL-CM3 and NorESM1-M, as well as the r3i1p1 
of IPSL-CM5A-LR, are able to reasonably reproduce the 
velocity potential pattern in the upper troposphere; the oth-
ers fail to reproduce the large-scale pattern (Fig. 5b–v).

The associated tropospheric temperature response is 
reasonably reproduced in most of the models. The tropo-
spheric temperature, defined as mean temperature between 
100 and 850 hPa, acts as a medium in the influence of the 
Indian Ocean SST on the SAH. In tropical atmosphere, the 
temperature approximately follows the moist adiabatic pro-
file, determined by equivalent potential temperature in the 
planetary boundary layer (Emanuel et al. 1994, 1997). As 

(a) (b) (c) (d)

(e)(e) (f) (g) (h)

(i) (j) (k) (l)

(m) (n) (o) (p)

(q) (r) (s) (t)

(u) (v)

Fig. 6  The simultaneous correlation of normalized SAH intensity 
with the tropospheric temperature during 1980–2005. a The NCEP–
NCAR reanalysis result, while b–v the CMIP5 model results (the 

model ID are on the top of each figure, the corresponding ensemble 
names are in parentheses)
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the TIO basin warms in the summer following El Niño, 
the surface equivalent potential temperature increases, the 
whole troposphere column warms, forcing Kelvin wave 
response to the east of the Indian Ocean, like a wedge pen-
etrating into the equatorial Pacific (Xie et al. 2009); the 
tropospheric warming above the TIO basin leads to elevated 
height over South Asia and thus the enhanced SAH (Huang 
et al. 2011). It is evident in Fig. 6a. Out of the CMIP5 mod-
els, only one model (MRI-CGCM3) does not reasonably 
reproduce IOBM-induced Kelvin wave response (Fig. 6b–
v). In NorESM1-M, despite resemblances of the Kelvin 
wave and tropospheric temperature response over the TIO 
to the observation (Fig. 6v), the underlying basin warming 
is not clear (Fig. 4v); the response may not be the impacts 
of IOBM. The CMIP5 models generally overestimate the 
tropospheric temperature response, which may result from 
the exaggerated tropospheric temperature–SST relation in 
the models (figures not shown).

Based on the above results, the r2i1p1 of GFDL-CM3 
most reasonably reproduces and the climatology of the 

SAH and the anomalous features associated with the 
enhancement of the SAH during 1980–2005, includ-
ing the preceding El Niño and simultaneous evanishment 
of El Niño, below normal velocity potential, tropospheric 
warming over the Indian Ocean. Therefore, GFDL-CM3 is 
capable to reproduce the relevant features of the SAH and 
IOBM and is proper to study the TSR.

4  Decadal change in the influences

Owing to ENSO and the Southwestern Indian Ocean ther-
mocline change, the influences of the Indian Ocean SST on 
systems in the surrounding regions, including the SAH, are 
intensified around the late 1970s (Huang et al. 2010; Qu 
and Huang 2012; Xie et al. 2010b). Does the accompanied 
global warming modulate the decadal change of the influ-
ence? In this section, we aim to address this question.

Our analyses suggested that global warming does not 
directly affect the decadal change of the TSR, in the past 

(a) (b)

(c) (d)

(f)(e)

Fig. 7  a, b The 21-year sliding correlation coefficient between the 
TIO SST and the SAH (black solid line) and correlation coefficient 
between the TIO SST and the western Pacific [20°S–20°N; 120°–
180°E] SST (black dash line). The 21-year sliding standard deviation 

(c, d) and average (e, f) of the TIO SST. The long (short) thin dash 
lines in a and b mean the correlation reaching 95 % (99 %) signifi-
cance level. The results are based on GFDL-CM3 historical run. a, c, 
e The results of r1i1p1; b, d, f the results of r2i1p1
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about 150 years. Figure 7 shows the 21-year sliding cor-
relation coefficient between the TIO SST and the SAH 
in GFDL-CM3. In r1i1p1, the TSR gradually weakens 
from the late-nineteenth century to the end of historical 
simulation, opposite to global warming trend. However, 
in r2i1p1, the TSR generally displays positive trend. 

The TSR in the two ensembles show different relation 
with global warming. It implies that the TSR fluctua-
tion may not be directly modulated by global warming, 
but is likely due to internal variability. The result is simi-
lar to the decadal variability of ENSO-TIO climate in 
Chowdary et al. (2012).

(a) (b)

(c) (d)

(e) (f)

Fig. 8  The correlation of the TIO SST index (a, c) and SAH (b, d) 
with the JJA Indo-Pacific SST in GFDL-CM3 historical run. a, b The 
results during TSR is higher; c, d the results during TSR is lower. e 2 
times the result of a minus c. f 2 times the result of b minus d. Solid 
(dash) contours in a–d mean the positive (negative) results reaching 

95 % significance level. Solid contoursin e and f mean the results are 
zero. The results are based on the combination of r1i1p1 and r2i1p1. 
A 9-year running average has been used to remove longer variation of 
the raw data. Spatial 9-point smooth is performed for clarity

Table 2  The corresponding years of higher and lower cases in each ensembles of GFDL-CM3 in historical simulation

a The 31 cases are selected for it equals the 30th of the 21-year sliding TSR in descent order

Simulations Ensemble Case (number) Years

Historical r1i1p1 Higher cases (30) 1870, 1871, 1875–1893, 1944–1948, 1965, 1966, 1969, 1970

Lower cases (30) 1911, 1912, 1924–1927, 1939, 1953, 1974–1995

r2i1p1 Higher cases (31)a 1944–1963, 1966, 1982, 1983, 1987–1991, 1993–1995

Lower cases (30) 1870–1873, 1901–1923, 1928–1932

RCP45 r1i1p1 Higher cases (30) 2053–2065, 2067–2074, 2077–2087

Lower cases (30) 2016–2030, 2035–2045, 2049, 2050, 2089, 2090

RCP85 r1i1p1 Higher cases (30) 2016–2025, 2030–2033, 2035–2038, 2078–2090

Lower cases (30) 2026–2028, 2040–2044, 2048–2057, 2059, 2060, 2064–2070, 2075–2077
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The explanations to the observed change of the TIO 
influence in late 1970s cannot be applied to the decadal 
variability in the whole historical results of the model. Qu 
and Huang (2012) addressed the TIO influence change on 
SAH in the late 1970s using the NCEP–NCAR reanaly-
sis and HadISST, and proposed two possible causes to the 
enhanced influence: (1) enhanced variability with higher 
climatological SST over the TIO; (2) significant warming 
within the warmpool when TIO warms. Correspondingly, 
the TIO SST feature is studied in GFDL-CM3. The 15-year 
sliding standard deviation of the TIO SST anomalies in 
the GFDL-CM3 is shown in Fig. 7. In r1i1p1, the standard 
deviation varies coincidently with the TSR during about 
1870s to mid-1910s and mid-1950s to mid-1990s. The cor-
relation coefficient between the sliding TSR and the slid-
ing standard deviation of the TIO SST is 0.03 in r1i1p1, 
not reaching 90 % significance level. In r2i1p1, the stand-
ard deviation shows similar features throughout the whole 

period except after mid-1970s. The correlation coefficient 
is 0.69, far exceeding 99 % significance level. The relation 
between TIO SST variability and the TSR is not certain. 
The sliding TIO SST does not well match the TSR fluc-
tuation from mid-19th century to the end of twentieth cen-
tury in the two ensembles. The climatological SST of the 
TIO does not account for the TSR fluctuation on centurial 
timescale.

Figure 8 shows the correlation of the TIO SST index, 
as well as the SAH index, with the Indo-Pacific SST in 
GFDL-CM3 historical run during higher and lower TSR. 
It is based on the combination of r1i1p1 and r2i1p1. The 
higher (lower) relation cases are the highest (lowest) 
30 correlation coefficient cases in the 21-sliding TSR, 
except that 31 cases are selected in the higher cases of 
r2i1p1 for the 30th equals the 31st in descent order. For 
short, the two cases are called “higher cases” and “lower 
cases”, respectively. The years of the two cases are list 

Fig. 9  The regression of the 
normalized TIO SST index 
in GFDL-CM3 historical run 
against: (1) surface temperature 
(unit: K) and 850 hPa wind (a, 
c, e); (2) precipitation (unit: 
mm/day) and 200 hPa wind (b, 
d, f). a, b The results of higher 
cases; c, d the results of lower 
cases. e The result of a minus c. 
f The result of b minus d. Thick 
contours denote the elevation is 
1,500 m. The results are based 
on the combination of r1i1p1 
and r2i1p1. A 9-year run-
ning average has been used to 
remove longer variation of the 
raw data. Spatial 9-point smooth 
is performed for clarity

(a) (b)

(c) (d)

(e) (f)
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in Table 2. A 9-year running average has been used to 
remove longer variation of the raw data. In the correla-
tion results of the TIO SST index, when the TIO warms, 
IOBM exists in both cases. Compared with lower cases, 
the SST over the western (eastern) TIO is lower (higher) 
than that in higher cases. The regression of the TIO 
SST index against the TIO SST exhibits similar results 
(Fig. 9). In lower cases, when the TIO warms, the south-
western Indian Ocean show significant warming. It leads 
to the low-level northeasterly over the Arabian Sea (Du 
et al. 2009), which weakens the actual wind and favors 
the warming there (Fig. 9c). As suggested by the simu-
lation results in Qu et al. (2014), excessive rainfall over 
south Asia may induce enhanced southwesterly monsoon 
flow. The anomalous northeasterly over the Arabia Sea in 
lower cases maybe contributed by the suppressed rain-
fall over the Indian subcontinent. The warming pattern 
indicates that the mechanism “significant SST anomalies 
within the warmpool when TIO warms” proposed by Qu 
and Huang (2012) does not explain the TSR in this period 
either. However, differences exist in the Pacific in the two 
cases. In the higher cases, significant warming exists in 
the northwestern Pacific. While, in the lower cases, the 
association of the western Pacific SST with the TIO SST 

is relatively weak (Fig. 8e). More accurately, the primary 
difference between the two cases is the western Pacific 
SST response. The sliding correlation between the TIO 
SST and western Pacific SST is calculated. The latter 
SST is defined as the area averaged SST in [20°S–20°N; 
120°E–180°E] with latitudinal weight. It is shown in 
Fig. 7. The fluctuations are in good agreement with the 
sliding TSR. The correlation coefficients between the 
two are 0.55 in r1i1p1 and 0.77 in r2i1p1, both exceed-
ing 99 % significance level. In the correlation results of 
the SAH index, the correlation pattern in higher cases is 
similar to the correlation results of the TIO SST index 
(Fig. 8b). During lower cases, significant warming in the 
northwestern Pacific is still associated with the SAH, but 
the association in equator is much weaker (Fig. 8d and f).

When the TIO basin warms, the concurrent Pacific 
warming anomalies heat the troposphere (Fig. 10), contrib-
uting to the tropospheric warming in the Tropics, includ-
ing troposphere overlaying the TIO and the western Pacific. 
In higher cases, the warm western Pacific induces more 
significant tropospheric warming, spreading to the whole 
Tropics and strengthening the tropospheric warming near 
the TIO (Fig. 10a, c, e). It leads to the elevation of upper-
troposphere geopotential, including the geopotential in the 

(a) (b)

(c) (d)

(e) (f)

Fig. 10  The same as Fig. 8, except for JJA tropospheric temperature
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south part of the SAH climatology position, and contributes 
to the enhancement of the SAH. It is evident in the differ-
ence of correlation of the TIO SST index between higher 
and lower cases (Fig. 10e). In the Tropics over the western 
Pacific and the maritime continents, the difference between 
the two cases is relatively larger; while, underlying is the 
relative larger SST difference (Fig. 8e).

In higher cases, the warmer troposphere over subtropi-
cal Asia greatly contributes to different response of SAH 
between the two cases (Fig. 10a, c, e). The difference may 
result from the less precipitation over the Indian subconti-
nent in lower cases. The anomalous rainfall excites anoma-
lous upper-troposphere cyclone over the Tibet Plateau and 
Iran Plateau (Fig. 9d), leading to lower geopotential as 
well as less warmed troposphere. The 21-year sliding cor-
relation of the TIO SST index with the Indian subconti-
nent precipitation [10°–30°N; 70°–95°E] (hereafter ISP) is 
shown in Fig. 11. The TIO SST–ISP correlation generally 
matches the TIO SST–SAH correlation. The correlation 
coefficient between the sliding TIO SST–ISP correlation 
and the 21-year sliding TSR is 0.49 in r1i1p1 and 0.43 in 
r2i1p1, both exceeding 99 % significance level. Thus, the 

ISP contributes to the difference of the SAH response in 
the two cases.

Regarding the correlation with the SAH index, the pat-
terns in the two cases are similar except that the association 
of the SAH with TT over the Indo-Pacific and Asia conti-
nent is generally closer in higher cases (Fig. 10b, d, f).

Therefore, the outputs of GFDL-CM3 exhibit that, in the 
past about 150 years, when the TIO basin warms, the trop-
ospheric warming over the TIO, as well as the intensified 
SAH, is the integrated effect of the TIO, Pacific SST and 
ISP; moreover, the TSR is modulated by the linkage of the 
western Pacific SST and the ISP to the TIO SST.

5  Influences under warmer climate

In warmer climate, the SAH is intensified due to hydrostatic 
equation; the center of the SAH in GFDL-CM3 moves little 
(Qu et al. 2014). Thus, the definition of the SAH index in 
historical is applicative to the warmer climate.

The TSR in RCP45 and RCP85 scenarios is generally 
higher than that in historical simulation, with more stable 
fluctuation (Fig. 12). In RCP45 scenario, the TSR generally 
displays a rising trend, sharing some feature with the TIO 
SST and global warming; while, in RCP85 run, the TSR 
does not show the same trend as the TIO SST, as well as 
global warming. It is not certain that the TSR is associated 
with the global warming. The western Pacific SST does not 
modulate the TSR in these scenarios. The correlation coef-
ficient between the 21-year sliding TSR and the 21-year 
sliding TIO SST-western Pacific SST is -0.05 (0.15) in 
RCP45 (RCP85) run. While, the ISP still affects the TSR. 
The 21-sliding TIO SST–ISP with the 21-year sliding TSR 
is 0.39 in RCP45 run and 0.59 in RCP85 run, both exceed-
ing 99 % significance level.

The SST and TT response patterns during higher and 
lower cases in RCP45 and RCP85 simulations are similar 
to those in historical simulation, except for the western 
Pacific regions (figures not shown). Figure 13 shows the 
regression of the normalized TIO SST index against pre-
cipitation in RCP45 and RCP85 runs. In RCP45 run, less 
precipitation exists over the Indian subcontinent as the TIO 
warms during both cases (Fig. 13a, c), but the anomalous 
rainfall is stronger during the lower cases (Fig. 13e). In 
RCP85 run, the IOBM associated ISP during the two cases 
are diverse. In higher cases, slight positive rainfall anom-
aly is found (Fig. 13b); while in lower cases, the rainfall is 
below average (Fig. 13d). In both the RCP45 and RCP85 
runs, the stronger negative rainfall anomaly in lower cases 
contributes to the lower TSR.

Therefore, similar to the results in historical simulation, 
the less ISP when the TIO basin warms still works as a con-
tributor to the lower TSR.

(a)

(b)

Fig. 11  The 21-year sliding correlation coefficient between the 
TIO SST and the SAH (black solid line) and correlation coefficient 
between the TIO SST and the precipitation over the Indian subconti-
nent [10°–30°N; 70°–95°E] SST (black dash line). The long (short) 
thin dash line means the correlation reaching 95 % (99 %) signifi-
cance level. The results are based on GFDL-CM3 historical run. a, b 
The results of r1i1p1 and r2i1p1, respectively
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6  Summary

Using 17 CMIP5 models, the influence of the TIO SST on 
the SAH is evaluated against the observational data (Had-
ISST and NCEP–NCAR Reanalysis). First, the climato-
logical pattern of the SAH is evaluated. The similarity and 
the standard deviation of the climatological pattern of the 
100 hPa geopotential height over the domain of the SAH 
and the root-mean-square differences between simula-
tions and observation are examined, the following models 
displays reasonable skills: CanESM2, CSIRO-Mk-3-6-0, 
GFDL-CM3, GFDL-ESM2G, IPSL-CM5A-LR, MIROC5, 
MPI-EMS-LR, MRI-CGCM3 and NorESM1-M. Second, 
the skill in the influences of the TIO SST on the SAH is 
examined in present-day climate (1980–2005). In observa-
tion, the IOBM follows El Niño in previous winter; in the 
following summer when the TIO basin warms, the TIO SST 
exerts influences on the surrounding regions. It excites Kel-
vin (Rossby) wave responses to the east (west). The over-
laying upper troposphere features negative velocity poten-
tial. As the local troposphere warms, the SAH is enhanced. 
Among the CMIP5 models, only one, GFDL-CM3, displays 
the reasonable reproducibility of the influences.

By using GFDL-CM3, the decadal variability of the 
TSR from 1860 to 2005 is investigated based on the his-
torical simulation. The TSR fluctuation acts like an inter-
nal variability in the past one and half century, not directly 

modulated by global warming. During that period, when 
the TIO basin warms, the gross features are similar when 
TSR is higher and lower: conspicuous warming exists in 
the TIO and the eastern/central Pacific and the whole Trop-
ics are warmed. The differences between the higher and 
lower cases are: (1) the western Pacific warming is more 
apparent in the high cases; (2) the tropospheric warming is 
slightly northward over the Indian Ocean and the western 
Pacific in higher cases.

Two factors may influence the TSR fluctuation in the 
whole historical run: (1) the western Pacific SST. If the 
western Pacific warms in phase with the TIO, it may heat 
the atmosphere, contribute to the tropospheric warming 
over the TIO and strengthen the SAH, favoring the higher 
TSR; otherwise, the TSR is lower. (2) the ISP. During lower 
TSR, over the Indian subcontinent, if below-normal rain-
fall occurs as the TIO warms, it excites upper-troposphere 
cyclone over the Tibet Plateau and the Iran Plateau, causes 
negative geopotential and leads to lower TSR; otherwise, 
the TSR is higher.

Under RCP45 and RCP85 scenarios, the TSR is more 
stable and generally higher than that in historical simula-
tions. The SST and TT features associated with the TIO 
warming during the higher and lower cases are similar 
to those in historical simulations except for the western 
Pacific region. The western Pacific SST do not modulate 
the TSR in these two scenarios; while, the ISP still affects 

(a) (b)

(c) (d)

Fig. 12  a, b The 21-year sliding correlation coefficient between 
the TIO SST and the SAH (black solid line), correlation coefficient 
between the TIO SST and the western Pacific [20°S–20°N; 120°–
180°E] SST (black dash line) and correlation coefficient between the 
TIO SST and the Indian subcontinent [10°–30°N; 70°–95°E] precipi-

tation (black dot line). The 21-year sliding average of the TIO SST is 
shown in c and d in blue line. The thin long (short) dash line means 
the correlation reaching 95 % (99 %) significance level. The results 
are based on GFDL-CM3 RCP45 (a, c) and RCP85 (b, d) runs
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the TSR. In RCP45 run, negative rainfall anomaly is found 
over the Indian penisula in both higher and lower cases as 
the TIO warms, with stronger negative rainfall anomaly in 
lower cases. In RCP 85 run, the associated rainfall pattern 
is similar to that in historical simulation.
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(SWR) and weaker latent heat flux (LHF) anomalies. This 
leads to a weak bias of atmospheric processes. During 
winter, however, the rainfall anomalies are stronger due to 
west bias, and the anomalous anticyclone is comparable 
to observations. As such, most models simulate stronger 
SWR and reasonable LHF anomalies, leading to a strong 
bias of atmospheric processes. The thermocline feedback 
is stronger in most models. Though there is a deep bias of 
climatology thermocline, most models capture reasonable 
sea surface height-induced SST anomalies. Therefore, the 
effect of oceanic processes offset the weak bias of atmos-
pheric processes in spring, and the tropical Indian Ocean 
warming persists into summer. However, anomalous north-
west Pacific (NWP) anticyclone is weaker due to weak and 
west bias of the capacitor effect. The unrealistic western 
Pacific SST anomalies in models favor the westward exten-
sion of Rossby wave from the Pacific, weakening the effect 
of Kelvin wave from the Indian Ocean. Moreover, the west-
ern Pacific warming forces the NWP anticyclone move 
farther north than observations, suggesting a major forc-
ing from the Pacific. Compared to CMIP3, CMIP5 models 
simulate the feedbacks more realistically and display less 
diversity. Thus, the overall performance of CMIP5 models 
is better than that of CMIP3 models.

Keywords CMIP models · IOBM · Atmospheric and 
oceanic processes · The capacitor effect · Model biases

1 Introduction

The first leading mode of the interannual Indian Ocean 
SST variability features a basin-wide warming or cooling, 
called as the Indian Ocean Basin Mode (IOBM; Yulaeva 
and Wallace 1994; Klein et al. 1999; Alexander et al. 

Abstract Based on 15 Coupled Model Intercomparison 
Project (CMIP) phase 3 (CMIP3) and 32 CMIP phase 5 
(CMIP5) models, a detailed diagnosis was carried out to 
understand what compose the biases in simulation of the 
Indian Ocean basin mode (IOBM) and its capacitor effect. 
Cloud-radiation-SST (CRS) feedback and wind-evapora-
tion-SST (WES) feedback are the two major atmospheric 
processes for SST changes. Most CMIP models simulate a 
stronger CRS feedback and a weaker WES feedback. Dur-
ing boreal fall of the El Niño/Southern Oscillation develop-
ing year and the following spring, there are weak biases of 
suppressed rainfall anomalies over the Maritime Continent 
and anomalous anticyclone over South Indian Ocean. Most 
CMIP models simulate reasonable short wave radiation 
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2002; Chowdary and Gnanaseelan 2007; Yang et al. 2007; 
Du et al. 2009; Schott et al. 2009; Tao et al. 2014). Dur-
ing the summer when El Niño has dissipated, the IOBM 
warming can trigger a Matsuno-Gill (Matsuno 1966; Gill 
1980) response with warm tropospheric Kelvin wave to 
east, which contribute to the development of an anomalous 
northwest Pacific (NWP) anticyclone via the “capacitor 
effect” (Yang et al. 2007, 2010; Xie et al. 2009), the merid-
ional displacement of the East Asian jet (Qu and Huang 
2012b) and the intensification of the South Asia high 
(Huang et al. 2011; Qu and Huang 2012a). Thus, the IOBM 
has a strong impact on the East Asian climate, including 
summer rainfall (Xie et al. 2010), typhoon (Du et al. 2011), 
high temperature extremes (Hu et al. 2011, 2012a, b) and 
so on.

IOBM generally develops during boreal winter when 
El Niño/Southern Oscillation (ENSO) matures, reaches its 
peak in the following spring (Alexander et al. 2002; Lau 
and Nath 2003; Schott et al. 2009), and persists into sum-
mer (Du et al. 2009). Numerous studies have investigated 
mechanisms for the IOBM formation. Lau and Nath (1996) 
showed that El Niño-induced anomalous atmospheric cir-
culation can explain the IOBM warming through reduc-
ing surface evaporation and increasing downward short 
wave radiation, which is known as “atmospheric bridge” 
mechanism. The spread of tropospheric temperature (TT) 
anomalies from the eastern Pacific to the remote tropics is 
an important process in such atmospheric bridge, which is 
called TT mechanism (Chiang and Sobel 2002; Chiang and 
Lintner 2005). Klein et al. (1999) reported that surface net 
heat flux (NHF) anomalies can explain most of the tropi-
cal Indian Ocean (TIO) warming, but the tropical south-
west Indian Ocean (SWIO) is an exception, where ocean 
dynamics is important (Lau and Nath 2000). During the 
developing and mature phases of El Niño, anticyclonic 
wind anomalies over the South Indian Ocean (SIO) force 
downwelling Rossby waves (Masumoto and Meyers 1998). 
The westward Rossby wave is responsible for the SST rise 
in the SWIO because of shallow mean thermocline there 
(Xie et al. 2002). After the warming of SWIO, the SST 
anomalies strengthen the atmospheric convection there in 
boreal spring (Xie et al. 2002; Du et al. 2009). The inten-
sified convection excites an equatorially antisymmetric 
pattern of wind anomalies (Wu et al. 2008) as a key to the 
IOBM persisting into boreal summer by reducing prevail-
ing southwesterly winds over the North Indian Ocean (Du 
et al. 2009).

Therefore, IOBM is not simply a passive response to 
ENSO, and there are complex air-sea interactions in the 
evolution of IOBM and its influence to remote regions. 
It is a challenge for the coupled ocean–atmosphere gen-
eral circulation models (CGCMs) to simulate realistically 
the IOBM. The World Climate Research Programme’s 

(WCRP’s) Coupled Model Intercomparison Project (CMIP) 
phase 3 and phase 5 (CMIP3 and CMIP5) for Fourth and 
Fifth Assessment Report (AR4 and AR5; Meehl et al. 
2007; Taylor et al. 2011) provide good opportunities to 
explore IOBM and its capacitor effect using state-of-the-art 
CGCMs. Most of the CMIP models reproduce the IOBM 
pattern (Saji et al. 2006; Du et al. 2013). In an analysis of 
CMIP3 models, Saji et al. (2006) found that the simulation 
of IOBM is highly associated with the simulation of ENSO. 
Subsequent study with the CMIP5 models displayed the 
characteristics of local air-sea interactions within the basin 
in models, and found that half of these models capture the 
key processes over the Indian Ocean (Du et al. 2013). The 
interdecadal changes in the ENSO-IOBM and ENSO-NWP 
anticyclone relationship are investigated in two recent stud-
ies (Hu et al. 2014; Tao et al. 2015). Their results showed 
that IOBM and its capacitor effect strengthen under global 
warming, which is first mentioned by analyzing the GFDL 
CM2.1 simulation (Zheng et al. 2011).

Previous studies have formed the basis for further in-
depth studies of ENSO teleconnections and local air-sea 
interactions in TIO. It is necessary to investigate the biases 
of processes in the evolution of IOBM. Besides, there is 
still no research on the reliability of CGCMs simulating 
the capacitor effect. Thus, the purpose of present study is 
to evaluate the biases of IOBM and its capacitor effect in 
CMIP3 and CMIP5 models. We want to address three ques-
tions: First, what lead to the IOBM bias, the atmospheric 
or oceanic processes, or both of them? Second, what cause 
the biases of these processes? Third, how do CMIP mod-
els simulate the capacitor effect? The rest of the paper is 
organized as follows. Section 2 describes the CMIP mod-
els, data and methods. An overall view of IOBM simulation 
in CMIP models is provided in Sect. 3. Section 4 evaluates 
the main processes in the evolution of IOBM and its influ-
ence to the NWP, including atmospheric processes, oceanic 
processes and the capacitor effect. Section 5 presents a syn-
thesis of IOBM biases in each model. Section 6 provides 
the summary.

2  Data and methods

This study is based on the CMIP3 climate of 20th century 
(20C3M) and CMIP5 historical scenario simulations. The 
20C3M experiments were conducted based on observed 
history of anthropogenic and natural forcing from 1900 to 
1999, and from 1870 to 2006 for the historical experiments. 
The detailed information is referred to the following web 
site: http://cmip-pcmdi.llnl.gov/. In this study, 30 years 
simulations covering 1970–2000 from 15 CMIP3 and 32 
CMIP5 models are used. Table 1 lists the names, institu-
tions and countries of models. Monthly mean outputs are 

http://cmip-pcmdi.llnl.gov/
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Table 1  The CMIP models 
used in this study

NO. Model name Institute (country)

1 ACCESS1.0 Commonwealth Scientific and Industrial Research Organisa-
tion and Bureau of Meteorology (Australia)

2 BCC-CSM1.1 Beijing Climate Center (China)

3 BCC-CSM1.1-M

4 CanCM4 Canadian Centre for Climate Modelling and Analysis 
(Canada)5 CanESM2

6 CCSM4 National Center for Atmospheric Research (USA)

7 CESM1-BGC

8 CESM1-CAM5

9 CESM1-FASTCHEM

10 CESM1-WACCM

11 CMCC-CM Centre National de Recherches Météorologiques/Centre 
Européen de Recherche et Formation Avancée en Calcul 
Scientifique (France)

12 CNRM-CM5 Centre National de Recherches Meteorologiques (France)

13 CSIRO-Mk3.6.0 Commonwealth Scientific and Industrial Research Organisa-
tion in collaboration with the Queensland Climate Change 
Centre of Excellence (Australia)

14 FGOALS-g2 LASG, Institute of Atmospheric Physics, Chinese Academy 
of Sciences, and CESS, Tsinghua University (China)

15 GFDL-CM3 Geophysical Fluid Dynamics Laboratory (USA)

16 GFDL-ESM2G

17 GFDL-ESM2 M

18 GISS-E2-R NASA Goddard Institute for Space Studies (USA)

19 HadGEM2-CC Met Office Hadley Centre (UK)

20 HadGEM2-ES

21 INM-CM4 Institute for Numerical Mathematics (Russia)

22 IPSL-CM5A-LR Institut Pierre Simon Laplace (France)

23 IPSL-CM5A-MR

24 IPSL-CM5B-LR

25 MIROC5 Japan Agency for Marine-Earth Science and Technology, 
Atmosphere and Ocean Research Institute (The University 
of Tokyo), and National Institute for Environmental Stud-
ies (Japan)

26 MIROC-ESM

27 MIROC-ESM-CHEM

28 MPI-ESM-LR Max Planck Institute for Meteorology (MPI-M) (Germany)

29 MPI-ESM-MR

30 MRI-CGCM3 Meteorological Research Institute (Japan)

31 NorESM1-M Norwegian Climate Centre (Norway)

32 NorESM1-ME

33 bccr_bcm2_0 Bjerknes Centre for Climate Research (Norway)

34 cccma_cgcm3_1_t47 Canadian Centre for Climate Modelling and Analysis 
(Canada)

35 gfdl2_0 Geophysical Fluid Dynamics Laboratory (USA)

36 gfdl2_1

37 giss_aom NASA Goddard Institute for Space Studies (USA)

38 giss_model_e_h

39 giss_model_e_r

40 fgoals_g1_0 LASG, Institute of Atmospheric Physics, Chinese Academy 
of Sciences (China)

41 ipsl_cm4 Institute Pierre Simon Laplace (France)

42 miroc3_2_ hires Center for Climate System Research (Japan)

43 miroc3_2_ medres
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used, including SST, sea surface height (SSH), precipita-
tion, 850 and 200 hPa wind, latent heat flux (LHF), short 
wave radiation (SWR), 200 hPa geopotential height. Only 
one member (‘r1i1p1’) run of each model is analyzed. The 
observations include the following: (1) Hadley Centre Sea 
ICE and Sea Surface Temperature dataset (HadISST) with 
1° × 1° horizontal resolution covers the period from Janu-
ary 1870 to the present (Rayner et al. 2003); (2) Monthly 
850 and 200 hPa wind, LHF, SWR, 200 hPa geopotential 
height from the NCEP/NCAR reanalysis product with 
2.5° × 2.5° horizontal resolution covers the period from 
January 1948 to the present (Kalnay et al. 1996); (3) Sim-
ple Ocean Data Assimilation (SODA) product of version 
2.1.6 with 0.5° × 0.5° horizontal resolution covers the 
period from January 1958 through December 2008 (Carton 
et al. 2005; Carton and Giese 2008); (4) NOAA’s Precipi-
tation Reconstruction (PREC) with 2.5° × 2.5° horizontal 
resolution covers the period from January 1948 to the pre-
sent (Chen et al. 2002). All CMIP outputs are interpolated 
to the resolution of observation and reanalysis data except 
for the SSH, which are interpolated to a 1° × 1° grid, the 
same as SST for calculation purpose.

The monthly mean climatology is first calculated for the 
study period. Then, interannual anomalies are computed as 
the departure from the climatology. This study focuses on 
the interannual variability. To extract interannual signals, 
we perform a 3-month running average to reduce intrase-
asonal variability and remove the least squares trend both 
in model outputs and observation. Hereafter, any month 
in the developing years of ENSO are identified by suffix 
(0), whereas any month in the decaying years of ENSO are 
identified by suffix (1). SON represents the seasonal mean 
in September–October–November, DJF represents the sea-
sonal mean in December–January–February, and so on. 
The Niño3.4 index is defined as SST anomalies averaged 
over the central and eastern equatorial Pacific (5°S–5°N, 
170°–120°W) in D(0)JF(1). Regression and correlation 
analysis are used. The multi-model ensemble (MME) is 
calculated by averaging over the models with equivalent 
weight. The processes of calculating MME are as follows: 
results are analyzed in each model respectively and then 
the MME is calculated. Therefore, the MME results elimi-
nate the inter-model spread, reflecting the average perfor-
mance of models.

3  IOBM in CMIP models

ENSO is a major forcing for IOBM (Klein et al. 1999; 
Alexander et al. 2002; Xie et al. 2002; Lau and Nath 2003; 
Du et al. 2009; Schott et al. 2009; Tao et al. 2014). The 
simulation of IOBM depends largely on the simulation of 
the ENSO in CMIP models (Saji et al. 2006; Du et al. 2013; 
Tao et al. 2015). In this section, seasonal mean SST, pre-
cipitation, circulation and SSH anomalies related to ENSO 
in 15 CMIP3 models and 32 CMIP5 models are respec-
tively examined to evaluate the general characteristics of 
IOBM in the state-of-the-art CGCMs. Figure 1 shows the 
evolution of SST, 850 hPa wind and SSH anomalies with 
respect to D(0)JF(1) Niño3.4 index in observation, CMIP3 
and CMIP5 MME. The evolution of precipitation, 200 hPa 
potential velocity and divergent wind component anoma-
lies over the Indo-western pacific with respect to D(0)JF(1) 
Niño3.4 index in observation, CMIP3 and CMIP5 MME 
are shown in Fig. 2.

3.1  SST pattern

Over the equatorial Pacific, the ENSO-related SST anom-
aly patterns extend more westward in CMIP MME than 
in the observation during the mature phase (Fig. 1b, f, j), 
which has been mentioned in previous studies (Collins 
et al. 2010; Kim and Yu 2012; Gong et al. 2013; Bellenger 
et al. 2014; Gong et al. 2014; Ham and Kug 2014; Huang 
et al. 2014; Zhang and Sun 2014; Tao et al. 2015). The 
equatorial western Pacific (WP) SST anomalies persist 
into boreal summer in CMIP MME, but are almost dissi-
pated in observation. Over the TIO, the SST anomaly pat-
tern is characterized by the positive Indian Ocean Dipole 
Mode in fall (IODM; Saji et al. 1999; Webster et al. 1999), 
with warming in the west Indian Ocean and cooling in the 
east Indian Ocean (EIO; Fig. 1a). The EIO cooling dissi-
pates and the whole basin warms up in subsequent win-
ter (Fig. 1b), and persists into summer (Fig. 1c, d). Both 
CMIP3 and CMIP5 MME results generally capture the 
evolution of SST anomaly pattern from IODM to IOBM 
(Fig. 1e–h, i–l). However, there are some discrepancies 
between the observation and CMIP MME. The SIO SST 
anomalies are weaker in MME, and the cooling extends 
too westward during SON (Fig. 1e, i). Weaker SIO SST 

No. 1–32 are CMIP5 models and No. 33–47 are CMIP3 models

Table 1  continued NO. Model name Institute (country)

44 mpi_echam5 Max Planck Institute for Meteorology (Germany)

45 mri_cgcm2_3_2a Meteorological Research Institute (Japan)

46 ncar_pcm1 National Center for Atmospheric Research (USA)

47 ukmo_hadgem1 Met Office Hadley Centre (UK)
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anomalies still exist in D(0)JF(1) (Fig. 1f, j). Neverthe-
less, the IOBM patterns are comparable to observation in 
MAM(1) and JJA(1) (Fig. 1g, h, k, l). Note that the SST 
anomalies off the northwest coast of Australia in the simu-
lations are always negative, which are due to a westward 
shift of equatorial Pacific SST anomalies and will be inter-
preted in the next section.

3.2  Indo‑western Pacific precipitation

The most important feature of ENSO in terms of climate 
impacts and teleconnections is its impact on precipitation 
and large-scale circulation (e.g., Bellenger et al. 2014). 
In SON(0), suppressed rainfall associated with ENSO-
induced upper level convergence is located over the Mari-
time Continent (MC) and equatorial EIO while enhanced 
rainfall is found over the equatorial WP (Fig. 2a). During 

D(0)JF(1) and MAM(1), especially the MAM season, the 
suppressed rainfall in the EIO decays rapidly and the center 
moves eastward to the Philippine Sea in accompany with 
the movement of upper level convergence (Fig. 2b, c). Note 
that there are also dry anomalies over the North Indian 
Ocean (NIO) in MAM(1), which is mainly forced by local 
air–sea interaction. It should be mentioned that the mecha-
nism of suppressed rainfall associated with upper level 
convergence over the NWP in JJA(1) is different from the 
previous three seasons (Fig. 2d). With the disappearance 
of tropical Pacific SST anomalies, the Indian Ocean SST 
anomalies gradually play an important role (Yang et al. 
2007, 2009, 2010; Xie et al. 2009; Chowdary et al. 2011).

In general, the CMIP MME captures the eastward move-
ment of observed precipitation anomalies associated with 
the ENSO turnabout. However, the rainfall anomalies 
over the whole Indo-western pacific region are weaker 

(a) (e) (i)

(b) (f) (j)

(c) (g) (k)

(d) (h) (l)

Fig. 1  Regression of SST (shaded,  °C), 850 hPa wind (vector, 
ms−1) and SSH (contour, observation: CI 2 cm, CMIP: CI 1 cm) 
with respect to D(0)JF(1) Niño3.4 index during SON(0), D(0)JF(1), 

MAM(1) and JJA(1) for observation (left panels, a–d), CMIP3 (mid-
dle panels, e–h) and CMIP5 (right panels, i–l) MME
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than observation (Fig. 2e–l). Besides, both wet and dry 
anomalies extend westward (Fig. 2e–g, i–k), correspond-
ing to the westward shift of SST anomalies in simula-
tions (Fig. 1e–g, i–k). Figure 3 presents the relationship 

of ENSO and suppressed rainfall in CMIP models. The 
rainfall intensity is largely controlled by ENSO inten-
sity in models. In SON(0) and MAM(1), slightly weaker 
ENSO intensity leads to weaker MME rainfall intensity in 

(a) (e) (i)

(b) (f) (j)

(c) (g) (k)

(d) (h) (l)

Fig. 2  As in Fig. 1, but for precipitation (shaded, mm), 200 hPa 
potential velocity (contour, first three rows: CI 1×106 m2 s−1, last 
row CI 2.5 × 105 m2 s−1) and divergent wind component (vector, 

m s−1). Solid and dashed lines represent positive and negative values, 
respectively. a, e, i, SON(0). b, f, j, D(0)JF(1). c, g, k MAM(1). d, h, 
l JJA(1)

(a) (b) (c)

Fig. 3  Scatter diagram of D(0)JF(1) ENSO standard deviations 
(abscissa) versus a SON(0) suppressed rainfall intensity (ordinate) 
ranged from the EIO to MC (20°S–20°N, 90°–120°W); b D(0)JF(1) 
suppressed rainfall intensity (ordinate) ranged from the EIO to MC 
(20°S–20°N, 90°–120°W); c MAM(1) suppressed rainfall intensity 
(ordinate) in the NIO (0°–20°N, 60°–100°W). Numbers represent the 
model numbers listed in Table 1, and the star represents the observa-

tion. The blue, red and black solid circles are the MME of CMIP3, 
CMIP5 and all CMIP models respectively. The blue, red and black 
lines are the best fit lines for the scatters of CMIP3, CMIP5 and all 
CMIP models, respectively. The correlation coefficients of CMIP3, 
CMIP5 and all CMIP models are on the top corner of each figure. 
These comments are all the same in following figures
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the models (Fig. 3a, c), which is consistent with Bellenger 
et al. (2014). However, the rainfall intensity in the models 
is comparable to or stronger than in the observation during 
D(0)JF(1) (Fig. 3b) due to the west bias of dry anomalies. 
The JJA(1) rainfall anomalies over the NWP are weaker in 
MME corresponding with weaker anomalous anticyclone, 
which is more likely forced by the WP SST anomalies 
(Figs. 1h, l, 2h, l).

3.3  The SIO anticyclone

During the fall of the ENSO developing year, SON(0), 
there are anticyclonic wind anomalies dominating the SIO 
(Fig. 1a). This anticyclone is a Rossby wave response to 
the suppressed rainfall (Fig. 2a; Matsuno 1966; Gill 1980; 
Wang et al. 2003). Resulting from the effect of mean mon-
soon circulation on the Rossby wave response (Wang and 
Xie 1996; Xie and Wang 1996; Wang et al. 2003), the 

anticyclone moves southward in D(0)JF(1). In the decay 
phase of ENSO, MAM(1), the anticyclone weakens and 
moves northwestward owing to the strengthened meridi-
onal SST gradient after the SWIO warming, shaping the 
antisymmetric wind pattern (Fig. 1c; Xie et al. 2002; Wu 
et al. 2008; Du et al. 2009). Moreover, there are climatol-
ogy easterly trade winds over the equator in early spring. 
To the south flank of antisymmetric wind pattern over the 
SIO are northwesterly wind anomalies, which weaken 
the southeasterly trade winds and sustain the warming 
there. The northeasterly wind anomalies in the north flank 
strengthen the climatology northeasterly winds and reduce 
the NIO warming. Thus, the antisymmetric wind pattern 
also maintains the meridional SST gradient in return (Du 
et al. 2009). The anomalous anticyclonic circulation almost 
dissipates in JJA(1). Once again, the MME results capture 
the evolution of anomalous anticyclone (Fig. 1e–l). How-
ever, the overall intensity of the anticyclone is weaker, 

(a) (b)

(c) (d)

Fig. 4  Scatter diagram of the suppressed rainfall and SIO anticy-
clone: a, b, c the suppressed rainfall intensity (abscissa) versus the 
anticyclone intensity (ordinate) in SON(0), D(0)JF(1), MAM(1), 

respectively; d the west boundary of suppressed rainfall over the SIO 
(abscissa) versus the longitude of maximum zonal wind anomalies in 
the north flank of the anticyclone (ordinate) in SON(0)
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especially to the south flank of it. The anticyclone intensity 
is highly correlated to the suppressed rainfall intensity in 
models (Fig. 4). The simulated anticyclone is comparable 
to observation in D(0)JF(1) due to stronger precipitation 
anomalies, while it is weaker in SON(0) and MAM(1). As 
discussed in Sect. 3.2, dry anomalies and anomalous cir-
culation in MAM(1) are response to local SST anomalies, 
which emphasizes the importance of atmosphere–ocean 
coupling in this season (Wu et al. 2008). West bias also 
exists in the anticyclonic wind anomalies (Fig. 1e–g, i–k), 
which is related to the west bias of precipitation anomalies 
(Figs. 2e–g, i–k, 4d).

3.4  The response of thermocline

In SON(0), the downwelling Rossby wave is forced by the 
anticyclonic circulation in the SIO and propagates west-
ward, deepening the thermocline in SWIO and raising the 
SST there in D(0)JF(1) and MAM(1) (Fig. 1a–c; Xie et al. 
2002; Du et al. 2009; Wu and Yeh 2010). However, the ther-
mocline change is weaker in MME, especially during SON 
and MAM, which is related to weaker anticyclone (Fig. 1e–
l). Figure 5 shows the relationship between the anticyclone 
and SSH in SON(0). Weaker thermocline anomalies cor-
respond to weaker anticyclone in CMIP models, indicat-
ing a positive correlation between them (Fig. 5a). Besides, 
owing to the west bias of anticyclone simulation, the maxi-
mum thermocline anomalies extend too far west in mod-
els (Fig. 5b), and there is no significant westward oceanic 
process in MME (Fig. 1e–l). Some models show deepened 
thermocline without the propagation of Rossby wave, such 
as CCSM4, GFDL-CM3, GFDL-ESM2M and so on (fig-
ures not shown). In these models, the Ekman response may 

play an important role in the thermocline change, which 
is associated with the west bias of anticyclone. Therefore, 
both the oceanic Rossby wave and local wind curls can 
adjust the tropical SWIO thermocline in CMIP models, as 
first mentioned by Du et al. (2013).

4  Main processes of IOBM and its influence to the 
NWP

There exist complex physical processes in the evolution 
of IOBM. From the thermodynamic aspect, ENSO causes 
changes in the atmosphere via the atmospheric bridge 
(Lau and Nath 1996; Klein et al. 1999) or TT (Chiang and 
Sobel 2002; Chiang and Lintner 2005) mechanism, and the 
atmospheric changes in turn affect SST through the NHF. 
From the oceanic dynamic aspect, ENSO-induced oceanic 
processes play a significant role in IOBM warming (Murtu-
gudde and Busalacchi 1999; Yu and Rienecker 1999), espe-
cially the tropical SWIO (Xie et al. 2002). Moreover, local 
air-sea interactions can modulate the SST distribution of 
IOBM in different seasons (Wu et al. 2008; Du et al. 2009).

The IOBM warming persists into summer when the 
equatorial Pacific SST anomalies have dissipated, char-
acterized by a Matsuno-Gill (Matsuno 1966; Gill 1980) 
pattern with warm tropospheric Kelvin wave eastward in 
atmosphere (Yang et al. 2007; Xie et al. 2009; Yang et al. 
2010). The equatorial low pressure in the Kelvin wave 
drives northeasterly winds, inducing low level divergence 
and suppressing convection over the NWP. In turn, the sup-
pressed convection further amplifies the divergence, form-
ing a positive feedback (Xie et al. 2009). This process is 
called as the TIO capacitor effect (Yang et al. 2007; Xie 

(a) (b)

Fig. 5  Scatter diagram of the SIO anticyclone and SSH in SON(0): 
a the anticyclone intensity (abscissa) versus SSH intensity (ordinate); 
b the longitude of maximum zonal wind anomalies in the north flank 

of the anticyclone (abscissa) versus the longitude of maximum SSH 
change (ordinate). The yellow numbers represent the models not con-
tained in calculating the best fit lines and correlation coefficients
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et al. 2009; Yang et al. 2010). In this section, the biases of 
these physical processes are investigated to understand how 
the CMIP models simulate IOBM and its influence.

4.1  Atmospheric processes

NHF is the essence of atmospheric bridge or TT mecha-
nism. In general, NHF could be divided into four compo-
nents: long wave radiation, SWR, LHF and sensible heat 
flux. The SWR and LHF account for most of NHF in tropi-
cal oceans. Analysis of Du et al. (2009) suggests that the 
change in wind speed dominates the atmospheric forcing 
component of LHF over the whole basin. In particular, the 
wind-evaporation-SST (WES) feedback (Xie and Philan-
der 1994) is the major mechanism in wind-induced LHF 
change. Different from the LHF, SWR effect is important 
in the EIO, especially the southeast Indian Ocean (SEIO; 
Klein et al. 1999; Wu et al. 2008; Du et al. 2009; Wu and 
Yeh 2010). The cloud-radiation-SST (CRS) feedback 
(Ramanathan and Collins 1991) plays a major role in SWR 
change.

Figures 6 and 7 illustrate the evolution of ENSO-induced 
SWR and LHF anomalies in observation and CMIP MME. 
On one hand, the SWR pattern is similar to the rainfall pat-
tern in observation and CMIP MME, indicating the effect 

of CRS feedback (Figs. 2 and 6), which is in agreement 
with previous studies (Klein et al. 1999; Wu et al. 2008; 
Du et al. 2009; Wu and Yeh 2010). In addition, the SWR 
anomalies in the MME are comparable to or stronger than 
the observation along with a west bias, especially in DJF 
(Fig. 6). On the other hand, due to the effect of WES feed-
back, the downward LHF anomalies are located to north 
and south flank of the SIO anticyclone (Figs. 1, 7), which is 
also mentioned before (Klein et al. 1999; Wang et al. 2003; 
Wu et al. 2008; Wu and Yeh 2010). The simulated LHF 
anomalies are weak and shift westward due to weak and 
west bias of anomalous anticyclone (Fig. 1e–l).

To further confirm the relationship between SWR and 
precipitation, the corresponding scatter diagrams are pre-
sented in Figs. 8a–c. More suppressed rainfall grid-num-
bers correspond to more downward SWR grid-numbers 
in observation. Compared to the observation, the ratio of 
SWR grid-numbers versus rainfall grid-numbers is usu-
ally larger in the models, indicating that the CRS feedback 
is stronger in most models (Fig. 8a–c). Figure 9a clearly 
shows the CRS feedback in CMIP MME and individual 
models compared with the observation. A stronger CRS 
feedback exists in the CMIP5 models and their MME than 
observation, and slight weaker CRS feedback in CMIP3 
MME. For individual models, 32 out of 47, about 70 % of 

(a) (d) (g)

(b) (e) (h)

(c) (f) (i)

Fig. 6  Regression of SWR (Wm−2, downward positive) with respect to D(0)JF(1) Niño3.4 index during SON(0), D(0)JF(1) and MAM(1) for 
observation (left panels, a–c), CMIP3 (middle panels, d–f) and CMIP5 (right panels, g–i) MME
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the CMIP models show a stronger feedback. Thus, there is 
a strong bias of CRS feedback in state-of-the-art CGCMs.

The SIO anticyclone intensity is highly correlated with 
the downward LHF grid-numbers in CMIP models, and the 
overall weak bias of SIO anticyclone induces overall less 
downward LHF grid-numbers (Fig. 8d–f). Moreover, the 
stronger intensity of SIO anticyclone tends to correspond to 
relatively less LHF grid-numbers in most models, suggest-
ing a weaker WES feedback (Fig. 8d–f). The WES feed-
back is weaker in CMIP MME, and also in 38 out of 47 
(about 80 %) CMIP models (Fig. 9b). Thus, the WES feed-
back is weaker in models.

The CMIP models simulate stronger SWR anomalies 
and more downward SWR grid-numbers due to the west 
bias of rainfall anomalies and strong bias of CRS feed-
back (Figs. 2e–l, 6, 8a–c, 9a). The models simulate weaker 
LHF anomalies and less downward LHF grid-numbers than 
observation due to the weak bias of SIO anticyclone and 
weak bias of WES feedback (Figs. 1e–l, 7, 8d–f, 9b). Fig-
ure 8g–i show the scatter diagram of the downward SWR 
grid-numbers versus downward LHF grid-numbers. There 
are more LHF grid-numbers than SWR grid-numbers in 
observation, while in CMIP models, there tends to be more 
SWR grid-numbers than LHF grid-numbers.

Though the models simulate stronger SWR and weaker 
LHF anomalies, the sum of them are slightly weaker than 

observation except for the DJF season, indicating com-
pensation of errors in IOBM simulation (Fig. 10). The 
NHF pattern is similar to the LHF pattern in observation 
(Figs. 7a–c, 10a–c). However, due to stronger SWR and 
weaker LHF anomalies, the NHF pattern is similar to the 
SWR pattern in CMIP MME (Figs. 6d–i, 10d–i). Thus, 
there are differences between the observation and MME in 
detail. In SON(0), upward NHF anomalies in the equato-
rial Indian Ocean are weaker in CMIP3 MME (Fig. 10d), 
and even disappear in CMIP5 MME (Fig. 10g). Observa-
tion shows downward NHF anomalies over the SEIO in 
D(0)JF(1), but there are downward NHF anomalies over 
the EIO, especially the northeast Indian Ocean in CMIP 
MME (Fig. 10b, e, h). The NHF anomalies are slightly 
weaker in MAM(1). All these discrepancies in CMIP mod-
els can be attributed to the strong bias of SWR anomalies 
and weak bias of LHF anomalies. The cooling over the 
northwest coast of Australia in CMIP MME can partly 
be attributed to the weak downward NHF during DJF 
(Fig. 10b, c). Note that the NHF cannot explain the SST 
tendency over the whole basin, as tropical SWIO, both 
in observation and MME results (Fig. 10a, b, d, e, g, h), 
which have been pointed out in the introduction (Klein 
et al. 1999). Therefore, the next subsection will discuss 
how well the state-of-the-art CGCMs simulate the oceanic 
processes.

(a) (d) (g)

(b) (e) (h)

(c) (f) (i)

Fig. 7  As in Fig. 6, but for the LHF (Wm−2, downward positive)
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4.2  Oceanic processes

As discussed in Sect. 3.4, weak bias of SSH anomalies are due 
to weak bias of SIO anticyclone. However, the thermocline 
feedback is related to thermocline depth. The change of ther-
mocline depth alone may not be sufficient for the thermocline 

feedback to operate in observation. For instance, if the clima-
tology thermocline is deep, the feedback will be weak. How 
do the CMIP models simulate the climatology thermocline 
depth and the thermocline feedback over the SWIO?

Figure 11 shows seasonal mean SSH in observation, 
CMIP3 and CMIP5 MME. In observation, the climatology 

(a) (b) (c)

(d) (e) (f)

(g) (h) (i)

Fig. 8  Scatter diagram of the suppressed rainfall grid-numbers 
(abscissa; values ≤−0.5) versus downward SWR grid-numbers 
(ordinate; values ≥3) over the TIO (20°S–20°N, 40°–100°W) in a 
SON(0), b D(0)JF(1), c MAM(1), respectively. d, e, f are as (a), (b), 
(c), but for the SIO anticyclone intensity (abscissa) versus downward 
LHF grid-numbers (ordinate; values ≥3). g, h, i are as (a), (b), (c), 

but for the downward SWR grid-numbers (abscissa; values ≥3) ver-
sus LHF grid-numbers (ordinate; values ≥3). The yellow numbers 
represent the models not contained in calculating the best fit lines and 
correlation coefficients. The dashed lines represent the ratio of down-
ward LHF grid-numbers and SWR grid-numbers in observation
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thermocline is shallow over the SWIO (Fig. 11a–d). The 
CMIP3 and CMIP5 MME show a similar pattern, but with 
the values overall larger than the observation. Over the 
SWIO, the CMIP3 simulated SSH is about 10 cm deeper 
than observation, and CMIP5 result is even 10 cm deeper 
than CMIP3. This indicates a deep bias of climatology 
thermocline in CMIP models. This bias is a consequence 
of overly stronger climatological easterly winds over the 
equatorial EIO (Cai and Cowan 2013; Li et al. 2015b, a).

There are significant SST anomalies induced by SSH 
change over the tropical SWIO in observation (Fig. 12a–d). 
The SWIO SST anomalies in MME are comparable to the 
observation (Fig. 13), which is first presented by Fig. 10 in 
Du et al. (2013), but with a larger area (Fig. 12e–l). Note 
that significant SSH-induced SST anomalies over the 
northwest coast of Australia cause cooling there from D(0)
JF(1) to JJA(1) in CMIP MME. The NHF anomalies can 
only partly explain the cooling in D(0)JF(1), indicating a 
more important role of thermocline feedback (Fig. 12f–h, 
j–l). The stronger feedback there is possibly due to anoma-
lous upwelling caused by the off-coast southeasterly winds, 
which is ultimately attributed to the west bias of anticy-
clone simulation (Fig. 1). Okumura and Deser (2010) 
revealed similar warm SST anomalies over the northwest 

coast of Australia owing to northwesterly winds in the dis-
sipating phase of La Niña. Because of significant SSH-
induced SST anomalies in observation during D(0)JF(1) 
and MAM(1), we pay more attention to these two seasons. 
Figure 13 also reveals a positive relationship between the 
ENSO-related SSH change and SSH-induced SST anoma-
lies. The effect of climatology SSH has been removed from 
ENSO-related SSH anomalies in Fig. 13. In the CMIP 
models, the ratio of SSH-induced SST anomalies versus 
thermocline change is larger compared to the observation 
(Fig. 13), indicating a stronger thermocline feedback in 
models than in the observation. This conclusion is further 
demonstrated by Fig. 14. Thus, though the SSH anomalies 
are weaker in CMIP models, the SSH-induced SST anoma-
lies are comparable to observation due to the strong bias of 
thermocline feedback.

4.3  The capacitor effect

The Indian Ocean capacitor effect is an important mecha-
nism in TIO’s influence on the NWP climate (Yang et al. 
2007; Xie et al. 2009; Huang et al. 2010; Xie et al. 2010; 
Yang et al. 2010; Chowdary et al. 2011). The TIO warm-
ing can persist into JJA(1) in CMIP MME (Fig. 1h, l). How 

(a)

(b)

Fig. 9  The a CRS and b WES feedback index in CMIP5 (‘C5’), 
CMIP3 (‘C3’), all (‘A’) models MME and each model (number). The 
dashed lines represent the feedback index of observation. The CRS 
feedback index is the ratio between the downward SWR grid-num-
bers and suppressed rainfall grid-numbers in Fig. 8a–c. The WES 

feedback index is the ratio between the downward LHF grid-numbers 
and SIO anticyclone intensity in Fig. 8d–f. If a ratio’s symbol is dif-
ferent from others or its value is much more abnormal than others, 
this outlier is set to zero in the figure
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do these models simulate the capacitor effect? Figure 15 
shows regression of seasonal mean 200 hPa geopotential 
height and wind with respect to D(0)JF(1) Niño3.4 index 
in observation, CMIP3 and CMIP5 MME. In observation, 
the geopotential height displays a Matsuno-Gill (Matsuno 
1966; Gill 1980) pattern with Kelvin wave eastward to the 
equatorial WP. Westerly winds dominate the Indo-western 
pacific region as a Kelvin wave response (Fig. 15a). As a 
result, anomalous anticyclone is induced at the north flank 
of the Kelvin wave (Fig. 1d). However, the Matsuno-Gill 
(Matsuno 1966; Gill 1980) pattern is weaker and displays a 
west bias in MME results, corresponding to the weaker and 
overly westward westerly winds (Fig. 15b, c). It seems that 
the westward Rossby wave from the Pacific triggers anom-
alous westerly winds, weakening easterly winds induced by 
the eastward Kelvin wave from the Indian Ocean in CMIP 
MME.

The tropical SST anomalies are the most effective way to 
warm the atmosphere above. The capacitor effect is mainly 
forced by the TIO warming in summer when ENSO has 
dissipated (Xie et al. 2009). However, the SST anomalies 
over the equatorial WP persist into JJA(1) in CMIP MME. 
Figure 16a further demonstrate this unrealistic SST anoma-
lies. The equatorial WP SST anomalies persist longer than 
the observation in both CMIP3 and CMIP5 MME, which 
is possibly related to the overly westward extension of the 

ENSO warm tongue in state-of-the-art CGCMs (Collins 
et al. 2010; Kim and Yu 2012; Gong et al. 2013; Bellenger 
et al. 2014; Gong et al. 2014; Ham and Kug 2014; Huang 
et al. 2014; Zhang and Sun 2014; Tao et al. 2015). There are 
stronger westerly anomalies over the equatorial WP in most 
CMIP models, which indicates a Gill response to unrealis-
tic WP SST anomalies (Fig. 16b). The unrealistic WP SST 
anomalies help the westward extension of Rossby wave 
and suppress the effect of eastward Kelvin wave, influenc-
ing the NWP anticyclone. Thus, on one hand, the westerly 
winds induced by the Rossby wave weaken the easterly 
winds induced by the Kelvin wave over the NWP. On the 
other hand, the WP warming forces the NWP anticyclone 
move farther north (about 5°) than observation (Fig. 1h, l). 
This suggests a major forcing from the Pacific (Fig. 2h, l), 
which is similar to the Pacific-Japan/East Asia–Pacific (PJ/
EAP) teleconnection (Nitta 1987; Huang and Sun 1992).

5  Biases in each model

This section provides a synthesis of the IOBM biases in 
CMIP models. Considering different physical processes 
in the evolution of IOBM, four seasons are chosen for 
further study respectively. In SON(0), “pr_index_SON” 
indicates the SON(0) rainfall intensity as in Figs. 3 and 

(a) (d) (g)

(b) (e) (h)

(c) (f) (i)

Fig. 10  As in Fig. 6, but for the SST tendency (shaded, °C) and NHF (contour, Wm−2, downward positive)
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4, “pr_num_SON” indicates the SON(0) suppressed rain-
fall grid-numbers over the TIO (20°S–20°N, 40°–100°W), 
“ac_index_SON” indicates the SON(0) SIO intensity as in 
Fig. 4, and the wind anomalies at north and south flank of 
SIO are represented as “Nu_index_SON” and “Su_index_
SON”, “sw_num_SON”, “lh_num_SON”, “nh_num_SON” 
indicate the downward SWR, LHF, NHF grid-numbers 
over the TIO, respectively, “u_max_lon_SON” and “ssh_
max_lon_SON” are the longitude of maximum zonal 
wind anomalies and SSH change as in Fig. 5. In D(0)JF(1) 
and MAM(1), the first 8 variables are similar to those in 
SON(0), but for the corresponding seasons. The rest 4 
variables are “clmssh_index”, “ssh_index”, “reg_ssh_sst”, 
“IOBM”, representing the tropical SWIO (15°–5°S, 50°–
80°E) climatology SSH, ENSO-induced SSH anomalies, 
SSH-induced SST anomalies, IOBM intensity, respec-
tively. In JJA(1), “IOBM_JJA” indicates the JJA(1) IOBM 
intensity, “nwpac_index_JJA” indicates the JJA(1) NWP 

anticyclone intensity, calculated as north flank (25°–35°N, 
120°–160°E) minus south flank (5°–15°N, 120°–160°E), 
“wpsst_JJA” indicate the SST anomalies over the equato-
rial WP (5°S–5°N, 150°E–150°W). For each variable v and 
each model i, bi is the bias normalized by CMIP3 + CMIP5 
inter-model standard deviation (STD; σCMIP3+CMIP5) for 
each model, written as

For the relationship between the suppressed rainfall 
and SIO anticyclone as in Fig. 4, the intensity of sup-
pressed rainfall anomalies in CMIP models are weaker 
in SON(0), reasonable in D(0)JF(1), and slightly weaker 
in MAM(1), corresponding with the bias change of SIO 
anticyclone, especially the south flank of anticyclonic 
wind anomalies (“pr_index”, “ac_index”, “Nu_index”, 
“Su_index”, in Fig. 17a–c). Note that the weak bias in 

bi =
vi − vref

σCMIP3+CMIP5

(a) (e) (i)

(b) (f) (j)

(c) (g) (k)

(d) (h) (l)

Fig. 11  The climatology SSH during SON(0), D(0)JF(1), MAM(1) and JJA(1) for observation (left panels, a–d), CMIP3 (middle panels, e–h) 
and CMIP5 (right panels, i–l) MME
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MAM(1) anticyclone is more likely due to the weaker 
meridional SST gradient (figure not shown), and the 
rainfall anomalies are the result of ENSO-induced local 

effect. The weak bias of anticyclone at the south flank in 
SON(0) leads to weaker SST anomalies over the SIO in 
D(0)JF(1) (Figs. 1f, j, 17a). Moreover, due to the weaker 

(a) (e) (i)

(b) (f) (j)

(c) (g) (k)

(d) (h) (l)

Fig. 12  Regression of SST anomalies with respect to SSH anomalies during SON(0), D(0)JF(1), MAM(1) and JJA(1) for observation (left pan-
els, a–d), CMIP3 (middle panels, e–h) and CMIP5 (right panels, i–l) MME

Fig. 13  Scatter diagram of 
the SSH change versus SSH-
induced SST anomalies over the 
SWIO (15°S–5°S, 50°–80°E) 
in a D(0)JF(1), b MAM(1). The 
SSH change is calculated as the 
ratio of ENSO-induced SSH 
anomalies and climatology SSH 
depth in each season

(a) (b)
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WES feedback (Fig. 9b), there is overall weak bias of 
LHF anomalies during the three seasons (“lh_num” 
in Figs. 8d–f, 17a–c). As mentioned before, the SWR 

anomalies are highly related to the precipitation anoma-
lies over the TIO (Fig. 8a–c), and the CRS feedback is 
stronger in CMIP models (Fig. 9a). The suppressed 

Fig. 14  As in Fig. 9, but for the thermocline feedback. The thermocline feedback index is the ratio between the SSH-induced SST anomalies 
and SSH change in Fig. 13

(a)

(b)

(c)

Fig. 15  Regression of 200 hPa geopotential height (shaded, gpm), 200 hPa wind (vector, ms−1) with respect to D(0)JF(1) Niño3.4 index during 
JJA(1) for a observation, b CMIP3, and c CMIP5 MME
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rainfall grid-numbers are comparable to the observa-
tion in SON(0) and MAM(1), and more in D(0)JF(1) 
due to the west bias of rainfall anomalies (“pr_num”, 
in Fig. 17a–c). Thus, the overall downward SWR grid-
numbers are slightly more in CMIP models (“sw_num”, 
in Fig. 17a–c). The sum of SWR and LHF roughly con-
stitutes NHF in the tropical oceans. There are less NHF 
grid-numbers in SON(0) and MAM(1) than observation 
due to reasonable SWR grid-numbers and less LHF grid-
numbers, and more NHF grid-numbers in D(0)JF(1) due 
to more SWR grid-numbers and reasonable LHF grid-
numbers (“nh_num”, in Fig. 17a–c).

For the relationship between the SSH and SIO anticyclone 
as in Fig. 5, there exists west bias in SSH anomalies, which 
is associated with the west bias of anticyclone (“u_max_
lon_SON” and “ssh_max_lon_SON”, in Fig. 17a). As previ-
ous section, we focus on the DJF and MAM seasons. The 
simulated SWIO SSH anomalies are weaker than the obser-
vation (“ssh_index”, in Fig. 17b, c). Though there is a deep 
bias of SWIO climatology thermocline (“clmssh_index”, in 
Fig. 17b, c), the SSH-induced SST anomalies there are still 
comparable to the observation due to the stronger thermo-
cline feedback (“reg_ssh_sst”, in Fig. 17b, c).

Taking both atmospheric and oceanic processes into 
account, the less bias of downward NHF grid-numbers 
in SON(0) and weak bias of SSH-induced SST anoma-
lies in D(0)JF(1) jointly cause slightly weak bias of D(0)
JF(1) IOBM (“IOBM_DJF”, in Fig. 17b). Due to more 
downward NHF grid-numbers in D(0)JF(1) and reasonable 
MAM(1) SSH-induced SST anomalies, the weak bias of 
MAM(1) IOBM is significantly reduced (“IOBM_MAM”, 

in Fig. 17c). In JJA(1), the IOBM is slightly stronger than 
observation (“IOBM_JJA”, in Fig. 17d), associated with 
the less downward NHF grid-numbers in MAM(1) and 
slightly stronger SSH-induced SST anomalies. This indi-
cates that the effect of oceanic processes can persist into 
summer in CMIP models. Though there is reasonable 
IOBM simulation in JJA(1), the simulated of NWP anticy-
clone shows overall weak biases (“nwpac_index_JJA”, in 
Fig. 17d), which is related to the unrealistic WP SST anom-
alies (“wpsst_JJA”, in Fig. 17d).

Defining the average of these normalized biases as CMIP 
MME results, CMIP5 models show some improvement in 
the SON and MAM seasons, but no remarkable change in 
DJF and JJA compared with CMIP3 models (Fig. 17). To 
further investigate the performance of CMIP3 and CMIP5 
models, we first calculate the STD of inter-model biases for 
each variable in CMIP3 and CMIP5 models respectively, 
and then the ratios of these CMIP5 and CMIP3 models. 
The results are shown in Fig. 18a. If the ratio is lower than 
one, the performance of CMIP5 models is better. Most var-
iables, 26 out of 38 (about 70 %), show an improvement in 
CMIP5 models with a smaller spread of inter-model biases. 
On the other hand, Fig. 18b presents the STD of inter-varia-
ble biases for each model, and MME results of CMIP5 and 
CMIP3 models. The MME result of CMIP5 models has the 
smaller spread of inter-variable biases than CMIP3 models. 
In particular, some models show the excellent performance 
with smaller spread, as BCC-CSM1.1-M, GFDL-ESM2G, 
MIROC5 and so on. As a result, the overall performance of 
CMIP5 models is better than CMIP3 models, both on the 
MME and STD of biases.

(a) (b)

Fig. 16  a Regression of monthly SST anomalies over the equatorial 
WP (5°S–5°N, 150°E–150°W) with respect to D(0)JF(1) Niño3.4 
index for observation (black line), CMIP3 (blue line) and CMIP5 
(red line) MME. The vertical dashed line marks the JJA season when 

ENSO has dissipated in observation. b Scatter diagram of SST anom-
alies (abscissa) over the WP (5°S–5°N, 150°E–150°W) and zonal 
wind anomalies (ordinate) over equatorial WP (5°S–5°N, 150°E–
180°) in JJA(1)
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6  Summary

Based on the outputs of CMIP3 and CMIP5 models, this 
study has evaluated the biases of IOBM and its capaci-
tor effect in 15 CMIP3 and 32 CMIP5 models. The main 
conclusions are summarized depending on the season and 
improvement from CMIP3 to CMIP5:

1. SON(0). The rainfall anomalies corresponding with 
SIO anticyclone extend overly westward compared to 
the observation, and the SSH anomalies also display a 
west bias. The suppressed rainfall anomalies over the 
MC and EIO display a weak bias, leading to a weak 
bias of SIO anticyclonic wind anomalies, especially 
along the south flank of the anticyclone. The simu-

lated SSH anomalies are also weaker. Besides, the 
WES feedback is weaker in CMIP models. The weak 
bias in both anticyclone and feedback causes a weak 
bias of LHF simulation. The overall suppressed rain-
fall anomalies over the whole basin are slightly weaker 
than observation, and the CRS feedback is stronger in 
CMIP models, which, together, result in reasonable or 
slightly stronger SWR anomalies. The sum of SWR 
and LHF anomalies is weaker in the models, especially 
over the SIO, causing a weak bias of SST anomalies 
there in D(0)JF(1).

2. D(0)JF(1). There are slightly weaker SSH-induced SST 
anomalies in CMIP models due to the stronger thermo-
cline feedback though there is a weak bias of ENSO-
induced SSH anomalies. The overall effect of atmos-

(a) (b) (c) (d)

Fig. 17  The biases of each variable in IOBM for CMIP3 and 
CMIP5 models during a SON(0), b D(0)JF(1), c MAM(1), d JJA(1). 
“CMIP5-MME” and “CMIP3-MME” represent the MME of biases 
for each variable in CMIP3 and CMIP5 models respectively. The 

abscissa represents the variables in the evolution of IOBM, and each 
variable is introduced at the beginning of Sect. 5. The ordinate repre-
sents the names of CMIP models listed in Table 1
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pheric and oceanic processes leads to a weak bias of 
IOBM simulation. The suppressed rainfall anomalies 
over the MC and EIO are comparable to or stronger 
than observation, owing to the west bias of precipita-
tion anomalies which is possibly attributed to the west 
bias of simulated ENSO. As a result, the CMIP models 
simulate reasonable intensity of SIO anticyclone, but 
with a west bias. Due to a weaker WES feedback, the 
LHF anomalies are slightly weaker. Both stronger dry 
anomalies over the whole basin and strong bias of CRS 
feedback in CMIP models cause stronger SWR anom-
alies. The stronger SWR and slightly weaker LHF 
anomalies lead to stronger NHF anomalies in model 
simulations.

3. MAM(1). The SSH-induced SST anomalies in 
MAM(1) are comparable to observation, and NHF 
anomalies in D(0)JF(1) are stronger. Thus, the weak 
bias of IOBM simulation is significantly reduced in 

MAM(1). The weaker anticyclone is more likely due 
to weak bias of meridional SST gradient, resulting in 
weak bias of precipitation anomalies in MAM(1). The 
weaker wind anomalies and weaker WES feedback 
cause the weak bias of LHF anomalies, and weaker dry 
anomalies and stronger CRS feedback cause reasona-
ble or slightly stronger SWR anomalies. Therefore, the 
NHF anomalies are slightly weaker in models.

4. JJA(1). In CMIP models, the effect of oceanic pro-
cesses can persist into summer, offsetting the effect of 
slightly weaker NHF anomalies, so that the TIO warm-
ing lasts to summer. However, the NWP anticyclonic 
wind anomalies are weaker due to the weak and west 
bias of TIO capacitor effect. The unrealistic WP SST 
anomalies in CMIP models lead to a westward exten-
sion of Rossby wave with associated anomalous west-
erly winds from the Pacific, weakening anomalous east-
erly winds induced by the eastward Kelvin wave from 

(a)

(b)

Fig. 18  a The ratios between the CMIP5 and CMIP3 standard devia-
tions of inter-model biases for each variable. The dashed lines rep-
resent the ratio of one. b The standard deviations of inter-variable 

biases for each model (number), and MME results of CMIP5 (‘C5’) 
and CMIP3 (‘C3’) models. The dashed lines represent the result of all 
models MME
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the Indian Ocean. Moreover, the WP warming forces 
the NWP anticyclone move farther north (about 5°) 
than observation, suggesting the major forcing from the 
Pacific. The detailed mechanism is shown in Fig. 19.

5. Improvement from CMIP3 to CMIP5. For the feed-
back simulation, the CRS feedback in CMIP3 MME 
is weaker than observation, and stronger in CMIP5 
MME. Thus, there seems no significant improvement 
in CRS feedback. However, though there are weak 
bias of WES feedback and strong bias of thermocline 
feedback, the CMIP5 MME simulates more realistic 
feedback than CMIP3. For the biases, CMIP5 models 
show some improvement in SON and MAM compared 
with CMIP3 models though there are no remarkable 
changes in DJF and JJA. The spread of inter-model 
biases also show improvement from CMIP3 to CMIP5. 
Thus, the overall performance of CMIP5 models is bet-
ter than CMIP3 models.

The feedback bias may be originated from the model 
errors in association with the complex parameterization 
of physical processes. Leaving these feedback bias issues 

aside, the biases of IOBM simulation are ultimately related 
to the ENSO simulation. The problems about ENSO simu-
lation in the state-of-the-art CGCMs still exist, including 
the intensity and westward extension of SST anomalies. 
The biases in SST anomalies are carried to rainfall simu-
lation. The rainfall biases further affect the simulation of 
SIO anticyclone, and consequently the oceanic processes. 
Therefore, all these call for a breakthrough in CGCMs sim-
ulations of physical processes associated with ENSO.
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is the key mechanism for maintaining the TIO warming. 
From the model perspective, during 1900–1940, the weak 
anti-symmetric atmospheric circulation with easterly (north-
westerly) anomalies north (south) of the equator helps to 
sustain the double-peak warming pattern. During 1965–
2005, the intensified anti-symmetric wind pattern is in favor 
of the non-uniform IOBM-like warming pattern.

Keywords Tropical Indian Ocean · Inhomogeneous 
warming · Double-peak warming pattern · Non-uniform 
IOBM-like pattern · Anti-symmetric atmospheric 
circulation

1 Introduction

About 84 % of the total heating of the Earth system has 
been absorbed by ocean (Levitus et al. 2005). Due to its 
thermal inertia, ocean retards the pace of the global warm-
ing by absorbing a majority of solar heating trapped by 
well-mixed Greenhouse Gas (GHG) forcing (Hegerl and 
Bindoff 2005). The signature of widespread warming in sea 
surface temperature (SST) emerges most clearly when con-
sidering the global ocean for much of the twentieth century 
based on a wide range of observations (Stocker et al. 2013). 
Much attention has been directed to each ocean basin for 
time spans of a decade or more. The Indian Ocean exhibits 
a robust basin-wide SST warming since the 1950s (Du and 
Xie 2008; Hoerling et al. 2004), amounting to the order of 
0.5 °C over the past 50 years, though the strong warming 
signal is not monotonic (Levitus et al. 2000).

Observations and numerical experiments have shown 
some distinctive spatial features in the Indian Ocean warm-
ing signal. Levitus et al. (2005) stressed that the Indian 
Ocean heat storage has displayed a pronounced increase 

Abstract The characteristics and causes of inhomogene-
ous warming of the Tropical Indian Ocean (TIO) sea surface 
temperature during 1900–2005 are investigated based on 
observations and 16 Coupled Model Intercomparison Pro-
ject phase 5 (CMIP5) models. Over the TIO, the observed 
warming trend has more than doubled since 1965, which is 
well simulated by the CMIP5 historical runs. However, as 
to spatial warming pattern, observations manifest a double-
peak pattern during 1900–1940 and a non-uniform Indian 
Ocean Mode (IOBM)-like pattern during 1965–2005, which 
is not captured by the CMIP5 historical runs. Herein, an 
optimal detection analysis is employed, which indicates that 
the double-peak warming pattern can be explained well by a 
combination of Greenhouse Gas (GHG) and natural forcing, 
and the non-uniform IOBM-like pattern is mostly attribut-
able to anthropogenic forcing. Further, a mixed-layer heat 
budget analysis shows that atmospheric and oceanic pro-
cesses, especially latent heat flux from atmospheric forc-
ing part associated with GHG forcing, are beneficial for the 
warming patterns formation. Our study supports the claim 
that intrinsic ocean–atmosphere interaction within the TIO 
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in the upper 700 m in the southern Indian Ocean, but kept 
roughly constant for the northern Indian Ocean over the 
past 5 decades, which is partly associated with a hemi-
spheric difference in the net surface heat flux caused by 
the buildup of aerosols over the northern Indian Ocean. 
Furthermore, by analyzing a new Indian Ocean Tempera-
ture Archive (IOTA), Alory et al. (2007) reported a particu-
larly significant warming signal in the western subtropical 
Indian Ocean from 40 to 50°S extending to 800 m; in con-
trast, a remarkable warming from 15°S to 5°N was con-
fined to above the 20 °C isotherm, along with a pronounced 
subsurface cooling in the depth of 100–200 m. Harrison 
and Carson (2007) pointed out that it was difficult to make 
an accurate determination of heat storage trend because of 
the sparse data coverage in the Indian Ocean, especially 
the southern Indian Ocean. It is indicated that the Tropi-
cal Indian Ocean (TIO) warming is mainly trapped in the 
top 125 m (Pierce et al. 2006). Climate models exhibit an 
appreciable warming of IOD-type pattern with warming in 
the western TIO and cooling in the southeastern TIO (Vec-
chi and Soden 2007; Zheng et al. 2010). The confidence 
level of the temporal and spatial characteristics in the TIO 
warming signal is low due to the lack of a multi-model 
ensemble mean approach.

The Indian Ocean warming has remote impacts on 
regional climate change. A large body of model simulations 
have demonstrated that the warming in the Indian Ocean is 
at least partly responsible for droughts over the Sahel and 
other parts of Africa (Bader and Latif 2003; Giannini et al. 
2003; Hoerling et al. 2006), the prolonged droughts during 
1998–2002 over North America, the Mediterranean, and 
the Middle East (Hoerling and Kumar 2003), and trends in 
the North Atlantic Oscillation and annular modes (Hoer-
ling et al. 2004; Lu et al. 2004). Additionally, the warm-
ing trend influences Australian precipitation (Ashok et al. 
2003), Indian monsoon circulation (Krishnan et al. 2006) 
and East Asian monsoon circulation (Li et al. 2010) as well 
as the extra-tropical remote forcing of ENSO (Lau et al. 
2006). Numerical model simulations are capable of sup-
porting observational evidence that the TIO warming is 
a key forcing for the northwestern Pacific and East Asian 
climate change in the 1970s (Xie et al. 2010b). Therefore, 
understanding the causes of the TIO warming is an essen-
tial scientific basis for future regional climate projection 
with improved skill and reduced uncertainty.

A wide variety of relevant mechanisms have been pro-
posed for the Indian Ocean warming. For one thing, many 
coupled ocean–atmosphere models have reproduced the 
warming in the TIO when forced by external forcing, 
especially by increased GHG and aerosol concentrations 
(Alory et al. 2007; Barnett et al. 2005; Hoerling et al. 2004; 
Pierce et al. 2006), but the warming signal has not been 
found when anthropogenic forcing is absent (Knutson et al. 

2006). Barnett et al. (2005) stated that the increased heat 
content of the northern Indian Ocean was mainly induced 
by the ocean temperature advection, whereas other parts 
of the Indian Ocean were subjected to increasing surface 
heat fluxes. Du and Xie (2008) further suggested that GHG 
forcing may have contributed significantly to the warming 
in the TIO. Moreover, the thermocline change induced by 
ocean waves (Li et al. 2003) and a deceleration of the wind-
driven Ekman pumping (Alory and Meyers 2009) are also 
regarded as the dominant causes. For another, internally-
generated variability of the climate system is a possible 
explanation. The 1976–1977 climate regime shift over the 
Pacific Ocean has promoted the basin-wide warming over 
the Indian Ocean (Terray and Dominiak 2005). Despite so 
many mechanisms posed, the pivotal physical mechanism 
responsible for the TIO warming, however, is still unclear.

The purpose of the present study is to identify the major 
spatio-temporal features of changes in the TIO SST and 
to investigate relevant mechanisms. Our study extends 10 
IPCC-AR4 models assessment (Alory et al. 2007). We not 
only evaluate the latest 16 CMIP5 models, but more impor-
tantly, shed light on the key role of intrinsic ocean–atmos-
phere interaction and ocean dynamics within the TIO in 
sustaining the inhomogeneous warming signal. We mainly 
put a spotlight on spatio-temporal pattern of the TIO warm-
ing and concerned formation mechanisms. Our study may 
therefore provide a possible explanation of physical pro-
cesses at work in the real ocean and responsible for the 
observed inhomogeneous warming in the TIO.

The rest of the paper is arranged as follows. Details on 
the observations, model simulations and diagnostic meth-
ods are described in Sect. 2. Major features and causes of 
the TIO warming based on observations and multi-model 
ensemble means are given in Sect. 3. The main conclusions 
and discussions on the findings from this study are pre-
sented in Sect. 4.

2  Model, observations and analysis methods

2.1  Model and experiments

This study adopts the total 180 simulations from the World 
Climate Research Program’s Coupled Model Intercom-
parison Project phase 5 (CMIP5) models organized by the 
U.S. Department of Energy’s Program for Climate Model 
Diagnosis and Intercomparison (PCMDI) in support of the 
Intergovernmental Panel on Climate Change Fifth Assess-
ment Report (IPCC-AR5), which include 71 historical, 45 
historicalGHG, 48 historicalNat and 16 piControl realiza-
tions (Table 1), respectively. Here we mainly analyze six 
sets of simulations (Taylor et al. 2012). The historical sim-
ulations (named as ALL) are forced by both anthropogenic 
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forcing (well-mixed GHGs and human-induced aerosols) 
and natural forcing (solar irradiance changes and volcanic 
aerosols). The historicalGHG (named as GHG) and histori-
calNat (named as NAT) simulations are consistent with the 
ALL except that they are forced by well-mixed greenhouse 
gases and natural forcing only, respectively. The piControl 
(named as INT) experiment is a long-term simulation with 
imposed non-evolving, pre-industrial conditions, includ-
ing prescribed atmospheric concentrations (all well-mixed 
gases and some short-lived species), non-evolving emis-
sions or concentrations (natural aerosols or their precur-
sors, some reactive species), and even unperturbed land 
use. Besides, according to Taylor et al. (2009), the differ-
ence between historical and historicalNat runs is defined as 
anthropogenic simulations (named as ANT). Likewise, the 
difference between anthropogenic and historicalGHG runs 
is characterized as aerosol simulations (named as AER). 
In this study, we apply outputs from a total of 16 differ-
ent CMIP5 models, including SST, surface heat flux (short-
wave and longwave radiation, latent heat flux and sensible 
heat flux), surface wind, near-surface wind speed, precipi-
tation and sea surface height.

2.2  Observational datasets

The observations used here include: (1) the monthly mean 
SST from the Hadley Centre Global Sea Ice and Sea Sur-
face Temperature (HadISST) analysis data for the period 

1900–2005 (Rayner et al. 2003), with a spatial resolution 
of 1° latitude × 1° longitude; (2) version 3b of the National 
Oceanic and Atmospheric Administration Extended Recon-
structed Sea Surface Temperature (ERSST_V3b) data for 
the period 1900–2005 in the form of monthly mean on a 
regular 2° × 2° latitude/longitude grid (Smith et al. 2008).

2.3  Analysis methods

2.3.1  Fingerprint analysis

The preindustrial control runs show long-term drifts. It 
is assumed that the drifts are largely a result of the mod-
els not being in equilibrium with the control run forcing. 
Therefore, we remove the drifts by subtracting the linear 
trends at each model grid point separately. To compute 
fingerprints from the ensemble means of the ALL, GHG, 
ANT, NAT and AER runs and to estimate the background 
noise of internally-generated variability from the INT, 
we first regrid all 16 model outputs to a common 5° × 5° 
latitude/longitude grid by a bilinear interpolation and then 
convert the monthly outputs to annual products for the 
period 1900–2005. Regridding to a comparatively coarse 
resolution grid can weaken the spatial dimensionality of the 
datasets used, which is conducive to the estimation of the 
empirical orthogonal functions (EOFs) in the fingerprint 
analysis (Santer et al. 2007). Considering that model incon-
sistencies may affect the results, the multi-model ensemble 

Table 1  Technical details of 16 CMIP5 Models used in this study

Official model acronyms, their institutes, Atmospheric General Circulation Model (AGCM) horizontal grid resolution, and the number of 
realizations from historical runs (NH), historicalGHG runs (NG), historicalNat runs (NN), and preindustrial control integrations (NC) are listed, 
respectively

No. Model Institute Atmospheric resolution (lat × lon) NH NG NN NC

1 bcc-csm1-1 BCC/China 64 × 128 3 1 1 1

2 BNU-ESM GCESS/China 64 × 128 1 1 1 1

3 CCSM4 NCAR/USA 192 × 288 6 3 4 1

4 CanESM2 CCCMA/Canada 64 × 128 5 5 5 1

5 CNRM-CM5 CNRM-CERFACS/France 128 × 256 10 6 6 1

6 CSIRO-Mk3-6-0 CSIRO-QCCCE/Australia 96 × 192 10 5 5 1

7 GFDL-CM3 NOAA GFDL/USA 90 × 144 5 3 3 1

8 GFDL-ESM2 M NOAA GFDL/USA 90 × 144 1 1 1 1

9 GISS-E2-H NASA GISS/USA 90 × 144 5 5 5 1

10 GISS-E2-R NASA GISS/USA 90 × 144 6 5 5 1

11 IPSL-CM5A-LR IPSL/France 96 × 96 6 3 3 1

12 IPSL-CM5A-MR IPSL/France 143 × 144 3 3 3 1

13 MIROC-ESM MIROC/Japan 64 × 128 3 1 3 1

14 MIROC-ESM-CHEM MIROC/Japan 64 × 128 1 1 1 1

15 MRI-CGCM3 MRI/Japan 160 × 320 3 1 1 1

16 NorESM1-M NCC/Norway 96 × 144 3 1 1 1

Total – – 71 45 48 16
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mean approach is used with the same weight for each 
model, despite of the number of ensemble realizations. The 
observational data is also transformed to the same 5° × 5° 
latitude/longitude target grid.

Let S(t, i, j) signify annual mean SST data at time t 
from the ith realization of the jth model’s runs. Data are 
expressed as anomalies relative to the period 1900–2005. 
The All ensemble averages (SALL(t)), GHG ensemble aver-
ages (SGHG(t)), ANT ensemble averages (SANT(t)), NAT 
ensemble averages (SNAT(t)) and AER (SAER(t)) ensemble 
averages are calculated by first averaging each model’s 
realizations (Table 1) and then averaging 16 different mod-
els. Finally, we calculate EOFs of the SALL(t), SGHG(t), 
SANT(t), SNAT(t) and SAER(t). The first EOF of each data set is 
simply defined as the fingerprint, for example, FALL, FGHG, 
FANT, FNAT and FAER, which accounts for a massive fraction 
of the overall variance.

To estimate the background noise of internally-gen-
erated variability, two different data sets are typically 
required for the optimal fingerprint method used here. One 
data set is used to calculate the optimal fingerprint, and the 
second is employed to estimate the statistical significance 
of the fingerprint. Here, we first separate SST anomaly data 
from individual control run into two equal parts and then 
concatenate the first and the second from 16 control runs 
(Table 2), respectively. Finally, we obtain two noise data 

sets. For example, for the 16 different model control runs, 
we calculate anomalies for individual control run relative 
to its overall time span and then concatenate these anoma-
lies to form two noise data sets C1(t) and C2(t). The index t 
indicates the concatenated time dimension. There are a total 
of time dimension of 4819 years of C1(t) and 4814 years of 
C2(t).

To assess the sensitivity of our results to the choice of 
fingerprint and noise, we further compute the signal-to-
noise ratio (S/N). We perform the rotation of the fingerprint 
in the subspace of the first m EOFs of C1(t) or C2(t), where 
m denotes the alleged “truncation dimension.” Here, we 
use the choice of m (=15) to rotate away from high noise 
directions and obtain the optimized fingerprint F∗. Fur-
thermore, to reduce the artificial skill, the same noise data 
C1(t) or C2(t) is never contemporaneously used to optimize 
the fingerprint and estimate the signal-free time series N(t) 
(Santer et al. 1995). Full details of the detection method are 
as follows.

We first calculate detection time series. Observational 
data O(t) are expressed as anomalies relative to climatolog-
ical mean for the entire period 1900–2005. Observed data 
O(t) and noise data set C1(t) or C2(t) are projected onto the 
optimized fingerprint F∗, yielding a statistical time series 
Z(t) and a signal-free time series N(t), respectively. Then 
Z(t) is fitted to the least-squares linear trends of increasing 
length L and compared with the standard error of the dis-
tribution of non-overlapping L length trends in N(t). Here, 
we assume a Gaussian distribution of trends in N(t) and use 
one-tailed Student t test. When the S/N exceeds above the 
95 % confidence level, the detection is stipulated to occur 
and the results are in this sense statistically significant.

2.3.2  Heat budget analysis

We assume that SST can represent the mixed-layer mean 
temperature and therefore we can employ mixed-layer heat 
budget analysis to diagnose the formation of SST warming 
pattern. When the ocean temperature is integrated from the 
surface to the bottom of the mixed layer, the SST tendency 
can be expressed as:

where T′ is SST change, C = copρoH is the heat capacity of 
the mixed layer, cp

o is the specific heat at constant pressure, 
ρo is the density of seawater, H signifies the depth of the 
mixed layer, Do denotes the ocean heat transport effect due 
to three-dimensional advection, mixing and even entrain-
ment, Qnet indicates the change in the net surface heat flux 
into the ocean.

Since our study is mainly concentrated on the long-term 
variability of SST warming pattern, the 11-year running 

(1)C
∂T ′

∂t
= Do + Qnet ,

Table 2  Salient features of preindustrial control integrations used in 
this study

CTL1, CTL2, and L denote (respectively) the first year, last year and 
length (years) of preindustrial control runs for calculating the sam-
pling distributions of internally-generated variability shown in Fig. 4. 
Note that the start date of individual control runs is random

No. Model CTL1 CTL2 L

1 bcc-csm1-1 1 500 500

2 BNU-ESM 1450 2008 559

3 CCSM4 250 1300 1051

4 CanESM2 2015 3010 996

5 CNRM-CM5 1850 2699 850

6 CSIRO-Mk3-6-0 1 500 500

7 GFDL-CM3 1 500 500

8 GFDL-ESM2 M 1 500 500

9 GISS-E2-H 2410 2949 540

10 GISS-E2-R 3981 4530 550

11 IPSL-CM5A-LR 1800 2799 1000

12 IPSL-CM5A-MR 1800 2099 300

13 MIROC-ESM 1800 2330 531

14 MIROC-ESM-CHEM 1846 2100 255

15 MRI-CGCM3 1851 2350 500

16 NorESM1-M 700 1200 501

Total – – 9633



623Inhomogeneous warming of the Tropical Indian Ocean in the CMIP5 model simulation during 1900…

1 3

mean is applied to suppress inter-annual variability. Given 
the inter-decadal and even longer time scales, spatial vari-
ations in the net surface flux and the ocean transport effect 
are one order of magnitude larger compared with SST ten-
dency (Schneider and Fan 2012). Thus, Do counteracts the 
change in Qnet to the first order,

Considering the convenient diagnostic relationship used 
here, Do is simply inferred without definitely estimating all 
of the advection, mixing and entrainment terms. Although 
some important ocean processes such as the deep water 
ventilation are missing in Eq. (2), they do not seem domi-
nant in current study.

Surface heat flux is composed of four physical com-
ponents: shortwave radiation QS, longwave radiation QL , 
turbulent fluxes of sensible heat QH and latent heat QE . 
Surface latent heat flux (QE) is often taken as a mixture of 
ocean response (QE

o) and atmospheric forcing (QE
a), but not 

as a single dynamic quantity (Xie et al. 2010a). In general, 
QE can be decomposed into a Newtonian cooling effect 
(QE

o) and a residual that represents atmospheric forcing (QE
a) 

due mostly to the atmospheric adjustments in wind speed, 
relative humidity and stability effects, which may not be 
directly tied to, but be quite influential in the formation of 
SST warming pattern. The first term can be casted as:

where Q̄E denotes the climatological latent heat flux and α 
indicates the coefficient. The second term is calculated as:

Likewise, the wind speed effect (QE
w) can be obtained,

where W is surface wind speed, W′ is surface wind speed 
change and W̄ is the climatological surface wind speed.

In conclusion, SST warming pattern formation can be 
quantified by the following equation,

The variations in SST warming are mainly attribut-
able to ocean circulation variation (Do), and atmos-
pheric processes via radiative and turbulent fluxes 
(Qa = QS + QL − QH − QE). Note that sensible heat flux 
(QH = −cpρaCHWS, cp is specific heat at constant pressure, 
ρa is surface air density, CH is the transfer coefficient, W is 
surface wind speed, S = Ta − T is surface stability param-
eter, Ta and T are total SST and surface air temperature 
at 2 m in kelvin) has been treated as a key component of 
atmospheric forcing (Qa). Moreover, the SST dependency 

(2)0 = Do + Qnet .

(3)Qo
E =

∂QE

∂T
T ′

= αQ̄ET
′
,

(4)Qa
E = QE − Qo

E .

(5)Qw
E =

∂QE

∂W
W ′

=
Q̄EW

′

W̄
.

(6)0 = Do + Qa − αQ̄ET
′
.

of surface evaporation may be regarded as a dominant 
damping to well balance forcing terms. The Newton cooling 
coefficient (αQ̄E) acts as the ocean’s ability of limiting the 
variations in SST warming via evaporation. Also, according 
to the Clausius–Clapeyron equation, the coefficient α can be 
calculated as LR−1

v T−2 ∼=  0.06 K−1. As noted in Xie et al. 
(2010a), α approximately equals to 0.06 K−1.

3  Results

First, the temporal features of SST warming in the TIO are 
investigated. Then, we utilize an optimal detection method 
to optimize the fingerprint and further enhance the detecta-
bility of the fingerprint in observations (Gillett et al. 2002). 
The spatial characteristics of the TIO warming pattern are 
also examined. Finally, the relevant physical mechanisms 
responsible for the TIO warming pattern are given in 
details.

3.1  Temporal behavior of the TIO warming

Figure 1 illustrates the time evolutions of the TIO 
(20°S–20°N, 40°E–120°E) annual mean SST anomalies 
relative to the climatological mean over the entire period 
of 1900–2005 derived from observations and the ALL. 
For observations, HadISST and ERSST_V3b show a strik-
ing similarity in the basin-scale warming signal during 
1900–2005, albeit some slight differences can also be found 
between two datasets, which are largely due to diverse reso-
lutions and homogeneous methods in producing the data 
archives. It is clear that both the observations and ALL 
exhibit a rapid and non-monotonic warming since 1900, and 
the warming trend is approximately larger by a factor of 2 
during 1965–2005 compared to the trend during 1900–1940. 
Here, the warming trend in the ALL is somewhat larger than 
that in observations. We suspect the underlying reason is 
that multi-model ensemble means of historical simulations 
reduce substantially intrinsic variability, whereas the obser-
vations still contain internally-generated variability. Besides, 
an inconsistency can be found between the observations and 
ALL during 1941–1964 (Fig. 1), which may be associated 
with multiple reasons (observational uncertainty and model 
internal variability, etc.). Therefore, for simplicity, we pri-
marily focus on linear trend in variables during 1900–1940 
and 1965–2005 in the following analyses.

To evaluate the performance of 16 CMIP5 models in 
simulating TIO SST non-uniform warming signal, we first 
compare multi-model ensemble means with the obser-
vations. Time series of annual-mean basin-scale SST 
anomalies in the TIO are shown in Fig. 2. It can be seen 
that the ALL, GHG and ANT capture the primary fea-
tures of the TIO non-uniform warming observed since 
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1900. Specifically, both the ALL and observations exhibit 
a similar but not monotonous rate of warming during 
1900–1940 and 1965–2005. The observed warming rate 
of about 0.06 K/decade during 1900–1940 is reproduced 
by the GHG, although the warming trend is overestimated 
since 1965. The ANT, however, underestimates the basin-
scale warming trend. Additionally, the NAT displays an 
appreciable warming during 1900–1940 while such feature 
does not occur after 1965. The AER shows a significant 
cooling since 1900. In short, above results indicate that 
the observed warming is comparable with the forcing and 
response hypotheses embodied by the forced runs from the 
available 16 CMIP5 models ensemble.

For consistency when comparing forced responses and 
internal variability, we limit the length of piControl simu-
lations examined to that of the shortest piControl runs, 
255 years and then calculate the multi-model ensemble 
means. We further quantify the relative contributions of 
each forced run and internally-generated variability to 
the basin-scale warming in the TIO during 1900–1940 
and 1965–2005 (Fig. 3). During 1900–1940, the observed 
warming trends of 0.061 ± 0.01 (0.069 ± 0.01) K/dec-
ade for HadISST (ERSST_V3b) are well captured by 
the ALL of 0.078 ± 0.005 K/decade (Fig. 3a). Under the 
ANT and NAT, the warming trend separately amounts 
to 0.037 ± 0.002 and 0.042 ± 0.005 K/decade, which 

Fig. 1  Time series of annual 
mean SST anomalies over the 
TIO (20°S–20°N, 40°E–120°E) 
separately from the observations 
and ALL. The two numbers 
of each figure (respectively) 
indicate linear trend values plus/
minus 95 % confidence limits 
according to the one-tailed 
Student t test during 1900–1940 
and 1965–2005. The black 
dashed lines are shown to mark 
the transformation around 1940 
and 1965. Units: K
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respectively account for approximately 50 % of the warm-
ing of the ALL. The GHG of 0.049 ± 0.002 K/decade 
implies that about one-fourth of the GHG-caused warm-
ing is offset by the AER of −0.012 ± 0.002 K/decade. The 
INT likely contributes to −0.29 to 0.03 K/decade. Above 
results reveal that the combined effect of GHGs and natural 
forcing may have contributed significantly to the observed 
warming during 1900–1940. During 1965–2005, the ALL 
of 0.135 ± 0.008 K/decade nearly equals to the warming 
trends of 0.131 ± 0.008 (0.124 ± 0.006) K/decade for 
HadISST (ERSST_V3b) (Fig. 3b). It is noteworthy that 
the ANT of 0.122 ± 0.005 K/decade contributes substan-
tial warming trend of the ALL. Given the error bar, there 
is no significant warming trend in the NAT. The cooling 
trend induced by the AER is −0.04 ± 0.003 K/decade, 
offsetting roughly one-fourth of GHG-caused warming of 
0.165 ± 0.003 K/decade. As for the internally-generated 
variability, it makes little contribution to the observed 
warming during 1965–2005. Therefore, we conclude that 
anthropogenic forcing has played a dominant role in the 
robust warming observed during 1965–2005. It is however 
noted that the ALL overestimates the observed 1900–1940 
and 1965–2005 trends by at least 0.01 K/decade. This could 
mean that, besides external forcing, internal variability may 
also have an important role in contributing to the observed 
SST warming trends in the TIO (Roxy et al. 2014).

The general temporal features shown in multi-model 
ensemble means of Fig. 3 are also presented in many indi-
vidual models (Fig. 4). Comparison of the multi-model 
ensemble means with individual models reveals that 
inter-models variations do not distort the consistency of 
the results during 1900–1940 (Fig. 4a–e) and 1965–2005 
(Fig. 4g–k). Meanwhile, the warming trends of individual 
models indicate a relatively good agreement with observa-
tions in the overall temporal structure of the TIO warm-
ing. On the other hand, internal variability is likely to play 
a larger role in the observed SST warming during 1900–
1940: approximately 29 % (115 of 400) of the unforced 
trends exceed the observed trends (Fig. 4f), compared 
to about 6 % (25 of 400) exceeding observations during 
1965–2005 (Fig. 4l), as noted in Fig. 3. These results give 
us some confidence in the ability of 16 CMIP5 models to 
simulate the basin-scale characteristics of multi-decadal 
variability in the TIO SST.

3.2  Spatial pattern of the TIO warming

In this section, we use multi-model ensemble means to 
evaluate the TIO response to an imposed forcing change 
(fingerprint) and the background noise of natural climate 
variability (Barnett et al. 2005). A standard optimal detec-
tion method, as applied by Gillett et al. (2002), is utilized to 

Fig. 2  Time series of the TIO annual mean SST anomalies for Had-
ISST, ERSST_V3b, ALL, GHG, ANT, NAT and AER. Black and 
magenta curves denote HadISST and ERSST_V3b, respectively. Red 
curve is ensemble means of the ALL runs from 16 CMIP5 models. 
Similarly, blue curve is the GHG. Cyan curve is the ANT. Green 
curve is the NAT and salmon curve is the AER. The different models 
used here are weighted equally for ensemble means, despite the num-
ber of ensemble members they have. The shaded regions indicate the 
5–95 % range of the distribution of SST anomalies obtained from the 
16 CMIP5 models for the ALL, GHG, ANT, NAT and AER, respec-
tively, which reflect uncertainty. Units: K

(a)

(b)

Fig. 3  The linear trends in the TIO basin-mean SST anomalies for 
HadI (HadISST), ERSST (ERSST_V3b), ALL, GHG, ANT, NAT, 
and AER during a 1900–1940 and b 1965–2005. The whiskers 
exhibit the linear trend values plus/minus 95 % confidence inter-
vals according to the one-tailed Student t test. The INT represents 
assessed likely range of internal variability taken from the estimate 
of the 5th to 95th percentiles of non-overlapping 10-year linear trends 
of the first 255 years of multi-model ensemble means of preindustrial 
control runs. Units: K/decade
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estimate the fingerprint and noise modes by pooling infor-
mation from multi-model ensemble means. This method 
has been extensively employed in studies of the height of 
the tropopause (Santer et al. 2004), near-surface tempera-
ture trend caused by GHG (Hegerl et al. 1996), surface 
temperature (Karoly and Wu 2005; Knutson et al. 1999; 
Stott 2003) and surface air temperature (Wu and Karoly 
2007). Here, considering the limited length of observed 
instrumental record, we employ spatial optimization only.

We obtain the fingerprints estimated separately from the 
ALL, GHG, ANT, NAT and AER. The fingerprints are the 
first EOFs of the TIO SST anomalies during 1900–1940 
(Fig. 5) and 1965–2005 (Fig. 6). During 1900–1940, the 
observations show large anomalous warming trend over 
most parts of the northwestern or western TIO and rela-
tively weak warming in the southeastern TIO (Fig. 5a and 
b). Very similar SST distributions are seen in the GHG and 
NAT fingerprints (Fig. 5d and f). Particularly, both finger-
prints explain a substantial fraction of the overall variance 
(about 96.2 and 94.3 %, respectively). The spatial pattern 
correlation coefficients between the observed warming 

trends and the GHG, NAT fingerprints are also very high 
(all exceeding 0.82; Fig. 5d and f). The spatial pattern is 
commonly referred to as a double-peak warming pattern. 
The ALL fingerprint primarily reflects a basin-scale warm-
ing (Fig. 5c) with explained variance of about 98.7 % and 
high spatial pattern correlation coefficients of exceeding 
0.84, which is much stronger than the ANT fingerprint with 
slight warming (Fig. 5e). By comparison, the AER finger-
print shows general cooling trend with smaller explained 
variances and negative spatial pattern correlation coeffi-
cients of less than −0.67 (Fig. 5g). The leading noise mode 
primarily captures the cooling effect of SST variability over 
the TIO with negative spatial pattern correlation (Fig. 5h). 
We should note, however, that there exist some differences 
between the observed and the ALL, which may be due to 
the deficiencies of CMIP5 models (intrinsic variability sim-
ulation and responses to external forcing), the specified his-
torical externally-forced factors and observational uncer-
tainty. A certain fraction of area with inconsistent results 
are expected to occur (Knutson et al. 1999). Therefore, to a 
certain extent, we can still interpret the observed warming 

(a)

(d)

(g)

(j)

(b)

(e)

(h)

(k)

(c)

(f)

(i)

(l)

Fig. 4  Comparison of the observed (H-HadISST and E-ERSST_
V3b) with modeled trends from ALL (a), GHG (b), ANT (c), NAT 
(d), AER (e) during 1900–1940 and ALL (g), GHG (h), ANT (i), 
NAT (j), AER (k) during 1965–2005 from 16 CMIP5 models as 
shown in Table 1 and the multi-model ensemble means (number 17). 

The sample distributions of non-overlapping 10-year linear trends 
from the first 255 years of each model’s piControl run as shown 
in Table 2 are calculated (f and l). f Black and red lines denote the 
observed trends during 1900–1940 for HadISST and ERSST_V3b. l 
Same as f but for 1965–2005. Units: K/decade
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trends as attributable to GHGs and natural forcing. Our 
study provides compelling evidence that the double-peak 
warming pattern can be well explained by a combination of 
warming largely due to increase in well-mixed greenhouse 
gases, and natural forcing, with some cooling at least in 
part due to aerosols, and substantial, but not implausible, 
contribution from internally-generated variability. 

During 1965–2005, the observed warming trends 
(Fig. 6a and b) and the ANT fingerprint (Fig. 6e) exhibit 
a robust basin-scale warming pattern of the same polar-
ity with a pronounced geographic distribution (termed as 
a non-uniform IOBM-like warming pattern) covering the 
whole TIO basin (Du et al. 2013). The ANT fingerprint 
explains a considerable fraction of the overall variance 
(98.6 %) with very high pattern correlation coefficients of 
exceeding 0.94. It corresponds more closely to the ALL 
fingerprint (Fig. 6c) than to the GHG fingerprint (Fig. 6d). 
The NAT fingerprint shows anomalous warming with a 
stronger magnitude in the northern TIO (Fig. 6f). The AER 
fingerprint (Fig. 6g) exhibits stronger cooling over the 

northern TIO than that over the southern TIO, to a large 
extent, because of stronger aerosol (Barnett et al. 2005) and 
the rapid growth of aerosol concentrations after the 1950s 
(Xie et al. 2013). It explains a substantial fraction of the 
overall variance (approximately 87.8 %) but with smaller 
negative correlation coefficients (less than −0.84; Fig. 6g). 
Additionally, the noise has relatively low loadings but with 
high spatial correlation coefficients (Fig. 6h). These results 
lend credence to the view that the non-uniform IOBM-like 
warming pattern is largely caused by changes in anthropo-
genic forcing.

To explore the sensitivity of the results obtained from 
the optimal detection method, we show the estimations of 
signal-to-noise ratio (S/N) during 1900–1940 and 1965–
2005 in Fig. 7. Despite the short model simulation length 
during 1900–1940, the GHG and NAT signals are consist-
ently detectable and both show a smooth increase (Fig. 7a). 
As the trend interval L increases, there occurs a pronounced 
decrease in the standard error of the sampling distributions 
of trends in noise (Fig. 7c). The remarkable increase in the 

Fig. 5  Observed and simulated 
spatial patterns of variations in 
the TIO SST anomalies. The 
observed trends during 1900–
1940 are shown in a (HadISST) 
and b (ERSST_V3b). The 
dotted areas are stipulated to 
be statistically significant at 
the 95 % confidence level. The 
fingerprints for ALL (c), GHG 
(d), ANT (e), NAT (f) and AER 
(g) are shown. Also shown is 
the leading noise mode of the 
concatenated INT (C1(t)) runs 
(h). The numbers at the top-
right above each panel indicate 
spatial pattern correlation 
coefficients between HadISST 
and ERSST_V3b (a and b), the 
fingerprints and the observed 
trends (c–h). Percentage 
explains variance contribution 
for each fingerprint and noise 
mode

(a) (b)

(c) (d)

(e) (f)

(g) (h)
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S/N plotted in Fig. 7e arises mainly from the decrease in 
the standard error of the noise with increasing trend length. 
During 1965–2005, there is a gradual increase in the ANT 
signal with the trend interval L increasing (Fig. 7b). The 
rapid decrease in the standard error of the noise (Fig. 7d) 
may be due not only to an obvious decrease in noise ampli-
tude with longer trend interval L, but also largely to dissim-
ilarity between the ANT fingerprint pattern and the pattern 
of noise in C1(t), which results in a progressive growth in 
S/N (Fig. 7f). To some extent, these underscore the cred-
ibility of our results in Figs. 5 and 6.

3.3  Physical mechanisms for the double‑peak 
and non‑uniform IOBM‑like warming pattern

We further determine the relevant causes of the forma-
tion of the double-peak and inhomogeneous IOBM-like 
warming pattern in the TIO based on the mixed-layer heat 
budget analysis. Here, we primarily focus on evaluating 
the response to the all-forcing from 16 CMIP5 models 

ensemble means, which has important implications for 
detecting the key physical mechanisms responsible for the 
TIO inhomogeneous warming patterns. In consideration 
of the credibility and physical consistency between the 
observed and model simulations, we also examine the role 
of the combined effects of the GHG and the NAT during 
1900–1940, and the ANT during 1965–2005 in forming the 
TIO warming patterns.

Atmospheric and oceanic processes in the ALL are 
shown in Fig. 8. During 1900–1940, atmospheric pro-
cesses via radiative and turbulent fluxes (Qa) present two 
maximum centers: one appears in most parts of the north-
western basin and the other is located in the southeastern 
basin (Fig. 8a), resembling the double-peak structure in 
Fig. 5a. Ocean heat transport effect (Qo) produces cooling 
trend off Java and Sumatra and over the northwestern TIO 
(Fig. 8c). Note that the sum of atmospheric and oceanic 
processes (Do + Qa) reveals a double-peak structure, with 
conspicuous warming located in the northwestern basin 
and stronger warming along 10°S–20°S (Fig. 8e), which 

Fig. 6  Same as in Fig. 5 but 
for 1965–2005. Note that h 
the leading noise mode of the 
concatenated INT (C2(t)) is 
calculated

(a) (b)

(c) (d)

(g) (h)

(e) (f)



629Inhomogeneous warming of the Tropical Indian Ocean in the CMIP5 model simulation during 1900…

1 3

largely contributes to the formation of the double-peak 
warming pattern. In addition, spatial pattern correlation 
coefficient between the sum of atmospheric processes and 
ocean heat transport (Do + Qa), and the observed warm-
ing trend amounts to 0.84 (0.82) for HadISST (ERSST_
V3b). The distribution of the Newtonian cooling coeffi-
cient αQ̄E affects the variations in SST warming (Fig. 8g) 
and hence the variations in climatological latent heat flux 
(Q̄E) is very important for the double-peak pattern forma-
tion, as indicated in Eq. (6). It is clear that the combined 
effects of atmospheric and oceanic processes play a key 
role in the formation of the double-peak warming pattern. 
During 1965–2005, atmospheric processes (Qa) almost 
warm the entire basin but with remarkable sub-basin vari-
ations (Fig. 8b), which are in favor of the formation of the 

non-uniform IOBM-like warming pattern, though with pro-
nounced cooling induced by ocean heat transport effect in 
the eastern TIO (Fig. 8d). The sub-basin variations in Qa 
may be largely due to the buildup of aerosols in the north-
ern TIO compared to that in the southern TIO (Barnett 
et al. 2005), which weakens the SST warming signal, as 
shown in Fig. 6g. The sum of atmospheric processes and 
ocean circulation change (Do + Qa) displays the basin-wide 
warming effect (Fig. 8f), similar to the climatological latent 
heat flux (Fig. 8h), which is favorable for the inhomogene-
ous IOBM-like warming pattern formation. Furthermore, 
spatial pattern correlation correlations between the sum 
of atmospheric processes and ocean circulation change, 
and the observed trends (HadISST and ERSST_V3b) are 
approximately 0.92 and 0.96. These results imply that we 

(a) (b)

(c) (d)

(e) (f)

Fig. 7  The optimized GHG and NAT fingerprints (also termed as sig-
nal (a) and the noise (c) component of the signal-to-noise ratio (S/N, 
e) used for estimating the sensitivity of the results during 1900–1940 
are fully illustrated. The ANT signal (b) and the noise (d) compo-
nent of the S/N (f) during 1965–2005 are also clearly listed. Note that 

two observational data sets are projected onto the optimized finger-
prints to obtain two signals, for example the cyan and purple lines for 
HadISST and ERSST (b). The horizontal red lines (e and f) are the 
stipulated 5 % significance thresholds for a one-tailed Student t test, 
assuming a Gaussian distribution of noise trends
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can interpret the double-peak and non-uniform IOBM-like 
pattern as attributable, at least in a large part, to the sum of 
atmospheric processes and ocean circulation change.

Besides, we also examine four physical components 
of atmospheric processes (Qa), such as surface shortwave 
radiation (QS), surface longwave radiation (QL), sensible 
heat flux (QH), and latent heat flux from atmospheric forc-
ing (QE

a). Surface shortwave radiation (QS) shows weak 
warming in the whole basin except some patched areas 
where slight cooling occurs during 1900–1940 (Fig. 9a). 
In contrast, there is a widespread cooling in the almost 
entire basin except some warming patched areas during 
1965–2005 (Fig. 9b) owing primarily to intensified water 
vapor absorption caused by the lower troposphere moisten-
ing (Trenberth and Fasullo 2009). The increase in convec-
tive clouds due chiefly to increased SST in the TIO reduces 
shortwave radiation even more. Downward longwave 

radiation nearly warms all the basin but with a stronger 
magnitude during 1900–1940 (Fig. 9c) in contrast to the 
warming during 1965–2005 (Fig. 9d) because of increased 
GHG forcing and enhanced water vapor feedback (Du and 
Xie 2008). Sensible heat flux also warms the entire basin, 
albeit with a reduced magnitude (Fig. 9e and f). It should 
be noted that latent heat fluxes from atmospheric forcing 
part (QE

a) with a larger magnitude (Fig. 9g and h) show sim-
ilar spatial patterns to the sum of atmospheric and oceanic 
processes, which indicates that QE

a can be considered as the 
dominant mechanism for the TIO warming and can imprint 
strongly on the SST warming. Our study confirms that QE

a 
plays a key role in causing the double-peak and inhomoge-
neous IOBM-like warming pattern.

The wind effect on latent heat flux from atmospheric 
forcing part features two peaks located in the northwest-
ern basin and along 0°–15°S (Fig. 10a) due to reduced 

Fig. 8  The linear trend of a 
atmospheric processes via radia-
tive and turbulent fluxes (Qa), c 
ocean heat transport effect (Do), 
e the sum of atmospheric and 
oceanic processes (Qa + Do) 
from ensemble means of the 
all-forcing runs from 16 CMIP5 
models during 1900–1940 in the 
TIO. b, d and f are the same as 
a, c and e but for 1965–2005, 
respectively. g The Newtonian 
cooling coefficient (αQ̄E, units: 
Wm−2K−1) is the same as h. 
Our convention for warm-
ing ocean is positive. Units: 
Wm−2/10 yr

(a) (b)

(c) (d)

(e) (f)

(g) (h)
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climatological wind speed (Fig. 11a), nearly coincident 
with the double-peak warming pattern. The ALL cap-
tures the significant SST warming signal in observations, 
simultaneously with the weak anti-symmetric atmospheric 
circulation (Fig. 10c). Specifically, consistent with the 
robust SST warming (Fig. 10c) and intensified atmos-
pheric convection (Fig. 10g), anomalous surface winds 
are characterized by an anti-symmetric wind pattern, with 
anomalous easterly north and northwesterly south of the 
equator. The northwesterly anomalies help to suppress the 
prevailing southeasterly over the southeastern TIO and 
the easterly anomalies reduce the climatological westerly 
over the northern TIO (Fig. 11a), which act to sustain the 
SST warming. Compared to climatological sea surface 
height (Fig. 11a), sea surface height anomaly exhibits two 
peaks located in the northwestern TIO and along 10°S, 
which helps to enhance thermocline feedback to reduce 
upwelling and raise SST in the south TIO (Huang and 
Kinter 2002). As identified in coupled general circulation 

model simulations (Du et al. 2009), the anti-symmetric 
atmospheric circulation is initiated by the down-welling 
Rossby wave-induced SST warming in the south TIO. The 
down-welling Rossby wave primarily reduces upwelling 
(Xie et al. 2002) and further anchors the anti-symmetric 
atmospheric circulation, suggestive of their mutual interac-
tion. This conclusion needs to be further verified in mod-
els on multi-decadal time scales. These results suggest that 
the anti-symmetric wind anomalies maintain the warming 
over the northwestern and southeastern TIO. Our study also 
highlights that, to a certain extent, internal ocean–atmos-
phere interaction within the TIO is of vital importance to 
sustain the double-peak warming pattern.

During 1965–2005, the wind effect on latent heat flux 
from atmospheric forcing part almost warms the entire 
basin but with stronger magnitude (Fig. 10b) compared to 
that during 1900–1940 (Fig. 10a), which may be associ-
ated with reduced climatological surface wind (Fig. 11b). 
The non-uniform basin-scale warming is well reproduced 

Fig. 9  The linear trend of 
a surface shortwave radia-
tion (QS), c surface longwave 
radiation (QL), e sensible heat 
flux (QH), g latent heat flux 
from atmospheric forcing (QE

a) 
from ensemble means of the 
all-forcing runs from 16 CMIP5 
models during 1900–1940 in 
the TIO. b, d, f and h are the 
same as (a), c, e and g but for 
1965–2005, respectively. Our 
convention for warming ocean 
is positive. Units: Wm−2/10 yr

(a) (b)

(c) (d)

(e) (f)

(g) (h)
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by the ALL (Fig. 10d) with intensified anti-symmetric wind 
anomalies. The anti-symmetric wind pattern features rein-
forced easterly occupying most parts of the northern TIO 

and enhanced northwesterly extending over the south-
ern TIO. Associated with the C-shaped wind pattern, the 
easterly anomalies weaken climatological westerly over 

Fig. 10  The linear trend of 
a wind effect on latent heat 
flux from atmospheric forcing 
part (QE

W, colors, Wm−2/10 yr) 
and surface wind (vector, 
ms−1/10 yr), c SST (colors, 
K/10 yr) and surface wind (vec-
tor, ms−1/10 yr), e sea surface 
height (SSH, colors, cm/10 yr) 
and surface wind (vector, 
ms−1/10 yr), and g precipitation 
(colors, mmd−1/10 yr) and sur-
face wind (vector, ms−1/10 yr) 
from ensemble means of the 
all-forcing runs from 16 CMIP5 
models during 1900–1940 in 
the TIO. b, d, f and h are the 
same as (a), c, e and g but for 
1965–2005, respectively

(a) (b)

(c) (d)

(e) (f)

(g) (h)

Fig. 11  Climatology of surface 
wind (vector, m/s) and sea 
surface height (SSH, color, 
m) for the ALL are shown in a 
1900–1940 and b 1965–2005

(a) (b)
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the northern TIO and the northwesterly anomalies reduce 
the southeasterly trades over the southern TIO, which are 
favorable for the non-uniform IOBM-like warming pattern. 
As stated by Du et al. (2013), the anomalous SST warm-
ing over the south TIO induced by the down-welling ocean 
Rossby wave and enhanced atmospheric advection with 
positive precipitation anomalies (Fig. 10h), reflecting the 
slowdown of the Walker circulation under global warm-
ing (Tokinaga et al. 2012; Vecchi et al. 2006), trigger the 
anti-symmetric atmospheric circulation. Positive sea sur-
face height anomalies deepen the thermocline and sustain 
the SST inhomogeneous warming pattern, indicative of 
sea surface height anomaly-thermocline depth anomalies 
(Fig. 10f). These results are indicative of local ocean–
atmospheric interaction and ocean dynamic effect in the 
interior TIO, implying the importance for the non-uniform 
IOBM-like warming pattern formation.

The contributions of the combination of GHG and natu-
ral forcing during 1900–1940 and anthropogenic forcing 
during 1965–2005 to the TIO warming are further exam-
ined. The increase in longwave radiation and latent heat 
flux from atmospheric forcing part is primarily caused by 
the GHG (not shown). The variations in wind effect on 
latent heat flux exhibits two maximum centers located in 

the northern and southeastern TIO, which is at least in part 
favorable for the double-peak warming pattern, albeit with 
a smaller magnitude during 1900–1940 (Fig. 12a). Dur-
ing 1965–2005, it shows the inhomogeneous IOBM-like 
warming pattern (Fig. 12b). The anti-symmetric atmos-
pheric circulation significantly enhances during 1900–1940 
(Fig. 12c), with relatively large southwesterly north of the 
equator. The positive precipitation anomalies still exist 
(Fig. 12e), but with a magnitude smaller than that in the 
ALL. Note that the inhomogeneous IOBM-like warm-
ing with a larger magnitude is mainly attributable to the 
anthropogenic forcing during 1965–2005 (Fig. 12d), with 
the reinforced anti-symmetric wind anomalies. Consist-
ent with the anti-symmetric circulation structure, the pre-
cipitation pattern is very similar to the ALL (Fig. 12f). Our 
results succeed in capturing salient spatio-temporal charac-
teristics and crucial physical mechanisms for the double-
peak and inhomogeneous IOBM-like warming pattern, 
which are separately induced by the combined effect of the 
GHG and NAT, and the ANT. We further demonstrate that 
internal ocean–atmosphere interaction and ocean dynamic 
processes within the TIO may be identified as the major 
physical causes of maintaining the TIO inhomogeneous 
warming.

Fig. 12  The linear trend of 
a wind effect on latent heat 
flux from atmospheric forcing 
part (QE

W, colors, Wm−2/10 yr) 
and surface wind (vector, 
ms−1/10 yr), c SST (colors, 
K/10 yr) and surface wind (vec-
tor, ms−1/10 yr) and e precipi-
tation (colors, mmd−1/10 yr) 
and surface wind (vector, 
ms−1/10 yr) from ensemble 
means of the GHG-forcing-
only and natural-forcing-only 
runs from 16 CMIP5 models 
during 1900–1940 in the TIO. 
b, d and f are the same as (a), 
c and e but for ensemble means 
of anthropogenic-forcing-only 
runs from the same 16 CMIP5 
models during 1965–2005, 
respectively

(a) (b)

(c) (d)

(e) (f)
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4  Summary and discussion

4.1  Summary

We have carried out an investigation into the important 
physical mechanisms responsible for the TIO SST non-
uniform warming during 1900–2005 by using the latest 
16 CMIP5 models against observations. Our analysis is 
primarily based on ensemble means of multi-model simu-
lations from six sets of experiments, including twentieth 
century historical runs, GHG-forcing-only runs, anthropo-
genic-forcing-only runs, natural-forcing-only runs, aerosol-
forcing-only runs and preindustrial control runs. Again, an 
optimal detection method is applied to capture fingerprints 
in observations.

The TIO inhomogeneous warming exhibits consider-
able spatio-temporal features as follows. On multi-decadal 
time scales, the observed SST warming trend during 1965–
2005 is approximately larger by a factor of 2 than that 
during 1900–1940. The warming trend during 1900–1940 
is mainly attributable to the combined effect of GHG and 
natural forcing. During 1965–2005, anthropogenic forc-
ing well captures the robust warming trend. On the other 
hand, the double-peak warming pattern with anomalous 
warming in the northwestern or western TIO and rela-
tively weak warming in the southeastern TIO is the domi-
nant mode of the TIO SST variability during 1900–1940. 
During 1965–2005, the observed warming trend exhibits 
a basin-wide warming pattern of the same polarity with a 
pronounced geographic distribution covering the entire 
TIO basin, which is generally referred to as the non-uni-
form IOBM-like warming pattern. The optimal detection 
analysis indicates that the double-peak warming pattern is 
mostly caused by the combined effect of GHGs and natu-
ral forcing, with some cooling owing to the aerosol forcing 
and substantial, but not implausible contribution from inter-
nally-generated variability. The inhomogeneous IOBM-like 
warming pattern is attributable, at least in a large part, to 
the anthropogenic forcing.

Moreover, the mixed-layer heat budget analysis dem-
onstrates that both atmospheric processes via radiative and 
turbulent fluxes and oceanic processes are vital to the for-
mation of the double-peak and non-uniform IOBM-like 
warming pattern, especially latent heat flux from atmos-
pheric forcing part. The wind effect on latent heat flux is 
also very important for the SST inhomogeneous warming 
pattern formation. From an internal ocean–atmosphere 
interaction perspective of view, surface wind anomalies are 
characterized by the weak anti-symmetric atmospheric cir-
culation during 1900–1940. The anti-symmetric wind pat-
tern features weak easterly (northwesterly) anomalies north 
(south) of the equator, weakening climatological westerly 
wind (southeasterly trades) north (south) of the equator 

and helping to maintain the SST warming over the north-
western (southeastern) TIO, a key physical mechanism for 
sustaining the double-peak warming pattern. In comparison 
with the weak anti-symmetric wind pattern, the striking 
wind pattern occupies the entire basin during 1965–2005 
due a large part to the anthropogenic forcing. The intensi-
fied anti-symmetric wind pattern reduces the climatologi-
cal westerly wind (southeasterly trades) north (south) of the 
equator, which is in favor of the inhomogeneous IOBM-
like warming pattern. Atmospheric GCM experiments have 
demonstrated that the anti-symmetric wind pattern is forced 
by robust SST warming and enhanced atmospheric convec-
tion over the south TIO, which in turn is sustained by the 
down-welling ocean Rossby waves. However, the conclu-
sion needs to be further substantiated on multi-decadal time 
scales. Our results imply that intrinsic ocean–atmosphere 
interaction and ocean dynamic processes are the predomi-
nant physical mechanisms for maintaining the TIO inho-
mogeneous warming pattern (Du et al. 2009, 2013). The 
recognition of the internal ocean–atmosphere interplay and 
ocean dynamics has vital implications for future regional 
climate projection, calling for improved monitoring and 
modeling of the TIO SST warming.

4.2  Discussion

There are some caveats of our results. Although the ALL 
can simulate, at least in part, the spatio-temporal char-
acteristic and relevant physical processes in the TIO, sig-
nificant difference between the observations and models 
exists. The observed SST trend is relatively small along 
5°S–10°S and increases southward to 15°S–20°S in the 
southern TIO (Fig. 5a, b), while the SST warming trend is 
larger along 5°S–10°S than that along 15°S–20°S in ALL 
(Fig. 5c). So, there appears to be a different N-S change 
in the trend between the observations and ALL. According 
to Fig. 8c, ocean heat transport (Do) shows cooling trend 
along 5°S–10°S, consistent with the smaller SST warming 
trend in observations (Fig. 5a, b). In Fig. 8a, atmospheric 
forcing (Qa) exhibits different feature with larger trend 
along 10–15S and decreasing southward and northward. 
Additionally, latent heat flux from atmospheric forcing part 
displays the largest trend along 10S (Fig. 9g), similar to the 
changes in the wind effect on latent heat flux of the atmos-
pheric forcing part in ALL (Fig. 10a), which qualitatively 
accounts for larger warming trend along 5°S–10°S than that 
along 15°S–20°S (Figs. 5c, 10c). These results suggest that 
the difference between observations and the ALL is mainly 
caused by the wind effect on the atmospheric forcing part 
of latent heat flux. During 1900–1940, the relatively small 
easterly anomalies appear in the equatorial Indian Ocean, 
although the equatorial Indian Ocean SST warming trend 
is homogenous (Fig. 10c). The east–west SSH change 
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gradient is not also significant (Fig. 10e), which indicates 
that the thermocline response to the equatorial zonal wind 
anomaly isn’t reproduced by the ALL. The easterly anom-
alies may cause more precipitation over the equatorial 
western Indian Ocean than that over the equatorial eastern 
Indian Ocean (Fig. 10g). It is indicated that the ALL pro-
duces the unrealistic Bjerknes feedback, primarily includ-
ing the zonal wind response to SST anomaly. During 1965–
2005, the easterly anomalies are larger along 5°S–20°N, 
but the SST warming trend shows the IOBM-like warm-
ing pattern with a large magnitude (Fig. 10d). The robust 
easterly anomalies also uplift the thermocline in the east-
ern basin (small SSH trend, Fig. 10f) and deepen the ther-
mocline in the western basin (large SSH trend, Fig. 10f). 
Moreover, the more precipitation occurs in the western 
TIO than that in the eastern TIO (Fig. 10h). It is worth 
noting that the simulation of the Bjerknes feedback in the 
ALL is unrealistic especially with regard to the zonal wind 
response to SST anomaly over the TIO, as discussed in Liu 
et al. (2013). Therefore, we can also interpret the differ-
ence between the observations and ALL during 1900–1940 
as attributable, at least in part, to model deficiencies, espe-
cially the unrealistic simulation of the Bjerknes feedback.

Although the components of the response to a wide 
range of different forcings are well established (Tay-
lor et al. 2012), the real effect of different forcings is still 
uncertain because of the nonlinearity of the climate sys-
tem. Here, a multi-model ensemble means approach is 
employed to reduce systematic errors of individual models 
and inter-model differences, and therefore make our results 
more authentic. Moreover, only finite realizations of a few 
models and a limited number of models that carried out 
necessary experiments are available, a fact that constrains 
the size of the multi-model ensemble. The use of as many 
CMIP5 models as possible in order to decrease model 
biases and obtain different combinations of forcings is of 
vital importance to quantify the TIO SST warming.

The physical causes of the TIO warming are still seen 
as a challenge for scientific communities. Concerning the 
accuracy and duration of different surface heat flux prod-
ucts, there occurs considerable uncertainty for the net heat 
flux as a significant cause for the TIO SST warming (Yu and 
Weller 2007). Ocean general circulation models even show 
a larger spread (Godfrey et al. 2007). With a substantial 
slowdown of the Indian Ocean Cross-Equatorial Cell (CEC) 
for the period 1955–1990 (Schoenefeldt and Schott 2006) 
and Subtropical Cell (STC) from 1992 to 2000 (Lee 2004), 
even a recovery of the Indian Ocean STC over 2000–2006 
(Lee and McPhaden 2008) may be associated with the SST 
warming. Besides these local heat transports, Pacific decadal 
variability via atmospheric bridge and a slowing Indonesian 
Throughflow (ITF) transport have an important impact on 
multi-decadal changes in the TIO SST (Annamalai et al. 

2005; Ashok et al. 2004). Specifically, ENSO has played 
an important role in modulating the western Indian Ocean 
warming since the 1950s (Roxy et al. 2014). The intensifi-
cation of IOBM from the late nineteenth to the early twen-
tieth century is modulated by multi-decadal variations in 
ENSO (Chowdary et al. 2012). Due to the complexity and 
richness of these issues, a great deal of efforts should be 
made to have a comprehensive understanding of the physi-
cal mechanisms for the TIO SST warming pattern.
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ABSTRACT

Based on models from phase 5 of the Coupled Model Intercomparison Project (CMIP5), the present study

investigates the South Asian high (SAH) change in response to global warming. Under global warming, the

selected 16 coupled general circulation models all feature an elevation of geopotential height at 100 hPa to the

south of the SAH climatological position; an easterly response is found over the northern Indian Ocean in all

the models, while a westerly response is found over subtropical Asia. The ridges of the SAH shift equatorward

in 75% of models. Using the linear baroclinic model, it is found that the combined effects of latent heating and

the mean advection of stratification change (MASC) are mainly responsible for those responses. The MASC

mainly leads to the aforementioned easterly and westerly responses; the latent heating contributes to the

geopotential height response and the easterly response over the northern Indian Ocean. The most important

intermodel diversity is found in the 100-hPa circulation change under global warming, accounting for more

than half of the total intermodel variance. The intermodel spread of latent heating and the MASC are im-

portant factors in driving the 100-hPa circulation diversity. Furthermore, analysis shows that the projected

uncertainties in humidity, vertical velocity, and global mean temperature change are the three most important

sources of intermodel diversity for the 100-hPa circulation change.

1. Introduction

In northern summer, a huge anticyclone exists in the

upper troposphere over subtropical Asia (Figs. 1a,e). The

anticyclone, called the South Asian high (SAH), forms

because of the sensible heat flux of the Tibetan Plateau and

South Asian monsoon precipitation (Boos and Kuang

2010; Duan and Wu 2005; Flohn 1960; Hoskins and

Rodwell 1995). It is the strongest and steadiest system in

the upper troposphere (Li et al. 2005; Mason and Anderson

1963). The subtropical westerly jet on the northern flank of

the SAH is an important environmental forcing of the

important climatic phenomenon of East Asia, the mei-yu–

baiu rainband (Sampe and Xie 2010), which brings the

major rainy season to the densely populated region. The

northerly flow to the east of the SAH and the underlying

low-level southerly combine to provide the necessary basic

flow that forms the tilt structure of the Pacific–Japan pat-

tern (Kosaka and Nakamura 2006).

The SAH modulates the western Pacific subtropical high

(Tao and Zhu 1964), which is important for the variability of

the East Asian summer monsoon (Huang and Wu 1989;

Huang and Sun 1992; Tao and Chen 1987; Wu and Chen

1998) and the emergence of severe floods and droughts in

East Asia (Huang et al. 1999). For year-to-year variations,

the simulation results of Zhao et al. (2009) show that an

intensified SAH leads to a strengthened and southwest-

wardly located western Pacific subtropical high. Conse-

quently, rainfall over the northwestern Pacific decreases and

precipitation over subtropical East Asia increases (Zhang

et al. 2005; Zhao et al. 2007). In addition, studies suggest that

the interannual variability of the SAH is associated with the

South Asian monsoon, the mid-Pacific trough, and the

Mexican high (Zhang et al. 2005; Zhao et al. 2007).
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Greenhouse gas concentrations in the atmosphere

have been increasing since the Industrial Revolution,

contributing to a rise in global surface temperature.

Nevertheless, the rise is spatially uneven because of

many factors, including the uneven distribution of land

surface around the globe (Sutton et al. 2007), the ice and

snow albedo feedback (Manabe et al. 1990), and pole-

ward energy transport (Cai 2005). This tends to cause an

inhomogeneous response in the atmosphere (Xie et al.

2010), including the SAH (Qu et al. 2015). Using the

output from phase 5 of the Coupled Model In-

tercomparison Project (CMIP5; Meehl et al. 2009), Qu

et al. (2015) found that the SAH may shift equatorward

in response to global warming, and that the latent

heating associated with the precipitation over South

Asia and the western Pacific is responsible. The latent

heating may cause a remote response in the atmosphere

(Chiang and Sobel 2002). The contribution of latent

heating outside these regions is unknown. Ma et al.

(2012) proposed that besides latent heating, another

thermodynamic factor—the mean advection of stratifi-

cation change (MASC)—exerts a profound influence on

the atmospheric response to global warming. Does

MASC contribute to the SAH change under global

warming? If so, exactly how is the SAH affected by the

MASC? Besides, the SAH in fact behaves very differ-

ently in individual coupled general circulation models

(Qu et al. 2015). It is unknown which dynamic or ther-

modynamic factor in the models contributes most to the

diversity.

The paper is organized as follows: section 2 introduces

the data and methods used in the study; section 3 covers the

SAH change, as well as the associated circulation change in

response to global warming; section 4 studies the mecha-

nism of the SAH change under global warming using a

conceptual model; section 5 investigates the intermodel

diversity of the SAH change and its sources; and sections 6

and 7 provide the discussion and summary, respectively.

2. Data and method

This investigation is based on CMIP5 outputs. In-

formation about the CMIP5 models is listed in Table 1.

The experiments used in this study are historical and rep-

resentative concentration pathway 4.5 (RCP4.5) scenario

simulations. The historical experiments were conducted

based on observed anthropogenic and natural forcing from

the mid-nineteenth century to about 2005. In the RCP4.5

experiments, the CMIP5 models were forced by gradually

increasing radiative forcing, stabilizing at 4.5 W m22 after

2100 (Thomson et al. 2011). For detailed information,

readers are referred to http://cmip-pcmdi.llnl.gov/cmip5/.

The multimodel ensembles (MMEs) of the CMIP5 models

are valid for studying the SAH given the reproducibility of

the SAH and the associated features (Qu et al. 2015). The

geopotential height at each grid is subtracted by global

mean geopotential height because 1) the focus of the

present study is the pattern response and 2) the upper-

tropospheric geopotential height is generally elevated in

the warming climate according to the hydrostatic equation.

FIG. 1. (a),(b),(e),(f) The climatology of the upper-tropospheric geopotential height (m; color shading) and wind

(vectors). Shown are the results of NCEP–NCAR reanalysis in (a),(e) and the MME results of CMIP5 historical

runs in (b),(f). (c),(d),(g),(h) The zonal mean of the upper-tropospheric geopotential height and zonal wind for the

Eastern Hemisphere over 108S–608N; note that the results in (c),(g) are geopotential height (m) and the results in

(d),(h) are zonal wind (m s21). Black and blue lines in (c),(d),(g),(h) are the results of NCEP–NCAR reanalysis and

the MME of CMIP5 historical runs, respectively. Also, the results for 100 hPa are shown in (a)–(d), and the results

for 200 hPa are shown in (e)–(h).
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The model responses to global warming are repre-

sented by the difference between the climatology of

future (2069–98) and present-day simulations (1975–

2004). Only the run ‘‘r1i1p1’’ of each model is analyzed.

The MME approach is used to reduce natural variability

and systematic biases in the models. The model outputs

are interpolated onto a 1.08 3 1.08 grid using a bilinear

interpolation technique. The analysis focuses on sum-

mer (i.e., the June–August mean). The performance of

CMIP5 models are evaluated against the National

Centers for Environmental Prediction–National Center

for Atmosphere Research (NCEP–NCAR) atmospheric

reanalysis with a horizontal resolution of 2.58 3 2.58
(Kalnay et al. 1996).

The linear baroclinic model is used to study the at-

mospheric response to heating. It is constructed by at-

mospheric primitive equations and allows examination

of linear dynamics in the atmosphere, including a steady

linear response to a prescribed forcing, eigenanalysis,

and so on. In this study, the component of steady forcing

is adopted. The heating forcing is identical to that in the

CMIP5 results, except that it is linearly interpolated into

the resolution of the linear baroclinic model. The cli-

matology in the linear baroclinic model is the same as

the summer mean of the CMIP5 MME in the present-

day simulations. The model has a horizontal spectral

resolution of T42 and 20 sigma (s) levels in the vertical.

The horizontal diffusion has an e-folding decay time of

6 h for the largest wavenumber. The Rayleigh friction

and Newtonian damping have a frequency scale of

0.5 day21 for s $ 0.9 and s # 0.02 and 30 day21 for

0.02 , s, 0.9. The vertical diffusion is set at 1000 day21

at all levels. Further details are given in Watanabe and

Kimoto (2000). The response of the linear baroclinic

model reaches steady state at day 15, and the 15–20-day

mean results are displayed as steady forcing to the pre-

scribed heating source or sink.

3. The SAH in present climate

Before investigate the SAH change under the sce-

nario with higher greenhouse gas concentration, we

need to examine how the CMIP5 models generally be-

have in the SAH. Here, we compared the CMIP5 MME

with the NCEP–NCAR reanalysis.

At 100 hPa, the climatological circulation features a

huge zonally elongated anticyclone, the SAH (Fig. 1a).

The SAH center resides near 30 N8, 708–808E (Figs. 1a,c,d).

The northern flank is the Asian subtropical westerly

jet, with its maximum around 42.58N (Fig. 1d). The

easterly wind is located south of the SAH center, with its

maximum around 158N (Fig. 1d). In the CMIP5 MME

results, tiny discrepancies are found in that 1) the geo-

potential height is slightly lower than the NCEP–NCAR

reanalysis (Fig. 1c) and 2) the SAH is meridionally

larger, with its westerly (easterly) maximum slightly

northward (southward). Despite the small discrep-

ancies, the MME reasonably reproduces the features of

the SAH (Figs. 1b–d).

As in the results at 100 hPa, the SAH is the dominant

feature at 200hPa in observations (Fig. 1e). Compared with

those at 100hPa, the SAH is southward: 1) the center is

located at 258N (Figs. 1e,h,i) and 2) the latitude of the

maximum westerly (easterly) wind in the north (south)

flank is 408N (58N) (Figs. 1e,i). The CMIP5 MME also

slightly underestimates the geopotential height (Figs. 1e–g).

The SAH is meridionally smaller compared with the ob-

servation (Figs. 1e,f,i). Although tiny discrepancies exist

between simulations and observation, the CMIP5 MME has

the capacity of reproducing the SAH at this pressure level.

Compared to the simulation results at the above

pressure levels, the CMIP5 MME exhibits almost the

same skill for the SAH and is qualified to investigate of

the response of the SAH to global warming.

4. The SAH change

Figure 2 displays the zonal wind differences, averaged

over 108–1408E, between RCP4.5 and historical simu-

lation. Under global warming, the dominant feature of

zonal wind change over 108–1408E is the easterly change

around 08–208N and the westerly change around 308–
508N at 100 hPa. Figure 3 displays the circulation dif-

ferences between the RCP4.5 and historical simulation

at 100 hPa. Under global warming, the geopotential

height at 100 hPa is elevated over tropical and subtropical

TABLE 1. Climate model details. (Expansions of acronyms are

available online at http://www.ametsoc.org/PubsAcronymList.)

Model

Country of

origin

Atmospheric resolution

(lon 3 lat grid points)

CanESM2 Canada 128 3 64

CNRM-CM5 France 256 3 128

CSIRO Mk3.6.0 Australia 192 3 96

FGOALS-s2 China 128 3 96

GFDL CM3 United States 144 3 90

GFDL-ESM2G United States 144 3 90

GISS-E2-R United States 144 3 90

HadGEM2-ES United Kingdom 192 3 145

INM-CM4.0 Russia 180 3 120

IPSL-CM5A-LR France 96 3 96

MIROC-ESM Japan 128 3 64

MIROC-ESM-CHEM Japan 128 3 64

MIROC5 Japan 256 3 224

MPI-ESM-LR Germany 192 3 96

MRI-CGCM3 Japan 320 3 160

NorESM1-M Norway 144 3 96

15 MARCH 2016 Q U A N D H U A N G 2261

http://www.ametsoc.org/PubsAcronymList


Asia. The maximum occurs from the South China Sea to

the Arabian Peninsula, south of the climatological maxi-

mum in the historical simulation (Fig. 1b). An anomalous

westerly exists around 308–508N and an anomalous east-

erly over the northern Indian Ocean. The westerly and

easterly responses exceed the 90% significance level. The

anomalous zero zonal wind line is about 208N (Figs. 2 and

3), south of that in the historical simulation (Fig. 1b). The

SAH under global warming expands southward at 100 hPa.

The southward expansion of the SAH at 100 hPa is

generally projected by the CMIP5 models. Figure 4a dis-

plays the latitude differences of the SAH ridges (0 m s21

zonal wind) over 108–1408E between RCP4.5 and histori-

cal simulations. Among the models, at 100 hPa, 13 models

(CanESM2, CNRM-CM5, CSIRO Mk3.6.0, FGOALS-s2,

GFDL-ESM2G, GISS-E2-R, HadGEM2-ES, IPSL-

CM5A-LR, MIROC-ESM, MIROC-ESM-CHEM,

MIROC5, MPI-ESM-LR, and MRI-CGCM3) display

an equatorward SAH in response to global warming;

three models (GFDL CM3, INM-CM4.0, and NorESM1-M)

show poleward movement. Also, the latitude differences of

the subtropical jet (maximum zonal wind) to the north

over 108–1408E between RCP4.5 and historical simulations

are calculated (Fig. 4b). Among the models, the corre-

sponding southward movement at 100 hPa is less consistent

than that of the SAH ridge, with 10 out of 16 models dis-

playing an equatorward shift. Thus, under global warming,

the SAH is likely to expand southward at 100 hPa.

The anomalous circulation at 100 hPa is consistent in

individual models. Figure 5 displays the geopotential

height over South Asia and the zonal wind over mid-

latitude Asia and the northern Indian Ocean at 100 hPa

in response to global warming. Over South Asia, all the

CMIP5 models project an elevated geopotential height

at 100 hPa; over midlatitude Asia, the zonal wind re-

sponse in the CMIP5 models is an anomalous westerly;

over northern Indian Ocean, the easterlies are all en-

hanced under global warming.

At 200 hPa, the response to global warming is not sig-

nificant and is less consistent. Over the equator and

northward, the 108–1408E averaged zonal wind response

is less than 1 m s21, weaker than that at 100 hPa (Fig. 2).

The wind at this pressure level seldom reaches the 90%

significance level (figure not shown). Seven models out of

16 do not project an equatorward shift of the SAH ridge

(Fig. 4a); five out of the 16 models do not project south-

ward movement of the subtropical jet to the north

(Fig. 4b). Thus, the response at 100 hPa is the main focus

of present investigation.

5. Mechanism of the SAH change

Heating is one of the most important factors of the

atmospheric adjustment (Gill 1980; Matsuno 1966).

Here, we study the role of heating on the SAH change.

After considering the order of the each term in both

tropics and subtropics, as in Ma et al. (2012), the ther-

modynamic equation of atmospheric temperature

change under global warming is simplified into

FIG. 2. The zonally averaged climatological zonal wind (contours,

interval is 5 m s21) and the zonally averaged differences of zonal

wind between RCP4.5 and historical simulations (m s21; shading).

All the results are based on the MME results from 108 to 1408E.

Dashed contours mean the corresponding zonal wind is easterly.

FIG. 3. The differences of geopotential height (m; shading and

contours) and wind (vectors) at 100 hPa between RCP4.5 and

historical simulations. The wind anomaly at 90% significance level

is displayed with thickened vectors. All the results are based on the

MME results.
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R
*,

(1)

where the overbar and prime indicate the climatology in

the historical simulation and the difference between

RCP4.5 and historical simulation, respectively. Here v is

the pressure velocity, u is the potential temperature,p is the

pressure, B5 (p/ps)
R/Cp , and ps 51000 hPa; also, R is the

gas constant for air, Cp is the specific heat at constant

pressure, LH is the latent heating, SH is the sensible

heating, and QR is the radiation. The global average is

denoted as hXi and the spatial pattern as X* 5 X0 2 hX0i.
To estimate LH with height, we represent as the ap-

parent moisture sink (Luo and Yanai 1984). The line-

arized latent heating change under global warming is

written as

LH0 52L

�
V � =q0 1V0 � =q1v

›q0

›p
1v0›q

›p

�
. (2)

Here L is the latent heat of condensation, V is the hor-

izontal wind, and q is the specific humidity. The values of

SH and QR with height are difficult to estimate. For

convenience, we write the residual terms RE as

RE5 SH1Q
R

. (3)

The RE with height can be estimated. The linearized

RE change under global warming is

RE0 5Q0
1 2LH0 . (4)

Here

Q0
1 5C

p

�
V � =T 0 1V0 � =T1Bv

›u0

›p
1Bv0›u

›p

�
(5)

and T is the temperature. Thus, (1) can be written as

B

�
v
›u*

›p
1v0›u

›p

�
52Bv

›hu0i
›p

1LH*1RE*. (6)

As hu0i is the global averaged potential temperature

response to global warming, ›hu0i/›p means the stratifi-

cation change. Consequently, the first term on the right-

hand side of (6) is called the MASC. In this paper, we use

FIG. 4. The latitude change of (a) 0 m s21 zonal wind and (b) maximum zonal wind in the

RCP4.5 simulation relative to those in historical simulations at 100, 150, and 200 hPa. The blue-

shaded boxes denote the latitude of 0 m s21 zonal wind or maximum zonal wind of the model at

the pressure level shifts southward, and red-shaded boxes denote the latitude shifts northward.

The results are based on the average of 108–1408E.
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the three terms on the right-hand side to force the linear

baroclinic model to study their influences on the SAH.

The forcing is the MME of the forcing calculated in the

individual models. No multiplication is performed on

the forcing terms when the model is forced.

Figure 6 displays the distribution of the mass in-

tegration of the three terms from the surface to the

upper troposphere. Under global warming, latent

heating is enhanced over the Asian monsoon regions,

the northwestern Pacific, the equatorial North Pacific,

the equatorial North Atlantic, and tropical North Af-

rica; it generally weakens over the Southern Hemi-

sphere, the tropical North Atlantic, northwest of the

Tibetan Plateau, and in North Africa. The latent

heating pattern may be due to the combined effects of

humidity and SST change in response to global warm-

ing (Huang et al. 2013). The integrated MASC pattern

is generally opposite to the latent heating pattern. The

MASC is negative over the intertropical convergence

zone and is positive over the southern Indian Ocean,

the east coast of the subtropical Pacific, and the east

coast of the subtropical Atlantic. The pattern is de-

termined by the distribution of climatological vertical

velocity since hu0i is globally uniform. The amplitude is

approximately a quarter the amplitude of the latent

heating. The residual term is generally small over the

tropics. Its amplitude is half the amplitude of the latent

heating over the subtropics and midlatitudes. Near the

SAH, a positive RE* is found to the northwest of the

Tibetan Plateau.

FIG. 5. (a) The area averaged differences of the geopotential height (m) over 108–308N, 508–
1408E, and the zonal wind (m s21) averaged over (b) 308–508N, 508–1408E and (c) 08–208N, 508–
1408E at 100 hPa between RCP4.5 and historical simulations.
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When the linear baroclinic model is forced by the term

LH*, a positive geopotential height and anticyclone re-

sponse is generated in the upper troposphere above the

Tibetan Plateau; an anomalous easterly exists over 58–
308N, and a westerly over 358–608N in the model

(Fig. 7a). The amplitude of the linear baroclinic model

responses is smaller than that of CMIP5 MME results. It

may arise from the inconsistency of the Rayleigh friction

and Newtonian damping between the linear baroclinic

model and the CMIP5 models. The latitudes of the

maximum geopotential height and zero zonal wind both

shift northward in the CMIP5 MME results (Figs. 3, 7a,

and 8). The spatial correlation coefficient between the

LH*-forced and CMIP5 MME results is 0.54 with the

geopotential height and 0.59 with the zonal wind over

the domain 08–508N, 108–1408E (Figs. 9a,b).

As the linear baroclinic model is forced by the term

MASC, in the model, a dipole response resides over the

northern Indian Ocean and subtropical Eurasia: this is

formed of a negative geopotential height with cyclonic

wind over midlatitude Asia and anticyclonic wind over

South Asia (Fig. 7b). The anomalous easterly over the

northern Indian Ocean is well captured (Figs. 7b and

8b). The zero zonal wind and maximum westerly

anomaly is slightly equatorward relative to the CMIP5

MME results (Figs. 7b and 8b). Since hu0i peaks at

300 hPa (figure not shown), the MASC from 300 to

100 hPa is reversed in sign compared to that below

300 hPa (Fig. 10). The profile is quite different to that of

the latent heating, which peaks in the midtroposphere. It

explains why the responses to the latent heating and the

MASC are not opposite, even though the vertical in-

tegrated pattern is generally opposite. Besides, the

reverse sign of the MASC profile explains that the

upper-tropospheric responses to the latent heating and

MASC are comparable, although the amplitude of the

vertical integrated MASC is a quarter of the latent

heating amplitude. Over the domain 08–508N, 108–
1408E, the spatial correlation coefficient between the

linear baroclinic model and the CMIP5 MME results is

0.71 for the geopotential height and 0.55 for the zonal

wind (Figs. 9a,b).

For the circulation response at 100 hPa to the MASC,

the vertical structure of the MASC over subtropical

Asia may be responsible. To understand the circulation

response in detail, the MASC is divided into two parts:

the heating from 1000 to 300 hPa (hereafter HB) and the

heating from 250 to 10 hPa (hereafter HA). For most

grids, the signs of HB and HA are opposite (Fig. 10).

The two kinds of heating are used to force the linear

baroclinic model (LBM). The final effect of the MASC

in Fig. 7b is the superimposed effects of HB and HA.

The HB yields cyclonic wind at 100 hPa, with westerly

response mainly over 158–308N and easterly response

mainly over 408–508N (Fig. 11a). It is mainly the Rossby

wave response to the cooling over the Tibetan Plateau

and its south (Figs. 10a–f). As the LBM is forced by HA,

the 100-hPa circulation response exhibits a dipole struc-

ture over midlatitude and subtropical Eurasia (Fig. 11b).

Anticyclonic wind response resides from the Arabian

Peninsula to the northwestern Pacific. Surrounding the

Tibetan Plateau, as distance of HB to 100 hPa is farther

than that of HA, the anomaly excited by HB may depart

farther north than that excited by HA. That is, the anti-

cyclone excited by HA is slightly south of the cyclonic

response forced by HB. The addition of the HB and HA

yields the MASC-forced cyclonic response over mid-

latitude of central Asia and East Asia (Fig. 7b). Besides,

MASC cooling is found over the Mediterranean Sea and

western and central Asia (Figs. 10g–j). It locally produces

cyclone over 100 hPa (Fig. 11b). Collaborating with the

HB, it contributes to the cyclonic response pattern at

100 hPa over Eurasia (Fig. 7b).

FIG. 6. The distribution of the mass integration of (a) the latent

heating change pattern, (b) MASC, and (c) the residual terms

change pattern from the surface to 100 hPa (K m day21). The re-

sults of MASC are multiplied by 4 for display clarity.
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In response to the residual terms, anomalous anticy-

clonic wind is forced in the upper troposphere over East

Asia, with a center over the Korea Peninsula and the Sea

of Japan in the linear baroclinic model (Fig. 7c). The

anomalous anticyclone is farther north than that in the

CMIP5 MME (Figs. 3, 7c, and 8a,b). Over the domain

08–508N, 108–1408E, the spatial correlation coefficient

between the linear baroclinic model and CMIP5 MME

results is 20.37 for the geopotential height and 0.54 for

the zonal wind (Figs. 9a,b).

The combination of the latent heating and MASC

yields a relatively similar spatial pattern of geopotential

height and zonal wind at 100 hPa to that of the CMIP5

MME. In the combined result, a prominent anticyclone

is located over 08–508N in the Eastern Hemisphere

(Fig. 7d). The meridional positions of the geopotential

height maximum and zero zonal wind at 100 hPa are well

reproduced (Figs. 8a,b). Over the domain 08–508N, 108–
1408E, the spatial correlation coefficient between the

linear baroclinic model and CMIP5 MME results is 0.82

for geopotential height and 0.77 for zonal wind: this is

the highest among all the single response and the com-

bined results (Figs. 9a,b). The combination of the latent

heating and the residual term forces an anticyclone

with a maximum over Japan, north of the anticyclone in

the CMIP5 MME (Fig. 7e). The spatial correlation co-

efficient is 0.06 for geopotential height and 0.58 for zonal

wind (Figs. 9a,b). The combination of the MASC and

the residual term forces an anticyclone from northeast-

ern Africa to western India, similar to that in the CMIP5

MME; in addition, an anticyclone exists over Japan

(Fig. 7f). The spatial correlation coefficient is 0.20 for

geopotential height and 0.71 for zonal wind (Figs. 9a,b).

The combined effect of the aforementioned three forc-

ing terms generates a similar pattern to the combination

of the latent heating and the residual term (Fig. 7g). The

spatial correlation coefficient is 0.41 for geopotential

height and 0.73 for zonal wind (Figs. 9a,b).

Generally, the latent heating and MASC promote

the similarity of the 100-hPa circulation to the CMIP5

MME, while the residual term reduces it. For the

geopotential height at 100 hPa over the domain 08–
508N, 108–1408E, by comparing MASC with LH* 1
MASC, RE* with LH* 1 RE*, and MASC 1 RE* with

LH* 1 MASC 1 RE*, we found that LH* promotes

the spatial correlation coefficients. Similarly, we found

that MASC also promotes the spatial correlation co-

efficients, while the residual term reduces the correla-

tion coefficients (Fig. 9a). For the zonal wind, using a

similar comparison, we found that the latent heating

and MASC consistently promote the similarity; the

residual term reduces the similarity in the cases of LH*

versus LH* 1 RE* and LH* 1 MASC versus LH* 1
MASC1RE*, while it enhances the similarity in the

case of MASC versus MASC 1 RE*. Therefore, the

latent heating and MASC are two important dynamical

FIG. 7. The response of geopotential height (m; shading and contours) and wind (vectors) at 100 hPa in the linear

baroclinic model to (a) LH*, (b) MASC, and (c) RE*. Also shown are (d) the sum of (a) and (b),(e) the sum of

(a) and (c),(f) the sum of (b) and (d), and (g) the sum of (a),(b), and (c).
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factors in the formation of a global warming–induced

SAH change pattern.

6. Uncertainty of the SAH change

Despite the consistency in qualitative projection of

the SAH change, intermodel discrepancy exists in the

wind and geopotential height (Fig. 5). To reasonably

obtain the intermodel spread of the associated circula-

tion, an intermodel empirical orthogonal function

(EOF) analysis is performed on the combined field of

the projected geopotential height, zonal wind, and me-

ridional wind at 100 hPa over the domain 108S–608N,

108–1408E. The geopotential height, zonal wind, and

meridional wind are respectively normalized by their

intermodel standard deviation at each grid before the

EOF analysis is carried out. The leading EOF accounts

for 53.7% of the total variance. The normalized fist

principal component is displayed in Fig. 12b; the re-

gression of the geopotential height and zonal wind at

100 hPa against the normalized principal component is

displayed in Fig. 12a.

Interestingly, the most prominent intermodel di-

versity of the projected circulation change at 100 hPa is

similar to the CMIP5 MME results (Fig. 12a). It also

features significant positive geopotential height over the

tropics, with its maximum near 108N. The associated

wind anomaly displays a Gill-like pattern, with one an-

ticyclone over the Indian Ocean, South Asia, and the

South China Sea, and the other over the southeastern

Indian Ocean. The northern anticyclone is larger, im-

plying that the underlying heat source mainly resides to

the north of the equator.

Figures 13c–e display the regression of the latent

heating, MASC, and the residual terms against the

normalized principal component. For latent heating, the

intermodel diversity may be associated with the heat

sources over the northern Indian Ocean, the western

Pacific, north of the equatorial eastern Pacific, the

northern Pacific, and the western Tibetan Plateau, and

the heat sinks over the southeastern tropical Indian

Ocean, the southwestern Indian Ocean, and the north-

western Pacific. Over the Indian Ocean and the western

Pacific region, the dipole structure of the latent heating

is mainly responsible for the anticyclone response. For

MASC, the areas associated the intermodel diversity

are wider. The areas with strong climatological as-

cending and descending motions are linked to the

FIG. 8. The zonal average (108–1408E) of (a) geopotential height

and (b) zonal wind at 100 hPa. The black line is the MME differ-

ence between the RCP4.5 and historical simulations. Colored lines

are the linear baroclinic model responses: red is LH*, blue is

MASC, yellow is RE*, green is LH* 1 MASC, and gray is LH* 1
MASC 1 RE*.

FIG. 9. The spatial correlation of the linear baroclinic model

results with the CMIP5 MME results over the domain 08–508N,

108–1408E for (a) geopotential height and (b) zonal wind at

100 hPa. ALL is the spatial correlation of the result of sum of LH*,

MASC, and RE* with the CMIP5 MME results over the afore-

mentioned domain. The y axis is the correlation coefficient.
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aforementioned intermodel diversity. The vertical

profile of the regressed hu0i is similar to that of the

CMIP5 MME; the regressed results reach the 90%

significance level at all the pressure levels in the tro-

posphere (figure not shown). For residual terms, the

areas with significant linkage to the intermodel spread

are scatted. For the patterns of the forcing terms, the

amplitudes are similar to the CMIP5 MME results

(Fig. 6). For instance, the amplitude of the mass in-

tegrated latent heating is approximately 4 times the

amplitude of the MASC. Similarly, based on the linear

baroclinic model results in section 4, we can conclude

that the latent heating and the MASC mainly contrib-

ute to the intermodel diversity of the projected circu-

lation change at 100 hPa.

For latent heating regression, the projected vertical

velocity and humidity are mainly responsible, while the

contribution of the horizontal wind is weak. Figure 13

displays the regression of the vertical gradient of cli-

matological humidity transported by vertical velocity

change, 2
Ð

[(v0›q/›p)L/(gCp)]dp, and the vertical gra-

dient of humidity change transported by climatological

vertical velocity, 2
Ð

[(v›q0/›p)L/(gCp)]dp, against the

normalized principal component. The mass integration

is from the surface to 100 hPa. The horizontal advection

terms are also computed. The results are not shown as

their scale is small compared with the vertical advec-

tion terms. The vertical velocity change leads to dipole

latent heating anomalies over the Indian Ocean and

western Pacific, as well as the heat source over the

northwestern Pacific and heat sink over the mid-

latitude northern Pacific. For the anomalies over the

Indian Ocean and the western Pacific, the SST–wind–

rainfall feedback is important for its sustainment (Qu

FIG. 10. The MASC at each pressure level. Results at 1000 and 925 hPa are not displayed as data

are not available at those levels.
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et al. 2015). The humidity response to global warming

results in a quasi-symmetric heat source about the

Indo-Pacific equator. The heat sink dominates over

the extratropics. The pattern is determined by clima-

tological vertical velocity, similar to the ‘‘wet get

wetter’’ mechanism (Chou and Neelin 2004; Held and

Soden 2006).

To further investigate the effect of the intermodel

diversity of climatology or change to the spread of the

100-hPa circulation change, we defined the MME as Xa

and the regression of intermodel diversity against the

aforementioned normalized leading principal compo-

nent as Xd. Based on this analysis, v0
d›qa/›p is far larger

than v0
a›qd/›p and v0

d›qd/›p, and va›q
0
d/›p is larger than

vd›q
0
a/›p and vd›q

0
d/›p. We can therefore derive the

following:

2

ð
[(v0›q/›p)/g]

d
dp52

ð
[(v0

d›qa
/›p)/g]dp (7)

and

2

ð
[(v›q0/›p)/g]

d
dp52

ð
[(v

a
›q0

d/›p)/g]dp . (8)

Additionally, vd›hu0ia/›p is much smaller than

vd›hu0id/›p and va›hu0id/›p, so

2

ð
[(v›hu0i/›p)/g]

d
dp52

ð
[(v

d
›hu0i

d
/›p)/g]dp

2

ð
[(v

a
›hu0i

d
/›p)/g]dp .

(9)

Here the mass integration is from the surface to

100 hPa. The terms of the right-hand sides of (7), (8),

and (9) are displayed in Fig. 14. For the vertical gra-

dient of humidity change, transported by the mean

vertical velocity 2
Ð

[(v›q0/›p)/g]dp, the intermodel

spread is mainly caused by the diversity of the hu-

midity change in individual models (Fig. 14a). For the

vertical gradient of mean humidity, transported by

anomalous vertical velocity 2
Ð

[(v0›q/›p)/g]dp, the

intermodel spread is mainly caused by the diversity of

global warming–induced vertical velocity change in

individual models (Fig. 14b). For the forcing MASC

diversity, the main contribution is the difference of

global mean temperature change between the models

(Fig. 14c). In addition, the interaction of the diversity

of global warming–induced vertical velocity change

and the difference of global mean temperature

change contributes part of the MASC diversity

(Fig. 14d).

7. Discussion

Qu et al. (2015) pointed out that the precipitation–

wind–SST feedback over South Asia, the Indian Ocean,

and the western Pacific contributes to the SAH south-

ward. Among the feedback, the latent heating associ-

ated with the precipitation response is the key factor. In

the present study, results show that the global latent

heating change in response to global warming may not

lead to the SAH southward. This implies that under

global warming the latent heating change over the re-

gions out of South Asia, the Indian Ocean, and the

western Pacific may lead to a northward shift of the

SAH. Furthermore, the present investigation reveals

that the global MASC under global warming plays an

important role in the SAH equatorward shift, which is a

new result.

Figure 15 displays the regression of the projected and

climatological 850-hPa humidity, 500-hPa pressure ve-

locity, and surface temperature against the normalized

leading principal component. The projected low-level

humidity change associated with the aforementioned

leading intermodel diversity mode is significant over

most of the globe (Fig. 15a). Following the Clausius–

Clapeyron equation, its pattern is approximately de-

termined by climatological surface temperature and the

change of surface temperature (Fig. 15e). One may find

FIG. 11. The response of geopotential height (m; shading and

contours) and wind (vectors) at 100 hPa in the linear baroclinic

model to MASC (a) from 1000 to 300 hPa and (b) from 250 to

10 hPa.
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that the diversity of the projected humidity change is

comparable at the equator and the northern subtropics,

while the surface temperatures over the two regions are

not. This may arise from the higher climatological

temperature at the equator. The climatological humidity

diversity in the models is not related to the leading in-

termodel diversity mode (Fig. 15b).

The projected change of the midtroposphere veloc-

ity associated with the leading intermodel diversity

mode generally features descending motion over the

tropical southeastern Indian Ocean and the north-

western Pacific, and ascending motion over the

northern eastern Pacific and the northern subtropical

Pacific (Fig. 15c). The descending motion generally

resides over slowly warming oceans, while ascending

motion resides over quickly warming oceans

(Fig. 15e). The humidity change diversity may cause

the spatially uneven rainfall change, leading to the

inhomogeneous vertical velocity change. The diversity

of the climatological vertical motion is ascent over the

central eastern Indian Ocean and descent over the

southwestern Indian Ocean and the southern Indian

Ocean (Fig. 15d). The significant cooling associated

the leading intermodel diversity mode may favor the

structure of the vertical motion over the Indian Ocean

(Fig. 15f). To thoroughly separate the influences of the

SST change pattern and global mean change of SST on

the vertical velocity change, experiments in which the

coupled general circulation model is driven by SST

with and without patterns are needed.

8. Summary

Using 16 CMIP5 models, we found that the SAH is

likely to shift equatorward under global warming: 75%

of the selected models project the shift. In all the CMIP5

models, the following features are consistently projected

compared with the present climate: 1) the elevation of

the 100-hPa geopotential height over tropical and

subtropical Asia, 2) an anomalous westerly around

FIG. 12. (a) The regression of the geopotential height (m; shading) and zonal wind (vectors) at 100 hPa, (c) the

latent heating change pattern, (d) MASC, and (e) residual terms change pattern against (b) the normalized leading

principal component, which is obtained from the intermodel EOF analysis of the combined field of normalized

geopotential height and zonal wind at 100 hPa over the domain 108S–608N, 108–1408E, shown by the green rectangle

in (a). The results in (c)–(e) are the mass integration from the surface to 100 hPa (K m day21). Lattice hatching

indicates the results reaching the 90% significance level . Only vectors at the 90% significance level are shown in (a).

The results of MASC in (d) are multiplied by 4 for clarity.
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308–508N, and 3) an anomalous easterly over the

northern Indian Ocean.

Following Ma et al. (2012), we simplified the forcing of

thermodynamic equation of the atmosphere tempera-

ture under global warming into three terms: the latent

heating, the MASC, and the residual terms. We use the

three terms to force the linear baroclinic model and

found that the latent heating and the MASC are key to

forming the pattern of global warming–induced atmo-

spheric circulation change at 100 hPa over the Asian

continent and the Indian Ocean: latent heating yields an

intensified SAH, while the MASC shifts the SAH

southward. The two terms drive the pattern of the 100-hPa

circulation response, similar to that of the CMIP5 MME.

However, the residual term generally disfavors the simi-

larity of the forced pattern to the CMIP5 MME.

An intermodel EOF analysis reveals that the most

prominent uncertainty pattern of the SAH change in

response to global warming is similar to the CMIP5

MME results. It accounts for 53.7% of the total variance.

Similar to the CMIP5 MME results, the uncertainties of

the latent heating and the MASC are key to the un-

certainty of the SAH change. The intermodel diversity

of the latent heating mainly arises from the intermodel

spread of the projected vertical velocity and humidity.

Furthermore, we divide the variables in the CMIP5

models into two parts: the model average and the

diversity between models. The most prominent un-

certainty pattern of the global warming–induced SAH

change comes from the model diversity in projected

humidity, vertical velocity, and global mean tempera-

ture change.
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ABSTRACT

The impacts of El Niño–Southern Oscillation (ENSO) on the northwest Pacific (NWP) climate during

ENSO decay summers are investigated based on the outputs of 37 coupled general circulation models

(CGCMs) from phase 5 of the Coupled Model Intercomparison Project (CMIP5). Large intermodel spread

exists in the 37 state-of-the-art CGCMs in simulating the ENSO–NWP relationship. Eight high-skill and eight

low-skill models are selected to explore how the bias arises. By comparing the results among high-skill

models, low-skill models, and observations, the simulation skill of the ENSO–NWP relationship largely de-

pends on whether the model can reasonably reproduce the ENSO decay pace. Warm SST anomaly bias in the

equatorial western Pacific (EWP) is found to persist into the ENSO decay summer in the low-skill models,

obstructing the formation of an anomalous anticyclone in the NWP. Further analysis shows that the warm

EWP SST anomaly bias is possibly related to the excessive westward extension of cold tongue in these models,

which increases climatological zonal SST gradient in the EWP. Under westerly wind anomalies, the larger

climatological zonal SST gradient could lead to warmer zonal advections in the low-skill models than that in

the high-skill models, which could lead to warm EWP SST anomaly bias in the low-skill models. And the warm

EWP SST anomaly bias could strengthen westerly wind anomalies over the western Pacific by triggering

convection and atmospheric Rossby waves, which, in turn, could maintain the warm SST anomaly bias in

the EWP.

1. Introduction

The northwest Pacific summer monsoon (NWPSM)

is one of the important subcomponents of the global

monsoon, and it has considerable impacts on the live-

lihood of more than one billion people in East Asia.

The interannual variability of NWPSM is intrinsically

strongly affected by El Niño–Southern Oscillation

(ENSO) (Huang and Wu 1989; Chang et al. 2000; Chou

et al. 2009; Lin and Lu 2009; Chen and Zhou 2014). An

anomalous northwest Pacific anticyclone (NWPAC),

forming in the El Niño mature phase and maintaining

in the following spring and summer, is a key system

linking ENSO and East Asia climate (Zhang et al. 1999;

Lau and Nath 2000; Wang et al. 2000; Zhang and Sumi

2002; Chou et al. 2003; Wang et al. 2003; Wu et al. 2003;

Hu et al. 2014). In post–El Niño summers, there are

cold and wet anomalies in eastern China and Japan,

while precipitation tends to decrease in the subtropical

northwest Pacific (NWP) (Zhang et al. 1999; Wang

et al. 2000).

Extensive studies have been conducted to investigate

the mechanism for the formation and maintenance of

anomalous NWPAC. In El Niño mature phase, the

change of Walker circulation leads to an anomalous
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anticyclone developing in the tropical NWP, and the

anticyclone could maintain into the following summer

through local wind–evaporation feedback (Wang et al.

2003). Moreover, the El Niño–induced tropical Indian

Ocean (TIO) warming could reinforce the anomalous

NWPAC through the Indian Ocean capacitor effect

(Xie et al. 2009). The TIO warming forces a Matsuno–

Gill (Matsuno 1966; Gill 1980) pattern in tropospheric

temperature with a Kelvin wave propagating into the

tropical western Pacific and induces anomalous

NWPAC through Ekman divergence and suppressed

convection (Yang et al. 2007; Xie et al. 2009; Yang et al.

2010). The two mechanisms may work together to

maintain the NWPAC (Xie et al. 2016). In addition, the

tropical Indo–western Pacific sea surface temperature

(SST) gradient can also influence the formation of

NWPAC anomalies (Terao and Kubota 2005; Chen

et al. 2012; Cao et al. 2013; Wu et al. 2014; He and Zhou

2015), which is associated with the duration of El Niño

decay phase.

The above results are mainly based on observations.

The outputs from phase 5 of the Coupled Model In-

tercomparison Project (CMIP5) (Taylor et al. 2012)

provide a good opportunity to explore the relationship

between ENSO and East Asia summer climate using

state-of-the-art coupled general circulation models

(CGCMs). Previous studies mainly focused on the im-

pacts of the Indian Ocean capacitor effect on the simu-

lation skill of summer climate in East Asia (Hu et al.

2014; Song and Zhou 2014; Tao et al. 2016) and ignored

the important impacts of SST anomalies in other re-

gions. Tao et al. (2016) focused on evaluating the effects

of the Indian Ocean basin mode in CMIP3/CMIP5.

Although Tao et al. (2016) pointed out that the NWPAC

bias in the models may be associated with the SST

anomalies in the equatorial western Pacific (EWP), they

did not provide further analysis and did not explore the

source of the SST anomaly bias in the EWP. He and

Zhou (2015) indicated that the NWPAC intensity is

dominated by the zonal SST gradient between the TIO

and the EWP. However, they did not explore the rela-

tive impacts of SST anomalies in the two regions on the

NWPAC bias in CMIP5 CGCMs. In this paper, we

perform more detailed diagnosis and attribution analy-

sis about the NWPAC bias during the ENSO decay

summer and find that the NWPAC is more sensitive to

SST anomalies in the EWP than to SST anomalies in the

TIO and SST anomalies in the local NWP in CMIP5

CGCMs. Furthermore, the causes of SST anomaly bias

in the EWP are investigated. This will be helpful to

advance the understanding of the model performance

and improve the East Asia–NWP summer climate

prediction.

The rest of this study is organized as follows. Section 2

provides a brief description of datasets and methods. In

section 3, we evaluate the model performance in simu-

lating the relationship between ENSO and NWPSM.

Section 4 identifies the primary source of bias in simu-

lation of anomalous NWPAC related to ENSO in

CMIP5 CGCMs. Then, we investigate the causes of the

major bias in section 5. A summary is presented in

section 6.

2. Model, observational datasets, and methods

a. Datasets

The SST used in this study is from the monthly mean

historical Extended Reconstructed Sea Surface Tem-

perature, version 3 (ERSST3), dataset (Smith et al.

2008), which has a horizontal resolution of 28 3 28. The

oceanic potential temperature and current velocity data

are from the Simple Ocean Data Assimilation version

2.2.4 (SODA_2.2.4) (Carton and Giese 2008), and the

monthly mean output is mapped onto a uniform 0.58 3
0.58 3 40-level grid. The monthly mean rainfall is from

version 2 of the Global Precipitation Climatology Proj-

ect (Adler et al. 2003), which is available on a 2.58 3 2.58
grid. The shortwave (SW) and longwave (LW) radia-

tion, latent heat flux (LHF), sensible heat flux (SHF) at

sea surface, and zonal wind stress have a resolution of

1.8758 3 1.8758, which is from the National Centers for

Environment Prediction–National Center for Atmo-

spheric Research (NCEP–NCAR) reanalysis (Kalnay

et al. 1996). The atmospheric circulation data and air

temperature with a resolution of 2.58 3 2.58 are also

from the NCEP–NCAR reanalysis.

This study uses monthly mean outputs from historical

simulation of 37 CMIP5 coupled models. Brief de-

scriptions of the 37 CMIP5 coupled models including

their modeling centers, horizontal resolutions, and ver-

tical levels are listed in Table 1. Monthly mean variables

used include SST, precipitation, wind, air temperature,

zonal wind stress, downward and upward SW and LW

radiation, LHF and SHF at sea surface, oceanic poten-

tial temperature, and current velocity. Because of the

large number of experiments included in the CMIP5

framework, only one member (r1i1p1) run of each

model is analyzed. To help understand the effect of SST

anomalies in different regions on the bias, we perform a

suite of sensitivity experiments by using CAM4, which is

an atmospheric general circulation model (AGCM)

from the National Center for Atmospheric Research.

Five sets of experiments are implemented including one

standard climatological SST run (CAM4_Clim) as a

control run and four sensitivity AMIP-type runs. The
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details of experiment names and SST boundary condi-

tions are summarized in Table 2. To reduce uncertainties,

each set of experiments is integrated 30 years. The differ-

ences between sensitivity runs and control run (hereafter

denoted as SST_HSM–CAM4_Clim, SST_HSM_1EWP–

CAM4_Clim, SST_HSM_2EWP–CAM4_Clim, and

SST_HSM_4EWP–CAM4_Clim) represent atmospheric

response to specific SST anomalies, respectively. All the

model datasets are interpolated onto the same 2.58 3 2.58
grid before analysis.

We denote the ENSO developing year as year(0) and

its decay year as year(1). Thus, the ENSO mature winter

[December–January–February (DJF)] is symbolized as

D(0)JF(1), the following spring [March–April–May

(MAM)] is denoted as MAM(1), and the following sum-

mer [June–July–August (JJA)] is denoted as JJA(1). We

focus on the ENSO decay summer season [JJA(1)] from

1979 to 2005.

b. Methods

The anomalous NWPAC index is defined as the dif-

ference of 850-hPa zonal winds between a northern

region (208–308N, 1108–1408E) and a southern region

(58–158N, 1008–1308E), following Wang et al. (2001)

TABLE 1. The climate modeling centers, horizontal resolution and vertical levels of 37 CMIP5 models are listed. The high-skill models are

denoted by an asterisk, and the low-skill models are denoted by two asterisks.

Model Institute Atmospheric resolution

ACCESS1.0 Commonwealth Scientific and Industrial Research Organization (CSIRO)

and Bureau of Meteorology (BoM), Australia

192 3 144L38

BCC_CSM1.1 Beijing Climate Center, China Meteorological Administration, China 128 3 64L26

BCC_CSM1.1(m) 320 3 160L26

BNU-ESM* College of Global Change and Earth System Science, Beijing Normal

University, China

128 3 64L26

CanCM4** Canadian Centre for Climate Modeling and Analysis, Canada 128 3 64L35

CanESM2**

CCSM4 National Center for Atmospheric Research, United States 288 3 192L26

CESM1(BGC) Community Earth System Model Contributors, United States 288 3 192L26

CESM1(CAM5)* 288 3 192L30

CESM1(FASTCHEM) 288 3 192L26

CESM1(WACCM) 144 3 96L66

CMCC-CM Centro Euro-Mediterraneo per I Cambiamenti Climatici, Italy 480 3 240L31

CMCC-CMS 192 3 96L95

CNRM-CM5 Centre National de Recherches Météorologiques and Centre Européende

Recherche et Formation Avanceesen Calcul Scientifique, France

256 3 128L31

CSIRO Mk3.6.0** Queensland Climate Change Centre of Excellence and Common wealth

Scientific and Industrial Research Organization, Australia

192 3 96L18

FGOALS-g2* LASG, Institute of Atmospheric Physics, Chinese Academy of Sciences

and CESS, Tsinghua University, China

128 3 60L26

FGOALS-s2* LASG, Institute of Atmospheric Physics, China 128 3 108L26

FIO-ESM* The First Institute of Oceanography, SOA, China 128 3 64L26

GFDL CM2.1* NOAA Geophysical Fluid Dynamics Laboratory, United States 144 3 90L24

GFDL CM3.0 144 3 90L48

GFDL-ESM2G 144 3 90L24

GFDL-ESM2M* 144 3 90L24

GISS-E2-H NASA Goddard Institute for Space Studies, United States 144 3 90L40

GISS-E2-R

HadCM3** Met Office Hadley Centre, United Kingdom 96 3 73L19

INM-CM4.0** Institute for Numerical Mathematics, Russia 180 3 120L21

IPSL-CM5A-LR** Institute Pierre-Simon Laplace, France 96 3 95L39

IPSL-CM5A-MR 144 3 143L39

IPSL-CM5B-LR 96 3 95L39

MIROC5 University of Tokyo, National Institute for Environmental Studies, and

Japan Agency for Marine-Earth Science and Technology, Japan

256 3 128L40

MIROC-ESM 128 3 64L80

MIROC-ESM-CHEM 128 3 64L80

MPI-ESM-LR** Max-Planck-Institute für Meteorologie (Max Planck Institute for

Meteorology), Germany

192 3 96L47

MPI-ESM-MR** 192 3 96L95

MRI-CGCM3 Meteorological Research Institute, Japan 320 3 160L48

NorESM1-M Norwegian Climate Centre, Norway 144 3 96L26

NorESM1-ME*
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with a reversed sign. The boreal winter Niño-3.4 index is

defined as the SST anomalies averaged over the region

of 58S–58N and 1208–1708W to represent the ENSO var-

iability. Although the atmospheric response to El Niño

and La Niña is asymmetric in observations (Hoerling

et al. 1997), the ENSO asymmetric features are under-

estimated in CMIP5 models (Zhang and Sun 2014).

Therefore, the linear regression method used here is

reasonable. In this study regressed anomalies are calcu-

lated in each model first and then are averaged across the

models with equal weights, which is denoted as the mul-

timodel ensemble mean (MME).

The equatorial oceanic Kelvin wave forcing function

Kf is used to calculate the tropical ocean dynamic re-

sponse to the zonal wind stress anomaly (Battisti 1988;

Vimont et al. 2003). It is obtained by projecting the zonal

wind stress regression map onto the meridional Kelvin

wave structure (see Battisti 1988 for details):

K
f
(x, l)5

ð30N

30S

t
x
(x, y, l)c

0
(y) dy .

Here x is the longitude, y is the latitude, t(x, y, l) rep-

resents the zonal wind stress anomaly at a given lag

timel, and c0(y) is the meridional equatorial Kelvin

wave structure. The meridional structure of equatorial

Kelvin wave can be obtained through solving the dy-

namic equations of the upper-layer ocean on an equa-

tional b plane (Gill 1980; Battisti 1988). Results are

generally insensitive to realistic values for the equiva-

lent depth of the first baroclinic mode (Vimont et al.

2003). The Kelvin wave forcing function Kf indicates the

relative strength of the equatorial Kelvin wave forcing

produced by a given zonal wind stress, as a function of

longitude. Positive (negative) values of Kf indicate that

zonal wind anomalies force a downwelling (upwelling)

equatorial oceanic Kelvin wave that tends to warm

(cool) the SST.

To understand the physical processes associated with

the SST anomaly evolution in CGCMs, the heat budget

of the ocean mixed layer is analyzed as follows:

›T 0

›t
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where T 0 is SST anomaly, rCph is the heat capacity of the

mixed layer, the mixed layer depth is determined by a

temperature difference of 0.58C between local tem-

perature and local SST (Monterey and Levitus 1997).

The net surface heat flux into the ocean is Qnet 5
QSW 1QLW 2QLHF 2QSHF, where QSW, QLW, QLHF,

and QSHF denote net SW radiation, net LW radiation

(positive downward), LHF and SHF at the surface (pos-

itive upward), respectively. The remaining five terms are

the ocean heat transport effect, including anomalous

advection of mean temperature gradient and the advec-

tion of anomalous temperature gradient by mean current.

As the vertical ocean current velocity is unavailable from

CMIP5 model outputs, we estimate the anomalous en-

trainment and vertical diffusion Re0
w by surface wind

anomalies over the equator qualitatively. The nonlinear

advection terms are usually small and are not shown.

3. The relationship between ENSO and NWPSM
simulated by CMIP5 CGCMs

ENSO is a primary factor to impact the NWP sum-

mertime climate (Huang and Wu 1989; Chang et al.

2000; Chou et al. 2003; Lin and Lu 2009; Chen and Zhou

2014). The primary climate effect of ENSO is repre-

sented in terms of precipitation and large-scale atmo-

spheric circulation change (Bellenger et al. 2014). To

evaluate the model performance in the simulation of

ENSO teleconnection to the NWP summer climate in 37

state-of-the-art CGCMs during El Niño decay summers,

Figs. 1a,b show the regressed anomalies of JJA(1) pre-

cipitation and 850-hPa wind on D(0)JF(1) Niño-3.4 in-

dex in observations and CGCMs MME.

In observations, the most obvious climate feature asso-

ciated with ENSO is a tripole rainfall anomaly pattern ac-

companied by an anomalous anticyclone and an anomalous

cyclone (Fig. 1a). Positive rainfall anomalies emerge over

the mei-yu–baiu region (288–388N, 1058–1508E) and the

TABLE 2. Description of control and sensitivity experiments.

Experiment name SST boundary condition

CAM4_Clim Climatological SST with seasonal cycle.

SST_HSM The SST anomalies in the tropical Indo-Pacific Ocean (208S–208N, 408E–808W) in the HSM from

January to December are added on climatological SST.

SST_HSM_1EWP The SST anomaly differences between the LSM and the HSM in the EWP (108S–108N, 1408E–1708W)

are added on SST_HSM.

SST_HSM_2EWP Doubled SST anomaly differences between the LSM and the HSM in the EWP (108S–108N, 1408E–1708W)

are added on SST_HSM.

SST_HSM_4EWP Quadrupled SST anomaly differences between the LSM and the HSM in the EWP (108S–108N, 1408E–1708W)

are added on SST_HSM.
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EWP, and negative rainfall anomalies are located in the

tropical NWP. An anomalous anticyclone is located to

the south of 308N and an anomalous cyclone is located to the

north of 308N. Compared with observations, the NWPAC

and rainfall anomalies are quite weak in MME. Most cir-

culation and precipitation signals are below the 90% confi-

dence level. Figure 1c shows the regression of JJA(1)

NWPAC index on D(0)JF(1) Niño-3.4 index in observa-

tions and the 37 CGCMs. The NWPAC index anomalies

spread widely among the CGCMs. In the BNU-ESM and

the FIO-ESM, the NWPAC index anomalies are larger than

the observations. In the other models, the NWPAC index

anomalies are smaller than the observations, and even

negative NWPAC index anomalies appear in 11 models. In

general, CMIP5 CGCMs show large spread in simulating

the relationship of ENSO and the NWP summer climate.

4. The source of ENSO-related NWP summer
climate biases in CGCMs

In this section, we investigate the source of ENSO-

related NWP summer climate biases in the models. We

first compare the temporal evolution of ENSO-related

SST anomaly pattern between models and observations.

FIG. 1. Regressed anomalies of JJA(1) precipitation (shading; units: mm day21) and 850-hPa wind (vectors; units:

m s21) upon the D(0)JF(1) Niño-3.4 index in (a) observations and (b) MME. (c) ENSO regressed NWPAC indices

in observations and 37 CGCMs. Brown dots indicate that the regressed precipitation anomalies are significant at the

90% confidence level. Arrows are drawn if the regressed wind anomalies are significant at the 80% confidence level.

Red boxes indicate the regions used to define the NWPAC index.
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Then, we document the local air–sea interaction and the

Indian Ocean capacitor effect in the models compared

with observations. Last, the impacts of the EWP SST

anomaly bias in the model simulations are analyzed.

a. The evolution of ENSO-related SST pattern

Based on NWPAC index anomalies (Fig. 1c), two

groups of models have been selected. One group has

eight models with the largest NWPAC index anomalies

that are denoted by an asterisk in Table 1 and referred to

as a high-skill group. The other group has eight models

with obviously negative NWPAC index anomalies that

are denoted by two asterisks in Table 1 and referred to

as a low-skill group. We attempt to find out where the

bias comes from by comparing the differences among

observations and these two groups of models. Figure 2

FIG. 2. Regressed anomalies of SST (shading; units: K), precipitation (contours; units: mm day21) and 850-hPa winds (vectors; units:

m s21) in (left) concurrent winter [D(0)JF(1)], (center) subsequent spring [MAM(1)], and (right) subsequent summer [JJA(1)] upon the

D(0)JF(1) Niño-3.4 index in (a)–(c) the observations, (d)–(f) the HSM, and (g)–(i) the LSM. Blue (pink) lines denote 10.5 and 11 (20.5

and 21) mm day21 contours of precipitation anomalies that are significant at the 90% confidence level. Arrows are drawn if the regressed

wind anomalies are significant at the 90% confidence level.

FIG. 3. Regressed anomalies of meridional-mean (58–208N) 850-hPa winds (vectors; units: m s21) and SST (shading; units: K) upon the

D(0)JF(1) Niño-3.4 index in (a) the observations, (b) the HSM, and (c) the LSM as a function of calendar month and longitude. Brown

dots indicate that the regressed SST anomalies are significant at the 90% confidence level. Arrows are drawn if the regressed wind

anomalies are significant at the 90% confidence level.
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shows the evolution of SST, precipitation, and low-level

circulation anomalies associated with ENSO in the ob-

servations, the MME of high-skill models (HSM), and

the MME of low-skill models (LSM).

During the winter of El Niño mature phase, the

ENSO-related SST extends too far west in the HSM and

the LSM (Figs. 2a,d,g). This suggests an SST anomaly

bias with excessive westward extension in CGCMs,

which has been mentioned in previous studies (Collins

et al. 2010; Kim and Yu 2012; Chowdary et al. 2014;

Gong et al. 2015; Chowdary et al. 2016; Tao et al. 2016).

Comparing the two group models, we find that the SST

anomaly bias is more westward in the LSM than in the

HSM, corresponding with more westward extension of

equatorial positive rainfall anomalies and wind anoma-

lies. As the simulation skill of ENSO-related SST

pattern is better in the HSM than in the LSM, the

ENSO-related atmospheric circulation anomalies in the

HSM are more similar to observations. There is an

anomalous anticyclone over the SCS in the HSM, while

the anomalous circulation is obviously underestimated

in the LSM.

During the post–El Niño spring and summer, the ob-

served EWP SST anomalies gradually dissipate, and an

anomalous NWPAC shifts northward (Figs. 2b,c), con-

sistent with Wu et al. (2003). In the HSM, the models

reasonably reproduce the evolution of anomalous SST,

rainfall, and atmospheric circulation from winter to

summer (Figs. 2e,f), with gradual decay of warm SST

anomalies in the EWP, SST warming in the TIO, and

development of an anticyclone over the NWP. In the

LSM, the ENSO-related SST anomaly decay pace

displays a prominent discrepancy from the observations.

The most significant SST anomaly discrepancy is that

the warm EWP SST anomalies do not completely decay

but persist into summer (Fig. 2i). In response to the

warm SST anomaly bias in the EWP, there are above-

normal precipitation and westerly wind anomalies over

the western Pacific and the Maritime Continent, which

are not favorable for the development of an anticyclone

FIG. 4. Regressed anomalies of tropospheric (1000–200 hPa) temperature (shading; units: K)

and 200-hPa winds (vectors; units: m s21) in JJA(1) onto the D(0)JF(1) Niño-3.4 index in (a) the

observations, (b) the HSM, and (c) the LSM. Black dots indicate that the regressed temper-

ature anomalies are significant at the 90% confidence level. Arrows are drawn if the regressed

wind anomalies are significant at the 90% confidence level.
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over the NWP. As a consequence, the anomalous

NWPAC is almost invisible. By comparing the differ-

ences of SST anomalies, precipitation, and low-level

circulation anomalies among the observations, the

HSM, and the LSM, presumably, two preliminary con-

clusions could be drawn as follows. One is that the cri-

terion of choosing high-skill and low-skill models is

reasonable, and the other is that the NWPAC bias might

be traced back to the atmospheric response to un-

realistic warm SST anomalies in the EWP, and the

simulation skill of ENSO–NWP teleconnection may

depend on the ENSO decay pace. The second result is

consistent with Hu and Wu (2015), who identified overly

strong impacts of EWP SST anomalies during April(1)–

June(1) in CanCM4, CanESM2, CSIRO Mk3.6.0,

HadCM3, INM-CM4.0, IPSL-CM5A-LR, IPSL-CM5A-

MR, and MIROC5, among the 23 models in their

analysis.

b. Local air–sea interaction and Indian Ocean
capacitor effect

It is well documented that the formation and main-

tenance of NWPAC depend on the local air–sea in-

teraction associated with ENSO teleconnection (Wang

et al. 2000, 2003; Zhang and Sun 2014) and ENSO-

induced Indian Ocean capacitor effect (Yang et al. 2007;

Xie et al. 2009; Huang et al. 2010; Xie et al. 2010; Yang

et al. 2010; Xie et al. 2016). To get insight into the

reasons for such a large intermodel spread in modeling

ENSO-induced NWP summer climate, we investigate

the model performance in simulation of local air–sea

interaction and Indian Ocean capacitor effect.

The local air–sea interaction mechanism is examined

in Fig. 3. The observed wind anomalies associated with

ENSO are characterized by an anticyclonic shear over

the NWP from January(1) to July(1), corresponding to

positive (negative) SST anomalies to the west (east)

flank of the anticyclone. It suggests the contribution of

local air–sea interaction to the maintenance of the

NWPAC to early summer, which is consistent with Wu

et al. (2010). In both groups of models, such local air–sea

interaction does not persist as long as that in observa-

tions. The local air–sea interaction only persists until

May(1) in the HSM and is not obvious through the pe-

riod in the LSM. The short existence of the local air–sea

interaction may be interpreted as a reason for the

slightly weak NWPAC in most models in summer

(Fig. 1c). Moreover, the local air–sea interaction is much

weaker in the LSM than in the HSM, suggesting that the

air–sea positive feedback in the NWP is difficult to be

established in the LSM, which may be further caused by

local warm NWP SST anomalies from winter to summer.

During the El Niño decay summer, the Indian Ocean

warming acts like a capacitor prolonging the effect of

ENSO on atmospheric circulation and anomalous cli-

mate in the NWP. It is considered as the primary

FIG. 5. Difference of regressed SST anomalies (units: K) between the LSM and HSM from January(1) to December(1).

116 J O U R N A L O F C L I M A T E VOLUME 30



mechanism to maintain the anomalous NWPAC in

summer (Yang et al. 2007; Xie et al. 2009; Huang et al.

2010; Xie et al. 2010; Yang et al. 2010; Xie et al. 2016).

Chowdary et al. (2011) suggested the important role of

TIO in predicting the NWP summer climate by using a

CGCM. Figures 4a–c show the JJA(1) tropical tropo-

spheric vertical mean temperature and 200-hPa wind

anomalies obtained by regression onto D(0)JF(1) Niño-

3.4 index in observations, the HSM, and the LSM,

respectively. In observations, the tropospheric temper-

ature presents a Matsuno–Gill pattern (Matsuno 1966;

Gill 1980) anchored to the TIO with a Kelvin wave

propagating into the EWP. Corresponding to the at-

mospheric Kelvin wave, there are strong westerly wind

anomalies at upper level (Fig. 4a) and an anomalous

NWPAC at low level (Fig. 1a). Since the HSM captures

the ENSO-related SST anomalies during the El Niño

decay summer, the Matsuno–Gill pattern of air tem-

perature and atmospheric circulation is reproduced in

the HSM (Fig. 4b). In the LSM, there are prominent

warm SST anomalies in the western Pacific (Fig. 2i),

which leads to positive rainfall anomalies in the EWP

and triggers a Matsuno–Gill pattern over the western

Pacific. Note that the Matsuno–Gill pattern is located

over the TIO in the observations and the HSM but over

the western Pacific in the LSM. Thus, there are low-level

easterly winds anomalies over the EWP and the Mari-

time Continent corresponding to the Kelvin wave in the

observations and the HSM (Figs. 2c,f), but there are

low-level westerly winds there in the LSM (Fig. 2i). As a

consequence, the circulation anomalies in the LSM are

significantly different from those in the HSM and the

observations. The results show that the HSM reasonably

captures the SST anomaly evolution associated with

ENSO and the Indian Ocean capacitor effect, while

there is significant warm SST anomaly bias in the EWP

in the LSM compared with the observations, leading to

unreal positive precipitation anomalies and westerly

wind anomalies over the EWP and the Maritime Con-

tinent. Chowdary et al. (2016) also found a weak TIO

response due to the slow decay of El Niño in a

coupled model.

c. The effect of unrealistic EWP SST anomalies

To further substantiate that the source of bias is

forced by the unrealistic EWP SST anomalies, we de-

sign five sets of sensitivity experiments using CAM4

(Table 2). In SST_HSM, the SST anomalies in the

tropical Indian Ocean and Pacific (208S–208N, 408E–

808W) in the HSM are added to the climatological SST

from January(1) to December(1). Because the SST

anomaly differences Dsst between the LSM and the

HSM are most prominent in the EWP region (108S–

108N, 1408E–1708W) throughout the entire decay year

(Fig. 5), the Dsst in the EWP are added to the pre-

scribed SST in SST_HSM run (i.e., SST_HSM_1EWP).

We also conduct experiments with doubled and qua-

drupled Dsst in the EWP (viz., SST_HSM_2EWP and

FIG. 6. Difference of 850-hPa winds (vectors; units: m s21) and precipitation (shading; units: mm day21) in

JJA(1) between (a) SST_HSM, (b) SST_HSM_1EWP, (c) SST_HSM_2EWP, and (d) SST_HSM_4EWP and

CAM4_Clim.
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SST_HSM_4EWP, respectively). The artificially am-

plified tropical western Pacific SST anomaly differ-

ences in these experiments are to examine how the

NWP circulation responds to the changing magnitude

of the warming bias in the EWP in the LSM.

Figure 6 presents anomalous precipitation and 850-hPa

winds in JJA(1) in four sensitivity experiments. In

SST_HSM–CAM4_Clim (Fig. 6a), the low-level atmo-

spheric circulation highly resembles that in the obser-

vations. This indicates that the atmospheric response to

anomalous tropical SST could be reasonably reproduced

in CAM4. In SST_HSM_1EWP–CAM4_Clim (Fig. 6b),

the evolution of atmospheric circulation is quite similar

to that in the LSM in Fig. 2. Significant westerly wind

anomalies dominate over the tropical Indo–western

Pacific, and positive tropical rainfall anomaly belt is so

strong that it extends to the Indian Peninsula. Further-

more, two anomalous cyclones emerge over the SCS and

the Bay of Bengal, which are Rossby wave responses

to the positive rainfall anomalies over the EWP. The

anomalous NWPAC shifts eastward as a result of the inter-

ference of the anomalous cyclone. In SST_HSM_2EWP–

CAM4_Clim and SST_HSM_4EWP–CAM4_Clim

(Figs. 6c,d), this phenomenon is more prominent

than in SST_HSM_1EWP–CAM4_Clim. Specifically,

anomalous NWPAC is missing and replaced by an

anomalous cyclone over the NWP, and the anomalous

cyclone in the Bay of Bengal becomes stronger and

the positive tropical rainfall anomaly belt is also

more conspicuous than in SST_HSM_1EWP–CAM4_

Clim. Overall, the results of sensitivity experiments

suggest that the NWPAC bias is indeed related to

the atmospheric response to the unrealistic EWP

SST anomalies in most CMIP5 CGCMs. The anoma-

lous cyclone induced by the unrealistic EWP SST

anomalies interferes with the intensity and pattern of

anomalous NWPAC.

From the above, the anomalous NWPAC bias in

JJA(1) is related to weak local air–sea interaction, weak

TIO capacitor effect and unrealistic warm EWP SST

anomalies in most CGCMs. Which one is mainly re-

sponsible for this bias? To address this question,

Figs. 7a–c show scatter diagrams in which the x and y

axes represent NWPAC index anomalies and NWP

SST anomalies (108–308N, 1408E–1808), TIO SST anom-

alies (08–208N, 508–1208E), and EWP SST anomalies

FIG. 7. Scatterplots of the JJA(1) NWPAC indices vs (a) NWP, (b) TIO, (c) EWP, and (d) TIO–EWP in 37 CMIIP5

models. Unit used is nondimensional. Black lines denote linear fit.
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(108S–108N, 1408E–1708W), respectively, in 37 CMIP5

models. The correlation coefficients of NWPAC index

anomalies with NWP, TIO, and EWP SST anomalies

are 20.45, 0.47, and 20.73, respectively, all of them

exceeding the 99% confidence level. The stronger cor-

relation between NWPAC index anomalies and EWP

SST anomalies indicates that the simulated NWPAC is

more sensitive to the EWP SST anomalies than to the

TIO SST anomalies and the NWP SST anomalies in

CGCMs. The TIO SST anomalies could generate an

anomalous NWPAC by Indian Ocean capacitor effect,

but the EWP SST anomalies trigger an anomalous cy-

clone over the NWP by a Rossby wave response. Be-

cause of the opposite effect on the NWP circulation, a

new index is defined as the difference of the ENSO-

related TIO SST and ENSO-related EWP SST, which is

called the TIO–EWP index. Figure 7d shows the re-

lationship between ENSO-related NWPAC index and

TIO–EWP index. The correlation coefficient between

them is 0.89, exceeding the 99% confidence level. The

results of CGCMs indicate that the simulated ENSO-

related NWPAC is highly related to the difference be-

tween TIO SST anomalies and EWP SST anomalies

in CGCMs. Since this SST anomaly bias in the EWP

provides significant effects on the ENSO–NWP rela-

tionship, what leads to the bias is another primary

question to be addressed in the next section.

5. Causes of the EWP SST bias

a. Surface heat flux

To understand the physical processes of ENSO-

related EWP SST anomalies, we perform a surface

heat flux analysis to understand the possible causes of

the warm EWP SST anomaly bias. Figure 8 shows the

FIG. 8. Shaded anomalies of meridional-mean (108S–108N) SST (contours; units: K), latent heat flux (shading; units: W m22), sensible

heat flux(shading; units: W m22), shortwave radiation (shading; units: W m22), and longwave radiation (shading; units: W m22) with the

D(0)JF(1) Niño-3.4 index in (a)–(d) the observations, (e)–(h) the HSM, and (i)–(l) the LSM as a function of calendar month and longitude.

The signs of heat fluxes and radiations follow their conventions described in section 2b. White dots indicate that the regressed anomalies

are significant at the 90% confidence level.
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evolution of ENSO-related surface heat fluxes and SST

in the observations, the HSM, and the LSM. Among the

four terms of heat fluxes, the patterns of LHF and SW

radiation are consistent with the SST anomaly pattern

and their amplitudes are larger than the others. The

warm SST anomalies are accompanied by release of

more LHF and gain of less SW radiation during the El

Niño mature and decay phase. Thus, the LHF and SW

radiation mainly serve as damping terms and are not

totally balanced by LW radiation and SHF. In the LSM,

there are stronger positive precipitation anomalies over

the EWP in JJA(1) (Fig. 2i), and the warm EWP SST

anomalies lose more LHF and obtain less SW radiation

than that in observations and the HSM (Figs. 8a,c,e,j,i,k).

The result suggests that surface heat flux anomalies could

not explain the warm EWP SST anomaly bias in the LSM.

Hence, the main contributor to the persistence of warm

EWP SST anomaly bias in the low-skill models should

come from the ocean dynamic processes.

b. Ocean dynamic processes

Chowdary et al. (2014) suggested that the ocean wave

adjustments and persistent westerly wind anomalies

over the equatorial Pacific should be responsible for

slow decay of El Niño based on the CGCM Climate

Forecast System. Previous studies indicate that the zonal

wind anomalies over the EWP have important in-

fluences on the ENSO cycle by triggering equatorial

Kelvin waves (e.g., Zhang and Huang 1998; Huang et al.

2001). It is noteworthy that prominent easterly wind

FIG. 9. Kelvin wave forcing function Kf (shading; units: N m21) anomalies from January(1) to December(1) based on regression upon

the D(0)JF(1) Niño-3.4 index in (a) the observations, (b) the HSM, and (c) the LSM. Brown dots denote the regressed Kf anomalies are

significant at the 90% confidence level.

FIG. 10. Regressed anomalies of zonal-mean (1508E–1708W) SST (shading; units: K), 1000-hPa zonal wind (vectors; units: m s21) upon

the D(0)JF(1) Niño-3.4 index in (a) the observations, (b) the HSM, and (c) the LSM as a function of calendar month and latitude. Brown

dots denote that the regressed SST anomalies are significant at the 90% confidence level. Arrows are drawn if the regressed zonal wind

anomalies are significant at the 90% confidence level.
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anomalies always dominate the Maritime Continent and

western Pacific from boreal winter to summer in the

observations and the HSM (Figs. 2a–f). The easterly

wind anomalies are extremely weak in boreal winter and

spring and replaced by westerly wind anomalies in

summer in the LSM (Figs. 2h–i), which is not conducive

to upwelling equatorial Kelvin wave. The evolution of

anomalous equatorial Kelvin wave forcing function Kf

associated with ENSO during the El Niño decay year is

shown in Fig. 9. Negative (positive) values of Kf denote

upwelling (downwelling) Kelvin wave. It is clear that

significant negative values of Kf appear in the tropical

Indo–western Pacific in January(1) in the observations

and the HSM, and then the upwelling Kelvin wave

propagates eastward. However, in response to westerly

wind anomalies over the EWP, there is downwelling

Kelvin wave dominating in summer in the LSM. The

oceanic Kelvin wave hardly affects SST directly in the

EWP owing to the deep thermocline there. However,

the thermocline in the equatorial eastern Pacific could

be affected and the SST there could be modulated. In

turn, the zonal SST gradient and wind along the equa-

torial Pacific could be altered, which may change the

SST in the EWP indirectly.

Furthermore, Fig. 10 shows the evolution of zonal-

mean (1508E–1708W) SST anomalies and surface zonal

wind anomalies during the El Niño decay year. Note that

there are obvious westerly wind anomalies on the

equator from January(1) to June(1) in observations and

the HSM (Figs. 10a,b), which is conducive to down-

welling and warming of SST. The westerly wind anom-

alies decline quickly in the following summer, which

FIG. 11. (a) Vertical averages of mean zonal advection and (b) mean meridional advection of anomalous temperature gradient,

(c) vertical integrations of anomalous zonal advection, and (d) anomalous meridional advection of mean temperature gradient in the

mixed layer in observations, in which temperature and current anomalies are obtained by regression upon the D(0)JF(1) Niño-3.4 index.

The zonal advection terms (units: 8C day21) are averages over 108S–108N and as a function of calendar month and longitude. The me-

ridional advection terms (units: 8C day21) are averages over 1408E–1708W and as a function of calendar month and latitude. (e)–(h) As in

(a)–(d), but in the HSM; (i)–(l) as in (a)–(d), but in the LSM.

1 JANUARY 2017 J I A N G E T A L . 121



could be attributed to the generation of easterly wind

anomalies induced by the Indian Ocean capacitor effect

in JJA(1). Thus, the SST anomalies decline in the ob-

servations and the HSM in JJA(1). Meanwhile, in the

LSM, owing to the persistence of warm EWP SST

anomalies and associated Rossby wave response

(Matsuno 1966; Gill 1980), prominent westerly wind

anomalies persist into boreal summer and autumn

(Fig. 10c), inducing downwelling and warming of SST in

the EWP. Indeed, persistent westerly wind anomalies

FIG. 12. (a) Vertical averages of monthly climatology of zonal current and (b) regressed zonal current anomalies

(units: m day21) upon the D(0)JF(1) Niño-3.4 index in the mixed layer in the observations. These are averages over

108S–108N and as a function of calendar month and longitude. (c),(d) As in (a),(b), but in the HSM; (e),(f) as in

(c),(d), but in the LSM.
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over the equatorial Pacific can affect the decay of El

Niño, which is consistent with Chowdary et al. (2014).

We perform an ocean heat budget analysis of the

ocean mixed layer to understand the contribution of

oceanic advection. The mean current advection of

anomalous temperature gradient (hereafter referred

to as mean advection) and the anomalous current ad-

vection of mean temperature gradient (hereafter re-

ferred to as anomalous advection) in the observations,

the HSM, and the LSM are shown in Fig. 11. We focus

on the change of EWP SST anomalies (108S–108N,

1408E–1708W) in JJA(1). Compared with observa-

tions, there is significant cooling due to mean zonal

advection 2u(›T 0/›x) from April(1) in the HSM, which

may be attributed to unreal mean zonal current (Fig. 12c),

facilitating the decay of El Niño (Fig. 11e). Meanwhile,

warm zonal advections [2u(›T 0/›x) and 2u0(›T/›x)]

are stronger around 1508E in the LSM than in the HSM

from winter to summer, which also contribute to the

warm bias in the EWP in the LSM.

Further analysis is conducted to examine the re-

spective contributions of current and SST gradient to

the oceanic advection in the LSM. From Fig. 13, the

excessive cold tongue bias is prominent in CMIP5

CGCMs, which is consistent with previous studies (Li

and Xie 2014; Li et al. 2015, 2016). The cold tongue

extends more westward in the LSM than the HSM and

the observation, leading to larger west-minus-east

mean zonal SST gradient ›T/›x in the EWP (Fig. 14f).

In addition, there are prominent anomalous easterly

current u0 (Fig. 12f) and anomalous zonal temperature

gradient ›T 0/›x (Fig. 14e) associated with the westward

extension of ENSO-related SST pattern around 1508E
in the LSM during the post-ENSO summer, which

contribute to the warm SST anomaly bias in the EWP.

In general, the ENSO-related SST pattern extends

westward during the El Niño mature phase and strengthens

the westerly wind anomalies over the Indo–western Pacific.

The excessive cold tongue causes larger west-minus-

east mean zonal SST gradient in the EWP in the LSM

FIG. 13. Summer mean climatology of SST (units: 8C) in the tropical Pacific in (a) the

observations, (b) the HSM, and (c) the LSM.
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than in observations and the HSM. The resultant

anomalous warm advection leads to persistence of the

warm SST anomalies in the EWP during the following

spring and summer and causes the slow decay of

El Niño in the LSM. In turn, the warm SST anomaly

bias in the EWP strengthens the westerly wind anom-

alies by triggering local convection and atmospheric

Rossby wave.

FIG. 14. (a) Vertical averages of anomalous zonal temperature gradient and (b) mean zonal temperature gradient

[units: 8C m21(86 400)21] in the mixed layer in the observations, in which anomalous temperature and current velocities

are obtained by regression upon the D(0)JF(1) Niño-3.4 index. These are averages over 108S–108N and as a function of

calendar month and longitude. (c),(d) As in (a),(b), but in the HSM; (e),(f) as in (a),(b), but in the LSM.
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6. Summary

In this study, we investigate plausible reasons for

biases in simulation of the ENSO–NWP teleconnection

in most CMIP5 CGCMs, including weaker NWPAC

anomalies and excessive westward extension of positive

rainfall anomalies in the EWP. The possible reasons for

and processes leading to these biases are displayed in

Fig. 15. Major conclusions are summarized as follows.

By comparing the evolution of ENSO-related SST

anomaly pattern, the local air–sea interaction, and the

Indian Ocean capacitor effect among the observations and

high-skill and low-skill models, we find that the biases of

the ENSO-related NWP summer climate could be mainly

attributed to the simulation of ENSO decay pace. The

unrealistic EWP SST anomalies persist into the ENSO

decay summer, which generate above-normal pre-

cipitation over the EWP and an anomalous cyclone over

the NWP. In turn, the anomalous cyclone could modify the

intensity and position of anomalous NWPAC induced by

the Indian Ocean capacitor effect. This conclusion is

confirmed by sensitivity experiments with CAM4.

A new index–TIO–EWP index is defined as the dif-

ference of ENSO-related SST between TIO and EWP,

which has a close relationship with the anomalous

NWPAC. Those models with a TIO–EWP index close to

observations could simulate ENSO–NWP teleconnec-

tion well, which will be useful for the selection of rea-

sonable models in predicting the summer climate of East

Asia and NWP.

The occurrence of the SST anomaly bias in the EWP

may involve a positive air–sea feedback. On one hand, the

excessive climatological cold tongue increases climato-

logical zonal SST gradient ›T/›x in the EWP. Because of

the westerly wind anomalies over the western Pacific in-

duced by the warm SST anomaly bias in the LSM, the

larger climatological zonal SST gradient ›T/›x could lead

to warmer zonal advections 2u0›T/›x, which could favor

the persistence of the warm EWP SST anomaly in the

LSM. In addition, the downwelling on the equator forced

by westerly wind anomalies may also contribute to the

persistence of EWP SST anomaly bias. On the other hand,

the warm EWP SST anomaly bias could strengthen west-

erly wind anomalies over the western Pacific by triggering

convection and atmospheric Rossby wave, which, in turn,

could increase the warm SST anomaly bias in the EWP.

This study suggests that the model needs to produce a

reasonable decay pace of ENSO in the equatorial Pacific

to obtain proper ENSO–NWP teleconnection, and mean

state SST bias may be responsible for the bias of the

evolution of ENSO. Here, we only point out the main and

common biases about ENSO-induced NWP summer cli-

mate in CMIP5 CGCMs. There may be some other biases

in individual models, which need to be explored. Further

understanding of the biases may contribute to improve-

ment of the prediction skill of ENSO teleconnection.

Acknowledgments. We thank the anonymous reviewers

for the valuable comments that helped us to improve the

manuscript. We acknowledge the World Climate Research

Programme’s Working Group on Coupled Modelling,

which is responsible for CMIP, and we thank the climate

modeling groups listed in Table 1 for producing and making

available their model output. For CMIP the U.S. De-

partment of Energy’s Program for Climate Model Di-

agnosis and Intercomparison provides coordinating support

and led development of software infrastructure in partner-

ship with the Global Organization for Earth System Science

Portals. This work was supported by the National Natural

Science Foundation of China (91337105, 41425019, and

41275083) and the public science and technology research

funds projects of ocean (201505013).

REFERENCES

Adler, R. F., and Coauthors, 2003: The Version-2 Global Pre-

cipitation Climatology Project (GPCP) monthly precipitation

analysis (1979–present). J. Hydrometeor., 4, 1147–1167,

doi:10.1175/1525-7541(2003)004,1147:TVGPCP.2.0.CO;2.

Battisti, D. S., 1988: Dynamics and thermodynamics of a warming

event in a coupled tropical atmosphere ocean model. J. Atmos.

Sci., 45, 2889–2919, doi:10.1175/1520-0469(1988)045,2889:

DATOAW.2.0.CO;2.

Bellenger, H., E. Guilyardi, J. Leloup, M. Lengaigne, and

J. Vialard, 2014: ENSO representation in climate models:

FIG. 15. Schematic diagram illustrating the processes for

the NWPAC bias during the El Niño decay summer in

CMIP5 CGCMs.

1 JANUARY 2017 J I A N G E T A L . 125

http://dx.doi.org/10.1175/1525-7541(2003)004<1147:TVGPCP>2.0.CO;2
http://dx.doi.org/10.1175/1520-0469(1988)045<2889:DATOAW>2.0.CO;2
http://dx.doi.org/10.1175/1520-0469(1988)045<2889:DATOAW>2.0.CO;2


From CMIP3 to CMIP5. Climate Dyn., 42, 1999–2018,

doi:10.1007/s00382-013-1783-z.

Cao, J., R. Lu, J. Hu, and H. Wang, 2013: Spring Indian Ocean-

western Pacific SST contrast and the East Asian summer

rainfall anomaly.Adv. Atmos. Sci., 30, 1560–1568, doi:10.1007/

s00376-013-2298-6.

Carton, J. A., and B. S. Giese, 2008: A reanalysis of ocean climate

using Simple Ocean Data Assimilation (SODA). Mon. Wea.

Rev., 136, 2999–3017, doi:10.1175/2007MWR1978.1.

Chang, C. P., Y. S. Zhang, and T. Li, 2000: Interannual and inter-

decadal variations of the East Asian summer monsoon and

tropical Pacific SSTs. Part I: Roles of the subtropical ridge.

J. Climate, 13, 4310–4325, doi:10.1175/1520-0442(2000)013,4310:

IAIVOT.2.0.CO;2.

Chen, W., J.-K. Park, B. Dong, R. Lu, and W.-S. Jung, 2012: The

relationship between El Niño and the western North Pacific

summer climate in a coupled GCM: Role of the transition of

El Niño decaying phases. J. Geophys. Res., 117, D12111,

doi:10.1029/2011JD017385.

Chen, X. L., and T. J. Zhou, 2014: Relative role of tropical SST

forcing in the 1990s periodicity change of the Pacific-Japan

pattern interannual variability. J. Geophys. Res. Atmos., 119,

13 043–13 066, doi:10.1002/2014JD022064.

Chou, C., J. Y. Tu, and J. Y. Yu, 2003: Interannual variability of the

western North Pacific summer monsoon: Differences between

ENSO and non-ENSO years. J. Climate, 16, 2275–2287,

doi:10.1175/2761.1.

——, L. F. Huang, J. Y. Tu, L. S. Tseng, and Y. C. Hsueh, 2009: El

Niño impacts on precipitation in the western North Pacific–

East Asian sector. J. Climate, 22, 2039–2057, doi:10.1175/

2008JCLI2649.1.

Chowdary, J. S., S.-P. Xie, J.-J. Luo, J. Hafner, S. Behera,

Y. Masumoto, and T. Yamagata, 2011: Predictability of

northwest Pacific climate during summer and the role of the

tropical Indian Ocean. Climate Dyn., 36, 607–621, doi:10.1007/

s00382-009-0686-5.

——, A. Parekh, C. Gnanaseelan, and P. Sreenivas, 2014: Inter-

decadal modulation of ENSO teleconnections to the Indian

Ocean in a coupled model: Special emphasis on decay phase of

El Niño. Global Planet. Change, 112, 33–40, doi:10.1016/

j.gloplacha.2013.11.003.

——, ——, R. Kakatkar, C. Gnanaseelan, G. Srinivas, P. Singh, and

M. K. Roxy, 2016: Tropical Indian Ocean response to the

decay phase of El Niño in a coupled model and associated

changes in south and east-Asian summer monsoon circulation

and rainfall. Climate Dyn., 47, 831–844, doi:10.1007/

s00382-015-2874-9.

Collins, M., and Coauthors, 2010: The impact of global warming on

the tropical Pacific Ocean and El Niño. Nat. Geosci., 3, 391–

397, doi:10.1038/ngeo868.

Gill, A. E., 1980: Some simple solutions for heat-induced tropical

circulation. Quart. J. Roy. Meteor. Soc., 106, 447–462,

doi:10.1002/qj.49710644905.

Gong, H., L. Wang, W. Chen, D. Nath, G. Huang, and W. Tao, 2015:

Diverse influences of ENSO on the East Asian–western Pacific

winter climate tied to different ENSO properties in CMIP5

models. J. Climate, 28, 2187–2202, doi:10.1175/JCLI-D-14-00405.1.

He, C., and T. J. Zhou, 2015: Responses of the western North

Pacific subtropical high to global warming under RCP4.5

and RCP8.5 scenarios projected by 33 CMIP5 models:

The dominance of tropical Indian Ocean–tropical western

Pacific SST gradient. J. Climate, 28, 365–380, doi:10.1175/

JCLI-D-13-00494.1.

Hoerling, M. P., A. Kumar, and M. Zhong, 1997: El Niño,

La Niña, and the nonlinearity of their teleconnections.

J. Climate, 10, 1769–1786, doi:10.1175/1520-0442(1997)010,1769:

ENOLNA.2.0.CO;2.

Hu, K., G. Huang, X.-T. Zheng, S.-P. Xie, X. Qu, Y. Du, and L. Liu,

2014: Interdecadal variations in ENSO influences on north-

west Pacific–East Asian early summertime climate simulated

in CMIP5 models. J. Climate, 27, 5982–5998, doi:10.1175/

JCLI-D-13-00268.1.

Hu, W., and R. Wu, 2015: Relationship between South China Sea

precipitation variability and tropical Indo-Pacific SST anom-

alies in IPCC CMIP5 models during spring-to-summer tran-

sition. Adv. Atmos. Sci., 32, 1303–1318, doi:10.1007/

s00376-015-4250-4.

Huang, G., K. Hu, and S.-P. Xie, 2010: Strengthening of tropical

Indian Ocean teleconnection to the northwest Pacific since the

mid-1970s: An atmospheric GCM study. J. Climate, 23, 5294–

5304, doi:10.1175/2010JCLI3577.1.

Huang, R., and Y. Wu, 1989: The influence of ENSO on the sum-

mer climate change in China and its mechanism. Adv. Atmos.

Sci., 6, 21–32, doi:10.1007/BF02656915.

——, R. Zhang, and B. Yan, 2001: Dynamical effect of the zonal

wind anomalies over the tropical western Pacific on ENSO

cycles. Sci. China, 44D, 1089–1098, doi:10.1007/BF02906865.

Kalnay, E., and Coauthors, 1996: The NCEP/NCAR 40-Year

Reanalysis Project. Bull. Amer. Meteor. Soc., 77, 437–471,

doi:10.1175/1520-0477(1996)077,0437:TNYRP.2.0.CO;2.

Kim, S. T., and J.-Y. Yu, 2012: The two types of ENSO in CMIP5

models. Geophys. Res. Lett., 39, L11704, doi:10.1029/

2012GL052006.

Lau, N. C., and M. J. Nath, 2000: Impact of ENSO on the variability of

the Asian–Australian monsoons as simulated in GCM experiments.

J. Climate, 13, 4287–4309, doi:10.1175/1520-0442(2000)013,4287:

IOEOTV.2.0.CO;2.

Li, G., and S.-P. Xie, 2014: Tropical biases in CMIP5 multimodel

ensemble: The excessive equatorial Pacific cold tongue and

double ITCZ problems. J. Climate, 27, 1765–1780, doi:10.1175/

JCLI-D-13-00337.1.

——, Y. Du, H. Xu, and B. Ren, 2015: An intermodel approach to

identify the source of excessive equatorial Pacific cold tongue

in CMIP5 models and uncertainty in observational datasets.

J. Climate, 28, 7630–7640, doi:10.1175/JCLI-D-15-0168.1.

——, S.-P. Xie, Y. Du, and Y. Luo, 2016: Effects of excessive

equatorial cold tongue bias on the projections of tropical

Pacific climate change. Part I: The warming pattern in

CMIP5 multi-model ensemble. Climate Dyn., doi:10.1007/

s00382-016-3043-5, in press.

Lin, Z. D., and R. Y. Lu, 2009: The ENSO’s effect on eastern China

rainfall in the following early summer. Adv. Atmos. Sci., 26,

333–342, doi:10.1007/s00376-009-0333-4.

Matsuno, T., 1966: Quasi-geostrophic motions in the equatorial

area. J. Meteor. Soc. Japan, 44, 25–43.

Monterey, G., and S. Levitus, 1997: Seasonal variability of mixed

layer depth for the World Ocean. NOAA Atlas NESDIS 14,

102 pp.

Smith, T. M., R. W. Reynolds, T. C. Peterson, and J. Lawrimore,

2008: Improvements to NOAA’s historical merged land–ocean

surface temperature analysis (1880–2006). J. Climate, 21, 2283–

2296, doi:10.1175/2007JCLI2100.1.

Song, F. F., and T. J. Zhou, 2014: The climatology and interannual

variability of East Asian summer monsoon in CMIP5 coupled

models: Does air–sea coupling improve the simulations?

J. Climate, 27, 8761–8777, doi:10.1175/JCLI-D-14-00396.1.

126 J O U R N A L O F C L I M A T E VOLUME 30

http://dx.doi.org/10.1007/s00382-013-1783-z
http://dx.doi.org/10.1007/s00376-013-2298-6
http://dx.doi.org/10.1007/s00376-013-2298-6
http://dx.doi.org/10.1175/2007MWR1978.1
http://dx.doi.org/10.1175/1520-0442(2000)013<4310:IAIVOT>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2000)013<4310:IAIVOT>2.0.CO;2
http://dx.doi.org/10.1029/2011JD017385
http://dx.doi.org/10.1002/2014JD022064
http://dx.doi.org/10.1175/2761.1
http://dx.doi.org/10.1175/2008JCLI2649.1
http://dx.doi.org/10.1175/2008JCLI2649.1
http://dx.doi.org/10.1007/s00382-009-0686-5
http://dx.doi.org/10.1007/s00382-009-0686-5
http://dx.doi.org/10.1016/j.gloplacha.2013.11.003
http://dx.doi.org/10.1016/j.gloplacha.2013.11.003
http://dx.doi.org/10.1007/s00382-015-2874-9
http://dx.doi.org/10.1007/s00382-015-2874-9
http://dx.doi.org/10.1038/ngeo868
http://dx.doi.org/10.1029/97JC02546
http://dx.doi.org/10.1002/qj.49710644905
http://dx.doi.org/10.1175/JCLI-D-14-00405.1
http://dx.doi.org/10.1175/JCLI-D-13-00494.1
http://dx.doi.org/10.1175/JCLI-D-13-00494.1
http://dx.doi.org/10.1175/1520-0442(1997)010<1769:ENOLNA>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(1997)010<1769:ENOLNA>2.0.CO;2
http://dx.doi.org/10.1175/JCLI-D-13-00268.1
http://dx.doi.org/10.1175/JCLI-D-13-00268.1
http://dx.doi.org/10.1007/s00376-015-4250-4
http://dx.doi.org/10.1007/s00376-015-4250-4
http://dx.doi.org/10.1175/2010JCLI3577.1
http://dx.doi.org/10.1007/BF02656915
http://dx.doi.org/10.1007/BF02906865
http://dx.doi.org/10.1175/1520-0477(1996)077<0437:TNYRP>2.0.CO;2
http://dx.doi.org/10.1029/2012GL052006
http://dx.doi.org/10.1029/2012GL052006
http://dx.doi.org/10.1175/1520-0442(2000)013<4287:IOEOTV>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2000)013<4287:IOEOTV>2.0.CO;2
http://dx.doi.org/10.1175/JCLI-D-13-00337.1
http://dx.doi.org/10.1175/JCLI-D-13-00337.1
http://dx.doi.org/10.1175/JCLI-D-15-0168.1
http://dx.doi.org/10.1007/s00382-016-3043-5
http://dx.doi.org/10.1007/s00382-016-3043-5
http://dx.doi.org/10.1007/s00376-009-0333-4
Administrator
删划线

Administrator
插入号
Li, G., S.-P. Xie, Y. Du, and Y. Luo, 2016: Effects of excessive equatorial cold tongue bias on the projections of tropical Pacific climate change. Part I: the warming pattern in CMIP5 multi-model ensemble. Climate Dynamics, 1-15.

Administrator
删划线



Tao, W., G. Huang, K. Hu, H. Gong, G. Wen, and L. Liu, 2016: A

study of biases in simulation of the Indian Ocean basin mode

and its capacitor effect in CMIP3/CMIP5 models. Climate

Dyn., 46, 205–226, doi:10.1007/s00382-015-2579-0.

Taylor, K. E., R. J. Stouffer, and G. A. Meehl, 2012: An overview of

CMIP5 and the experiment design. Bull. Amer. Meteor. Soc.,

93, 485–498, doi:10.1175/BAMS-D-11-00094.1.

Terao, T., and T. Kubota, 2005: East-west SST contrast over the tropical

oceans and the post El Niño western North Pacific summer mon-

soon. Geophys. Res. Lett., 32, L15706, doi:10.1029/2005GL023010.

Vimont, D. J., J. M. Wallace, and D. S. Battisti, 2003: The seasonal

footprinting mechanism in the Pacific: Implications for ENSO.

J. Climate, 16, 2668–2675, doi:10.1175/1520-0442(2003)016,2668:

TSFMIT.2.0.CO;2.

Wang, B., R. G. Wu, and X. H. Fu, 2000: Pacific–East Asian tele-

connection: How does ENSO affect East Asian climate?

J. Climate, 13, 1517–1536, doi:10.1175/1520-0442(2000)013,1517:

PEATHD.2.0.CO;2.

——, ——, and K. M. Lau, 2001: Interannual variability of the Asian

summer monsoon: Contrasts between the Indian and the western

North Pacific–East Asian monsoons. J. Climate, 14, 4073–4090,

doi:10.1175/1520-0442(2001)014,4073:IVOTAS.2.0.CO;2.

——, ——, and T. Li, 2003: Atmosphere–warm ocean interaction

and its impacts on Asian–Australian monsoon variation.

J.Climate, 16, 1195–1211, doi:10.1175/1520-0442(2003)16,1195:

AOIAII.2.0.CO;2.

Wu, B., T. Li, and T. Zhou, 2010: Relative contributions of the Indian

Ocean and local SST anomalies to the maintenance of the western

North Pacific anomalous anticyclone during the El Niño decaying

summer. J. Climate, 23, 2974–2986, doi:10.1175/2010JCLI3300.1.

Wu, R. G., Z. Z. Hu, and B. P. Kirtman, 2003: Evolution of ENSO-

related rainfall anomalies in East Asia. J. Climate, 16, 3742–3758,

doi:10.1175/1520-0442(2003)016,3742:EOERAI.2.0.CO;2.

——, G. Huang, Z. C. Du, and K. M. Hu, 2014: Cross-season re-

lation of the South China Sea precipitation variability between

winter and summer. Climate Dyn., 43, 193–207, doi:10.1007/

s00382-013-1820-y.

Xie, S.-P., K. Hu, J. Hafner, H. Tokinaga, Y. Du, G. Huang, and

T. Sampe, 2009: Indian Ocean capacitor effect on Indo–

western Pacific climate during the summer following El Niño.

J. Climate, 22, 730–747, doi:10.1175/2008JCLI2544.1.

——, Y. Du, G. Huang, X.-T. Zheng, H. Tokinaga, K. Hu, and

Q. Liu, 2010: Decadal shift in El Niño influences on Indo–

western Pacific and East Asian climate in the 1970s. J. Climate,

23, 3352–3368, doi:10.1175/2010JCLI3429.1.

——, Y. Kosaka, Y. Du, K. Hu, J. S. Chowdary, and G. Huang,

2016: Indo-western Pacific Ocean capacitor and coherent cli-

mate anomalies in post-ENSO summer: A review. Adv. At-

mos. Sci., 33, 411–432, doi:10.1007/s00376-015-5192-6.

Yang, J. L., Q. Y. Liu, S. P. Xie, Z. Y. Liu, and L. X. Wu, 2007:

Impact of the Indian Ocean SST basin mode on the Asian

summer monsoon.Geophys. Res. Lett., 34, L02708, doi:10.1029/

2006GL028571.

——, ——, and Z. Y. Liu, 2010: Linking observations of the Asian

monsoon to the Indian Ocean SST: Possible roles of Indian

Ocean basin mode and dipole mode. J. Climate, 23, 5889–5902,

doi:10.1175/2010JCLI2962.1.

Zhang, R. H., and R. Huang, 1998: Dynamical effect of zonal wind

stresses over the tropical Pacific on the occurring and van-

ishing of El Niño event: Part I. Diagnostics and theoretical

analyses. Chin. J. Atmos. Sci., 22, 587–599.

——, and A. Sumi, 2002: Moisture circulation over East Asia

during El Niño episode in northern winter, spring and au-

tumn. J. Meteor. Soc. Japan, 80, 213–227, doi:10.2151/

jmsj.80.213.

——, ——, and M. Kimoto, 1999: A diagnostic study of the impact

of El Niño on the precipitation in China. Adv. Atmos. Sci., 16,

229–241, doi:10.1007/BF02973084.

Zhang, T., and D. Z. Sun, 2014: ENSO asymmetry in CMIP5 models.

J. Climate, 27, 4070–4093, doi:10.1175/JCLI-D-13-00454.1.

1 JANUARY 2017 J I A N G E T A L . 127

http://dx.doi.org/10.1175/2007JCLI2100.1
http://dx.doi.org/10.1175/JCLI-D-14-00396.1
http://dx.doi.org/10.1007/s00382-015-2579-0
http://dx.doi.org/10.1175/BAMS-D-11-00094.1
http://dx.doi.org/10.1029/2005GL023010
http://dx.doi.org/10.1175/1520-0442(2003)016<2668:TSFMIT>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2003)016<2668:TSFMIT>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2000)013<1517:PEATHD>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2000)013<1517:PEATHD>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2001)014<4073:IVOTAS>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2003)16<1195:AOIAII>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2003)16<1195:AOIAII>2.0.CO;2
http://dx.doi.org/10.1175/2010JCLI3300.1
http://dx.doi.org/10.1175/2010JCLI3300.1
http://dx.doi.org/10.1175/1520-0442(2003)016<3742:EOERAI>2.0.CO;2
http://dx.doi.org/10.1175/1520-0442(2003)016<3742:EOERAI>2.0.CO;2
http://dx.doi.org/10.1007/s00382-013-1820-y
http://dx.doi.org/10.1007/s00382-013-1820-y
http://dx.doi.org/10.1175/2008JCLI2544.1
http://dx.doi.org/10.1175/2010JCLI3429.1
http://dx.doi.org/10.1007/s00376-015-5192-6
http://dx.doi.org/10.1029/2006GL028571
http://dx.doi.org/10.1029/2006GL028571
http://dx.doi.org/10.1175/2010JCLI2962.1
http://dx.doi.org/10.2151/jmsj.80.213
http://dx.doi.org/10.2151/jmsj.80.213
http://dx.doi.org/10.1007/BF02973084
http://dx.doi.org/10.1175/JCLI-D-13-00454.1


LETTERS
PUBLISHED ONLINE: 12 JUNE 2017 | DOI: 10.1038/NCLIMATE3304

Distinct global warming rates tied to multiple
ocean surface temperature changes
Shuai-Lei Yao1,2, Jing-Jia Luo3*, Gang Huang1,2,4* and Pengfei Wang1,5

The globally averaged surface temperature has shown distinct
multi-decadal fluctuations since 19001–4, characterized by
two weak slowdowns in the mid-twentieth century and
early twenty-first century and two strong accelerations in
the early and late twentieth century. While the recent
global warming (GW) hiatus has been particularly ascribed
to the eastern Pacific cooling5,6, causes of the cooling in
the mid-twentieth century and distinct intensity di�erences
between the slowdowns and accelerations remain unclear7,8.
Here, our model experiments with multiple ocean sea surface
temperature (SST) forcing reveal that, although the Pacific
SSTs play essential roles in the GW rates, SST changes in other
basins also exert vital influences. The mid-twentieth-century
cooling results from the SST cooling in the tropical Pacific and
Atlantic,which is partly o�set by theSouthernOceanwarming.
During the recent hiatus, the tropical Pacific-induced strong
cooling is largely compensated by warming e�ects of other
oceans. In contrast, during the acceleration periods, ubiquitous
SST warming across all the oceans acts jointly to exaggerate
the GW. Multi-model simulations with separated radiative
forcing suggest diverse causes of the SST changes in multiple
oceans during the GW acceleration and slowdown periods.
Our results highlight the importance of multiple oceans on the
multi-decadal GW rates.

The Paris Climate Conference in December 2015 has agreed to
pursue efforts to limit the global warming (GW) to no more than
1.5 ◦C above pre-industrial levels by 2100 (ref. 9). The observed
annual-mean globally averaged surface temperature (GST) has alr-
eady risen about 0.89 ◦C (0.69–1.08 ◦C, 90% confidence interval)10

during the period 1900–2012 (Fig. 1 and Supplementary Table 1),
leaving room for just another 0.5–0.6 ◦C warming relative to today
for the rest of the twenty-first century. While the early twenty-
first-century GW hiatus indicates that the relentlessly increasing
greenhouse gases (GHGs) may not always boost the GST warming
simultaneously6, it is yet unclear whether the recent hiatus has surely
ended and how strongly GW will resume in the next decades. In
addition, it is found that the GW rate since 1900 has experienced a
pronounced multi-decadal fluctuation, characterized by two accel-
erations in the early and late twentieth century and two slowdowns
during the mid-twentieth century and the early twenty-first cen-
tury1,2 (Fig. 1). Correspondingly, the globally averaged land surface
air temperature shows similar multi-decadal modulations. The dis-
tinctive multi-decadal fluctuation undoubtedly affects the estima-
tion of centennial mean GW rate11,12. Improved understanding of
these GW accelerations and slowdowns could help provide a better
estimate of the future GW rate for the Paris Climate Agreement.

The estimated rates of the multi-decadal GW accelerations and
slowdowns are subject to the time interval selection13, which is
often based on an arbitrary decision14. Here, the GW acceleration
and slowdown periods are objectively determined according to
three thresholds: a maximum magnitude of statistically significant
trends in observed GST, relatively low uncertainty among different
observations (represented by error bars in Supplementary Fig. 1),
and a high percentage of global areas where the merged land
air temperature and ocean surface temperature has a statistically
significant trend (Supplementary Fig. 1 and Methods). Our
approach identifies two periods with maximum accelerations of
the GW during 1908–1945 and 1975–1998 and two periods with
maximum slowdowns during 1940–1976 and 2001–2012 (Fig. 1).

It is found that observed GST trends during the two acceleration
periods are statistically significant across four different observa-
tional data sets, whereas those during the two slowdown periods
are less significant (Supplementary Table 1), especially for the early
twenty-first-century slowdown. The latest slowdown does not show
a consistently negative GW rate among the different observations
and is statistically insignificant (Supplementary Table 1), proba-
bly owing to a relatively short period for the trend estimation.
Despite this, the recent GW slowdown has received tremendous
attention and has been examined extensively5,6,8. The magnitudes of
the GW rates during the two slowdown periods are considerably
smaller than those during the two acceleration periods. This dif-
ference has been explained as being due to the naturally occurring
decadal/multi-decadal climate variability halting the steady GW rate
attributed to the continuously increasing GHGs emissions15. For
instance, the recent slowdown has been tied to the equatorial Pacific
sea surface temperature (SST) cooling5,6, which is underpinned by
the large impacts of Interdecadal Pacific Oscillation (IPO) on the
GST16,17. The IPO's impacts are similar but not identical to those
exerted by El Niño18.

Consistent with previous findings5,6, SST warming (cooling)
occurs in the tropical Pacific during the acceleration (slow-
down) periods (Supplementary Fig. 2). The SST change differ-
ences between the slowdown and acceleration periods bear a close
resemblance to the pattern of the cold phase of the IPO19 or a
La Niña-like decadal/multi-decadal variability20. This indicates the
possible importance of internal climate variability in modulating
GW5,16. However, notable differences in global SST changes exist
among the acceleration and slowdown periods (Fig. 2). While the
SST shows a similar warming in the tropical Pacific between the
two acceleration periods (Fig. 2a,c), the equatorial central-eastern
Pacific cooling during 2001–2012 is far stronger than that during
1940–1976 (Fig. 2b,d). Its magnitude is also greater than those
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observations (Methods). White areas represent missing values. Stippling denotes 5% significance according to a two-sided Student’s t-test.
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Figure 3 | Near-surface temperature trends during the two acceleration and two slowdown periods. a, Observed GST trends and simulated globally
averaged near-surface air temperature trends. b, Observed and simulated land surface air temperature trends. The black empty bars indicate the observed
ensemble mean GST and land surface air temperature of the four di�erent data sources during each period. The simulated global near-surface air
temperature trends include those forced by the global ocean (Glb), tropical Pacific Ocean (TPO), North Pacific Ocean (NPO), tropical Atlantic Ocean
(TAO), North Atlantic Ocean (NAO), tropical Indian Ocean (TIO), and Southern Ocean (SOC). The model’s simulations are based on six-member
ensemble mean for each experiment (Methods). The order of the colour filled bars follows the order of the magnitudes of individual oceans’ contributions.
The error bars denote one standard deviation of the di�erences among the four observations (thick black bars) and across six members of each experiment
(thin black bars for the global ocean forcing; and individual ocean forcings in colours indicated).

during the two acceleration periods. This is strongly at odds with
the differences in GW rates between the slowdown and acceleration
periods (compare Fig. 2 and Supplementary Table 1), although
the amplified polar surface air temperature warming in the early
twenty-first century (Fig. 2d) may partly offset the tropical Pacific-
induced cooling effects21.

A prominent feature during the two acceleration periods is that
significant SST warming appears across almost the entire global
ocean except patches of weak cooling in the extratropics (Fig. 2).
Consistently, surface air temperature warming occurs over the
majority parts of global continents (Fig. 2a,c). In contrast, SST
cooling during the two slowdown periods does not extend to the
entire global ocean (Fig. 2b,d). In particular, extensive warming
appeared in the Atlantic, the Indian Ocean, and the extratropical

Pacific during 2001–2012, opposite to the strong tropical Pacific
cooling (Fig. 2d). Correspondingly, only limited areas of the global
continents experienced significant cooling or warming during
2001–2012 (Fig. 2d). These results suggest that, while the tropical
Pacific warming/cooling plays a major role, the SST changes in other
basins may also have important influences on the GW rates22–24.

As an attempt to quantify the relative contributions of individual
ocean SST changes to the GW rates, we perform a set of atmospheric
general circulation model experiments (Methods) in which the
global SST trend during the two acceleration and slowdown periods
is split into six regions, including the three tropical oceans that
have predominant influences on the GST, and the North Atlantic,
North Pacific and Southern Ocean (Supplementary Fig. 3). The
simulations with the entire global SST trend forcing reproduce the
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observed GST and land SAT warming during the early and late
twentieth century fairly well (Fig. 3a,b, red filled and black empty
bars). The model also successfully reproduces the observed GST
and land SAT cooling in the mid-twentieth century (Fig. 3a,b). The
recent slowdown, however, is not well simulated. While the observa-
tions show a muted warming, the model produces a weak GST cool-
ing and a weak land SAT warming; this may be partly because Arctic
amplification21 is not captured (Supplementary Fig. 4d) due to the

fact that observed sea-ice changes are not prescribed in the model.
Besides, model's GHGs concentrations are fixed for each period and
therefore the large direct forcing effect is not simulated (Methods).

The simulated land SAT trends are weaker than the observed
(Supplementary Fig. 4c,d), particularly for the late twentieth-
century rapid warming and recent slowdown periods; this suggests
a role of direct external forcing25 (Supplementary Information and
Supplementary Table 3). The estimated direct forcing effect has
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persistently increased since 1900, in accordance with the increased
trend of CO2. Despite model deficiencies (Supplementary Infor-
mation) and possible impacts of internal variability26,27, the spatial
distributions of observed GW trends during the two acceleration
and slowdown periods (compare Fig. 2 and Supplementary Fig. 4)
are generally well reproduced by the model with the global SST trend
forcing, with pattern correlation reaching approximately 0.74, 0.82,
0.57 and 0.46, respectively.

The summed contributions of the SST changes in the six basins
to the GW rates during the four inter-decadal periods are close
(albeit not equal) to those simulated with the global SST trend
forcing (Fig. 3, see Supplementary Information for the nonlin-
ear effect discussion). During the two accelerated warming peri-
ods in the early and late twentieth century, the tropical Pacific
(occupying ∼21.1% of global area) SST warming plays the largest
role, accounting for approximately 34% (39%) and 42% (39%) of
the total GST (land SAT) warming rates, respectively (Fig. 3a,b).
In the early twentieth century, the tropical Atlantic (∼8.5% of
global area) SST warming plays the second largest role (explain-
ing ∼20% and ∼23% of the total GST and land SAT warming
rates, respectively). In addition, for the two accelerated warming
periods, the total SST warming in the Southern Ocean (∼22.5%
of global surface), North Atlantic (∼4.1% of global area), tropical
Indian Ocean (∼8.4% of global area) and North Pacific (∼5.8%
of global area) accounts for nearly half and ∼45% of the summed
GST rates, respectively. These four oceans also explain large por-
tions of land SAT warming rates (totally ∼38% and ∼49% during
the two accelerated warming periods, respectively) and produce
extensive warming over the global lands (Supplementary Fig. 5 and
Supplementary Information).

During the mid-twentieth century, the cooling in the tropical
Pacific plays an important role in the GST cooling, which is nearly
equal to the summed contributions of the SST cooling in the North
Atlantic, tropical Atlantic and North Pacific (Fig. 3a). Similarly, the
summed contribution of the North Atlantic and North Pacific SST
cooling to the global land SAT cooling is as important as that of the
tropical Pacific (Fig. 3b). In contrast, the SST warming in the South-
ern Ocean and tropical Indian Ocean acts to increase the GST and
land SAT by ∼30% and ∼7%, respectively, which tends to partly off-
set the cooling effects of the other oceans (Supplementary Fig. 6 and
Supplementary Information). The compensation effect among the
different oceans is more striking during the recent slowdown period.
The strong cooling in the tropical Pacific generates a GST (land
SAT) cooling of approximately −0.059 ◦C (−0.031 ◦C) per decade,
consistent with the previous finding5,6. However, the induced GST
and land SAT cooling is completely offset or overwhelmed by the
summed warming effects of the tropical Atlantic and Indian Ocean,
Southern Ocean, North Pacific and North Atlantic (Fig. 3 and
Supplementary Fig. 7 and Supplementary Information).

In summary, our results reveal distinct impacts of individual
basin's SST changes on the GW rates between the acceleration and
slowdown periods. In the acceleration cases, the SST warming in all
the oceans acts jointly to generate strong GW rates. In contrast, in
the slowdown cases, the GST cooling induced by the tropical Pacific
cooling is reduced or negated by the warming effects in the other
oceans, leading to weak GW rates.

Thus, it is the SST changes in multiple oceans, not merely those
in the tropical Pacific, that are crucial to determine the GW rates.
On the basis of the Coupled Model Intercomparison Project Phase 5
(CMIP5) simulations with various radiative forcing (Methods),
we explore possible causes of observed SST changes in individual
oceans during the acceleration and slowdown periods. The observed
SST warming in the global ocean and individual basins in the
early twentieth century is partly reproduced by the multi-model
historical simulations due to increased GHGs and natural forcing
(Fig. 4a). Note that the difference between the observed and model

simulations could be caused by internal variability28 and errors in
models29 and historical forcings. In contrast, the late twentieth-
century SST warming in the global ocean and most of the individual
oceans is largely simulated in response to increased GHGs (Fig. 4b),
which is partly offset by the cooling effects of anthropogenic aerosols
and natural forcing.

In agreement with previous studies30, our results suggest that
increased anthropogenic aerosols during the mid-twentieth-century
cooling period induce large cooling in global ocean and individual
oceans, which overwhelms the warming effects of increased GHGs
(Fig. 4c). However, large discrepancy is seen between the observed
and multi-model historical simulations in the tropical Pacific and
North Atlantic, which bears a resemblance to the observed SST trend
pattern in the mid-twentieth century (Supplementary Fig. 8e). The
discrepancy between the observations and multi-model historical
simulations becomes more apparent in the tropical Pacific during
the recent slowdown period (Fig. 4d and Supplementary Fig. 8g),
suggesting that internal variability and/or model errors29 may play
an important role. The external radiative forcing produces generally
uniform warming across the global ocean, largely accounting for the
basin-wide average SST warming in the other oceans (Fig. 4d and
Supplementary Fig. 8h).

The results imply that the SST changes in global and re-
gional oceans during the two accelerations and slowdowns are
driven by complicated and distinct mechanisms, which cannot be
solely explained by modelled response to external radiative forcing.
Improved understanding and projection of the distinct SST changes
in multiple oceans between the multi-decadal GW acceleration and
slowdown periods could help achieve a more accurate estimate of
the future GW rate to better meet the GW target of the Paris Confer-
ence, compared with that based on increasing GHG emissions alone
and/or a single-ocean SST change alone.

Methods
Methods, including statements of data availability and any
associated accession codes and references, are available in the
online version of this paper.
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Methods
Data sets. We use the Hadley Centre-Climate Research Unit merged land air
temperature and ocean surface temperature (MLOST) version 4.4.0.0 median
(HadCRUT4)31 and global land near-surface air temperature (SAT) version 4.4.0.0
(CRUTEM4)32, the National Aeronautics and Space Administration Goddard
Institute for Space Studies (NASA GISS) GISTEMP33 with 1,200 km smoothing and
global mean land SAT, the National Oceanic and Atmospheric Administration
National Climatic Data Center (NOAA NCDC) MLOST version 4.0.0 (ref. 34) and
the Global Historical Climatology Network land SAT version 3.3.0, the
International Surface Temperature Initiative (ISTI) databank14 MLOST time series
and gridded data sets and land SAT time series for the period 1900–2014. We use
monthly mean Centennial In Situ Observation-Based Estimates of the Variability of
Sea Surface Temperature (COBE-SST) and version 2 (COBE-SST2)35, corrected
Extended Reconstructed Sea Surface Temperature version 4 (ERSST v4)14, and
merged Hadley-Optimal-Interpolation sea surface temperature and sea-ice
concentration data sets36 for the period 1900–2012. To reduce observational
uncertainty, the ensemble mean of the observed MLOST, land SAT and SST from
the four different data sets is employed in this study.

We also analyse the multi-model ensemble mean SST provided by the Coupled
Model Intercomparison Project37 (CMIP5) of the Intergovernmental Panel on
Climate Change. 128 members of 42 models' historical simulations that are
extended from 2006 to 2012 on the basis of RCP4.5 scenario runs, 35 members of
9 models' greenhouse gas (GHG) forcing simulations, 38 members of 10 models'
natural forcing simulations, and 21 members of 5 models' anthropogenic aerosol
forcing simulations for the period 1900–2012 (Supplementary Table 2) are analysed
to investigate causes of the observed SST changes in multiple ocean basins (Fig. 4
and Supplementary Fig. 8). To reduce model uncertainty, we calculate the
multi-model ensemble mean of each scenario experiment using the same weight
for each model.

Analysis methods. We adopt an optimal piecewise linear regression to fit the
trends with increasing time intervals of observed GST and MLOST. On the basis of
the following three thresholds: a maximum magnitude of GST trends above 95%
confidence level, relatively low observational uncertainty, and a high percentage of
grid boxes that show statistical significant trends above 95% confidence level, we
detect two robust accelerated warming periods in the early twentieth century
(1908–1945) and the late twentieth century (1975–1998), and two global warming
(GW) slowdown periods in the mid-twentieth century (1940–1976) and the early
twenty-first century (2001–2012) (Supplementary Fig. 1). Note that some of the
time windows are slightly overlapped, representing an uncertainty in defining the
periods of GW accelerations and slowdowns. Removing the overlapped time
intervals among these periods gives similar results. The least-square linear
regression and Theil–Sen slope38 methods are used to estimate the observed GST
trends, with the statistical significance being performed with the Student's t-test
and Mann–Kendall test (Supplementary Table 1). The observed SST and MLOST
trends are computed at each grid box where the data availability covers more than
80% of the years during individual GW acceleration and slowdown periods.

AGCM sensitivity experiments. The Max Plank Institute for Meteorology
atmospheric general circulation model39 (AGCM, ECHAM5.4.1) is used to
examine the response of globally averaged surface temperature (GST) to the
observed SST trend forcing in the global ocean and individual oceans. Given the
important impacts of the tropical SST on the GST, we first split the tropical oceans
into the tropical Pacific Ocean (TPO), tropical Atlantic Ocean (TAO), and tropical
Indian Ocean (TIO). The extratropical regions are then separated into the North
Pacific Ocean (NPO), North Atlantic Ocean (NAO) and Southern Ocean (SOC)
(Supplementary Fig. 3). We adopt ECHAM5 T63L31, which has a horizontal
resolution of ∼209 km and 31 vertical layers39. In the model sensitivity runs, we
prescribe the observed SST trends in the global ocean and six different basins
separately with carbon dioxide (CO2) concentration being fixed to the level at the
centre year of the period during 1908–1945, 1975–1998, 1940–1976 and

2001–2012, respectively. An additional model sensitivity experiment, in which the
observed CO2 trend during 1958–2012 is prescribed but the global SST forcing is
fixed with the climatological monthly mean of 1981–2010, produces a GW rate of
∼0.028 ◦C per decade and a land SAT warming rate of ∼0.07 ◦C per decade that
accounts for ∼22% and ∼32% of the observed GW rate of ∼0.13 ◦C per decade
and observed land SAT warming rate of ∼ 0.22 ◦C per decade averaged during
1958–2012, respectively. To avoid potential instability, a linear buffer zone with a
width of five latitudes and longitudes is applied to prescribe the observed SST
trends in individual basins (for example, in the tropical Pacific Ocean, the linear
buffer zone extends from 30◦ N to 35◦ N, 35◦ S to 30◦ S, and 115◦ E to 120◦ E). For
each of the model experiments that are integrated for 30 model years, we perform
six-member ensemble simulations in which the same SST and CO2 forcing is
prescribed but their initial conditions are different and provided by an additional
model run with climatological SST forcing. Results shown are based on the
six-member ensemble mean of individual model experiments. Note that the global
mean results are similar if model outputs in areas where the observations are
missing during the GW acceleration and slowdown periods are excluded in the
model's calculations.

Data availability. The data that support the findings of this study are available
from the corresponding authors on request. The model outputs from the ECHAM5
sensitivity experiments are available to readers on request. Other model data are
available from the CMIP5 data portal (http://cmip-pcmdi.llnl.gov/cmip5/
data_portal.html). Sources for the observed data sets are: HadCRUT4 (ref. 31) and
CRUTEM4 (ref. 32) (accessed on 1 October 2015): http://www.metoffice.gov.uk/
hadobs/index.html; GISTEMP33 (accessed on 1 October 2015): https://data.giss.
nasa.gov/gistemp; NOAA NCDC34 (accessed on 30 August 2015): https://www.
ncdc.noaa.gov/data-access/marineocean-data/mlost; ISTI14 (accessed on 15 July
2015): http://www.surfacetemperatures.org; COBE-SST and COBE-SST2 (ref. 35)
(accessed on 10 August 2015): https://climatedataguide.ucar.edu/climate-data/sst-
data-cobe-centennial-situ-observation-based-estimates; ERSST v4 (ref. 14)
(accessed on 10 August 2015): https://www.ncdc.noaa.gov/data-access/
marineocean-data/extended-reconstructed-sea-surface-temperature-ersst-v4;
Hurrell SST36 (accessed on 15 August 2015): https://cdp.ucar.edu/security/
loginout.htm.
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and shifts northwestward, which are largely different from 
El Niño. The equatorial CEP cooling plays a dominant 
role in the maintenance of NWPC. The negative rainfall 
anomalies induced by CEP cooling force the anticyclonic 
wind anomalies over the WP as a Rossby wave response, 
which further cause the lower (upper) level convergence 
(divergence) over the MC and NWP. The resultant conver-
gence leads to the enhanced convection there, inducing the 
NWPC as a Rossby wave response. Besides, the equato-
rial easterly wind anomalies trigger the upwelling oceanic 
Kelvin wave and maintain the CEP cooling as the Bjerknes 
feedback.

Keywords Asymmetry · ENSO · El Niño and La Niña · 
Northwest Pacific circulation · Central and eastern Pacific 
cooling

1 Introduction

El Niño-Southern Oscillation (ENSO) is a dominant inter-
annual variability over the tropical Pacific and exerts the 
great influence on global climate through atmospheric tel-
econnections (e.g., Lau and Nath 1996; Trenberth et al. 
1998; Webster et al. 1998). It contains two phases, the 
warm phase (El Niño) and the cold phase (La Niña). How-
ever, El Niño and La Niña are not simply mirror images, 
but have significant asymmetry in spatial structure (e.g., 
Hoerling et al. 1997; Burgers and Stephenson 1999; Kang 
and Kug 2002; Jin et al. 2003; An and Jin 2004; McPhaden 
and Zhang 2009; Su et al. 2010) and duration (e.g., Oku-
mura and Deser 2010; Okumura et al. 2011; Hu et al. 
2013).

ENSO is a major factor for the East Asian climate vari-
ability. The warming (cooling) over the equatorial eastern 

Abstract The present study has revealed the asymmet-
ric characteristics of summertime atmospheric circulation 
anomalies over the Indo-Pacific for El Niño and La Niña, 
as well as the possible mechanism. During the summer 
when El Niño has dissipated, there are basin-wide warming 
over the tropical Indian Ocean (TIO) and cooling over the 
equatorial central and eastern Pacific (CEP). The northwest 
Pacific (NWP) anticyclone is maintained by a combined 
effect of the TIO warming and equatorial CEP cooling. The 
impact of TIO warming is via the Kelvin wave-induced 
divergence mechanism, and the effect of CEP cooling is 
by stimulating a Rossby wave response to its northwest. 
Correspondingly, there are lower (upper) level conver-
gence (divergence) over the TIO and divergence (conver-
gence) over the NWP. The tropical atmospheric waves and 
large-scale circulation anomalies could couple together 
and maintain the anticyclone. However, for La Niña, there 
are easterly wind anomalies over the equatorial western 
Pacific, and the anomalous NWP cyclone (NWPC) is weak 
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Pacific suppresses (enhances) convection over the western 
Pacific (WP), which affects the variability of East Asian 
monsoon (Huang and Wu 1989; Huang and Sun 1992; 
Zhang et al. 1996). The anomalous atmospheric circulation 
over the northwest Pacific (NWP) plays an important role 
in bridging teleconnection from ENSO to the East Asian 
climate (Zhang et al. 1996; Chang et al. 2000a, b; Wang 
et al. 2000; Wu et al. 2003; Yang et al. 2007; Xie et al. 
2009; Chen et al. 2012, 2014; Wang and Wu 2012). The 
anomalous NWP anticyclone/cyclone (NWPAC/NWPC) 
would weaken/intensify the East Asian monsoon. The 
NWP circulation anomalies develop rapidly in late fall of 
the year when ENSO matures (Wang et al. 2000), and the 
anomalies can persist into summer (e.g., Wu et al. 2003; 
Yang et al. 2007; Xie et al. 2009; Tao et al. 2015). There 
are two possible mechanisms maintaining the NWPAC dur-
ing the different phases of El Niño: (1) From fall to spring, 
the NWPAC is a Rossby wave response to SST cooling 
located to its southeast. The northeasterly wind anomalies 
of NWPAC superimpose on the northeasterly trade winds, 
and reinforce initial cold SST anomalies via evaporation, 
forming a positive feedback between SST and circulation 
anomalies (Wang et al. 2000; Wang and Zhang 2002). (2) 
During summer when El Niño has dissipated, the tropical 
Indian Ocean (TIO) warming prolongs the influence of El 
Niño, which contributes to the development of NWPAC 
via the “capacitor effect” (Yang et al. 2007, 2010; Wu et al. 
2009a; Xie et al. 2009).

The atmospheric response to El Niño and La Niña is 
also nonlinear (Hoerling et al. 1997) though most studies 
use the linear statistical methods, such as empirical orthog-
onal function (EOF), regression or correlation to analyze 
atmospheric circulation anomalies associated with ENSO. 
Several studies have investigated the asymmetry of atmos-
pheric response to ENSO over East Asia. For El Niño, there 
are southerly wind anomalies along the coast of East Asia. 
However, the opposite meridional wind anomalies do not 
appear during La Niña, and the impact of La Niña on the 
East Asian monsoon seems weaker than El Niño (Zhang 
et al. 1996). Wu et al. (2010b) studied the asymmetry of 
NWP lower level circulation anomalies in boreal winter, 
which are weaker and shift more westward during La Niña 
than El Niño. They interpreted that both the asymmetry 
of anomalous heating and NWP sea surface temperature 
(SST) anomalies contribute to this asymmetric response. 
Zhang et al. (2014) further revealed that the asymmetric 
response of atmospheric circulation is related to the intra-
seasonal oscillation, leading to the asymmetry of rainfall 
anomalies over southern China during boreal winter.

Until now most studies focused on the East Asian winter 
monsoon (EAWM) in the mature phase of ENSO, and the 
asymmetric characteristics of East Asian summer monsoon 
(EASM) in the decaying phase of ENSO are still not clear. 

Thus, we attempt to address the following questions in pre-
sent study. First, is the summertime atmospheric response 
over the NWP between El Niño and La Niña asymmetric? 
Second, if so, what is the physical mechanism causing the 
asymmetry? The rest of the paper is organized as follows. 
Section 2 describes the data and analysis methods. The 
asymmetric characteristics, including the SST, precipita-
tion and circulation anomalies, are examined in Sect. 3. 
Section 4 evaluates the possible mechanism, which are fur-
ther explored by using the results of an atmospheric general 
circulation model (AGCM) and a Linear Baroclinic Model 
(LBM) in Sect. 5. Section 6 provides the summary.

2  Data and analysis methods

2.1  Data

The SST data used in present study is the Hadley Centre 
Sea ICE and Sea Surface Temperature (HadISST) data-
set (Rayner et al. 2003). It has a 1° × 1° horizontal reso-
lution and starts from January 1870 to the present. The 
monthly mean atmospheric variables used here are the 
National Centers for Environmental Prediction/National 
Center for Atmospheric Research (NCEP/NCAR) reanaly-
sis product (Kalnay et al. 1996), spanning the period from 
January 1948 to the present. This dataset is available in a 
2.5° × 2.5° horizontal resolution and extends from 1000 to 
10 hPa with 17 pressure levels in vertical. The precipita-
tion data from the monthly mean Global Precipitation Cli-
matology Project (GPCP; Adler et al. 2003), which has a 
2.5° × 2.5° horizontal resolution since January 1979, is 
also used. Due to the decadal shift in El Niño influences on 
Indo-Western Pacific and East Asian climate in the 1970s 
(Wang 1995; Wang et al. 2008; Huang et al. 2010; Xie et al. 
2010; Wu et al. 2012), the period of above data are selected 
from January 1979 to December 2012.

2.2  Analysis methods

The monthly mean climatology is first calculated for the 
study period, and interannual anomalies are then computed 
as the departure from the climatology. In this study, we 
focus on the interannual relationship, and the linear trend 
has been removed from all the data. Hereafter, any month 
in the El Niño onset and decay year is identified by suf-
fix (0) and (1), respectively. DJF represents the seasonal 
mean in December-January–February, MAM represents the 
seasonal mean in March–April–May, and JJA represents 
the seasonal mean in June–July–August. The intensity of 
NWP circulation anomalies is defined as the difference 
of 850 hPa zonal winds between a southern region (5°–
15°N, 90°–130°E) and a northern region (22.5°–32.5°N, 
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110°–140°E), following Wang and Fan (1999). The 
Niño3.4 index is defined as SST anomalies averaged over 
the central and eastern equatorial Pacific (CEP, 5°S–5°N, 
170°–120°W), and the Niño4 index is defined as SST 
anomalies averaged over the equatorial central Pacific (CP, 
5°S–5°N, 160°E–150°W). The domain of north Indian 
Ocean (NIO) is defined as 0°–20°N, 40°–100°E.

To diagnose the contribution of the factors (e.g., circu-
lation and moisture) to moisture transportation, moisture 
budget is analyzed in the present study. The moisture trans-
portation can be decomposed:

where the variable with bar means climatology state, and 
the variable with prime mean the departure from the clima-
tology state. q,V ,ω represent the specific humidity, hori-
zontal wind, and pressure velocity, respectively. The value 
in angle bracket means a mass integration from the surface 
to 300 hPa, that is:

According to Yanai et al. (1973), the atmospheric appar-
ent heat source Q1 is used to represent the total diabatic 
heating (including radiation, latent heating, and surface 
heat flux),

�−∇ · (qV)′� = �−(q∇ · V)′� + �−(V · ∇q)′�

= �−ω̄∂pq
′� + �−ω′∂pq̄� + �−ω′∂pq

′� + �−V̄ · ∇q′�

+ �−V ′ · ∇q̄ +−V ′ · ∇q′�

X = −
1

g

300 hPa∫
surface

Xdp

where Cp is the specific heat at constant pressure, T is 
the temperature, t is the time, ω is the vertical p velocity, 
σ = RT/CpP − ∂T/∂P is the static stability, R is the gas 
constant, P is the pressure, and �V  is the horizontal velocity 
vector.

Composite analysis is used, and the significance level 
is estimated based on the standard two-tailed Student’s t 
test. The normalized D(0)JF(1) Niño3.4 index, JJA(1) NIO 
SST index and Niño4 index shown in Fig. 1 are used to 
identify El Niño and La Niña events in this study. As men-
tioned before, the TIO warming persists into summer and 
unleash its influence when El Niño has dissipated (Yang 
et al. 2007, 2010; Wu et al. 2009a; Xie et al. 2009). Some-
times, El Niño decays rapidly into La Niña, and the CEP 
cooling could play a role in development and maintenance 
of the summertime NWPAC (Fan et al. 2013; Wang et al. 
2013; Xiang et al. 2013; Chen et al. 2015). Thus, an El 
Niño event is firstly defined as normalized D(0)JF(1) 
Niño3.4 index is above 0.5. Then normalized JJA(1) 
NIO SST index requires more than 0.5 to emphasize the 
“capacitor effect”. Furthermore, normalized JJA(1) Niño4 
index is below 0.5, indicating the decaying of CEP warm-
ing. El Niño tends to decay rapidly after the mature phase, 
whereas La Niña persists and re-emerges in the subsequent 
year (Kessler 2002; Larkin and Harrison 2002; McPhaden 
and Zhang 2009; Hu et al. 2013). Thus, a La Niña event is 
defined as normalized D(0)JF(1) Niño3.4 index is below 
−0.5, normalized JJA(1) NIO SST index and Niño4 index 

Q1 = Cp

∂T

∂t
− Cp

(

ωσ − �V · ∇T
)

,

Fig. 1  The evolution of the 
normalized Niño3.4 index 
(top) during D(0)JF(1), NIO 
SST anomalies (middle) during 
JJA(1) and Niño4 index (bot-
tom) during JJA(1) from 1979 
to 2011. NIO SST anomalies 
and Niño4 index are pushed 
forward for a year. According to 
the definitions in Table 1, a total 
of 4 El Niño events (red shaded 
1982, 1987, 1997, 2009), 7 La 
Niña events (blue shaded 1983, 
1984, 1988, 1998, 1999, 2007, 
2010) are identified
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are below −0.5. As a result, there are 4 El Niño events 
(1982, 1987, 1997 and 2009) and 7 La Niña events (1983, 
1984, 1988, 1998, 1999, 2007 and 2010), which are listed 
in Table 1. Note that using all El Niño and La Niña events 
according to the 0.5 criterion does not alter the major con-
clusions, but the composite maps show weak intensity and 
less significance (figures not shown). The selected El Niño 
and La Niña events are more proper to present the asym-
metric characteristics.

3  Observed asymmetric characteristics

3.1  SST pattern

Figure 2 shows the evolution of SST anomalies for El Niño 
and La Niña from D(0)JF(1) to JJA(1). For El Niño, there 
exists significant SST warming in the equatorial CEP and TIO 
during D(0)JF(1) (Fig. 2a). From MAM(1) to JJA(1), the SST 
anomalies over the equatorial CEP decay rapidly, but the TIO 

Table 1  The definitions of 
El Niño and La Niña, and the 
corresponding selected years for 
the period of 1979–2011

Types Definitions Years

El Niño Nor D(0)JF(1) Niño 3.4 > 0.5
Nor JJA(1) NIO > 0.5
Nor JJA(1) Niño 4 < 0.5

1982, 1987, 1997, 2009

La Niña Nor D(0)JF(1) Niño 3.4 < −0.5
Nor JJA(1) NIO < −0.5
Nor JJA(1) Niño 4 < −0.5

1983, 1984, 1988, 1998, 1999, 2007, 2010

(a) (d)

(b) (e)

(c) (f)

Fig. 2  Composite anomalies of SST (°C) during D(0)JF(1), MAM(1) and JJA(1) for El Niño (left panels a–c) and La Niña (right panels d–f). 
Dots indicate significant level reaches 90%
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warming sustains (Fig. 2b, c). Previous studies have revealed 
that El Niño is a major forcing for the TIO warming (Lau and 
Nath 1996; Klein et al. 1999; Xie et al. 2002; Wu et al. 2008; 
Du et al. 2009; Tao et al. 2014). Note that the negative SST 
anomalies tend to develop over the equatorial CEP during 
JJA(1) after the El Niño event, indicating the phase transition 
of ENSO. However, the La Niña-related SST anomalies are 
different from El Niño. The equatorial CEP cooling decays 
slowly and there are still significant SST anomalies during 
JJA(1) (Fig. 2d–f). Besides, the TIO SST anomalies do not 
show the basin-wide characteristic, and there is pronounced 
warming near the northwest coast of Australia. The similar 
Indo-Pacific pattern is also shown in CMIP5 models, which 
is caused by the westward bias in the simulation of ENSO’s 
SST pattern (Tao et al. 2015). Okumura and Deser (2010) 
found that the coastal warming is induced by the northwest-
erly wind anomalies, which is attributed to the asymmetry of 
atmospheric response to El Niño and La Niña.

3.2  Indo‑Pacific precipitation

Figure 3 shows the evolution of precipitation anomalies 
over the Indo-Pacific for El Niño and La Niña from D(0)

JF(1) to JJA(1). In D(0)JF(1), the large-scale suppressed 
rainfall anomalies are located over the Maritime Conti-
nent (MC) while enhanced rainfall anomalies are found 
over the equatorial CP for El Niño (Fig. 3a). Both the sup-
pressed and enhanced rainfall anomalies decay rapidly in 
MAM(1) (Fig. 3b). The wet anomalies over the CP dis-
sipate during JJA season, and the center of dry anomalies 
moves northeastward to the NWP (Fig. 3c). Note that the 
wet anomalies forced by TIO warming play a crucial role 
in the development of NWP dry anomalies through the 
Kelvin wave-induced Ekman divergence mechanism (Xie 
et al. 2009). For La Niña, the patterns of rainfall anomalies 
are almost opposite to El Niño during DJF and MAM sea-
son (Fig. 3a, b, d, e), but the centers shift more westward, 
which have been mentioned by Hoerling et al. (1997). In 
JJA(1), there exists considerable difference between El 
Niño and La Niña. The dry anomalies over the CP cor-
responding with equatorial CEP cooling persist through 
JJA, and there are no significant rainfall anomalies over 
the east Indian Ocean (Fig. 3f). Unlike the rainfall anoma-
lies over the NWP with large zonal coverage for El Niño, 
the La Niña-related wet anomalies show large meridional 
coverage with two rainfall centers over the MC and NWP. 

(a) (d)

(b) (e)

(c) (f)

Fig. 3  Composite anomalies of precipitation (mm) during D(0)JF(1), MAM(1) and JJA(1) for El Niño (left panels a–c) and La Niña (right pan-
els d–f). Dots indicate significant level reaches 90%
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The wet and dry anomalies over the MC and CP present a 
zonal dipole pattern. The Indo-Pacific rainfall anomalies in 
JJA(1) for El Niño and La Niña are induced by the differ-
ent SST patterns there, which is also emphasized by Lu and 
Lu (2014). Besides, as shown in Fig. 5 of Xie et al. (2009), 
the ENSO-related rainfall anomalies are mainly concen-
trated over the west Indian Ocean and there are no signifi-
cant rainfall anomalies over the east Indian Ocean. Here, 
the asymmetry of TIO rainfall responses to El Niño and La 
Niña may explain this phenomenon.

3.3  Anomalous NWP circulation

The evolution of NWP circulation anomalies for El Niño 
and La Niña from D(0)JF(1) to JJA(1) are shown in Fig. 4. 
Large wind anomalies are observed over the NWP, and the 
NWPAC or NWPC moves northward in JJA(1). The asym-
metry of NWP circulation anomalies in boreal winter and 
its influence on the EAWM have been investigated in previ-
ous studies (Wu et al. 2010b; Zhang et al. 2014). Thus, we 
pay more attention on the JJA season. For El Niño and La 
Niña, their corresponding lower level circulation anomalies 
are not symmetric (Fig. 4c, f). The center of NWPC for La 

Niña is closer to the coast of East Asia, and its extent is 
smaller than El Niño (Fig. 4f). The intensity of NWP circu-
lation anomalies for each event is further checked in Fig. 5. 
All El Niño events correspond to the NWPAC (Fig. 5a), and 
most La Niña events correspond to the NWPC except for 
the 2007 event (Fig. 5d). Most La Niña-related NWPCs are 
weaker than El Niño-related NWPACs, even with anoma-
lous anticyclones after the 2007 event, which is due to that 
the location of circulation anomalies shifts more northwest-
ward. Note that the anomalous NWPCs are stronger for 
1983 and 1984 events, which will be discussed in the last 
section.

4  Possible mechanism

NWP circulation is sensitive to the tropical ocean status, 
and there are two views to understand the dynamic pro-
cess. On one hand, tropical SST anomalies would lead to 
the adjustment of large-scale tropical circulation, includ-
ing Walker and Hadley circulation, which in turn induces 
anomalous NWP circulation (Wu et al. 2009a, b; Chung 
et al. 2011; Chen and Zhou 2014). On the other hand, the 

(a) (d)

(b) (e)

(c) (f)

Fig. 4  Composite anomalies of 850 hPa wind velocity (m s−1) during 
D(0)JF(1), MAM(1) and JJA(1) for El Niño (left panels a–c) and La 
Niña (right panels d–f). Blue vectors indicate significant level reaches 

90%. ‘AC’ and ‘C’ represent the centers of anomalous NWPAC and 
NWPC, respectively



2013Asymmetry in summertime atmospheric circulation anomalies over the northwest Pacific during…

1 3

lower level NWP circulation is sensitive to anomalous heat-
ing in atmosphere following Gill-response mechanism (Gill 
1980; Wang et al. 2000; Xie et al. 2009; Fan et al. 2013; 
Karori et al. 2013; Chen et al. 2015). Thus, according to 
the asymmetric characteristics in the previous section, the 
possible mechanisms are analyzed in this section in order 
to investigate how these two aspects work together during 
JJA(1) in El Niño and La Niña. Besides, to better under-
stand the dynamical processes in the rainfall response, 
moisture budget analysis is also performed.

4.1  Kelvin wave‑induced divergence for El Niño

During JJA season, the SST anomalies over the NWP have 
almost dissipated (Fig. 2c, f). So local air-sea interaction 
has little effect on the rainfall anomalies there, which seem 

to be mainly forced by the remote oceans. Figure 6 shows 
the 1000–200 hPa mean tropospheric temperature (TT) and 
200 hPa wind anomalies during JJA(1) for El Niño and La 
Niña. Due to the wet anomalies related to TIO warming 
(Fig. 3c), the TT anomalies over the TIO display the Mat-
suno-Gill (Matsuno 1966; Gill 1980) pattern with the warm 
Kelvin wave eastward to the equatorial WP for El Niño. 
Upper level southwesterly wind anomalies dominate the MC 
region (Fig. 6a), and lower level northeasterly wind anoma-
lies are induced at the north flank of the Kelvin wave owing 
to the Ekman divergence (Fig. 4c). Then the resultant diver-
gence over the NWP further trigger the suppressed convec-
tion there, inducing the anomalous anticyclone as the Rossby 
wave response (Xie et al. 2009). Correspondingly, there are 
lower (upper) level convergence (divergence) over the TIO 
and divergence (convergence) over the NWP (Fig. 7a, c).

(a) (d)

(b) (e)

(c) (f)

Fig. 5  The intensity of NWP circulation anomalies, NIO and equa-
torial CP SST anomalies for El Niño (left panels a–c) and La Niña 
(right panels d–f). The abscissa represents the contained events 

(numbers) and their corresponding composite mean (“M”) in each 
type. The ordinate represents the intensity of anomalies
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To verify the relative contribution of circulation and 
moisture to the rainfall response over the NWP, moisture 
budget analysis is performed. The detailed information of 
the moisture budget equation is introduced in Sect. 2.2. 
Figure 8a–c presents the composite anomalies of column-
integrated moisture flux divergence �−∇ · (qV)′�, and its 
decomposed circulation �−(q∇ · V)′� and moisture terms 
�−(V · ∇q)′� during JJA(1) for El Niño. The pattern of 
�−∇ · (qV)′� resembles the pattern of rainfall, showing the 
moisture flux divergence over the NWP, and at its south and 
north sides existing moisture flux convergence (Fig. 8a). 

In addition, �−(q∇ · V)′� plays a more dominant role than 
�−(V · ∇q)′� in �−∇ · (qV)′� (Fig. 8b, c). The moisture flux 
divergence over the NWP is further decomposed into six 
terms, which are shown in Figs. 9 and 10. The moisture 
flux divergence anomalies over the NWP are mainly attrib-
uted to the mean vertical gradient of humidity transported 
by anomalous vertical motion (−ω′∂pq̄), emphasizing the 
influence of Kelvin wave-induced divergence (Fig. 6a). The 
contribution of rest terms is rather small. 

With the disappearance of tropical Pacific SST anoma-
lies, the Indian Ocean gradually plays a more important 

(a) (b)

Fig. 6  Composite anomalies of 1000–200 hPa mean tropospheric 
temperature (shaded °C) and 200 hPa wind velocity (vector m s−1) 
during JJA(1) for a El Niño and b La Niña. Green dots and black vec-

tors indicate significant level of tropospheric temperature and wind 
velocity reaches 90%, respectively

(a) (c)

(b) (d)

Fig. 7  Composite anomalies of 1000 hPa (contour 
CI = 2× 10

5 m2 s−1), 200 hPa potential velocity (contour 
CI = 4× 10

5 m2 s−1) and relevant divergent wind component (vec-
tor m s−1) during JJA(1) for El Niño (top panels a, c) and La Niña 

(bottom panels b, d). Green dots and black vectors indicate signifi-
cant level of potential velocity and divergent wind component reaches 
90%, respectively. Thick black lines indicate zero contour
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role (Yang et al. 2007, 2010; Wu et al. 2009a, 2010a; Xie 
et al. 2009). As a result, the tropical atmospheric waves 
and large-scale circulation anomalies could couple together 
and contribute to the development of NWPAC. Note that 
the equatorial CEP cooling during JJA(1) after the El 
Niño event also seems to contribute to the maintenance of 
NWPAC in some extent (Fan et al. 2013; Wang et al. 2013; 

Xiang et al. 2013; Chen et al. 2015), which will be further 
examined by using AGCM.

4.2  Rossby wave‑induced convergence for La Niña

The La Niña related TT anomalies exists throughout the 
global tropical strip, and are weaker over the TIO than 

(a) (d)

(b) (e)

(c) (f)

Fig. 8  Composite anomalies of column-integrated moisture 
flux divergence 

(〈

−∇ · (qV)′
〉)

, and its decomposed circulation 
(〈

−(q∇ · V)′
〉)

 and moisture terms 
(〈

−(V · ∇q)′
〉)

 during JJA(1) for 

El Niño (left panels a–c) and La Niña (right panels d–f). Dots indi-
cate significant level reaches 90%

(a) (b)

Fig. 9  The regional mean moisture budget terms over the a NWP for El Niño and b MC&NWP for La Niña. No. 1–7 represent 
〈

−∇ · (qV)′
〉

, 
〈

−ω̄∂pq
′
〉

, 
〈

−ω′∂pq̄
〉

,
〈

−ω′∂pq
′
〉

, 
〈

−V̄ · ∇q′
〉

, 
〈

−V ′ · ∇q̄
〉

 and 
〈

−V ′ · ∇q′
〉

, respectively
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CP (Fig. 6b). There are westward cold Rossby wave with 
significant westerly wind anomalies over the equato-
rial WP, indicating the response to equatorial CP negative 
rainfall anomalies (Fig. 3f). The lower level response of 
cold Rossby wave is the WP anticyclonic wind anomalies 
(Fig. 4f), which further cause the lower (upper) level con-
vergence (divergence) over the MC and NWP (Fig. 7b, d). 
Then the resultant convergence leads to the enhanced con-
vection there, inducing an anomalous cyclone as a Rossby 
wave response.

Figure 8d–f presents the composite anomalies of 
〈

−∇ · (qV)′
〉

, 
〈

−(q∇ · V)′
〉

 and 
〈

−(V · ∇q)′
〉

 during 
JJA(1) for La Niña. For 

〈

−∇ · (qV)′
〉

, there are moisture 
flux divergence over the CP and moisture flux convergence 
over the MC and NWP (Fig. 8d), of which 

〈

−(q∇ · V)′
〉

 
account for a larger percentage than 

〈

−(V · ∇q)′
〉

 (Fig. 8e, 
f). Furthermore, 

〈

−ω′∂pq̄
〉

 is dominant in 
〈

−∇ · (qV)′
〉

 
over the MC&NWP, indicating the crucial effect of Rossby 
wave-induced convergence (Fig. 9b).

Besides, the equatorial easterly wind anomalies trigger 
the upwelling oceanic Kelvin wave and maintain the CEP 
cooling as the Bjerknes feedback (Okumura and Deser 
2010; Okumura et al. 2011; Hu et al. 2013). Note that, the 
NWPC is mainly forced by equatorial CEP cooling, and 
the signal over the TIO is relatively weak (Figs. 6b, 7b, d). 
Unlike El Niño for which the TIO and equatorial CEP SST 
anomalies cooperate together to maintain the anomalous 
NWP circulation, the equatorial CEP cooling plays a more 
dominant role for La Niña. The mechanism for the mainte-
nance of anomalous NWP circulation during ENSO decay-
ing summer will be fully discussed by AGCM and LBM in 
the next section.

5  Model results

5.1  Solutions to the AGCM

The AGCM used is ECHAM6, the newest generation 
of AGCM developed by the Max Planck Institute for 

Meteorology (Stevens et al. 2013). It is also the atmos-
pheric component of the Earth System Model developed 
by the Max Planck Institute for Meteorology in Hamburg 
(MPI-ESM). In this study, a version with triangular trun-
cation at zonal wavenumber 63 (T63; equivalent to 1.9° 
horizontal resolution) and 47 vertical levels extending to 
0.01 hPa is used. A detailed description of ECHAM6 is 
given in Giorgetta et al. (2013).

Five simulations using ECHAM6 model are conducted 
with different boundary conditions. In CTRL, the model is 
forced by the observed monthly climatology of SST and sea 
ice. For El Niño, a series of simulations are conducted to 
separate impacts of TIO warming and equatorial CEP cool-
ing on NWPAC (i.e. IOW, CEPCEL and IOW&CEPCEL). 
For La Niña, additional composite negative SST anomalies 
are added over the CEP to identify the crucial influence of 
CEP cooling on NWPC (i.e. CEPCLA). The detailed infor-
mation of simulations are referred to Table 2 and Fig. 10. 
In all experiments, the SST anomalies are kept constant in 
time and the model is integrated for 20 years. Thus, each 
simulation is equivalent to 20-member ensemble runs. 
Ensemble-mean results for JJA calculated as the departure 
from CTRL are analyzed.

5.1.1  AGCM results for El Niño

The simulated rainfall and 850 hPa wind anomalies for 
IOW, CEPCEL and IOW&CEPCEL are presented in 
Figs. 11a–c and 12a–c, respectively. The observed charac-
teristics are well reproduced in IOW&CEPCEL, although 
the simulations exist west shift (Figs. 11c, 12c). Also note 
that the CP dry anomalies is stronger than observation, and 
the wet anomalies on the north side of NWP dry anoma-
lies are missing. Besides, the model results indicate that 
the NWPAC is maintained by a combined effect of the TIO 
warming and equatorial CEP cooling. Chen et al. (2015) 
have conducted the similar simulations by using CAM4, 
and found that the TIO warming is the main contribution 
in MAM(1) via Kelvin wave-induced divergence. How-
ever, the impact of the equatorial CEP cooling increases in 

Fig. 10  Representation of the 
regions employed to force the 
simulations. Red box repre-
sents the region employed to 
force IOW, blue box represents 
the region employed to force 
CEPCEL, and blue dashed box 
represents the region employed 
to force CEPCLA in Table 2
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JJA(1). Here, the present study is consistent with their con-
clusions. Compared with TIO warming, the equatorial CEP 
cooling has a stronger impact on NWPAC during JJA(1), as 
shown in IOW and CEPCEL (Figs. 11a, b, 12a, b).

5.1.2  AGCM results for La Niña

Figures 11d and 12d show the difference of simulated 
rainfall and 850 hPa wind anomalies between CEPCLA 
and CTRL during JJA(1), respectively. Model results gen-
erally reproduce the observed characteristics. The SST 
anomalies over the CEP trigger the dry anomalies over 
the CP and wet anomalies with two centers over the MC 
and NWP (Fig. 11d), inducing the lower level anticyclonic 
and cyclonic wind anomalies over the CP and NWP as the 
Rossby wave response, respectively (Fig. 12d). Note that 
there exist some discrepancies in simulations, as the CP dry 

anomalies is stronger, and the centers of MC&NWP wet 
anomalies and NWPC shift more eastward than observa-
tions. The unrealistic wet anomalies with anticyclonic wind 
anomalies are located over the west Indian Ocean, and 
stronger dry anomalies exist over the South China Sea than 
observation. Besides, previous studies have done detailed 
research on the mechanism for the maintenance of NWPAC 
during El Niño decaying summer (Yang et al. 2007, 2010; 
Wu et al. 2009a, 2010a; Xie et al. 2009). For these reasons, 
in next subsection, solutions to the LBM are considered to 
further examine the specific dynamic processes involved in 
how equatorial CEP cooling affects the NWPC.

5.2  Solutions to the LBM

The LBM described in Watanabe and Jin (2002) is used. 
The model is built upon atmospheric primitive equations 

Table 2  List of simulations: control run (CTRL), Indian Ocean warming run (IOW), CEP cooling run for El Niño (CEPCEL), IOW&CEPCEL 
run, and CEP cooling run for La Niña (CEPCLA)

Simulation SST forcing field Integration

CTRL Global climatological SST 20

IOW Added composite positive SST anomalies for El Niño to climatological SST over 10°S–25°N, 40–100°E (red box 
in Fig. 10) from June to August

20

CEPCEL Added composite negative SST anomalies for El Niño to climatological SST over 10°S–10°N, 150°E–100°W 
(blue box in Fig. 10) from June to August

20

IOW&CEPCEL IOW + CEPCEL 20

CEPCLA Added composite negative SST anomalies for La Niña to climatological SST over 30°S–30°N, 140°E–90°W 
(blue dashed box in Fig. 10) from March to August

20

(a) (c)

(b) (d)

Fig. 11  The simulated precipitation (mm) anomalies during JJA(1): a IOW minus CTRL, b CEPCEL minus CTRL, c IOW&CEPCEL minus 
CTRL. Dots indicate significant level reaches 90%
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and has been widely used as a diagnostic tool for exam-
ining the steady linear response to idealized forcing (e.g., 
Annamalai et al. 2005; Xie et al. 2009; Zheng et al. 2010; 
Tao et al. 2014; Qu et al. 2015). Its horizontal resolution is 
T21, and it has 20 sigma levels in the vertical. The model 
employs horizontal and vertical diffusion, Rayleigh fric-
tion, and Newtonian damping. The latter two terms have 
a time scale of (1 day)−1 for σ ≥ 0.9 and σ ≤ 0.03, while 
(30 day)−1 for 0.03 < σ < 0.9. In this study, the dry ver-
sion of the LBM is used to investigate the contribution of 
precipitation change to the circulation response. The hori-
zontal shape of the heating is elliptical and the heating 
anomaly is imposed on summer (JJA) mean state from the 
NCEP–NCAR reanalysis. The vertical heating profile fol-
lows the gamma distribution, and the maximum heating 
is at σ = 0.45. The model is integrated for 50 days. The 
response reaches the equilibrium after 15 days, so the last 
30 days are analyzed.

Figure 13a presents the vertical profile of diaba-
tic heating anomalies averaged over the equatorial CP 
(10°S–10°N, 150°E–160°W), MC (5°S–5°N, 120°–130°E) 
and NWP (15°–25°N, 120°–160°E). According to Yanai 
et al. (1973), the atmospheric apparent heat source Q1 
is calculated to represent the total diabatic heating. The 
observed largest diabatic heating in the three regions are 
all located in 400–500 hPa (Fig. 13a), thus it is reasonable 
to put the maximum heating at σ = 0.45 in the LBM. The 
heating rate is 1.6 K/day for the CP and NWP regions, and 
about 3 K day−1 for the MC region. Figure 10b–d shows 
the horizontal distribution of diabatic heating anomalies 
used to force the LBM, and the response of circulation 
anomalies to these heating. The negative diabatic heating in 

Fig. 13b indicates the negative rainfall anomalies over the 
equatorial CP (center at 0° and 175°E), with the zonal and 
meridional extent of 25° and 10°, respectively. To represent 
positive rainfall anomalies over the MC and NWP, ideal-
ized positive diabatic heating anomalies are imposed there 
(center at 0° and 130°E, 20° and 140°E), with the zonal 
extent of 10° and 20°, and the meridional extent of 10° and 
5°, respectively (Fig. 13c).

As shown in Fig. 13b, the negative heating anomalies 
are imposed over the equatorial CP to simulate the dry 
anomalies induced by sea surface cooling. The equatorial 
CEP cooling-related negative rainfall anomalies over the 
CP trigger a pair of lower level off-equatorial anticyclones 
as the response of cold Rossby wave. On one hand, the 
easterly wind anomalies over the equatorial WP as a part 
of anomalous Walker circulation induce the wet anomalies 
over the MC (Fig. 3f). On the other hand, the southwesterly 
wind anomalies cause the moisture fluxes convergence over 
the NWP firstly, where the circulation term plays a more 
dominant role than moisture term (Figs. 8e, 9b). Then the 
moisture fluxes convergence leads to the wet anomalies 
over the NWP (Fig. 3f). As a result, the positive rainfall 
anomalies both over the MC and NWP are induced by the 
equatorial CEP cooling.

The response of circulation anomalies to MC&NWP 
heating is further examined in Fig. 13c. There are the 
cyclonic wind anomalies over the NWP and easterly wind 
anomalies over the equatorial WP. The wet anomalies over 
the MC and NWP cause the lower level NWPC and east-
erly wind anomalies as the response of warm Rossby and 
Kelvin wave, respectively. The equatorial easterly winds 
further induce the upwelling oceanic Kelvin wave, which 

(a) (c)

(b) (d)

Fig. 12  The simulated 850 hPa wind velocity (m s−1) anomalies during JJA(1): a IOW minus CTRL, b CEPCEL minus CTRL, c 
IOW&CEPCEL minus CTRL. Blue vectors indicate significant level reaches 90%
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maintains the equatorial CEP cooling as the Bjerknes feed-
back, and even leads to the development of another La 
Niña. Several studies have reported the importance of zonal 
wind anomalies over the equatorial WP induced by the TIO 
SST anomalies in the phase transition of ENSO (Wu and 
Kirtman 2004; Annamalai et al. 2005; Kug et al. 2005; Kug 
and Kang 2006; Ohba and Ueda 2007). In present study, 
the equatorial easterly wind anomalies are important to the 
persistence of equatorial CEP cooling (Okumura and Deser 
2010; Okumura et al. 2011; Hu et al. 2013).

As shown in Fig. 13d, both positive and negative heating 
anomalies are imposed to investigate how the dry anoma-
lies induced by sea surface cooling regulate the develop-
ment of NWPC. There are anticyclonic and cyclonic wind 
anomalies over the WP and NWP, respectively. Compared 
to Fig. 13c, the NWPC shifts more northwestward, and 
its intensity weakens. The equatorial CEP cooling-related 
negative rainfall anomalies over the CP induce the anti-
cyclonic wind anomalies as the response of cold Rossby 
wave, which regulate the location and intensity of NWPC. 

Moreover, the equatorial easterly wind anomalies are 
strengthened, indicating the self-sustaining mechanism of 
equatorial CEP cooling.

6  Summary and discussion

Based on the results of statistical analysis and numerical 
experiments, the present study has revealed the asymmet-
ric characteristics of summertime atmospheric circulation 
anomalies over the Indo-Pacific for El Niño and La Niña as 
well as the possible mechanism. During the summer when 
El Niño has dissipated, there are positive and negative 
SST anomalies over the TIO and equatorial CEP, respec-
tively. Both observations and model results indicate that 
the NWPAC is maintained by a combined effect of the TIO 
warming and equatorial CEP cooling. The TIO warming 
triggers the Matsuno-Gill (Matsuno 1966; Gill 1980) pat-
tern with the warm tropospheric Kelvin wave eastward to 
the equatorial WP, which contributes to the development of 

(a) (b)

(c)

(d)

Fig. 13  a Vertical profile of diabatic heating anomalies averaged 
over the equatorial CP (10°S–10°N, 150°E–160°W), MC (5°S–5°N, 
120°–130°E) and NWP (15°–25°N, 120°–160°E) in observation. 
Vertical column-integrated diabatic heating anomalies imposed for 
b CP cooling (blue dashed contour and shaded CI = 0.2 K day−1), 

c MC&NWP heating (red contour and shaded CI = 0.2 K day−1), 
d MC&NWP heating and CP cooling, and the response of 850 hPa 
wind velocity (vector m s−1) and stream function (contour m2 s−1) to 
the heating anomalies
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NWPAC via the “capacitor effect” (Yang et al. 2007, 2010; 
Wu et al. 2009a; Xie et al. 2009). The impact of CEP cool-
ing is by stimulating a Rossby wave response to its north-
west (Fan et al. 2013; Wang et al. 2013; Xiang et al. 2013; 
Chen et al. 2015). Correspondingly, there are lower (upper) 
level convergence (divergence) over the TIO and diver-
gence (convergence) over the NWP. As a result, the tropical 
atmospheric waves and large-scale circulation anomalies 
could couple together and contribute to the development of 
NWPAC. The whole processes for El Niño are illustrated 
by the schematic diagram in Fig. 14a.

The characteristics of SST, precipitation, circulation 
anomalies and tropical atmospheric waves for La Niña are 
different from El Niño. There still exists significant sea sur-
face cooling over the equatorial CEP during the summer 
following La Niña event, forcing the zonal dipole rainfall 
anomalies. There are positive rainfall anomalies from the 
MC to NWP and negative rainfall anomalies over the equato-
rial CP. As the NWPAC for El Niño, an anomalous cyclone is 
located over the NWP, but its position shifts more northwest-
ward. Besides, at the south flank of NWPC, there are anticy-
clonic wind anomalies over the WP. The response of tropical 
atmospheric waves and large-scale circulation indicates that 
the equatorial CEP cooling seems to play a more important 
role than TIO cooling in the maintenance of NWPC. To 
identify the crucial influence of CEP cooling, CEPCLA is 
designed with the composite SST anomalies added to clima-
tological SST over the CEP to force an AGCM. The results 
of model generally reproduce the observed features.

Furthermore, the LBM is further used to reveal the 
detailed dynamic processes that equatorial CEP cool-
ing influences the NWPC. The whole processes shown in 
Fig. 14b can be divided into two parts: First, the equatorial 
CEP cooling-related negative rainfall anomalies over the 
CP trigger anticyclonic wind anomalies over the WP as the 
response of cold Rossby wave. On one hand, the easterly 
wind anomalies over the equatorial WP as a part of anoma-
lous Walker circulation induce the wet anomalies over the 
MC. On the other hand, the southwesterly wind anomalies 
cause the moisture fluxes convergence over the NWP, lead-
ing to the wet anomalies over the NWP. Thus, the positive 
rainfall anomalies over the MC and NWP are induced by 
the equatorial CEP cooling-related large-scale circula-
tion anomalies. The lower level NWPC is triggered by the 
positive rainfall anomalies there as the response of warm 
Rossby wave, and the anticyclonic wind anomalies would 
regulate its location and intensity. Second, the MC&NWP 
positive rainfall anomalies further enhance equatorial east-
erly wind anomalies as the response of warm Kelvin wave. 
Thus, the equatorial CEP cooling-related zonal dipole rain-
fall anomalies are coupled with the equatorial easterly wind 
anomalies, which further trigger the upwelling oceanic 
Kelvin wave and maintain sea surface cooling as the Bjerk-
nes feedback.

The anomalous NWP circulation for 1983 and 1984 La 
Niña events seem to have considerable strength compared 
with El Niño events (Fig. 5). Their relevant circulation pat-
terns are checked, which are different from composite map 

Fig. 14  Schematic diagrams 
illustrate the main mechanisms 
involved in El Niño and La 
Niña. Red and blue shadings 
over the TIO and CEP represent 
SST anomalies. Black arrows 
represent the upper level 
convergence and divergence. 
Purple arrow represents lower 
level easterly wind anomalies 
forced by TIO warming for El 
Niño and equatorial CEP cool-
ing for La Niña, respectively. 
The upward and downward 
blue arrows, purple arrow, and 
dashed blue arrow represent 
the large-scale circulation 
anomalies. Yellow and green 
shadings represent the negative 
and positive rainfall anoma-
lies, respectively. ‘AC’ in blue 
circle represents the NWPAC. 
‘C’ in red circle represents the 
NWPC. ‘AC’ with anticyclonic 
dark blue arrow represents the 
anticyclonic wind anomalies 
over the WP
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of El Niño (figures not shown). The NWPCs in 1983 and 
1984 are slightly north than El Niño, and the anticyclonic 
wind anomalies over the WP cause moisture flux conver-
gence over the MC&NWP and then the rainfall anomalies. 
The circulation discrepancy in these two events can be 
attributed to the SST pattern (figures not shown). For 1983 
event, the warming persists over the NWP, and there still 
exists a positive feedback between local SST anomalies 
and NWPC. For 1984 event, the TIO cooling forces dry 
anomalies there, which seem to contribute the development 
of NWPC. Though the issues affecting the NWP circula-
tion differs in 1983 and 1984 events, the key mechanism of 
the CEP cooling affecting the maintenance of NWPC still 
works.

The impacts of equatorial CEP cooling in El Niño and 
La Niña on the NWP circulation anomalies are different. 
For El Niño, the effect of equatorial CEP cooling is directly 
by stimulating a Rossby wave response to its northwest. For 
La Niña, however, the equatorial CEP cooling plays a dom-
inant influence on the NWPC through the Rossby wave-
induced convergence mechanism. The different impacts 
of the equatorial CEP cooling in El Niño and La Niña are 
due to their different distribution and duration. The El Niño 
related cooling show the significant SST anomalies over 
the equatorial CEP, which arise in JJA(1) (Fig. 2c). While 
the cooling in La Niña lasted from D(0)JF(1) to JJA(1) has 
a larger area and the maximum center is over the equatorial 
CP (Fig. 2f). Model results further demonstrate the differ-
ent response of equatorial CEP cooling in El Niño and La 
Niña, as shown in Figs. 11b, d, 12b, d.

This study mainly focuses on the circulation anomalies 
over the NWP. However, precipitation is a good indicator 
describing the influence of the NWP circulation anomalies 
on EASM system. As shown in Fig. 3, anomalous NWP cir-
culation-related summer rainfall patterns over East Asia in 
El Niño and La Niña are different. There are positive rainfall 
anomalies from the reaches of the Yangtze River to south-
ern Japan for El Niño, indicating enhanced Meiyu/Baiu/
Changma rainfall. The rainfall anomalies for La Niña do not 
show the rainband characteristic, and there are positive rain-
fall anomalies concentrated from 118° to 130°E, which are 
owing to that the center of anomalous NWP circulation is 
closer to the coast of East Asia than that of El Niño.

Besides, El Niño can be divided into several types, the 
central-Pacific and eastern-Pacific types (Ashok et al. 
2007; Kao and Yu 2009; Kug et al. 2009), or according to 
its decay pace (Chowdary et al. 2016a, b), and the atmos-
pheric response to different types of El Niño is also differ-
ent. However, in the present study, we intend to reveal and 
contrast the different characteristics between El Niño and 
La Niña. The different types of El Niño are not considered 
for now, and this topic will be kept in our mind and further 
investigated in the future.
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ABSTRACT

Year-to-year variations in summer precipitation have great socioeconomic impacts on China. Historical

rainfall variability over China is investigated using a newly released high-resolution dataset. The results reveal

summer-mean rainfall anomalies associated with ENSO that are anchored by mountains in central China east

of the Tibetan Plateau. These orographically anchored hot spots of ENSO influence are poorly represented in

coarse-resolution datasets so far in use. In post–El Niño summers, an anomalous anticyclone forms over the

tropical northwest Pacific, and the anomalous southwesterlies on the northwest flank cause rainfall to increase

in mountainous central China through orographic lift. At upper levels, the winds induce additional adiabatic

updraft by increasing the eastward advection of warm air from Tibet. In post–El Niño summers, large-scale

moisture convergence induces rainfall anomalies elsewhere over flat eastern China, which move northward

from June to August and amount to little in the seasonal mean.

1. Introduction

Summer is the rainy season in China brought about by

the East Asian summer monsoon (Tao and Chen 1987).

Devastating floods and droughts that have occurred

frequently during summer in China have motivated a

search for useful predictors. While ENSO is widely used

as an important predictor (Fu and Ye 1988; Huang and

Wu 1989; Wang et al. 2000; Wu et al. 2009; Li et al. 2016;

Zhang et al. 2016), the correlation of summer rainfall

with ENSO is weak over China (Shen and Lau 1995; Xie

et al. 2009), and the pattern is not well defined and varies

among interdecadal epochs (Chang et al. 2000; Wang

2002; Wu and Wang 2002) and across different studies

(Huang and Wu 1989; Shen and Lau 1995). Unlike rain-

fall, the summer atmospheric circulation in East Asia

shows a robust relationship with ENSO (Zhang et al.

1996; Wang et al. 2000). A low-level anomalous anticy-

clone over the tropical northwest Pacific often develops

in El Niño winter and persists into the following summer

(Wang et al. 2000; Yang et al. 2007; Xie et al. 2009). The

anomalous anticyclone strengthens the northward vapor

transport from the tropics to China, and is considered to

be an important source of predictability for Chinese

summer rainfall (Wang et al. 2013; Ma et al. 2017). Sea-

sonal prediction of China rainfall is, however, of limitedCorresponding author: Gang Huang, hg@mail.iap.ac.cn
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skill at best (Yim et al. 2016) because of such compli-

cating factors as atmospheric internal variability (Kosaka

et al. 2012), diversity in ENSO evolution (Zhang et al.

2016), and intraseasonal variability (Ye and Lu 2011).

Although the pattern of China summer rainfall

anomalies associated with ENSO is not well defined, the

enhanced northward vapor transport from tropical

oceans to China in the post–El Niño summer is widely

recognized and robust (Wang et al. 2000; Xie et al. 2009).

In central China, there are several east–west-oriented

mountain ranges, including the Wushans, the Bashans,

the Qinlings, and the Loess Plateau, which extend from

the eastern foothills of the Tibetan Plateau to about

1138E, and rise above 2000 m above sea level. When the

northward flows meet these mountain ranges, oro-

graphic lift may cause rainfall. The orographic effect on

summer rainfall prediction has not been explored in the

literature, possibly because rainfall datasets widely used

in previous studies (Fig. 1a) are too coarse to resolve the

mountains. Recently, the China Meteorological Data

Service Center (http://data.cma.cn/en) released a high-

resolution rainfall dataset (Fig. 1b), which enables us to

investigate the role of orography in ENSO impact on

rainfall.

FIG. 1. The distribution of stations (orange dots) in (a) a coarse-resolution observed dataset

with 160 stations in wide use until now and (b) a new high-resolution rainfall dataset used in

this study, superimposed on elevation (gray shading; m). Blue lines mark the Yellow and

Yangtze Rivers.
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2. Data

The newly released high-resolution precipitation

dataset contains 2400 observations in China (Fig. 1b).

The time resolution is daily and the earliest record goes

back to 1 January 1951. The number of stations increases

gradually from 165 in 1951 to 2298 in 1979. After 1979,

the spatial resolution is high enough to capture the oro-

graphic effect on rainfall. After excluding the stations

with more than five missing-value days in a month, we

retain 2163 stations. The monthly mean winds, air tem-

perature, and vertical integral of moisture fluxes are de-

rived from the latest global atmospheric reanalysis

produced by the European Centre for Medium-Range

Weather Forecasts, which has a horizontal resolution of

0.758 3 0.758 and 37 vertical levels from 1000 hPa to 1 hPa

(ERA-Interim; Dee et al. 2011). We use the global grid-

ded monthly sea surface temperature dataset of the Met

Office Hadley Centre (Rayner et al. 2003), which has

a resolution of 18 3 18 and is available from 1870 for-

ward. We use November–January (NDJ) mean Niño-3

(58S–58N, 908–1508W) sea surface temperature (SST) index

to denote the annual variations of ENSO, and similar

results are obtained when the NDJ Niño-3.4 index is

used (results are not shown).

3. Orographic effect in post-ENSO summers

Figure 2a shows the stations with significant corre-

lation between June–August (JJA) mean rainfall and

the November–January mean from the preceding year

[NDJ(0)] Niño-3 SST index during 1979–2014. Among

2163 stations, 183 display significant positive correla-

tion (above the 95% confidence level) but only 28

stations show significant negative correlation (above

FIG. 2. Relationship between China summer-mean rainfall and ENSO. (a) The correlations (dots and circles) of

JJA [following summer from NDJ(0)] mean rainfall and the regressions (vectors; shown only exceeding the 95%

confidence level) of vertically integrated (from the surface to 200 hPa) moisture flux with NDJ(0) Niño-3 SST index

during 1979–2014. (b) Geographic names of regions. (c) The normalized JJA rainfalls (blue line) averaged in the red

polygon in (a) and the NDJ(0) Niño-3 SST index (red line). The gray shading in (a) and (b) denotes the topography

(m). The magenta and orange dots (circles) represent positive (negative) correlations exceeding the 95% and the

99% confidence levels, respectively.
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the 95% confidence level), indicating that China is

prone to floods in post–El Niño summers. Statistical

significance here is evaluated with the two-sided Stu-

dent’s t test. Most stations with significant positive

correlation, some above the 99% confidence level, are

distributed along the east–west-oriented mountain

ranges east of Tibet and on the south face of the Loess

Plateau, in conjunction with prominent southwesterly

vapor flux anomalies (Fig. 2a). Here the vapor flux

anomalies are the regressions of JJA mean vapor

fluxes on the normalized Niño-3 SST index during

1979–2014. Specifically, in the mountainous area of

central China (the red polygon in Fig. 2a), 103 out of

210 stations show positive correlations above the 95%

confidence level. The correlation between the JJA

rainfalls averaged in the red polygon in Fig. 2a and

NDJ(0) Niño-3 SST index amounts to 0.57 (above the

99% confidence level) during 1979–2014. Here, PJJA is

calculated by averaging JJA rainfall (on a 0.258 3 0.258
grid using bilinear interpolation of station data) in the

red polygon in Fig. 2a (28.58–36.58N, 1078–1128E and

318–33.58N, 1028–1078E). Most post–El Niño years

(1983, 1987, 1988, 1998, 2003, 2007, and 2010) coincide

with above-normal summer rainfall in the red polygon

in Fig. 2a, while most post–La Niña years (1985, 1997,

2001, 2006, 2008, 2009, and 2010) feature below-

normal rainfall (Fig. 2c). Thus, JJA rainfall in the

mountainous area of central China is closely related to

ENSO events in the preceding winter. The relation-

ship is consistent with local forecasters’ experience

(Zhao et al. 2013) that rainfall at some stations in

mountainous center China tends to be above normal in

post–El Niño summers, but the underlying mechanism

is unclear.

This relationship with ENSO is important for more

than 100 million people living in this mountainous area.

Abnormal rainfall on steep mountain slopes can cause

landslides and floods. Two of the largest rivers in China,

the Yellow and the Yangtze, flow through the region.

The world’s largest dam, the Three Gorges, is there too

(Fig. 2b), and excessive rainfall could put the dam in

danger. Great floods (Liu 2015) happened in summers of

1981, 1983, 1988, 1998, 2000, 2002, 2007, 2010, and 2012,

most preceded by El Niño events. The relationship with

El Niño can help predict rainfall in this area several

months in advance.

The pattern of rainfall anomalies in post–El Niño

summers is in broad agreement with the hypothesis of

orographic effect. They are locally enhanced along

the ridges of the Wushans, the Bashans, and Qinlings, as

the anomalous southwesterly winds impinge upon the

mountain ranges (Fig. 3a). On the south face of the

Loess Plateau (358N, 1108E), rainfall anomalies are

highly significant (dots in Fig. 3a), albeit moderate in

magnitude. The climatological distribution of JJA rain-

fall also shows local enhancements along the ridge of the

mountains facing the southwesterly winds (Fig. 3b), in

support of the orographic effect.

Over eastern China, the summer climatological rain-

band is not stationary but marches northward from June

to August (Tao and Chen 1987). Figure 4 shows the

evolution of the rainfall–ENSO correlation from June to

FIG. 3. Orographic effect on rainfall. (a) JJA anomalies of rainfall (shown only above 0.5 mm day21, with contour

intervals at 0.2 mm day21) and vertically integrated moisture fluxes (vectors; exceeding the 95% confidence level)

regressed onto normalized NDJ(0) Niño-3 SST index. (b) Climatological JJA rainfall (shown only above

7 mm day21, with contour intervals at 0.5 mm day21) and vertically integrated moisture fluxes (vectors) from 1979

to 2014. The dots and circles in (a) are as in Fig. 2a.
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August, together with the moisture flux anomalies

regressed upon the normalized NDJ(0) Niño-3 index.

Over relatively flat eastern China, rainfall increases

in a narrow zonal band in each month of a post–El

Niño summer. This band of increased rainfall (filled

cycles) is not stationary but advances northward from

288N in June to 368N in August. This mobile band of

high rainfall–ENSO correlation has been noted pre-

viously (Ye and Lu 2011), and here we show that it is

due to the large-scale moisture convergence on the

northern flank of the northwestern Pacific anomalous

anticyclone. The anomalous vapor fluxes associated

with ENSO are not fixed geographically within the

summer, with the northern flank marching northward

from 278N in June to 358N in July and 388N in August.

Associated with the northward advance of the con-

duit of the southwesterly anomalous vapor fluxes, the

large-scale convergence (Fig. 5) causes rainfall to

increase on the northern flank of the conduit, while

the divergence causes rainfall to decrease on the south-

ern flank.

In the seasonal mean, the mobile band of high

rainfall correlation in monthly maps averages out over

flat eastern China. This explains why the relationship

of seasonal-mean rainfall variability to ENSO is not

robust in the literature (Shen and Lau 1995; Ye and Lu

2011), which focuses almost exclusively on the sea-

sonal means. The stationary orographic effect domi-

nates the summer-mean rainfall variability associated

with ENSO. This orographic effect has been over-

looked in coarse-resolution datasets but is obvious in

our high-resolution analysis as stations of high correla-

tion are many and clustered around major orographic

features.

FIG. 4. The correlations (dots and circles) of monthly mean rainfall and the regressions of monthly mean ver-

tically integrated (from the surface to 200 hPa) moisture flux (vectors; shown only exceeding the 95% confidence

level) for (a) June, (b) July, (c) August, and JJA mean with NDJ(0) Niño-3 SST index during 1979–2014. The dots

and circles are same as Fig. 2a, but for monthly mean rainfall.
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4. Mechanisms for ENSO impact

The southwesterly vapor flux anomalies in July

and August are mainly caused by El Niño–induced

anomalous circulation at low and middle levels.

Figures 6a and 6b show the El Niño–induced July–

August (JA) mean circulation anomalies at 850 and

500 hPa regressed upon the normalized NDJ(0) Niño-3

SST index, respectively. At 850 hPa, a prominent

anomalous anticyclone extends from the tropical

northwest Pacific to the eastern flank of the Tibetan

Plateau (Fig. 6a). The strong southerly wind anoma-

lies along the eastern flank of the Tibetan Plateau bring

water vapor from the tropics into central China. At

500 hPa, the anomalous anticyclone extends farther west-

ward than at 850 hPa, with anomalous southwesterlies

over the Tibetan Plateau (Fig. 6b). In the upper tropo-

sphere, there are significant westerly wind anomalies

over the Tibetan Plateau (Fig. 6c). Both upper-level

westerly anomalies (Lau et al. 2005; Qu and Huang

2012) and low-level anticyclonic anomalies (Wang

et al. 2000; Du et al. 2009; Wu et al. 2010; Xie et al.

2016) are mainly caused by lingering SST anomalies in

the tropical Indo-western Pacific sector (Fig. 6a) fol-

lowing an El Niño event.

In JA climatology, air temperature over the Tibetan

Plateau is higher than the surrounding regions at the

same altitudes (Figs. 6b,c). The southwesterly anom-

alies in the midtroposphere (Fig. 6b) and westerly

anomalies in the upper troposphere (Fig. 6c) over the

Tibetan Plateau can transport warm air downstream,

inducing significant upward motion (Sampe and Xie

2010) in the midtroposphere over central China (Fig. 6c).

Indeed, anomalous upward motion at 500 hPa in the red

polygon is associated with strong anomalous warm tem-

perature advection (Fig. 6b).

We used the omega equation (Kosaka and Nakamura

2010) to diagnose the vertical motion anomalies:

FIG. 5. The regression of vertically integrated (from the surface to 200 hPa) moisture fluxes (vectors) and their

divergence (shown only above 0.3 mm day21; contours at 0.2 mm day21 intervals; the solid and dashed contours

refer to divergence and convergence anomalies) in (a) June, (b) July, (c) August, and (d) the JJA mean onto

normalized NDJ(0) Niño-3 SST index.
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where the overbar and prime indicate climatological mean

quantities for July–August and the regressed anomalies,

respectively. Also, s5(R/P)(RT/cpP2dT/dP) denotes

the static stability, z is relative vorticity, f is the Coriolis

parameter, R is the gas constant, T is the air temperature,

P is the atmospheric pressure, u = (u, y) is the horizontal

wind velocity, cp is specific heat at constant pressure, and

Q is diabatic heating. The result indicates that the ver-

tical motion anomaly at 500 hPa in the red polygon is due

42% to diabatic heating vQ, 34% to horizontal temper-

ature advection vtherm, and 24% to the vertical differ-

ence of vorticity horizontal advection vvor (Fig. 6d).

Diabatic heating is closely coupled to rainfall and verti-

cal motion and should be considered as a feedback,

instead of an external forcing. Thus, the hot spots of

El Niño influence in the red polygon over central China

is due not only to low-level orographic lift but also to

midtropospheric updraft induced by the intensified

warm advection anchored by the Tibetan Plateau. The

anomalous warm air temperature advection may explain

positive rainfall anomalies that extend outside the

mountain ranges over central China; for example, posi-

tive anomalies in the flat region around 1058–1068E.

FIG. 6. El Niño–related JJA averaged atmospheric circulation and SST anomalies. (a) Wind anomalies (vectors)

at 850 hPa and SST anomalies (color shading, for shades passing the 95% confidence level; K). (b) Anomalous

winds (vectors), temperature advection (above 0.1 K day21; magenta contours at interval of 0.05 K day21), omegas

(hatching), and climatological temperatures (color shading; K) at 500 hPa. (c) Longitude–height section of

308–358N averaged anomalous zonal winds (vectors), vertical velocity (v; hatching), and climatological tempera-

ture deviation from zonal mean (color shading; K). (d) The decomposition of omega anomaly in the red polygon. In

(a)–(d), the anomalies are the regressions onto NDJ(0) Niño-3 SST index. Only the anomalous winds and negative

v exceeding the 95% confidence level are shown.
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While the midtropospheric thermal advection is of a large

scale, mountain ranges modulate rainfall and vertical

motion. Our results show that the large-scale circulation

is also in favor of anomalous upward motion in addition

to orographic lifting in the presence of enhanced low-

level moisture transport.

5. Summary and discussion

We have uncovered a hitherto unknown pattern of

El Niño–induced summer rainfall variability over China

that is anchored by mountain ranges on the eastern flank

of the Tibetan Plateau. In post–El Niño summers, low-

level anomalous southwesterlies carry moist air from the

south, force orographic lift upon impinging on these

narrow mountain ranges, and cause rainfall. Aiding

this low-level orographic lifting effect, the upper-level

anomalous westerlies induce adiabatic updraft by in-

tensifying the warm advection from the climatological

temperature maximum from Tibet.

In addition to the stationary orographic effect, our

monthly analysis has also identified narrow bands of

rainfall anomalies over flat eastern China associated

with the large-scale moisture convergence. As the con-

duit of the southwesterly moisture transport on the

northwest flank of the El Niño–induced anomalous anti-

cyclone advances northward from June to August, the

large-scale circulation convergence and resultant bands of

rainfall anomalies move northward from June to August.

As the mobile bands of rainfall anomalies average out over

the course of a summer, the JJA mean rainfall anomalies

are dominated by the orographic effect over mountainous

central China. The results explain why previous studies did

not find a well-defined summer-mean rainfall pattern as-

sociated with ENSO in coarse-resolution datasets that do

not adequately resolve the orographic effect (Shen and

Lau 1995; Xie et al. 2009).

Previous studies show that the relationship between

the northwestern Pacific anticyclone and ENSO is not

stable on multidecadal scales (Wang et al. 2008; Xie

et al. 2010; Huang et al. 2010). Using a coarse-resolution

(160 stations in China) but long-term (1951–2014)

rainfall dataset, we found that the relationship between

NDJ(0) Niño-3 SST index and the following summer

[JJA(1)] rainfall index in central China becomes tighter

after the late 1970s (results are not shown), in agreement

with the observation that ENSO’s impact on the

northwestern Pacific anticyclone strengthens after the

late 1970s (Wang et al. 2008; Xie et al. 2010; Huang et al.

2010). As climate warms with increasing greenhouse

forcing (Held and Soden 2006), increased water vapor

content in the atmosphere is likely to elevate the risk of

ENSO-induced floods in this densely populated region if

the circulation anomalies over East Asia do not change.

The projected increase in extreme ENSO events (Cai

et al. 2015) may further exacerbate the risk. In addition, it

is noted that some strong ENSO events, especially some

strong La Niña events (e.g., 1988/89 and 2000/01), did not

correspond to strong summer rainfall anomalies in

mountainous central China, which deserves future study.

Acknowledgments. We thank Xia Qu and Lin Wang

for helpful discussions. This work is supported by the

Natural Science Foundation of China (41775086 and

41661144016), the Public Science and Technology Re-

search Funds Projects of Ocean (201505013), and the

U.S. National Science Foundation (1637450). The au-

thors declare no competing interests.

REFERENCES

Cai, W., and Coauthors, 2015: ENSO and greenhouse warming.

Nat. Climate Change, 5, 849–859, https://doi.org/10.1038/

nclimate2743.

Chang, C. P., Y. S. Zhang, and T. Li, 2000: Interannual and in-

terdecadal variations of the East Asian summer monsoon

and tropical Pacific SSTs. Part I: Roles of the subtropical

ridge. J. Climate, 13, 4310–4325, https://doi.org/10.1175/

1520-0442(2000)013,4310:IAIVOT.2.0.CO;2.

Dee, D., and Coauthors, 2011: The ERA-Interim reanalysis:

Configuration and performance of the data assimilation sys-

tem. Quart. J. Roy. Meteor. Soc., 137, 553–597, https://doi.org/

10.1002/qj.828.

Du, Y., S.-P. Xie, G. Huang, and K. Hu, 2009: Role of air–sea

interaction in the long persistence of El Niño–induced north

Indian Ocean warming. J. Climate, 22, 2023–2038, https://

doi.org/10.1175/2008JCLI2590.1.

Fu, C., and D. Ye, 1988: The tropical very low-frequency oscillation

on interannual scale. Adv. Atmos. Sci., 5, 369–388, https://

doi.org/10.1007/BF02656760.

Held, I. M., and B. J. Soden, 2006: Robust responses of the hy-

drological cycle to global warming. J. Climate, 19, 5686–5699,

https://doi.org/10.1175/JCLI3990.1.

Huang, G., K. Hu, and S.-P. Xie, 2010: Strengthening of tropical

Indian Ocean teleconnection to the northwest Pacific since the

mid-1970s: An atmospheric GCM study. J. Climate, 23, 5294–

5304, https://doi.org/10.1175/2010JCLI3577.1.

Huang, R., and Y. Wu, 1989: The influence of ENSO on the sum-

mer climate change in China and its mechanism. Adv. Atmos.

Sci., 6, 21–32, https://doi.org/10.1007/BF02656915.

Kosaka, Y., and H. Nakamura, 2010: Mechanisms of meridional

teleconnection observed between a summer monsoon system

and a subtropical anticyclone. Part I: The Pacific–Japan pattern.

J. Climate, 23, 5085–5108, https://doi.org/10.1175/2010JCLI3413.1.

——, J. S. Chowdary, S.-P. Xie, Y.-M. Min, and J.-Y. Lee, 2012:

Limitations of seasonal predictability for summer climate over

East Asia and the northwestern Pacific. J. Climate, 25, 7574–

7589, https://doi.org/10.1175/JCLI-D-12-00009.1.

Lau, N. C., A. Leetmaa, M. J. Nath, and H. L. Wang, 2005: In-

fluences of ENSO-induced Indo-western Pacific SST anoma-

lies on extratropical atmospheric variability during the boreal

summer. J. Climate, 18, 2922–2942, https://doi.org/10.1175/

JCLI3445.1.

10044 J O U R N A L O F C L I M A T E VOLUME 30

https://doi.org/10.1038/nclimate2743
https://doi.org/10.1038/nclimate2743
https://doi.org/10.1175/1520-0442(2000)013<4310:IAIVOT>2.0.CO;2
https://doi.org/10.1175/1520-0442(2000)013<4310:IAIVOT>2.0.CO;2
https://doi.org/10.1002/qj.828
https://doi.org/10.1002/qj.828
https://doi.org/10.1175/2008JCLI2590.1
https://doi.org/10.1175/2008JCLI2590.1
https://doi.org/10.1007/BF02656760
https://doi.org/10.1007/BF02656760
https://doi.org/10.1175/JCLI3990.1
https://doi.org/10.1175/2010JCLI3577.1
https://doi.org/10.1007/BF02656915
https://doi.org/10.1175/2010JCLI3413.1
https://doi.org/10.1175/JCLI-D-12-00009.1
https://doi.org/10.1175/JCLI3445.1
https://doi.org/10.1175/JCLI3445.1


Li, L. F., W. H. Li, Q. H. Tang, P. F. Zhang, and Y. M. Liu, 2016:

Warm season heavy rainfall events over the Huaihe River

Valley and their linkage with wintertime thermal condition of

the tropical oceans. Climate Dyn., 46, 71–82, https://doi.org/

10.1007/s00382-015-2569-2.

Liu, P.-G., 2015: Typical flood disasters in modern Shanxi history

(in Chinese). Northwest Hydropower, 5, 8–10.

Ma, J., S.-P. Xie, and H. Xu, 2017: Intermember variability of the

summer northwest Pacific subtropical anticyclone in the en-

semble forecast. J. Climate, 30, 3927–3941, https://doi.org/

10.1175/JCLI-D-16-0638.1.

Qu, X., and G. Huang, 2012: Impacts of tropical Indian Ocean SST

on the meridional displacement of East Asian jet in boreal

summer. Int. J. Climatol., 32, 2073–2080, https://doi.org/

10.1002/joc.2378.

Rayner, N. A., D. E. Parker, E. B. Horton, C. K. Folland, L. V.

Alexander, D. P. Rowell, E. C. Kent, and A. Kaplan, 2003:

Global analyses of sea surface temperature, sea ice, and

night marine air temperature since the late nineteenth

century. J. Geophys. Res., 108, 4407, https://doi.org/10.1029/

2002JD002670.

Sampe, T., and S.-P. Xie, 2010: Large-scale dynamics of the meiyu-

baiu rainband: Environmental forcing by the westerly jet.

J. Climate, 23, 113–134, https://doi.org/10.1175/2009JCLI3128.1.

Shen, S., and K.-M. Lau, 1995: Biennial oscillation associated

with the East Asian summer monsoon and tropical sea sur-

face temperatures. J. Meteor. Soc. Japan, 73, 105–124, https://

doi.org/10.2151/jmsj1965.73.1_105.

Tao, S.-Y., and L. X. Chen, 1987: A review of recent research on the

East Asian summer monsoon in China. Monsoon Meteorol-

ogy, C.-P. Chang and T. N. Krishnamurti, Eds., Oxford Uni-

versity Press, 60–92.

Wang, B., R. G. Wu, and X. H. Fu, 2000: Pacific–East Asian tele-

connection: How does ENSO affect East Asian climate?

J. Climate, 13, 1517–1536, https://doi.org/10.1175/1520-0442

(2000)013,1517:PEATHD.2.0.CO;2.

——, J. Yang, and T. J. Zhou, 2008: Interdecadal changes in the

major modes of Asian–Australian monsoon variability: Strength-

ening relationship with ENSO since the late 1970s. J. Climate,

21, 1771–1789, https://doi.org/10.1175/2007JCLI1981.1.

——, B. Q. Xiang, and J.-Y. Lee, 2013: Subtropical high pre-

dictability establishes a promising way for monsoon and

tropical storm predictions. Proc. Natl. Acad. Sci. USA, 110,

2718–2722, https://doi.org/10.1073/pnas.1214626110.

Wang, H., 2002: The instability of the East Asian summer

monsoon–ENSO relations. Adv. Atmos. Sci., 19, 1–11, https://

doi.org/10.1007/s00376-002-0029-5.

Wu, B., T. Li, and T. Zhou, 2010: Relative contributions of the

Indian Ocean and local SST anomalies to the maintenance of

the western North Pacific anomalous anticyclone during the El

Niño decaying summer. J. Climate, 23, 2974–2986, https://doi.

org/10.1175/2010JCLI3300.1.

Wu, R. G., and B. Wang, 2002: A contrast of the East Asian

summer monsoon–ENSO relationship between 1962–77 and

1978–93. J. Climate, 15, 3266–3279, https://doi.org/10.1175/

1520-0442(2002)015,3266:ACOTEA.2.0.CO;2.

Wu, Z. W., B. Wang, J. P. Li, and F.-F. Jin, 2009: An empirical

seasonal prediction model of the East Asian summer monsoon

using ENSO and NAO. J. Geophys. Res., 114, D18120, https://

doi.org/10.1029/2009JD011733.

Xie, S.-P., K. M. Hu, J. Hafner, H. Tokinaga, Y. Du, G. Huang,

and T. Sampe, 2009: Indian Ocean capacitor effect on

Indo-western Pacific climate during the summer following

El Niño. J. Climate, 22, 730–747, https://doi.org/10.1175/

2008JCLI2544.1.

——, Y. Du, G. Huang, X.-T. Zheng, H. Tokinaga, K. Hu, and

Q. Liu, 2010: Decadal shift in El Niño influences on Indo–

western Pacific and East Asian climate in the 1970s. J. Climate,

23, 3352–3368, https://doi.org/10.1175/2010JCLI3429.1.

——, Y. Kosaka, Y. Du, K. Hu, J. S. Chowdary, and G. Huang, 2016:

Indo-western Pacific ocean capacitor and coherent climate

anomalies in post-ENSO summer: A review. Adv. Atmos. Sci.,

33, 411–432, https://doi.org/10.1007/s00376-015-5192-6.

Yang, J. L., Q. Y. Liu, S.-P. Xie, Z. Y. Liu, and L. X. Wu, 2007:

Impact of the Indian Ocean SST basin mode on the Asian

summer monsoon. Geophys. Res. Lett., 34, L02708, https://

doi.org/10.1029/2006GL028571.

Ye, H., and R. Y. Lu, 2011: Subseasonal variation in ENSO-related

East Asian rainfall anomalies during summer and its role in

weakening the relationship between the ENSO and summer

rainfall in eastern China since the late 1970s. J. Climate, 24,

2271–2284, https://doi.org/10.1175/2010JCLI3747.1.

Yim, S.-Y., B. Wang, and W. Xing, 2016: Peak-summer East Asian

rainfall predictability and prediction. Part II: Extratropical

East Asia. Climate Dyn., 47, 15–30, https://doi.org/10.1007/

s00382-015-2849-x.

Zhang, R., A. Sumi, and M. Kimoto, 1996: Impact of El Niño on the

East Asian monsoon: A diagnostic study of the ‘86/87 and

’91/92 events. J. Meteor. Soc. Japan, 74, 49–62, https://doi.org/

10.2151/jmsj1965.74.1_49.

Zhang, W. J., and Coauthors, 2016: Unraveling El Nino’s impact on

the East Asian monsoon and Yangtze River summer flooding.

Geophys. Res. Lett., 43, 11 375–11 382, https://doi.org/10.1002/

2016GL071190.

Zhao, Q., H. Yan, and L. Cheng, 2013: Characteristics of Shaanxi

summer precipitation anomalies in ENSO developing and

decaying stages (in Chinese). J. Appl. Meteor. Sci., 24,

495–503.

15 DECEMBER 2017 H U E T A L . 10045

https://doi.org/10.1007/s00382-015-2569-2
https://doi.org/10.1007/s00382-015-2569-2
https://doi.org/10.1175/JCLI-D-16-0638.1
https://doi.org/10.1175/JCLI-D-16-0638.1
https://doi.org/10.1002/joc.2378
https://doi.org/10.1002/joc.2378
https://doi.org/10.1029/2002JD002670
https://doi.org/10.1029/2002JD002670
https://doi.org/10.1175/2009JCLI3128.1
https://doi.org/10.2151/jmsj1965.73.1_105
https://doi.org/10.2151/jmsj1965.73.1_105
https://doi.org/10.1175/1520-0442(2000)013<1517:PEATHD>2.0.CO;2
https://doi.org/10.1175/1520-0442(2000)013<1517:PEATHD>2.0.CO;2
https://doi.org/10.1175/2007JCLI1981.1
https://doi.org/10.1073/pnas.1214626110
https://doi.org/10.1007/s00376-002-0029-5
https://doi.org/10.1007/s00376-002-0029-5
https://doi.org/10.1175/2010JCLI3300.1
https://doi.org/10.1175/2010JCLI3300.1
https://doi.org/10.1175/1520-0442(2002)015<3266:ACOTEA>2.0.CO;2
https://doi.org/10.1175/1520-0442(2002)015<3266:ACOTEA>2.0.CO;2
https://doi.org/10.1029/2009JD011733
https://doi.org/10.1029/2009JD011733
https://doi.org/10.1175/2008JCLI2544.1
https://doi.org/10.1175/2008JCLI2544.1
https://doi.org/10.1175/2010JCLI3429.1
https://doi.org/10.1007/s00376-015-5192-6
https://doi.org/10.1029/2006GL028571
https://doi.org/10.1029/2006GL028571
https://doi.org/10.1175/2010JCLI3747.1
https://doi.org/10.1007/s00382-015-2849-x
https://doi.org/10.1007/s00382-015-2849-x
https://doi.org/10.2151/jmsj1965.74.1_49
https://doi.org/10.2151/jmsj1965.74.1_49
https://doi.org/10.1002/2016GL071190
https://doi.org/10.1002/2016GL071190


Origins of Biases in CMIP5 Models Simulating Northwest Pacific
Summertime Atmospheric Circulation Anomalies during the

Decaying Phase of ENSO

WEICHEN TAO,a GANG HUANG,a,b,c,d RENGUANG WU,a,e KAIMING HU,a,c,e

PENGFEI WANG,a,e
AND HAINAN GONG

e

a State Key Laboratory of Numerical Modeling for Atmospheric Sciences and Geophysical Fluid Dynamics,

Institute of Atmospheric Physics, Chinese Academy of Sciences, Beijing, China
b Laboratory for Regional Oceanography and Numerical Modeling, Qingdao National Laboratory for Marine

Science and Technology, Qingdao, China
c Joint Center for Global Change Studies, Beijing, China

d University of Chinese Academy of Sciences, Beijing, China
e Center for Monsoon System Research, Institute of Atmospheric Physics, Chinese Academy of

Sciences, Beijing, China

(Manuscript received 3 May 2017, in final form 11 March 2018)

ABSTRACT

The present study documents the biases of summertime northwest Pacific (NWP) atmospheric circulation

anomalies during the decaying phase of ENSO and investigates their plausible reasons in 32 models from

phase 5 of the Coupled Model Intercomparison Project. Based on an intermodel empirical orthogonal

function (EOF) analysis of El Niño–Southern Oscillation (ENSO)-related 850-hPa wind anomalies, the

dominant modes of biases are extracted. The first EOF mode, explaining 21.3% of total intermodel variance,

is characterized by a cyclone over the NWP, indicating a weaker NWP anticyclone. The cyclone appears to

be a Rossby wave response to unrealistic equatorial western Pacific (WP) sea surface temperature (SST)

anomalies related to excessive equatorial Pacific cold tongue in the models. On one hand, the cold SST biases

increase the mean zonal SST gradient, which further intensifies warm zonal advection, favoring the devel-

opment and persistence of equatorial WP SST anomalies. On the other hand, they reduce the anomalous

convection caused by ENSO-related warming, and the resultant increase in downward shortwave radiation

contributes to the SST anomalies there. The second EOF mode, explaining 18.6% of total intermodel vari-

ance, features an anticyclone over the NWP with location shifted northward. The related SST anomalies in the

Indo-Pacific sector show a tripole structure, with warming in the tropical Indian Ocean and equatorial central

and eastern Pacific and cooling in the NWP. The Indo-Pacific SST anomalies are highly controlled by ENSO

amplitude, which is determined by the intensity of subtropical cells via the adjustment of meridional and

vertical advection in the models.

1. Introduction

Boreal summer is the major rainy season in East Asia,

and the East Asian summer monsoon (EASM) plays a

crucial role in this highly populated region. The prominent

mode of interannual variability of the EASM is charac-

terized by an anomalous lower-tropospheric anticyclone

over the northwest Pacific (NWP) or the NWP anticyclone

(NWPAC) (Chang et al. 2000; Wang et al. 2008). The

NWPAC develops rapidly in late fall of the year when El

Niño matures (Zhang et al. 1996; Wang et al. 2000) and

persists into the following summer (Wu et al. 2003; Yang

et al. 2007; Wu et al. 2009; Xie et al. 2009). During El Niño

mature winter and the following spring, the lower-level

southerly wind anomalies along the western flank of

NWPAC weaken the East Asian winter monsoon, leading

to warmer and wetter climate over the southern part of

East Asia (Li 1990; Chen et al. 2000; Zhang and Sumi 2002;

Huang et al. 2012; Wang and Chen 2014; Zhang et al.

2016). During El Niño decaying summer, the NWPAC
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strengthens the moisture transport from the tropical

western Pacific (WP) to subtropical East Asia, increas-

ing the mei-yu–baiu–changma rainfall over East Asia

(Wu et al. 2003; Wu et al. 2009; Hu et al. 2017; Tao et al.

2017). Furthermore, the reduced rainfall and downward

vertical motion associated with NWPAC lead to above

normal surface air temperature over southern China

(Hu et al. 2011, 2012). Therefore, the anomalous at-

mospheric circulation over the NWP plays an important

role in bridging teleconnection from El Niño–Southern

Oscillation (ENSO) to the East Asian summertime cli-

mate (e.g., Zhang et al. 1996; Wang et al. 2000; Yang

et al. 2007; Wang et al. 2008; Xie et al. 2009; Chen et al.

2013; Wang and Wu 2012; Chen et al. 2014; Zhao et al.

2015; Zhang et al. 2016; Dong et al. 2018).

Numerous studies have explored mechanisms for the

formation and maintenance of the NWPAC at different

phases of El Niño (Xie et al. 2016). From El Niño de-

veloping fall to decaying spring, the NWPAC develops

rapidly (Zhang et al. 1996) and is coupled with local sea

surface temperature (SST) (Wang et al. 2000). On one

hand, the NWPAC is a Rossby wave response to SST

cooling located to its southeast. The northeasterly wind

anomalies of NWPAC superimposed on the northeast-

erly trade winds reinforce initial cold SST anomalies

through evaporation, forming a positive thermodynamic

feedback between SST and circulation anomalies (Wang

et al. 2000; Wang and Zhang 2002). Alternatively,

Stuecker et al. (2013) and Stuecker et al. (2015) pro-

posed the so-called combination mode, which empha-

sizes nonlinear interactions of atmospheric response to

slow evolution of equatorial central and eastern Pacific

(CEP) SST anomalies with the background annual cycle

in the rapid growth of NWPAC.

With the onset of NWP summer monsoon, the posi-

tive wind–evaporation–SST feedback turns to a negative

feedback as the northeasterly trade winds are replaced

by southwesterly winds (Chou et al. 2009), and the local

negative SST anomalies gradually decay. In addition,

the combination mode effect is weak in the El Niño

decaying phase when CEP SST anomalies have dissi-

pated. As a result, the tropical Indian Ocean (TIO) SST

anomalies dominate in the maintenance of NWPAC from

El Niño decaying spring to summer (e.g., Watanabe and

Jin 2002; Yang et al. 2007; Xie et al. 2009; Wu et al. 2010b;

Yang et al. 2010; Z. Chen et al. 2016). The TIO warming

induces a warm tropospheric Kelvin wave response east-

ward in atmosphere (Yang et al. 2007; Xie et al. 2009;

Yang et al. 2010). The equatorial low pressure in the

Kelvin wave drives northeasterly winds, and the resul-

tant lower-level divergence further induces suppressed

convection and anomalous anticyclone over the NWP

(Xie et al. 2009). The TIO SST anomalies prolong the

influence of El Niño on NWPAC like a capacitor (Yang

et al. 2007; Xie et al. 2009; Yang et al. 2010). The ac-

companying NWP cooling in summer makes additional

contributions to the NWP anomalous anticyclone (Wu et al.

2010b; Wu et al. 2014a). Recently, Xie and Zhou (2017)

illustrated the physical identity of combination mode, which

triggers the onset of NWPAC. The NWP cooling and TIO

warming then form the Indo–northwestern Pacific Ocean

capacitor (IPOC) mode, which amplifies and anchors

the NWPAC.

The complex air–sea interactions involved in the

evolution of NWPAC pose a challenge for the coupled

ocean–atmosphere general circulation models (CGCMs)

to simulate the NWPAC realistically. The World Climate

Research Programme’s (WCRP’s) phases 3 and 5 of the

Coupled Model Intercomparison Project (CMIP3 and

CMIP5) for the IPCC Fourth and Fifth Assessment Re-

ports (AR4 and AR5) (Meehl et al. 2007; Taylor et al.

2012) provide good opportunities for evaluating the abil-

ity of state-of-the-art CGCMs in simulating the NWPAC.

For climatology simulation, the weak mei-yu–baiu–

changma rainfall and northward shift of NWP sub-

tropical high are the common biases in CMIP models

(Inoue and Ueda 2009; He and Zhou 2014; Song and

Zhou 2014; He and Zhou 2015), which are related to the

rainfall parameterization and air–sea interaction–caused

meridional position of the intertropical convergence

zone (ITCZ) over the tropical North Pacific (Qu 2017).

Although some CMIP models could reproduce anoma-

lous circulation and rainfall over the NWP, large inter-

model spread still exists in interannual variability of

NWPAC. In an analysis of CMIP3 models, Kosaka and

Nakamura (2011) found that reproducibility of the

Pacific–Japan teleconnection pattern in the model is

highly associated with the simulation of climatological

mean state over the NWP. Furthermore, the TIO

warming plays a crucial role in modulating NWPAC in

CMIP5 models (Song and Zhou 2014), and He and

Zhou (2015) further emphasized the importance of

zonal SST gradient between the TIO and the tropical

WP. Furthermore, subsequent studies revealed the

modulation of ENSO variability in the relationship

between ENSO and East Asian summertime climate

(Fu et al. 2013; K. Hu et al. 2014; Fu and Lu 2017).

The relative strong interannual variability of ENSO

strengthens its related atmospheric and oceanic pro-

cesses, leading to a stronger response of TIO SST (Tao

et al. 2015) and further amplifying the anomalous

NWPAC (Hu et al. 2014). Moreover, with the un-

changed ENSO activity under global warming, the TIO

warming and NWPAC are enhanced during the de-

caying phase of ENSO (Zheng et al. 2011; K. Hu et al.

2014; Tao et al. 2015), although there is still debate
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regarding the future changes of the NWPAC (He et al.

2015; Yun et al. 2015; Wei Chen et al. 2016).

Recent studies based on output from the CMIP models

evaluated the biases of TIO SST and NWP circulation

response to ENSO (Tao et al. 2016; Jiang et al. 2017).

Because of the compensation of errors in simulating

ENSO-related atmospheric and oceanic processes, the

TIO SST anomalies can persist through summer. How-

ever, the simulated NWPAC is weaker than observations,

and this difference is attributed to unrealistic SST anom-

alies in the equatorial WP (Tao et al. 2016). Further

analysis shows that the excessive westward extension of

cold tongue increases climatology zonal SST gradient,

which leads to anomalous zonal advection with the west-

erly wind anomalies and maintains the SST anomalies

there (Jiang et al. 2017). While Jiang et al. (2017) revealed

the possible mechanism involved in the maintenance of

equatorial WP SST anomalies, they only emphasized the

effect of zonal advection there during the decaying phase

of ENSO. So, what causes the WP SST anomalies? And

will the dominant processes change in the evolution of

SST anomalies there? Furthermore, although the biases of

NWPAC could be explained by the WP SST anomalies

(Tao et al. 2016; Jiang et al. 2017), are there any other

possible factors? Therefore, in the present study, we

perform a comprehensive analysis on the NWPAC biases

during ENSO decaying summer in CMIP5 models. An

empirical orthogonal function (EOF) analysis is used to

identify the leading modes of NWPAC biases. It is found

that the NWPAC biases originate from ENSO-related

SST anomalies over the equatorial WP and the whole

Indo-Pacific sector, respectively. The sources of biases in

SST anomalies are further investigated.

The rest of the paper is organized as follows. Section 2

describes the CMIP5 models, data, and methods. The

leading two modes of NWPAC biases and their SST

sources are obtained in section 3. Sections 4 and 5 re-

spectively investigate the mechanisms involved in the

biases of ENSO-related SST anomalies for the leading

modes and further discuss with the climatology state.

Section 6 provides a summary of the main findings.

2. Data and methods

The present study is based on historical scenario

simulations of 32 CMIP5 models, which were forced by

observed history of anthropogenic and natural forcing

from 1870 to 2006. For detailed information on the

models, please see http://cmip-pcmdi.llnl.gov/. In this

study, 30 years of simulations covering 1970–99 are used

as in Tao et al. (2016). Table 1 lists the names, in-

stitutions, and countries of the models. Monthly mean

output is used, including SST, precipitation, atmospheric

zonal and meridional winds, latent heat flux (LHF),

sensible heat flux (SHF), net surface longwave radiation

(LWR), net surface shortwave radiation (SWR), three-

dimensional (3D) ocean potential temperature, ocean

zonal and meridional currents, and vertical mass trans-

port. The net LWR and SWR are calculated as the dif-

ference between downward and upward LWR and

SWR, respectively. Ocean vertical velocity is obtained

from the ocean vertical mass transport. Only one

member (r1i1p1) of each model simulations is analyzed.

The observational datasets include the following: 1) the

Hadley Centre Sea Ice and Sea Surface Temperature

dataset (HadISST) with 18 3 18 horizontal resolution

covers the period from January 1870 to the present

(Rayner et al. 2003); 2) monthly 850-hPa wind, LHF,

SHF, LWR, and SWR from the National Centers for

Environmental Prediction (NCEP)–National Center for

Atmospheric Research (NCAR) reanalysis product

with 2.58 3 2.58 horizontal resolution cover the period

from January 1948 to the present (Kalnay et al. 1996);

3) the Simple Ocean Data Assimilation (SODA) prod-

uct, version 2.2.4, with 0.58 3 0.58 horizontal resolution

covers the period from January 1871 through December

2008 (Carton et al. 2005; Carton and Giese 2008); and

4) NOAA’s Precipitation Reconstruction (PREC) data

with 2.58 3 2.58 horizontal resolution cover the period

from January 1948 to the present (Chen et al. 2002). All

CMIP5 output and observational datasets are in-

terpolated to a uniform 2.58 3 2.58 grid unless otherwise

specified.

The monthly mean climatology is first calculated for the

study period. Then, interannual anomalies are computed

as the departure from the climatology. This study focuses

on the interannual variability. To extract interannual

signals, we perform a 3-month running average to reduce

intraseasonal variability and remove the least squares

trend in both model output and observations. Hereafter,

any month in the developing years of ENSO is denoted by

the suffix (0), whereas any month in the decaying years of

ENSO is denoted by the suffix (1). DJF represents the

seasonal mean in December–February, MAM represents

the seasonal mean in March–May, and so on. Hereinafter,

except otherwise specified, the intermodel difference is

described as bias, and the difference between observation

and model is described as difference. The Niño-3.4 index

is defined as SST anomalies averaged over the region 58S–

58N, 1708–1208W in December(0)–January–February(1)

[D(0)JF(1)].

EOF, regression, and correlation analysis are used in the

present study. Note that, in observations, NWP circulation

anomalies display obvious asymmetric characteristics be-

tween El Niño and La Niña. The asymmetric circulation

response is related to the asymmetric SST anomalies (e.g.,
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Zhang et al. 1996; Wu et al. 2010a; Karori et al. 2013;

Zhang et al. 2015; Tao et al. 2017), since El Niño tends to

decay rapidly after the mature phase, whereas La Niña

persists and reemerges in the subsequent year (Kessler

2002; Larkin and Harrison 2002; McPhaden and Zhang

2009; Z.-Z. Hu et al. 2014). However, ENSO asymmetry is

underestimated in CMIP5 models (Zhang and Sun 2014),

and the CEP warming and cooling persist into El Niño and

La Niña decaying summer respectively, resulting in weak

asymmetric SST anomalies. Correspondingly, the asym-

metry of atmospheric response in CMIP5 models is much

weaker than in observations (figure not shown). Further-

more, the leading modes of NWPAC biases for El Niño

and La Niña in CMIP5 models are similar to regressed

results (figure not shown). Therefore, the regression

method used here is mostly valid, although ENSO asym-

metry in reality is needed to keep in mind.

To understand the relative roles of ocean advection

and surface heat flux terms in contributing to the bias of

SST anomalies, the oceanic mixed layer heat budget is

calculated. The mixed layer temperature tendency

equation may be written as follows:
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where T denotes the mixed layer temperature; u, y, and

w are 3D ocean currents; ›/›x, ›/›y, and ›/›z represent

the 3D gradient operator; Q0
net represents the net heat

TABLE 1. The CMIP5 models used in this study. (Expansions of acronyms are available online at http://www.ametsoc.org/

PubsAcronymList.)

No. Model name Institution (country)

1 ACCESS1.0 Commonwealth Scientific and Industrial Research Organisation and Bureau of

Meteorology (Australia)

2 BCC_CSM1.1 Beijing Climate Center (China)

3 BCC_CSM1.1(m)

4 CanCM4 Canadian Centre for Climate Modelling and Analysis (Canada)

5 CanESM2

6 CCSM4 National Center for Atmospheric Research (United States)

7 CESM1(BGC)

8 CESM1(CAM5)

9 CESM1(FASTCHEM)

10 CESM1(WACCM)

11 CMCC-CM Centre National de Recherches Météorologiques–Centre Européen de Recherche et

Formation Avancée en Calcul Scientifique (France)

12 CNRM-CM5 Centre National de Recherches Météorologiques (France)

13 CSIRO Mk3.6.0 Commonwealth Scientific and Industrial Research Organisation in collaboration with

the Queensland Climate Change Centre of Excellence (Australia)

14 FGOALS-g2 LASG, Institute of Atmospheric Physics, Chinese Academy of Sciences, and Center

for Earth System Science (CESS), Tsinghua University (China)

15 GFDL CM3 Geophysical Fluid Dynamics Laboratory (United States)

16 GFDL-ESM2G

17 GFDL-ESM2M

18 GISS-E2-R NASA Goddard Institute for Space Studies (United States)

19 HadGEM2-CC Met Office Hadley Centre (United Kingdom)

20 HadGEM2-ES

21 INM-CM4.0 Institute of Numerical Mathematics (Russia)

22 IPSL-CM5A-LR L’Institut Pierre-Simon Laplace (France)

23 IPSL-CM5A-MR

24 IPSL-CM5B-LR

25 MIROC5 Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean

Research Institute (The University of Tokyo), and National Institute for

Environmental Studies (Japan)

26 MIROC-ESM

27 MIROC-ESM-CHEM

28 MPI-ESM-LR Max Planck Institute for Meteorology (MPI-M) (Germany)

29 MPI-ESM-MR

30 MRI-CGCM3 Meteorological Research Institute (Japan)

31 NorESM1-M Norwegian Climate Centre (Norway)

32 NorESM1-ME
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flux (NHF) at the ocean surface (downward positive),

which is the summation of LHF, SHF, net surface LWR,

and net surface SWR; r 5 103 kg m23 is the density of

water; CP5 4000 J kg21 K21 is the specific heat of water;

H ’ 50 m is the mixed layer depth, which is determined

based on a temperature change of 0.58C (Wu and Yeh

2010; Wu et al. 2014b); and R represents the residual

term. A prime represents the interannual anomaly,

and a bar represents the climatological mean. The first

nine terms on the right-hand side of the equation are

ocean advection terms, and the tenth term is surface

heat flux terms. All of the mixed layer terms are calcu-

lated based on their depth average.

3. Intermodel mode of NWPAC biases

As mentioned before, summertime circulation anom-

alies over the NWP depend largely on the Indo-Pacific

SST pattern during the ENSO decaying phase both in

observations and models (e.g., Wu et al. 2010b; Wang

et al. 2013; Z. Chen et al. 2016; Tao et al. 2016, 2017;

Jiang et al. 2017; Liu et al. 2018; Xie and Zhou 2017).

In this section, the simulation of NWPAC, precipita-

tion, and SST in each model compared with observa-

tions is examined. We further extract the dominant

modes of NWPAC biases, and analyze the relevant SST

sources.

Figure 1 shows the regression of SST, 850-hPa wind,

and precipitation with respect to D(0)JF(1) Niño-3.4

index during JJA(1) for observations and CMIP5

models. In observations, the most significant feature of

atmospheric circulation anomalies is a meridional tri-

pole pattern extending from the eastern Indian Ocean

(EIO) and tropical WP to NWP (Fig. 1, OBS). Beside

the cyclonic wind anomalies over the EIO and tropical

WP, an anomalous anticyclone and cyclone are located

north and south of 308N, respectively. Accordingly,

rainfall anomalies also show a meridional tripole pat-

tern, with positive rainfall anomalies covering a large

tropical area from the EIO to central Pacific, negative

rainfall anomalies over the NWP, and positive rainfall

anomalies over the mei-yu–baiu–changma regions.

A tripole structure of SST anomalies is exhibited over

the Indo-Pacific sector with warming over the equatorial

CEP, and cooling over the WP and most of the northern

and southern subtropical Pacific, which is a typical pat-

tern in El Niño decaying phase. In addition, the SST

anomalies over the TIO show a basinwide warming,

which is a response to El Niño forcing through atmo-

spheric and oceanic processes (e.g., Klein et al. 1999;

Chiang and Sobel 2002; Xie et al. 2002; Lau and Nath

2003; Chiang and Lintner 2005; Du et al. 2009; Tao

et al. 2014).

However, large intermodel spread exists in the 32

CMIP5 model simulations of ENSO-related JJA(1)

circulation anomalies over the NWP. Among those

models being able to capture the anomalous NWPAC,

some reproduce a reasonable SST pattern as in obser-

vations, such as CESM1(FASTCHEM), CNRM-CM5,

GISS-E2-R, and NorESM1-M (Fig. 1; models 9, 12, 18,

and 31). Others show a stronger CEP and TIO warming

than observations, indicating stronger ENSO in these

models, such as CCSM4, GFDL-ESM2M, MIROC5,

and NorESM1-ME (Fig. 1; models 6, 17, 25, and 32). In

addition, local forcing appears to be important in

CCSM4, GFDL-ESM2M, and MIROC5 because of a

stronger and larger area of NWP cooling. Tao et al.

(2016) have revealed that the equatorial WP SST anom-

alies persist longer than observations in some models,

such as CSIRO Mk3.6.0, MPI-ESM-LR, and MPI-ESM-

MR (Fig. 1; models 13, 28, and 29), which is possibly re-

lated to the westward shift of the ENSO warm tongue

(e.g., Collins et al. 2010; Kim and Yu 2012; Gong et al.

2015; Ham and Kug 2015; Huang et al. 2014; Zhang and

Sun 2014; Tao et al. 2016; Tao et al. 2015; Jiang et al. 2017).

As a result, there is an anomalous cyclone rather than an

anticyclone over the NWP. Note that both the unrealistic

SST anomalies over the NWP and equatorial WP exist in

CanCM4 and CanESM2 (Fig. 1; models 4 and 5), and an

excessive local SST forcing is detected in these two models

(Hu and Wu 2015).

To extract the dominant modes of NWPAC biases, an

intermodel EOF analysis is applied to the regressed 850-

hPa wind anomalies over the NWP (108S–408N, 908E–

1708W) in CMIP5 models. Note that, before EOF

analysis, regressed 850-hPa zonal and meridional com-

ponents for each model are first standardized respectively

to enable a more efficient compaction of multifield data

following the similar method of multivariate EOF analysis

(Wang 1992). Furthermore, using a different NWP defi-

nition applied to EOF analysis, for instance a smaller re-

gion (108S–408N, 908E–1808), would not alter the leading

modes of NWPAC biases, further emphasizing that the

main conclusions in present study are robust. Figure 2

shows the regression of SST, 850-hPa wind, and pre-

cipitation with respect to the leading two principal com-

ponents (PCs) as well as the EOFs. The variances explained

by the first two EOF patterns are well separated according

to North et al. (1982).

a. EOF1 mode

The first EOF mode (EOF1; Fig. 2a), explaining 21.3%

of total intermodel variance, exhibits a meridional dipole

structure of circulation anomalies from the EIO to NWP:

An anomalous cyclone is located over the NWP, and

an anomalous anticyclone is located northeastward.
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Compared with Fig. 1 (OBS), the overall circulation

distribution shifts slightly southward. For EOF1 mode,

the cyclone there indicates the weaker simulation of

NWPAC, and models with lower (higher) PC1 values

would stimulate a better (worse) NWPAC.

The anomalous cyclone is a direct Rossby wave re-

sponse to equatorial WP warming associated with pos-

itive rainfall anomalies, as there are no SST signals

elsewhere (Fig. 2a). As Tao et al. (2016) and Jiang et al.

(2017) mentioned, most CMIP models show unrealistic

FIG. 1. Regression of SST (shaded; 8C), 850-hPa winds (vectors; m s21) and precipitation (contours, with contour

intervals (CIs) of 60.2, 60.5, 61.0, 61.5, and 62.0 mm; negative contours are dashed) with respect to D(0)JF(1)

Niño-3.4 index during JJA(1) for observation and CMIP5 models. Numbers 1–32 on the top left of the panels

represent the model numbers listed in Table 1, and number 0 represents the observations.
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SST anomalies over the equatorial WP during JJA(1).

This feature is a common bias in CGCMs, most of which

simulate an overly westward extended ENSO warm

tongue (e.g., Collins et al. 2010; Kim and Yu 2012; Gong

et al. 2015; Ham and Kug 2015; Huang et al. 2014; Zhang

and Sun 2014; Tao et al. 2016; Jiang et al. 2017).

Here, the models with PC1 value above 0.75 are chosen

as the positive PC1 value (PC11) models, and the models

with PC1 value below 20.75 are chosen as the negative

PC1 value (PC12) models (Fig. 2c). As a result, there are

five PC11 models (CanCM4, CanESM2, CSIRO Mk3.6.0,

MPI-ESM-LR, and MPI-ESM-MR) and six PC12 models

[BCC_CSM1.1, CESM1(FASTCHEM), CNRM-CM5,

GFDL-ESM2M, MIROC5, and NorESM1-M].

Figures 3b and 3c show the composite maps for PC11
and PC12 models, respectively. The PC11 models

simulate a pattern similar to the EOF1 mode (Figs. 2a

and 3b), and the PC12 models capture the observed

feature reasonably (Figs. 3a,c). The circulation anoma-

lies over the NWP are completely different between

PC11 and PC12 models, indicating that the unrealistic

SST anomalies over the equatorial WP largely influence

the simulation of NWPAC (Tao et al. 2016; Jiang et al.

2017). The PC12 models show a reasonable simulation

of NWPAC, which is forced by the TIO warming and

local cooling as the IPOC mode in observations (Xie

et al. 2016; Xie and Zhou 2017). However, for PC11
models, the unrealistic equatorial WP warming directly

triggers the anomalous cyclone over the NWP as a

Rossby wave response. Note that although there are

SST anomalies over the TIO, they do not show the ba-

sinwide warming, and the effect of equatorial WP SST

anomalies is dominant.

Figure 4 presents the relationship between PCs and

SST anomalies. PC1 is largely controlled by SST anom-

alies over the equatorial WP, and the correlation coeffi-

cient between them is 0.87, exceeding the 99% significance

level (Fig. 4a). That is to say, the colder (warmer) SST

anomalies over the equatorial WP tend to have a better

(worse) simulation of the anomalous anticyclone, further

emphasizing the importance of equatorial WP SST anom-

alies in EOF1 mode.

FIG. 2. Regression of regressed SST (shaded; 8C), 850-hPa wind (vectors; m s21) and precipitation (contours, with

CI 560.2, 60.4, 60.6, and 61.0 mm; negative contours are dashed) anomalies shown in Fig. 1 with respect to the

standardized (a) PC1 and (b) PC2 of regressed 850-hPa wind anomalies over the NWP (108S–408N, 908E–1708W) in

CMIP5 models. Also shown are the standardized leading two PCs: (c) PC1 and (d) PC2. The explained variance

fractions are given at the top right of the panels. The red dashed lines in (c),(d) represent the 0.75 std dev.

15 JULY 2018 T A O E T A L . 5713



b. EOF2 mode

The second EOF mode (EOF2; Fig. 2b), explaining

18.6% of total intermodel variance, exhibits a meridio-

nal dipole structure of circulation anomalies similar to

that in the observations of Fig. 1 except for some dif-

ferences in details. The cyclonic wind anomalies are

mainly concentrated over the tropical WP, the NWPAC

shifts northward, and the anomalous cyclone north of

308N covers almost the whole North Pacific. For EOF2

FIG. 3. Composite of SST (shaded; 8C), 850-hPa winds (vectors; m s21) and precipitation (contours, with CI 5
60.2, 60.5, 61.0, 61.5, and 62.0 mm; negative contours are dashed) regressed onto D(0)JF(1) Niño-3.4 index

during JJA(1) for (a) observations and (b) PC11, (c) PC12, (d) PC21, and (e) PC22 models.

FIG. 4. Scatter diagram of (a) PC1 (ordinate) and SST anomalies over the equatorial WP

(abscissa, 8C; 108S–108N, 1508E–1708W) and (b) PC2 (ordinate) and SST anomalies over the

Indo-Pacific sector (abscissa, 8C). The SST anomalies over the Indo-Pacific sector are cal-

culated as the sum of equatorial CEP (58S–58N, 1708–1208W) and TIO (208S–208N, 408–
1008E) warming minus NWP (108–208N, 1308E–1808) cooling. Numbers indicate the model

numbers listed in Table 1. The green lines are the best fit lines for the model data. The

correlation coefficients are on the top-left corner of each panel.
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mode, the magnitude of PC2 values determines both the

strength and location of NWPAC simulation, and models

with higher (lower) PC2 values indicate a stronger (weaker)

NWPAC with more (less) northward shift.

The SST anomalies feature a tripole pattern over the

Indo-Pacific sector as observations. The SST anomalies

are comparable over the equatorial CEP and TIO in

observations, while equatorial CEP warming is stron-

ger than TIO warming in the EOF2 mode. In addition,

cold SST anomalies over the NWP cover a larger area,

indicating an enhanced local forcing. The rainfall

anomalies exhibit a dipole pattern over the tropical

Pacific, and there are no obvious rainfall anomalies

over the TIO. The TIO warming and NWP cooling

characterize the IPOC mode, which contributes to the

development of the NWPAC (Xie et al. 2016; Xie and

Zhou 2017). Furthermore, the equatorial CEP warming

could influence the location and intensity of NWPAC in

JJA(1) through the Rossby wave–induced divergence

mechanism, which resembles the effect of CEP cooling

caused by the persistence of La Niña in observations

(Tao et al. 2017). Although there is no significant

rainfall response over the TIO, the local warming still

can increase the tropospheric temperature by moist

adiabatic adjustment (Chiang and Sobel 2002; Su et al.

2003; Chiang and Lintner 2005; Xie et al. 2009; K. Hu

et al. 2014; Tao et al. 2015) and further contributes to

maintenance of the NWPAC. The effect of TIO could

also be demonstrated by divergence anomalies at upper

levels, although its center shifts more westward than

observation (figure not shown). The lack of rainfall

anomalies over the TIO is possibly caused by the op-

posite roles of local and remote Pacific SST anomalies,

as mentioned by K. Hu et al. (2014) and Chowdary

et al. (2017).

Here, the models with PC2 value above 0.75 are

chosen as the positive PC2 value (PC21) models, and

the models with PC2 value below 20.75 are chosen as

the negative PC2 value (PC22) models (Fig. 2d). There

are seven PC21 models (CCSM4, GFDL CM3, GFDL-

ESM2M, MIROC5, MPI-ESM-MR, NorESM1-M, and

NorESM1-ME) and six PC22 models (BCC_CSM1.1,

CanCM4, CanESM2, GISS-E2-R, CNRM-CM5, and

INM-CM4.0).

The composite maps for PC21 and PC22 models il-

lustrate that the simulation of NWPAC is largely con-

trolled by anomalous SST pattern over the Indo-Pacific

sector (Figs. 3d and 3e, respectively). The PC21 models

show a similar pattern as EOF2 mode. There is an

anomalous anticyclone over the NWP, with stronger

SST and rainfall anomalies over the Indo-Pacific sector

than observations (Fig. 3d). Also, the contribution of

equatorial CEP SST anomalies is overestimated in

PC21 models (figure not shown). However, for PC22
models, the warming over the equatorial CEP and TIO

is weaker than in observations and PC21 models, and

there are warm rather than cold SST anomalies over the

NWP for PC22 models (Figs. 3a,d,e). The relevant

rainfall response is weak, and there are positive rainfall

anomalies over the equatorial WP and South China Sea.

As a result, there exists a weak anomalous cyclone over

the South China Sea, and the upper-level convergence

FIG. 5. Composite of (a) monthly SST anomalies over the equatorial WP (108S–108N, 1508E–1708W) and (b) the

monthly Niño-3.4 index regressed onto D(0)JF(1) Niño-3.4 index for observations (black line), PC1 models (blue

line), and PC2 models (red line). The red and blue shading labeled Dev and Dec represent the developing and

decaying phase in the evolution of SST anomalies, respectively.
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center moves to the CEP (figure not shown), corre-

sponding with southeast shift of NWPAC. It indicates

that the SST pattern over the whole Indo-Pacific sector

is important for simulating reasonable NWPAC in

EOF2 mode.

Figure 4b further demonstrates that PC2 is closely

related to SST anomalies over the Indo-Pacific sector,

and the correlation coefficient between them is 0.84,

which reaches the 99% significance level. That is to say,

stronger (weaker) SST anomalies over the equatorial

CEP, TIO, and NWP tend to produce a stronger (weaker)

anomalous anticyclone with location shifted more (less)

northward. Note that correlation coefficients between

PC2 and SST anomalies in any one or two of the three

regions are also calculated and lower than that using all

the three regions.

As reviewed in the introduction, the SST anomalies

over the Indo-Pacific sector could be largely explained

by ENSO-induced atmospheric and oceanic processes,

and the differences of the SST response there are con-

trolled by different ENSO intensities (e.g., Klein et al.

1999; Chiang and Sobel 2002; Xie et al. 2002; Lau and

Nath 2003; Chiang and Lintner 2005; Du et al. 2009; Tao

et al. 2014). PC21 and PC22models simulate larger and

smaller SST anomalies over the equatorial CEP, TIO,

and NWP than observations, suggesting stronger and

weaker ENSO intensity, respectively. Therefore, the

EOF2 mode reveals that the discrepancy of models from

FIG. 6. Composite of mixed layer temperature budget terms (K month21) during the

(a) developing and (b) decaying phase in the evolution of equatorial WP (108S–108N, 1508E–

1708W) SST anomalies for observations, PC11 models, and PC12 models. Numbers 3–12

represent the terms 2u0›T/›x, 2y0›T/›y, 2w0›T/›z, 2u›T 0/›x, 2y›T 0/›y, 2w›T 0/›z,

2u0›T 0/›x, 2y0›T 0/›y, 2w0›T 0/›z, and Q0
net/rCPH, respectively. No. 2 represents the sum of

3–12, and No. 1 represents the term of ›T 0/›t. For more details about the mixed layer tem-

perature tendency equation, see section 2. The red and blue shading represents the dominant

positive and negative contribution, respectively.
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observations in simulating ENSO intensity leads to

NWPAC biases.

Kosaka et al. (2013) revealed that the NWPAC is the

atmospheric manifestation of an air–sea coupled mode.

Thus, the simulation of NWPAC could be affected by

both the biases of internal variability and external

forcing in models. However, in present study, the above

analysis of the two leading modes suggests that the SST

biases mainly contribute to NWPAC biases during the

decaying phase of ENSO, and originate from two parts:

One is related to the biases of SST anomalies over the

equatorial WP, and the other depends on ENSO in-

tensity. PC11 models simulate unrealistic SST anoma-

lies over the equatorial WP, and there is an anomalous

cyclone rather than anticyclone over the NWP. In ad-

dition, PC21 models simulate stronger ENSO and re-

lated larger SST response over the Indo-Pacific sector

than PC22 models and tend to produce a stronger

NWPAC with northward shift. We also apply an inter-

model singular value decomposition (SVD) analysis

between NWPAC biases (108S–408N, 908E–1708W) and

SST biases (208S–208N, 408E–908W), and the results of

SVD analysis confirm those of EOF analysis, empha-

sizing the dominant contribution of SST biases (figure

not shown). Thus, in sections 4 and 5 the possible

mechanisms causing the biases of ENSO-related SST

anomalies for EOF1 and EOF2 mode will be explored,

respectively.

4. Unrealistic equatorial WP SST anomalies

The evolution of monthly SST anomalies over

the equatorial WP for observation, PC11 models, and

PC12 models is shown in Fig. 5a. Indeed, PC12 models

capture the weak equatorial WP SST anomalies, which

is close to the observations. However, significant SST

anomalies develop there from July(0) and persist

through July(1) in PC11 models, suggesting an overly

westward extension of the ENSO warm tongue. In ob-

servations, some El Niño or La Niña events could persist

long enough to produce another event (Z.-Z. Hu et al.

2014; Lee et al. 2014; Chowdary et al. 2017, 2016; Tao

et al. 2017), such as the 1986–88 El Niño event and 1998–

2000 La Niña event. However, in PC11 models, the

persisting SST anomalies extend more westward and

reach the WP.

To better investigate the bias of overly westward ex-

tension in ENSO simulation and its development and

persistence mechanism, a mixed layer heat budget

analysis is conducted to diagnose the tendency of mixed

layer temperature anomaly (MLTA) during the de-

veloping and decaying phase in the evolution of

FIG. 7. Composite of mean temperature transported by anomalous zonal currents (shaded; K month21), mean

zonal temperature gradient (contours; CI is 0.5 3 86 40021 3 3021 K m21, and negative contours are dashed), and

zonal ocean currents (vectors; m s21) regressed onto D(0)JF(1) Niño-3.4 index, averaged over 108S–108N as

a function of longitude and calendar month for (a) observations, (b) PC11 models, and (c) PC12 models. Red

dashed boxes represent longitude and month range for the developing and decaying phases.
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equatorial WP SST anomalies. Here, a developing

(decaying) phase is from July(0) to December(0) [from

February(1) to July(1)], as represented by the red (blue)

shading in Fig. 5a. Figure 6 shows the regressed mixed

layer temperature budget terms over the equatorial WP

during the developing and decaying phase for observa-

tion, PC11 models, and PC12 models. Note that the

estimated MLTA tendency (term 2) is close to the actual

temperature tendency (term 1), indicating that the mixed

layer heat budget diagnosis results are credible.

During the developing phase, terms 3 and 7 make a

major positive contribution to the development of un-

realistic equatorial WP SST anomalies in PC11 models

(Fig. 6a). PC12 models also show the stronger positive

contribution than observations in these two terms, which

are further compensated by the damping processes, as in

terms 5, 9, and 12. Although the simulation of these

terms in PC11 models is comparable to observations,

the weaker damping processes in PC11 than PC12
models could favor the development of equatorial WP

SST anomalies to some extent. Moreover, the positive

contribution of terms 3 and 7 in PC11 models persists

through the decaying phase (Fig. 6b). Note that, in these

enhancing and damping processes, the discrepancies of

terms 5, 7, and 9 (2w0›T/›z, 2y›T 0/›y, and 2u0›T 0/›x,

respectively) in observations and models are largely

controlled by the anomalous parts involved in these

terms (Figs. S1–S3 in the supplemental material), and

could be further attribute to the different ocean tem-

perature anomalies, indicating the self-adjustment of

anomalous ocean temperature. The remaining two

terms, terms 3 and 12, seem to be the key processes and

will be analyzed in next subsection.

a. Analysis for main processes

Term 3 (2u0›T/›x) is the advection of mean temper-

ature by anomalous zonal currents, and Fig. 7 presents

the composite maps of 2u0›T/›x and its related mean

zonal temperature gradient 2›T/›x and anomalous

zonal currents u0 as a function of longitude and calendar

month for observations, PC11 models, and PC12
models. The center position of warm zonal advection

displays a huge difference between observations and

models. In PC11 models, the positive values are located

over the WP from developing to decaying phase

(Fig. 7b) and largely contribute to the development and

persistence of anomalous warm SST there (Figs. 6a,b).

However, there are positive (negative) values over the

eastern and central Pacific during the developing (de-

caying) phase in observations and PC12 models, re-

spectively (Figs. 7a and 7c, respectively). Furthermore,

the zonal advection is highly determined by the 2›T/›x

and u0. Compared with observations and PC12 models,

2›T/›x and u0 are mainly concentrated over the WP in

PC11 models. The bias of 2›T/›x originates from mean

ocean temperature, and the bias of u0 is coupled with

anomalous ocean temperature. The results are partly

consistent with Jiang et al. (2017), who emphasized the

importance of 2u0›T/›x in maintaining equatorial WP

SST anomalies during the decaying phase. Furthermore,

we also point out its crucial role in causing the SST

anomalies there.

PC12 models capture the strongest cooling effect of

NHF (term 12, Q0
net/rCPH) during the developing

phase, and the simulation of Q0
net/rCPH in PC11

models is comparable to observations (Fig. 6a). More-

over, the NHF could be given by Qnet 5 Qlh 1 Qsh 1
Qlw 1 Qsw, where Qlh, Qsh, Qlw, and Qsw are the LHF,

SHF, LWR, and SWR, respectively. As shown in Fig. 8,

SWR dominates in the four terms. The composite maps

of Q0
net/rCPH and Q0

sw/rCPH as a function of longitude

and calendar month for observations, PC11 models,

and PC12 models are shown in Fig. 9. Indeed, the pat-

tern of NHF anomalies is consistent with the pattern of

SWR both in observations and models. Compared with

observations and PC11 models, the SWR anomalies

over the central Pacific are overestimated in PC12
models, leading to excessive damping effect of NHF

there (Figs. 9a–c). The SWR is highly associated with the

FIG. 8. Composite of surface NHF, LHF, SHF, LWR, and

SWR (K month21) contributing to the mixed layer temperature

tendency during the developing phase in the evolution of equato-

rial WP (108S–108N, 1508E–1708W) SST anomalies for ob-

servations, PC11 models, and PC12 models. Numbers 1–5

represent the termsQ0
net/rCPH,Q0

lh/rCPH,Q0
sh/rCPH,Q0

sw/rCPH,

and Q0
lw/rCPH, respectively. The blue shading represents the

dominant contribution.
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rainfall or cumulus convection over the tropic via the

SST–SWR feedback (Ramanathan and Collins 1991),

which is further related to the simulation of SST and will

be discussed in the next subsection. Note that, using a

different time period or surface heat fluxes from the

Objectively Analyzed Air–Sea Fluxes (OAFlux; Yu and

Weller 2007) project, the 40-yr European Centre for

Medium-Range Weather Forecasts (ECMWF) Re-

Analysis (ERA-40; Uppala et al. 2005), and the

National Oceanography Centre Southampton Flux

Dataset, version 2.0 (NOCSv2.0; Berry and Kent 2009),

does not alter major conclusions, such as the significant

damping effect of NHF, the dominant role of SWR, and

large difference between PC11 and PC12 models in

Q0
net/rCPH and Q0

sw/rCPH (Fig. S4 in the supplemental

material).

b. Tracking back to climatology mean state

As shown in the above two subsections, the unrealistic

equatorial WP SST anomalies in PC11 models are

mainly affected by 2u0›T/›x, and this term persists

through the decaying phase. PC12 models also show

stronger positive contribution than observations in this

term, which is further compensated by the damping ef-

fect of Q0
net/rCPH. The weak damping process in PC11

models could favor the development of equatorial WP

SST anomalies somewhat.

Those two key processes, both 2u0›T/›x and

Q0
net/rCPH, are controlled by mean and anomalous

ocean temperature. Moreover, the simulation of

ENSO-related ocean temperature anomalies is often

determined by the mean state (e.g., Guilyardi 2006;

Spencer et al. 2007; Jin et al. 2008; Magnusson et al.

2013; Kim et al. 2014). Thus, Fig. 10 presents the 3D

structure of mean ocean temperature and currents, and

their differences with PC11 models and PC12 models,

respectively. Compared with observations, PC11
models represent cold SST differences along with in-

sufficient precipitation and easterly winds (Fig. 10b),

suggestive of an excessive equatorial Pacific cold tongue

(Yu and Mechoso 1999; Luo et al. 2005; Zheng et al.

2012; Li and Xie 2014; Li et al. 2015). Moreover, ex-

cessive precipitation differences exist over much of the

North and South Pacific, which is related to the double-

ITCZ problem (Zhang and Wang 2006; Hirota et al.

2011; Hwang and Frierson 2013). The similar differences

are present in PC12 models but with weak intensity

(Fig. 10c).

Because of the excessive equatorial Pacific cold tongue

in PC11 models, ENSO-related warming is hard to in-

crease convection effectively. Thus, the rainfall response

is weakened and reduces the downward SWR anomalies,

which favor the development of equatorial WP SST

anomalies. However, owing to weak SST differences in

FIG. 9. Composite of surface NHF (shaded; K month21) and SWR (contours; CI is 0.023 86 40021 3 3021 K m21,

and negative contours are dashed) contributing to the mixed layer temperature tendency regressed onto D(0)JF(1)

Niño-3.4 index, averaged over 108S–108N as a function of longitude and calendar month for (a) observations,

(b) PC11 models, and (c) PC12 models. Red dashed boxes represent longitude and month range for the de-

veloping and decaying phases.
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PC12 models, rainfall anomalies are more sensitive to

anomalous SST, indicating a stronger SST–SWR feed-

back than PC11 models. Also, as shown in section 4a,

2u0›T/›x partly depends on the zonal structure of cli-

matology mean temperature, and 2›T/›x is increased

as a result of cold ocean temperature biases in PC11
models. As a result, unrealistic equatorial WP SST

anomalies in models could be attributed to the equatorial

Pacific cold tongue bias.

Previous studies revealed that the excessive equato-

rial Pacific cold tongue and double-ITCZ problem are

partly related (Neelin et al. 1992; Mechoso et al. 1995; de

Szoeke et al. 2007; Lin 2007). The causes of these model

problems are still in dispute, as some studies emphasized

the atmospheric origins (Yu and Mechoso 1999; Luo

et al. 2005) and some indicated that the errors might

come from the ocean models (Li and Xie 2014; Li et al.

2015), and others revealed the importance of air–sea

feedback (Lin 2007). However, in contrast to the pre-

vious studies (Li and Xie 2014; Li et al. 2015), Bjerknes

feedback does not seem to work here (Figs. 10e,f,h,i).

Although there is no obvious difference in ocean cur-

rents between PC11 and PC12 models, the ocean heat

advection could cause the equatorial Pacific cold tongue

bias resulting from erroneous subsurface temperature

structure in PC11 models, as mentioned by Zheng et al.

(2012). Also, the atmospheric origins, as LHF and SWR

and their related SST–LHF and SST–SWR feedbacks,

might also make a contribution. Further analysis of the

biases in climatology state is beyond the scope of this

study and should be discussed in the future.

5. ENSO intensity

As shown in Fig. 5b, ENSO intensity is comparable

between observation and PC21 models at its mature

FIG. 10. (a) Annual mean SST (shaded; 8C), 1000-hPa winds (vectors; m s21), and precipitation (contours; mm) in observations, and its

difference with (b) PC11 models (PC11 models minus observations), and (c) PC12 models (PC12 models minus observations). Con-

tours for precipitation are drawn with a CI of 1.5 mm (2.0, 3.5, 5.0, 6.5, 8.0, 9.5, and 11.0 mm) in (a) and 1.5 mm (61.0, 62.5, and 64.0 mm,

negative contours are dashed) in (b), (c). (d) Annual mean ocean temperature (shaded; 8C) and currents (vectors; u is m s21, and w is

scaled by 20 00021 m s21) along the equator (108S–108N), and the difference with (e) PC11 and (f) PC12 models. (g) Annual mean ocean

temperature (shaded; 8C) and currents (vectors; y is m s21, and w is scaled by 20 00021 m s21) averaged over the equatorial WP (1508E–

1708W), and its difference with (h) PC11 and (i) PC12 models.
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phase, and PC22 models simulate the weakest ENSO.

In addition, PC21 and PC22 models capture the slow-

est and fastest ENSO decaying pace, respectively. This is

consistent with Lee et al. (2014), who found that strong

El Niño event tends to persist into the boreal spring,

whereas a weak El Niño favors a rapid decay shortly

after its peak in the first mode of inter–El Niño vari-

ability. Feng et al. (2014) revealed that Pacific decadal

oscillation (PDO) could modulate the relationship be-

tween ENSO and the NWPAC through the decaying

pace of El Niño, and the slow and fast decaying pace

correspond to the high and low PDO phase, respec-

tively. However, in present study, both observation and

models are in the high PDO phase (Figs. 3a,d,e), which

does not seem to cause the different ENSO decaying pace.

The discrepancies in ENSO intensity and its evolution

feature in observation and models are investigated to fur-

ther explore the relevant mechanism. Here, a developing

(decaying) phase is from May(0) to November(0) [from

January(1) to July(1)], as represented by the red (blue)

shading in Fig. 5b.

The regressed mixed layer temperature budget terms

for CEP SST anomalies during the developing and

decaying phase for observation, PC21 models, and

PC22 models are shown in Fig. 11. During the de-

veloping phase, the discrepancies of terms 4, 7, and 8 in

observations and models contribute to the different

development of equatorial CEP SST anomalies and

cause discrepancies in ENSO intensity (Fig. 11a). The

enhancing effect of term 7 persists through the decaying

phase, along with the damping effect of term 3, causing

the different ENSO decaying pace (Fig. 11b). Actually,

terms 3 and 4 (2u0›T/›x and 2y0›T/›y) are controlled

by u0 and y0 respectively (Figs. S5 and S6 in the supple-

mental material), which are coupled with anomalous

ocean temperature, and these two terms reflect the

FIG. 11. As in Fig. 6, but for equatorial CEP SST anomalies (58S–58N, 1708–1208W) in ob-

servations, PC21 models, and PC22 models.

15 JULY 2018 T A O E T A L . 5721



self-adjustment of ENSO. Terms 7 and 8 will be further

explored.

a. Analysis for main processes

Here, term 7 (2y›T 0/›y), as the advection of anoma-

lous temperature by mean meridional currents, plays a

crucial role in the evolution of equatorial CEP SST

anomalies during the two phases (Figs. 11a and 11b, re-

spectively). Although anomalous ocean temperature lasts

slightly longer in PC21 models than in PC22 models and

observation, there is no significant discrepancy of2›T 0/›y
values in observation and models (Figs. 12a–c). Moreover,

y is the weakest in PC22 models, and comparable in

PC21 models and observations. Thus, PC22 models

simulate the weakest 2y›T 0/›y, and the discrepancy of

this term originates from the bias of y.

Figure 13 presents the composite of anomalous tem-

perature transported by mean vertical currents (term 8,

2w›T 0/›z), which depends on the vertical structure of

anomalous ocean temperature 2›T 0/›z and mean up-

welling velocity w, and indicates the thermocline feed-

back. Both 2›T 0/›z and w are weaker in PC22 models

than the other two groups, leading to the weaker ther-

mocline response (Figs. 11a and 13a–c).

b. Tracking back to climatology mean state

As shown in the previous two subsections, 2y›T 0/›y
and 2w›T 0/›z in the developing phase are important in

causing the discrepancies in ENSO intensity and its evo-

lution features in observations and models, and thus the

related y and w seem to be a key problem. Figure 14

presents the 3D structure of mean ocean temperature and

currents, and its difference with PC21 models and PC22
models, respectively. In observations, both the zonal and

meridional–vertical cross sections of mean ocean currents

show the significant upwelling over the equatorial CEP

(Figs. 14b,c). Corresponding to the poleward currents at

the surface and equatorward flow at the subsurface, it

forms two meridional overturning circulations, called the

subtropical cells (STCs; McCreary and Lu 1994). PC21
models do not show notable differences of ocean currents

with observations (Figs. 14e,h). However, for PC22
models, the upwelling over the equatorial CEP is much

weaker than observation (Fig. 14h), and the difference

of STCs shows reverse meridional overturning circula-

tion, indicating the weak intensity of STCs (Fig. 14i).

Previous studies have shown that STCs could affect

the ENSO amplitude and variability (Kleeman et al.

FIG. 12. Composite of anomalous temperature transported by mean meridional currents (shaded; K month21),

meridional temperature gradient (contours; CI is 0.4 3 86 40021 3 3021 K m21, and negative contours are dashed)

regressed onto D(0)JF(1) Niño-3.4 index, and mean meridional ocean currents (vectors; m s21) averaged over 1708–
1208W as a function of calendar month and latitude for (a) observations, (b) PC11 models, and (c) PC12 models.

Red dashed boxes represent month range and latitude for the developing and decaying phases.
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1999; Merryfield and Boer 2005; Eichler et al. 2006;

Meehl et al. 2006; Schott et al. 2008; Wen et al. 2014;

Chen et al. 2015; Chen et al. 2017). Associated with weak

bias of STCs in PC22models, y- andw-related2y›T 0/›y
and 2w›T 0/›z are weak, consequently leading to

weaker ENSO intensity than observations and PC21
models. Note that the differences of SST, winds, and

precipitation are weak in PC22 models, as shown in

Fig. 14c. Thus, in contrast to the atmospheric origins or

air–sea interaction, the STCs’ biases might originate

from ocean models themselves, such as a poor ocean

mixing scheme. More work is needed to investigate this

possibility by analyzing the Ocean Model Intercomparison

Project simulations.

6. Summary

This study has evaluated the biases of NWPAC during

ENSO decaying summer and its possible mechanisms

involved in 32 CMIP5 models. The main conclusions are

summarized as follows.

The first EOF mode of NWPAC biases, explaining

21.3% of total intermodel variance, exhibits a meridio-

nal dipole structure of circulation anomalies, which are

almost opposite to observations. There is an anomalous

cyclone over the NWP, indicating a weaker NWPAC.

The cyclone is a westward Rossby wave response to

equatorial WP warming in association with positive

rainfall anomalies. Thus, models with colder (warmer)

SST anomalies over the equatorial WP would have a

better (poorer) performance of NWPAC.

The unrealistic equatorial WP SST anomalies in

PC11 models are affected by 2u0›T/›x and 2y›T 0/›y,

and these two terms persist through the decaying phase.

PC12 models also show the stronger positive contri-

bution than observations in these two terms, which are

further compensated by the damping processes, as

2w0›T/›z, 2u0›T 0/›x, and Q0
net/rCPH. The weak damp-

ing processes in PC11 models could favor the devel-

opment of equatorial WP SST anomalies to some

extent.

Further analysis reveals that2y›T 0/›y,2w0›T/›z, and

2u0›T 0/›x emphasize the influence of anomalous ocean

temperature, and indicate the self-adjustment of equa-

torial WP SST anomalies. The remaining two terms,

2u0›T/›x and Q0
net/rCPH, are the key processes, and

these two terms depend on the zonal structure of

mean ocean temperature and climatology mean SST,

FIG. 13. Composite of anomalous temperature transported by mean vertical currents (shaded; K month21),

vertical temperature gradient (contours; CI is 86 40021 3 3021 3 104 K m21, and negative contours are dashed)

regressed onto D(0)JF(1) Niño-3.4 index, and mean vertical ocean currents (vectors; 1025 m s21) averaged over

equatorial CEP (58S–58N, 1708–1208W) as a function of calendar month and depth for (a) observations,

(b) PC21 models, and (c) PC22 models. Red dashed boxes represent month and depth range for the

developing phase.
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respectively. The excessive equatorial Pacific cold

tongue in PC11 models, on the one hand, increases

2›T/›x, which further intensifies 2u0›T/›x, and favors

the development and persistence of equatorial WP SST

anomalies. On the other hand, ENSO-related warming

is hard to increase convection effectively because of the

cold SST biases. Thus, the resulting weakened rainfall

response reduces the SWR anomalies, contributing to

the SST anomalies there. However, in PC12 models

rainfall anomalies are more sensitive to anomalous SST,

strengthening the upward SWR anomalies and further

Q0
net/rCPH. Thus, the enhancing effect of 2u0›T/›x is

compensated by the damping process, preventing the

development of equatorial WP SST anomalies. The

detailed mechanism is summarized in Fig. 15.

The second EOF mode of NWPAC biases, explaining

18.6% of total intermodel variance, exhibits a meridio-

nal dipole structure of circulation anomalies and cap-

tures an anomalous anticyclone over the NWP, which

shifts more northward than observations. The SST

anomalies show a tripole pattern over the Indo-Pacific

sector, with warming over the equatorial CEP and TIO

and cooling over the WP. In addition, the associated

rainfall anomalies exhibit a dipole pattern over the

tropical Pacific. Thus, models with stronger (weaker)

SST anomalies over the equatorial CEP, TIO, and NWP

tend to produce a stronger (weaker) anomalous NWPAC

shifting more (less) northward.

The TIO and NWP SST anomalies could be largely

explained by ENSO-induced atmospheric and oceanic

processes, and the differences of SST response there are

controlled by different ENSO intensity. PC21 and

PC22 models simulate larger and smaller SST anoma-

lies over the equatorial CEP, TIO, and NWP than ob-

servations, suggesting the stronger and weaker ENSO

intensity, respectively. Therefore, the EOF2 mode re-

veals that the discrepancy of models simulating ENSO

intensity leads to NWPAC biases.

During the developing phase, the discrepancies of

2y0›T/›y, 2y›T 0/›y, and 2w›T 0/›z in observations and

models contribute to the different development of

equatorial CEP SST anomalies and cause discrepancies

in ENSO intensity, as shown in Fig. 15b. The enhancing

effect of 2y›T 0/›y could persist into the decaying phase

FIG. 14. As in Fig. 10, but for observations, PC21 models, and PC22 models. Note that (d)–(f) are along the equator (58S–58N), and

(g)–(i) are averaged over the equatorial CEP (1708–1208W).
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and cooperate with2u0›T/›x to cause the different ENSO

decaying pace. Actually, 2y0›T/›y and 2u0›T/›x are

controlled by y0 and u0, respectively, which are coupled

with anomalous ocean temperature, and these two terms

reflect the self-adjustment of ENSO. The other two terms,

2y›T 0/›y and 2w›T 0/›z in the developing phase, are

more important in causing the discrepancies in ENSO

intensity and its evolution feature, and these two terms are

determined by y andw, respectively. Associated with weak

bias of STCs in PC22 models, y- and w-related 2y›T 0/›y
and 2w›T 0/›z are weak, consequently leading to weaker

ENSO intensity than in observations and PC21 models.
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relationship. Based on the energy conversion analysis, the 
related anomalies achieve barotropic and baroclinic energy 
from the mean flow during the periods with strong ENSO-
EASM relationship. On the contrary, during the low-corre-
lation periods, the energy conversion is too weak to form the 
link between the tropics and mid-latitudes. The main reason 
for the multidecadal variations of ENSO-EASM relation-
ship is the amplitude discrepancy of SST anomalies over 
the Indo-western Pacific Ocean which, in turn, leads to the 
intensity difference of the western North Pacific anomalous 
anticyclone (WPAC) and related climate anomalies.

Keywords East Asian Summer monsoon · ENSO · 
Coupled climate model · Interannual · Multidecadal 
variations

1 Introduction

The East Asian summer monsoon (EASM) is one of most 
dominant climate systems in East Asia, where includes most 
parts of China, Japan and Korea. The variability of EASM 
has great social and economic influences. Thus, understand-
ing the processes for interannual to interdecadal variability 
of EASM is very crucial.

For the sake of perceiving and predicting the EASM vari-
ability, the monsoon index is a practical tool. There are more 
than 20 EASM indices and Wang et al. (2008b) stated that 
these indices can be divided into five groups. According to 
the difference of purposes, different indices can be used. The 
EASM index that we used in this paper is the one defined 
by Zhao et al. (2015) based on 200-hPa zonal wind. The 
EASM index chosen in this study is based on comprehensive 
consideration. There are many different indices to descript 
the East Asian summer monsoon variability, focusing on 

Abstract This study investigates the multidecadal varia-
tions of the interannual relationship between the East Asian 
summer monsoon (EASM) and El Niño-Southern Oscilla-
tion (ENSO) in 1000-year simulation of a coupled climate 
model. The interannual relationship between ENSO and 
EASM has experienced pronounced changes throughout the 
1000-year simulation. During the periods with significant 
ENSO-EASM relationship, the ENSO-related circulation 
anomalies show a Pacific-Japan (PJ)-like pattern with sig-
nificant wave-activity flux propagating from the tropics to 
the north in lower troposphere and from the mid-latitudes 
to the south in upper troposphere. The resultant ENSO-
related precipitation anomalies are more (less) than normal 
over the East Asia (western North Pacific) in the decaying 
summers of El Niño events. In contrast, the circulation and 
precipitation anomalies are weak over East Asia-western 
North Pacific during the periods with weak ENSO-EASM 
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different features, including rainfall, pressure, atmospheric 
circulation and the Meiyu front and so on. Previous stud-
ies have shown that the key processes of El Niño-Southern 
Oscillation (ENSO)’s impact on East Asia include a lower 
level anticyclone/cyclone in the Northwest Pacific (Wang 
et al. 2003; Xie et al. 2009) and upper circulation anomalies 
(Huang and Yan 1999). The index from Zhao et al. (2015) 
is selected because it properly contains not only the low-
level and upper-level circulation anomalies in the Northwest 
Pacific, but also the related features over the mid-latitudes 
and tropics. This index can capture well the interannual and 
interdecadal variability of EASM. Moreover, it shows highly 
predictable in ENSEMBLES models. Hence, it is proper 
index to study the relationship between EASM and ENSO.

As many researches have indicated, one of the most 
important factors affecting EASM is ENSO (Chen et al. 
1992; Zhang et al. 1999; Wang et al. 2000), the dominat-
ing mode in the tropical Pacific. The influence of ENSO 
events on EASM is indirect. In the decaying summer (June 
to August; JJA(1)) of El Niño events, an anomalous anti-
cyclone appears over the western North Pacific (WPAC) 
(Zhang et al. 1996, 1999; Wang et al. 2003). Although this 
anomalous anticyclone restrains the convection over the 
western North Pacific, it brings abundant moisture on its 
west flank to East Asia from the tropics (Wang et al. 2000; 
Wu and Kirtman 2003). Zhang et al. (1996) considered an 
atmospheric Rossby wave response induced by the western 
tropical Pacific convective cooling anomalies as the main 
reason of the generation of WPAC during the El Niño mature 
phase. Wang et al. (2000) proposed a wind-evaporation-SST 
(WES) feedback mechanism to explain the development and 
maintenance of WPAC from the El Niño matured winter to 
the following summer. Some other researches tend to con-
sider the tropical Indian Ocean warming as the dominant 
contributor of the WPAC (Yang et al. 2007; Wu et al. 2009; 
Xie et al. 2009). Moreover, the Indo-western Pacific Ocean 
capacitor (IPOC) effect is presented by Xie et al. (2016), 
who systematically explained and synthesized the theories 
that emphasized roles of SST cooling over the western North 
Pacific and SST warming over the North Indian Ocean. The 
IPOC effect reveals that both mechanisms are available just 
in a two-stage evolution. Recently, Zhang et al. (2017) sum-
marized major achievements about the impact of El Niño 
on the interannual variability of atmospheric circulations 
over East Asia through the WPAC, and how the WPAC is 
maintained from winter when El Niño is in its peak to the 
following summer by multiple factors.

As ENSO is an important factor in seasonal prediction of 
summer precipitation over the East Asia, understanding the 
relationship between ENSO and EASM has its great values. 
However, the relationship is not stationary and shows sig-
nificant decadal variations according to analysis of limited 
observational data and the phase 5 of the Coupled Model 

Intercomparison Project (CMIP5) outputs (Wu and Wang 
2002; Wang et al. 2008a; Huang et al. 2010; Xie et al. 2010; 
Hu et  al. 2014). The relationship of EASM and ENSO 
experienced an interdecadal change around the late 1970s 
(Wu and Wang 2002; Wang et al. 2008a; Xie et al. 2010; 
Huang et al. 2010). Wu and Wang (2002) mentioned that the 
increase of summer mean SST in the Philippine Sea after the 
1970s may change the location and intensity of anomalous 
convection over the western North Pacific, which induces 
the decadal variation of the relationship between EASM and 
ENSO. Using observational data and atmospheric general 
circulation model (AGCM), Xie et al. (2010) emphasized 
the role of SST change in the tropical Indian Ocean in the 
atmospheric response to ENSO. The change in the magni-
tude and period of ENSO and monsoon-ocean interaction 
variation may also have contribution to the decadal varia-
tions (Wang et al. 2008a). In addition, Song and Zhou (2015) 
showed that the internal variability is the most important 
factor in the decadal change. However, previous researches 
about the decadal variations have their own drawbacks and 
are restricted by the limited available time of the observa-
tional data. In this paper, a 1000 year control run in a cou-
pled climate model is used to study the multidecadal varia-
tions of the relationship between ENSO and EASM and its 
possible mechanisms.

The rest of this paper is organized as follows. The model 
and data used in this paper are introduced in Sect. 2. The 
results of multidecadal variations of the interannual relation-
ship between EASM and ENSO and its circulation anoma-
lies are described in Sect. 3. The possible mechanism for 
the multidecadal variations is analyzed in Sect. 4. Section 5 
summarizes the main results.

2  Model, data and analysis methods

In this study, we used output from a coupled model, called the 
integrated coupled model (ICM). The ICM is an atmosphere-
ocean-sea ice coupled general model without flux adjust-
ment, which is developed at the Center for Monsoon System 
Research, Institute of Atmospheric Physics (CMSR/IAP), 
Chinese Academy of Sciences, since 2008. This model inte-
grates the Hamburg Atmospheric General Circulation Model 
Version 5 (ECHAM5) (Roeckner and Coauthos 2003) and 
the Nucleus for European Modeling of the Ocean Version 2.3 
(NEMO 2.3) (Madec 2008) using the Ocean Atmosphere Sea 
Ice Soil Version 3 (OASIS3) (Valcke 2006) as the coupler. Its 
framework is similar to the Kiel Climate Model (KCM) (Park 
et al. 2009) and SINTX (Gualdi et al. 2003; Luo et al. 2005). 
ICM can well reproduce the distribution of precipitation and 
sea surface temperature (SST), and the ENSO-related summer 
climate over East Asian-western North Pacific is successfully 
simulated too (Huang et al. 2014). More details of ICM can be 
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found in Huang et al. (2014). Moreover, a new version of ICM 
(ICM.V2) has been developed through many researches’ joint 
efforts (Liu et al. 2017). The new version has improvements in 
simulating mean state of SST and precipitation, and has more 
realistic ENSO cycle and effects on the East Asian summer 
climate. The ICM.V2 simulated seasonal cycle of SST devia-
tion from the annual mean over the equatorial Pacific is quite 
similar to that in observations. The correlation coefficient of 
the seasonal evolution of SST deviation along the equatorial 
Pacific reaches 0.67 between the ICM.V2 and the observa-
tions. The power spectrum of Niño3 SST anomalies displays 
a peak around 3.75-year in the observations and 3.33-year in 
the ICM.V2. The standard deviation of decadal variation of 
the EASM index obtained by 21-year running mean is about 
1.7 in the model, compared to 1.2 in the observations. The 
ENSO-related SST anomalies in the equatorial Pacific decay 
slower in the ICM.V2 than in the observations (Huang et al. 
2014; Liu et al. 2017), which is a common bias in most of the 
coupled general circulation models (GCMs). In this paper, the 
ICM.V2 is used as it has a good performance in simulating the 
characters of ENSO and EASM and is a proper model to study 
the EASM-ENSO relationship. The data we used here is the 
1000 years control experiment.

In order to verify the conclusion we made, an AGCM 
named ECHAM5, the Hamburg version of the European Cen-
tre for Medium-Range Weather Forecasts (ECMWF) model 
(Roeckner et al. 2006), is used for our subsequent several sen-
sitive experiments. We employ the version of ECHAM5 with 
triangular truncation at zonal wave number 63 (T63) and 19 
sigma levels in the vertical.

A Niño-3.4 index, which is used to represent ENSO events 
in this paper, is computed by averaging the December-Febru-
ary (DJF) SSTs over the domain of 5°S–5°N, 120°–170°W. 
The EASM index (Zhao et al. 2015) is calculated by 

Here, Nor represents normalized and u is the JJA mean of 
200-hPa zonal wind.

To make clear of the energy conversion from mean state to 
anomalous fields, barotropic and baroclinic energy conversions 
analyses are applied. The local barotropic energy conversion 
CK associated with the normalized previous DJF Niño-3.4 
index is calculated following the formula provided by Hoskins 
et al. (1983) and Simmons et al. (1983): 

Here, u′ and v′ represent the ENSO-related zonal and 
meridional wind anomaly, respectively, ū and v̄ respectively 
represent the mean state of zonal and meridional wind. 

EASMI =Nor(u(2.5◦ − 10◦N, 105◦ − 140◦E)

− u(17.5◦ − 22.5◦N, 105◦ − 140◦E)

+ u(30◦ − 37.5◦N, 105◦ − 140◦E)).

CK =
v�2 − u�2

2

(
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)
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Positive CK implies the conversion of kinetic energy from 
the mean flow to the anomalies associated with the ENSO.

The vertical integral of local baroclinic energy conver-
sion (CP) is based on the following equation (Kosaka and 
Nakamura 2006): 

Here, T ′, u′ and v′ is the temperature, zonal and meridional 
wind anomaly in each altitude associated with the normal-
ized previous DJF Niño-3.4 index, respectively. ū and v̄ are 
the same as which in the equation CK but contains vertical 
dimension, � denotes 𝜎 =

RT̄

cpp
−

dT̄

dp
. In addition, the square 

bracket represents a vertical integral from the surface to 100-
hPa level.

Throughout this paper, analysis methods include regres-
sion, correlation and physical analysis. The significant levels 
are computed with the standard two-tailed Student’s t test.

3  The multidecadal variations of EASM‑ENSO 
relationship

In order to investigate decadal variation in the interannual 
relationship between EASM and ENSO, 21-year sliding 
correlation method is applied. Figure 1 shows the 21-year 
sliding correlation between previous boreal winter (DJF) 
Niño-3.4 index and EASMI in a 1000-year control run. The 
correlation shows obvious multidecadal variations, rang-
ing from − 0.22 to 0.78, indicating an unstable relationship 
between EASM and ENSO. This phenomenon is similar to 
that obtained based on observations and CMIP5 data (Hu 
et al. 2014; Song and Zhou 2015), but the range of the cor-
relation coefficient in ICM is relatively bigger than that in 
the observations. As indicated by Hu et al. (2014), not all 
CMIP5 models can capture this unstable relationship. There-
fore, ICM, the model used in present study, is quite suitable 
for analyzing the multidecadal variations in the EASM-
ENSO relationship.

According to the 21-year sliding correlation, we 
choose two sets of periods from the 1000 year run for 
composite analysis. One is the high correlation periods 
(red curve segments in Fig. 1), and another is the low one 
(blue curve segments in Fig. 1). Both include 10 21-year 
periods, constituting 210 years. It is worth to mention that 
the low correlation periods are chosen from the 21-year 
sliding correlation coefficient close to zero to obtain the 
greater difference between the high- and low-correlation 
periods in corresponding circulation patterns. The follow-
ing analysis is all based on these two sets of data except 
for additional notice.

CP = −

[
f

𝜎
v�T � 𝜕ū

𝜕p
−

f

𝜎
u�T � 𝜕v̄

𝜕p

]
.
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3.1  Precipitation anomaly

Based on the selected two types of periods, the correspond-
ing spatial patterns of JJA(1) precipitation regressed onto 
normalized previous DJF Niño-3.4 index over the Indo-
Pacific are shown in Fig. 2. During the high-correlation 
periods (Fig. 2a), the distribution of JJA(1) precipitation 

shows a distinct tripole meridional pattern over the tropi-
cal and mid-latitude of the western Pacific, with two obvi-
ous positive rain anomaly bands located over the western 
tropical Pacific and Meiyu-Changma-Baiu region which 
extends from the Yangtze River valley in China to east of 
Japan, and negative rainfall anomaly located in between. 
By contrast, the magnitude of precipitation anomalies over 

Fig. 1  The 21-year sliding 
correlation between Niño-3.4 
index in the previous winter 
and the EASM index during 
1-1000 years in ICM model. 
The dashed line indicates run-
ning correlation significant at 
the 5% level. The red (blue) 
curve segments represent the 
high (low)-correlation periods 
we choose with green (yellow) 
solid circles in their middle 
years

 

(a) (b)

(c)

Fig. 2  The regression pattern of JJA(1) precipitation with respect 
to normalized previous winter Niño-3.4 index for a high- and b low-
correlation periods and c its difference. The a, b shaded and c dotted 

on the map indicate precipitation are significant at the 5% level using 
Student’s t test
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the tripole rain bands is smaller during the low-correlation 
periods (Fig. 2b), especially in the mid-latitudes. As such, 
the difference of the precipitation anomalies between the 
high-correlation and low-correlation periods display a dis-
tribution of more precipitation in Meiyu-Changma-Baiu rain 
bands and less precipitation over the western subtropical 
North Pacific around 10°–30°N (Fig. 2c).

3.2  Circulation anomaly

The spatial patterns of JJA(1) 850-hPa wind and SLP asso-
ciated with the normalized previous DJF Niño-3.4 index 
are shown in Fig. 4. During the high-correlation periods, 
an evident anomalous anticyclone extends from the western 
North Pacific to east of China in the low-level, with a rela-
tive weak cyclone anomaly located to its north (Fig. 3a). The 
northwest flank of the anomalous anticyclone is a region 
of convergence between anomalous southerly and northerly 
winds, which induces more precipitation there (Fig. 2a). The 
anomalous wind distribution is characterized by a Pacific-
Japan (PJ; Nitta 1987)-like pattern with a positive SLP 
anomaly over the western North Pacific around 20°–30°N 

and a negative anomaly in its north around 30°–40°N. This 
dipole SLP anomaly pattern is similar to the results of Song 
and Zhou (2015) who selected 4 sets of periods based on 
the 20CR observational data (Compo et al. 2011). How-
ever, the dipole SLP anomaly pattern disappears and the 
low-level anomalous anticyclone is weak during the low-
correlation periods (Fig. 3b). From the distribution of dif-
ference between the two periods (Fig. 3c), we can clearly 
find that the main circulation discrepancy between these two 
periods lies over the western North Pacific and is similar to 
the pattern in the high-correlation periods.

From analyzing JJA(1) 200-hPa wind and 500-hPa 
omega anomalies associated with the normalized previous 
DJF Niño-3.4 index for high- and low-correlation periods 
(Fig. 4), we can find that the differences between the two 
periods in the high-level of troposphere are mainly concen-
trated on the following aspects. First, the upper-level wind 
anomalies show zonally elongated pattern in the high lati-
tudes over northeast China and the North Pacific, and feature 
a meridional wave structure in the high-correlation periods 
(Fig. 4a). In the low-correlation periods, there is no clear 
signal over the high latitude (Fig. 4b). Second, the 200-hPa 

(a) (b)

(c)

Fig. 3  The JJA(1) SLP (shaded; hPa) and 850-hPa wind (vector; m 
 s− 1) regressed onto previous winter Niño-3.4 index for a high- and 
b low-correlation periods and its difference (c). The a, b shaded and 

c dotted on the map indicate SLP is significant at the 5% level using 
Student’s t test. The 850-hPa wind is shown when meridional or zonal 
component is significant at the 5% level using Student’s t test
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circulation pattern is similar to that at the low-level (Fig. 3a), 
indicating a quasi-barotropic structure in the mid-latitudes 
but with stronger anomalous anticyclone over the western 
North Pacific extending westwards to inland China that has 
greater influences on the East Asian climate. During the low-
correlation periods, the anticyclone anomaly over the west-
ern North Pacific is much weaker and located more eastward 
(Fig. 3b). Third, there are significant negative omega anoma-
lies (ascending motions) over east China, Korea and south 
Japan in the high-correlation periods (Fig. 4c), whereas the 
vertical motion anomaly is weak or absent in the low-cor-
relation periods (Fig. 4d). Therefore, abundant moisture is 
brought by the southwesterly anomaly over the west flank of 
the low-level anomalous anticyclone and modulated by the 
high-level circulation, leading to more precipitation over the 
western North Pacific, especially over the Meiyu-Changma-
Baiu rain bands in the high-correlation periods.

3.3  Vorticity anomaly and wave activity flux

To investigate the propagation of the stationary Rossby 
waves, the horizontal components of wave-activity flux 
defined by Takaya and Nakamura (2001) is evaluated in our 
study. The regression of JJA(1) (a) 200-hPa and (b) 850-hPa 
vorticity onto the normalized previous DJF Niño-3.4 index 

and corresponding wave-activity flux during the two periods 
are shown in Fig. 5.

During the high-correlation periods, in the lower trop-
osphere (Fig. 5a), the main positive vorticity anomalies 
are located over the Tropics and mid-latitudes around 
30°–40°N. From the vorticity budget point of view, the 
positive vorticity anomaly is a local response to anomalous 
heating. Positive vorticity indicates the enhanced convec-
tion. The dominant negative vorticity anomaly is concen-
trated over the western North Pacific around 20°–30°N. 
These vorticity anomalies display a meridional structure 
from the Tropics to mid-latitudes. In the high-level tropo-
sphere (Fig. 5b), the primary positive vorticity anoma-
lies are located over the north-east of China and north of 
Japan. Moreover, a relative small positive vorticity exists 
over the west tropical Pacific around 150°E. Between 
these two positive anomalies, there has a zonal elongated 
negative vorticity anomaly over the western North Pacific. 
Compared to the low-level troposphere, the correspond-
ing vorticity anomalies display a northward displacement. 
During the low-correlation periods, the vorticity anoma-
lies are much smaller at both low-level and upper-level 
(Fig. 5c, d).

In addition, the stationary Rossby wave activity flux is 
shown in Fig. 5. During the high-correlation periods, in 

(a) (b)

(c) (d)

Fig. 4  The a, b 200-hPa wind (m  s− 1), and c, d 500-hPa omega 
(×25; Pa  s− 1), regressed onto normalized previous winter Niño-3.4 
index for a, c high- and b, d low-correlation periods. The wind is 

shown when the meridional or zonal component is significant at the 
5% level using Student’s t test



1677The multidecadal variations of the interannual relationship between the East Asian summer…

1 3

the low-level troposphere (Fig. 5a), the wave activity fluxes 
point from the Tropics northward to high-latitude area, 
which corresponds well with the anomalous vorticity. In 
contrast, in the 200-hPa (Fig. 5b), the wave activity fluxes 
tend to be in opposite direction, from the North to South. 
During the low-correlation periods, the wave activity flux 
has no significant signal except for lower-level tropics of the 
western Pacific (Fig. 5c, d).

As a whole, during the high-correlation periods, the low-
level and upper-level wave activity fluxes appear to suggest 
a positive feedback between the tropics and mid-latitudes. 
A perturbation over the western tropical Pacific in lower 
troposphere would trigger a wave train extending to the mid-
latitudes, and in turn the mid-latitude signal propagates to 
the south in the upper troposphere, and these processes form 
a significant positive feedback that intensifies the western 
North Pacific anticyclone anomaly.

4  The possible causes for the multidecadal 
variations on EASM‑ENSO relationship

To investigate how SST anomaly affects the atmospheric 
circulation, the seasonal evolution of SST anomalies is 

shown in Fig. 6. In the previous D(0)JF(1), the anomalous 
SST is characterized by El Niño-like pattern, with positive 
SST anomaly over the central and eastern Pacific, and two 
regions of negative anomalies off the western equatorial 
Pacific (Fig. 6a). Through subtracting the SST anomalies in 
the two periods, we can find significant differences over the 
eastern Tropical Pacific (Fig. 6d). Compared to the low-cor-
relation periods, the high-correlation periods have warmer 
SST anomaly in the region south of equator, indicating that 
the strength of ENSO has been relatively reinforced, and 
the Walker circulation could be weakened over the Tropical 
area. The SST difference pattern moves westward and dis-
plays a cooling over the tropical western Pacific in MAM(1) 
(Fig. 6e). This indicates that the SST cooling off the tropical 
western Pacific is decaying more slowly during the high-
correlation periods than during the low-correlation periods. 
In JJA(1), the positive SST anomaly difference in the west-
ern equatorial Pacific indicates that the model warm events 
are decaying slower than observations. This is a common 
bias present in most of coupled GCMs (Kim and Yu 2012; 
Bellenger et al. 2013; Gong et al. 2015), which may weaken 
the response of the Northwest Pacific summer monsoon to 
ENSO (Jiang et al. 2017). Although positive SST anomaly 
has gradually decayed over the Tropical Pacific, the Indian 

(a) (b)

(c) (d)

Fig. 5  The regression of a, c 850-hPa and b, d 200-hPa vorticity 
(contour; units: ×10− 6 s− 1) in JJA onto DJF Niño3.4 index and cor-
responding wave activity flux (vector; units:  m2  s− 2) during the a, b 

high-correlation and c, d low-correlation periods. The contours are 
± 4, ± 6, ± 8, ± 10 in a, c and ± 1, ± 2, ± 4, ± 6 in b, d; respectively



1678 B. Liu et al.

1 3

Ocean warming is still strong (Fig. 6c), which is due to 
weakening of surface wind and evaporation as anomalous 
winds are against the prevailing southwesterly winds over 
the North Indian Ocean according to the wind-evaporation-
SST (WES) feedback mechanism (Xie and Philander 1994; 
Wu et al. 2008; Du et al. 2009). Relatively speaking, the 
SST in the central and northern Indian Ocean, and South 
China Sea is significant warmer during the high-correla-
tion periods than that during the low-correlation periods 
(Fig. 6f). The difference of SST anomalies over the western 
Pacific could be related to the pace of ENSO decaying (Tao 
et al. 2015; Jiang et al. 2017). Different coupled GCMs from 
CMIP5 have the different pace of decay of ENSO events, 
which might relate to the unrealistic simulation of the cold 
tongue in models (Jiang et al. 2017). Based on previous 
studies, the Indian Ocean warming plays an important role 
in WPAC. However, the significant SST anomaly differ-
ence in the tropical Indian Ocean between the two periods 
is scattered. As such, the role of Indian Ocean warming 
might not the only reason caused the WPAC. Hence, we 
here hypothesis that the WPAC may be more strengthened 
by the combined functions of the Indian Ocean and the 
western tropical Pacific.

4.1  Indo‑Western Pacific Ocean capacitor effect

To verify the above hypothesis and understand the possible 
reason of the multidecadal variations in interannual relation-
ship between EASM-ENSO, first, we investigate the impact 
of the concurrent JJA(1) Indo-Western Pacific Ocean SST 
anomalies. The correlation of JJA(1) SST and 200-hPa geo-
potential height on normalized previous DJF Niño-3.4 are 
shown in Fig. 7. Based on the observations, the 200-hPa geo-
potential height anomalies display a Matsuno-Gill pattern 
(Matsuno 1996; Gill 1980) over the tropical Indian Ocean, 
with a Kelvin wave trough eastward to the equatorial west-
ern Pacific and two Rossby wave tails in the western Indian 
Ocean (Xie et al. 2009). There will be apparent response in 
the upper troposphere when the Indian Ocean warms up. The 
maximum positive correlation for SST during both two peri-
ods is located over the north Indian Ocean and the tropical 
western Pacific, but the correlation is higher during the high-
correlation periods than during the low-correlation periods 
over the southwest tropical Indian Ocean, the north Indian 
Ocean and South China Sea. In contrast, the correlation 
over the tropical western Pacific is higher during the low-
correlation periods. Another greater difference is located 
off the tropical western Pacific where the high-correlation 

(a) (d)

(b) (e)

(c) (f)

Fig. 6  The a D(0)JF(1), b MAM(1) and c JJA(1) SST (shaded; °C) 
regressed onto the normalized previous winter Niño-3.4 index for 
high-correlation periods and their differences between high- and low-

correlation periods in d D(0)JF(1), e MAM(1) and f JJA(1), respec-
tively. The black dots indicate SST is significant at the 5% level using 
Student’s t test
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periods have colder SST anomaly than the low-correlation 
periods. Furthermore, the 200-hPa geopotential height cor-
relation pattern displays a significant Matsuno-Gill pattern 
over the Indian Ocean during the high-correlation periods, 
with a Kelvin wave wedge penetrating to the western North 
Pacific (Fig. 7a). During the low-correlation periods, the 
wave extension to the western North Pacific is not obvious 
(Fig. 7b). Hence, the SST anomalies over the Indian Ocean 
and tropical western Pacific could play important roles in the 
strengthening of WPAC to modulate the multidecadal vari-
ations of EASM-ENSO relationship. Hu et al. (2014) have 
shown that the Indian Ocean warming has great impacts on 
the WPAC. Therefore, we will use an AGCM to further con-
firm the importance of SST anomalies over tropical western 
Pacific in the next subsection.

4.2  Sensitive experiment in an atmospheric general 
circulation model

In this subsection we use an AGCM to investigate the 
hypothesis that the multidecadal variations of the interan-
nual relationship between EASM-ENSO is mainly caused 
by the tropical SST change not only in the Indian Ocean 
but also in the tropical western Pacific. The model we used 
here is ECHAM5.4, which has a good performance in sim-
ulating the East Asian Summer Climate (Song and Zhou 
2014). Here, we have performed five experiences, named 
EXP_CON, EXP_HP, EXP_LP, EXP_CEP and EXP_P. In 
EXP_CON run, the specified SST forcing is climatological 
monthly mean SST. In EXP_HP run, the SST forcing is the 
SST anomalies over the Tropical Ocean area (20°S–20°N), 
which are double the regression of monthly SST anoma-
lies from January to August on its normalized D(0)JF(1) 
Niño-3.4 index during the high-correlation periods, added 
on the observed monthly climatology SST which is the same 
as in EXP_CON. In EXP_LP run, SST forcing is similar 

to EXP_HP but the SST anomalies are obtained from the 
low-correlation periods. The difference of the SST forcing 
between EXP_HP and EXP_LP is mainly located over the 
western tropical Pacific from January to May, with less dif-
ference over the Indian Ocean (Fig. 8a–e). When comes to 
JJA (Fig. 8f–h), the anomalous SST over the tropical Indian 
Ocean is relatively enhanced but still scattered. Therefore, 
the difference of these two sensitive experiments can explain 
the main effects of the SST discrepancy over the western 
tropical Pacific. In the last two experiments, the anomalous 
SST forcing is only imposed over the tropical Pacific Ocean. 
Specifically, the difference of SST anomalies between EXP_
HP and EXP_LP (Fig. 8) over the whole tropical Pacific 
added on EXP_CON are used to force the EXP_P experi-
ment. But in the EXP_CEP experiment, only the positive 
SST anomalies over the central and eastern tropical Pacific 
are added. The purpose of the last two experiments is to 
examine the contribution of SST anomalies in central and 
eastern equatorial Pacific. It is worthy to mention that the 
period of the added anomalous SST is only executed from 
January to August and run for 30 year in all experiments.

Figure 9 shows the spatial distribution of JJA mean 
precipitation and 850-hPa wind and the difference 
between these five experiments. In Fig. 9b, we can see an 
apparent meridional distribution of precipitation differ-
ence over the western Pacific, corresponding well with 
a meridional distribution of difference in 850-hPa wind. 
Over East Asia, especially Korea and Japan, more pre-
cipitation occurred in the EXP_HP, which is related to 
a cyclone anomaly, and an anticyclone anomaly appears 
over the western North Pacific. The above feature is well 
matched in the Northwest Pacific east of 140°E with the 
significant difference between previous high- and low-
correlation periods (Fig. 2c). One exception is the South 
China Sea where there is a strong air-sea interaction (He 
and Wu 2013). The difference of rainfall anomalies in the 

(a) (b)

Fig. 7  The correlation of JJA SST (shaded) and 200-hPa geopotential height (contours for correlation equal or greater than 0.4) with DJF Niño-
3.4 in a high- and b low-correlation periods
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(a) (b)

(c) (d)

(e) (f)

(g) (h)

Fig. 8  Difference of monthly averaged SST (shaded; °C) forcing 
between EXP_HP and EXP_LP atmospheric GCM runs arranged 
from a January to h August in order. The SST forcing of EXP_P and 

EXP_CEP are partly of those in a–h but which over the whole Pacific 
and only the positive SST in Pacific, respectively

(a) (b)

(c) (d)

Fig. 9  The spatial pattern of precipitation (shaded; mm  day− 1) and 850-hPa wind (vector; m  s− 1) on climatological JJA mean state in the a 
EXP_HP and their difference (b) between the EXP_HP and EXP_LP, c EXP_CEP and EXP_CON, and d EXP_P and EXP_CON, respectively
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South China Sea probably result from difference between 
coupled and SST forced simulations. As shown in Fig. 8, 
there are positive SST anomalies in the South China Sea, 
which may be forced by anticyclonic atmospheric cir-
culation and negative rainfall anomalies there (Fig. 2c) 
according to He and Wu (2013). While in the AGCM, 
these positive SST anomalies may produce positive rain-
fall anomalies, different from the observations. Overall, 
we may hence draw a conclusion that the previous tropical 
SST anomalies, especially SST anomalies over the Indo-
western tropical Pacific, play an important role in the 
circulation differences between different decades of inter-
annual relationship between EASM and ENSO. Which 
region of anomalous SST is the uppermost contributor? 
From the differences between EXP_CEP (Fig. 9c), EXP_P 
(Fig. 9d) and EXP_CON, we can see that the contribu-
tion of SST anomalies in the central and eastern tropi-
cal Pacific where the 850-hPa wind field over East Asia 
shows a cyclone structure (Fig. 9c) is opposite to the main 
effect of the whole tropical Pacific (Fig. 9d), indicating its 
negative effect on WPAC. Moreover, the effect of anoma-
lous SST over tropical Pacific (Fig. 9d) on the western 
Pacific circulation pattern is quite similar to that over 
the whole tropical Ocean (Fig. 9b), verifying the above 
hypothesis that the main contributor for the WPAC is the 
SST anomalies over the tropical Pacific, especially the 
cold SST anomalies off the tropics. In addition, compar-
ing the results of five experiments, some other conclu-
sions can also be found about Indian Ocean. First, the 
local effect of SST anomalies over tropical Indian Ocean 
forces a positive and negative rainfall pattern from the 
tropics to its north associated with warm SST anoma-
lies in the equator. Through analyzing the 850-hPa wind 
field, the anomalous SST over the tropical Indian Ocean 
motivates northeasterlies anomalies, which favor the 
Indian Ocean warming by reducing the climatological 
westerly winds according to the WES feedback mecha-
nism (Fig. 9b), which is apparently opposite to the only 
Pacific SST forcing experiments (Fig. 9c, d). Moreover, 
the Indian Ocean SST anomaly displays a teleconnection 
with the western Pacific summer climate from comparing 
Fig. 9b, d.

From the above sensitive experiments, we can make a 
conclusion that the SST anomalies of Indo-western Pacific 
play essential roles on the WPAC. This agrees with Wu 
et al. (2014) that demonstrated a combined effect of an 
east–west SST anomaly contrast between the North Indian 
Ocean and the central North Pacific on the WPAC in sum-
mer through AGCM experiments. Another question is how 
the anomalous systems develop and maintain. In the fol-
lowing, we consider and discuss them from the energy 
conversion standpoint.

4.3  Energy conversion

In order to make clear the source of the energy to maintain 
the anomalous climate system, we further investigate the 
barotropic and baroclinic energy conversions during the 
high- and low-correlation periods. Figure 10 shows the spa-
tial distribution of CK at the 850- and 200-hPa levels. The 
horizontal component of the extended Eliassen-Palm (EP) 
flux E⃗ =

(
v�2 − u�2,− u�v�

)
 is also estimated and shown. Dur-

ing the high-correlation periods, positive CK is mainly con-
centrated in the tropics and negative CK in south of Japan 
and the South China Sea in the lower troposphere (Fig. 10a). 
The positive CK over the tropics is consistent with the result 
by Kosaka and Nakamura (2006). Over the western North 
Pacific, the negative CK is mainly contributed by the anoma-
lous northeasterlies (u′v′ > 0) in the entrance of the south-
westerly jet (𝜕ū∕𝜕y > 0). In the upper troposphere (Fig. 10b), 
the spatial pattern of CK has an apparent zonal distribution in 
mid-latitude area. Over northern China and east of Japan are 
positive CK, and between these regions there is a negative 
CK center. Owing to the location in the exit of subtropical 
jet (𝜕ū∕𝜕x < 0) and the zonal elongated vorticity anomalies 
(||u′2| >> |v′2||), positive CK is apt to be generated over the 
north China. Anomalous �⃗E fields with its axis tilted north-
east to southwest in the entrance of the subtropical westerly 
jet (𝜕ū∕𝜕y > 0) are the major contribution to negative CK 
over the east of northern China. The spatial distribution of 
CK can be a factor in the formation and maintenanance of 
the associated anomalous pattern (Kosaka and Nakamura 
2006). As a result, during the high-correlation periods, the 
anomalies gain kinetic energy from the mean flow over the 
tropical and subtropical western Pacific, but release it to 
mean flow over the mid-latitudes in the lower troposphere, 
which is consistent with the propagation path of wave activ-
ity flux from the tropical to mid-latitudes (Fig. 5a). In the 
upper troposphere, the anomalies gain kinetic energy over 
northern China and release it over Japan. However, the CK 
pattern is weak in both the lower and upper levels during 
the low-correlation periods (Fig. 10c, d). The apparent dif-
ference of local barotropic energy conversion influences the 
intensity and maintenance of the associated anomalous pat-
tern. In other words, during the high-correlation periods, the 
energy source of the related anomalies is partly provided by 
the stronger barotropic energy conversion.

As shown in Fig. 11, the baroclinic energy conver-
sion into the associated anomalies mainly occurs in the 
exit region of Asian jet. With the meridional tempera-
ture gradient decreasing downstream along the exit of 
the subtropical jet, there is a distinct positive CP over 
the mid-latitude North China and a somewhat weaker 
negative CP over the North Japan during the high-cor-
relation periods (Fig. 11a), leading to a net gain of avail-
able potential energy for the major cyclonic anomalies 
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(Figs. 3a, 4a). This characteristic is almost similar to 
the CP distribution in PJ pattern (Kosaka and Nakamura 
2006). In contrast, the feature of CP is not obvious during 

the low-correlation periods (Fig. 11b), indicating weak 
local baroclinic energy conversion over the mid-latitudes. 
Therefore, the net gain of baroclinic energy over the 

(a) (b)

(c) (d)

Fig. 10  The spatial distribution of local barotropic energy conver-
sion (shaded;  m2s− 3) based on the JJA anomalous wind associated 
with DJF Niño-3.4 index and the corresponding extended EP flux 
[vector; (a) × 10− 6  m2s− 2, (b) × 10− 5m2s− 2] at a 850-hPa and b 200-

hPa during the a, b high-correlation and c, d low-correlation peri-
ods. The contour indicates the regions of a, c ū = ±4 ms−1 and b, d 
ū = ±25 ms−1, where dashed lines represent the negative value

(a) (b)

Fig. 11  Vertically integrated baroclinic energy conversion (shaded; ×10− 1 W  m− 2) from the surface to 100-hPa level, superimposed on the cli-
matological mean temperature at 400-hPa level (contours with interval 2K) during the a high-correlation and b low-correlation periods
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mid-latitudes is also a contributor to the maintenance of 
anomalous pattern during the high-correlation periods. 
The reason for the different distributions of CK and CP in 
the two periods can mainly be divided into two parts. First 
is caused by the anomalous fields, and the other is the 
contribution of the mean state fields. The results we found 
are investigated and discussed in the next subsection.

4.4  Mean state of winds

The change in location of anomalous convection over the 
western North Pacific may be related to the difference of 
mean state of summer winds between the two periods (Wu 

and Wang 2002). In the 200-hPa level, the main charac-
teristic of climatological wind shows a significant south 
Asia high (Fig. 12a). Difference between the two periods 
is mainly emerged as an anticyclone anomaly located in the 
western North Pacific (Fig. 12b), with the subtropical jet 
located to its north flank. This indicates an enhanced and 
northward displaced subtropical jet during the high-correla-
tion periods. From the energy conversion point of view, the 
200-hPa zonal elongated anticyclone discrepancy is prone 
to gaining energy. From the 500 and 850-hPa climatologi-
cal wind, subtropical high is the dominant system. Simi-
larly, an anticyclone anomaly is still the principle difference 
between the two periods. That is to say, the climatological 

(a) (d)

(b) (e)

(c) (f)

Fig. 12  The mean states of wind in a 200-hPa, b 500-hPa, and c 850-
hPa levels during high-correlation periods, and their differences of d 
200-hPa, e 500-hPa, and f 850-hPa mean JJA wind between high- and 

low-correlation periods. The vector is shown when the meridional or 
zonal component is significant at the 5% level using Student’s t test
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subtropical high is also enhanced and displaced eastward to 
inland China. Although the apparent discrepancy exists in 
the mean state of winds between the two periods, we use the 
same anomalous fields related with the normalized previous 
winter Niño-3.4 index deriving from the high-correlation 
periods but different climate fields, which is respectively 
from the high- and low-correlation periods, to compute 
the impact of different climate states on the barotropic and 
baroclinic energy conversions (not shown). The results show 
relatively little disparity on their spatial distributions. Hence, 
although the climatological states have certainly difference, 
the amplitude of anomalous fields is the main reason for 
the discrepancies of circulation and precipitation over the 
East Asian-western North Pacific between the two periods. 
The interactions of climatological wind fields, ENSO and 
EASM, and how these affect the ENSO-EASM relationship, 
however, still need to be further investigated.

5  Conclusion and discussion

This study investigated the possible reason for the multi-
decadal variations of the interannual relationship between 
ENSO and EASM in a 1000-year simulation of a coupled 
model. The results are further verified by AGCM experi-
ences. The main findings are as the following.

The interannual relationship between ENSO and EASM 
is unstable and has significant multidecadal variations 
throughout the analysis period (1000-year). We selected 
two types of periods, one the high-correlation period and 
the other the low-correlation period, to document the dif-
ferences in precipitation, atmospheric circulation, and SST 
anomalies. During the high-correlation periods, a tripolar 
precipitation anomaly pattern is significant from the tropi-
cal to the western North Pacific in the El Niño decaying 
summer. Besides an obvious warming over the India Ocean 
and apparent Matsuno-Gill pattern in troposphere geopoten-
tial height, the WPAC is intensified by the western tropical 
Pacific cooling and extends westwards to inland China. Dur-
ing the low-correlation periods, however, the tripolar anoma-
lous precipitation pattern is weak and the Meiyu rain band 
located in the mid-latitude is absent. From the difference 
of anomalies of SST and other variables, the Indian Ocean 
warming is relatively weak and the western tropical Pacific 
cooling is not significant during the low-correlation periods, 
leading to weak WPAC. The ENSO-related anomalous SST 
difference between the two periods could be related to the 
pace of decay of ENSO events.

Using horizontal wave activity flux analysis, we can 
clearly see a perturbation in the western tropical Pacific 
in the lower troposphere during the high-correlation peri-
ods, and a significant tripolar vorticity anomaly pattern, 
the Rossby wave propagation northward to the subtropical 

jet area. In the upper troposphere, obvious Rossby wave 
propagates to the southeast, and a similar tripolar vorticity 
anomaly pattern exists though relatively weaker compared 
to lower troposphere. During the low-correlation periods, 
perturbation in the western tropical Pacific is weak and no 
significant wave-activity flux propagates to the north in the 
lower troposphere. Likewise, no wave-activity flux propa-
gates in the upper troposphere.

In addition, comparison and analysis are made from the 
energy conversion point of view. During the high-correla-
tion periods, significant positive barotropic energy conver-
sion is present over the western tropical Pacific, indicating 
the conversion of kinetic energy from the mean flow to the 
anomalies associated with the DJF Niño-3.4 index. Hence, 
climate anomalous system in the lower troposphere over the 
tropics gains energy from the mean flow. In the upper tropo-
sphere over the mid-latitude around subtropical jet area, the 
anomalous system gains positive barotropic energy from the 
jet core, especially over northeast China. Moreover, there is 
a significant positive vertically integrated baroclinic energy 
conversion over the mid-latitude area. Therefore, the posi-
tive energy, including the barotropic and baroclinic energy, 
is attained to maintain the whole anomalous climate system. 
During the low-correlation periods, there is weak energy 
conversion from the mean flow to develop the associated 
anomalous system in the mid-latitude. The amplitude of 
anomalous fields is the main reason for the discrepancies 
of circulation and precipitation over the East Asian-western 
North Pacific between the two periods. Our results provide 
a good reference to ENSO impacts on East Asian summer 
climate on decadal timescales and it is also essential for 
climate prediction.

The applicability of the results obtained in the present 
study may depend upon the characteristics of the index 
used to describe the EASM variability. Zhao et al. (2015) 
showed that different EASM indices have different relation 
to tropical Indo-Pacific SST anomalies. Those indices that 
can capture the feature in the tropics may have a closer asso-
ciation with the tropical SST anomalies and thus the changes 
in the EASM-ENSO relationship and the plausible reasons 
as described in the present study may be captured to some 
extent. The EASM index of Huang and Yan (1999), which 
is defined based on 500 hPa geopotential height anomalies, 
appears to belong to this category. A parallel analysis shows 
that the EASM index of Huang and Yan (1999) captures the 
tripole anomalous rainfall pattern over the western Pacific 
and location of the WPAC. The associated SST anomalies 
in the high correlation periods are quite similar to those in 
the left column of Fig. 6. The difference of SST anomalies 
between the high and low correlation periods displays a dis-
tribution in the western North Pacific similar to that in the 
right column of Fig. 6 though with a smaller magnitude. 
In contrast, those indices that mainly describe the EASM 
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variability in the extratropics may have a weaker relation-
ship to the tropical Indo-Pacific SST anomalies (Zhao et al. 
2015) and consequently the changes in the EASM-ENSO 
relationship may be different from those obtained in the 
present study.

It is worth to mention that owing to the data we used 
here is the control simulation, so there is little change in 
mean state of SST during the two periods, which leads to 
little SST variations on the decadal time scales. Unlike other 
researches, the Pacific decadal oscillation (PDO) has little 
impacts on the discrepancy between the high- and low-cor-
relation periods in our present study. Though significant dif-
ference exists between the two types of selected periods in 
our model, which seems to support the view that the decadal 
variation of ENSO-EASM relationship responds to natural 
variability, other issues that need to de further addressed are 
how does ENSO-EASM relationship change in response to 
anthropogenic or external forcing and what is the proportion 
of change accounted for by each forcing.
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ABSTRACT

This study investigates the characteristics and maintaining mechanisms of the anomalous northwest Pacific

anticyclone (NWPAC) following different El Niño decaying paces. In fast decaying El Niño summers, the

positive SST anomalies in the tropical central-eastern Pacific (TCEP) have transformed to negative, and

positive SST anomalies appear around the Maritime Continent (MC), whereas in slow decaying El Niño

summers, positive SST anomalies are present in the TCEP and in the tropical Indian Ocean (TIO). During

fast decaying El Niño summers, the cold Rossby wave in response to the negative TCEP SST anomalies has a

primary contribution to maintaining the NWPAC anomalies. The warm Kelvin wave response and enhanced

Hadley circulation anomalies forced by the positive MC SST anomalies also facilitate developing the

NWPAC anomalies. During slow decaying El Niño summers, the warm Kelvin wave anchored over the TIO

plays a crucial role in sustaining the NWPAC anomalies, while the warm Rossby wave triggered by the

positive TCEP SST anomalies weakens the western part of the NWPAC anomalies. The southwesterly

anomalies of the NWPAC anomalies during fast decaying El Niño summers can reach to higher latitudes than

those during slow decaying El Niño summers. Correspondingly, positive rainfall anomalies appear in northern

China and the Yangtze River basin in fast decaying El Niño summers but are only distributed in the Yangtze

River basin in slow decaying El Niño summers. This study implies that the El Niño decaying pace is a key

factor in East Asian summer climate.

Corresponding authors: Dr. Ping Huang, huangping@mail.iap.ac.cn; Dr. Gang Huang, hg@mail.iap.ac.cn

15 JUNE 2019 J I A N G E T A L . 3487

DOI: 10.1175/JCLI-D-18-0793.1

� 2019 American Meteorological Society. For information regarding reuse of this content and general copyright information, consult the AMS Copyright
Policy (www.ametsoc.org/PUBSReuseLicenses).

http://www.ametsoc.org/PUBSReuseLicenses
http://www.ametsoc.org/PUBSReuseLicenses
http://www.ametsoc.org/PUBSReuseLicenses


1. Introduction

El Niño–Southern Oscillation (ENSO) is the largest

climate signal on interannual time scales and has pro-

nounced impacts on global weather and climate (Horel

and Wallace 1981, 1982; Ropelewski and Halpert 1987;

Lau and Nath 1996; Webster et al. 1998). It is recognized

as a primary predictor determining the interannual vari-

ability of the summer climate over the East Asia (Fu and

Ye 1988; Huang and Wu 1989; Chang et al. 2000; Chou

et al. 2009; Lin and Lu 2009; Zhang et al. 2016). Com-

pared with the anomalies during ENSO developing

summers, the northwest Pacific summer monsoon

(NWPSM) anomalies occurring during ENSO decaying

summers are much more pronounced (Xie et al. 2016). A

low-level anomalous anticyclone over the northwest Pa-

cific (NWP) develops in El Niño mature winter and

persists to the following spring and summer, which plays a

crucial role in linking ENSO and summer climate in East

Asia and the NWP (Huang and Wu. 1989; Zhang et al.

1996, 1999; Wu et al. 2003; Lau and Nath 2006).

Several mechanisms have been proposed to explain

how ENSO, which typically peaks in boreal winter and

decays afterward, can still exert an influence on the NWP

circulation anomalies during the following summer. These

mechanisms emphasize that sea surface temperature

(SST) anomalies induced by ENSO in multiple oceans are

important in producing the delayed influence. The local

cold SST anomalies in the NWP force an anomalous NWP

anticyclone (NWPAC) by triggering a cold atmospheric

Rossby wave during the El Niño mature winter, then the

northeasterly anomalies to the southeastern flank of the

NWPAC in turn enhance wind and cool local SST (Wang

et al. 2000; Wang et al. 2003), and finally the local positive

air–sea feedback maintains the NWPAC to the following

spring and early summer (Wu et al. 2010). A basinwide

warming in the tropical Indian Ocean (TIO) induced by

El Niño through atmospheric and oceanic processes

(Klein et al. 1999; Chiang and Sobel 2002; Xie et al. 2002;

Chiang and Lintner 2005; Du et al. 2009) can also prolong

the El Niño impacts on NWPAC through a Matsuno–Gill

pattern in the tropospheric temperature. A warm atmo-

spheric Kelvin wave propagates into the tropical western

Pacific, maintaining the NWPAC through Ekman di-

vergence and suppressed convection (Yang et al.

2007; Wu et al. 2009; Xie et al. 2009; Yang et al. 2010).

Xie et al. (2016) revealed that a cross-basin coupled

ocean–atmosphere mode combining the above two

physical processes has coherent climate effects on East

Asia summer climate.

However, some previous studies argued that the pre-

ceding El Niño and subsequent TIO warming may not be

enough to explain the circulation anomalies over the

NWP, and they suggested that cold SST anomalies in

tropical central-eastern Pacific (TCEP) also contribute to

NWPAC by triggering a pair of anticyclonic Rossby waves

on both sides of the equator (Fan et al. 2013). Moreover,

some other studies emphasized the role of the warm SST

anomalies around the Maritime Continent (MC), which

can drive local Hadley circulation anomaly with de-

scending anomalies over the NWP and strength the

NWPAC anomalies (He and Wu 2014; Lu et al. 2006; Sui

et al. 2007; Chung et al. 2011). The mechanisms of main-

taining the NWPAC during the El Niño decaying summer

remain controversial to some degree.

The anomalies during all El Niño events are com-

posited nonselectively in most previous studies. How-

ever, El Niño events vary from case to case, with

complex temporal and spatial diversities. For example,

the El Niño events can be classified into two types

based on the periodicity of ENSO cycle, as shown in

Fig. 1. One is the fast decaying (FD) El Niño, switching

its phase in the following boreal summer (Figs. 1a–c).

The other is the slow decaying (SD) El Niño with its

phase persisting to the following autumn and winter

(Figs. 1d–f). The SST anomalies are distinct during the

two types of events, which are associated with funda-

mental different time scales of ENSO and dynamic

processes (Kim and Kim 2002; Bejarano and Jin 2008;

Yun et al. 2015). The FD El Niño tends to be a quasi-

biennial period (2–3 years) oscillation, whereas the SD

El Niño is a low-frequency period (3–5 years) oscilla-

tion. However, this feature was often neglected in

nonselective composite analyses and regression ana-

lyses as shown in Figs. 1g–i.

Different El Niño decaying paces could result in di-

verse SST anomaly pattern in the TIO and tropical Pa-

cific, with different impacts on the NWP circulation

anomalies (Chen et al. 2012; Feng et al. 2014). Chen et al.

(2012) indicated that an FD El Niño can lead to stronger

NWPAC anomalies in the following summer than an SD

El Niño. However, the mechanisms of the NWPAC

anomalies in different El Niño decaying summers are still

controversial. During FD El Niño summers, the NWPAC

anomalies can be forced by the warm SST anomalies

around the MC (Wu and Zhou 2008; Chung et al. 2011) or

the cold SST anomalies in the TCEP (Wang et al. 2013),

or by both of them (Chen and Zhou 2014; Chen et al.

2016). However, Chen et al. (2012) emphasized the co-

operative role of warm TIO SST anomalies and cold

TCEP SST anomalies in the NWPAC anomalies during

FD El Niño summers. During SD El Niño summers, Wu

and Zhou (2008) emphasized the role of unabated

warm TCEP SST anomalies in sustaining the NWPAC

anomalies through enhancing local convection and

suppressing convection over the NWP. Chung et al.
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(2011) and Wang et al. (2013) indicated that the

NWPAC anomalies are primarily maintained by the

local air–sea interaction, while Chen and Zhou (2014)

suggested that warm SST anomalies in the TIO play a

crucial role in developing the NWPAC anomalies.

Chen et al. (2012) suggested that the positive SST

anomalies in the TIO and TCEP have opposite roles in

the NWPAC anomalies during SD El Niño cases.

In the present work, we try to figure out which of the

above-mentioned mechanisms plays a leading role in

maintaining the NWPAC anomalies in the two types of

El Niño decaying summers through observational ana-

lyses and a suite of numerical experiments by using an

atmospheric general circulation model (AGCM). By

studying the roles of SST anomalies of various ocean

basins in the NWPAC anomalies, we can indirectly

demonstrate the roles of the abovementioned air–sea

coupled mechanisms in the NWPAC anomalies. The rest

of the paper is organized as follows. Section 2 briefly

describes the data, methods, and experiment designs.

Section 3 outlines the characteristics of SST anomalies,

atmospheric circulation anomalies, and possible mecha-

nisms. Section 4 presents the results of numerical exper-

iments and addresses the role of SST anomalies in various

oceans. Section 5 delineates the different summer climate

effects on China during different El Niño decaying sum-

mers. A summary and discussion are given in section 6.

2. Data and methods

The monthly mean atmospheric variables, including

wind, geopotential height, and air temperature, are from

the National Centers for Environment Prediction

(NCEP)–National Center for Atmospheric Research

(NCAR) reanalysis dataset with a horizontal resolution

of 2.58 3 2.58, covering the period from 1961 to 2010

(Kalnay et al. 1996) (available at https://www.esrl.noaa.

gov/psd/data/gridded/data.ncep.reanalysis.html). The SST is

from the monthly mean Extended Reconstruction of

Historical Sea Surface Temperature version 3 (ERSST3)

dataset (Smith et al. 2008), which has a horizontal resolution

of 28 3 28 (available at https://www.esrl.noaa.gov/psd/data/

gridded/data.noaa.ersst.html). A monthly rainfall dataset

of 718 stations in China for the period 1961–2010

is provided by the Chinese Meteorological Administration.

We denote the El Niño developing year as year 0 and

the following year as year 1. Thus, the El Niño mature

winter [December–February (DJF)] is symbolized as

D(0)JF(1), the following spring [March–May (MAM)]

as MAM(1), and the following summer [June–August

(JJA)] as JJA(1). All data are interpolated into the same

2.58 3 2.58 grid. The linear trend, the annual cycle, and a

13-yr running mean are removed to extract interannual

variability.

The El Niño cases are selected when the standardized

D(0)JF(1) Niño-3.4 SST index (the averaged SST

anomaly of 58S–58N and 1208–1708W) is greater than 0.5.

As shown in Fig. 2, the Niño-3.4 SST anomalies in most of

cases have evolved to negative in JJA(1), whereas the

Niño-4 SST anomalies show large spread in JJA(1).

Previous studies suggested that the atmospheric anoma-

lies are more sensitive to Niño-4 SST anomalies than

Niño-3.4 SST anomalies due to the higher climatology

SST in Niño-4 regions (Zheng et al. 2014). Thus, to better

FIG. 1. Composite SST anomalies of FD El Niños from (a) D(0)JF(1) to (c) JJA(1). (d)–(f) As in (a)–(c), but for the SD El Niños

composite. (g)–(i) Regressed SST anomalies from D(0)JF(1) to JJA(1) on the D(0)JF(1) standardized Niño-3.4 index. The black dots

indicate where the significance exceeds the 90% confidence level.
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reflect the effects of El Niño decay paces on the atmo-

sphere, we select the normalized JJA(1) Niño-4 index to

classify the FD and SD El Niño cases, which is similar

to the classification in Tao et al. (2017). The cases with

negative JJA(1) Niño-4 index (the averaged SST anom-

aly of 58S–58N and 1608E–1508W) are classified as FD El

Niños, whereas the others as SD El Niños. The classi-

fication of all El Niño cases is shown in Table 1. We can

find that the JJA(1) Niño-3.4 SSTs in the FD and SD

cases are not well separated (Fig. 2a), when the FD

and SD cases are classified by Niño-4 index. The sig-

nificantly separated atmospheric response to the FD

and SD cases in the following analyses indicates that

the Niño-4 index is a sensitive criterion to present

the atmospheric response to El Niño SST anomalies.

Because of the limitations of observation data (1961–

2010), the number of cases is seven in each type.

Therefore, we do not classify El Niño events into more

types as in Chowdary et al. (2017). Composite analysis

was used in this study, and the statistical significance

was estimated with a two-tailed Student’s t test.

3. Observational analyses

a. SST anomalies and NWP circulation anomalies

The SST anomaly evolution from the El Niño mature

winter to the following summer is shown in Fig. 1. The

regressed El Niño–related SST anomalies in the TCEP

gradually decay from the El Niño mature winter to the

following spring and summer (Figs. 1g–i). By the sub-

sequent summer, the warm SST anomaly signals in the

equatorial eastern Pacific have almost dissipated, and

primary SST anomalies are concentrated in the trop-

ical Indo-western Pacific (Fig. 1i). Most previous

studies paid attention to the role of the tropical Indo-

western Pacific SST anomalies in maintaining the

NWPAC anomalies and demonstrated the leading

role of the Indo-western Pacific Ocean capacitor in El

Niño decaying summers (e.g., Xie et al. 2009; Kosaka

et al. 2013). As stated in the introduction, the evolu-

tion of El Niño–related SST anomalies shows con-

spicuous difference during the two types of El Niño

decaying years. SST anomalies in the TCEP and the

TIO decline fast and switch sign during the FD El

Niño following spring and summer, displaying a cold–

warm–cold SST anomaly pattern in the TIO, the MC, and

the TCEP (Fig. 1c). In comparison, warm SST anom-

alies in the TCEP and the TIO persist to the decaying

summer in SD El Niño cases, displaying a warm–cold–warm

SST anomaly pattern in the tropical Indian Ocean and

Pacific.

Despite the distinct SST anomaly pattern during

two types of El Niño decaying summers, there is still

an anomalous anticyclone over the NWP (108–358N,

FIG. 2. Composite evolution of the (a) Niño-3.4 index and (b) Niño-4 index for the FD El Niños (red lines) and SD

El Niños (blue lines).

TABLE 1. The definitions of FD El Niño and SD El Niño, and corresponding selected years for the period of 1961–2010.

Types Definitions Years

FD El Niño Stn D(0)JF(1) Niño-3.4 . 0.5 1963/64, 1972/73, 1987/88, 1991/92,

1994/95, 1997/98, 2009/10Stn JJA(1) Niño-4 , 0

SD El Niño Stn D(0)JF(1) Niño-3.4 . 0.5 1965/66, 1968/69, 1969/70, 1976/77,

1982/83, 1986/87, 2006/07Stn JJA(1) Niño-4 . 0

3490 J O U R N A L O F C L I M A T E VOLUME 32



1008E–1708W) during the following summer of both

types of El Niño events (Fig. 3). The NWPAC differs

conspicuously during two types of El Niño decay-

ing summers. During FD El Niño summers, the

southwesterly anomalies to the western flank of the

NWPAC anomalies can reach to mid- to high latitudes.

The western part of the NWPAC anomalies is lo-

cated around 108–258N, 1108–1508E, and the eastern

part extends northeastward. The NWPAC anomalies

during SD El Niño summers are weaker and extend

more westward than those during FD El Niño sum-

mers. The distinct atmospheric anomalies are em-

bodied in the geopotential height anomalies and

the streamfunction anomalies (Fig. 4). The strong

NWPAC anomalies during FD El Niño summers and

the weaker circulation anomalies during SD El Niño

summers are consistent with Chen et al. (2012). The

distinct NWPAC anomalies and SST anomalies dur-

ing two types of El Niño decaying summers imply that

the maintenance mechanisms of maintaining NWPAC

FIG. 3. Composite JJA(1) 850-hPa geopotential height anomalies (shading) and wind

anomalies (vectors) in (a) FD ENSO and (b) SD ENSO events. (c) Regressed JJA(1) 850-hPa

geopotential height anomalies (shading) and wind anomalies (vectors) on the D(0)JF(1)

standardized Niño-3.4 index. The white dots and blue arrows indicate where the significance

exceeds the 90% confidence level.
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anomalies could be different from each other in the

two situations.

b. Systematic tropical circulation anomalies and the
formation mechanism of NWPAC anomalies

During FD El Niño summers, enhanced convection

and positive rainfall anomalies are centered over the

MC corresponding to the warm MC SST anomalies,

whereas suppressed convection and negative rainfall

anomalies are over the TCEP with cold SST anoma-

lies (Figs. 4a and 1c). In response to heating over the

MC region, an eastward propagating Kelvin wave

and a pair of westward extended Rossby waves appear

on both sides of the equator (Fig. 5a). Correspond-

ingly, anomalous easterlies at 850-hPa flow into the

MC (Fig. 3a), and anomalous westerlies at 200 hPa

dominate over the MC (Fig. 5a). The warm Kelvin

wave propagating into the tropical western Pacific

plays an important role in maintaining the NWPAC

anomalies through Ekman divergence mechanism

(Yang et al. 2007; Wu et al. 2009; Xie et al. 2009; Yang

et al. 2010). Meanwhile, cold SST anomalies in the

TCEP trigger an opposite Matsuno–Gill response

in tropospheric temperature anomalies. Specifically, a

pair of significant cyclone anomalies at high level

straddle the equator in the tropical western-central

Pacific, and anomalous easterlies at high level are

over the tropical eastern Pacific (Fig. 5a). Some

studies suggested that the cold SST anomalies in

the TCEP also contribute to the development of

the NWPAC anomalies through triggering an atmo-

spheric cold Rossby wave (Fan et al. 2013; Wang et al.

2013; Chen et al. 2016). The atmospheric Matsuno–

Gill pattern anchored over the MC and the opposite

Matsuno–Gill pattern triggered by cold TCEP SST

anomalies are coherent over the tropical western

Pacific, facilitating the maintaining of the NWPAC.

Previous studies suggested that the heating over

the MC can influence the convective anomalies over

the NWP through local Hadley circulation changes

(He and Wu 2014; Lu et al. 2006; Sui et al. 2007; Wu and

Zhou 2008). A 200-hPa anomalous divergence is

FIG. 4. As in Fig. 3, but for precipitation anomalies (shading) and 850-hPa streamfunction

anomalies (contours). The black dots indicate where the significance exceeds the 90%

confidence level.
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centered over the MC and the TIO, responding to the

convective heating (Figs. 4a and 6a). Figure 7 shows

the local Hadley circulation anomalies, which is de-

fined as meridional divergent wind and vertical velocity

averaged from 958 to 1408E (Zhao and Moore 2008).

Ascending motion over the MC and descending mo-

tion over the NWP are significant (Figs. 6a and 7a),

indicative of an enhanced Hadley circulation, which is

conducive to developing of the NWPAC anomalies.

In conclusion, the warm MC SST anomalies contribute

to maintaining of the NWPAC anomalies through the

warm Kelvin wave and strengthened Hadley circulation

anomalies, and the cold TCEP SST anomalies also facil-

itate development of NWPAC anomalies by the atmo-

spheric Rossby wave. However, the relative contributions

of the MC SST anomalies and the TCEP SST anomalies

cannot be determined in the observational analyses,

which will be explored by numerical models in the next

section.

During SD El Niño summers, the basinwide warming

in the TIO generates strong positive precipitation

anomalies (Figs. 1f and 4b), which trigger an atmospheric

Matsuno–Gill response over the TIO (Fig. 5b). The TIO

Matsuno–Gill pattern during SD El Niño summers is

more westward than that over the MC during FD El Niño

summers (Fig. 4a), which may explain why the NWPAC

anomalies can extend more westward in SD El Niño

summers than those in FD El Niño summers. The warm

SST anomalies in the TCEP also trigger a warm atmo-

spheric Matsuno–Gill response. A pair of strong anticy-

clonic anomalies, as a Rossby wave response to convective

heating in the TCEP, straddles the equator in the TCEP,

and the resultant equatorial easterlies collide with the

westerlies over the tropical western Pacific. Based on

previous studies, the warm SST anomalies in the TCEP

generate an atmospheric warm Rossby wave, which does

not facilitate the NWPAC anomalies (Fan et al. 2013;

Wang et al. 2013; Chen et al. 2016). Meanwhile, the basin

warming in the TIO may play a leading role in maintaining

the NWPAC anomalies during the SD El Niño summers

(Yang et al. 2007; Wu et al. 2009; Xie et al. 2009; Yang

et al. 2010).

During SD El Niño summers, the large-scale di-

vergent circulation pattern differs conspicuously from

FIG. 5. As in Fig. 3, but for the tropospheric (1000–200 hPa) temperature anomalies

(shading) and 200-hPa wind anomalies (vectors). The white dots and blue arrows indicate

where the significance exceeds the 90% confidence level.
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that in FD El Niño summers. As a response to the

convection anomalies in the TIO and the TCEP (Fig.

4b), the Walker circulation is weakened with ascending

anomalies over the TIO and the TCEP and descending

anomalies over the tropical western Pacific (Fig. 6b).

From the meridional circulation anomalies shown in

Fig. 7b, strong descending anomalies over the NWP

cannot be balanced by the meridional circulation. It

implies that the enhanced convection over the TIO and

TCEP may contribute to the downward motion over the

NWP via the weakened Walker circulation, which is

consistent with Wu and Zhou (2008). Overall, the TIO

basin warming plays a leading role in maintaining the

NWPAC anomalies during SD El Niño summers, while

the durative TCEP SST anomalies may be not condu-

cive to the formation of the NWPAC. The role of warm

TIO SST anomalies is partly offset by the warm TCEP

SST anomalies, resulting in weak circulation anomalies

over the NWP during SD El Niño summers.

The JJA(1) regressed anomalies based on the

whole period are closer to those in FD El Niño than in

SD El Niño, due to the stronger composited anoma-

lies in FD El Niño (Figs. 3, 4, 6, and 7). The regressed

tropospheric temperature anomalies display a sig-

nificant warm atmospheric Kelvin wave over the TIO

and the MC (Fig. 5c). However, the atmospheric

Matsuno–Gill response over the TCEP is negligible,

which may be attributed to the offset of the opposite

Matsuno–Gill patterns over the TCEP in FD El Niño

summers and in SD El Niño summers. These results

illustrate that the roles of TCEP SST anomalies in

modulating the NWPAC anomalies in different types

of El Niño decaying summers are obscured in re-

gression analyses.

4. Numerical experiments

Because of the complex superposed effects of SST

anomalies over various basins, some atmospheric pat-

terns suggested in the last section cannot be identified

very clearly in the observational analyses. To further

identify the contributions of SST anomalies in various

FIG. 6. As in Fig. 3, but for JJA(1) 200-hPa velocity potential (105 m2 s21; contours), di-

vergent wind (vectors), and 500-hPa vertical velocity (shading) anomalies. The black dots

indicate where the significance exceeds the 90% confidence level.
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oceans, we perform a suite of sensitivity experiments using

ECHAM5, which is an AGCM from the Max Planck

Institute for Meteorology (Roeckner et al. 2003). Al-

though AGCMs cannot simulate the air–sea coupled

processes, which are necessary to the formation of

SST and atmospheric anomalies around the tropics

during ENSO, AGCMs are effective tools to study

the atmospheric response to SST anomalies and in-

directly demonstrate the contributions of various air–

sea coupled processes (e.g., Wang et al. 2013; Xie

et al. 2016).

One is a control run (referred to simply as Control) in

which the SST boundary conditions are composed of

climatological SST and sea ice with a seasonal cycle.

Two sets of sensitivity experiments are conducted with

the composited SST anomalies in FD El Niño shown in

Figs. 1a–c (referred to as FD_All run) and those in SD

El Niño shown in Figs. 1d–f (referred to as SD_All

run), respectively. In FD_All run and SD_All run,

these SST anomalies are added to climatological SST in

the entire tropics (158S–158N) as the SST boundary

conditions, respectively. Since significant SST anoma-

lies appear around the MC and in the TCEP during

FD El Niño summers and in the TIO and TCEP dur-

ing SD El Niño summers (Figs. 1a–f), we designed

four other sets of sensitivity experiments with the

composited SST anomalies with seasonal cycle in these

key oceans individually added to the climatological

SST, referred to as the FD_MC run, FD_TCEP run,

SD_TIO run, and SD_TCEP run, respectively. The

details of SST boundary conditions in the seven ex-

periments are summarized in Table 2. Each set of ex-

periments was integrated 40 years, and the results in

the last 30 years were averaged to reduce the influence

FIG. 7. As in Fig. 3, but for JJA(1) vertical velocity (shading) and meridional velocity

averaged over 958–1408E. The black dots indicate where the significance exceeds the 90%

confidence level.
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of internal variability. The differences between the

sensitivity runs and the control run (hereafter denoted as

FD_All–Control, SD_All–Control, FD_MC–Control,

FD_TCEP–Control, SD_TIO–Control, and SD_TCEP–

Control) represent the individual role of specific SST

anomalies in the atmospheric anomalies.

Figure 8 provides the precipitation pattern in the sen-

sitivity experiments, which reflects the anomalous heating

forced by SST anomalies to further influence the atmo-

sphere. In FD_All–Control, the positive and negative

rainfall anomalies are conspicuous over the MC and

TCEP, respectively (Fig. 8a), showing a response to SST

forcing in the two regions. In SD_All–Control, strong

positive rainfall appears over the TCEP as a response to

warm SST forcing in there. It is noteworthy that in Fig. 8b

the simulated negative precipitation anomalies over the

MC associated with the negative MC SST anomalies differ

from the positive anomalies in the observations. The

discrepancies could be a result of oversensitive pre-

cipitation response to tropical SST anomalies in AGCMs

due to the lack of air–sea coupled processes, although

the negative MC SST anomalies are quite weak here. In

addition, the lack of air–sea coupling in AGCMs could also

induce the subtropical system response closer to the

equator relative to the observations, which would further

induce some other discrepancies such as rainfall anomalies

over China (Figs. 8 and 4).

Even though there are some discrepancies between

the AGCM-simulated precipitation anomalies and the

observations, the FD_All–Control and SD_All–Control

TABLE 2. Description of control and sensitivity experiments.

Exp. name SST boundary condition

Control Climatological SST with seasonal cycle

FD_All The SST anomalies in the tropics (158S–158N) in the

composite FD El Niño years from January to

December are added on climatological SST

SD_All Similar to FD-All run, but with SST anomalies from

composite SD El Niño years

FD_TCEP The SST anomalies in the tropical central-eastern Pacific

(158S–158N, 1708E–1008W) in the composite FD El

Niño years from January to December are added on

climatological SST

SD_TCEP Similar to FD-TCEP run, but with SST anomalies

from composite SD El Niño years

FD_MC The SST anomalies in the tropical Maritime

Continent (158S–158N, 908–1508E) in the compos-

ite FD El Niño years from January to December

are added on climatological SST

SD_TIO The SST anomalies in the tropical Indian Ocean

(158S–158N, 408–1208E) in the composite SD El

Niño years from January to December are added

on climatological SST

FIG. 8. JJA(1) precipitation (shading) in (a) FD_All–Control, (b) SD_All–Control, (c) FD_TCEP–Control,

(d) SD_TCEP–Control, (e) FD_MC–Control, and (f) SD_TIO–Control. The JJA(1) SST forcing is the composited

SST anomalies shown in Figs. 1c and 1f in the entire tropics (158S–158N) in (a) and (b). The black boxes in (c)–(f) highlight

the SST forcing region.
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quite realistically reproduce the features of observed

NWPAC anomalies in FD and SD El Niño summers

(Figs. 3a,b and 9a,b), respectively, including the easterly

wind anomalies over the tropical Indo-western Pacific,

the northward extension of southwesterly anomalies, and

the northeastward extension of the NWPAC anomalies

during FD El Niño summers and the weaker NWPAC

anomalies and the cyclonic anomalies on their northern

side during SD El Niño summers. Tropical tropospheric

temperature and 200-hPa wind anomalies are also very

similar to those in observations (Figs. 5a,b and 10a,b),

featuring an atmospheric Matsuno–Gill response to

tropical SST anomalies. The realistic responses in

FD_All–Control and SD_All–Control suggest that the

circulation anomalies in the NWP are primarily forced by

tropical SST anomalies, which is consistent with some

previous studies (e.g., Wang et al. 2013; Chen et al. 2016;

Chen et al. 2017; Chen et al. 2019). The well-reproduced

circulation response during SD El Niño summers im-

plies that the discrepant negative rainfall anomalies

over the MC in SD_All–Control do not contribute

much to the circulation anomalies.

In FD_TCEP–Control, prominent negative pre-

cipitation anomalies emerge over the TCEP due to the

cold TCEP SST forcing (Fig. 8c). As a Rossby wave re-

sponse to the diabatic cooling, there are prominent

FIG. 9. Difference of 850-hPa winds (vectors) and geopotential height (shading) in JJA(1) between (a) FD_All,

(b) SD_All, (c) FD_TCEP, (d) SD_TCEP, (e) FD_MC, and (f) SD_TIO, respectively, and Control run.
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anticyclonic anomalies and positive geopotential height

anomalies over the NWP (Fig. 9c). Meanwhile, an

anomalous anticyclone also appears over the NWP in

FD_MC–Control (Fig. 9e) as a Kelvin wave response to

the diabatic heating in the MC (Fig. 8e). The anoma-

lous upper-level westerlies over the tropical western

Pacific as a Kelvin wave response to the heating in the

MC are also a response to the cooling in the TCEP

(Figs. 10a,c,e). However, the anomalous anticyclone

over the NWP in FD_TCEP–Control run is stronger

than that in FD_MC–Control run. The results suggest

that the NWPAC anomalies are maintained by a

combined effect of the MC warming and the TCEP

cooling during FD El Niño summers, and the TCEP

cooling may play a more important role, which is con-

sistent with Chen et al. (2016).

In SD_TCEP–Control, the warm SST anomalies in

the TCEP trigger a pair of anticyclonic anomalies at high

levels on both side of the equator (Fig. 10d), and re-

sultant cyclonic wind anomalies and positive rainfall

anomalies are generated at low levels (Figs. 8d and 9d).

Further, the diabatic heating over the TCEP triggers a

Rossby wave train, a positive–negative–positive rainfall

pattern extends from the central Pacific to the NWP

(Fig. 8d), which is accompanied by cyclonic–anticyclonic–

cyclonic wind anomalies from the central Pacific to

the NWP (Fig. 9d). The cyclonic wind anomalies over the

western NWP can weaken the western part of the

NWPAC anomalies and make the anomalous south-

westerlies difficult to extend to high latitudes, while

the anticyclonic wind anomalies over the eastern NWP

can enhance the eastern part of the NWPAC anomalies.

In SD_TIO–Control, warm SST anomalies in the TIO

force conspicuous anticyclonic anomalies over the NWP

through triggering a warm Kelvin wave (Figs. 9f and 10f;

Yang et al. 2007; Wu et al. 2009; Xie et al. 2009; Yang

et al. 2010; Chowdary et al. 2011; Chowdary et al. 2016).

The anomalous wind and geopotential height over the

NWP and the midlatitude are characterized by a Pacific–

Japan-like pattern (Nitta 1987; Huang and Lu 1989).

Overall, the TIO warming plays a crucial role in main-

taining the NWPAC anomalies during SD El Niño

summers, and the role of warm TIO SST anomalies is

partly offset by the warm SST anomalies in the TCEP,

resulting in weak circulation anomalies over the NWP

during SD El Niño summers.

5. Impacts on summer rainfall in China

The distinct impacts of different El Niño decaying

paces on the NWPAC anomalies could induce different

summer rainfall anomalies in China. In all post-ENSO

FIG. 10. As in Fig. 9, but for tropospheric (1000–200 hPa) temperature (shading) and 200-hPa winds (vectors).
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summers, positive rainfall anomalies are distributed in

the Hebei-Liaoning Province, the Yangzi River basin,

and the mountainous area of central China (Fig. 11c),

consistent with Hu et al. (2017). However, the pre-

cipitation anomaly patterns are distinct during dif-

ferent El Niño decaying summers. During FD El Niño

summers, significant positive rainfall anomalies are

generated over the most areas of northern China and

the Yangzi River basin because the strong anomalous

southwesterlies of the NWPAC can reach mid- to high

latitudes (Fig. 11a). During SD El Niño summers, the

weak anomalous southwesterlies of the NWPAC anom-

alies contribute to transporting water vapor to the

Yangzi River basin and the anomalous northerlies on

the northern side of the NWPAC anomalies bring cold

air, which is conducive to forming positive rainfall

anomalies over the Yangzi River basin (Li and Lu 2017).

Thus, positive rainfall anomalies are mainly concen-

trated over the Yangzi River basin during SD El Niño

summers (Figs. 3b and 11b). There are larger positive

rainfall anomalies in the northern China and negative

rainfall anomalies in the downstream of the Yangzi

River basin during FD El Niño summers than those

during SD El Niño summers (Fig. 11d). Previous studies

suggested that the distinct El Niño decaying paces have

different impacts on the Indo-Pacific and Korean

peninsula climate (Chowdary et al. 2017; Chen et al. 2018;

Yeo et al. 2018). In this study, the distinct summer rainfall

anomalies in China also inspire us that more attention

should be paid to the El Niño decaying pace in predicting

the summer rainfall in China.

6. Summary and discussion

In this study, we investigate the role of the decaying

paces of El Niño events in the formation of the NWPAC

anomalies during post–El Niño summers. The tropical

SST anomalies during El Niño decaying summers are

distinct from case to case, which was often omitted in

studies of ENSO’s impacts. Here, we classified the El

Niño events into two groups: the FD El Niños and the

SD El Niños. In FD El Niño summers, El Niño has

switched to La Niña with apparent cold SST anomalies

in the TCEP and warm SST anomalies around the MC,

whereas in SD El Niño summers, warm SST anomalies

in the TCEP persist to decaying summer and there are

basinwide positive SST anomalies in the TIO. Based on

the statistical analyses and numerical experiments, we

reveal that the El Niño decaying pace is a key factor

determining the characteristics, maintaining mecha-

nisms and the effect on China summer rainfall of the

NWPAC anomalies.

FIG. 11. (a)–(c) As in Fig. 3, but for the rainfall anomalies (dots and circles; the dots indicate stations significant at

the 90% confidence level based on the Student’s t test) and 850-hPa wind anomalies (vectors). (d) Difference of

JJA(1) rainfall anomalies between FD El Niño and SD El Niño.
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The mechanisms of maintaining the NWPAC anoma-

lies in two distinct El Niño decaying summers are de-

picted in the schematics shown in Fig. 12. In the FD El

Niño summers (Fig. 12a), the cold SST anomalies in the

TCEP play a leading role in maintaining the anomalous

NWPAC through triggering a Rossby wave response,

and the warm SST anomalies around the MC also fa-

cilitate the NWPAC anomalies by forcing a Kelvin wave

response and enhancing Hadley circulation anomalies.

In the SD El Niño summers (Fig. 12b), the Kelvin wave

in response to warm TIO SST anomalies plays a crucial

role in maintaining the NWPAC anomalies, whereas the

Rossby wave in response to warm TCEP SST anomalies

weakens the western part of the NWPAC anomalies and

strengthens the eastern part of the NWPAC anomalies.

In addition, the descending motion over the NWP, link-

ing to the ascending motion forced by warm TIO SST

anomalies and TCEP SST anomalies, could suppress the

NWP convection and strengthen the NWPAC anomalies.

The distinct NWPAC anomalies during different El

Niño decaying years lead to different summer rainfall

anomaly patterns in China. The NWPAC anomalies

are weaker during SD El Niño summers than during

FD El Niño summers because of the contribution of

cyclonic wind anomalies on the western side of the

NWPAC anomalies as the Rossby wave response to the

warm TCEP SST anomalies during SD El Niño sum-

mers (Fig. 9d). The southwesterly anomalies to the

western flank of the NWPAC only extend around 358N
during SD El Niño summers. Correspondingly, anoma-

lous positive rainfall is generated over the Yangzi River

basin. The southwesterly anomalies during FD El Niño

summers are so strong that they reach mid- to high lati-

tudes and induce more pronounced precipitation anom-

alies over northern China and the Yangzi River basin.

As reviewed in the introduction, there are various

theories emphasizing different aspects of the formation

mechanism of the NWPAC anomalies during the post–

El Niño summers (Wang et al. 2000; Lu et al. 2006; Sui

et al. 2007; Yang et al. 2007; Xie et al. 2009; Yang et al.

2010; Fan et al. 2013; Wang et al. 2013; Stuecker et al.

2015; Li et al. 2017; Wu et al. 2017). These theories seem

controversial in some degree. The present study sug-

gests that these distinct theories could just emphasize

individual aspects of the formation mechanism of the

NWPAC anomalies from the perspective of El Niño’s

FIG. 12. Schematic diagrams illustrate the mechanisms of JJA(1) NWPAC in (a) FD El

Niño events and (b) SD El Niño events. Orange (blue) shading represents warm (cold) SST

anomalies. Red solid lines represent anticyclonic anomalies induced by Kelvin wave response

to warm SST anomalies in the MC in (a) and the TIO in (b). Black solid circles denote the

NWPAC anomalies and the heavier solid circle in (a) than in (b) presents the stronger

NWPAC anomalies in FD El Niño events. Black dashed lines represent circulation anomalies

associated with Rossby wave response to SST anomalies in TCEP, and the arrows on the

dashed lines represent wind direction. Letters C and D represent convergence and divergence

on the upper levels, respectively. The upward and downward blue arrows and dashed blue

arrows represent large-scale divergent circulation anomalies.
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decaying pace by using a suite of AGCM experiments.

For example, the role of the warm SST anomalies in the

TIO (Yang et al. 2007; Wu et al. 2009; Xie et al. 2009;

Yang et al. 2010) is quite apparent during the SD El Niños

but weak during the FD El Niños; the role of the SST

anomalies around the MC (Lu et al. 2006; Sui et al. 2007;

Chen et al. 2016) is more apparent during the FD than the

SD El Niños; and the role of the TCEP SST anomalies

(Fan et al. 2013; Wang et al. 2013) were often under-

estimated due to the offset between different decaying El

Niños. Therefore, this study suggests that the decaying

pace is a very important factor to understanding the di-

versity of the decaying impacts of El Niños.

This study emphasized the distinct roles of the

different TCEP SST anomalies between the FD and

SD El Niño summers in the NWPAC anomalies,

showing negative SST anomalies with positive con-

tribution in FD El Niños and positive SST anomalies

with negative contribution in SD El Niños. This

mechanism is different from the possible positive

contribution of the positive TCEP SST anomalies to

a similar NWPAC anomalous pattern during boreal

spring (Wu et al. 2017). Wu et al. (2017) suggested

that the warm SST anomalies over the TCEP deliver

dry and low moist enthalpy air into the NWP, suppressing

local convection and maintaining the NWPAC anom-

alies. In contrast, the present study, as in some previous

studies (Fan et al. 2013; Wang et al. 2013; Chen et al.

2016), emphasized the role of atmospheric Rossby

waves in the east of the NWPAC anomalies, which

directly respond to the TCEP SST anomalies during El

Niño decaying summer.

The present study only discussed the role of the

SST anomalies in various ocean basins by analyzing

the reanalysis datasets and performing a suite of

AGCM experiments, which provides indirect evi-

dence to the role of various air–sea coupled processes

in the NWPAC anomalies. Actually, the atmospheric

anomalies could be a part of the result of air–sea cou-

pled processes associated with the SST anomalies,

which is not discussed here. How do the distinct trop-

ical SST anomalous patterns form from the El Niño

peaking winters to the post–El Niño summers during

different paces of El Niño decay? Some previous

studies have proposed various mechanisms to explain

the formation of SST anomalies outside the TCEP,

often based on the linear regression results (Figs. 1g–i).

For example, the cold SST anomalies in the NWP are

related to the ENSO-induced local wind–evaporation–

SST (WES) feedback (Wang et al. 2000); and the TIO

basinwide warming is the result of the combined effects

of ENSO-induced surface heat flux anomalies (Klein

et al. 1999; Lau and Nath 2003; Wu et al. 2008), the

tropical tropospheric temperature mechanism (Chiang

and Sobel 2002; Chiang and Lintner 2005), the ocean

dynamical processes (Huang and Kinter 2002; Xie et al.

2002), and the antisymmetric pattern of atmospheric

circulation (Wu et al. 2008; Du et al. 2009). The pat-

terns of the tropical SST anomalies during different

types of El Niño decaying years are inconsistent with

the SST anomaly pattern from a linear perspective. It

could be a very interesting issue worthy to be studied

in the future: how the distinct SST anomaly patterns

come from during different El Niño decaying pace and

how these existing theories about the SST anomaly

formation work from the perspective of El Niño de-

caying pace.
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Abstract
Based on an intermodel empirical orthogonal function (EOF) analysis, this study has investigated the dominant modes of
northwest Pacific (NWP) circulation anomalies during post-ENSO summer and their SST dependence involved in 47 Coupled
Model Intercomparison Project phase 3 and phase 5 models. The first EOFmode, explaining 33.3% of total intermodel variance,
features an anomalous cyclone over the tropical NWP and is controlled by the positive SSTanomalies over the equatorial western
Pacific (WP). The equatorial WP warming enhances local convection with lower- (upper-) level convergence (divergence), and
the anomalous cyclone is a direct Rossby wave response to positive rainfall anomalies there. The second EOF mode, explaining
24.6% of total intermodel variance, is characterized by an anomalous NWP anticyclone (NWPAC). The related SST anomalies
show warming in the tropical Indian Ocean (TIO) and equatorial central and eastern Pacific (CEP) and cooling in the NWP. The
TIO (CEP) warming induces local wet anomalies, which trigger eastward (westward) Kelvin (Rossby) wave, resulting the
adjustment of large-scale circulation. The resultant lower- (upper-) level divergence (convergence) suppresses convection over
the NWP, inducing the anomalous NWPAC as a Rossby wave response. The NWP cooling influences NWPAC via positive
thermodynamic feedback between local SST and circulation anomalies. Model results further confirm the role of leading mode-
related SST anomalies affecting the simulation of NWP circulation.

1 Introduction

Boreal summer is the major rainy season in East Asia, and the
East Asian summer monsoon has considerable socioeconomic
impacts on this highly populated region. The prominent mode
of interannual variation of East Asian summer monsoon is
characterized by an anomalous lower-level anticyclone over
the northwest Pacific (NWP; Chang et al. 2000; Wang et al.
2008), which is highly dependent on El Niño-Southern

Oscillation (ENSO) activity (Zhang et al. 1996; Wang et al.
2000; Yang et al. 2007; Xie et al. 2009; Stuecker et al. 2013;
Hu et al. 2014; Stuecker et al. 2015; Wu et al. 2017a, b; Xie
and Zhou 2017). Thus, the NWP anticyclone (NWPAC) is an
important circulation system that connects ENSO and East
Asian summertime climate (Wu et al. 2003; Wu et al. 2009a;
Hu et al. 2012; Chen et al. 2014; Xie et al. 2016; Zhang et al.
2016; Hu et al. 2017; Tao et al. 2017; Dong et al. 2018; Gong
et al. 2018a).
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The NWPAC often develops in late fall of the year
when El Niño matures (Zhang et al. 1996; Wang et al.
2000; Stuecker et al. 2015; Wu et al. 2017a, b), and
persists into the following summer (Wu et al. 2003;
Wu et al. 2009a; Xie et al. 2009; Xie et al. 2016; Xie
and Zhou 2017). Numerous studies have explored mech-
anisms for the formation and maintenance of the
NWPAC at different phases of El Niño. From El Niño
developing fall to decaying spring, the NWPAC de-
velops rapidly (Zhang et al. 1996; Wang et al. 2000;
Stuecker et al. 2015; Wu et al. 2017a, b). On one hand,
the Rossby wave cyclonic anomalies induced by El
Niño-related positive sea surface temperature (SST)
anomalies over the equatorial central and eastern
Pacific (CEP) advect dry and low moist enthalpy air
into the NWP, which drive the NWPAC through sup-
pressed convection (Wu et al. 2017a). Alternatively,
Stuecker et al. (2013) and Stuecker et al. (2015) pro-
posed the combination mode, which emphasizes non-
linear interactions of atmospheric response to slow evo-
lution of equatorial CEP SST anomalies with the back-
ground annual cycle in the rapid growth of NWPAC.
On the other hand, the NWPAC is a Rossby wave re-
sponse to local SST cooling, and the northeasterly wind
anomalies at its east flank superimposed on the north-
easterly trade winds reinforce initial cold SST anomalies
through evaporation, forming a positive thermodynamic
feedback between SST and circulation anomalies (Wang
et al. 2000; Wang and Zhang 2002; Wu et al. 2017b).

With the decay of equatorial CEP and NWP SSTanomalies,
the tropical Indian Ocean (TIO) SST gradually warm up due to
El Niño-induced atmospheric and oceanic processes (Lau and
Nath 1996; Klein et al. 1999; Chiang and Sobel 2002; Xie et al.
2002; Chowdary and Gnanaseelan 2007; Wu et al. 2008; Du
et al. 2009;Wu and Yeh 2010; Tao et al. 2014; Tao et al. 2015b;
Chowdary et al. 2016), and mainly contribute to the mainte-
nance of NWPAC from El Niño decaying spring to summer
(Watanabe and Jin 2002; Yang et al. 2007; Xie et al. 2009; Wu
et al. 2010; Yang et al. 2010; Chowdary et al. 2011; Chen et al.
2016; Xie and Zhou 2017). The TIO warming induces a warm
tropospheric Kelvin wave response eastward in atmosphere
(Yang et al. 2007; Xie et al. 2009; Yang et al. 2010). The
resultant northeasterly winds and lower-level divergence sup-
press convection, and further maintain the NWPAC (Xie et al.
2009). Recently, Xie and Zhou (2017) illustrated that the TIO
warming and NWP cooling form the Indo-northwest Pacific
Ocean capacitor mode, which anchors the NWPAC.

The abovementioned mechanisms pose a challenge for the
coupled ocean-atmosphere general circulation models
(CGCMs) to simulate the NWPAC realistically. Based on out-
puts of the World Climate Research Programme’s (WCRP’s)
Coupled Model Intercomparison Project (CMIP) phase 3 and
phase 5 (CMIP3 and CMIP5) models, Tao et al. (2015a) found

that the simulated NWPAC during the post-ENSO summer is
weaker and shifts more northward than observations, and this
difference is attributed to unrealistic SSTanomalies in the equa-
torial western Pacific (WP). Further analysis using intermodel
empirical orthogonal function (EOF) analysis illustrated the
two leading modes of NWPAC biases among CMIP5 models
(Tao et al. 2018). However, Tao et al. (2018) were based on
CMIP5 models, and will the leading modes vary among
CMIP3/CMIP5 models? Besides, Tao et al. (2018) focused
on exploring the origins of ENSO-related SST biases, and brief-
ly discussed the relationship between NWPAC and SST biases.
It is necessary to further study the detailed processes involved
in SST biases affecting NWPAC biases. In present study, the
dominant modes of simulated NWPAC during the post-ENSO
summer and their SST dependence are re-examined by using
CMIP3/5 models. Note that there does not show a prominent
difference between CMIP3 and CMIP5 models regarding the
simulation of ENSO (Bellenger et al. 2014) and Indo-Pacific
SST pattern during ENSO decaying phase (Tao et al. 2015a);
thus, all models are put together to form a larger ensemble.

The rest of the paper is organized as follows. Data and
methodology used are described in Section 2. Section 3 per-
forms statistical diagnoses and numerical experiments to in-
vestigate the two leading modes of NWPAC simulations and
their SST dependence. Section 4 provides the summary of the
main findings.

2 Data and methodology

We use the CMIP3 climate of twentieth century (20C3M) and
CMIP5 historical scenario simulations in this study. The
20C3M experiments were conducted based on observed history
of anthropogenic and natural forcing from 1900 to 1999, while
the CMIP5 historical experiments are from 1870 to 2006. The
detailed information can be found in the following web site:
http://cmip-pcmdi.llnl.gov/. In this study, 30 years of
simulations covering 1970–1999 from 15 CMIP3 and 32
CMIP5 models are used and consistent with Tao et al.
(2015a). Table 1 lists the names, institutions, and countries of
models. Monthly mean outputs are used, including SST, pre-
cipitation, 200 hPa geopotential height, 200 hPa winds, and
850 hPa winds. Only one member (“r1i1p1”) of each model
simulations is analyzed. The observational and reanalysis
datasets include the following: (1) Hadley Centre Sea ICE
and Sea Surface Temperature dataset (HadISST) with 1° × 1°
horizontal resolution covers the period from January 1870 to
the present (Rayner et al. 2003); (2) NOAA’s Precipitation
Reconstruction (PREC) with 2.5° × 2.5° horizontal resolution
covers the period from January 1948 to the present (Chen et al.
2002); (3) Monthly 200 hPa geopotential height, 200 hPa
winds, and 850 hPa winds from the NCEP/NCAR reanalysis
product with 2.5° × 2.5° horizontal resolution covers the period
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Table 1 The CMIP models used in this study. Nos. 1–32 are CMIP5 models and Nos. 33–47 are CMIP3 models

No. Model name Institute (country)

1 ACCESS1.0 Commonwealth Scientific and Industrial Research Organisation and Bureau of Meteorology (Australia)

2 BCC-CSM1.1 Beijing Climate Center (China)
3 BCC-CSM1.1-M

4 CanCM4 Canadian Centre for Climate Modelling and Analysis (Canada)
5 CanESM2

6 CCSM4 National Center for Atmospheric Research (USA)
7 CESM1-BGC

8 CESM1-CAM5

9 CESM1-FASTCHEM

10 CESM1-WACCM

11 CMCC-CM Centre National de Recherches Météorologiques/Centre Européen de Recherche et Formation Avancée en Calcul
Scientifique (France)

12 CNRM-CM5 Centre National de Recherches Meteorologiques (France)

13 CSIRO-Mk3.6.0 Commonwealth Scientific and Industrial Research Organisation in collaboration with the Queensland Climate Change
Centre of Excellence (Australia)

14 FGOALS-g2 LASG, Institute of Atmospheric Physics, Chinese Academy of Sciences, and CESS, Tsinghua University (China)

15 GFDL-CM3 Geophysical Fluid Dynamics Laboratory (USA)
16 GFDL-ESM2G

17 GFDL-ESM2M

18 GISS-E2-R NASA Goddard Institute for Space Studies (USA)

19 HadGEM2-CC Met Office Hadley Centre (UK)
20 HadGEM2-ES

21 INM-CM4 Institute for Numerical Mathematics (Russia)

22 IPSL-CM5A-LR Institut Pierre Simon Laplace (France)
23 IPSL-CM5A-MR

24 IPSL-CM5B-LR

25 MIROC5 Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute
(The University of Tokyo), and National Institute for Environmental Studies (Japan)26 MIROC-ESM

27 MIROC-ESM-CHEM

28 MPI-ESM-LR Max Planck Institute for Meteorology (MPI-M) (Germany)
29 MPI-ESM-MR

30 MRI-CGCM3 Meteorological Research Institute (Japan)

31 NorESM1-M Norwegian Climate Centre (Norway)
32 NorESM1-ME

33 bccr_bcm2_0 Bjerknes Centre for Climate Research (Norway)

34 cccma_cgcm3_1_t47 Canadian Centre for Climate Modelling and Analysis (Canada)

35 gfdl2_0 Geophysical Fluid Dynamics Laboratory (USA)
36 gfdl2_1

37 giss_aom NASA Goddard Institute for Space Studies (USA)
38 giss_model_e_h

39 giss_model_e_r

40 fgoals_g1_0 LASG, Institute of Atmospheric Physics, Chinese Academy of Sciences (China)

41 ipsl_cm4 Institute Pierre Simon Laplace (France)

42 miroc3_2_hires Center for Climate System Research (Japan)
43 miroc3_2_medres

44 mpi_echam5 Max Planck Institute for Meteorology (Germany)

45 mri_cgcm2_3_2a Meteorological Research Institute (Japan)

46 ncar_pcm1 National Center for Atmospheric Research (USA)

47 ukmo_hadgem1 Met Office Hadley Centre (UK)
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from January 1948 to the present (Kalnay et al. 1996). All
CMIP outputs and observational datasets are interpolated to a
uniform 2.5° × 2.5° grid by bilinear interpolation.

The monthly mean climatology is first calculated for the
study period. Then, interannual anomalies are computed as
the departure from the climatology. This study focuses on the
interannual variation, and we perform a 3-month running aver-
age to reduce intraseasonal variability and remove the least
squares trend in both model outputs and observations to extract
interannual signals. Hereafter, any month in the developing
years of ENSO is denoted by suffix (0), whereas any month
in the decaying years of ENSO is denoted by suffix (1). DJF
represents the seasonal mean in December–January-February,
and JJA represents the seasonal mean in June–July–August.
The Niño3.4 index is defined as SST anomalies averaged over
the region 5° S–5° N and 170°–120° W in D(0)JF(1). The
intensity of NWP circulation anomalies is defined as the differ-
ence of 850 hPa zonal winds between a southern region (5°–
15° N, 90°–130° E) and a northern region (22.5°–32.5° N,
110°–140° E), following Wang and Fan (1999). EOF, regres-
sion, and correlation analysis are used, and the significance
level is estimated based on the standard two-tailed Student’s t
test. Bias in present study represents the intermodel diversity.

3 Results

3.1 Leading modes of NWPAC biases

Figure 1a, b compares the NWP circulation anomalies during
post-ENSO summer in observations and CMIP MME. In ob-
servations, an anomalous anticyclone appears over the NWP
(Fig. 1a), while the NWPAC is much weaker with more

northward shift in CMIP MME (Fig. 1b). Besides, CMIP
MME simulates significant westerly anomalies over the equa-
torial WP, due to the unrealistic SST anomalies there (Tao
et al. 2015a; Jiang et al. 2017; Tao et al. 2018). Furthermore,
the intensity of NWP circulation anomalies in observations,
CMIPMME, and each CMIPmodel are shown in Fig. 1c. The
anomalous NWP circulation exhibits large intermodel diver-
sity among CMIP models. Most models simulate weaker
NWPAC than observations, and even cyclones rather than
anticyclones appear over the NWP in some models, resulting
weaker NWPAC in CMIP MME than observations
(Fig. 1b, c). To examine the intermodel spread of NWPAC
simulations, an intermodel EOF analysis is applied to the
850 hPa wind anomalies during post-ENSO summer over
the NWP (10° S–40° N, 90° E–170°W) for 47 CMIP models.
Figure 2a–d shows the regression of ENSO-related SST,
850 hPa wind, and precipitation anomalies during JJA(1) with
respect to the leading two PCs as well as the PCs. The vari-
ances explained by the first two EOF patterns are well sepa-
rated according to North et al. (1982). The leading modes
obtained by using CMIP3/5 models in present study are con-
sistent with those of CMIP5 models only (Fig. 2 of Tao et al.
2018).

The first intermodel EOF mode (EOF1), explaining 33.3%
of total variance, exhibits a meridional dipole structure of
circulation anomalies from the tropical WP to NWP
(Fig. 2b). There is an anomalous cyclone located over the
tropical NWP, and an anomalous anticyclone appears at its
northeast side. Correspondingly, significant positive SST
anomalies can be seen over the equatorial WP (Fig. 2a). The
relationship between PC1 and WP SST anomalies is further
documented in Fig. 3a, and the correlation coefficient between
them is 0.82 exceeding 99% significant level. Thus, for EOF1

a

c

b

Fig. 1 Regression of 850 hPa winds (m s−1) during JJA(1) with respect to
the normalized D(0)JF(1) Niño3.4 index in a observations and b CMIP
MME. c D(0)JF(1) Niño3.4 index regressed NWPAC anomalies during

JJA(1) in observations (red dashed line), CMIP MME, and 47 CMIP
models. Numbers 0 and 1–47 on abscissa of (c) represent the CMIP
MME and model numbers listed in Table 1, respectively
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mode, the anomalous cyclone indicates the weaker simulation
of NWPAC, and model with higher (lower) PC1 value or
warmer (colder) SST anomalies over the equatorial WP tends
to have a poorer (better) simulation of NWPAC.

The second intermodel EOF mode (EOF2), explaining
24.6% of total variance, displays a meridional tripole structure
of circulation anomalies: The cyclonic wind anomalies are
mainly concentrated over the tropical WP, an anomalous cy-
clone north of 30° N covers almost the whole north Pacific,
and the NWPAC appears between them (Fig. 2d). The SST
anomalies feature a tripole pattern over the Indo-Pacific sec-
tor, with warming over the TIO and equatorial CEP, and
cooling over the NWP (Fig. 2c). The PC2 is highly correlated

with SST anomalies in above three regions at 0.86, which
reaches 99% significant level (Fig. 3b). Note that the correla-
tion coefficients between PC2 and SST anomalies in any one
or two of the three regions are lower than that using all three
regions (Table 2). As a result, model with higher (lower) PC2
value or stronger (weaker) SST anomalies over the TIO, CEP,
and NWP indicates a stronger (weaker) NWPAC.

Based on multivariate regression, the diversity of NWP
circulation anomalies during post-ENSO is almost totally at-
tributed to the contribution of the leading two intermodel EOF
modes (Fig. 3c), which are tightly linked to the SST biases
over the equatorial WP and Indo-Pacific sector (Fig. 3d). The
leading PCs and SST biases could explain 94.4% and 58.3%

a c

b d

e

f

Fig. 2 Regression of D(0)JF(1) Niño3.4 index regressed SST (shaded,
°C), 850 hPa wind (vector, m s−1), and precipitation (shaded, mm)
anomalies during JJA(1) with respect to the normalized PC1 (top left
panels, a, b) and PC2 (top right panels, c, d) of intermodel EOF in 47
CMIPmodels. Green lattices and blue vectors indicate that the significant

level reaches 90%. Also shown are the standardized leading two PCs: e
PC1 and f PC2 (black solid lines), as well as the leading PCs for
intermodel SVD of D(0)JF(1) Niño3.4 index regressed 850 hPa wind
(red dashed lines) and SST anomalies (blue dotted lines). The explained
variances are given at the top right of panels
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of intermodel variance for NWP circulation anomalies, re-
spectively.We also apply an intermodel singular value decom-
position (SVD) analysis between NWPAC biases (10° S–40°
N, 90° E–170° W) and SST biases (20° S–20° N, 40° E–90°
W), and the leading PCs of SVD analysis are highly consistent
with that of EOF analysis (Fig. 2e, f), confirming the close
relationship between SST and NWPAC biases.

3.2 Role of SST biases

NWP circulation is sensitive to the tropical ocean status, and
there are two views to understand the involved dynamic pro-
cesses. On one hand, the anomalous atmospheric heating
caused by SSTanomalies induces NWP circulation anomalies
following Gill-response mechanism (Wang et al. 2000; Xie
et al. 2009; Fan et al. 2013; Karori et al. 2013; Chen et al.
2016). On the other hand, tropical SST anomalies drive the
adjustment of large-scale tropical circulation, including
Walker and Hadley circulation, which leads to anomalous
NWP circulation (Wu et al. 2009a; Wu et al. 2009b; Chung
et al. 2011; Chen and Zhou 2014; Gong et al. 2018b). Thus,
the possible role of SST biases affecting NWPAC biases is

analyzed in this subsection in order to investigate how these
two aspects work in first two EOF modes.

Figure 4a shows the PC1 regressed ENSO-related 200 hPa
geopotential height and wind anomalies during JJA(1). Owing
to the wet anomalies induced by the equatorial WP warming,
geopotential height anomalies display a Matsuno-Gill
(Matsuno 1966; Gill 1980) pattern, and a pair of Rossby
waves are triggered to the east as two off-equatorial maximum
centers (Figs. 2b and 4a). Upper-level easterly wind anomalies
dominate the Maritime Continent (MC) region, and an anom-
alous lower-level cyclone is triggered at the tropical NWP as a
direct Rossby wave response to the positive rainfall anomalies
there (Fig. 2b), which are accompanied by the local conver-
gence (divergence) at lower (upper) levels (Fig. 5a, b).

The PC2 regressed ENSO-related 200 hPa geopotential
height anomalies feature an off-equatorial maximum on either
side of the equator over the CEP and an equatorial maximum
to the east over the TIO, as the Matsuno-Gill (Matsuno 1966;
Gill 1980) patterns anchored by the CEP and TIO warming,
respectively (Fig. 4b). The CEP (TIO) warming affects
NWPAC through Rossby (Kelvin) wave-induced divergence
mechanism as observational La Niña cases (Chen et al. 2017;

a b

c d

Fig. 3 Scatter diagram of a PC1
(ordinate) and D(0)JF(1) Niño3.4
index regressed SST anomalies
over the equatorial WP (abscissa;
10° S–10° N, 150° E–170° W); b
PC2 (ordinate) and D(0)JF(1)
Niño3.4 index regressed SST
anomalies over the Indo-Pacific
sector (abscissa); c original
NWPAC intensity (ordinate) and
NWPAC intensity built by PC1
and PC2 (abscissa) based on
multivariate regression; and d
original NWPAC intensity
(ordinate) and NWPAC intensity
built by D(0)JF(1) Niño3.4 index
regressed SST anomalies over the
equatorial WP and Indo-Pacific
sector (abscissa) based on multi-
variate regression. The SST
anomalies over the Indo-Pacific
sector are calculated as the sum of
equatorial CEP (5° S–5° N, 170°
W–120° W) and TIO (20° S–20°
N, 40°–100° E) warming minus
NWP (10°–20° N, 130° E–180°)
cooling. Numbers represent the
model numbers listed in Table 1.
The blue, red, and black lines are
the best fit lines for the scatters of
CMIP3, CMIP5, and all CMIP
models, respectively. The corre-
lation coefficients of CMIP3,
CMIP5, and all CMIP models are
on the top corner of each figure
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Tao et al. 2017) and slow decaying El Niño cases (Jiang et al.
2019). The associated precipitation and large-scale circulation
anomalies exhibit tripole patterns: the negative rainfall anom-
alies with lower- (upper-) level convergence (divergence) are
clearly seen over the NWP and MC, and they are in conjunc-
tion with the positive rainfall anomalies and lower- (upper-)
level divergence (convergence) over the TIO and central
Pacific (Figs. 2d and 5c, d). Further, to examine the physical
mechanism involved in leading mode-related SST biases af-
fecting the simulation of NWP circulation, solutions to atmo-
spheric general circulation model (AGCM) are considered in
the next subsection.

3.3 Solutions to AGCM

Six simulations are conducted with different boundary condi-
tions by using the Max Plank Institute for Meteorology
AGCM (ECHAM5.3.2; Roeckner et al. 2003), and we adopt
a version with triangular truncation at zonal wavenumber 63
(T63; equivalent to 1.9° horizontal resolution) and 31 vertical
levels extending to 10 hPa. In control run (hereafter CTL run),
the model is forced by the CMIP multimodel ensemble
(MME) monthly climatology of SST for 1970–2009. The
composite of SST anomalies during post-ENSO summer for
the positive PC1 and PC2 value (PC1+ and PC2+; above 0.75)
models added to the CTL run in the WP and Indo-pacific
sector (hereafter WP and IP run), respectively, to denote the
effect of leading mode-related SST biases. Note that an El
Niño (La Niña) event is defined as the normalized D(0)JF(1)
Niño3.4 index is above 0.75 (below − 0.75), and the compos-
ite maps are calculated as the difference between El Niño and
La Niña events for positive PC value models. The composite
results for PC1+ and PC2+ models highly resemble the lead-
ing modes of SST, 850 hPa wind, and precipitation anomalies
(Figs. 2a–d and 6a–d). Besides, to obtain the relative contri-
bution of SST anomalies in the TIO, CEP, and NWP to the

simulation of NWPAC for PC2+ models, three additional ex-
periments (hereafter TIO, CEP, and NWP run) are conducted.
In all experiments, the SST is kept constant in time and the
model is integrated for 40 years, and last 30 years’ mean
results for JJA are analyzed. The detailed information of sim-
ulations is listed in Table 3.

To document the equatorial WP warming in EOF1 affects
NWP circulation biases. The difference of simulated rainfall
and 850 hPa wind anomalies between WP run and CTL run
during JJA(1) is shown in Fig. 6c. The features of EOF1 are
reasonably captured by WP run, although the model results
are stronger than PC1+ models (Fig. 6b, c). The response of
large-scale circulation is also well reproduced (figures not
shown), and the equatorial WP warming enhances local con-
vection with lower- (upper-) level convergence (divergence),
inducing wet anomalies there. In response to the positive pre-
cipitation anomalies over the WP, a pair of Rossby waves are
triggered to the west following Gill-response mechanism, and
an anomalous cyclone appears over the tropical NWP
(Fig. 6c).

For EOF2, Fig. 6f presents the difference of simulated rain-
fall and 850 hPa wind anomalies between IP run and CTL run
during JJA(1). Model well reproduces the features of EOF2,
as the rainfall and circulation anomalies over the Indo-Pacific
sector (Fig. 6e, f), confirming the importance of SST anoma-
lies over the Indo-Pacific sector affecting the simulation of
NWP circulation. The TIO (CEP) warming induces local
wet anomalies, which trigger eastward (westward) Kelvin
(Rossby) wave, resulting the adjustment of large-scale circu-
lation (figures not shown). The resultant lower- (upper-) level
divergence (convergence) suppresses convection over the MC
and NWP, inducing the dry anomalies there (Fig. 6f). The
anomalous NWPAC is triggered as a Rossby wave response
to the local negative precipitation anomalies. Besides, the
NWP cooling contributes to development of NWPAC via
the positive thermodynamic feedback between local SST and

Table 2 Correlation coefficients
between PC2 and SST anomalies
in any one, two, or all of the three
regions: TIO, CEP, and NWP

TIO CEP NWP TIO + CEP TIO-
NWP

CEP-
NWP

TIO + CEP-NWP

0.73 0.68 − 0.51 0.78 0.80 0.83 0.86

a b

Fig. 4 Regression of D(0)JF(1) Niño3.4 index regressed 200 hPa geopotential height (shaded, °C) andwind anomalies (vector, m s−1) during JJA(1) with
respect to the normalized a PC1 and b PC2. Green lattices and blue vectors indicate significant level reaches 90%
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circulation anomalies (Wang et al. 2000; Wang and Zhang
2002; Wu et al. 2010; Wang et al. 2013; Xiang et al. 2013;
Wu et al. 2017a).

Furthermore, the relative contribution of SST anomalies in
the three regions of Indo-Pacific sector to the simulation of

NWPAC is explored, and the NWPAC intensity in the four
experiments and PC2+models is shown in Table 4. Consistent
with the conclusion of Table 2, the SST anomalies in all three
regions have crucial contribution to the NWP circulation
biases, and the NWPAC is strongest if SST anomalies over

a

b d

c

Fig. 5 Regression of D(0)JF(1) Niño3.4 index regressed 850 hPa
potential velocity (contour, 106 m2 s−1) and divergent wind (vector,
m s−1), 200 hPa potential velocity (contour, 106 m2 s−1) and divergent
wind (vector, m s−1), and precipitation anomalies (shaded, mm) during

JJA(1) with respect to the normalized PC1 (left panels, a, b) and PC2
(right panels, c, d). Green lattices for precipitation and blue vectors for
winds indicate significant level reaches 90%

a

b e

fc

d

Fig. 6 Composite of SST (shaded, °C), 850 hPa winds (vector, m s−1),
and precipitation (shaded, mm) during JJA(1) for PC1+ models (top left
panels, a, b) and PC2+ models (top right panels, d, e). Simulated 850 hPa

wind (vector; m s−1) and precipitation (shaded; mm) anomalies during
JJA(1) for c WP minus CTL run and f IP minus CTL run. Green lattices
and blue vectors indicate significant level reaches 90%
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the whole Indo-Pacific sector are included, as conducted by IP
run. Besides, the NWPAC in CEP run is stronger than the
other two runs, indicating the dominant role of CEP warming.
The NWP cooling has the least contribution, and it could be
attributed to the fast decaying SST anomalies there (figures
not shown). Note that the simulated precipitation and circula-
tion anomalies inWP and IP run are stronger than the relevant
composite results (Fig. 6b, c, e, f, and Table 4), probably due
to that the atmospheric feedback to SST could not be simulat-
ed by AGCM.

4 Summary

Based on an intermodel EOF analysis, this study has investi-
gated the dominant modes of NWP circulation anomalies dur-
ing post-ENSO summer and their SST dependence involved
in 47 CMIP models. The main findings are summarized as
follows.

The first intermodel EOF mode, explaining 33.3% of total
intermodel variance, features an anomalous cyclone over the
tropical NWP (Fig. 2b). Positive SST anomalies can be seen
over the equatorial WP (Fig. 2a), and model with warmer
(colder) SST anomalies over the equatorial WP tends to have
a poorer (better) simulation of NWPAC (Fig. 3a). The equa-
torial WP warming enhances local convection with lower-
(upper-) level convergence (divergence), and the anomalous
NWP cyclone is a direct Rossby wave response to positive
rainfall anomalies there (Figs. 4a and 5a, b). An AGCM is
used and forced by adding positive SST anomalies over the
WP to CMIP MME global climatological SST. Model results
reproduce the EOF1 features, conforming the role of equato-
rial WP warming affecting the simulation of NWP circulation
(Fig. 6c).

The second intermodel EOF mode explains 24.6% of total
variance, and an anomalous anticyclone is captured over the
NWP (Fig. 2d). The associated SST anomalies feature a
tripole pattern over the Indo-Pacific sector, with warming over
the TIO and equatorial CEP, and cooling over the NWP

(Fig. 2c). Model with stronger (weaker) SST anomalies over
the TIO, CEP, and NWP indicates a stronger (weaker)
NWPAC (Fig. 3b). The TIO (CEP) warming induces local
wet anomalies, and the 200-hPa geopotential height anomalies
there display the Matsuno-Gill pattern with eastward
(westward) Kelvin (Rossby) wave, resulting the adjustment
of large-scale circulation (Figs. 4b and 5c, d). The resultant
lower- (upper-) level divergence (convergence) suppresses
convection over the MC and NWP, inducing the anomalous
NWPAC as a Rossby wave response. Besides, the NWP
cooling contributes to development of NWPAC via positive
thermodynamic feedback between local SST and circulation
anomalies. Model results are consistent with EOF2 patterns,
and emphasize the importance of SST anomalies over the
Indo-Pacific contributing to simulation of NWPAC (Fig. 6f).

The unrealistic positive SST anomalies over the equatori-
al WP in EOF1 are related to the overly westward extension
of simulated ENSO warm tongue, which can persist through
JJA(1) (Tao et al. 2015a; Jiang et al. 2017; Tao et al. 2018).
The overly westward extended ENSO warming originates
from the excessive equatorial Pacific cold tongue in the
models (Tao et al. 2018). On one hand, the cold SST biases
increase the mean zonal SST gradient, and favor the devel-
opment and persistence of WP warming via intensified
warm zonal advection. On the other hand, the anomalous
convection caused by ENSO-related warming is reduced,
and the WP SST increase as more downward shortwave
radiation. While, the EOF2-related Indo-Pacific SST patterns
are highly controlled by ENSO amplitude and its decaying
pace, which are determined by the intensity of subtropical
cells via the adjustment of meridional and vertical advection
(Tao et al. 2018).

Table 3 List of the six ECHAM5.3.2 simulations: CTL, WP, TIO, CEP, NWP, and IP run

Simulation SST forcing field Integration

CTL run CMIP MME global climatological SST for 1970–2009 40 years

WP run Added composite of positive SST anomalies for the positive PC1 value models over the WP (20° S–20° N, 120° E–150° W)
in Fig. 6a to CTL run from June to August

40 years

TIO run Added composite of positive SST anomalies for the positive PC2 value models over the TIO (20° S–20° N, 40°–120° E)
in Fig. 6d to CTL run from June to August

40 years

CEP run Added composite of positive SST anomalies for the positive PC2 value models over the CEP (20° S–20° N, 140° E–70° W)
in Fig. 6d to CTL run from June to August

40 years

NWP run Added composite of negative SST anomalies for the positive PC2 value models over the NWP (5°–25° N, 120° E–160° W)
in Fig. 6d to CTL run from June to August

40 years

IP run Added the SST anomalies in TIO, CEP, and NWP run together to CTL run 40 years

Table 4 TheNWPAC intensity (m s−1) in PC2+models, as well as TIO,
CEP, NWP, and IP run

PC2+ models TIO run CEP run NWP run IP run

0.75 0.61 0.87 0.49 0.91

Dominant modes of CMIP3/5 models simulating northwest Pacific circulation anomalies during post-ENSO summer... 1817



This study reveals the importance of intermodel diversity in
Indo-Pacific SST anomalies during post-ENSO summer to
NWP circulation. However, the obtained conclusions are not
only limited to model biases, but also have some enlighten-
ment for understanding how diversity of ENSO types and
their evolution affects NWP circulation in observational cases.
Besides, weakening NWPAC during post-ENSO summer un-
der global warming is projected by CMIP5MME result (Jiang
et al. 2018; He et al. 2019), and they emphasized the weaken-
ing role of NWP thermodynamic feedback and TIO warming,
respectively. So, how do the leading modes of NWP circula-
tion and their SST dependence change under global warming?
What mechanism is involved in processes between SST and
NWP circulation? All these issues deserve to further study in
the future.
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Abstract  This study proposes a new explanation for the 
formation of precipitation anomaly patterns in the boreal 
summer during the El Niño-Southern Oscillation (ENSO) 
developing and decaying phases. During the boreal sum-
mer June-July-August (JJA) (0) of the El Niño (La Niña) 
developing phase, the upper level (300−100 hPa) positive 
potential temperature anomalies resemble a Ma-
tsuno-Gill-type response to central Pacific heating (cool-
ing), and the lower level (1000−850 hPa) potential tem-
perature anomalies are consistent with local SST anoma-
lies. During the boreal summer JJA(1) of the El Niño (La 
Niña) decaying phase, the upper level potential tempera-
ture warms over the entire tropical zone and resembles a 
Matsuno-Gill-type response to Indian Ocean heating 
(cooling), and the lower level potential temperature 
anomalies follow local SST anomalies. The vertical het-
erogeneity of potential temperature anomalies influences 
the atmospheric stability, which in turn influences the 
precipitation anomaly pattern. The results of numerical 
experiments confirm our observations.     

 Keywords:  precipitation pattern, ENSO, AGCM 
Citation:  Hu, K.-M., and G. Huang, 2010: The forma-
tion of precipitation anomaly patterns during the devel-
oping and decaying phases of ENSO, Atmos. Oceanic Sci. 
Lett., 3, 25−30. 

1  Introduction  
It is now well recognized that the El Niño-Southern 

Oscillation (ENSO) phenomenon is a dominant mode of 
tropical climate variability (e.g., Bjerknes, 1969). The 
boreal summer rainfall anomalies associated with ENSO 
are of great socio-economic importance; for example, 
they can influence the Indian summer monsoon (e.g., 
Kumar et al., 1999), the Australia summer monsoon (e.g., 
Wu and Kirtman, 2007), the East Asia summer monsoon 
(e.g., Huang and Wu, 1989; Wu et al., 2003), and the 
western North Pacific summer monsoon (e.g., Li et al., 
2008; Wang et al., 2001; Wu and Wang, 2000; Xie et al., 
2009; Yang et al., 2007).   

Previous studies show that the anomalous precipitation 
pattern not only depends on sea surface temperature 
(SST), but it is also influenced by large-scale atmospheric 
circulation (e.g., Lau et al., 1997). On the other hand, the 
tropical convection anomaly can also influence atmos-
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pheric circulation (e.g., Gill, 1980; Matsuno, 1966; Xie et 
al., 2009). Thus, SST, precipitation, and atmospheric cir-
culation have all been shown to interact with each other. 
In this paper, we propose a new idea to describe the for-
mation of the anomalous precipitation pattern in the bo-
real summer during the El Niño (La Niña) developing and 
decaying phases.  

While El Niño (La Niña) is developing, the central and 
eastern tropical Pacific SST becomes warmer (cooler) 
during the boreal summer. While El Niño (La Niña) is 
decaying, the central and eastern tropical Pacific SST 
returns to normal, but the Indian Ocean and Atlantic SST 
become warmer (cooler) because of the atmospheric 
bridge (e.g., Klein et al., 1999; Lau and Nath, 2003) and 
ocean Rossby wave (e.g., Du et al., 2009; Huang and 
Kinter, 2002; Xie et al., 2002). The present study illus-
trates that there is a Matsuno-Gill-type response (e.g., Gill, 
1980; Matsuno, 1966; Su and Neelin, 2003) to the central 
and eastern tropical SST warming (cooling) during the 
June-July-August (JJA) (0) period and to the tropical In-
dian Ocean warming (cooling) during the JJA(1) period 
(e.g., Li et al., 2008; Wu et al., 2009; Xie et al., 2009; 
Yang et al., 2007). Upper level temperature anomalies can 
propagate to remote regions through atmospheric waves. 
The lower level atmospheric temperature anomalies are 
more constrained by local SST anomalies, which may 
result from the direct heat exchange between the ocean 
and atmosphere. Therefore, the atmospheric warming 
(cooling) is not homogeneous from the lower level to up-
per level. Moreover, the vertical heterogeneity of tem-
perature anomalies may influence the atmospheric stabil-
ity and in turn rainfall during JJA(0) and JJA(1). 

The goal of this paper is to study the formation of the 
precipitation anomaly pattern during the developing phase 
and decaying phases of ENSO. The remainder of the pa-
per is organized into sections: the second section de-
scribes the data and methods used; the third section pre-
sents our analysis of the observations and model simula-
tions; and the last section provides a summary and the 
discussion. 

2  Data and experiment 
2.1  Data 

We used the Hadley center SST (HadSST) dataset (e.g., 
Rayner et al., 2003) and the National Centers for Envi-
ronmental Prediction (NCEP) atmospheric reanalysis (e.g., 
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Kalnay et al., 1996), which were originally on 1° and 2.5° 
grids, respectively. The CPC (Climate Prediction Center) 
Merged Analysis of Precipitation (CMAP) precipitation 
data (e.g., Xie and Arkin, 1997) were used as a proxy for 
observations. For consistency with the precipitation data, 
all observation analyses and model data were based on the 
1979−2000 period. Over the 22-year time series, a corre-
lation coefficient of 0.44 reached the 95% significance 
level based on the Student t-test. 

The atmospheric stability (AS) was calculated as the 
upper level (300−100 hPa) potential temperature minus 
the lower level (1000−850 hPa) potential temperature. We 
used the SST averaged over the eastern equatorial Pacific 
(Niño3.4: 5°S−5°N, 120−170°W) as the ENSO index. 

2.2  Model 

The Community Atmosphere Model Version3 (CAM3) 
at T42 resolution (about 2.8° latitude × 2.8° longitude) in 
the horizontal and 23 sigma levels in the vertical was used 
in this study. Details of the physical and numerical meth-
ods used in CAM3 are provided in Collins et al. (2006). 
We performed a 21-member ensemble of the CAM3 
model integration forced by the observed monthly mean 
SSTs from the Hadley Center dataset during the 
1950−2000 period, which we designate CAM3_EM. The 
members of the ensemble for CAM3_REAL differ only in 
their initial conditions. Results of model simulations are 
based on the 21-member ensemble mean.  

3  Results 
The JJA(0) (JJA(1)) correlation distribution of both 

precipitation and atmospheric stability with the Decem-
ber-January-February (DJF) (0) Niño3.4 index is shown 
in Fig. 1a (Fig. 1c). The results apply to both El Niño and 
La Niña; however, the rest of this paper only describes the  

anomalies corresponding to the El Niño cases because the  
La Niña cases are the same as for El Niño, except the sign 
is reversed. During JJA(0), more rainfall is seen in the 
positive AS-Niño3.4 (atmospheric stability with Niño3.4 
index) correlation region, which is mainly located in the 
central-eastern tropical Pacific and South Atlantic; less 
rainfall is seen in the negative AS-Niño3.4 correlation 
region, which is mainly over the east of Australia, south-
western Pacific, and tropical Atlantic (Fig. 1a). During 
JJA(1), the tropical atmospheric stability increases over 
almost the entire tropical zone, except over the western 
Indian Ocean and the eastern Pacific. Rainfall decreases 
in regions where higher positive AS-Niño3.4 correlations 
are seen, such as in the subtropical North Pacific, tropical 
South Atlantic, and a belt from eastern Australia to south-
ern South America; rainfall increases in regions of nega-
tive or low positive AS-Niño3.4 correlations, which for 
example occurs in the western Indian Ocean and in the 
central and eastern Pacific (Fig. 1c). The model results are 
consistent with the observations (Figs. 1b and 1d). There 
are some regions where the rainfall increase (decrease) 
does not coincide with an atmospheric stability decrease 
(increase), such as in the North Pacific where there is 
more rainfall during JJA(0) but atmospheric stability in-
creases. Figure 1 demonstrates that atmospheric stability 
can impact rainfall anomalies, however, this question re-
mains: how does the atmospheric stability anomaly pat-
tern forms in the boreal summer during the El Niño de-
veloping and decaying phases? 

Previous studies show that the local SST can impact 
remote regions through atmosphere waves, which can in 
turn impact the upper-level atmospheric temperature (e.g., 
Su and Neelin, 2003; Xie et al., 2009). We calculated the 
correlation of the upper level (300−100 hPa) potential 
temperature anomaly with the DJF Niño3.4 index, which 
is shown in Fig. 2. The distribution of the upper level po- 

 

 
 

Figure 1  Correlations of DJF mean Niño3.4 index with precipitation (lines) (the dashed line denotes a correlation coefficient below −0.44, and the 
solid line denotes a correlation coefficient above 0.44) and with atmospheric stability (shading) during (a) the preceding JJA(0) and (c) the following 
JJA(1). Plots (b) and (d) are the same as (a) and (c) but use ensemble means from the CAM3 experiment. Both the computation of observed correla-
tions and the simulation analysis of the 21-member ensemble mean were based on the same 22 years of data (1979−2000). 
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Figure 2  Correlation coefficients between the DJF mean Niño3.4 index and the upper level (300−100 hPa) vertically averaged potential temperature 
during (a) the preceding JJA(0) and (c) the following JJA(1). Plots (b) and (d) are the same as Figs. 1a and 1c, but use ensemble means from the 
CAM3 experiment. Both the computation of observed correlations and the simulation analysis of the 21-member ensemble mean were based on the 
same 22 years of data (1979−2000). 

tential temperature-Niño3.4 correlation displays a Gill- 
type response to the central Pacific atmospheric heating, 
and the anomalies are mainly concentrated on the Pacific 
during JJA(0). During JJA(1), the potential temperature 
increases along the entire tropical zone and features a 
Matsuno-Gill-type response to SST warming in the Indian 
Ocean, which is consistent with previous studies. The 
model results are the similar as the observations. It is un-
clear why the upper level potential temperature-Niño3.4 
correlation is mainly confined to the Pacific during JJA(0) 

but covers the entire tropical zone during JJA(1). This 
may be because of the difference in the SST anomalies 
between JJA(0) and JJA(1). As Fig. 3 shows, positive SST 
anomalies are mainly concentrated in the tropical Pacific 
during JJA(0), but they are found in the entire tropical 
ocean during JJA(1). 

The distribution of lower level potential temperature 
anomalies is the same as that of local SST anomalies dur-
ing both JJA(0) and JJA(1) (Figs. 4a and 4c). There are 
positive anomalies over the central-eastern Pacific and  

 

 
 

Figure 3  Correlation coefficient between the DJF mean Niño3.4 index and sea surface temperature (white contours at intervals of 0.1; dark 
shade<−0.5; light>0.5) during (a) JJA(0) and (b) JJA(1) from 1979 to 2000. 
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Figure 4  Correlation coefficient between the DJF mean Niño3.4 index and the lower level (1000−850 hPa) vertically averaged potential tempera-
ture (white contours at intervals of 0.1; dark shade<−0.5; light>0.5) during (a) the preceding JJA(0) and (c) the following JJA(1). Plots (b) and (d) are 
the same as Figs. 1a and 1c, but use ensemble means from the CAM3 experiment. Both the computation of observed correlations and the simulation 
analysis of the 21-member ensemble mean were based on the same 22 years of data (1979−2000). 

 
negative anomalies over the western Pacific during JJA(0); 
positive anomalies are found over the Indian Ocean, cen-
tral Pacific, and equatorial America during JJA(1). The 
model results, as shown in Figs. 4b and 4d, are consistent 
with the observations. The similar distribution of lower 
level potential temperature anomalies and SST anomalies 
may result from the direct air-sea heat exchange. 

The results show that lower level potential temperature 
anomalies are constrained most strongly by the local SST, 
whereas the upper level potential temperature anomalies 
are influenced by atmospheric waves. Thus, potential 
temperature anomalies are vertically heterogeneous, 
which can influence the atmospheric stability and in turn 
influence the precipitation anomalies in the boreal sum-
mer during the El Niño developing and decaying phases. 

4  Summary and discussion 
In the boreal summer, during the developing phase of 

El Niño (La Niña), the SST anomalies occur mainly in the 
tropical Pacific. The upper level temperature anomaly 
pattern resembles a Gill-type response to the central Pa-
cific warming (cooling); the lower level temperature 
anomaly pattern is consistent with the SST anomaly dis-
tribution. The heterogeneous vertical distributions of po-
tential temperature change the atmospheric stability, 
which can influence the tropical rainfall in JJA(0). In the 
boreal summer, during the El Niño (La Niña) decaying 
phase, the upper-level temperature anomalies resemble a 
Matsuno-Gill-type response to the Indian Ocean heating 
(cooling); the lower level potential anomalies are mainly 
constrained by local SST anomalies. Numerical experi- 

ment results confirm these observations. The heterogene-
ous potential temperature distributions lead to a change in 
atmospheric stability, which can influence the tropical 
rainfall. 

Although the distribution of the precipitation-Niño3.4 
correlation and atmospheric stability-Niño3.4 correlation 
coincide with each other in most regions, there are also 
some regions where they do not. This disagreement may 
be caused by other processes that lead to precipitation 
anomalies, such as low-level atmospheric circulation, 
moisture flux, etc. As in Fig. 1, we calculated the JJA(0) 
(JJA(1)) correlation coefficient of both precipitation and 
the 10-m-layer convergence with the DJF(0) Niño3.4 in-
dex for Fig. 5a (Fig. 5b), which shows that although the 
correlation distribution between the 10-m-layer conver-
gence and the Niño3.4 index is scattered, we do find more 
(less) rainfall over the positive (negative) correlation re-
gions. It is interesting that the JJA(1) rainfall anomalies 
over the western North Pacific correspond to low-layer 
convergence but are not consistent with atmospheric in-
stability.  

Previous studies have shown that ENSO decayed 
quickly in the boreal spring before the late 1970s but has 
decayed slowly after the late 1970s (e.g., Wang et al., 
2008). In addition, the pattern of SST anomalies in the 
summer during ENSO decaying periods has experienced a 
decadal change since the late 1970s (e.g., Xie et al., 
20101). Whether the precipitation anomaly pattern in the 
boreal summer during the ENSO developing and decay-
ing phases has changed is an interesting question that 
needs further study. 

 
 
 
1 Xie, S. P., Y. Du, G. Huang, et al., 2010: Interdecadal change of the 1970s in El Niño influences interdecadal change of the 1970s in El Niño influ-
ences, submitted to J. Climate. 
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Figure 5  Correlation of (DJF) mean Niño3.4 index with precipitation (lines) (dashed line denotes a correlation coefficient below −0.44, and solid 
line denotes a correlation coefficient above 0.44) and with the 10-m-layer wind convergence (shading) during (a) the preceding JJA(0) and (b) the 
following JJA(1). 
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Abstract  This paper provides evidence that the varia-
tion of boreal winter sea level pressure (SLP) over the 
North Pacific is out-of-phase with SLP fluctuation over 
the tropical Indian Ocean on both the interdecadal and 
interannual time scales. Subsequently, a SLP between 
tropical Indian Ocean and North Pacific (TIO-NP) oscil-
lation index is defined to indicate the variation of such 
out-of-phase fluctuation. Moreover, the simultaneous sur-
face air temperature and precipitation anomalies in China 
are closely related to TIO-NP oscillations. Below-normal 
surface air temperature anomalies in the northern and the 
eastern part of China, and less rainfall in southern China, 
correspond to positive TIO-NP oscillation phase with 
negative SLP anomalies in tropical Indian Ocean and 
positive anomalies in North Pacific. The TIO-NP oscilla-
tion affects China’s winter climate anomalies, possibly 
through modulating the northeast East Asia winter mon-
soon. 
Keywords: North Pacific, tropical Indian Ocean, oscilla-
tion, China’s climate 
Citation: Hu, K.-M., and G. Huang, 2011: The oscillation 
between tropical Indian Ocean and North Pacific: Evi-
dence and possible impact on winter climate in China, 
Atmos. Oceanic Sci. Lett., 4, 57–63. 

1  Introduction  
A century ago, Hildebrandsson (1897) uncovered the 

first sign of the Southern Oscillation in the form of an 
out-of-phase relationship between surface pressure 
anomalies at Sydney and Buenos Aires. Several years 
later, Lockyer and Lockyer (1902) confirmed the exis-
tence of the Sydney Buenos Aires pressure seesaw and 
estimated its duration to be about 3.8 years. This kind of 
oscillation, coupled with the tropical Pacific Sea surface 
temperature (SST) anomalies (Bjerknes, 1969) referred to 
as the El Niño/Southern Oscillation (ENSO), has a great 
impact on the global climate. For instance, the ENSO can 
affect the Indian summer monsoon by modulating Walk 
circulation (Krishnamurthy and Goswami, 2000), influ-
ence North America by propagating Pacific-North Amer-
ica (PNA) teleconnection (Wallace and Gutzler, 1981), 
and impact East Asian climate through the East 
Asia-Pacific (EAP) or Pacific-Japan (PJ) teleconnection 
and tropical Indian Ocean capacitor effect (Huang and Wu, 
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1989; Nitta, 1987; Yang et al., 2007; Li et al., 2008; Xie et 
al., 2009; Huang et al., 2010; Xie et al., 2010). Besides 
Southern Oscillation (SO), which occurs only in the 
tropical region, some SO-like oscillations between tropi-
cal and extra-tropical regions have also been observed.    

The boreal winter climate variability of North Pacific 
sea level pressure (SLP) anomalies is closely related to 
the tropical Indian Ocean climate variability. Preliminary 
evidence was presented by Minobe (1997), whose results 
showed that annually averaged SST anomalies in the 
tropical Indian Ocean varied coherently with SLP vari-
ability in the North Pacific, during boreal winter on inter-
decadal time scales. A more systematic investigation of 
the relationship between the North Pacific and the tropical 
Indian Ocean was presented by Deser et al. (2004). They 
compared the anomalies of SST, precipitation, cloudiness, 
and precipitation between epochs of high sea level pres-
sure (190024 and 194776) and low pressure (192546 
and 197797) over the North Pacific, and discovered that 
the interdecadal fluctuations in the North Pacific are asso-
ciated with climate variability over the tropical Indian 
Ocean. More recently, Deser and Phillips (2006) have 
confirmed that rainfall anomalies over the tropical Indian 
Ocean weaken the Aleutian Low in boreal winter with an 
ensemble simulation of an Atmospheric General Circula-
tion Model (AGCM). Hence, a close relationship exists 
between the climate fluctuations in the tropical Indian 
Ocean and the North Pacific on an interdecadal time 
scale.  

In the present study, we investigate the relationship of 
winter SLP anomalies between the tropical Indian Ocean 
and North Pacific. The results reveal that an out-of-phase 
relationship of SLP anomalies between the tropical Indian 
Ocean and North Pacific exists not only on the interde-
cadal time scale, but also on the interannual time scale. 
We also considered the SLP seesaw between the tropical 
Indian Ocean and the North Pacific as a SLP between 
tropical Indian Ocean and North Pacific (TIO-NP) oscil-
lation. Moreover, an interesting research question is 
whether TIO-NP oscillation has any implication on 
China’s winter climate due to China’s location in the mid-
dle of the Indian Ocean and the North Pacific. However, 
this question is yet to be understood. 

The primary objectives of the present study are to il-
lustrate the observed and simulated evidence for TIO-NP 
oscillation, define a TIO-NP index that indicates this os-
cillation, and discuss the possible impact of such an os-
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cillation on China’s climate during boreal winter.  
The observational datasets and the AGCM tool em-

ployed in this study are described in section 2. The ob-
served and simulated evidence of TIO-NP oscillation and 
index definition is presented in section 3. The possible 
impact of TIO-NP oscillation on China’s climate in winter 
is presented in section 4. The main conclusions of this 
study are summarized and discussed in section 5.  

2  The data and model 
China’s monthly mean surface air temperature and pre-

cipitation datasets used in this study include 160 stations 
in China from 19512008 and were provided by the Na-
tional Climate Center, China Meteorological Administra-
tion. 

The global SLP dataset used in this study is Hadley 
Centre Sea Level Pressure dataset (HadSLP2; Allan and 
Ansell, 2006), which is available on a 2.5°×2.5° grid 
starting from January 1850 to December 2004 and was 
provided by the Hadley Center. 

The present study uses wind and height fields from the 
National Center for Environmental Prediction-National 
Center for Atmospheric Research (NCEP-NCAR) (Kal-
nay et al., 1996). These variables are available on 
2.5°×2.5° grids from 1948 to the present.  

The AGCM used is ECHMA5, the latest Hamburg ver-
sion of the European Centre for Medium-Range Weather 
Forecasts (ECMWF) model. A detailed description of 
ECHAM5 is given by Roeckner et al. (2003). We use a 
version with a triangular truncation at zonal wave number 
63 (T63; equivalent to 1.9° horizontal resolution) and 19 
sigma levels in the vertical. The model is forced with the 
observed monthly mean SST and climatological sea ice 
data from 1870 to 2007. Finally, the SST forcing of 
AGCM is derived from the HadISST1 (Rayner et al., 
2003), which was provided by the Hadley Center.  

3  Observed evidence of the out-of-phase relation 
between SLP anomalies over TIO and NP, and 
index definition 

Based on the definition provided by previous research 
(Deser et al., 2004), an index of SLP fluctuation in the 
North Pacific, referred to as the NP index, is constructed 
by averaging the December-January-February (DJF) SLP 
over the domain within 3065°N and 160°E140°W. 
Analogously, we constructed a TIO index by averaging 
the DJF SLP over the tropical Indian Ocean (15°S15°N, 
40100°E). Figure 1a shows the normalized NP and TIO 
index from 1870 to 2004. Apparently, the NP index is 
significantly out-of-phase with the TIO index by 0.53 in 

 

 
 

Figure 1  The normalized time series of the area average of DJF SLP over the North Pacific (color; 3065°N, 160°E140°W) and over the tropical 
Indian Ocean (line; 15°S15°N, 40100°E) based on observation (left panel) and model simulation (right panel) from 1870 to 2004. Raw index in the 
upper panel, low pass index (≥nine years) in the middle panel, and high pass index (＜nine years＝in the lower panel. The correlation coefficient 
between the two indices is shown in the tile of each figure. 
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correlation for 135 years. This result indicates that SLP 
variation in the North Pacific is closely related to that in 
the tropical Indian Ocean. 

Previous studies mainly focus on the interdecadal 
fluctuation of the North Pacific and the tropical Indian 
Ocean SLP. In this study, we demonstrate that SLP varia-
tions over the North Pacific and the tropical Indian Ocean 
also have considerable interannual fluctuation (Fig. 1a). 
To study the relationship between TIO and NP on inter-
decadal and interannual time scales, we split the raw in-
dex into longer than nine years and shorter than nine years 
variation through harmonic analysis. On interdecadal 
timescale (Fig. 1c), the NP index has several phase 
changes during 18702004 with three high SLP epochs 
(188095, 191525, and 194776) and three low SLP 
epochs (18951915, 192646, and 19772004). The TIO 
index also has several phase changes, but its phases are in 
contrast to the NP index with a correlation coefficient of 
0.55 between them. The significant out-of-phase rela-
tionship between the TIO and the NP index is consistent 
with the findings of Deser and Phillips (2006) suggesting 
that Indian Ocean variability may be attributed to the de-
cadal transition of the Aleutian Low. Moreover, the NP 
index is closely related to the TIO index on the interan-
nual time scale. As shown in Fig. 1e, the correlation coef-
ficient between the interannual variability of TIO and NP 
indices is 0.55 for 135 years. 

Analogous computations based on the model data have 
also been conducted. Figure 1b shows the raw NP and 
TIO indices obtained by model simulation from 1870 to 
2004. Consistent with observed analyses, the simulated 
NP and TIO indices have a significant out-of-phase rela-
tionship with a correlation coefficient of 0.61. Addition-
ally, both simulated NP and TIO indices have consider-
able interannual and interdecadal variability. Moreover, 
the AGCM can capture the out-of-phase relation of TIO 
and NP indices on both interdecadal and interannual time 
scales with a correlation of 0.58 and 0.64, respectively. 
Because the AGCM is forced by SST, the consistency 
between observation and AGCM simulation suggests that 
the oscillation between the tropical Indian Ocean and the 
North Pacific is robust and partly forced by SST variabil-
ity.  

Overall, the winter SLP variability over tropical Indian 
Ocean is out-of-phase with simultaneous SLP variability 
over North Pacific on interannual and interdecadal time 
scales, and this relationship is confirmed by AGCM 
simulation. Thus, it is reasonable to consider the SLP 
seesaw between the tropical Indian Ocean and North Pa-
cific as a TIO-NP oscillation. However, defining an index 
that indicates the variation of this oscillation is still not 
resolved. Because the variability of SLP over the North 
Pacific is much larger than that over the tropical Indian 
Ocean, with a standard deviation of 237 Pa and 38 Pa, 
respectively, it is unreasonable to define the TIO-NP os-
cillation index using the SO index definition by comput-
ing the difference of winter SLP anomalies between the 
two regions.   

Singular Value Decomposition (SVD) analysis is in-

troduced to resolve the abovementioned problem. First, to 
examine the relationship between spatial and temporal 
variability of winter SLP over the tropical Indian Ocean 
and the North Pacific, we performed a SVD analysis on 
the DJF average SLP over the tropical Indian Ocean 
(15°S15°N, 40100°E) and the North Pacific (3070°N, 
160°E140°W) from 1870 to 2004. The details of the 
SVD method are described on the National Center for 
Atmospheric Research (NCAR) Command Language 
(NCL) website at http://www.ncl.edu.cn/. 

As Fig. 2 indicates, the first leading heterogeneous 
SVD mode (the left panel of Fig. 2) is characterized by 
above-normal sea level pressure in the North Pacific, es-
pecially from the Bering Strait to west coast of North 
America, and below-normal sea level pressure in the 
tropical Indian Ocean, especially over the Southwest In-
dian Ocean. This mode accounts for 95.5% of the total 
squared covariance. The first leading SVD patterns (the 
right panel of Fig. 2), based on AGCM data from 1870 to 
2004 and accounting for 92.2% of the total squared co-
variance, are consistent with this observation. The results 
suggest that the seesaw pattern of the winter seasonal 
mean, SLP, over the tropical Indian Ocean and the North 
Pacific is the most prominent. Moreover, this seesaw pat-
tern of SVD analysis can represent TIO-NP oscillation.   

We examined the temporal variability of first leading 
left SVD model (TIO model) for observation and AGCM 
simulation in the lower panel of Fig. 2. Because SLP 
variation over the Indian Ocean plays an active role in 
TIO-NP oscillation (Deser and Phillips, 2006), and be-
cause the SVD1 mode is able to represent TIO-NP oscil-
lation, we chose the time series of the first leading left 
SVD model (TIO mode) to indicate the variation of 
TIO-NP oscillation. We also checked the relationship 
among the PC1 of TIO mode (TIO_PC1), PC1 of NP 
mode (NP_PC1), TIO index, and NP index. The correla-
tion coefficients between TIO_PC1 vs. NP_PC1, NP_PC1 
vs. NP index, and NP_PC1 vs. TIO index were 0.66, 0.85, 
and 0.65, respectively, for the period of 18702004. 
Thus, it is reasonable to select the time series of the TIO 
mode to indicate the variation of TIO-NP oscillation. No-
tably, AGCM can capture the interannual and interdecadal 
variability of TIO-NP oscillation by 0.34 in correlation 
with observations for 135 years, indicating that the varia-
tion of TIO-NP oscillation is partly a result of external 
forcing.   

4  The impact of TIO-NP oscillation on China’s 
climate during winter 

To delineate the possible impact of TIO-NP oscillation 
on China’s climate during winter, we correlated the 
TIO-NP oscillation index with winter precipitation and 
surface air temperature during 19512004 (Fig. 3). Cor-
responding to the phase of below-normal SLP over the 
tropical Indian Ocean and above-normal SLP over the 
North Pacific, the rainfall decreased significantly in south 
China (past 95% significant level) with a correlation coef-
ficient of about 0.3 for 55 years, and increased insub- 
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Figure 2  The first leading SVD heterogeneous mode of winter SLP over the North Pacific (3080°N, 120°E90°W; upper panels) and the tropical 
Indian Ocean (15°S15°N, 20110°E; middle panels) for observation (left panels) and model simulation (right panels) from 1870 to 2004. The nor-
malized time series (lower panels) of the first leading SLP SVD mode over tropical Indian Ocean for observation (color) and model simulation (line) 
are indicated. The SVD analysis is based on the data from the year of 1951 to 2008. 

 
stantially in the eastern part of North China (Fig. 3a). 
Furthermore, the TIO-NP oscillation index is more closely 
related to China’s surface air temperature in winter. The 
significant negative correlations (past 95% significant 
level) are distributed in the majority of regions in China, 
except Southwest China, with a correlation of about 0.4 
in the eastern part of China (Fig. 3b). The results forecast 
a cold winter in northern and eastern China and a dry 
winter in South China when TIO-NP is in a positive phase. 
These forecasts are of vital importance to the population 
density in these regions. 

To understand how TIO-NP oscillation impacts China’s 
climate in winter, in Fig. 3c, we demonstrate the low-level 
wind anomalies associated with TIO-NP oscillation over 
China. An anomalous anticyclone circulation is situated 
over North China. In the eastern part of this anticyclone, 
significant northwest winds (past 95% significant level) 
control the southern and the eastern part of China from 
South Korea to the South China Sea, contributing to the 
cold winter in the eastern parts of China by bringing cold 
air from the north. In contrast, southwest wind anomalies 

control Southwest China, which may lead to above-  
normal temperatures in Southwest China by bringing 
warm air from lower-latitude regions. In addition to tem-
perature anomalies, rainfall anomalies may also result 
from low-level wind anomalies. Northeasterly anomalies 
push the rain band further south (the figure has not been 
shown) and cause less rainfall in South China. Subse-
quently, it is possible that the TIO-NP oscillation affects 
China’s surface air temperature and precipitation anoma-
lies by modulating the northeast winter monsoon.  

To understand how the TIO-NP oscillation influences 
the lower level winds in China, we calculated the correla-
tion between the TIO-NP oscillation index and the upper 
(200 hPa), middle (500 hPa), and lower (850 hPa) level 
height field anomalies over the tropical and the Northern 
Hemispheres. In the upper level, corresponding to the 
oscillation of below-normal SLP in the tropical Indian 
Ocean and above-normal SLP in the North Pacific, 
belt-like negative height field anomalies formed around 
all tropical regions and wave-like height field anomalies 
formed at higher latitudes; especially with the negative  
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Figure 3  Correlation of the TIO-NP oscillation index with winter 
climate in China’s (a) precipitation and (b) surface air temperature from 
1951 to 2004. Regression of TIO-NP index on winter wind field (c) at 
925 hPa from 1951 to 2004. The shading denotes the 95% confidence 
level. 
 
anomalies centered in Asia and Canada, and positive 
anomalies centered in the North Pacific. The height field 
anomalies at 500 hPa and 200 hPa are similar to that at 
850 hPa, suggesting that the TIO-NP oscillation is linked 
to barotropic anomalies in the tropical and the Northern 
Hemisphere. Figure 4b shows that the geopotential fluc-
tuation at 500 hPa is similar to the PNA pattern. A previ-
ous study (Wallace and Gutzler, 1981) suggests that PNA 
is a kind of an atmospheric intrinsic mode that is partly 
affected by the SST anomalies in tropical eastern Pacific. 
The PNA-like geopotential fluctuation in Fig. 4 could 
result on two grounds. First, the SLP anomalies in the 
tropical Indian Ocean are linked to tropical eastern Pacific 
SLP anomalies through Walk circulation, and the associ-
ated convection anomalies over the tropical eastern Pa-
cific can lead to PNA pattern climate anomalies. Second, 
the corresponding TIO precipitation anomalies contribute 
to the circulation anomalies in the North Pacific (Deser 

and Phillips, 2006); furthermore, the circulation anoma-
lies in the North Pacific can lead to climate anomalies in 
North America by propagating planetary waves. However, 
there is little difference between height anomalies at 
lower and upper levels, such as the negative height 
anomalies are more concentrated over the Indian, Atlantic, 
and West Pacific Oceans. Additionally, we calculated the 
tropical and Northern Hemisphere low-level wind (at 925 
hPa) anomalies, which are associated with TIO-NP oscil-
lation. Corresponding to the positive height field anoma-
lies in the North Pacific, there are anomalous low-level 
anticyclone circulations over the North Pacific and sig-
nificant anomalous easterlies in the southern flank of an-
ticyclone anomalies. In East Asia, there are anomalous 
northeasterlies. The results are consistent with the study 
of Wang et al. (2009), who suggest that the zonal winds 
over mid-Pacific (around 30°N) are out-of-phase with the 
East Asia winter monsoon. 

In summary, the TIO-NP oscillations are closely re-
lated to China’s surface air temperature and precipitation 
anomalies in winter. During the phase of below-normal 
SLP over the tropical Indian Ocean and above-normal 
SLP over the North Pacific, there is a colder winter in the 
eastern and northern parts of China and less rainfall in 
south China. The surface air temperature and precipitation 
anomalies may be a result of the low-level anomalous 
wind. 

5  Discussion and summary 
First, we illustrated the observed and simulated evi-

dence of the out-of-phase relationship between SLP 
anomalies over the tropical Indian Ocean and the North 
Pacific, and subsequently defined a TIO-NP oscillation 
index to represent the variation of this oscillation. The 
SLP anomalies over the North Pacific are closely related 
to tropical Indian Ocean on interdecadal and interannual 
time scales during the period of 18702004, with a sig-
nificant negative correlation between them, as confirmed 
by AGCM simulation. We consider such an out-of-phase 
relation between the tropical Indian Ocean and the North 
Pacific as a kind of oscillation. This oscillation is also 
demonstrated by the first leading SVD mode of winter 
SLP over the tropical Indian Ocean and the North Pacific, 
accounting for a majority of the total squared covariance. 
A previous study shows that the Indian Ocean plays an 
active role in climate anomalies in the North Pacific. Thus, 
we chose the time series of the left SVD mode (TIO mode) 
to indicate the variation of TIO-NP oscillation, and re-
ferred to it as the TIO-NP oscillation index. The AGCM 
simulation could capture the spatial and temporal features 
of TIO-NP oscillation. The high correlation of the 
TIO-NP oscillation index between the observation and 
simulation suggests that SST variation contributes to the 
oscillation between the tropical Indian Ocean and the 
North Pacific. Because the SST, especially the tropical 
SST, have larger predictability than the atmosphere, the 
TIO-NP oscillation may also have some predictability. 

Secondly, we investigated the possible impacts of 
TIO-NP oscillation on surface air temperature and pre- 
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Figure 4  Correlation of the TIO-NP oscillation index with height field at (a) 200 hPa, (b) 500 hPa, and (c) 850 hPa, and (d) regression of TIO-NP 
oscillation index on wind field at 925 hPa for the period of 19512004. Wind vectors pass 95% confidence level. Correlation at 0.27, 0.35, and 0.44 
denote 95%, 99%, and 99.9% confidence levels. 

 
cipitation anomalies in China during boreal winter. In the 
phase of low SLP in the tropical Indian Ocean and high 
SLP in the North Pacific, there is a colder winter in the 
northern and the eastern part of China, and lesser rainfall 
in South China. The surface air temperature and precipita-
tion anomalies are potentially a result of enhancing the 
northeast winter monsoon. 

We also demonstrated the observed and simulated evi-
dence of TIO-NP oscillation and its impact on China’s 
winter climate, although its underlying physical mecha-
nism has not been investigated in the present study. Be-
cause the TIO-NP oscillation is partly a result of SST 

fluctuation, it may be a good predictor of China’s winter 
surface temperature and precipitation. However, its pre-
dictability has not been investigated in this present study 
and needs further investigation.  
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1  引言 
我国学者很早以前就研究了热带印度洋对东

亚夏季气候的影响，并且提出了一些影响机理。相

比太平洋海气耦合模态 ENSO（El Niño–Southern 
Oscillation），热带印度洋的海温变率比较小，所以

一 直 未 被 气 候 学 家 所 重 视 （ Annamalai and 
Murtugudde, 2004）。 

1997 年印度洋周边发生明显的气候异常。在印

度洋西岸，北非发生严重的洪涝，引起数千人死亡

和严重的经济损失，而在东岸发生了严重干旱，造

成很多森林火灾。一些学者的研究表明该事件是由

印度洋偶极子（Indian Ocean Dipole）导致的（Saji  
et al., 1999; Webster et al., 1999）。于是印度洋的海温

变化规律以及对全球气候的影响成为近十几年来

国际气候研究的热点（Schott et al., 2009）。 
利用经验正交函数分析印度洋海温变化，第一

模态为印度洋海盆一致模，表现为印度洋海盆一致

性变暖或变冷，在 3～5 月期间达到峰值。早期的

研究表明 ENSO 导致表面热通量异常，尤其是潜热

通量和短波辐射通量异常，对维持印度洋海盆一致

模有重要的作用（Klein et al., 1999）。最近的研究发

现印度洋海盆一致模不是简单的作为对ENSO强迫

的被动响应，而是涉及到复杂的热带印度洋海气相

互作用和海洋动力过程，并且对东亚夏季气候产生

显著的影响。因此有必要对印度洋海盆一致模变化

机制以及对东亚气候影响的研究进行系统地总结

和回顾。 
目前国内外对印度洋大洋环流以及对全球气

候的影响有一些回顾性质的文章。例如 Annamalai 
and Murtugudde（2004）回顾了印度洋海温与全球

气候的被动和主动关系；Schott et al.（2009）回顾

了印度洋的海温变化规律以及对全球气候的影响。

我国学者很早就研究了印度洋海盆一致模对中国

以及东亚夏季气候的影响，但是这些研究工作没有

被这些文献所总结。此外，近年来国际上对印度洋

海盆一致模及其对东亚夏季气候影响的研究取得

了很大的发展，但是这些研究工作也没有包含在前

人回顾性质的文章中。因此全面的总结热带印度洋

海盆一致模变化机制及其对东亚夏季气候的影响

是很有必要的。 
本文主要回顾了热带印度洋海盆一致模及其

对东亚夏季气候的影响，同时包含了我国学者过去

对印度洋的研究。为了系统地回顾这些研究工作，

本文安排了以下的章节：第 2 节是印度洋海温气候

态特征及长期变化规律；第 3 节给出了海温海盆一

致模的变化规律；第 4 节总结了印度洋海温海盆一

致模对东亚夏季气候的影响；第 5 节给出了全文的

总结和讨论。文章撰写的时候正值恩师叶笃正院士

仙逝一周年，仅以此文表达哀思和怀念，也为了纪

念先生对东亚季风的卓越贡献。 

2  印度洋海温气候态特征及长期变
化规律 
在全球海洋中，印度洋有其独特的变化特征。

一方面，它有着比较独特的海域，其北面和西面分

别被喜马拉雅山脉和非洲高原所包围，东临阿婆罗

群岛和澳洲大陆，其东边界由许多岛屿组成，与热

带西太平洋暖池通过印度尼西亚贯穿流相互贯通。

印度洋在北半球主要分布在北纬 20°以南，在南半

球一直到达南极洲。另一方面，它的热力结构也与

其他的大洋不同。与太平洋和大西洋赤道上空盛行

东风的气候特征明显不同，赤道印度洋上空年平均

风场是西风，这使得热带印度洋的温跃层东厚西

薄。与此同时，热带印度洋的海表温度比较高，就

其年平均状况而言，60°E 以东，南北纬 10 度之间

的热带印度洋表层海温在 28°C 以上，与西太平洋

暖池连为一体（周天军等, 2001）。 
印度洋海表温度季节循环受到太阳辐射和季

风环流的共同作用。在南印度洋的海温主要是受太

阳辐射的影响，但北印度洋的海温受季风环流季节

演变的影响很大。在春季，由于太阳辐射的增强北

印度洋海温逐渐升高，但是到了夏季亚洲夏季风爆

发，索马里沿岸海水上翻变冷，以及蒸发的作用使

北半球海温在夏季偏低。赤道印度洋受季风循环影

响的区域主要分布在西印度洋，而赤道东印度洋海

温季节变化不明显，常年都在 28°C 以上（Levitus et 
al., 2005）。 

自上个世纪 50 年代以来，印度洋海表温度表

现出明显的增温。Levitus et al.（2005）利用 COADS
（The Comprehensive Ocean-Atmosphere Data Set）
和 WOA94 （the 1994 World Ocean Atlas）的海温资

料对近几十年来全球海表温度的变化趋势的研究

表明，全球大部分热带海洋在增温，其中印度洋温

度升高最为明显。周天军等（2001）利用 GISST
（Global sea-Ice and Sea Surface Temperature）海温
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资料进一步证实，印度洋自 20 世纪 50 年代中期以

来持续变暖，其中赤道印度洋增暖大约 0.6°C。除

了海表温度近几十年来持续增温，印度洋深层也存

在着长期变化趋势（Alory et al., 2007; Alory and 
Meyers, 2009）。在印度洋副热带回流的南侧 40°S～
50°S 区域海温从表层到深层近 40 年增加 1 至 2°C；
在副热带回流的北侧（25°S 附近）有从海表延伸到

250 m 的增温；在 5°N～15°S 区域，在 20°C 等温面

上层海水是增温的，在次表层（100～200 m）海水

却是降温的；在 10°N 以北从表层到 250 m 深的海

水都有明显增温趋势。 
那么，是什么原因造成印度洋不同海域、不同

深度海水温度的长期变化趋势的不同？Alory et al.
（2007）等的研究表明，印度洋南极绕流（AAC）
北侧、副热带回流南侧海水温度的变化是由南印度

洋副热带回流整体向南移动 0.5 纬度引起的。人类

活动可能引起了近几十年来南极环状模态

（Southern Annular Mode）和南极海冰的变化，而

这又引起了副热带回流的南移，从而影响南印度洋

海温异常（Gille 2002; Aoki et al., 2003; Cai et al., 
2005）。热带印度洋次表层海水变冷以及温跃层变

浅可能是由于近几十年来热带太平洋的东风信风

减弱引起的，东风信风的减弱使得西太平洋暖池温

跃层变浅，并且这种信号通过印度尼西亚贯穿流导

致热带印度洋温跃层变浅，导致海洋混合层变薄和

次表层海水变冷（Alory and Meyers, 2009）。 

3  印度洋海盆一致模 
3.1  印度洋海盆一致模的发展过程 

热带印度洋常常会伴随着 El Niño 事件逐渐变

暖，并且在滞后于 El Niño 事件成熟一个季度达到

峰值。有两种过程会造成印度洋海盆模的发展。一

种是大气桥过程（Lau et al., 1997）：在 El Niño 年，

印度洋上空的对流活动被抑制从而海表接收更多

的太阳短波辐射，此外印度洋低层风速减小使海洋

潜热释放减弱；短波辐射增加和潜热释放的减弱导

致了印度洋大部分区域的增暖（Klein et al., 1999）。 
另外一种是海洋动力和局地海气过程。副热带

西南印度洋上空低层盛行反气旋环流，因此温跃层

深度比较浅薄，年平均只有 50 m 左右（Xie et al., 
2002；Lau and Nath, 2003）。在 El Niño 成熟期，副

热带东南印度洋低层有反气旋异常产生，从而激发

了向西传播的下沉罗斯贝波动，波动在一个季度后

传播到了西南印度洋，并且在温跃层比较浅薄的西

南印度洋影响局地海温异常，导致了副热带西南印

度洋海温异常（Huang and Kinter, 2002; Xie et al., 
2002）。春季，副热带西南印度洋温度异常会引起

上空降水异常，导致印度洋上空赤道南北反对称环

流异常。当副热带西南印度洋气温偏暖时，北印度

洋有东风异常。初夏后，印度季风和东亚西南季风

爆发，该东风异常会减弱气候态风场，减少海洋向

大气的潜热释放，使北印度洋海温偏暖。该海气过

程使印度洋海盆一致模态能较长时间的维持（Du et 
al., 2009）。 

热带印度洋海盆尺度增暖模态的维持时间长

短存在着年代际变化，在上世纪 70 年代末期以后

热带印度洋海盆尺度增暖能维持到夏季，而在前期

这种海盆尺度模态衰退得很快不能维持到夏季

（Huang et al., 2010; Xie et al., 2010）。印度洋海盆

尺度增暖模态的维持可能与印度洋春季反对称模

态有关。Wu and Kirtman（2005）用 1979 年后的观

测资料指出，印度洋春季海温、降水以及风场会出

现反对称模态，而且这种反对称模态和前冬赤道东

太平洋海温异常有紧密联系。Du et al.（2009）进一

步指出这种反对称模态可能是热带西南印度洋激

发的：海洋波动导致了西南印度洋的增暖 ；西南印

度洋的增暖导致的上空对流异常形成了热带印度

洋低层反对称跨赤道的流场；这种反对称跨赤道流

场从春季一直维持到初夏，与初夏气候态风场相

反，从而减弱了印度洋低层的风场；风场的减弱减

少了海表潜热释放从而使得热带印度洋特别是北

印度洋的海温异常能维持到夏季。然而，在上世纪

70 年代末期以前，春季风场的反对称模态和前冬中

东赤道太平洋的海温关系并不密切，从而导致了这

种海盆尺度一致模消退得很快，不能维持到夏季

（Huang et al., 2010）。 
3.2   印度洋海盆一致模在全球变暖背景下的变化 

在全球变暖背景下，一类新型的 El Niño 事件

自上世纪九十年代以来开始增多。与典型 El Niño
事件所对应整个中东太平洋暖海温异常不同的是，

这类新型 El Niño 事件呈现为中太平洋暖海温异常

和东太平洋冷海温异常。通常将这一类称为中太平

洋El Niño事件（Ashok et al., 2007）。Tao et al.（2015）
研究了这两类 El Niño 事件对印度洋海温的不同作

用（图 1）。典型 El Niño 事件出现时，印度洋呈现

出整个海盆一致增暖的情况（图 1）。而中太平洋
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El Niño 事件发生时，印度洋海温却没有明显变  
化。这主要是由于发生 El Niño 事件出现时，赤道

东太平洋降水异常造成大气 Matsuno-Gill 型环流响

应，通过大气开尔文波动的传播，影响到印度洋；

而中太平洋 El Niño 事件发生时，中太平洋降水偏

多，而东太平洋降水减少，这种纬向反号降水异常

不能造成明显的大气开尔文波动，从而对印度洋影

响比较小。此外，中太平洋 El Niño 事件强度比典

型 El Niño 事件强度偏弱，更容易受到其他大气或

海洋信号干扰，从而对热带印度洋影响较弱。 
Zheng et al.（2011）利用 GFDL-CM2.1 模式研

究了印度洋海盆一致模对全球变暖的响应。即使模

式模拟的 ENSO 强度在未来有所减弱，且持续的时

间变短，但是印度洋海盆一致模和电容器效应却增

强了。这主要是由于 ENSO 在全球变暖背景下持续

时间变短，使太平洋地区相应的海温异常消退得更

快，从而造成了印度洋与太平洋海温梯度的增大，

增强了西北太平洋反气旋南支的异常东风。这支异

常东风又会延伸到北印度洋，减弱印度洋上空的气

候态风场，根据蒸发—风—海温机制会减少印度洋

的蒸发，有利于印度洋海温异常的增强并持续更

久。单纯利用一个模式，可能会使结论存在模式依

赖性。由世界气候研究计划（WCRP）推动的“耦

合模式比较计划（CMIP）”，尤其是最新组织实施

的第五次耦合模式比较计划（CMIP5），为我们利

用多模式研究气候变化提供了一次很好的机会。最

近，Tao et al.（2015）和 Hu et al.（2014）利用多个

CMIP5 的海气耦合模式对印度洋海盆一致模在全

球变暖背景下的变化进行了预估。他们的研究发

现，在全球变暖背景下，印度洋增暖有所加强，这

与水汽对海温在全球变暖下的响应增强有关。饱和

水汽压和温度的关系方程是非线性的，随着温度的

图 1  印度洋海表温度与热带太平洋前冬（12 月到 2 月）平均（a–c）Niño-3.4 指数和（d–f）Modoki El Niño 指数的相关系数分布季节演变：（a、d）

冬季 12～2 月；（b、e）春季 3～5 月；（c、f）夏季 6～8 月。[引自 Tao et al.（2014）]  

Fig. 1  The correlations of seasonal TIO (the Indian Ocean) SST with the tropical Pacific Niño-3.4 index (right panels) and Modoki El Niño index (left 

panels), respectively. (a, d) Seasonal mean from December to February; (b, e) seasonal mean from March to May; (c, f) seasonal mean from June to August 

[From Tao et al. (2014)] 
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增加，同样温度的异常能造成更大的饱和水汽压的

异常。因此在全球变暖背景下，同样强度的 El Niño
事件，能在中东太平洋大气对流层低层造成更多的

水汽异常。在热带地区，大气对流层温廓线常常遵

循湿对流调整，当低层水汽增多时，上空对流层温

度也增加。从而导致全球变暖下，对流层温度对 El 
Niño 海温异常响应的增强。对流层温度通过大气开

尔文波动，传播到印度洋，使印度洋上空大气更温

暖 [Tropospheric Temperature（简称 TT）机制]。异

常海气温差的增大导致向下的潜热通量的增大，向

上的潜热通量的减小，从而使印度洋暖的异常变

大。此外，印度洋海温异常和西北太平洋的环流异

常也存在着反馈作用：印度洋暖海温异常能造成西

北太平洋低层反气旋异常，而其南支东风异常向西

传播使热带北印度洋偏暖。在全球变暖背景下，这

两种反馈会增强，使 El Niño 消退期印度洋暖海温

异常维持得更久并且更强，使印度洋海盆一致模和

ENSO 的联系变得更加紧密，如图 2。 

4  印度洋海温海盆一致模对东亚夏
季气候的影响 
在这一章节中，我们首先回顾了早期我国学者

关于印度洋海温对东亚夏季气候的影响的工作，然

后回顾了印度洋海盆一致模对东亚夏季气候的影

响。 
4.1  我国学者早期关于印度洋对东亚气候影响的

工作 

罗绍华等（1985）分析了印度洋和我国东部汛

期降水的关系，指出孟加拉湾和阿拉伯海前期冬季

的海温和长江中下游梅雨期的降水有很好的关系，

当这些海区偏暖时长江流域多雨，反之偏少。金祖

辉和罗绍华（1986）指出长江流域梅雨期降水偏多

时，孟加拉湾到南海以及至西太平洋均为正海温距

平，而索马里沿岸为负的海温距平。陈烈庭（1991）
提出了一个印度洋影响东亚夏季风的模型，指出阿

拉伯海至南海东暖西冷时期，南海暖水区空气上

升，索马里沿岸冷水区气流下沉，组成高空为南亚

东风，低层为西南季风的热成环流；同时在赤道太

平洋上常常也伴随着东冷西暖的海温异常分布，从

而导致了太平洋和印度洋上的沃克环流加强，在南

海暖水区附近形成强热带辐合带，辐合带上升的空

气向北输送，在高空强东风急流的下方下沉，使辐

合带北侧的哈德莱环流发展，造成副高西部脊线偏

南西伸；而在阿拉伯海至南海东冷西暖时期，沃克

环流减弱，整个赤道太平洋中西部为沃克反环流占

据，西太平洋下沉气流加强，使辐合带北侧的哈德

莱环流强度偏弱，造成西太平洋副高脊偏弱偏北。 
吴国雄等（2000）指出，赤道中东太平洋的海

温异常和中国气候的相关只是一种表面现象，而印

度洋的海温异常与中国气候却存在着直接的因果

关系。印度洋上暖的海表温度异常加大了水汽蒸发

和海气温差，导致感热加热异常增大，近地层出现

气旋式环流。其东部异常发展的偏南风向北输送大

量的水汽产生异常降水，异常降水在向东北伸展的

同时伴有深对流潜热加热，这时对流层中低层由于

加热随高度增加，南风发展，副热带高压在加热区

东面加强。在对流层上层由于加热随高度减小，北

风发展，副热带高压在加热区西边加强。于是当北

印度洋出现正的海温异常时，500 hPa 以及以下层

次上西太平洋副热带高压将异常发展，200 hPa 上

南亚高压也将异常发展。 
4.2  印度洋海盆一致模对东亚气候的影响 

前人的研究表明印度洋海盆一致增暖能通过

激发夏季西北太平洋反气旋异常。Xie et al.（2009）
提出了印度洋激发西北太平洋反气旋的机理（如图

3 所示）：夏季热带印度洋的增暖能激发上空的暖性

开尔文波动，其向西太平洋伸展的低压槽能导致了

西北太平洋低层有流向赤道的风场，从而导致了西

北太平洋边界层埃克曼辐散，低层的辐散能抑制对

流从而在西北侧激发反气旋异常，而反气旋进一步

抑制对流发展也进一步加强低层反气旋的发展。这

样由印度洋激发的开尔文波动触发的局地对流—
大尺度环流相互作用，导致了西北太平洋低层反气

旋异常形成和维持。并且，西北太平洋反气旋异常

能西传到北印度洋上空，使印度洋海水变暖

（Kosaka et al., 2013）。在该过程中印度洋起一种信

号储存的作用，将冬季的 ENSO 信号储存起来，并

影响夏季东亚气候，因此被称之为印度洋电容器效

应（Yang et al., 2007; Xie et al. 2009）。 这种电容器

效应在其他研究也得到证实（Wu et al., 2009; Wu et 
al., 2010）。黄刚和胡开明（2008）指出北印度洋的

海温在上述过程中起主要作用，而南印度洋对西北

太平洋异常反气旋的影响很弱。印度洋电容器效应

对中国夏季气温以及极端高温灾害分布有重要的

影响。当印度洋偏暖时，我国夏季华南气温偏高、

东北气温偏低、长江流域降水偏多（Hu et al., 2011），
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并且晚夏江南区域容易出现极端高温灾害（Hu et al., 
2012, 2013）。除夏季外，一些研究也表明冬季印度

洋海盆一致模海温异常也能导致副热带西北太平

洋反气旋异常（Watanabe and Jin, 2003）。 
此外，Yang et al.（2007）和 Huang et al.（2011）

指出印度洋也能影响南亚高压的变化。热带印度洋

偏暖能激发上空大气 Matsuno-Gill 型响应，引起对

流层高层高度场异常从而导致南亚高压的强度偏

强位置偏南（图 4）。并且，研究发现印度洋能影响

到东亚副热带高空急流位置和强度。在印度洋偏暖

年，一方面南亚高压偏强，使南亚高压北侧气压梯

度增强，导致急流偏强；另一方面，印度洋抑制热

带西北太平洋对流活动，造成东亚—太平洋/太平洋

—日本（EAP/PJ）遥想关波列异常，使急流位置偏

强偏南（Qu and Huang, 2012b）。而南亚高压和东亚

西风急流的变化，可引起东亚对流层中层西风带和 

图 2  气候变暖情景下印度洋海盆一致模增强的机理示意图，其中 dqs/dT 为大气绝对饱和湿度对气温的导数 

Fig. 2  The mechanism for strengthening of TIO basin mode under global warming，and dqs/dT represents the deviation of saturated specific humidity to air 

temperature 

图 3  夏季降水场（阴影，间隔 0.1）、850 hPa 风场（矢量）和对流层整层温度场（等值线）与冬季（12～2 月）Niño3.4 指数的相关系数分布[引自

Xie et al.（2009）] 

Fig. 3  Correlation of summer rainfall (shade, interval at 0.1), 850-hPa winds (vectors) and tropospheric temperature (contours, vertical average from 850 hPa 

to 200 hPa) with the previous winter Nino-3.4 index (seasonal mean from December to February). [From Xie et al. (2009)] 
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温度平流的调整，导致上升运动的变化，最终可影

响到东亚夏季降水异常（Kosaka et al., 2011）。 
同时印度洋海盆一致模对东亚夏季气候的影

响也存在着明显的年代际变化。Huang et al.（2010）
指出热带印度洋海盆模海温异常对西北太平洋反

气旋的影响在近几十年明显增强（图 5）。在 1976/77
年之前，印度洋海盆一致模不能维持到夏季，从而

对西北太平洋反气旋的影响比较弱。与前期相比，

在 1976/77 年之后热带印度洋海盆模的维持时间更

长，所造成的夏季热带印度洋海温异常也更大。进

一步研究表明，印度洋上空开尔文波动的激发和海

温异常的大小有关，海温异常越大时，波动也越强，

因此，在 1976/77 年之后夏季热带印度洋海盆模海

温异常更容易激发开尔文波动，造成西北太平洋—
东亚夏季气候异常；而在 1976/77 年之前，海盆模

快速衰减，夏季海温异常很弱，其通过开尔文波对

东亚—西北太平洋夏季气候所造成的影响也很弱。

而这种年代际变化与印度洋海温状况有关，在

1976/77 年后，副热带西南印度洋的温跃层变浅，

El Niño 激发的副热带南印度洋下沉海洋罗斯贝波

对副热带西南印度洋表层海温增强，从而使印度洋

海盆一致模维持时间更久。 
并且 Qu and Huang（2012a）发现印度洋海盆一

致模对南亚高压的影响也存在明显的年代际变化。

在近几十年印度洋对南亚高压的影响在增强。一方

面，这和印度洋海温变暖、海温变率增强有关。印

图 4  1979～2007 年印度洋夏季（a）区域（20°N～20°S，40°E～100°E）平均海表温度的标准差和（b）100 hPa 的 16720 gpm 位势高度等值线（实

线、点虚线和虚线分别为气候态、印度洋暖和印度洋冷时的合成结果）。[引自 Huang et al.（2011）] 

Fig. 4  (a) Normalized TIO (20°S–20°N, 40°–100°E) SST in June–August (JJA) from 1979–2007. (b) Contour lines for 100-hPa 16720 gpm geopotential 

height when TIO SST is warm (dashed line), cold (dotted line) and climatological (solid line) in JJA. [From Huang et al. (2011)] 

图 5 观测的印度洋海盆一致模指数（夏季 20°S～20°N 印度洋平均温

度）和西北太平洋反气旋指数的 15 年滑动相关（实线）；观测的 NWP

（northwestern Pacific）反气旋指数与集合模式 NWP 反气旋指数结果

的 15 年滑动相关（点虚线）；水平黑色虚线分别代表通过 95%和 99%

信度检验。[引自 Huang et al.（2010）] 

Fig. 5  The 15-year sliding correlations between the NWP 

(northwestern Pacific) anticyclone and JJA TIO SST indices of observation 

(solid line), and the 15-year sliding correlations of the NWP anticyclone 

index between observations and the ensemble-mean simulation (dash line). 

Horizontal black dash lines denote 95% and 99% confidence levels. [From 

Huang et al. (2010)] 
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度洋海温变暖，海温变率变大，使得印度洋能激发

更强的局地对流层温度异常，从而影响到南亚高压

强度和位置。另一方面，这种年代际变化受到印度

洋海盆一致模态出现时伴随的西太平洋海温和印

度上空降水状况的调节（Qu and Huang, 2015）。印

度洋海盆增暖年夏季，如果西太平洋海水偏暖，那

么印度洋海盆一致模和南亚高压的关系紧密。同 
样，印度洋海盆增暖年夏季，如果印度上空降水偏

弱，那么印度洋海盆一致模和南亚高压的联系偏弱。 
印度洋海盆一致模对东亚夏季气候的影响也受

气候变暖的影响。我们研究发现全球变暖背景下印

度洋海盆一致模对东亚夏季气候影响可能会增强

（Hu et al., 2014）。利用19个CMIP5海气耦合模式，

研究了 ENSO 对东亚—西北太平洋夏季气候的影

响。在历史气候模拟中，8 个模式能够模拟出 ENSO
对东亚—西北太平洋夏季气候影响的年代际变化

特征。在高影响时间段，ENSO 能够通过影响印度

洋海温及其导致的电容器效应影响到东亚—西北

太平洋夏季气候。在低影响时间段，这种过程不明

显。数值模式的结果和观测结果一致。此外，我们

利用 RCP4.5（Representative Concentration Pathway 
4.5）和 RCP8.5 实验，研究了 ENSO 对东亚—西北

太平洋夏季气候影响的变化。研究发现，随着温  
室气体浓度的升高，ENSO 导致的印度洋电容器效

应增强，从而对东亚—西北太平洋夏季气候的影响

增强。增强机理是：饱和水汽对温度的响应是非线

性的，全球变暖背景下，同样的温度异常能造成更

大的水汽异常；在热带对流层温度受 SST 和低层 
绝对湿度控制，因此同样的 SST 异常能造成更大 
的对流层温度异常，从而使 El Niño 消退年印度洋

电容器效应更强，造成更大的东亚夏季气候的异常

（图 6）。 

5  总结和展望 
我国学者很早就关注到印度洋对东亚夏季气

候的可能影响，并且提出了一些可能的影响机制。

图 6  CMIP5 中（a）1870～1919 年、（b）1951～2000 年历史气候模拟以及 2050～2099 年（c）RCP4.5、（d）RCP8.5 排放情景下夏季风距平场（矢

量）和对流层温度距平场（850～200 hPa 垂直平均，填色，单位：°C）的对前冬 Niño3.4 指数回归场。[引自 Hu et al.（2014）] 

Fig. 6  The MME (Multiple Model Ensemble) mean of MJJ (May–June–July) tropospheric temperature anomalies (units: °C; colors; vertical average from 850 

to 200 hPa) and 850-hPa winds anomalies (vectors; m s−1) obtained by regression on the normalized DJF (December–January–February) Niño-3.4 SST index 

during (a) 1870–1919 in the historical run, (b) 1951–2000 in the historical run, (c) 2050–2099 in the RCP4.5 run, and (d) 2050–2099 in the RCP8.5 run. [From 

Hu et al. (2014)] 
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近 10 多年来随着印度洋观测资料的丰富，国内外

学者对印度洋的研究也越来越深入。本文系统地回

顾了这些研究结果，也仅以此文纪念恩师叶笃正先

生对东亚季风研究的杰出贡献。 
尽管目前研究从不同方面分析了印度洋海盆

模的发生过程及其对东亚气候的影响机制，但是目

前研究还存在着以下不足。 
首先，目前研究表明热带印度洋海盆模能通过

多个途径影响到东亚夏季气候。一些研究表明热带

印度洋海盆模能通过激发开尔文波动造成副热带

西北太平洋反气旋异常，而导致东亚气候异常。另

外一些研究也表明热带印度洋海盆模通过影响南

亚高压和东亚高空急流而造成东亚夏季气候异常。

而目前这些影响途径之间的关联尚不清楚。为了更

好的理解印度洋海盆模对东亚夏季灾害性气候的

影响，需要在未来更全面的研究这些途径之间的相

互抵消或促进作用。 
其次，印度洋海盆模发生过程常常伴随着其他

区域海洋的海温异常，如赤道太平洋海温异常、南

海海温异常和大西洋海温异常。这些海温异常可能

会干扰印度洋对东亚气候的影响，从而影响了印度

洋海盆模和东亚气候异常关系的稳定性。我们未来

需要分析不同区域海温异常对东亚气候的协同或

抵消作用。 
最后，目前研究表明印度洋海盆模的维持时间

存在着年代际变化，该变化机制可能和全球变暖有

关，也可能与印度洋次表层海温热力状况的年代际

变化有关。为了更好的分析未来东亚气候异常，我

们需要预估接下来几十年印度洋海盆模的变化。 

致谢  文章撰写的时候正值恩师叶笃正院士仙逝一周年，回

首往事，历历在目，仿佛您从未离去。仅以此文表达哀思和

怀念，也是将学生最近的工作进行系统的总结，期待着更大

的突破，再次感谢先生多年教诲，师恩深重，心铭长存。 
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ABSTRACT

Significant climate anomalies persist through the summer (June–August) after El Niño dissipates in spring

over the equatorial Pacific. They include the tropical Indian Ocean (TIO) sea surface temperature (SST)

warming, increased tropical tropospheric temperature, an anomalous anticyclone over the subtropical

northwest Pacific, and increased mei-yu–baiu rainfall over East Asia. The cause of these lingering El Niño

effects during summer is investigated using observations and an atmospheric general circulation model

(GCM). The results herein indicate that the TIO warming acts like a capacitor anchoring atmospheric

anomalies over the Indo–western Pacific Oceans. It causes tropospheric temperature to increase by a moist-

adiabatic adjustment in deep convection, emanating a baroclinic Kelvin wave into the Pacific. In the

northwest Pacific, this equatorial Kelvin wave induces northeasterly surface wind anomalies, and the re-

sultant divergence in the subtropics triggers suppressed convection and the anomalous anticyclone. The

GCM results support this Kelvin wave–induced Ekman divergence mechanism. In response to a prescribed

SST increase over the TIO, the model simulates the Kelvin wave with low pressure on the equator as well as

suppressed convection and the anomalous anticyclone over the subtropical northwest Pacific. An additional

experiment further indicates that the north Indian Ocean warming is most important for the Kelvin wave and

northwest Pacific anticyclone, a result corroborated by observations.

These results have important implications for the predictability of Indo–western Pacific summer climate:

the spatial distribution and magnitude of the TIO warming, rather than simply whether there is an El Niño in

the preceding winter, affect summer climate anomalies over the Indo–western Pacific and East Asia.

1. Introduction

El Niño–Southern Oscillation (ENSO) is the domi-

nant mode of climate variability on instrumental re-

cords. Typically, El Niño develops during boreal

summer, peaks during early winter, and decays the

following spring (Fig. 1). Hereafter, seasons refer to

those for the Northern Hemisphere. We denote the

ENSO-developing year as year 0 and the following year

as year 1. Thus, the summer [June–August (JJA)] of the

ENSO-developing year is symbolized as JJA(0), while

the summer of the following year as JJA(1). By JJA(1),

eastern Pacific sea surface temperature (SST) returns

either to or slightly below normal. By shifting tropical

convection, El Niño excites atmospheric teleconnection

into other tropical oceans and the extratropical Pacific–

North America (PNA) sector. The so-called atmo-

spheric bridge effect in the tropics is manifested in the

delayed spring warming of the Indian (Klein et al. 1999)

and North Atlantic (Enfield and Mayer 1997) Oceans.

Because of large SST anomalies in the tropics and an

effective tropics-to-midlatitude waveguide, the PNA

teleconnection is most pronounced during the peak

phase of El Niño, providing winter climate predictabil-

ity for North America (Trenberth et al. 1998; Alexander

et al. 2002).

Pronounced ENSO-related anomalies linger myste-

riously during JJA(1) after eastern Pacific SST anoma-

lies have dissipated. Chinese researchers have long

suggested that during the summer, following El Niño,
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pronounced precipitation anomalies tend to take place

near the Yangtze River (Fu and Teng 1988; Huang and

Wu 1989; Huang et al. 2004), causing major floods there

as in 1954 and 1998 summers. Over the northwest (NW)

Pacific, climatic anomalies can be even larger and more

robust during the summer following than preceding the

El Niño peak, despite much weaker SST anomalies in

the eastern Pacific.

Figure 2 illustrates some of the mysterious JJA(1)

anomalies based on surface observations over the NW

Pacific, as represented by correlation with the Niño-3.4

(58S–58N, 1208–1708W) SST index at its peak phase

[November–December (ND)(0)–January(J)(1), here-

after NDJ(0)]. At Guam (13.58N, 1458E), precipitation

is not significantly correlated with ENSO during its

developing phase. A negative correlation begins to de-

velop around December–February (DJF)(1), peaks

during February–March(1), and persists through JJA(1)

(Fig. 2a, solid) when the eastern Pacific SST index al-

ready turns slightly negative. Consistent with the rain-

fall correlation, sea level pressure (SLP) in the broad

subtropical NW Pacific begins to develop strong posi-

tive correlation with El Niño at NDJ(0), which peaks

during the spring (Wang et al. 2003). This correlation

decays thereafter but remains significant at the 95%

level through JJA(1) (Fig. 2b). The South China Sea

(SCS) is the third example, displaying pronounced

warming twice at the peak phase of El Niño (Liu et al.

2004) and July–September (JAS)(1) (Xie et al. 2003;

Wang et al. 2006), respectively (Fig. 2c). The summer

warming is associated with a reduction in the southwest

monsoon and ocean upwelling it induces. The delayed

ENSO effects extend to the midlatitude atmosphere.

Precipitation at Hachijo Island (33.18N, 139.88E) south

of Tokyo, Japan, displays two peaks in correlation with

ENSO (Fig. 2a, dashed): one in DJF(1) and one in

JJA(1), both of which are well above the 95% signifi-

cance level. The summer correlation at Hachijo is of the

opposite sign to that at Guam, linked by a meridional

teleconnection pattern (Nitta 1987). Our last example is

Ishigaki Island (24.38N, 124.28E), Japan, where sea level

shows a significant positive correlation at a very long

lag, during November–December(1) (Fig. 2d). Such

prolonged ENSO effects during JJA(1) are the focus of

the present study.

Over the subtropical NW Pacific, an anomalous high

pressure system with an anticyclonic surface circulation

begins to appear at the ENSO mature phase (winter)

and develops into maximum intensity during spring

(Harrison and Larkin 1996; Wang et al. 2000, 2003),

broadly consistent with Fig. 2b. At its peak phase

(spring), this surface high is roughly collocated with

negative SST anomalies, suggestive of a local ocean–

atmosphere interaction (Wang et al. 2000; Lau and Nath

2003). Wang et al. (2000) propose that SST-induced

anticyclonic circulation, superimposed on the spring

northeast trades, acts to reinforce the initial SST

anomalies via surface evaporation and wind stirring.

Their mechanism is a variant of wind–evaporation–SST

(WES) feedback that emphasizes the role of meridional

wind instead of zonal wind in the previous literature

(Xie 2004). The anticyclonic anomaly persists into

JJA(1) as corroborated by in situ observations (Fig. 2),

but the local SST feedback does not seem to persist

through summer. A local feedback requires positive

correlation between SST and precipitation but obser-

vations indicate that this correlation is weak or even

negative during summer (Wang et al. 2005). Results

from the present study show that atmospheric anoma-

lies during JJA(1) over the NW Pacific are forced not by

local SST, but remotely by Indian Ocean SST.

The tropical Indian Ocean (TIO) warms up following

the El Niño peak because of the downwelling ocean

Rossby waves in the southwestern basin (Xie et al. 2002;

Huang and Kinter 2002) and heat flux changes elsewhere

(Klein et al. 1999; Tokinaga and Tanimoto 2004). See

Schott et al. (2008) for a recent review of the TIO re-

sponse to ENSO. During the El Niño mature phase,

precipitation decreases over the TIO despite this basin-

wide warming, leading to a notion that the TIO warming

is largely a passive response to ENSO teleconnection

without much climatic influences. Countering this notion,

however, recent modeling studies suggest that the TIO

warming is partially responsible for the formation of the

FIG. 1. Correlation of tropical Indian Ocean (208S–208N, 408–

1008E) SST (solid) with the Niño-3.4 (58S–58N, 1708–1208W) SST

index for November(0)–December(0)–January(1). Numerals in

parentheses denote years relative to El Niño: 0 for its developing

and 1 for decay year. The dashed curve is the Niño-3.4 SST au-

tocorrelation as a function of lag. The black triangle denotes De-

cember(0), the peak phase of ENSO.
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NW Pacific anticyclone anomaly from winter to spring

(Watanabe and Jin 2003; Annamalai et al. 2005), and its

persistence into JJA(1) (Yang et al. 2007). These results

form the following capacitor hypothesis (Yang et al.

2007): El Niño teleconnection causes TIO SST to increase

like a battery charging a capacitor; the TIO warming

persists through the summer [JJA(1)], and exerts its cli-

matic influences on surrounding regions after the El Niño

decay, like a discharging capacitor. Early studies based on

correlation (Wu et al. 1995) and idealized general circu-

lation model (GCM) experiments (Wu and Liu 1995)

have hinted at TIO SST effects on East Asian-western

Pacific climate in summer. More recently, Yoo et al.

(2006) note that spring TIO SST is a good predictor for

the summer NW Pacific anticyclone. While they do not

clarify what maintains this relationship between spring

SST and summer atmospheric anomalies, Fig. 1 shows

that the TIO SST persistence is the likely cause. Ohba

and Ueda (2006) suggest that SST gradients between

the North Indian and NW Pacific Oceans are important

for June precipitation variability east of the Philippines.

While the persistence of the NW Pacific anticyclone

through summer may indeed be due to the TIO capac-

itor effect, the mechanism by which TIO SST affects the

subtropical NW Pacific remains unclear.

The TIO capacitor effect may go beyond the sub-

tropical NW Pacific surface circulation. Tropospheric

temperature is known to increase over the tropics fol-

lowing El Niño (Yulaeva and Wallace 1994; Sobel et al.

2002), and the tropospheric warming lasts much longer

than El Niño itself. Atmospheric GCM experiments

show that much of the persistence in zonal-mean tro-

pospheric temperature increase is not due to eastern

Pacific SST, but to the SST warming over the tropical

Indian and Atlantic Oceans (Kumar and Hoerling 2003;

Lau et al. 2005). It is unclear whether and how the lin-

gering tropospheric warming is related to surface anom-

alies, such as the subtropical NW Pacific anticyclone.

The present study examines robust, ENSO-induced

climatic anomalies during JJA(1) when SST anomalies

have mostly vanished over the equatorial Pacific. They

include the TIO warming, NW Pacific anticyclone,

FIG. 2. Correlation with the NDJ(0) Niño-3.4 SST index: (a) rainfall at Guam and Hachijo Islands; (b) subtropical NW

Pacific SLP (108–258N, 1308–1708E), and surface wind vorticity defined as (278–338N) minus (118–158N) zonal wind difference

averaged in 1208–1508E; (c) SCS SST (58–158N, 1108–1258E); and (d) sea level height at Ishigaki Island. (b) and (c) Based on

ICOADS. Dotted lines indicate the 95% significance level, which varies with the data record length. (In (a), the significance

level is 0.44 for the shorter Hachijo record.) The black triangle denotes December(0), the peak phase of ENSO.
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and tropospheric warming. As reviewed briefly above,

these anomalies have previously been studied some-

what in isolation. We note that most literature on the

NW Pacific anticyclone deal with its formation and

development from winter to spring (Wang et al. 2000,

2003; Watanabe and Jin 2003; Annamalai et al. 2005),

but few focus on its maintenance for JJA(1) (Yang

et al. 2007). Summer is the rainy season for East Asia

when precipitation variability has huge socioeconomic

impacts. The present study attempts a synthesis to

reveal relationships among and mechanisms for these

anomalies by tracking ENSO correlation into JJA(1).

Specific questions of interest include the following:

What maintains the robust precipitation and circu-

lation anomalies over the NW Pacific? Is there evi-

dence for remote influences of the TIO on the NW

Pacific; what about local SST effect? Is the long-lasting

tropospheric warming in any way related to surface

anticyclone over the NW Pacific? Observational diag-

nostics are the main approach but numerical modeling

is also used as necessary to test hypotheses.

In the following, section 2 describes the datasets

and atmospheric GCM. Section 3 presents observa-

tional diagnosis, discusses the ENSO-induced anoma-

lies during JJA(1) in the global tropics and over the

Indo–western Pacific region, and tests the local SST

and TIO capacitor hypotheses. Section 4 examines

atmospheric anomalies in response to the TIO warm-

ing in models. Section 5 is a summary and discusses

broad implications.

2. Methods

a. Observational data

We use the Hadley Centre Global Sea Surface Tem-

perature (HadSST) dataset (Rayner et al. 2006), the

Center for Climate Prediction (CPC) Merged Analysis

of Precipitation (CMAP; Xie and Arkin 1996), and the

National Centers for Environmental Prediction–National

Center for Atmospheric Research (NCEP–NCAR) at-

mospheric reanalysis (Kalnay et al. 1996), originally on 18,

2.58, and 2.58 grids, respectively. We have regridded these

datasets onto a common 2.58 latitude 3 108 longitude grid

for a 29-yr period from 1979 to 2007 (limited by CMAP’s

satellite rainfall estimates). All of the features to be dis-

cussed have large zonal scales, and the coarse zonal grid

spacing is to help suppress small-scale variability.

We complement the above data-assimilated/statistically

interpolated datasets with ship observations in the In-

ternational Comprehensive Ocean–Atmospheric Data

Set (ICOADS; Worley et al. 2005), originally on a 28

grid. Grid points without at least one observation for a

given month are flagged as missing. No additional

interpolation is made. We regrid ICOADS onto the

same 2.58 latitude 3 108 longitude grid, and limit our

analysis to after 1950, when observations are relatively

abundant.

To extend the precipitation record back beyond the

CMAP period, monthly observations at Guam are used

to track rainfall over the subtropical and midlatitude

NW Pacific, respectively. We average data at five sta-

tions to form an island-mean precipitation series, which

runs nearly continuously from 1945. A different method

by normalizing data at each station with its standard

deviation yields a similar island-mean series. Observa-

tions at Hachijo Island for a shorter period (1980–2007)

are used to monitor rainfall in the midlatitude NW

Pacific. Monthly-mean sea level height data (1969–

2007) at Ishigaki Island are obtained from the Univer-

sity of Hawaii Sea Level Center.

The present study focuses on interannual variability

associated with ENSO. To reduce the effect of pro-

nounced intraseasonal variability over the Indo–western

Pacific Oceans, we perform a 3-month running average.

A 9-yr running mean is then applied (separately for each

calendar month) to remove decadal and longer varia-

tions, which are significant over the tropical Indo-Pacific

Oceans (Deser et al. 2004; Du and Xie 2008). We

use SST averaged over the eastern equatorial Pacific

(Niño-3.4: 58S–58N, 1208–1708W) to track ENSO, which

is referred to as the ENSO index. Typical decorrelation

time for such bandpass-filtered time series is slightly

more than half a year (Fig. 1). We estimate the total

degree of freedom as (analysis period in years)/1.5. For

a 29-yr time series, a correlation of 0.43 reaches the 95%

significance level based on t test.

b. GCM

The atmospheric GCM used is the ECHAM5, the

latest Hamburg version of the European Centre for

Medium-Range Weather Forecasts (ECMWF) model.

A detail description of ECHAM5 is given by Roeckner

et al. (2003). ECHAM5 employs a spectral dynamic

core. We use a version with triangular truncation at

zonal wavenumber 63 (T63; equivalent to 1.98 hori-

zontal resolution) and 19 sigma levels in the vertical.

The model is forced with the observed monthly cli-

matology of SST and sea ice. We analyze a 20-yr period

of the control (CTL) simulation. We carry out two ad-

ditional experiments. In the TIO run, we add 18C SST

over the TIO (208S–208N, 408–1108E). In the other ex-

periment, the same SST anomalies are imposed on the

South Indian Ocean (SIO; 208S–08, 408–1108E). Exper-

iments with a more realistic 0.58C SST anomaly yield

similar results. In both TIO and SIO runs, the SST
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anomalies are kept constant in time and the model is

integrated for 20 yr. Thus, the experiments are equiva-

lent to 20-member ensemble runs.

3. Observational analysis

This section examines spatiotemporal variations in

ENSO correlation to infer the mechanisms for atmo-

spheric anomalies.

a. MAM(1)

During March–May (MAM)(1), El Niño begins to

decay but large positive anomalies of SST and precipi-

tation remain in the eastern equatorial Pacific (Fig. 3).

The westerly wind anomalies near the international

date line are displaced south of the equator, rendering

them ineffective to sustain the Bjerknes feedback and

El Niño (Vecchi and Harrison 2006; Lengaigne et al.

2006). Precipitation decreases over the off-equatorial

western Pacific, with a broad high pressure anomaly

over the NW Pacific. The anomalous winds there in-

tensify the prevailing northeast trades, contributing to

the SST cooling (Wang et al. 2000). The upwelling

Rossby waves in the ocean may also be a factor for the

surface cooling (Wang et al. 1999).

Positive SST anomalies cover the entire TIO, with

the maximum (.0.8) over the tropical southwest In-

dian Ocean (SWIO), a signature of the downwelling

Rossby waves over the shallow thermocline dome

(Murtugudde and Busalacchi 1999; Behera et al. 2000;

Xie et al. 2002; Huang and Kinter 2002). While the

SST anomalies are more or less symmetrical, precipi-

tation anomalies are nearly antisymmetric about the

equator, positive over the SWIO, and negative over

the eastern north Indian Ocean (NIO). Surface winds

show a C-shaped pattern typical of the response to

antisymmetric heating, northeasterly north and north-

westerly south of the equator. Kawamura et al. (2001)

and Wu et al. (2008) suggest that this antisymmetric

atmospheric pattern is due to be the WES feedback

FIG. 3. MAM(1) correlation with the NDJ(0) Niño-3.4 SST index: (a) SST, (b) SLP (contours) and

surface wind velocity, and (c) precipitation (gray shade and white contours at intervals of 0.1) and

tropospheric temperature (contours).
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within the TIO. The northeasterly anomalies, in par-

ticular, help sustain the NIO warming through summer

after the onset of the southwest monsoon in May (Du

et al. 2009).

The free troposphere warms up along the entire

equatorial belt, with tropospheric temperature correla-

tion above 0.8 everywhere except over the western Pa-

cific (minimum ;0.58 at 1608E). The correlation features

an off-equatorial maximum on either side of the equa-

tor over the central/eastern Pacific and an equatorial

maximum to the east, reminiscent of the Matsuno–

Gill pattern (Matsuno 1966; Gill 1980) anchored by

the eastern Pacific warming. This tropical-wide tropo-

spheric warming takes place despite the tropical-mean

precipitation anomaly being nearly zero, supporting the

idea that deep convection adjusts tropospheric tem-

perature to a moist-adiabatic profile over the warming

eastern Pacific, spreading the tropospheric warming

throughout the tropics via fast equatorial waves (Su

et al. 2001; Chiang and Sobel 2002). El Niño–induced

tropospheric warming has been proposed to cause SST

to increase over other tropical oceans that support deep

convection (Chiang and Sobel 2002; Chiang and Lintner

2005).

b. JJA(1)

Figure 4 shows JJA(1) correlations with the NDJ(0)

ENSO index. SST anomalies vanish along the equator

across the Pacific while SST correlation remains strong

and exceeds 0.6 over much of the TIO. In contrast to

MAM(1), when the decaying El Niño remains the major

forcing for atmospheric anomalies, strong atmospheric

correlations with coherent large-scale structure shift to

the TIO and neighboring NW Pacific. The strongest

atmospheric anomalies at the surface are located over

the NW Pacific, including decreased rainfall and in-

creased SLP. An anomalous anticyclone develops there,

with northeasterly anomalies from the Bay of Bengal to

the international date line. This summer anticyclone has

been noted in previous studies (e.g., Wang et al. 2003)

and the resultant weakening of the southwesterly

monsoon wind causes a pronounced warming over the

SCS (Xie et al. 2003; Wang et al. 2006). SST correlation

is weakly negative but statistically marginal over the

FIG. 4. Same for Fig. 3, except for JJA(1).
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eastern half of the NW Pacific anticyclone (maximum

correlation rmax ; 20.4), suggesting that local SST is

not the main anchor for the decreased precipitation and

increased SLP there. (More analysis of the SST corre-

lation will be presented in section 3c.) This anticyclone

is the most significant surface atmospheric anomaly

during JJA(1) (rmax ; 0.7) that originates from ENSO,

while the TIO warming is the most significant major

SST anomaly (rmax ; 0.8), implying that the latter is the

cause of the former. An empirical orthogonal function

(EOF) analysis confirms this conclusion (see the ap-

pendix).

Tropospheric temperature displays a Matsuno–Gill

pattern that is consistent with a localized heating in the

TIO, with a Kelvin wave–like wedge penetrating into

the western Pacific on the equator and Rossby wave–

like, off-equatorial maxima over the western Indian

Ocean to Africa. Tropical convection adjusts tropo-

spheric temperature close to a moist-adiabatic profile,

consistent with the equivalent potential temperature

(ue) in the planetary boundary layer (Emanuel et al.

1997). Thus, an SST increase over a convective region

acts to warm the tropospheric column. The spatial

pattern of tropospheric temperature anomalies (Figs.

3c, 4c) appears to support this moist-adiabatic adjust-

ment to ocean warming. Figure 5 shows tropospheric

temperature correlation with the NDJ(0) ENSO index

in the tropical Pacific and TIO, along with the SST

correlation. Over the tropical Pacific, the troposphere

begins to warm up soon after the development of El

Niño. The tropospheric warming there reaches the

maximum about a season after the El Niño peak and

decays rapidly after April(1), falling below the 95%

significance level by July(1). Over the TIO, on the

other hand, tropospheric warming commences quite

late, developing rapidly in November(0) and reaching

the peak in April(1). It persists at high correlation until

August(1), and then decays rapidly with the TIO SST

warming.

SST correlation falls to near zero on the equator (as

the thermocline begins to shoal), but significant SST

warming remains on either side of the equator in the

eastern Pacific during JJA(1) (Fig. 4a). The southern

SST warming does not have much of a signature in SLP

because the mean SST is too cold for deep convection

(Figs. 4b,c). North of the equator, by contrast, the SST

warming over the far eastern Pacific warm pool and

Caribbean Sea induces weak negative SLP anomalies

and appears to reinvigorate the off-equatorial tropo-

spheric warming. Because of the great geographical

distance, it is unlikely that the lingering eastern Pacific

SST anomalies north of the equator are the main cause

of the NW Pacific anticyclone.

c. Kelvin wave–induced divergence off the equator

Precipitation correlation is weakly positive over the

warm TIO, but not well organized in space. Restoring

tropospheric temperature toward a moist-adiabatic

profile, Su and Neelin (2003) show that their model

simulates tropospheric temperature and precipitation

anomalies during the developing and mature phases of

El Niño. They report that the precipitation response is

rather complicated and not necessarily correlated with

local SST.

Given weak local SST correlation, the robust NW

Pacific anticyclone at the surface is mysterious. We

propose a mechanism for the TIO to force this surface

anticyclone remotely. The moist-adiabatic adjustment

provides a mechanism that couples SST and tropo-

spheric temperature over the warm TIO (Emanuel

et al. 1997; Neelin and Su 2005). Via this coupling, the

TIO warming forces a warm equatorial Kelvin wave to

the east. Figure 6 superimposes tropospheric temper-

ature and surface wind correlations with the NDJ(0)

ENSO index. Surface friction drives northeasterly

winds onto the equatorial low pressure in the baro-

clinic Kelvin wave, inducing surface divergence and

suppressing deep convection in the subtropical NW

Pacific.

The circulation–convection feedback is important to

amplify this Kelvin wave–induced Ekman divergence

(WIED). While the Kelvin wave in the free tropo-

sphere is nearly symmetric about the equator, the re-

sponse of convective and surface anomalies clearly

favors the summer hemisphere (Fig. 6), where con-

vective feedback is strong with high SST and precipi-

tation in the mean. The negative rainfall anomalies

FIG. 5. Longitude–time section of correlation with the NDJ(0)

Niño-3.4 index: SST (light shade . 0.4; dark , 20.4; white con-

tours at intervals of 0.1), and tropospheric temperature (black

contours) on the equator. The black arrow denotes December(0),

the peak phase of ENSO.
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over the NW Pacific excite an equatorial Kelvin wave

of an opposite sign, weakening the warm Kelvin wave

wedge emanating from the TIO. Indeed, the warm

Kelvin wave wedge is much shorter in zonal exten-

sion than the off-equatorial Rossby waves to the west

(Fig. 4c), opposite to the Matsuno–Gill model predic-

tion.1 In the warm Kelvin wave wedge near the equa-

tor, precipitation anomalies are not very coherent as

the deep subsidence of the wave in the free tropo-

sphere opposes the surface convergence in creating

precipitation changes. Section 4 tests this hypothesis

further with an atmospheric GCM.

Modeling studies suggest a TIO contribution to the

NW Pacific anticyclone anomaly during MAM(1) (Su

et al. 2001; Watanabe and Jin 2003; Annamalai et al.

2005). We note that from the NIO to NW Pacific during

MAM(1), northeasterly wind anomalies and the nega-

tive precipitation band are located on the northern edge

of the warm Kelvin wave wedge (Fig. 3c). This collo-

cation of surface anomalies with the Kelvin wave’s

northern flank is consistent with our Kelvin WIED

mechanism.

d. Northwest Pacific precipitation

The NW Pacific warm pool reaches far north during

summer, with the 278C SST contour expanding north

of 308N (Fig. 7). In addition to the basin-scale inter-

tropical convergence zone (ITCZ) anchored by an off-

equatorial warm SST band, a subtropical rainband

develops during late summer and early fall (July–

September) in the NW Pacific, riding on the expanding

warm pool. This subtropical rainband appears as a local

meridional maximum in precipitation (158–258N), and it

is a key element of the NW Pacific monsoon (Murakami

and Matsumoto 1994; Wang and LinHo 2002). The late-

July onset of this subtropical NW Pacific convection

weakens and displaces the mei-yu–baiu rainband

northward that covers east China and Japan during June

to mid-July (Ueda et al. 1995, 2009).

Interestingly, summer precipitation variance is much

stronger in the subtropical rainband than in the ITCZ

over the NW Pacific despite the mean precipitation

being much larger in the latter (Fig. 7). Figure 8a shows

the time–latitude section of local correlation between

monthly SST and precipitation over the western Pacific.

In the subtropical NW Pacific, the subtropical rainfall

variance intensifies during July–September but is not

correlated with the local SST. Our analysis of ENSO

correlation indicates that much of the subtropical NW

Pacific rainfall variability is instead remotely forced,

by the TIO warming in particular. This TIO capacitor

effect is pronounced during JJA(1), possibly corre-

sponding to interannual variability in the onset and

early development period of subtropical NW Pacific

convection. The cause of high variance from August

onward needs further investigation.

FIG. 6. JJA(1) correlation with the NDJ(0) Niño-3.4 SST index: tropospheric (850–250 hPa) temper-

ature (contours), precipitation (white contours at intervals of 0.1; dark shade . 0.4; light , 20.4), and

surface wind velocity (vectors).

1 Factors such as the mean flow and its shear as well as heating

latitude also influence the apparent zonal extent of these waves.
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The anticyclone anomaly over the subtropical NW

Pacific begins to develop during the El Niño winter.

Figure 9 shows the ENSO correlations of precipitation

(shade), SST (color contours), and surface wind velocity

in the NW Pacific. In Fig. 9, the onset of the El Niño–

induced anticyclone in December(0) is manifested as

the sudden appearance of the anomalous northerlies

and SST cooling in 08–108N. Wang et al. (2000) suggest

that the rapid onset of the anticyclone and SST cooling

is due to their mutual interaction as follows. The SST

cooling north of the equator reduces precipitation, ex-

citing a westward-propagating Rossby wave. The re-

sulting northerly wind anomalies intensify the mean

northeast trades and amplify the initial SST cooling via

evaporation and wind stirring. Hereafter we call this the

WES-V feedback to emphasize the importance of me-

ridional wind perturbations, where the traditional WES

feedback considers the zonal wind effect on evaporation

(Xie and Philander 1994). Mean northerly winds (V) are

a necessary condition for this WES-V feedback, which is

indeed met during December–April (Fig. 8b). (One may

use V 5 2 m s21 as a threshold for the WES-V feedback

to operate given that weather-related variance is high in

the ITCZ.) The mean northerlies weaken from February

on, and the WES-V mechanism is unlikely to be important

from April into the summer, as corroborated by the rapid

transition of the local SST–precipitation correlation from

positive to negative in 08–108N during April–July (Fig. 8a).

Here we have used the SST–precipitation correlation as a

test for the ocean-to-atmospheric feedback.

Figure 9 shows that ENSO correlations also display a

rapid transition from May(1) to July(1). The center of

negative rainfall correlation is confined to 08–108N up to

May(1), and jumps to 108–208N in June(1). The north-

ward shift is also seen in the center of the anticyclonic

vorticity (as measured by the meridional shear). The

northward shift in the anticyclonic center suggests that

different mechanisms are at work before May(1) and

during JJA(1), consistent with our inference that Pacific

and TIO SST anomalies are important for the respective

periods. The northward shift of precipitation correlation

is also consistent with the evolution of precipitation

variance, whose maximum shifts from the ITCZ during

winter and spring to the subtropical rainband during

summer. The El Niño–induced negative SST anomalies

in the ITCZ decay rapidly from April(1). At 1458E, the

negative JJA(1) precipitation anomalies at 158N are not

associated with significant SST correlation (Fig. 9), in-

dicating the importance of remote forcing for the

maintenance of the subtropical anticyclone during

JJA(1).

e. Further teleconnections

Atmospheric anomalies in the subtropical NW Pacific

during JJA(1) excite additional teleconnections in both

the ocean and atmosphere. In the ocean, the anticy-

clonic wind curl anomalies force downwelling Rossby

waves that propagate westward (results not shown from

an ocean reanalysis), leading to a rise in sea level at

Ishigaki Island that peaks in the following December

(Fig. 2d), almost a year after the mature phase of El

Niño. In the atmosphere, the southwesterly anomalies

on the western flank of this anomalous anticyclone

transport moisture from the SCS, increasing summer

rainfall over the mid-/lower reaches of the Yangtze

River of China. Suppressed convection over the sub-

tropical NW Pacific, through upper-tropospheric con-

vergence, excites the Pacific–Japan (PJ) teleconnection

(Nitta 1987), with a low pressure centered east of Japan

(Fig. 6). Developing under the vertically sheared cli-

matological meridional flow, the PJ vorticity anomalies

exhibit an apparent poleward phase tilt with height

(Kosaka and Nakamura 2006). The surface low around

Japan is associated with an anomalous increase in local

precipitation near Japan as observed at Hachijo Island

(Fig. 2a).

FIG. 7. (a) July–September climatology of SST (black contours

with 29.58C dashed) and precipitation (shade . 150 mm month21;

white contours at 50 mm month21 intervals). (b) Standard deviation

of precipitation for July–September (shade . 75 mm month21;

white contours at 25 mm month21 intervals), along with the pre-

cipitation climatology (black contours).
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4. Model results

This section uses atmospheric GCM experiments to

test the hypothesis that the TIO warming affects NW

Pacific climate during summer. In the GCM, the im-

posed TIO warming2 causes precipitation to increase

over much of the basin (Fig. 10a). Over the equatorial

Indian Ocean, precipitation somehow decreases despite

the SST increase. Precipitation decreases and a surface

anticyclone forms over the subtropical NW Pacific, with

a cyclonic circulation to the northeast of Japan. In

08–208N from the NIO to western Pacific, the southwest

monsoonal winds weaken, helping sustain the SST

warming there in observations (Xie et al. 2003; Du et al.

2009). The model response is qualitatively consistent

with observations (Figs. 4 and A1), but the NW Pacific

anomalies are too weak while TIO precipitation anom-

alies too large. This result is consistent with a multi-

model study of Li et al. (2008).

TIO-induced tropospheric warming forms a spatial

pattern reminiscent of the Matsuno–Gill pattern, with

the Kelvin wave response extending eastward and cov-

ering the entire equatorial Pacific (Fig. 10b). Compared

with JJA(1) observations (Fig. 4), the eastward exten-

sion of the baroclinic Kelvin wave response is too large,

resulting in unrealistic, strong surface easterly anoma-

lies over the equatorial Pacific. This too-strong Kelvin

wave response is related to too weak a precipitation

reduction over the NW Pacific, which would otherwise

excite a baroclinic Kelvin wave of the opposite sign and

leaves little net anomalies in the equatorial Pacific.

Thus, TIO warming indeed forces a baroclinic Kelvin

wave with low SLP centered on the equator, triggering a

precipitation reduction and surface anticyclone to the

north. The model result of too weak a NW Pacific re-

sponse suggests that the feedback between local con-

vection and circulation is important for their anomalies

to amplify and reach the observed magnitude. A com-

parison with the observed JJA climatology indicates that

model precipitation is weaker by a factor of 2 over the

subtropical NW Pacific, limiting the convection–circulation

feedback. The poor simulations of subtropical NW

Pacific summer rainfall have been flagged as a major

problem for atmospheric GCMs (Kang et al. 2002).

The Japan pole of the PJ pattern is too weak and

shifted northward compared to observations. Such de-

ficiencies may be due to too-weak convective anomalies

FIG. 8. (a) Monthly precipitation standard deviation (black contours, mm month21) and SST–precipitation correlation (dark

shade . 0.3; light , 20.3; white contours at 0.1 intervals) at 1458E as a function of time and latitude. (b) ICOADS climatology

of surface wind velocity (vectors, m s21), its meridional component (contours), and regions with SST . 298C (shade) as a

function of time and latitude over the western Pacific (1458E).

2 Care needs to be taken in designing SST-forced, atmospheric

GCM experiments because SST changes may be a response to a

remote forcing as happens over the TIO during the developing and

mature phases of ENSO (Kumar and Hoerling 1998; Wu et al. 2006;

Deser and Phillips 2006; Copsey et al. 2006). Our prescription of

TIO SST as forcing here is justified by the facts that it is the most

robust SST anomalies of the global ocean during JJA(1) and that

tropospheric temperature anomalies are consistent with a Matsuno–

Gill pattern forced by a heat source over the TIO (Fig. 4).
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in the subtropical NW Pacific and/or errors in simu-

lating mean precipitation and mean flow, from which

the PJ mode draws energy (Kosaka and Nakamura

2006).

a. Linear baroclinic model
To illustrate the importance of the convection–

circulation feedback, we turn to a primitive-equation

model linearized around the observed JJA mean state

FIG. 10. Anomalies of precipitation (color, mm month21; right color bar) and surface wind velocity (m s21; wind speed

smaller than 0.5 m s21 has been masked out) in (a) the TIO and (d) SIO atmospheric GCM runs, and (c) TIO–SIO difference.

(b) Anomalies of tropospheric temperature (8C; left color bar) in the 250–850-hPa layer in the TIO run.

FIG. 9. Time–latitude section of correlation at 1458E with the NDJ(0) Niño-3.4 index: SST (color

contours), precipitation (dark shade . 0.4; light shade , 20.4; white contours at 0.1 intervals), and

surface wind velocity (vectors). The black triangle denotes December(0), the peak phase of ENSO.
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as represented by the NCEP–NCAR reanalysis. The

detailed description of the linear baroclinic model

(LBM) may be found in Watanabe and Kimoto (2000).

We use a version with T42 resolution in the horizontal

and 20 sigma levels in the vertical. The model is forced

by prescribed diabatic heating. In the vertical, the heating

is confined between 900 and 100 hPa, with a peak at 500

hPa to mimic condensational heat release in deep con-

vection. The heating (Q) is confined in the horizontal,

following a half-cosine function in latitude (y),

Q 5 Q0 cos p
�

y� ysð Þ= yn � ysð Þ � 1=2
�
; for ys , y , yn:

ð1Þ

Within a longitudinal band xw , x , xe, it is zonally

uniform except in a 58 zone on east and west sides where

it ramps off to zero.

Figure 11a shows the LBM surface response near

the steady state to a broad heating over the TIO: xw 5

408E, xe 5 1008E; ys 5 208S, yn 5 208N. The maximum

heating rate is set at 1 K day21. Because of the strong

monsoon circulation in the JJA mean state, the low-

level circulation anomalies are rather asymmetric, with

a stronger response north than south of the equator.

Equatorial symmetry strengthens at upper levels and

near the international date line near the surface. The

Kelvin wave response is visible in the sea level pressure

field. On the northern flank of the Kelvin wave, surface

friction turns the winds northeasterly, causing surface

divergence there.

To test whether this Kelvin wave–induced diver-

gence would lead to a strong anticyclone with the help

of convection–circulation feedback, we conduct the

following experiment with interactive heating over the

NW Pacific. For simplicity, the horizontal and vertical

structure of the interactive heating follows Eq. (1),

with xw 5 1208E, xe 5 1808; ys 5 108N, yn 5 208N, a NW

Pacific region chosen based on observations (Fig. 4).

The magnitude of convective heating is parameterized as

a linear function of surface convergence Q0 5 �a= � us,

FIG. 11. The linear atmospheric model response to the TIO heating (a) with and (b) without

interactive heating over the subtropical NW Pacific: sea level pressure (black contours, hPa),

wind velocity (m s21) at 1000 hPa, and diabatic heating rate at 500 hPa (dark shade . 0.25; light

, 20.25 K day21; white contours at 0.25 K day21 intervals).
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where us is the perturbation surface wind velocity aver-

aged in the same NW Pacific region, and the coefficient a

controls the strength of the convection–circulation feed-

back. Although crude, the empirically based parameteri-

zation is intended to illustrate the effect of this feedback

on the development of NW Pacific anomalies in response

to the TIO heating. The LBM is forced by the same broad

TIO heating as before, but with an additional, interactive

heat source over the NW Pacific. Convective feedback

coefficient a is chosen so that the maximum heating rate

is 1.8 K day21 in the steady state. The results are quali-

tatively insensitive to the choice of a.

Figure 11b shows the LBM response on day 30 when

it is in a nearly steady state. The model response is now

dominated by a strong anticyclone from the SCS to

NW Pacific, where the convection–circulation feedback

amplifies the Kelvin wave–induced Ekman divergence

and maintains a strong diabatic cooling. The model re-

sponse resembles observed anomalies during JJA(1)

from the north Indian Ocean to the NW Pacific (Figs. 4

and A1), including anomalous easterlies in 108–208N

from the Arabian Sea to the international date line. The

importance of reduced convection over the NW Pacific

for the anticyclonic circulation is consistent with Terao

and Kubota’s (2005) linear model study using pre-

scribed heating. The LBM with interactive NW Pacific

heating even simulates a weak cyclonic circulation east

of Japan, consistent with observations and with Kosaka

and Nakamura’s (2006) suggestion that the PJ pattern is a

dynamical mode of the atmosphere shaped by the summer

mean flow. The general agreement between the LBM

experiment and observations supports our hypothesis that

the Kelvin wave forced by the TIO warming triggers the

suppression of convection and the development of a sur-

face anticyclone over the NW Pacific.

b. North Indian Ocean effect

An additional GCM experiment has been carried out

to narrow down the TIO subdomain that is most im-

portant for the formation of the NW Pacific anticyclone.

In the SIO run where the SST increase is limited to the

tropical South Indian Ocean (SIO), precipitation in-

creases south and decreases north of the equator, with a

C-shaped, antisymmetric wind pattern (Fig. 10d), similar

to observations over the western TIO (Fig. 6). The pos-

itive and negative anomalies of this precipitation dipole

in the meridional direction are nearly equal in magni-

tude, rendering a small basin mean. As a result, anoma-

lies over the Pacific are negligible. Figure 10c shows the

TIO–SIO difference, which may be taken as the response

to an NIO warming. The rainfall increase over the NIO is

much larger than the reduction south of the equator. The

net increase in the basin-mean precipitation forces a

Kelvin wave response with low pressure and easterly

wind anomalies over the equatorial Pacific, triggering a

reduction in precipitation and the formation of a surface

anticyclone over the subtropical NW Pacific. These

model results indicate that SST anomalies over the NIO

are more important for NW Pacific summer anomalies

than those over the SIO. The preference for the NIO is

likely due to higher mean SST, and hence stronger SST

forcing of the atmosphere than over the SIO.

Figure 12 shows the observed SST correlation with a

summer NW Pacific anticyclone index defined as the

(27.58–32.58N) minus (108–158N) difference in surface

zonal wind averaged in 1308–1608E. The correlation is

low with local SST but strong over the NIO and SCS,

corroborating the GCM results. SST correlation is also

high over the equatorial southeast Indian Ocean, where

negative IOD events sometimes develop during JJA(1),

as in 1998. GCM results show that during summer of

1998, the east equatorial Indian Ocean warming is im-

portant in reducing precipitation anomalies in East Asian

and the NW Pacific (Shen et al. 2001). There is a tendency

for NW Pacific precipitation to correlate negatively with

that over the TIO, the middle reach of the Yangtze River,

and near Japan, broadly consistent with the GCM.

5. Summary and discussion

We have investigated ENSO-induced anomalies dur-

ing the summer [JJA(1)] following its peak phase using

observations and atmospheric models. The anticyclone

centered in the subtropical NW Pacific emerges as the

dominant anomaly pattern in the lower troposphere

from our correlation and EOF analyses. This anomalous

anticyclonic circulation explains many regional JJA(1)

climate anomalies related to ENSO in Fig. 2. The

weakened southwest monsoon causes the SCS to warm

up; precipitation decreases at Guam and SLP increases in

the anticyclone; the negative wind curls force downwel-

ling ocean Rossby waves detected as a sea level rise

at Ishigaki Island a few months later; and the PJ tele-

connection from the subtropics intensifies baiu rainfall

over Japan as observed at Hachijo Island.

Such summer atmospheric anomalies must be an-

chored by SST anomalies somewhere even though

eastern Pacific SST anomalies have dissipated by

JJA(1). The SST increase over the TIO and SCS is the

most robust ocean anomaly pattern during JJA(1),

making it a likely cause of persistent atmospheric

anomalies (block arrow in Fig. 13). The tropospheric

temperature anomaly pattern resembles the Matsuno–

Gill response to a localized heat source over the TIO,

offering additional support for the capacitor mecha-

nism in which the El Niño–induced TIO warming
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persists through the summer and sustains atmospheric

anomalies after El Niño itself is gone. Observed pre-

cipitation anomalies are weak over the TIO, suggesting

the moist-adiabatic adjustment as the mechanism for

the SST forcing of tropospheric temperature.

Atmospheric GCM experiments show that the long

persistence of positive SST anomalies outside the

tropical Pacific maintains the delayed tropospheric

warming during and after the decay of El Niño (Kumar

and Hoerling 2003; Lau et al. 2005). Our results sug-

gest that this tropospheric warming triggers the sup-

pression of NW Pacific convection. To our knowledge,

our study is the first that relates these two robust at-

mospheric anomaly patterns that outlast El Niño. The

JJA(1) tropospheric warming displays a Kelvin wave

wedge extending into the western Pacific, acting to

lower SLP near the equator and induce northeasterly

winds and divergence north of the equator. The Ekman

divergence initiates the suppression of deep convec-

tion over the NW Pacific (Fig. 6). The linear atmo-

spheric model results support the Kelvin WIED

mechanism and illustrate the importance of circulation–

convection feedback for amplifying the surface high over

the NW Pacific: surface divergence in the high pressure

suppresses convection while the reduced latent heating

intensifies the high and anticyclonic circulation.

We have conducted an atmospheric GCM experiment

by increasing SST over the TIO. The model reproduces

the baroclinic Kelvin wave over the equatorial Pacific

and the anticyclone anomaly in the NW Pacific, in sup-

port of the above Kelvin wave–induced Ekman diver-

gence mechanism. The NW Pacific anticyclone is too

weak compared to observations because the model un-

derestimates the summer precipitation climatology in the

subtropical rainband, and hence the local circulation–

convection feedback. An additional experiment with

the SST warming confined to the south of the equator

indicates that the NIO SST warming is the most im-

portant forcing of the Pacific response both on and

north of the equator. This model result is consistent

FIG. 13. Seasonality of major modes of Indo–western Pacific climate variability. Vertical

arrows indicate causality, and the block arrow emphasizes the TIO capacitor effect, the major

finding of the present study.

FIG. 12. Precipitation (gray shade and white contours) and SST (black contours) correlation

during JJA with a NW Pacific anticyclone index, defined as (27.58–32.58N) minus (108–158N)

zonal wind difference averaged in 1208–1508E. Only correlation above 60.4 is shown, and

contour intervals are 0.1.
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with the observational analysis that NW Pacific anti-

cyclone is most highly correlated with NIO SST.

The NW Pacific anticyclone anomaly begins to develop

at the peak of El Niño and persists through the following

summer (Harrison and Larkin 1996; Wang et al. 2003).

The center of this anticyclone, as well as the center of

negative precipitation anomalies, displays a northward

shift from 58–108N during winter to 158N during summer

(Fig. 9). This meridional shift reflects a change in mech-

anism for maintaining the anticyclone. During winter, the

precipitation decrease is collocated with negative SST

anomalies, with the latter possibly being induced by the

intensified northeasterly trades through the WES-V mech-

anism (Wang et al. 2000) with contributions from the TIO

warming via the Kelvin WIED mechanism. During JJA(1),

the precipitation decrease is most highly correlated with

NIO SST, reflecting the remote influence from there,

likely via the baroclinic Kelvin wave. Local JJA(1) SST

anomalies are rather complicated, varying from positive

in the western to marginally negative in the central and

eastern parts of the NW Pacific anticyclone (Fig. 4).

The schematic in Fig. 13 summarizes the results. El Niño

develops during the summer of year 0, peaks in winter, and

decays in the spring of year 1. It induces the basin-wide

warming over the TIO that persists through JJA(1).

During the summer following El Niño, the TIO warm-

ing is the main culprit for the anomalous anticyclone

and suppressed rainfall over the subtropical NW Pacific.

The following important question still remains: how is

the TIO warming maintained through JJA(1)? A com-

panion paper (Du et al. 2009) suggests that ocean–

atmosphere interaction within the TIO is important.

FIG. A1. Regression upon the NDJ(0) Niño-3.4 index for (left) JJA(0) and (right) JJA(1): (top) SST (8C) and (bottom) precipitation

(mm month21).

TABLE A1. Statistics of summer (JJA) EOF modes over the

Indo-western Pacific: explained variance (row 2), and season rel-

ative to the peak of El Niño (row 3) inferred from correlation (r)

with the NDJ(0) ENSO index (row 4). For comparison, row 5 lists

the simultaneous correlation with the JJA ENSO index. The PC

pairs of (SST-2, Rain-1) and (SST-1, Rain-2) are correlated at 0.78

and 0.74, respectively.

EOF SST-2 Rain-1 SST-1 Rain-2

Variance (%) 16 21 29 17

Season inferred JJA(0) JJA(0) JJA(1) JJA(1)

r-Niño NDJ(0) 0.71 0.76 0.69 0.75

r-Niño JJA 0.66 0.72 0.33 0.05
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Specifically, the downwelling ocean Rossby wave an-

chors the warming, not only over the SWIO thermocline

dome but also over the NIO by inducing northeasterly

wind anomalies, which relax the southwest monsoon

during early summer and reduce latent heat flux from

the ocean.
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APPENDIX

JJA(0) and JJA(1) Comparison

A typical El Niño event affects the Indo–western

Pacific climate during summers of both its developing

and decay years. Figure A1 compares ENSO-induced

anomalies between JJA(0) and JJA(1) based on a re-

gression analysis referenced to the NDJ(0) ENSO in-

dex. During JJA(0), El Niño warming already takes

shape over the equatorial Pacific, increasing rainfall and

inducing westerly wind anomalies there to sustain the

Bjerknes feedback. South of the equator from the

Maritime Continent to the eastern Indian Ocean, SST

decreases, suppressing atmospheric convection there.

Over the eastern Indian Ocean, the SST cooling is

coupled with the southeasterly wind anomalies, and the

couplet often develops into an Indian Ocean dipole

(IOD) mode, growing on the Bjerknes feedback (Saji

et al. 1999; Webster et al. 1999; Schott et al. 2008). In the

subtropical NW Pacific (158–208N), a surface cyclonic

anomaly develops as part of the baroclinic Rossby wave

forced by the Pacific warming.

While the centers of action for SST, precipitation, and

surface winds are in the tropical Pacific during JJA(0),

they shift to the Indo–western Pacific during JJA(1),

anchored by the TIO warming (Figs. 4 and A1c,d). De-

creased precipitation and the anticyclonic circulation

over the subtropical NW Pacific are the most pronounced

anomalies of the atmosphere during JJA(1). From the

NIO to the NW Pacific, anomalies of precipitation and

surface winds tend to have opposite signs during JJA(0)

and JJA(1). This biennial tendency of the Indo–western

Pacific response to ENSO, previously noted (e.g., Wang

et al. 2003; Alexander et al. 2004), is due to the difference

in forcing mechanism: the JJA(0) anomalies are largely

forced directly by eastern Pacific SST while the JJA(1)

anomalies are largely forced by TIO SST.

We have performed EOF analyses separately for

precipitation and SST over the Indo–western Pacific

Oceans (208S–408N, 408E–1808) for the JJA season. The

dominant modes are similar to the regression patterns in

Fig. A1 (Table A1). Specifically, the second SST and

first precipitation modes resemble the JJA(0) regres-

sions, explaining 16% and 21% of the total variance,

respectively. Their principal components (PCs) corre-

late highly with the NDJ(0) ENSO index. The first SST

and second precipitation EOF modes resemble the

JJA(1) regressions, explaining 29% and 17% of the

total variance, respectively. Their PCs correlate highly

with the ENSO index 6 months before [NDJ(0)], but not

simultaneously [JJA(1)], which is indicative of the TIO

capacitor effect.
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Interdecadal modulation of El Niño amplitude
during the past millennium
Jinbao Li1,2*, Shang-Ping Xie1,3,4, Edward R. Cook2, Gang Huang5, Rosanne D’Arrigo2, Fei Liu1,
Jian Ma3 and Xiao-Tong Zheng4

The El Niño/Southern Oscillation (ENSO) is the dominant mode
of interannual climate variability on Earth, alternating between
anomalously warm (El Niño) and cold (La Niña) conditions in
the tropical Pacific at intervals of 2–8 years1,2. The amplitude
of ENSO variability affects the occurrence and predictability of
climate extremes around the world3,4, but our ability to detect
and predict changes in ENSO amplitude is limited by the fact
that the instrumental record is too short to characterize its
natural variability5–8. Here we use the North American Drought
Atlas9,10—a database of drought reconstructions based on
tree-ring records—to produce a continuous, annually resolved
record of ENSO variability over the past 1,100 years. Our record
is in broad agreement with independent, ENSO-sensitive proxy
records in the Pacific and surrounding regions. Together, these
records indicate that ENSO amplitude exhibits a quasi-regular
cycle of 50–90 years that is closely coupled to the tropical
Pacific mean state. Anomalously warm conditions in the
eastern Pacific are associated with enhanced ENSO variability,
consistent with model simulations11. The quasi-periodic ENSO
amplitude modulation reported here offers a key observational
constraint for improving models and their prediction of ENSO
behaviour linked to global warming.

Despite great efforts to understand the El Niño/Southern
Oscillation (ENSO) phenomenon, there is still much uncertainty
in changes in ENSO amplitude. Instrumental records indicate
marked variations in ENSO amplitude, large around the 1890s–
1900s and 1970s–1990s, but small between these periods and
before 1890 (Supplementary Fig. S1). Existing proxy records suggest
significant variability in ENSO amplitude in the past2,12,13, but they
cover only the past few centuries or noncontinuous periods of
the past millennium. Current general circulation models (GCMs)
give different projections of future ENSO-related change, with
some showing an increase and others no change or even a
decrease in ENSO amplitude6,7. Therefore, it is crucial to develop
long, continuous, high-resolution proxy records to determine
the characteristics of natural ENSO variability, and to provide
observational constraints for improving themodels7,8.

Proxy records from the equatorial Pacific are valuable for
studying past ENSO behaviour12–14, yet very few such records exist.
This situation has impeded the study of long-term ENSO amplitude
modulation. By contrast, thousands of tree-ring records without
these deficiencies are available for North America, a region where
hydroclimate is sensitive to tropical Pacific climate anomalies on
various timescales15,16. Such tree-ring records have been used to
develop the gridded North America Drought Atlas9,10 (NADA) (see

1International Pacific Research Center, University of Hawaii at Manoa, Honolulu, Hawaii 96815, USA, 2Lamont-Doherty Earth Observatory, Columbia
University, Palisades, New York 10964, USA, 3Department of Meteorology, University of Hawaii at Manoa, Honolulu, Hawaii 96815, USA, 4Physical
Oceanography Laboratory and Ocean–Atmosphere Interaction and Climate Laboratory, Ocean University of China, Qingdao 266100, China, 5Institute of
Atmospheric Physics, Chinese Academy of Sciences, Beijing 100029, China. *e-mail: jinbao@hawaii.edu.

Methods and Supplementary Information). Here we demonstrate
the fidelity of NADA in recording long-term ENSO variability,
particularly variations in ENSO amplitude on interdecadal to
centennial timescales.

The leading empirical orthogonal function (EOF) of NADA,
which accounts for 23.5% of the total variance, shows a distinct
moisture pattern heavily loaded over southwest North America
(Methods and Fig. 1a), a region strongly affected by ENSO
variability15,16. The explained variance of the first EOF for the
southwest North America domain rises to 49.5% (Supplementary
Fig. S3), and its principal component (PC) has a correlation of
0.99 with that for the whole of North America over the past
1,100 years. This confirms that NADA PC1 dominates variability
in southwest North America.

The fidelity of NADA PC1 in representing ENSO variability is
demonstrated in five ways: (1)NADAPC1 is significantly correlated
with equatorial Pacific sea surface temperatures17 (SSTs) during
the instrumental period (Fig. 1c). For example, its correlation
with the January–March (JFM) ENSO Niño3 index for 1870–
2002 is 0.51 (P < 0.001) (Supplementary Fig. S4). (2) NADA
PC1 is significantly correlated with a modern coral record from
Palmyra Island in the central tropical Pacific13, at r = −0.58
for the common period 1891–1994 (P < 0.001) (Supplementary
Fig. S5). After adjusting relict coral U/Th dates within the analytical
error windows13, we found possible correlations between North
American drought and tropical corals that persisted throughout
the past millennium (Methods and Fig. 1d). Considering the
independent nature of these proxy records, this agreement is
remarkable, strongly indicative of a coherent relationship between
ENSO and North American drought over the past millennium. (3)
NADA PC1 is highly correlated with, but is significantly longer
than, the existing ENSO reconstructions (Supplementary Table S1).
Most of these reconstructions are largely, although not entirely,
independent, as they only share a few common tree-ring data from
southwest North America. This suggests that NADAPC1 represents
reasonable estimates of ENSO variability over the past millennium.
(4) Separate composite analysis of NADA for periods of large
and small PC variability over the past millennium shows nearly
identical patterns (Supplementary Fig. S6). This pattern stability
suggests that the westerly waveguide is stable in tropical forced
stationary waves, and that NADAPC1 represents themodulation of
ENSO itself. (5) Separate EOF analysis shows that the first EOF of
NADA is heavily loaded over southwest North America both before
and after the 1976/1977 climate regime shift18,19, and the PC is
highly correlated with tropical eastern Pacific SSTs for both periods
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Figure 1 | The leading EOF pattern of NADA, its PC series and correlation of the PC series with tropical records. a, Spatial pattern of the leading EOF over
North America, and b, its PC time series. The percentage variance accounted for by the leading EOF is labelled in a. c, Spatial correlation of NADA PC1 with
global JFM SSTs (ref. 17) during 1870–2002. The SSTs were processed using a 9-yr Lanczos high-pass filter30 to isolate interannual variability. The box
denotes the Niño3 region, and the dots indicate the site locations mentioned in the text (I: Palmyra corals13, II: Galápagos coral12, III: Chile tree rings23, IV:
Vietnam tree rings24, V: Mexico sediment26, VI: Washington sediment27). d, Comparison of NADA PC1 (blue) with the dating-error corrected Palmyra
relict coral δ18O series13 (red) over 1637–1705.

(Supplementary Fig. S7). Although there exist some differences in
the EOF pattern and correlation with tropical SSTs between the two
periods, these results indicate that moisture variability in southwest
North America has been sensitive to ENSO variability both before
and after the 1976/1977 climate regime shift. The relationship
to ENSO is further confirmed by the SST correlation pattern
for 1870–2002 (Fig. 1c). Therefore, teleconnections of canonical
eastern Pacific ENSO (hereafter simply ENSO) are probably stable
over southwest North America. On the basis of these validations,
we consider that NADA PC1 represents a continuous record of
interannual ENSO variability during the pastmillennium.

As inferred from NADA PC1, ENSO amplitude has been highly
variable during the past millennium, with many El Niño/La Niña
events of larger amplitude than observed in the instrumental
period (Fig. 1b). Here we calculated a 21-yr running biweight
variance20 to measure changes in ENSO amplitude. This technique
highlights the interdecadal amplitude modulation of a time series
while reducing bias that might be introduced by extreme outliers
in a 21-yr window. As shown in Fig. 2a, superimposed on a
general rising trend are large fluctuations in ENSO variance
on interdecadal to centennial timescales. ENSO variance was
reduced in the Medieval Climate Anomaly (MCA) period, with the
eleventh-century variance being the lowest of the past millennium.
Following this, the variance showed an increasing trend in the
Little Ice Age (LIA), and maintained a high level from the
eighteenth century to the Current Warm Period (CWP). On

average, the eighteenth-century ENSO variance was the strongest
of the past millennium.

A multi-taper method21 (MTM) spectral analysis reveals two
significant quasi-regular periodicities at 50–60-yr and 82–90-yr
bands, respectively (Fig. 3a), confirming the visual impression of
interdecadal modulation of ENSO amplitude. A time-space wavelet
transform22 exhibits a marked shift in the dominant periodicity,
concomitant with the transition from the MCA into the LIA, from
a 82–90-yr cycle during ad 900–1300 to a 50–60-yr cycle thereafter
(Fig. 3b). Meanwhile, a 30-yr cycle is present during ad 1500–1800
and in the MTM analysis. The shifts in ENSO periodicity, together
with a general increase in variance (Fig. 2a), may reflect major
reorganizations within the tropical ocean–atmosphere system, or
alternatively significant ENSO teleconnection changes from the
MCA to LIA.

We found evidence for such interdecadal fluctuations in ENSO
variance elsewhere, especially in the equatorial Pacific and regions
under strong ENSO teleconnections. Variancemodulation inNorth
American tree rings is consistent with that observed in the Niño3
SST, and the two variance series are correlated at 0.64 (P < 0.001)
during their common period 1880–1992 (Fig. 2a). A coral annual
average oxygen isotopic (δ18O) record from the Galápagos Islands
in the eastern equatorial Pacific12 exhibits quasi-periodic variance
modulation similar to that in North American tree rings during the
past four centuries (Fig. 2b). The coral δ18O records from Palmyra
Island in the central tropical Pacific13, although not continuous,
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Islands in the eastern equatorial Pacific12 (green) and Palmyra Island in the
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show broadly consistent changes in variance during the past nine
centuries (Fig. 2b). Tree-ring records from an ENSO-sensitive
site in El Asiento, Chile, in the Southern Hemisphere23, exhibit
similar interdecadal fluctuations in variance over most of the past
six centuries, except during the late nineteenth century, when
there is an out-of-phase relationship (Fig. 2c). Recent tree-ring
records from the highlands of Bidoup Nui Ba National Park in
southern Vietnam24, a tropical region strongly influenced by ENSO
teleconnections, also show in-phase fluctuations in variance with
North American tree-rings during the thirteenth to seventeenth and
most of the twentieth centuries, although this relationship was out-
of-phase during the eighteenth to nineteenth centuries (Fig. 2d).
We note two caveats of the above proxy comparisons. First, unlike
the NADA, which is based on nearly two-thousand tree-ring
chronologies across North America, other proxy data often consist
of only a single series for a given site, and are prone to chaotic
noise and regional variability. Second, the long-term stability of
ENSO influence in other teleconnection regions needs further
investigation, unlike North America where we have validated
a persistent relationship to ENSO during the past millennium.
Overall these records from the tropics and mid-latitudes in both
the Northern and Southern Hemispheres are mutually consistent.
Together they show quasi-periodic amplitude modulation, and
suggest that suchmodulation is fundamental to ENSOphysics.

How ENSO amplitude modulation is related to changes in the
tropical Pacific mean state is a key question for ENSO physics6,11,25.
Here we examine this relationship during the past millennium by
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comparing the NADA-derived ENSO variance series with three
proxy records for the tropical Pacific mean state. The first is a
diatom record from El Junco Lake, Galápagos, an indicator of
SSTs in the eastern equatorial Pacific14 (Fig. 4a). The second is
a carbonate ion (CO3

2−) record from Aguada X’caamal Lake in
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northwest Yucatan, Mexico (Fig. 4b) that indicates SST changes in
the surrounding ocean26. The third is a greyscale record from a
sediment core from Castor Lake in the Pacific Northwest, whose
low-frequency variations are interpreted as changes in the tropical
and extratropical Pacific mean state27 (Fig. 4c).

Despite discrepancies that may reflect either data uncertainties
or changes in SST spatial structure, these three records indicate that
the eastern tropical Pacific was in a cooler state at the peak of the
MCA (∼ad 1000–1200), and that there was a persistent positive
temperature trend in the LIA and CWP (Fig. 4). ENSO variance was
thus greatly reduced duringmost of theMCA, increased persistently
in the LIA, and maintained a high level in the CWP. Moreover,
interdecadal fluctuations in ENSO variance seem closely related to
anomalies in the Pacific mean state during the past millennium.
The Castor Lake data, in particular, suggest that a warm (cool)
eastern tropical Pacific is associated with increased (reduced)
ENSO variance over most of the 1,000-year record (Fig. 4c).
These observations suggest that ENSO variability during the past
millennium is closely coupled to changes in the background mean
state, a finding that is supported by recentmodel simulations6,11.

The quasi-regular nature of ENSO amplitude modulation, and
the co-variations with the equatorial Pacific mean state, support
the emerging idea that there is a positive feedback between the
mean state and ENSO variance11. An increase in ENSO amplitude
causes the eastern equatorial Pacific to warm, a mean-state change
that amplifies ENSO variability. If fully tested in observations
and process-oriented model studies, this idea can be exploited for
decadal prediction of ENSO amplitude.

In summary, using data on North American tree rings, we have
produced a continuous, annually resolved record of ENSO vari-
ability for the past millennium. This record is in broad agreement
with independent proxy records in and surrounding the Pacific over
most of their common periods, revealing a marked quasi-regular
interdecadal modulation of ENSO amplitude throughout the past
millennium. The amplitude modulation is closely associated with
changes in the tropical Pacific mean state, suggesting an interactive
relationship. This observation alone implies that the continued
increase in eastern-central tropical Pacific SSTs in a future warmer
climate5,7 will lead to enhanced ENSO variability andmore extreme
climate conditions around the globe. The diverse response of a
host of ocean–atmospheric feedbacks complicates such a prediction
of ENSO amplitude change5,7. Regardless, the quasi-periodic
modulation of ENSO amplitude provides a crucial observational
constraint that can be used to guide model improvement towards
reduced uncertainties in predicting future ENSObehaviour. Finally,
the further study of the mechanisms responsible for such ENSO
amplitudemodulation (for example, stochastic atmospheric noise28
and external forcing29) will help shed light on ENSOdynamics.

Methods
The updated North America Drought Atlas (NADA). The NADA (ref. 9) consists
of annually resolved summer (June–August) Palmer Drought Severity Index
(PDSI) reconstructions derived from tree rings, available on a 2.5◦×2.5◦ grid
over most of North America (Supplementary Information). Compared with the
initial release of the NADA, the updated version (NADAv2a) used more tree-ring
chronologies (1845 in total) to improve the PDSI reconstructions, but the grid
spacing, series length, and statistical methods remain unchanged10. Here we
analyse the updated NADA for ad 900–2006, a period when reconstructed values
are available at more than 60% of all grid points (Supplementary Fig. S2). Time
series at each grid point were processed using a 9-yr Lanczos high-pass filter30 to
preserve variability in the classical ENSO band of 2–8 years1,2. Empirical orthogonal
function (EOF) analysis was used to objectively define the dominant mode of
summer drought over NA, and the associated principal component (PC) series was
used to indicate its variability over time.

Relict coral dating error corrections. By splicing together relict coral oxygen
isotopic (δ18O) records from Palmyra Island in the central tropical Pacific,
Cobb et al.13 provided 30-150-yr windows of tropical Pacific climate variability over
the past 1,100 years. Their modern coral samples were exactly dated, whereas relict

corals were dated using the U/Th method, which contains a general dating error
of ± 5–10-yr. Therefore, if there were a coherent relationship between ENSO and
North American drought over the past millennium, then, by adjusting the relict
coral sequences within the range of their U/Th-dating errors, a firmmatch could be
achieved between the coral δ18O sequences andNADA PC1.

We first examined the modern coral record. As NADA PC1 represents
seasonally averaged moisture variability that has its highest correlation with winter
(January–March) tropical Pacific SSTs, we herein used the January–March mean
coral δ18O records to make them directly comparable. All series were processed
using a 9-yr Lanczos high-pass filter30 to highlight interannual variability. The
highest correlation of the modern coral δ18O record with NADA PC1 over their
common period 1891–1994 is −0.58, which is close to its correlation with the
Niño3 index (−0.61) in the same period. The highest correlation was achieved
at lag zero, confirming that there is no dating error for modern coral. This
good match between modern coral and NADA PC1 corroborates the dating
error correction method.

The seventeenth-century sequence was spliced from three relict coral δ18O
records (SB3, SB13, and SB8), and was correlated at−0.06 with NADA PC1 before
dating errors were corrected. Dating error for each of the three individual series
was corrected by adjusting years within the range of U/Th-dating errors. A firm
match with NADA PC1 was achieved for each series after dating adjustments,
with correlations improved from 0.17 to −0.41 for SB3, −0.20 to −0.62 for SB13,
and −0.27 to −0.51 for SB8. After correcting the dating errors and re-splicing
the three sequences together, a good match between relict corals and NADA
PC1 was achieved, with a correlation of −0.47 over their common period
1637–1705 (Supplementary Fig. S4). Similarly, dating errors were corrected for
the fourteenth–fifteenth-century sequence, and its correlation with NADA PC1
improved from−0.14 to−0.35 over the common period 1339–1443.

The tenth- and twelfth-century sequences are both single relict coral δ18O
records. The best match between the tenth-century sequence and NADA PC1 was
achieved after adjusting the start year of the relict coral sequence from ad 933 to
ad 931, and their correlation over the common period 931–954 improved from 0.08
to −0.43. The correlation of the twelfth-century sequence with NADA PC1 over
their common period 1154–1215 is−0.19, and there is no significant improvement
when its dating was adjusted within the range of its U/Th-dating error. Therefore,
we did not make a dating error correction for this sequence.

Received 21 December 2010; accepted 25 March 2011;
published online 6 May 2011

References
1. Deser, C., Alexander, M. A., Xie, S-P. & Phillips, A. S. Sea surface temperature

variability: Patterns and mechanisms. Annu. Rev. Mar. Sci. 2, 115–143 (2010).
2. D’Arrigo, R., Cook, E. R., Wilson, R. J., Allan, R. & Mann, M. E. On the

variability of ENSO over the past six centuries. Geophys. Res. Lett. 32,
L03711 (2005).

3. McPhaden, M. J., Zebiak, S. E. & Glantz, M. H. ENSO as an integrating concept
in Earth science. Science 314, 1740–1745 (2006).

4. Tang, Y., Deng, Z., Zhou, X., Cheng, Y. & Chen, D. Interdecadal variation of
ENSO predictability in multiple models. J. Clim. 21, 4811–4833 (2008).

5. Collins, M. et al. The impact of global warming on the tropical Pacific Ocean
and El Niño. Nature Geosci. 3, 391–397 (2010).

6. Yeh, S. W. & Kirtman, B. P. ENSO amplitude changes due to climate change
projections in different coupled models. J. Clim. 20, 203–217 (2007).

7. Guilyardi, E. et al. Understanding El Niño in ocean–atmosphere general
circulation Models: Progress and challenges. Bull. Am. Meteorol. Soc. 90,
325–340 (2009).

8. Wittenberg, A. T. Are historical records sufficient to constrain ENSO
simulations? Geophys. Res. Lett. 36, L12702 (2009).

9. Cook, E. R., Woodhouse, C., Eakin, C. M., Meko, D. M. &
Stahle, D. W. Long-term aridity changes in the western United States. Science
306, 1015–1018 (2004).

10. Cook, E. R. et al. North American Summer PDSI Reconstructions, Version 2a.
IGBP PAGES/World Data Center for Paleoclimatology Data Contribution
Series # 2008-046 (NOAA, NGDC Paleoclimatology Program, 2008).

11. Choi, J., An, S-I., DeWitte, B. & Hsieh, W.W. Interactive feedback between the
tropical Pacific Decadal Oscillation and ENSO in a coupled general circulation
model. J. Clim. 22, 6597–6611 (2009).

12. Dunbar, R. B., Wellington, G. M., Colgan, M. W. & Glymn, P. W. Eastern
Pacific sea surface temperature since 1600 ad: The δ18O record of climate
variability in Galápagos coral. Paleoceanography 9, 291–315 (1994).

13. Cobb, K. M., Charles, C. D., Cheng, H. & Edwards, R. L. El Niño/Southern
Oscillation and tropical Pacific climate during the last millennium.Nature 424,
271–276 (2003).

14. Conroy, J. L. et al. Unprecedented recent warming of surface temperatures in
the eastern tropical Pacific Ocean. Nature Geosci. 2, 46–50 (2009).

15. Seager, R., Kushnir, Y., Herweijer, C., Naik, N. & Velez, J. Modelling of tropical
forcing of persistent droughts and pluvials over western North America:
1856–2000. J. Clim. 18, 4068–4091 (2005).

NATURE CLIMATE CHANGE | VOL 1 | MAY 2011 | www.nature.com/natureclimatechange 117

http://www.nature.com/doifinder/10.1038/nclimate1086
http://www.nature.com/natureclimatechange


LETTERS NATURE CLIMATE CHANGE DOI: 10.1038/NCLIMATE1086

16. Cook, E. R., Seager, R., Cane, M. A. & Stahle, D. W. North American droughts:
Reconstructions, causes and consequences. Earth Sci. Rev. 81, 93–134 (2007).

17. Smith, T. M., Reynolds, R. W., Peterson, T. C. & Lawrimore, J. Improvements
to NOAA’s historical merged land–ocean surface temperature analysis
(1880–2006). J. Clim. 21, 2283–2296 (2008).

18. Mantua, N. J., Hare, S. R., Zhang, Y., Wallace, J. M. & Francis, R. C. A
Pacific interdecadal climate oscillation with impacts on salmon production.
Bull. Am. Meteorol. Soc. 78, 1069–1079 (1997).

19. Zhang, Y., Wallace, J. & Battisti, D. ENSO-like decade-to-century scale
variability: 1900–93. J. Clim. 10, 1004–1020 (1997).

20. Lanzante, J. R. Resistant, robust & non-parametric techniques for the analysis
of climate data: Theory and examples, including applications to historical
radiosonde station data. Int. J. Climatol. 16, 1197–1226 (1996).

21. Mann, M. E. & Lees, J. Robust estimation of background noise and signal
detection in climatic time series. Clim. Change 33, 409–445 (1996).

22. Torrence, C. & Compo, G. P. A practical guide to wavelet analysis. Bull. Am.
Meteorol. Soc. 79, 61–78 (1998).

23. LaMarche, V. C. Jr., Holmes, R. L., Dunwiddie, P. W. & Drew, L. G.
Tree-ring chronologies of the southern hemisphere: Chile. Lab. Tree-Ring Res.
Chronol. Ser. 2, 1–43 (1979).

24. Buckley, B. M. et al. Climate as a contributing factor in the demise of Angkor,
Cambodia. Proc. Natl Acad. Sci. USA 107, 6748–6752 (2010).

25. Fedorov, A. V. & Philander, S. G. A stability analysis of the tropical
ocean–atmosphere interactions: Bridging measurements and theory for El
Niño. J. Clim. 14, 3086–3101 (2001).

26. Hodell, D. A. et al. Climate change on the Yucatan Peninsula during the Little
Ice Age. Quat. Res. 63, 109–121 (2005).

27. Nelson, D. B. et al. Drought variability in the Pacific Northwest
from a 6,000-yr lake sediment record. Proc. Natl Acad. Sci. USA
doi:10.1073/pnas.1009194108 (2011).

28. Burgman, R. J., Schopf, P. & Kirtman, B. P. Decadal modulation of ENSO in a
hybrid coupled model. J. Clim. 21, 5482–5500 (2008).

29. Mann, M. E., Cane, M. A., Zebiak, S. E. & Clement, A. Volcanic and
solar forcing of the tropical Pacific over the past 1,000 years. J. Clim. 18,
447–456 (2005).

30. Duchon, C. E. Lanczos filtering in one and two dimensions. J. Appl. Meteorol.
18, 1016–1022 (1979).

Acknowledgements
We gratefully acknowledge the researchers who have contributed their tree-ring data for
NADA development. This research was funded by the National Science Foundation, the
National Oceanic and Atmospheric Administration, the Japan Agency for Marine-Earth
Science and Technology, the National Basic Research Program of China (2011CB309704),
and the National Science Foundation of China (No.40890155). This is a International
Pacific Research Center/School of Ocean and Earth Science and Technology Contribution
(774/8128) and a Lamont–Doherty EarthObservatory Contribution (7462).

Author contributions
J.L., S-P.X. and E.R.C. contributed to data analysis. J.L., S-P.X., E.R.C., G.H., and R.D.
contributed to writing the paper. All authors discussed the results and commented
on the manuscript.

Additional information
The authors declare no competing financial interests. Supplementary information
accompanies this paper on www.nature.com/natureclimatechange. Reprints
and permissions information is available online at http://npg.nature.com/
reprintsandpermissions. Correspondence and requests for materials should
be addressed to J.L.

118 NATURE CLIMATE CHANGE | VOL 1 | MAY 2011 | www.nature.com/natureclimatechange

http://www.nature.com/doifinder/10.1038/nclimate1086
http://dx.doi.org/10.1073/pnas.1009194108
http://www.nature.com/natureclimatechange
http://npg.nature.com/reprintsandpermissions
http://npg.nature.com/reprintsandpermissions
http://www.nature.com/natureclimatechange


LETTERS
PUBLISHED ONLINE: 14 APRIL 2013 | DOI: 10.1038/NGEO1792

Patterns of the seasonal response of tropical
rainfall to global warming
Ping Huang1*, Shang-Ping Xie2,3,4*, Kaiming Hu1, Gang Huang5 and Ronghui Huang1

Tropical convection is an important factor in regional climate
variability and change around the globe1,2. The response
of regional precipitation to global warming is spatially
variable, and state-of-the-art model projections suffer large
uncertainties in the geographic distribution of precipitation
changes3–5. Two views exist regarding tropical rainfall change:
one predicts increased rainfall in presently rainy regions
(wet-get-wetter)6–8, and the other suggests increased rainfall
where the rise in sea surface temperature exceeds the mean
surface warming in the tropics (warmer-get-wetter)9–12. Here
we analyse simulations with 18 models from the Coupled Model
Intercomparison Project (CMIP5), and present a unifying view
for seasonal rainfall change. We find that the pattern of ocean
warming induces ascending atmospheric flow at the Equator
and subsidence on the flanks, anchoring a band of annual mean
rainfall increase near the Equator that reflects the warmer-
get-wetter view. However, this climatological ascending motion
marches back and forth across the Equator with the Sun,
pumping moisture upwards from the boundary layer and
causing seasonal rainfall anomalies to follow a wet-get-wetter
pattern. The seasonal mean rainfall, which is the sum of
the annual mean and seasonal anomalies, thus combines
the wet-get-wetter and warmer-get-wetter trends. Given that
precipitation climatology is well observed whereas the pattern
of ocean surface warming is poorly constrained13,14, our results
suggest that projections of tropical seasonal mean rainfall are
more reliable than the annual mean.

The increase in atmospheric water vapour is a robust change
under global warming as relative humidity remains relatively
unchanged. The resultant intensification of the vertical moisture
gradient, advected by the mean vertical motion, causes rainfall
to increase where net water flux at the surface (P–E) is positive,
and vice versa (wet-get-wetter)7. The enhanced lateral advection
calls for reduced precipitation on the margins of a climatological
rain band (upped-ante)6,8. The wet-get-wetter and upped-ante
mechanisms do not emphasize the spatial variations in sea surface
temperature (SST) warming. In Coupled Model Intercomparison
Project (CMIP) models, the spatial distribution of tropical rainfall
response is highly correlated with the overlooked SST pattern5. As
tropospheric temperature is flattened by fast equatorial waves and
set by the tropical mean SST (refs 10,15), local change in convective
instability and hence rainfall is determined by relative SST defined
as the deviation from the tropical mean (warmer-get-wetter,
WaGW)9,15. We show that both the WaGW and wet-get-wetter
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Regional Climate-Environment Research for Temperate East Asia, Institute of Atmospheric Physics, Chinese Academy of Sciences, Beijing 100190, China.
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(WeGW) mechanisms are important for tropical rainfall change,
dominating the annual mean and seasonal anomalies, respectively.
The result has implications for constraining rainfall projection.

The historical simulation and the representative concentration
pathway 4.5 (RCP 4.5) experiment from 18 CMIP5 models (see
Methods) are used to represent the present and future climates,
respectively16. Figure 1 shows multi-model ensemble (MME) and
zonal mean change in precipitation (P) and SST. The WeGW
effect is obvious as 1P moves back and forth across the Equator
following the seasonal cycle of P̄ (refs 17,18). (The overbar and
1 denote the present climatology and change in future climate,
respectively.) The ocean warming (1SST) peaks on the Equator
and shows a weak seasonal cycle9,19. (Seasonal variations of 1SST
are only 6% of the annual-mean, spatial variations.) On close
inspection, the deviations from the WeGW pattern are apparent:
precipitation increase (1P) exhibits smaller meridional excursions
than P̄ , with the maximum displaced on the equatorward flank of
the climatological rain band. The peak rainfall is larger in March
than September for 1P but the opposite is true for P̄ . We will
show that these deviations from WeGW are 1SST effects. (The
upped-ante mechanism calls for rainfall reduction on both margins
of the mean convergence zone, and does not explain the consistent
equatorward displacement of1P relative to P̄ .)

To isolate the1SST effect, we also analyse a pair of additional at-
mospheric experiments in CMIP5, forced respectively by a spatially
uniform SST increase (SUSI) of 4 K and by the spatially patterned
SST increase (SPSI) derived from MME CMIP3 quadruple CO2
(1%to4×) simulations16,20,21. The observed SST climatology is used
for both runs. The SST warming pattern used in the SPSI run is
very similar to1SST in RCP 4.5, both with an equatorial peak and
a weak seasonal cycle (Supplementary Fig. S1). The SPSI results are
scaled by its tropical mean SST increase, so the SPSI minus SUSI
difference represents the SST pattern effect under the assumption
that the nonlinear dependency on1SST amplitude is small.

A band of increased precipitation in SUSI marches across the
Equator following P̄ , and the peak of 1P coincides with that of
P̄ (Fig. 2a). This validates the WeGW mechanism. Precipitation
change in SPSI is similar to that in RCP 4.5 runs (Figs 2b and 1a)
but deviates markedly from SUSI runs. Compared with SUSI, the
anomalous rain band in SPSI features small meridional swings and
rainfall increase is enhanced near the Equator. The SPSI minus
SUSI difference shows only a weak seasonal cycle and is tightly
trapped on the Equator, consistent with the 1SST structure. The
1SST effect is stronger in the first than in the second half of
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Figure 1 | Seasonal cycle of precipitation and SST change. a–c, Precipitation change (a), the precipitation climatology (b) and SST change (c) in RCP 4.5,
all in zonal and MME mean. In a, the red curve marks the latitude of the maximum in mean precipitation.

the year because the seasonal development of equatorial upwelling
suppresses the SST warming9.

Vertical velocity change (1ω), overlooked in the WeGW
hypothesis, proves important for rainfall change. In SUSI, 1ω
broadly represents a weakening of tropical circulation (Fig. 2d) as
required by a muted response of global precipitation8,14. In SPSI,
1ω is greatly enhanced near the Equator owing largely to the SST
effect (Fig. 2e). The SST-induced change in 1ω closely resembles
that in1P (Fig. 2f,c). The1SST peak anchors the anomalous rising
motion near the Equator and compensating subsidence on the
flanks. Even the weak seasonal cycle is mutually consistent among
1SST, 1ω and 1P , modulated to some degree by convective
feedback22. The time–latitude evolution of 1ω is similar between
SPSI and RCP 4.5 runs (Figs 2e and 3a). The 1SST effect on 1ω
can alternatively be understood from amoist instability argument9.
1SST and surface1q dominate the regional distribution of convec-
tive instability change because of the flattened upper tropospheric
temperature change9,10. Specifically on the Equator where 1SST
peaks, the enhanced convective instability anchors a maximum in
precipitation increase and anomalous upwardmotion.

The water vapour budget can decompose tropical rain-
fall change into

1P ∼1ω ·q̄+ ω̄ ·1q (1)

where q denotes surface specific humidity,ω is the pressure velocity
at 500 hPa, and lateral advection has been neglected, a good
approximation for the tropics7. Figure 3 shows the decomposition
results for RCP 4.5 runs. Equation (1) reproduces1P well from full
models (Figs 1a and 3d). (The calculation using the full vertical-
integrated budget yields nearly identical results.) As both q̄ and
1q have broad structures that peak in the climatological rain band
(Supplementary Fig. S2), both terms in equation (1) are dominated
by vertical velocity in meridional structure (Fig. 3), although the
poleward moisture decrease reduces the effect of vertical motion
on precipitation away from the deep tropics. The thermodynamic
component ω̄ ·1q represents the WeGW effect, with the upward
motion in the climatological rain band pumping up the moisture
increase near the surface. The dynamic component 1ω · q̄ causes
rainfall to increase (decrease) near (off) the Equator, consistent with
the vertical circulation change induced by the equatorial peak in SST
warming. We have repeated the decomposition for SUSI and SPSI

runs (Supplementary Fig. S3). The results confirm that the dynamic
component is due to the SST effect following the WaGW pattern.
Remarkably, the thermodynamic component is nearly identical
between SUSI and SPSI runs, illustrating that the seasonal cycle in
precipitation change is dominated by theWeGWmechanism.

Monthly mean 1P is significantly correlated with both P̄
and 1SST at 0.67 and 0.60, respectively (Fig. 4), indicating that
the WeGW and WaGW mechanisms are both important. The
correlation is taken for the seasonal cycle within 10◦ S–10◦N, a
latitudinal band that pronounced precipitation change is confined
to (Fig. 1a). To illustrate the combined WeGW–WaGW effect, we
construct a multi-variant regression

1P = aP̄+b(1SST− c) (2)

for latitude–seasonal variations of zonal and MME means within
10◦ S and 10◦N for 12months.With a=0.11, b=2.23 and c=1.76,
the regression correlates with 1P from CMIP5 models at 0.89,
significantly higher than the correlation with either P̄ or 1SST for
the MME analysis. A similar multi-variant regression analysis is
performed for each model. The coefficient a≈ β ·〈1SST〉, where
the angle brackets denote the tropical mean and β = 0.07K−1 is
the Clausius–Clapeyron coefficient, represents the thermodynamic
effect on 1P , whereas the coefficient c ≈ 〈1SST〉 relates the
change in the SST threshold for atmospheric convection to the
tropical mean SST warming10 (Supplementary Fig. S4). We use a
non-dimensional ratio α= (b ·σ (1SST− c)/a ·σ (P̄)) to measure
the relative importance of the WaGW to WeGW effect, where
σ denotes the standard deviation. For MME, α= 0.9, indicating
that the WeGW and WaGW effects contribute nearly equally
to 1P . MME average generally underestimates the SST pattern
and its effect on rainfall. Indeed the same regression analysis for
individual models yields α> 0.9 for 13 out of 18 models (Fig. 4d).
(Results are not shown for FGOALS-s2 and MIROC5, in which the
1SST pattern effect is so strong that 1P is negatively correlated
with P̄ .) The ratio α is significantly correlated with the standard
deviation of SST pattern at 0.55 among models, indicating that
the stronger the SST pattern is, the greater its relative importance
for precipitation change.

In summary, we show that the seasonal precipitation response to
global warming is a hybrid of WeGW and WaGW effects (WeWa).
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Figure 4 | Relationship of precipitation change to mean precipitation, SST change pattern and their linear combination. a–c, Scatter plots of MME
precipitation change with mean precipitation (a), SST change (b) and their linear combination (equation (2); c) in 10◦ S–10◦ N through the seasonal cycle.
The solid line indicates the linear fit, with the correlation coefficient shown at the top. d, The multi-variant regression analysis is also performed for each
model, and the ratio α is shown in relation to the spatial standard deviation of1SST.

The two effects are not mutually exclusive but complementary, and
the combined WeWa view best explains the seasonal precipitation
change in the tropics (Fig. 4c). The anomalous rain band moves
back and forth across the Equator but is consistently displaced
on the equatorward flank of the climatological rain band. The
displacement is due to the SST pattern effect. Specifically, the
peak of SST warming anchors a band of anomalous ascent and
rainfall increase near the Equator. Superimposed on this annual
mean pattern, the upwardmotion in the climatological convergence
zone sucks up the moisture increase from the boundary layer
like a vacuum cleaner, dragging the band of rainfall increase
back and forth across the Equator. We have repeated the linear
regression analysis for the annual mean, and two seasons when
the climatological rain band is farthest away from the Equator
(February–April and August–October). The ratio of the WaGW to
WeGW effect α is 1.35, 0.71 and 0.63, respectively (Supplementary
Fig. S5). Thus, the WaGW effect is more obvious in the annual
mean rainfall change whereas the WeGW effect is more dominant
for the seasonal mean.

Regional precipitation projection is important for adapta-
tion but subject to inherent uncertainty much greater than
temperature23,24. The WeGW and WaGW effects are distinct in
the nature of uncertainty regarding regional projection. If the
WeGW mechanism dominates, the well-observed climatology can
be used to constrain rainfall projection25. If the WaGWmechanism
were to dominate, on the other hand, the uncertainty would be

much greater because the SST warming pattern varies among
models5,26 and is poorly constrained by observations13,14,27. In
light of the fact that the WeGW effect contributes more to the
seasonal than the annual mean rainfall, we suggest that model
projection is more reliable for the seasonal than annual mean
rainfall in the tropics. This explains why the global monsoon
rainfall increases consistently across models28,29, a change that our
results suggest probably takes place, with great environmental and
socio-economic impacts.

Methods
CMIP5 models. We use the historical and RCP 4.5 experiments from
18 coupled general circulation models contributing to CMIP5 at
http://pcmdi9.llnl.gov/ (ref. 16). They are BCC-CSM1.1, CanESM2, CCSM4,
CNRM-CM5, CSIRO-Mk3.6.0, FGOALS-s2, GFDL-CM3, GFDL-ESM2G,
GISS-E2-R, HadGEM2-ES, INM-CM4, IPSL-CM5A-LR, IPSL-CM5A-MR,
MIROC5, MIROC-ESM, MIROC-ESM-CHEM, MRI-CGCM3 and NorESM1.
See http://cmip-pcmdi.llnl.gov/cmip5/availability.html for details. The 1981–2000
mean defines the present climatology, the 2081–2100 mean in RCP 4.5 runs
the future climatology, and their difference represents the change under global
warming. TheMME is defined as the simple average of 18models.

Output from six atmospheric models (CanAM4, CNRM-CM5, HadGEM2-A,
IPSL-CM5A-LR,MIROC5 andMRI-CGCM3) is available for a set of control, SUSI,
and SPSI runs, called amip, amip4K and amipFuture in CMIP5, respectively16,21.
In SUSI, a spatially uniform SST increase of 4 K (constant in time) is superimposed
on the observed SST whereas SPSI uses the spatially patterned SST increase derived
from the MME CMIP3 quadruple CO2 (1%to4×) simulation. The SST pattern in
SPSI is similar to that in CMIP5 RCP 4.5 runs, both with a peak on the Equator
and a weak seasonal cycle (Supplementary Fig. S1 and Fig. 1c). The climate change
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is defined as the 20-year monthly climatology for 1981–2000 in SUSI and SPSI runs
minus that in the control runs. We scaled the SPSI results so that the tropical mean
SST increase is the same as SUSI.
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Abstract

This review describes the climate change–induced responses of the tropical
atmospheric circulation and their impacts on the hydrological cycle. We
depict the theoretically predicted changes and diagnose physical mechanisms
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Sea surface
temperature (SST):
the water temperature
close to the ocean’s
surface, often
measured at 1 m depth

Hadley circulation:
a large-scale tropical
circulation, with air
rising near the equator
and descending in the
subtropics and flowing
equatorward near the
surface and poleward
near the tropopause

for observational and model-projected trends in large-scale and regional climate. The tropical
circulation slows down with moisture and stratification changes, connecting to a poleward ex-
pansion of the Hadley cells and a shift of the intertropical convergence zone. Redistributions of
regional precipitation consist of thermodynamic and dynamical components, including a strong
offset between moisture increase and circulation weakening throughout the tropics. This allows
other dynamical processes to dominate local circulation changes, such as a surface warming pattern
effect over oceans and multiple mechanisms over land. To improve reliability in climate projec-
tions, more fundamental understandings of pattern formation, circulation change, and the balance
of various processes redistributing land rainfall are suggested to be important.

1. INTRODUCTION

Global warming is likely to alter the distribution of water resources (Held et al. 2005, Seager et al.
2007, Zhang et al. 2007, Hegerl et al. 2015), and this redistribution will create socioeconomic,
environmental, and security challenges. This is particularly true in the tropics, where almost half
of the world’s population and more than 80% of terrestrial biodiversity reside, and where societies
are often extremely vulnerable to rainfall variability and change. Changes in the hydrological cycle
at regional scales are closely related to the tropospheric circulation, which is primarily generated
by the uneven distribution of diabatic heating and cooling (e.g., latent heating in convergence
zones and radiative cooling in subsidence zones), and partly affected by synoptic eddy–induced
heat and moisture transports (Pierrehumbert & Roca 1998, Schneider et al. 2010). Anthropogenic
climate change modifies the stratification and diabatic forcing, and the large-scale circulation has
to adjust accordingly to restore thermodynamic balance (e.g., Rodwell & Hoskins 1996). In this
review, we examine how these adjustments occur and their likely impacts on the hydrological cycle.

Previous research focused on the effects of the global-mean increase of sea surface temperature
(SST) as the zero-order problem, in order to define constraints for climate projections. The
most important large-scale response of the circulation is a weakening in the tropical troposphere.
Radiative and thermodynamic relations were proposed to diagnostically explain this slowdown
(Knutson & Manabe 1995, Allen & Ingram 2002, Stephens & Ellis 2008), and the mean advection
of stratification change (MASC) was more recently suggested (Ma et al. 2012) to explain how
the atmospheric warming dynamically weakens the tropical circulation. Changes in the lapse
rate have also been found to be responsible for the robust poleward expansion of the subsiding
branches of the Hadley circulation in observations (Hu & Fu 2007) and general circulation model
simulations (Frierson et al. 2007, Lu et al. 2007, Johanson & Fu 2009). However, these arguments
are insufficient to explain why the intensity change of the Hadley cells is not as robust as that of
the Walker cell (Vecchi & Soden 2007b).

On very large averaged spatial scales, regional precipitation change has been interpreted as a
wet-get-wetter, dry-get-drier pattern, with rainfall increases at the core of existing rainy regions
and decreases in current dry areas (Held & Soden 2006) and at the convective margins (Neelin
et al. 2003, Chou & Neelin 2004, Chou et al. 2009). However, the dry-get-drier argument has been
questioned (Scheff & Frierson 2012), because reduced precipitation appears along the outer flanks
of the subtropics due to the poleward expansion of the subtropical dry zones. Nor does the wet-get-
wetter interpretation hold at the smaller country-level scales relevant to climate change impacts
(Chadwick et al. 2013, Greve et al. 2014, Roderick et al. 2014), where rainfall changes are strongly
associated with circulation change. At regional scales, the dominant changes are often shifts in the
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Spatially uniform
SST increase (SUSI):
an experiment with an
atmosphere-only
model forced by the
same SST warming
everywhere (usually 2
or 4 K)

Coupled Model
Intercomparison
Project (CMIP):
a community-based
standard experimental
protocol for climate
(change) model
diagnosis, validation,
intercomparison,
documentation, and
data access

Intertropical
convergence zone
(ITCZ): an area
encircling Earth where
the northeast and
southeast trade winds
converge within
approximately ±20◦
of the equator

Moist static energy
(MSE): combination
of an air parcel’s
internal energy and
energy for expansion,
potential energy, and
latent energy

Geopotential:
magnitude of
gravitational potential
energy per unit mass,
after removing the
effects of rotation (e.g.,
centrifugal
acceleration)

positions of convective regions, with associated changes in rainfall and water availability. These
shifts are associated with a number of mechanisms that differ between land and ocean.

The wet-get-wetter, dry-get-drier hypothesis implicitly assumes a spatially uniform SST in-
crease (SUSI); however, spatial variations in surface ocean warming are of considerable magni-
tude (Xie et al. 2010), with coherent seasonal variability (Sobel & Camargo 2011). Substantial
research attention has therefore been downscaled to regional climate change (Xie et al. 2015) as
the first-order problem. A warmer-get-wetter paradigm has been recognized as essential for the
tropical ocean, casting SST patterns—i.e., deviations from the tropical-mean SST increase—as
an important parameter for the adjustment in atmospheric circulation, not only shifting regional
precipitation (Xie et al. 2010, Sobel & Camargo 2011, Su et al. 2017) and the Hadley cells but
also altering tropical cyclone activity (Vecchi & Soden 2007a, Knutson et al. 2008, Vecchi et al.
2008, Zhao & Held 2012).

The most recent comprehensive review of circulation change under warming is that by
Schneider et al. (2010); it emphasizes theoretical analyses of water vapor latent heat release and
the Hadley circulation, constrained by energetic, hydrological, and angular momentum balances,
with idealized experiments between cold and warm extremes. The current review uses theories
for atmospheric circulation to guide the diagnostic understandings of the changes that occur in
observations and complex climate models, such as those in the Coupled Model Intercomparison
Project (CMIP) phases 3 (Meehl et al. 2007) and 5 (Taylor et al. 2012).

The review covers existing and proposed theories; diagnosed mechanisms framed with spatial
scales of the changes (e.g., global and regional, ocean and land); and future research directions.
In Section 2, we summarize the theories for precipitation and the Walker and Hadley circu-
lations and address their predictions. In Section 3, we first introduce the diagnostic slowdown
of the tropical circulation and related physical mechanisms, then discuss regional precipitation
change throughout the tropics. We review the unique mechanism that dominates precipita-
tion change over oceans and influences the structure of the Hadley circulation in Section 4. In
Section 5, we summarize the complicated change of land rainfall and introduce the direct radia-
tive effect of CO2. We discuss potential future research directions in Section 6 and follow with a
summary in Section 7.

2. THEORETICAL FUNDAMENTALS AND PREDICTIONS

In the rising branches of the atmospheric circulation, air expands and cools, condensing water
vapor, and the droplets grow, causing rainfall. The highly coupled climate system organizes the
precipitation into zonally oriented bands. The tropical rain bands include the intertropical con-
vergence zone (ITCZ), with precipitation that peaks near but to the north of the equator. Dry
zones exist in the equatorial cold tongue and subtropical regions, with the exception of heavy
monsoon rainfall over South and East Asia during summer.

Precipitation releases huge amounts of latent heat, which concentrates along these narrow rain
bands in the tropics but also interacts strongly with the global atmospheric circulation. This can
be explained with moist static energy (MSE), h, which is defined as h = Lq + CpT + Φ, where q
is specific humidity, L is the latent heat of condensation per unit mass, T is temperature, Cp is the
heat capacity of air at constant pressure, and Φ is the geopotential. Circulation is directly linked
to gross moist stability, which can be interpreted as the MSE export from a tropospheric column
by the mean circulation per unit of mean upward mass flux (Back & Bretherton 2006).

Regions with larger gross moist stability require smaller vertical circulation strength to export a
given amount of MSE than do regions of smaller gross moist stability and therefore can be thought
of as being more stable in a large-scale sense. Conversely, lower gross moist stability translates to
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Walker circulation:
a thermally driven
equatorial zonal and
vertical circulation,
e.g., rising above the
western Pacific, near
the maritime Asian
continent, and sinking
over the eastern Pacific

larger upward velocities, and hence less stability, for a given export of MSE. Strong surface/low-
level wind and moisture convergence over warm waters provides sufficient instability and latent
heating to drive intense convection, so that the tropical precipitation bands are associated with
SST of at least 26.5–27◦C. The thermodynamic coupling between SST and deep convection also
plays an important role in shaping rainfall change in global warming.

2.1. Theories for Tropical Tropospheric Overturning Circulations

The tropical atmosphere is dominated by thermally driven overturning cells and monsoon cir-
culations. As the monsoons have been systematically reviewed in the literature (An et al. 2015,
Véspoli de Carvalho & Jones 2016), this section only discusses mechanisms driving and shaping
the Walker and Hadley circulations.

2.1.1. Walker circulation and Bjerknes feedback. The equatorial Pacific Ocean features strong
zonal asymmetry, characterized by the warm pool in the west and cold tongue in the east. The
equatorial Atlantic Ocean has a similar thermal distribution, though the variations are weaker.
The westward SST gradient confines deep convection mainly to the west warm pool, favoring
an eastward gradient in sea surface pressure. As the Coriolis force is weak near the equator, the
pressure gradient force drives prevailing easterly winds, generating oceanic equatorial upwelling
via horizontal divergence induced by poleward Ekman currents. The westward wind forcing also
tilts the sea surface to generate a balancing eastward pressure gradient force in the ocean, which
shoals the eastern thermocline and allows cold water to be upwelled into the mixed layer and
maintain the cold tongue. Such easterly winds at the surface, convection in the west, subsidence
in the east, and westerly counterflow in the upper atmosphere compose the Walker circulation.
This circular argument and interdependence between the ocean and atmosphere constitute the
Bjerknes feedback (Bjerknes 1969) and are essential for explaining the slowdown of the Walker
circulation in response to both El Niño and global warming (see the sidebar titled Bjerknes and
Wind-Evaporation-SST Feedback).

2.1.2. Hadley circulation and northward-displaced intertropical convergence zone. On
average, the tropics receive more solar radiation than the extratropics, and this energy imbalance
is equilibrated by the heat transport via oceanic and atmospheric motion. The Hadley circulation
is an important agent for poleward dry energy transport by the tropical atmosphere. This zonal-
mean cell is located in both hemispheres and features ascent near the equator and subsidence in the

BJERKNES AND WIND-EVAPORATION-SST FEEDBACK

The Bjerknes feedback is an ocean-atmosphere positive feedback shaping equatorial climate variability and change.
For example, in the equatorial Pacific, relaxation of the easterly trade winds causes a flattening of sea level and
thermocline, and hence a reduced upwelling-induced cooling of the eastern Pacific. This local warming effect
decreases the westward SST gradients and hence further weakens the winds.

The wind-evaporation-SST feedback is an ocean-atmosphere interaction process shifting the intertropical con-
vergence zone northward from the equator. A disturbance of SST to be warmer north of the equator causes
cross-equatorial southerly winds. The Coriolis force then deflects the winds, decelerating the trade winds north
of the equator and accelerating winds to the south. The evaporation of the northern tropics is weakened, thereby
warming the local SST, and vice versa to the south. This positive feedback amplifies the initial disturbance.
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subtropics. The poleward flow in the upper troposphere is turned by the Coriolis force, forming
strong westerly subtropical jets at the poleward edges of the Hadley cells, with the help of eddy
momentum fluxes. In contrast, the air moves equatorward at the surface, and the Coriolis force
results in easterly trade winds.

However, the rising branch of the Hadley circulation, known as the ITCZ, is not on the
equator but to the north, despite the strongest solar insolation occurring at the equator. A wind-
evaporation-SST feedback (Xie & Philander 1994) was suggested to explain this displacement (see
the sidebar titled Bjerknes and Wind-Evaporation-SST Feedback). Assuming an SST perturba-
tion, with positive anomalies to the north and negative to the south of the equator, the induced
atmospheric pressure anomalies would drive a southerly cross-equatorial wind. The Coriolis would
force wind anomalies to be easterly to the south and westerly to the north of the equator, increas-
ing and decreasing the local easterly trade wind speed, and hence intensifying and reducing the
corresponding evaporative cooling, respectively. This warms the SST to the north and vice versa,
amplifying the initial perturbation. Thus, a positive wind-evaporation-SST feedback is formed
to break the equatorial symmetry set by the annual-mean solar radiation, yet it does not favor
either hemisphere. The following processes have been demonstrated to initiate the climatic asym-
metry: asymmetric land-sea distribution, westward-propagating asymmetric Rossby waves, and
SST-stratus feedback over the broad subtropical subsidence regions.

2.1.3. Latitudinal boundary of the Hadley cell. The Hadley circulation is thought to be caused
by thermal gradients extending from the equator to the poles; however, the cells cease at around
30◦N/S. Held & Hou (1980) explained this lateral restriction with simplified dry thermodynamics,
by considering an axisymmetric flow and assuming the atmosphere is semifree of friction. First,
the angular momentum conservation is used at the tropopause with the assumption of negligible
vertical motion and friction, equivalent to a simplified zonal momentum equation. From this
simplified momentum balance, the upper-level zonal wind can be determined as a function of
latitude. The upper-level winds also define the average vertical wind shear, because the surface
zonal wind is negligible due to surface friction. Then the meridional geostrophic balance, or the
equivalent thermal wind balance, can be used to derive the meridional profile of tropospheric-mean
potential temperature as a function of latitude and tropopause height.

The latitudinal integration of the tropospheric-mean potential temperature minus its radiative
equilibrium value should be zero from the equator to the poleward boundary of the Hadley cell
because the energy of the circulating air is conserved. At the poleward boundary, the actual and
equilibrium potential temperatures should also be equal because of the below-discussed nature of
radiative transfer. When an air parcel moves from the equator to the pole, it is cooler than it would
be in radiative equilibrium. It is therefore warmed at first, and after it exceeds the equilibrium
temperature, it starts to lose heat. After it reaches the equilibrium temperature again, there is no
such energy source to heat it again, so the motion has to cease. This determines the latitudinal
boundary of the Hadley circulation, which is proportional to the square root of the tropopause
height and related to the shape of the equilibrium temperature.

Taking typical values observed from the current climate as input, the Hadley cell is constrained
to terminate at 20–30◦N/S and cannot extend all the way to the poles. The Hadley circulation
flattens the meridional temperature profile by transporting heat poleward: High potential tem-
perature is transported poleward in the upper troposphere, and cold air returns equatorward near
the surface. This cools temperature at the equator and raises temperature at the poleward ter-
minus of the circulation, compared to the radiative-convective equilibrium. Midlatitude eddies
with traveling lows and highs also transport both sensible and latent heat poleward, helping to
terminate the Hadley circulation in the subtropics.
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Greenhouse gas
(GHG): a gas in the
atmosphere absorbing
and emitting infrared
radiation and warming
Earth; examples
include H2O, CO2,
CH4, N2O, O3

Thermal wind
relation: vertical wind
shear (variation of
geostrophic wind with
pressure) in proportion
to horizontal
temperature gradient
with a direction
paralleling the
isotherms

2.2. Future Changes Predicted by the Theories

The meridional Hadley circulation acts with the Walker circulation to regulate atmospheric tem-
perature, humidity, cloudiness, and rainfall in the tropics and subtropics, with important impli-
cations for the hydrological cycle over ocean and land. In order to predict the changes in both
circulations, it is necessary to extend the above theories to a warming climate. This section discusses
a poleward expansion of the subsidence branch of the Hadley circulation, an energy constraint for
slowdown of the tropical circulation, and a hypothetical pattern of future rainfall change.

2.2.1. Poleward expansion of the tropics. Although the inviscid theory of Held & Hou (1980)
omitted two important dynamical factors, upper-level friction and moisture effect of latent heat-
ing, their simplified framework still predicts a poleward expansion of the Hadley cell. Increases in
greenhouse gas (GHG) concentrations warm the troposphere and cool the stratosphere, resulting
in a rise of the tropopause. This allows the circulating air of the Hadley cell to travel further,
as tropopause height was shown to be important for its poleward limit. The connection between
tropopause height and Hadley cell can be explained in the context of the thermal wind relation. An
upward extension of the troposphere reduces vertical wind shear since the momentum conserva-
tion is hardly influenced. As a consequence of the thermal wind balance, the meridional gradient of
potential temperature is reduced, extending poleward the latitude at which the potential temper-
ature matches the equilibrium temperature. This is consistent with the slowdown of the tropical
circulation associated with a flattened temperature gradient suggested by MASC (Ma et al. 2012).

More realistic theories that include the effects of midlatitude eddies give similar predictions
with three dynamical mechanisms to explain global warming–induced expansion of the tropics
more than Held & Hou (1980) would suggest. Lu et al. (2007) suggested that an increase in static
stability and an associated reduction in baroclinicity in the subtropics (baroclinicity describes the
misalignment between pressure and density gradients) cause eddy activity to retreat to higher
latitudes and the Hadley cell to expand poleward. Changes in vertical wind shear could also
contribute to the expansion.

The second mechanism involves upper-tropospheric baroclinic waves. With the rising
tropopause in the subtropics, the phase speed of waves increases, weakening the waves’ equa-
torward penetration and resulting in a poleward shift of the eddy momentum flux convergence
and the position of the eddy-driven jet (Chen & Held 2007, Lorenz & DeWeaver 2007, Chen
et al. 2008). For the third mechanism, Kidston et al. (2015) explained the tropical expansion from
the standpoint of the stratosphere. They suggested that the stratospheric circumpolar westerly jet
forming in winter has a coupled influence on tropospheric dynamics. Global warming induces a
strengthening of the circumpolar jet, causing a poleward shift in the storm tracks and tropospheric
jet stream.

Model diagnostics also suggest that radiative changes associated with clouds and water vapor
affect the extent of the tropical boundaries. For example, Voigt & Shaw (2015) found that changes
in tropical ice clouds contribute to an expansion of the tropics, while increased water vapor reduces
the expansion, with significant intermodel uncertainty in the magnitude of these effects. Using
a global model simulation, Wang et al. (2015) found a reduced meridional stream function and
zonal winds over the tropics, as well as a poleward shift of the jet stream. They attributed the
weakened and expanded tropical circulation to global redistribution of aerosol emissions from
traditional industrialized countries to fast-developing Asia, which has caused a weakening of the
meridional temperature gradient.

There is accumulating observational evidence confirming the theoretical prediction that the
subsidence boundaries of the tropics in both hemispheres are expanding poleward. In a critical
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assessment, Lucas et al. (2014) identified five methodologies used to define the tropical expansion:
tropopause-, satellite-, stream function–, jet stream–, and surface-based methods.

In summary, observations, model diagnostics, and theoretical predictions agree that the tropics
should have expanded poleward, though there is uncertainty in the rate of the expansion, and there
are multiple ways to understand it. The poleward extension of the subtropical dry zone with the
poleward expansion of the tropics may bring drought conditions to certain regions that currently
enjoy temperate weather (Seidel et al. 2008). Fu et al. (2006) demonstrated that the poleward
shift leads to midlatitude warming and contributes to an increased frequency of drought in both
hemispheres, including in many heavily populated regions. Therefore, reducing uncertainties in
estimates and providing robust information for the expansion and its interpretation are important
goals of future research.

2.2.2. Moist static energy constraint for tropical circulation. A series of studies (Chou &
Neelin 2004; Chou et al. 2009, 2013b; Chou & Chen 2010) used conservation of the aforemen-
tioned MSE to examine projected changes in the tropical circulation. MSE is imported into ascent
regions through low-level moisture convergence and exported at upper levels through the hori-
zontal divergence of high-MSE air. As there is a net flux of MSE into ascent regions from surface
and radiative fluxes within those regions, this must be balanced by MSE export at upper levels. A
number of mechanisms for circulation change were proposed under this framework, two of which
(the dynamical rich-get-richer and upped-ante hypotheses) are described in Section 2.2.3.

A third mechanism predicts that the tropical circulation should weaken in global warming, with
the effect of increasing depth of convection on the efficiency of net MSE export from tropical ascent
regions (i.e., the gross moist stability). Under global warming, low-level temperature, moisture,
and MSE import increase, which, therefore, has to be balanced by an increase of the MSE being
exported at upper levels (assuming no large compensating changes in surface or radiative fluxes in
ascent regions). This is achieved both by the enhanced warming of air at upper levels (discussed
in Section 3.1.3) and by an increase in the height of convective outflow (as MSE increases with
height in the upper troposphere).

In order for the tropical circulation to weaken, this increase in MSE at the level of convective
outflow must not only balance the increase in low-level MSE but also overcompensate, so that
the efficiency of net MSE export is increased and the same amount of MSE can be exported by a
weaker circulation (increased gross moist stability). Chou et al. (2013b) showed that warming at
upper levels alone is not enough to produce a sufficient increase in MSE export for the circulation
to weaken, and that the height of convective outflow (depth of convection) must also increase for
this to occur. Therefore, the weakening tropical circulation appears to be closely linked to the
increased depth of convection, which is itself strongly related to changes in radiative emission by
water vapor at upper levels (Hartmann & Larson 2002, Ingram 2010, Zelinka & Hartmann 2011).

2.2.3. The rich-get-richer theory for regional rainfall change. The wet-get-wetter concept
was raised to describe how the patterns of evaporation (E) and precipitation (P) would change under
global warming, including two related but slightly different hypotheses. The most commonly used
version (Held & Soden 2006) proposed that in the (hypothetical) absence of circulation change,
increased atmospheric water vapor implies an increased moisture transport from dry to wet regions,
and hence an increased gradient of P–E. This leads to greater P–E in wet regions and greater E–P
in dry regions, which appears to have been confirmed on very large averaged spatial scales by
both observational (Allan et al. 2010, Durack et al. 2012) and modeling (Allan 2011) studies and
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WET-GET-WETTER AND WARMER-GET-WETTER

In the (hypothetical) absence of circulation change, increased atmospheric water vapor implies an increased moisture
transport from dry to wet regions, and hence an increased precipitation gradient; i.e., rainfall increases in the core
of existing rainy regions and decreases in current dry areas and at convective margins.

A general warming of the tropical troposphere raises the SST threshold for tropical convection, so that convective
precipitation increases where SST warming exceeds the tropical mean and decreases where relatively weak warming
exists. This SST pattern effect is achieved by adjusting the atmospheric circulation and corresponding surface
divergence field, including two outstanding modes: an equatorial peak anchoring a local precipitation increase, and
a meridional dipole with increased rainfall and weakened trade winds over the warmer hemisphere.

Boundary layer:
the lowest part of the
atmosphere, directly
influenced by the
surface, with turbulent
wind, temperature,
and moisture and
strong vertical mixing

is often described as the thermodynamic component of water cycle change (see the sidebar titled
Wet-Get-Wetter and Warmer-Get-Wetter).

The alternative version is a dynamical feedback on this increased atmospheric moisture (Neelin
et al. 2003, Chou & Neelin 2004), described as the rich-get-richer or anomalous gross moist sta-
bility mechanism. Originally based on experiments with a coupled ocean-atmosphere-land model
of intermediate complexity (Neelin & Zeng 2000, Zeng et al. 2000), this mechanism was also
examined in the CMIP3 projections (Chou et al. 2009). Under global warming, the moistened
boundary layer (i.e., the lowest part of the atmosphere, which is sensitive to the presence of Earth’s
surface) reduces gross moist stability and consequently enhances convection and precipitation in
convective regions. If it applied throughout the tropics, a consequence of this dynamical feedback
would be enhanced convergence into ascent regions, and hence a strengthened tropical circulation.
As overall the circulation actually weakens (see Section 3.1), this dynamical rich-get-richer mech-
anism cannot be the dominant controller of tropical circulation change in response to warming,
though it could be important locally.

To explain the shift of the maximum rainfall increase from the core rainy regions (see
Section 3.2.1), Chou & Neelin (2004) raised the additional upped-ante hypothesis, arguing that
a warmer troposphere increases the boundary-layer moisture threshold (the ante) for convection.
This could result in reduced rainfall in the margins of convective regions, if the increase in mois-
ture advection into these regions is insufficient to meet the raised convective threshold. However,
rainfall does not reduce in all convective margins, meaning that the upped-ante applies selectively
in some regions but not others (Chadwick et al. 2013). Indeed, this convective threshold-raising
theory is part of the warmer-get-wetter view (Ma & Xie 2013; discussed in Section 4.1.1), and is
applicable only on the margins where the SST increase is lower than the tropical mean. Otherwise
the ante needed to start convection remains roughly the same.

3. LARGE-SCALE CIRCULATION AND REGIONAL PRECIPITATION
CHANGES ACROSS THE TROPICS

Here we extend Section 2.2.2 by introducing diagnostic evidence and mechanisms raised to explain
the large-scale slowdown of the tropical circulation. We then compare the spatial pattern of the
weakening with the precipitation gradient increase theoretically hypothesized in Section 2.2.3. As
the universal dynamical and thermodynamic components of regional rainfall change across the
tropics, they are found to significantly offset each other.
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3.1. Weakening of the Large-Scale Atmospheric Circulation

A weakening of the tropical circulation and an associated increase in the average atmospheric
residence time of water vapor are robust projections of all climate models. This section discusses
observational evidence for the circulation slowdown and physical mechanisms to explain it.

3.1.1. Observed and simulated weakening of tropical circulation. Since the mid-nineteenth
century there has been a weakening trend in the Indo-Pacific zonal sea level pressure gradient,
which was suggested by Clarke & Lebedev (1996) as evidence of a weakening Walker circulation.
Vecchi et al. (2006) demonstrated that model simulations could accurately reproduce the observed
trend in sea level pressure gradient, but only when they included anthropogenic forcing, indicating
that the weakening Walker circulation was primarily due to human activities. Recent work has
raised more uncertainty about the weakening of the surface winds, with observed global and
tropical increases in wind speed during 1987–2006 (Wentz et al. 2007, Ma et al. 2016) and a
positive trend in the global evaporation since the late 1970s (Yu 2007). A new data set, which
uses wave height to compensate for errors due to a changing level of wind observations (Tokinaga
& Xie 2011), suggests that there has indeed been a Walker circulation slowdown over the past
60 years (Tokinaga et al. 2012), though overall twentieth-century trends of surface temperature
and pressure in the Pacific remain uncertain across different data sets (Solomon & Newman 2012).

This observational evidence supports model projections of further weakening of the tropical
atmospheric circulation during the twenty-first century (Tanaka et al. 2004). Held & Soden (2006)
found a reduction in the amount of convection in CMIP3 models, which is also present in the
more recent CMIP5 projections (Chadwick et al. 2013, Su et al. 2014). Vecchi & Soden (2007b)
further reported a reduction in the frequency of strong updrafts and an increase in the frequency
of weak updrafts.

Several complementary hypotheses have been proposed to explain the slowing of the tropical
tropospheric circulation, and these are outlined here. This large-scale circulation response to
general SST warming can be viewed from a variety of different perspectives, such as the differing
rates of change in water vapor, lapse rate, precipitation, and radiative cooling (see the sidebar titled
Thermodynamic, Radiative, and Dynamical Hypotheses for Tropical Circulation Weakening). In
fact, these diagnostic results are likely to all be part of the same overall mechanism, with unsolved
questions remaining besides the convective depth–related constraint (Section 2.2.2).

THERMODYNAMIC, RADIATIVE, AND DYNAMICAL HYPOTHESES FOR TROPICAL
CIRCULATION WEAKENING

The global-mean water vapor and vertical gradient of air temperature increase at ∼7% K−1 of surface warming, but
the fractional changes in global-mean precipitation and net longwave radiative cooling are only 1–2% K−1 based on
model projections. This contrast indicates a weakening of the circulation at a rate of ∼5% K−1 in both convective
and subsidence regions.

Mean advection of stratification change (MASC) is a dynamical mechanism proposed to explain the weakening
of the tropospheric circulation throughout the tropics in climate change. Following moist adiabats, tropics-wide
warming increases with height and stabilizes the atmosphere. This leads to relative cooling of the air column in
ascending regions due to anomalous cold advection of low-level air, and relative warming in subsidence regions
due to warm advection. This reduces air temperature and pressure gradients between ascent and descent regions,
opposes the climatological circulation, and slows it down as an adiabatic forcing.
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Clausius-Clapeyron
equation: a relation
giving the slope of the
pressure-temperature
coexistence curve of a
phase transition in
terms of entropy and
volume changes across
the transition

Moist adiabatic lapse
rate: the rate at which
atmospheric
temperature decreases
with an increase in
altitude, including
latent heating by
condensation of water
vapor

3.1.2. Thermodynamic relation on convective mass-flux change. Held & Soden (2006) com-
bined the Clausius-Clapeyron equation for the saturation vapor pressure with an approximate
equation for precipitation,

P = Mq, 1.

to diagnose how the tropical circulation should change under warming. Here P is precipitation,
M is the vertical convective mass flux, and q is a typical boundary-layer specific humidity. This
can be understood simply as “what goes up must come down,” and it shows that any increase
in boundary-layer moisture (q) must result in increased precipitation unless it is balanced by a
decrease in convective mass flux (M).

For CMIP3 A1B simulations, the global-mean water vapor increase was diagnosed to be
∼7% K−1, in close agreement with the expected increase in saturation vapor pressure from
Clausius-Clapeyron. The fractional change in global-mean precipitation, however, is only 1–2%
K−1 based on projections from coupled climate models. This contrast indicates that the circula-
tion in the convective regions has to slow down at a rate of ∼5% K−1 of the global ocean surface
warming. This reduction in time-mean convective mass flux appears to manifest itself in a decrease
in the frequency and/or duration of convective events (Sun et al. 2007), which is robustly seen in
climate model and high-resolution cloud resolving model simulations (Singh & O’Gorman 2013),
rather than a reduction in the updraft intensity of individual storms.

Yet the relation itself is only part of the explanation of the slowdown, with the dynamical
mechanism that constrains the interaction between precipitation and radiation to have a muted
response still lacking.

3.1.3. Radiative relation on subsidence change. A time-mean reduction of upward motion
over the entire rising branch of the Walker circulation was reported by Knutson & Manabe
(1995), accompanied by a similar weakening of the easterly trade winds throughout the tropical
Pacific. This result seemed surprising at the time, given increased condensation and enhanced
precipitation over the western Pacific warm pool region, which is now known to result from the
ability of the atmosphere to hold more moisture. They attributed the weakening of the circulation
to an imbalance in the subsidence regions important for regulating the overall distribution of
the tropical greenhouse effect (Pierrehumbert 1995, Williams et al. 2009): Net radiative cooling
of the troposphere in these regions does not increase as quickly as the vertical gradient of air
temperature, as discussed in more detail below.

Temperature follows an approximately moist adiabatic lapse rate almost uniformly throughout
the tropics, a quasi-uniformity known as the weak temperature gradient approximation (e.g.,
Bretherton & Sobel 2002). In ascent regions convection causes the atmospheric temperature
profile to be moist adiabatic, and this vertical profile is then propagated to the rest of the tropics
by fast equatorial waves. A global SST increase shifts the temperature profile throughout the
whole atmospheric column, with air warming increasing with height according to the curvature
feature of the moist adiabats. Recent work (O’Gorman & Singh 2013) suggests that the change
in the atmospheric temperature profile in response to surface warming may be more accurately
represented by a transformation involving an upward shift. Nevertheless, both descriptions result
in enhanced warming at upper levels.

In the energy budget for subsidence regions, radiative cooling is mainly balanced by adiabatic
warming via large-scale descent. Therefore, any change in radiative cooling must be balanced
by some combination of change in lapse rate and change in circulation strength, which together
determine the magnitude of the change in adiabatic warming. As models predict that the lapse rate
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decreases more than the relatively weak enhancement in radiative cooling, the vertical motion in
descent regions has to weaken to maintain the balance.

The thermodynamic and radiative relations use similar formulations between the convective
and subsidence regions, respectively. This can be explained by an energy balance argument that
latent heating of the troposphere (i.e., precipitation) increases as fast as net tropospheric long-
wave radiative cooling (1–2% K−1), as the two are diagnosed to approximately balance (Allen &
Ingram 2002). However, the amount of latent heat release demanded by the surface energy bud-
get (Pierrehumbert 2010) can be achieved through many different atmospheric adjustments rather
than radiative cooling (Pierrehumbert 1999). As a result, the latent heating and radiative cooling
may be only weakly coupled, unless there exists a more subtle collective behavior involving the
interaction of large-scale dynamics with radiation and convection. The solar energy absorbed at
the surface (Le Hir et al. 2009) can be used as a constraint for evaporation to limit precipitation,
but at the current climate status this constraint is insufficient to achieve the muted responses, since
at least a 5% K−1 increase can be yielded in a column radiative-convective model (Pierrehumbert
2002). Thus, the mechanisms that constrain the increase in radiative cooling have still not been
convincingly explained.

3.1.4. A dynamical mechanism associated with lapse-rate change. Also related to lapse-rate
change is the MASC mechanism of Ma et al. (2012). As discussed in Section 3.1.3, global SST
warming leads to a tropics-wide warming that increases with height in the atmosphere. This
stabilization results in a further effect on total column temperature through vertical advection of
the change in lapse rate by the mean circulation. In contrast to the thermodynamic and radiative
relations, which apply respectively to convective and subsidence regions, MASC is applicable
throughout the tropics.

Upper-level air warms more than lower-level air, so this leads to relative cooling of the air
column in ascending regions due to upward advection of cooler low-level air and relative warm-
ing of the column in subsidence regions due to downward advection of warmer upper-level air.
This MASC advective effect distorts isotherms of air warming, and the effect is similar with
or without spatial variation of the SST increase. In this way, vertical advection tends to re-
duce air temperature and pressure gradients between ascent and descent regions. This can be
viewed as an adiabatic forcing opposing the climatological circulation, with the effect of slowing it
down.

The MASC effect has an analytical expression and can be diagnosed from general circulation
models and applied to a linear baroclinic model to examine the effect of such geographically
uneven heating on atmospheric circulation (Watanabe & Kimoto 2000). The individual effect
of MASC significantly weakens tropical thermal-driven circulations, including the Walker and
Hadley cells and monsoon winds (Ma & Yu 2014b, Qu & Huang 2016), and reduces the meridional
air temperature gradient and hence the tropical wind shear through thermal wind relation. As a
purely dry effect, MASC is able to offset the enhanced latent heating due to moisture increase,
because vertical temperature advection nearly balances diabatic heating in the long-term-mean
large-scale tropical atmospheric dynamics. In addition, global warming features a pronounced
tropical-mean SST warming four times larger than the spatial patterns, resulting in significant
atmospheric stabilization and hence the MASC effect. In order for the linear baroclinic model to
properly reproduce circulation change in a fully coupled model under GHG forcing, this effect
has to be explicitly assigned, since it is not included by default. In contrast, for internal variability,
such as El Niño, spatial variations in SST anomalies are 40% greater than the mean warming, so
that stratification is less affected and latent heating can be used to drive the linear model effectively
without MASC.
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Furthermore, since the climatological circulation is relatively similar between models and sce-
narios, as are the tropical-mean moist adiabats, the magnitude of MASC is also fairly independent
of model physics and forcing scenarios. Figure 1 provides evidence for this argument in the form of
an empirical orthogonal function analysis of the MASC forcing among 76 simulations under three
scenarios, including CMIP3 A1B and CMIP5 Representative Concentration Pathways (RCPs)
6.0 and 8.5, corresponding to medium and high GHG emission scenarios. Dominating 68.3%
of the total variance, the first leading mode (Figure 1a) shows significant spatial dependence on
climatological pressure velocity, which indicates that the intermodel/interscenario variability is
primarily in the magnitude of the circulation change as a whole, rather than in local differences
due to model details and radiative forcing. A high correlation of 0.92 between the first principal
component against tropical-mean (40◦S–40◦N) SST increase suggests that the strength of the
MASC effect is mainly dependent on the magnitude of spatially uniform warming in each model
(Figure 1b).

3.2. Tropics-Wide Changes in Regional Precipitation

In addition to the global-mean warming effects, regional climate change is very important from
a practical standpoint, and robust information is urgently needed (Xie et al. 2015). This section
describes the observed regional circulation and rainfall changes in response to increased GHG
concentrations, then discusses the offsetting mechanisms of change in the whole tropics. In addi-
tion to GHG forcing, the effects of which we examine here, changes in aerosol concentrations have
been linked to large regional changes in circulation and the hydrological cycle. These aerosol-
circulation interactions are not discussed, as they are reviewed by Lee et al. (2014).

3.2.1. What do the observations tell? Lau & Wu (2007) analyzed global precipitation prod-
ucts and found a positive trend along the equatorial oceans (5◦S–5◦N), but negative trends
over the Indo-Pacific warm pool and central Africa. Zhou et al. (2011) found similar patterns,
with the maximum rainfall increase occurring at 5◦N, and interpreted the result as a strengthen-
ing of the ITCZ, consistent with the wet-get-wetter view. Allan et al. (2010) also examined trends
during 1988–2008 (earlier data were considered less reliable), averaged separately over all ascend-
ing and all descending areas of the tropics. They found an increasing trend in wet ascent regions
and a decreasing trend in dry descent regions, also consistent with a large-scale wet-get-wetter,
dry-get-drier thermodynamic view of rainfall change. However, the maximum rainfall increase
is actually shifted equatorward from the ITCZ’s core, suggesting the importance of dynamical
processes. In situ sea surface salinity observations (Curry et al. 2003, Durack & Wijffels 2010) also
show trends consistent with an apparent acceleration of the hydrological cycle (enhanced rainfall
in the tropics and enhanced evaporation in the subtropics), with patterns similar to large-scale
CMIP5 predictions (Durack et al. 2012), though the magnitude is higher in the observations.

At very large averaged scales over land, there is evidence of wet seasons getting wetter and
dry seasons drier (Chou et al. 2013a). However, at impacts-relevant regional scales over land, ob-
served rainfall trends do not support a wet-get-wetter, dry-get-drier paradigm (Greve et al. 2014,
Roderick et al. 2014). Hegerl et al. (2015) summarized these observed hydrological cycle changes
in the context of the existing theories and predictions, e.g., wet-get-wetter, muted precipitation
response, and intensified weather extremes. However, they suggested that although observations
show robust evidence for theoretically derived and numerically predicted changes, uncertainties
from the small signal-to-noise ratio of natural variability and limitations of short, discontinuous,
and inhomogeneous observational data sets pose serious difficulties for determining the anthro-
pogenic contributions.
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MASC 300–850 hPa mean; EOF 1 (68.3%)

Relation between MASC and SST warming
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Figure 1
First leading mode of the intermodel empirical orthogonal function (EOF) analysis for the vertical-averaged
mean advection of stratification change (MASC) forcing calculated with 76 simulations for three scenarios:
the Special Report on Emissions Scenarios A1B (22) of Coupled Model Intercomparison Project (CMIP)
phase 3 and the Representative Concentration Pathways (RCPs) 6.0 (23) and 8.5 (30) of CMIP5. Spatial
mode 1 (panel a) shows its pattern (nondimensional) dependence only on climatological vertical velocity, and
a scatter between tropical-mean sea surface temperature (SST) warming and the first principal component
(PC) (panel b) indicates its magnitude dependence only on the general warming extent.

3.2.2. Decomposition of precipitation change mechanisms. A number of studies have used
moisture and energy budgets to examine the regional response of circulation and precipitation
change to GHG forcing and to decompose the total response into components associated with
various mechanisms. Often the total precipitation change is partitioned into changes associated
with thermodynamic (atmospheric moisture increases in response to warming) and dynamical
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(circulation) processes. Dynamical and thermodynamic changes interact to produce the total pat-
tern of rainfall change, where the thermodynamic component usually represents a rich-get-richer
term due to moisture increases.

The first such decomposition (Chou & Neelin 2004) used the MSE and moisture budgets
to analyze regional rainfall change and proposed a number of mechanisms that could drive re-
gional rainfall change. These are the dynamical rich-get-richer hypothesis (see Section 2.2.3),
which could lead to increased rainfall in ascent regions; the increased depth of convection
(Section 2.2.2), which could weaken the circulation and decrease rainfall; and the upped-ante mech-
anism (Section 2.2.3), which could cause rainfall decreases on certain margins of ascent regions.

More recent decompositions have used moisture (Seager et al. 2010, Bony et al. 2013, Chadwick
et al. 2013) or dry static energy (Muller & O’Gorman 2011, Richardson et al. 2016) budgets to
understand rainfall and circulation change. These studies found that at regional scales, the pattern
of rainfall change is determined more by dynamical circulation changes than by thermodynamic
moisture increases, e.g., subtropical rainfall reduction due to poleward shifts of the storm tracks
(Scheff & Frierson 2012). In fact, the spatial correlation between the patterns of present-day
rainfall and future change is low across future CMIP5 projections (Chadwick et al. 2013), which
would not be the case if these changes were dominated by a rich-get-richer response to mois-
ture increases. This can be explained by dynamical precipitation decreases, associated with the
weakening circulation, tending to oppose the rich-get-richer pattern (Seager et al. 2010).

3.2.3. Wet-get-wetter versus the regional weakening of circulation. On the tropical-mean
spatial scale, the circulation is diagnosed to weaken, and this must also be reflected in local circu-
lation changes. Of the mechanisms described in Section 3.1, only MASC (Ma et al. 2012) provides
a prediction of how this overall weakening manifests itself on a regional scale. Chadwick et al.
(2013) used this to explicitly separate dynamical rainfall changes into a component corresponding
to the weakening circulation and a residual associated with spatial shifts in convection. Under
this formulation, the pattern of thermodynamic rainfall increases is strongly anticorrelated with
rainfall decreases caused by the weakening circulation, resulting in a strong cancellation between
the two terms.

Because MASC involves the mean vertical motion acting on the changes in spatially averaged
stratification, its pattern is negatively proportional to the climatological circulation. Figure 1a
shows anomalous cooling in the convective regions over the Indo-Pacific warm pool and ITCZ,
and warming in the subtropical subsidence centers. Figure 2 presents the effect of this forcing
pattern in a linear baroclinic model, producing a fractionally uniform decrease in upper-level
divergence over the warm pool. This represents a weakening of the Walker circulation, which in
the mean is characterized by strong upper-level divergence (and lower-level convergence) over the
warm pool. The uniformity in the decrease is stronger at upper rather than lower levels, possibly
due to the physical effects of friction and orography or artifacts in the velocity potential calculation
due to interference from orography.

Therefore, the prediction of MASC is that regions of strongest present-day vertical motion
will experience the greatest future weakening, i.e., a wet-get-drier effect on regional precipitation.
As part of the dynamical effect, this would oppose and mitigate the wet-get-wetter mechanism,
increasing the relative importance of other dynamical processes. Indeed, the overall pattern of
rainfall change is dominated by the pattern of shifts in convective regions (Chadwick et al. 2013),
which could be driven by any mechanism that affects the locations where convection preferen-
tially occurs. The balance of these processes differs between ocean and land: Certain dynamical
mechanisms are more important over the former, while others dominate over the latter, so we
now consider such details separately in the following two sections.
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Figure 2
Local weakening of circulation induced by mean advection of stratification change forcing (Figure 1a) in a linear baroclinic model.
Represented with velocity potential (χ ), panel a shows the horizontal distribution of change (contours) over climatology (color) at the
200-hPa level, and scatterplots indicate their negative linear relationship at (b) 200 hPa and (c) 925 hPa.

4. CHANGES RELATED TO SEA SURFACE TEMPERATURE PATTERNS

As mentioned in Section 2, SST is a predominant driver shaping atmospheric circulation and pre-
cipitation. Here we show that dynamical mechanisms associated with SST patterns are important
for changes in oceanic rainfall and the Hadley circulation.

4.1. Circulation and Precipitation Changes over the Oceans

An equatorial peak of precipitation change was frequently illustrated in previous studies. Be-
cause the global zonal-mean view makes it difficult to distinguish the rainfall patterns from the
purely thermodynamic prediction, it was considered wet-get-wetter. However, both the full two-
dimensional pattern and the zonal mean of the projected rainfall change are correlated weakly with
climatological rainfall in the tropics (Ma & Xie 2013), showing the importance of mechanisms
other than the wet-get-wetter.

4.1.1. The warmer-get-wetter paradigm. The SST and tropospheric temperature anomalies
seem to lack spatial variations in comparison with the mean warming across the tropics (e.g.,
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Neelin et al. 2003); however, the warmer-get-wetter mechanism suggests that such SST pattern
change is influential in regional rainfall and circulation change, with increased convection and
ascent over regions where SSTs warm the most (see the sidebar titled Wet-Get-Wetter and
Warmer-Get-Wetter). It was first proposed from a gross moist instability estimation by Xie
et al. (2010), in which the instability was defined as the difference in MSE between the ocean
surface and upper troposphere. In the tropics, the upper-tropospheric temperature increase varies
spatially by <0.3 K, with its gradients flattened by fast equatorial wave adjustments (Sobel et al.
2001, Bretherton & Sobel 2002). Consequently, a general warming of the tropical troposphere
raises the SST threshold for tropical convection ( Johnson & Xie 2010), and moist instability and
thus convective precipitation increase where the SST warming exceeds the tropical mean and
decrease where relatively weak warming exists. The upped-ante theory (Chou & Neelin 2004) is
the moisture alternative of this threshold-raising effect in the convective margins where the SST
increase is weak.

Xie et al. (2010) decomposed SST warming into a tropical mean and spatial deviations, and
Ma & Xie (2013) examined the warmer-get-wetter effect induced by the SST patterns with large
CMIP3 and CMIP5 ensembles. Two SST patterns stand out: an equatorial peak (Liu et al. 2005)
anchoring a local precipitation increase, and a meridional dipole mode with increased rainfall
and weakened trade winds over the warmer hemisphere. These SST patterns were found to be
important for explaining both the ensemble mean distribution and intermodel variability of rainfall
change over the tropical oceans (Ma & Xie 2013, Ma & Yu 2014a). As commonly seen in the tropics
(e.g., Back & Bretherton 2006), this effect is shown by a moisture budget analysis to involve strong
positive feedback between atmospheric circulation and convection.

4.1.2. Combined mechanism for tropical oceanic rainfall change. The warmer-get-wetter
mechanism is not the only mechanism controlling the regional oceanic rainfall response, but it is
a very strong mechanism for spatially shifting convection over the oceans (Section 3.2). Chadwick
et al. (2013) and Ma & Xie (2013) suggested that the regional oceanic rainfall change is given by
the following approximate expression, derived from Equation 1 (P, M, and q are precipitation,
vertical convective mass flux, and boundary-layer specific humidity, respectively):

δP/P = δM shift/M + (δM weak/M + δq/q )
= α T ∗ + β T

, 2.

where T̄ is tropical-mean SST warming, T ∗ denotes SST patterns, α and β are parameters
describing the corresponding strength of the response, and the subscripts “weak” and “shift” refer
to the circulation slowdown and spatial shift of precipitation, respectively. In percentage form, this
approximates the full mechanism controlling the regional precipitation response over the tropical
oceans.

The global SST warming contains a uniform increase and spatial patterns. If T ∗ is zero,
Equation 2 represents the rainfall response in the SUSI. As mentioned in Section 2.2.3, the
general warming moistens the atmosphere to cause wet-get-wetter (δq/q ), and at the same time
reduces the tropical circulation (δM weak/M ) to mitigate the moisture effect. This results in a muted
precipitation response (βT̄ ). However, even if T ∗ is moderate in comparison to T̄ , it can dominate
circulation and precipitation change over the SUSI effect in the coupled climate system, since the
factor α = 44% K−1 is much larger than β = 2% K−1, according to a linear fit of spatial distribution
between T ∗ and δP/P in the CMIP3 ensemble mean (Ma & Xie 2013). The SST patterns shift
the atmospheric circulation (δM shift/M ), causing a warmer-get-wetter (α T ∗) rainfall response.

As moisture budget analyses (Seager et al. 2010, Chadwick et al. 2013) show, wet-get-wetter is
the thermodynamic component of regional precipitation change, and circulation slowdown and the
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SST pattern effects are the dynamical components. Because the circulation weakening contributes
a wet-get-drier effect, counteracting the wet-get-wetter effect, the atmospheric circulation change
associated with SST patterns (warmer-get-wetter) dominates the total rainfall redistribution over
the tropical oceans.

4.2. Structural Changes of the Hadley Circulation

Besides a poleward expansion, more complicated changes occur to the circulation structure within
the Hadley cells. They include a plausible shift of the ITCZ and an inhomogeneous intensity
change reflecting a competition between circulation weakening and the SST pattern effect.

4.2.1. Interhemispheric energy balance and the intertropical convergence zone shift. Con-
stituting the upward branch of the Hadley cell, the ITCZ is the strongest convection belt in the
tropics. A growing body of research has examined the link between the interhemispheric energy
balance and the position of the zonal-mean ITCZ, including its response to forcing. These studies
have often used idealized models to examine the underlying processes more clearly, and the extent
to which the same effects determine the response of more complex fully coupled models to forcing
is an open question.

Kang et al. (2009) used a comprehensive atmosphere model coupled to a slab mixed layer ocean
(i.e., ocean dynamics were suppressed) to study the effects of the extratropics on the position of
the ITCZ. They imposed a cross-equatorial heat flux beneath the ocean’s surface mixed layer to
cool the northern extratropics and warm the southern extratropics, and this induced a southward
shift in the ITCZ. This displacement can be understood as a compensation by the atmospheric
energy transport in response to the imposed oceanic heat flux in the tropics: In response to the
southward shift of heat in the ocean, the ITCZ shifts southward and the northern Hadley cell
strengthens, resulting in an increase in the northward atmospheric heat transport. The magnitude
of the ITCZ shift was found to be sensitive to cloud feedback.

Using fundamental energy constraints to analyze the responses of nine CMIP3 slab ocean
model simulations to a doubling of CO2, Frierson & Hwang (2012) found that differences in
extratropical clouds control the diversity of ITCZ responses. Positive feedbacks involving water
vapor and high clouds in the tropics were shown to reinforce the initial ITCZ responses. Seo
et al. (2014a) found that high-latitude forcing causes a larger shift in the ITCZ than forcing in
the tropics. Equivalent simulations without cloud and water vapor feedbacks, however, showed a
weaker ITCZ shift when the forcing was farther from the equator, emphasizing the importance
of radiative feedbacks in their experiments. Related to this, Fučkar et al. (2013) suggested that
the ocean’s meridional overturning circulation causes the ITCZ to be located in the Northern
Hemisphere, where deep water is produced, since the Southern Hemisphere circumpolar flow
forces northward oceanic heat transport.

4.2.2. Inhomogeneous change of the Hadley cell intensity. Section 3.1 discussed the slow-
down of the tropical tropospheric circulation; however, robust observational evidence of this
slowdown is found only for the Walker cell. In contrast, strengthening trends in the Hadley cell
over the past few decades are reported based on prevailing reanalysis data sets, though this could be
internal multidecadal variability rather than a forced trend (Quan et al. 2004; Tanaka et al. 2004;
Mitas & Clement 2005, 2006). Future climate model projections suggest stronger future weaken-
ing of the Walker than the Hadley circulation (Gastineau et al. 2009, Ma & Xie 2013). Current
theories on large-scale circulation change are insufficient to explain these different responses, so
that regional effects have to be accounted for (Xie et al. 2015). Equation 2 suggests that the SST
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pattern effect turns out to be important for the oceanic rainfall change, with the partial offset
between an increase in humidity and a decrease in circulation. For circulation change, humidity is
irrelevant, so that the circulation weakening is as important as the SST pattern effect. Together,
they are the dominant dynamical components of circulation change (Section 4.1.2) over the ocean.

Ma & Xie (2013) found that while the weakening circulation acts to slow down both the Hadley
and Walker circulations, as shown in SUSI experiments, their different responses in the coupled
models could be explained by the influence of SST pattern change. Weakening of the Walker cell
is well established because the influence of the SST pattern effect is either weak (because of zonal
symmetry in CMIP3) or acting to enhance the slowdown (due to the eastern Pacific peak in SST
warming in CMIP5). However, the impact of the weakening circulation on the Hadley cell is more
influenced by the SST patterns. They are additive in some geographical regions and opposing
in others, resulting in robust weakening north of the equator but weak and highly uncertain
changes near and south of the equator. This is due to the latitudinal dependence of the SST
patterns, representing a combination of the equatorial peak and meridional asymmetry. However,
the seasonal changes in the Hadley circulation (Seo et al. 2014b) are dominated by changes in
the latitudinal potential temperature gradient across the subtropics, including the robust (slight)
weakening of the Hadley cell during boreal winter (summer).

Outside of the tropics, the pattern of future SST change appears to have overall little impact on
the response of the atmospheric circulation and, in turn, on the resulting changes in precipitation.
This is due to the insensitivity of Rossby wave generation to the changes in near-equatorial upper-
level divergence (He et al. 2014).

5. DIRECT CO2 EFFECT AND LAND RAINFALL CHANGE

Extra absorption of upwelling longwave radiation by increased GHG concentrations enables
the troposphere to be moderately warmed even without SST increases. This warming (with a
maximum at about 700 hPa) can reduce the radiative cooling of the troposphere and thus the
convective mass flux, slowing the tropical circulation and weakening global- and tropical-mean
precipitation (Allen & Ingram 2002, Sugi & Yoshimura 2003, Yang et al. 2003, Lambert & Webb
2008, Dong et al. 2009, Andrews et al. 2010, Bala et al. 2010, Cao et al. 2012, O’Gorman et al. 2012,
Kamae et al. 2015). This is known as the direct radiative effect of CO2 on precipitation change,
and it could also strengthen and shift poleward the midlatitude westerly winds (Deser & Phillips
2009). In addition, the land surface is free to warm in response to the increased downwelling
longwave radiation from the extra CO2, and this can destabilize the atmosphere (Giannini et al.
2013); increase flow from ocean to land; and enhance convection, rainfall, and evaporation over
land but suppress precipitation over ocean. This section first evaluates the former, then discusses
the latter along with other mechanisms of land rainfall change.

5.1. The Direct CO2 Radiative Effect

The direct CO2 effect is commonly diagnosed from atmosphere model experiments where CO2

concentrations are increased but SSTs held constant. This causes problems of interpretation,
because keeping SST fixed provides an infinite energy source/sink, voiding energetic consistency.

Bony et al. (2013) found that by the end of the twenty-first century, under a high GHG forcing
scenario, approximately one-quarter to one-third of the projected mean tropical circulation change
is independent of global-mean surface warming and can thus be attributed to the direct CO2 effect.
Because aqua-planet experiments (all land removed and replaced with ocean) show tropical-mean
results that are consistent with simulations that include land, they rejected a major contribution
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from land warming toward these regional circulation changes. Chadwick et al. (2014) followed up
this work and confirmed that the tropical-mean circulation change is substantially affected by the
direct radiative effect and is therefore to some extent independent of global-mean temperature
change. However, regional patterns of rainfall change are dominated by surface warming patterns,
including both SST pattern change and land-sea temperature contrast change. They suggested
that future regional rainfall changes should be studied primarily with coupled models.

He et al. (2014) and He & Soden (2015) examined these mechanisms in more detail and con-
firmed that mean SST warming, the direct CO2 effect (including land warming), and SST pattern
change all play roles in regional circulation change, though the effects of SST pattern change
are mainly limited to the tropics. Deser & Phillips (2009) investigated the relative importance of
direct atmospheric radiative and observed SST forcing on observed global atmospheric circulation
trends during December through February of 1950–2000. They suggested that both drive distinct
responses that contribute about equally to the full circulation pattern trend and are approximately
additive and partially offsetting. Direct radiative effects drive the strengthening and poleward
shift of the midlatitude westerly winds in the Southern Hemisphere (and to a lesser extent over
the Atlantic-Eurasian sector in the Northern Hemisphere), while SST trends (especially in the
tropics) act to intensify the Aleutian low and weaken the Walker circulation.

Model simulations show differences between global precipitation changes during the twentieth
and twenty-first centuries (Thorpe & Andrews 2014), which can be attributed to the changing
balance between the influence of SST warming and direct atmospheric absorption. The historical
precipitation changes little despite increasing SSTs, because large direct effects from CO2 and
black carbon oppose the surface warming–induced precipitation increase, while in future scenarios
the importance of these direct effects declines and the SST increase dominates in both ensemble
mean and uncertainty and in both global mean and spatial patterns.

5.2. Circulation and Precipitation Changes over Land

Circulation changes over tropical land are generally less well understood than those over the
oceans, and they have often been analyzed on a region-by-region basis. There is a large body of
research describing circulation changes in monsoon regions (An et al. 2015, Véspoli de Carvalho
& Jones 2016), and we do not attempt to describe monsoon or other region-specific mechanisms
here in as much detail. We instead discuss a number of mechanisms proposed to drive circulation
and rainfall changes across the tropical land.

5.2.1. Amplified land warming and effect on the circulation. Surface temperatures warm more
over land than over the oceans in response to GHG forcing, and this is associated with pressure,
circulation, and rainfall changes (Bayr & Dommenget 2013). This enhanced land warming is
true even at equilibrium ( Joshi et al. 2008), so while the smaller heat capacity and faster warming
response of the land surface compared to the oceans play a role in the land amplification in transient
warming scenarios, the heat capacity is not the main cause of the effect.

The land surface is warmed by increased net downwelling radiation due to the direct response of
the atmosphere to CO2 forcing, but also by the response of the atmosphere and land surface fluxes
to remote SST warming (Giannini 2010), and in fact, the remote response is larger (Chadwick
2016). Compo & Sardeshmukh (2009) attributed the recent worldwide land warming to the SST
warming rather than the direct GHG effect. Atmospheric model simulations of the past half-
century successfully reproduced most of the land warming when prescribed with observed SST,
but without GHG changes. Hydrodynamic-radiative teleconnections were suggested to be the
primary mechanism for warming the land, mainly through moistening and warming the air over
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HYDRODYNAMIC-RADIATIVE TELECONNECTIONS AND THE BOWEN RATIO

Hydrodynamic-radiative teleconnections are a thermodynamic process in climate change enabling the oceans
warmed by a greenhouse gas increase to influence land warming. Horizontal advection, diffusivity, and/or wave
actions from the ocean can increase moisture and temperature of the air over land, both of which enhance the
downward longwave radiation at the surface. This may account for most of the land warming.

The Bowen ratio is the ratio of surface-to-atmosphere sensible heat divided by latent heat. The surface sensible
heat is generated by the difference between surface temperature and near-surface air temperature; the surface latent
heat is generated by the difference of saturation mixing ratio at surface temperature and the actual specific humidity
of near-surface air. The Bowen ratio is an indicator of the type of surface (<1 over surfaces with abundant water
supplies), e.g., tropical oceans (<0.1), rainforests (0.1–0.3), temperate forests and grasslands (0.4–0.8), semiarid
landscapes (2.0–6.0), and deserts (>10.0).

Free troposphere:
atmosphere above the
boundary layer, where
winds are
approximately
geostrophic (parallel to
isobars), and usually
nonturbulent or only
intermittently
turbulent

Equivalent potential
temperature: the
temperature an air
parcel would reach if
brought adiabatically
to sea level, with all its
water vapor condensed

Relative humidity
(RH): the ratio of the
partial pressure of
water vapor to the
equilibrium vapor
pressure at a given
temperature

land by the ocean and increasing the downward longwave radiation at the land surface (see the
sidebar titled Hydrodynamic-Radiative Teleconnections and the Bowen Ratio).

As described in Section 3.1.3, SST warming leads to a quasi-moist-diabatic response of the
vertical temperature profile (diabatic, the opposite of adiabatic, refers to a thermodynamic change
with exchange of heat into or out of the system). In the free troposphere this warming is ho-
mogenized across the tropics by equatorial waves (e.g., Bretherton & Sobel 2002), leading to an
almost uniform horizontal temperature distribution at mid- and upper levels. Over land, the ver-
tical temperature profile in the boundary layer and at the surface must adjust so as to maintain
a smooth vertical temperature profile ( Joshi et al. 2008). As moisture supply is limited over land
but not over the oceans, the present-day balance between latent and sensible surface heat fluxes
(the Bowen ratio; see the sidebar titled Hydrodynamic-Radiative Teleconnections and the Bowen
Ratio) varies between the two, with a larger proportion of sensible heating over land. Equivalently,
land has less water to evaporate than the oceans, so that more energy goes into warming the sur-
face (Sutton et al. 2007). So in general the mean lower-tropospheric lapse rate over land is larger
(more dry-adiabatic and less moist-adiabatic) than over the oceans. For a given temperature in the
midtroposphere, the surface temperature over land would therefore be higher than the equivalent
surface temperature over the oceans. In a similar way, the response of land surface temperatures to
SST-driven free-tropospheric warming is larger than the SST warming itself, as sensible heating
increases more relative to latent heating over land than it does over the oceans ( Joshi et al. 2008,
Lambert et al. 2011).

This argument can be formulated in an alternative way as a requirement that the change in
equivalent potential temperature is uniform over both land and ocean (Byrne & O’Gorman 2013).
As atmospheric moisture increases less over land than over the oceans, this leads to the requirement
that land warming must be greater than ocean warming. In this framework the enhanced land
warming is due to a combination of the lower relative humidity (RH) over land than over ocean
in the present-day warming, and further decreases in future land RH.

Clearly this land temperature adjustment is coupled to evaporation and humidity change, and it
is also closely related to circulation change. Enhanced warming over land extends from the surface
through the lower troposphere, and this leads to pressure anomalies and circulation changes (Bayr
& Dommenget 2013). Additionally, SST-driven general warming in the free troposphere has
the effect of stabilizing the atmosphere over land and suppressing convection ( Joshi et al. 2008,
Giannini et al. 2013), which reduces rainfall and couples with evaporation changes. These two
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effects may be in competition with each other, as the surface warming should drive a sea breeze–type
anomalous circulation, bringing air from the oceans to land, whereas suppression of convection
and convective heating over land would tend to reduce the flow from ocean to land. It is possible
that different circulation changes are seen at different vertical levels. Overall, the net effect of
tropical-mean SST warming is to reduce convection and rainfall over land (Bony et al. 2013,
Giannini et al. 2013, Chadwick et al. 2014, He et al. 2014).

5.2.2. The direct CO2 effect–associated land warming. Land heating in response to increased
downwelling longwave radiation also drives a circulation response. This can be relatively simply
interpreted as being due to destabilization of the atmosphere over land (Giannini et al. 2013), with
increased flow from ocean to land and increased convection, rainfall, and evaporation over land
(Dong et al. 2009, Cao et al. 2012, Biasutti 2013, Bony et al. 2013). In this case, pressure changes
from land warming and increased convective heating would combine to drive increased sea-land
flow. Ackerley & Dommenget (2016) examined the effects of increasing land surface temperatures
while keeping SSTs and CO2 concentrations constant and found that the pattern of circulation
and rainfall change is very similar to that of experiments where CO2 is increased but SSTs fixed.
This suggests that the main influence of direct CO2 heating on regional circulation change is via
land heating, rather than atmospheric stabilization.

The competing effects of direct local CO2 warming and remote uniform SST warming on
circulation and rainfall change (Giannini et al. 2013) can be examined in idealized atmosphere-
only model experiments, where one aspect is fixed and the other increased (Bony et al. 2013,
Chadwick et al. 2014, He & Soden 2015, Richardson et al. 2016). As expected, the two effects
generally oppose each other, and in many regions the total response is a relatively small residual
of the two larger terms.

5.2.3. Relative humidity decreases over land. Over the oceans, surface RH is predicted to
remain approximately constant under warming (Held & Soden 2000, Schneider et al. 2010), with
only small RH increases projected to inhibit latent heat increase (Richter & Xie 2008). Over land,
however, substantial future decreases in RH are projected in many regions (O’Gorman & Muller
2010, Byrne & O’Gorman 2015). As on long timescales almost all moisture over land originates
from the oceans, it has been suggested that this RH drying over land is due to amplified land
warming, as advection of moisture from the relatively less-warmed oceans is unable to keep up
with the increased moisture-holding capacity of the warmer air over land (Rowell & Jones 2006,
Simmons et al. 2010, O’Gorman & Muller 2010).

RH decreases can be driven by circulation, precipitation, and evaporation changes, but they
are also themselves a driver of circulation and water cycle change. This is most obvious in the
relationship between RH and boundary-layer moisture, which controls the thermodynamic change
in future precipitation through local moisture availability (Chou et al. 2009, Seager et al. 2010,
Chadwick et al. 2013) and potentially also via advection of humidity gradients by the circulation
(Byrne & O’Gorman 2015).

There is also a possible dynamical influence of RH decreases on circulation change, due to the
influence of RH on cloud-base height (Fasullo 2012). Lower RH could lead to higher cloud-base
heights, potentially suppressing convection, and intermodel correlations are seen in many regions
between the magnitude of RH changes and shifts in the regions of convection (Chadwick 2016),
though this does not necessarily imply causality.

The coupling between humidity, water cycle, and circulation change makes the chain of causal-
ity difficult to entangle, and targeted idealized modeling experiments may be the best way to gain a
better understanding of these mechanisms. Overall, the circulation and water cycle response over
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tropical land is likely to consist of a combination of responses to the various mechanisms listed
here, with different balances of change emerging in different regions. If these mechanisms can be
better understood, it should be possible to reduce the currently substantial intermodel uncertainty
in future simulations by evaluating the most important physical processes for any given region
between models and observations. Other mechanisms may also be important in some regions, but
their description is underdeveloped; they are discussed in Section 6.3.

6. DIRECTIONS FOR FUTURE RESEARCH

This section identifies promising fields for future research, in order to constrain uncertainties
and provide more reliable climate projections. We suggest that fundamental understandings are
needed on the mechanisms shaping the changes in SST, the ITCZ, atmospheric circulation,
tropical cyclone activity, and land rainfall.

6.1. Combining Sea Surface Temperature Pattern Change and Intertropical
Convergence Zone Shifts

It is noteworthy that the extratropical forcing of the ITCZ shift associated with oceanic energy
transport has been studied mostly with idealized models (see Section 4.2.1). However, it is also
important to investigate the projections by comprehensive coupled models for which ITCZ shifts
have to be consistent with SST pattern changes and tropical air-sea interactions. As mentioned
in Section 4.1.1, one major feature of the SST warming is the interhemispheric asymmetry, with
stronger warming to the north contributing to weakening of the Hadley circulation there. Indeed,
Friedman et al. (2013) showed an increasing trend of the south-to-north gradient in the observed
SST (<0.8 K) since 1980 and inferred a northward shift of the ITCZ. They showed that this
SST gradient trend is simulated by the CMIP5 models and is projected to continue increasing
significantly in the twenty-first century.

Figure 3 uses SST and rainfall as indicators to show the projected change in position of the
tropical Pacific ITCZ in the twenty-first century. Simulated by 19 CMIP5 RCP4.5 models, the
SST maximum not only shifts northward but also expands toward the equator, and the southward
expansion is more significant than the northward expansion. This translates to an ITCZ widening
at ∼0.5◦ latitude per century toward both hemispheres, consistent with maximum SST warming on
the equator and in the northern subtropics. The precipitation change supports this interpretation,
showing equatorward expansion, consistent with more climatological precipitation toward the
equator and the abovementioned energy theories.

As previous studies suggested, in addition to the impact of the atmosphere and ocean energy
transport on the ITCZ position, local dynamical and thermodynamic ocean-atmosphere interac-
tions associated with the SST patterns may also be important. For instance, the northward ITCZ
expansion may be attributed to a wind-evaporation-SST feedback (Ma & Xie 2013), and the equa-
torward expansion to the reduced damping rate with lower mean surface evaporative cooling of
the colder SST (Xie et al. 2010, Lu & Zhao 2012), enhanced by the Bjerknes feedback. Moreover,
linking SST patterns to the ITCZ change may provide an alternative view of the tropical climate
change dynamics. At least in the Northern Hemisphere, the widening of the ITCZ can be a part of
the tropical expansion. The MASC effect also acts to reduce the surface air temperature gradients
and may influence the SST through evaporation adjustment. Combined, these mechanisms can
put the atmospheric circulation change in a new perspective and link the uncertainties in climate
projection to the biases in simulating the climatology.

The current consensus considers the ITCZ shift and SST patterns separately, though they are
likely to be two sides of the same coin. Long et al. (2016) attempted to link the interhemispheric
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Figure 3
Ensemble and time mean of (a) sea surface temperature (K) and (b) precipitation (mm day−1) illustrating change of the Pacific
intertropical convergence zone in the twenty-first century as simulated by 19 Coupled Model Intercomparison Project phase 5
(CMIP5) models along Representative Concentration Pathway 4.5. The current climate is calculated as the average during 2006–2015
(contour; black for zonal mean) and the future climate as the average during 2089–2098 (color; red for zonal mean). The patterns show the
deviations from the tropical Pacific (30◦S–30◦N, 120◦E–80◦W) mean.

energy balance that drives the ITCZ change to the SST patterns; however, more work is needed to
fundamentally understand how the SST patterns emerge. We suggest a synthesized budget analysis
combining both sides—surface fluxes and ocean transport. Besides short- and longwave radiation,
surface latent and sensible heat fluxes are worth examining, since they involve the influence from
winds, RH, and air-sea instability.
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6.2. Impact of Circulation Change on Tropical Cyclones

Tropical cyclones constitute a significant part of seasonal rainfall in the tropics, and environmental
conditions influence their genesis and development, primarily through vertical wind shear and
SST (DeMaria 1996). As global warming weakens the tropical circulation, wind shear should
lessen, increasing intense tropical cyclone activity and intensity (Knutson et al. 2008, Bender et al.
2010). Nevertheless, Vecchi & Soden (2007c) reported enhanced shear in the main hurricane
development regions in the tropical Atlantic and East Pacific, supported by past observations
(Wang & Lee 2008, Wang et al. 2008). This enhancement was shown to be caused by SST
patterns (weaker warming in the north relative to the equator) and would not suggest a strong
anthropogenic increase in hurricane activity. In addition, the relative SST change was reported
to be important (Vecchi et al. 2008, Wang & Lee 2008) to provide static energy and moisture to
penetrate the increased threshold for convection.

We have illustrated that the reduction of vertical wind shear associated with MASC is nearly
model and scenario independent (Figure 1), and that much of the uncertainty in hurricane re-
sponses should come from the SST patterns (Zhao & Held 2012). We suggest an intermodel
analysis comparing the influence of large-scale slowdown and SST pattern mechanisms on hurri-
cane change for both the past and the future as an important direction for future study. Two key
measures should be investigated: maximum potential intensity for development (Emanuel 1999),
which is primarily controlled by SST patterns, and genesis potential index (Camargo et al. 2007)
or the recently developed cyclone genesis index (Bruyère et al. 2012) for genesis, which considers
both SSTs and wind shear.

6.3. Balance of Processes Driving Circulation Change over Land

As described in Section 5.2, there are several processes that could potentially lead to circulation
changes over land, and the balance of these differs among regions. Understanding more about
these processes is crucial for narrowing the large uncertainty in climate model projections of future
regional circulation and water cycle change.

A new set of atmosphere-only time-slice experiments (the piSST experiments based on the
preindustrial control coupled simulation and a4SST experiments on the run with abruptly qua-
drupling CO2) will be included in the contribution of the Cloud Feedbacks Model Intercomparison
Project phase 3 to CMIP6 (Webb et al. 2017), designed to analyze the processes that drive regional
climate change. These numerical experiments will isolate the individual responses of climate mod-
els to direct CO2 forcing, uniform SST warming, pattern SST warming, the plant physiological
effect, and sea ice change and should provide a much greater understanding of the processes that
drive change and uncertainty across coupled climate models for any given land region, as is done
for the ocean (Section 4.1.2).

7. SUMMARY

This article reviews the past ∼20 years of progress in understanding tropical atmospheric circu-
lation change cause by global warming and its impacts on the hydrological cycle. We summa-
rize the theories of atmospheric circulation and their predictions, present the diagnosed physical
mechanisms underlying large-scale and regional changes in observations and climate models,
and suggest a few promising future directions for improved climate projections. We decom-
pose the global-mean warming effects from the tropics-wide regional climate change, considering
both thermodynamic and dynamical components that drive circulation and precipitation changes.
Various mechanisms for precipitation change are discussed separately over oceans and land, with
related changes in the Hadley circulation and the direct CO2 radiative effect, respectively.
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Theoretical predictions of the atmospheric circulation change, and its effects on the hydrolog-
ical cycle, have been identified, including a poleward expansion of the Hadley cell, the slowdown
of the tropical circulation, and a wet-get-wetter pattern for precipitation. Diagnostic results then
suggest that the latter two significantly offset each other, giving rise to an SST pattern dominance
of regional precipitation change over the oceans. As a result, robust weakening is found only for
the Walker circulation and the Hadley circulation in the northern subtropics, with great uncer-
tainty for the latter near and to the south of the equator. These changes are also related to shifts
of storm tracks and the ITCZ.

Dynamical mechanisms such as the MASC effect and the warmer-get-wetter paradigm were
proposed for these equilibrium changes. More complicated mechanisms are likely to be important
over land, and this is an important area of ongoing research effort. Many other challenges also
remain for future research, including the tropical cyclone environment and ITCZ shifts. In general,
a more fundamental understanding of the pattern formation of SST, circulation, and rainfall will
be crucial to narrowing uncertainty in future climate projections.

SUMMARY POINTS

1. Significant progress has been made in understanding the climate change–induced re-
sponses of the tropical atmospheric circulation and hydrological cycle.

2. These changes can be separated into large-scale responses and regional changes, show-
ing connections between sea surface temperatures, winds, precipitation, and energy
transport.

3. Theoretical predictions include a poleward expansion of the Hadley cell, the slowdown
of the tropical circulation, and a wet-get-wetter trend for precipitation.

4. The large-scale weakening of the tropical circulation exerts a regional dynamical impact
on precipitation change, by partially offsetting the thermodynamic wet-get-wetter effect.

5. This allows local dynamical processes to dominate regional circulation and precipitation
changes, e.g., the warmer-get-wetter effect over ocean and the land surface warming and
CO2 effects over land.

6. Impacts of circulation weakening and sea surface temperature patterns are comparable
for the Hadley cell change and competitive near and south of the equator, which may be
related to a shift of the intertropical convergence zone.

FUTURE ISSUES

1. A combined understanding of changes in the sea surface temperature patterns and the in-
tertropical convergence zone may provide an alternative view for global warming pattern
formation, so that uncertainties in climate projections can be traced back to the biases in
current climate simulations.

2. Uncertainty in environmental change of tropical cyclones needs to be better understood.

3. A budget analysis for land rainfall change is needed to examine the balance of multiple
processes for various land regions.
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A.M. Celâl Şengör, Boris A. Natal’in, Gürsel Sunal, and Rob van der Voo � � � � � � � � � � � � � 439

The Evolution and Fossil History of Sensory Perception in Amniote
Vertebrates
Johannes Müller, Constanze Bickelmann, and Gabriela Sobral � � � � � � � � � � � � � � � � � � � � � � � � � � 495

Role of Soil Erosion in Biogeochemical Cycling of Essential Elements:
Carbon, Nitrogen, and Phosphorus
Asmeret Asefaw Berhe, Rebecca T. Barnes, Johan Six, and Erika Marı́n-Spiotta � � � � � � 521

Responses of the Tropical Atmospheric Circulation to Climate Change
and Connection to the Hydrological Cycle
Jian Ma, Robin Chadwick, Kyong-Hwan Seo, Changming Dong, Gang Huang,

Gregory R. Foltz, and Jonathan H. Jiang � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � � 549

Errata

An online log of corrections to Annual Review of Earth and Planetary Sciences articles
may be found at http://www.annualreviews.org/errata/earth

Contents ix

A
nn

u.
 R

ev
. E

ar
th

 P
la

ne
t. 

Sc
i. 

20
18

.4
6:

54
9-

58
0.

 D
ow

nl
oa

de
d 

fr
om

 w
w

w
.a

nn
ua

lr
ev

ie
w

s.
or

g
 A

cc
es

s 
pr

ov
id

ed
 b

y 
21

0.
73

.1
5.

3 
on

 0
6/

09
/1

8.
 F

or
 p

er
so

na
l u

se
 o

nl
y.

 



B: the article selected the East Asian Monsoon 
Catalogue 

The first or corresponding author (* for corresponding author) : 

1. Huang, G.* and Z. Yan, 1999: The East Asian Summer Monsoon 

Circulation Anomaly Index and the Interannual Variations of the East 

Asian Summer Monsoon. Chinese Science Bulletin, 44(4):1325-1329  

(SCI) (IF=6.277,2018)    

2. Huang, G.*, 2004: An Index Measuring the Interannual Variation of 

the East Asian Summer Monsoon-The EAP Index. Advances in 

Atmospheric Sciences, 21(1):41-52 (SCIE) (IF=1.819,2018) 

3. Huang, G.*, Y. Liu and R. Huang, 2011: The interannual variability of 

summer rainfall in the arid and semi-arid region in northern China and 

its association with the northern hemisphere circumglobal 

teleconnection. Advances in Atmospheric Sciences, 28(2), 257-268. 

(SCI) (IF=1.819,2018) 

4. Liu, Y., G. Huang* and R. Huang, 2011: Inter-decadal variability of 

summer rainfall in Eastern China detected by the Lepage test. 

Theoretical and Applied Climatology, 106(3-4):481-488. (SCI) 

(IF=2.72,2018) 

5. Qu X., G. Huang* and W. Zhou,2014: Consistent responses of East 

Asian summermean rainfall to global warming in CMIP5 simulations, 

Theoretical and Applied Climatology, 117(1-2):123-131. (SCI) 

(IF=2.72,2018) 



6. Zhao, G., G. Huang*, R. Wu, W. Tao, H. Gong, X. Qu and K. Hu. 2015:  

A New Upper-level Circulation Index for the East Asian Summer 

Monsoon Variability,   Journal of Climate, Vol. 28, No. 24. 9977-9996   

(SCI) (IF=4805,2018) 

7. Yao S-L, Luo J-J and Huang G *,2016: Internal Variability-Generated 

Uncertainty in East Asian Climate Projections Estimated with 40 

CCSM3 Ensembles. PLoS ONE 11(3): e0149968. doi:10.1371/ 

journal.pone.0149968   (SCI) (IF=2.776,2018) 

8. Wang, L., W. Chen, G. Huang* and G. Zeng, 2017: Changes of the 

Transitional Climate Zone in East Asia: Past and Future, Climate 

Dynamics, 49(4), 1463-1477, DOI: 10.1007/s00382-016-3400-4  

(SCI) (IF=4.048,2018) 

9. Zhu, L., G. Huang*,G. Fan and X. Qu, 2017: Evolution of Surface 

Sensible Heat over the Tibetan Plateau Under the Recent Global 

Warming Hiatus, Advances in Atmospheric Sciences, 34 (10) :1249-

1262,Doi:10.1007/s00376-017-6298-9 (SCI) (IF=1.819,2018) 

10. Liu, B. G. Zhao, G. Huang*, P. Wang and B. Yan, 2018: The 

Dependence on Atmospheric Resolution of ENSO and Related East 

Asian-Western North Pacific Summer Climate Variability in a Coupled 

Model, Theoretical and Applied Climatology, 133(3-4): 1207-

1217,DOI:10.1007/s00704-017-2254-y (SCI) (IF=2.72,2018) 

11. Hu, K., G. Huang*, R. Wu and L. Wang,2018, Structure and dynamics 



of a wave train along the wintertime Asian jet and its impact on East 

Asian climate, Climate Dynamics, 51：4123-4137，DOI: 10.1007/ 

s00382-017-3674-1 (SCI) (IF=4.048,2018) 

12. Gong，Z., G. Feng, M. Dogar and G. Huang*, 2018: The possible 

physical mechanism for the EAP–SR co-action, Climate Dynamics, 51

（4）：1499-1516，DOI:10.1007/s00382 -017-3967 -42016 (SCI) 

(IF=4.048,2018) 

13. Wang, L., G. Huang*, W. Chen, W. Zhou and W. Wang, 2018: Wet-to-

Dry shift over Southwest China in 1994 tied to the warming of tropical 

warm pool, Climate Dynamics, 51(7-8):3111-3123, DOI: 

10.1007/s00382-018-4068-8 (SCI) (IF=4.048,2018) 

14. Dong, D., G. Huang*, W. Tao, R. Wu, K. Hu and C. Li, 2018: 

Interannual variation of precipitation over the Hengduan Mountains 

during rainy season,  International Journal of Climatology, 38: 2112-

2125, DOI: 10.1002/joc.5321 (SCI) (IF=3.601,2018) 

15. Qu, X. and G. Huang*, 2018: Different multi-year mean temperature in 

mid-summer of South China under different 1.5 °C warming scenarios, 

Scientific Report，8:13794, DOI: 10.1038/s41598-018– 32277-6 (SCI) 

(IF=4.011,2018) 

16. Chen, L. X. Qu, G. Huang* and Y. Gong, 2019: Projections of East 

Asian summer monsoon under 1.5°C and 2°C warming goals, 

Theoretical and Applied Climatology，137(3-4):2187-2201, DOI : 

10.1007/s00704-018-2720-1 (SCI) (IF=2.72,2018) 



17. Wang, L., G. Huang* and W. Chen, 2019: Towards a theoretical 

understanding of multiscalar drought indices based on the relationship 

between precipitation and standardized precipitation index, Theoretical 

and Applied Climatology, 136(3):1465-1473, DOI : 10.1007/s00704-

018-2578-2 (SCI) (IF=2.72,2018)  

18. Zhu, L., G. Huang*, G. FAN, X. QU, Z. WANG and W. Hua, 2019: 

Elevation-dependent sensible heat flux trend over the Tibetan Plateau 

and its possible causes, Climate Dynamics,52(7):3997-4009, 

DOI:10.1007/s00382-018 -4360-7 (SCI) (IF=4.048,2018) 

19. Zhou, S., P. Huang*,G. Huang* and K. Hu, 2019: Leading source and 

constraint on systematic spread of the changes in East Asian and 

western North Pacific summer monsoon, Environmental Research 

Letters, 14(2019)124059, https://doi.org/10.1088/ 1748-9326/ab547c 

(SCI) (IF=6.192,2018) 

20. Tao, W., G. Huang*, William K. M. Lau, D. Dong, P. Wang and G. 

Wen,2019: How can the resolution and biases of CMIP5 AGCMs 

influence precipitation in mountain areas—the Hengduan Mountains?  

Climate Dynamics,https://doi.org/10.1007/s00382-019-04993-w (SCI) 

(IF=4.048,2018) 

21. Zhou, S., G. Huang* and P. Huang*，2019：A bias-corrected projection 

for the changes in East Asian summer monsoon rainfall under global 

warming, Climate Dynamics,DOI:10.1007/s00382-019 -04980-1(SCI) 

(IF=4.048,2018) 



22. Huang, G.* and Y. Liu, 2011: Simulation of the East Asian 

Subtropical Westerly Jet Stream with GFDL AGCM (AM2.1). 

Atmospheric Oceanic Science Letters, 4(1):24–29. (CSCD) 

23. Huang, G.*, 1999: Study on the relationship between summer 

monsoon circulation anomaly index and the climatic variations in East 

Asia. Journal of Applied Meteorological Science, 10:61-69. ( in 

Chinese)  (CSCD)  

24. Huang, G.* and L. Zhou, 2004: The Variability of the Wind System 

Circulating round the West Side of the Tibetan Plateau and Its Relation 

to the East Asian Summer Monsoon and Summer Rainfall in North 

China. Climatic and Environmental Research, 9(1):316-331. ( in 

Chinese) (CSCD)  

25. Huang, G.*, 2006: Global Climate change Phenomenon Associated 

with the droughts in North China. Climatic and Environmental 

Research, 11(3):270-279. ( in Chinese) (CSCD)  

26. Huang, G.* and W. Zhou, 2006: PCA Stepwise Regression 

Forecasting Model of Climatic Filed of North China summer rainfall. 

Climatic and Environmental Research, 11(3):296-301. ( in Chinese) 

(CSCD) 

27. Huang, G.*, 2006: The Assessment and Difference of the Interdecadal 

Variations of climate change in Northern Part of China with the 



NCEP/NCAR and ERA-40 Reanalysis Data. Climatic and 

Environmental Research, 11(3):310-320. (in Chinese) (CSCD) 

28. Huang, G.* and K. Hu, 2009: Influence of Round-off Error on 

Simulation of Summer Climate in the Northwestern Pacific and East 

Asia in an AGCM. Journal of Nanjing Institute of Meteorology, 

32(2):155-163 ( in Chinese) (CSCD) 

29. Huang, G.* and X. Qu, 2009: Merdional Location of West Pacific 

Subtropical High in Summer in IPCC AR4 Simulation. Transactions 

of Atmospheric Sciences, 32(3):351-359 ( in Chinese) (CSCD) 



NOTES 

The East Asian summer monsoon circulation anomaly index 
and its interannual variations 

HUANG Gang * and YAN Zhongwei 
Institute of Atmospheric Physics , Chinese Academy of Sciences , BeGing 100029, China 
* Corresponding author . E-mail : hg@ sgi50s .  iap . ac . cn 

Abstract Based on the concept of East Asia-Pacific ( EAP) teleconnection which influences 
East Asian summer monsoon, an index for East Asian summer monsoon circulation anomaly 
was defined and it was pointed out that this index can describle the interannual variation charac- 
ter of summer climate in East Asia, especially in the Yangtze River and Huaihe River Valley. 

Keywords : East Asian monsoon, monsoon circulation anomaly index, East Asia-Pacific ( EAP) teleconnection pattern, in- 
terannual variation. 

MONSOON index is not only a criterion of measuring the strength of monsoon, but also a precondition for 
researching the interannual variations of monsoon. Because China is located in the East Asian monsoon 
region, much attention has long been paid to the definition of the East Asian summer monsoon. For a long 

time, many scholars have studied this and put forward various definitions. However, since 
the focuses of these researchers are different, there are many differences among the indices of the East 
Asian summer monsoon. Due to the complexity of the East Asian monsoon system, each index cannot re- 
flect all characteristics of the East Asian summer monsoon. In fact, the variations of East Asian summer 
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NOTES 
monsoon climate are closely related to some special large-scale circulation anomalies, therefore, concern- 
ing the large-scale circulation anomalies is important in the investigation of this problem. 

Some previous show that the East Asian summer monsoon has a close relationship with 
the East Asia-Pacific (EAP) teleconnection pattern. Therefore, in this note based on the concept of the 
EAP teleconnection pattern, we defind an index of the East Asian summer monsoon circulation anomalies, 
and investigated the relation between this circulation index and the interannual variations of the rainfall 
and other climatic elements related to the East Asian summer monsoon. 

1 Data and method 
Using NMC (NCEP) monthly data from 1946 to 1957, the monthly data from 1958 to 1996 reana- 

lyzed by NCAFUNCEP, and the data of rainfall and temperature at 160 stations in China from 1951 to 
1996, with the methods of statistical correlation and composite analysis, we examined the relationship be- 
tween the 500 hPa geopotential height anomalies in East Asia and the resultant drought and flood in the 
eastern part of China in summer. Special attention was paid to the following two regions: the Yangtze 
River and the Huaihe River Valley (29ON-33" N , 114"E-125" E ) and North China ( 34" N-40" N , 
l 10°E-125"E). 

2 Definition of East Asian summer monsoon circulation anomaly index and other indices 

Because the EAP teleconnection pattern has a close relationship with the East Asian summer mon- 
soon[7.81 , we defined an East Asian summer monsoon circulation anomaly index (or EAP index in short, 
I E A P ) ,  and studied the relationship between the interannual variations of the East Asian summer monsoon 
circulation anomaly and the interannual variations of some climatic elements in the East Asia summer 
monsoon region. The definition of IEAP is 

IEAP = Nor(- 0.25Z,'(20°N,1250E) + 0.50Z,'(40°N,1250E) - 0.25Z, '(60°N,1250E)),  (1 )  
- 

where Z' = Z - z ( Z is the seasonal-mean 500 hPa geopotential height in a summer, Z is the climato- 
logical-mean geopotential height) , 2,' = Z' sin45O/sing; , y, is the latitude. Nor( X )  means the normal- 
ization of X .  

We also defined other indices in order to study the relationship between the north boundary of the 
East Asian summer monsoon and the transportation of the water vapor field. One is the regional south 
wind area index in North China in summer. In this region, we calculated the anomalous number of the 
grid points with south wind u 3 1 m/s and performed the normalization. This index can describe the ad- 
vance and retreat of south wind in summer. Although the region is fixed, it can reflect the northward ad- 
vance of the East Asian summer monsoon, because the East Asian summer monsoon has an obvious north- 
ward or southward movement in together. In addition, according to the definition of pseudo-equivalent 
temperature by Tu and ~ u a n ~ ' ~ ]  and the calculating method suggested by ~ i n ~ ' ' ' ] ,  we calculated the 
variability of pseudo-equivalent temperature, and defined the region' s pseudo-equivalent temperature 
strength index in North China. It is calculated over the whole region and is normalized. This strength in- 
dex can show the strength of water vapor transportation in the East Asian summer monsoon region. Be- 
cause the stream field and the water vapor field at 700 hPa have the most obvious character, we used the 
700 hPa data reanalyzed by NCARlNCEP to calculate the above-mentioned indices. 

3 Result 
Figure 1 shows the interannual variations of IEAP calculated by using formula ( 1 ) . It shows that in 

the summers of 1954, 1980, 1983 and 1991, when floods occurred in the Yangtze River and the Huaihe 
River Valley, the EAP index was smaller than or equal to - 1 . On the contrary, in the summers of 1994, 
1961 and 1978, when droughts occurred in the Yangtze River and the Huaihe River Valley, the EAP in- 
dex was larger than or equal to 1 .  The summer of 1991 was a serious flood season in the Yangtze River 
and the Huaihe River Valley, but the index was not so small as expected. This may be due to the fact 
that the EAP index was negative in June and July, but this index turned to stronger positive in August, 
1991. 
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for the summer with low I E A p ,  respectively. - 2 .  5 1  , , , , , , , , , , 1 
From fig. 2 ( a )  , ( b )  it may be seen that the - 3 . 0  

1945 1950 1955 1960 1965 1970 1975 1980 1985 1990 1995 
500 hPa geopotential height anomaly pattern Year 

In order to investigate the difference 
3 . 5  

between the circulation in the summers with 
3.0- 

high I E A P  and that in the summers with low 
2 . 5 -  

I E A P I  a composite method was used to study 
2.0-  

the anomalies of 500 hPa geopotential height - 
fields over East Asia in summer. When I E A p  
is greater than or equals 1 ,  the index is de- 
fined as a high index, on the contrary, when 

for the summer high I E A p  is opposite to that 
Fig. 1 . Interannual variations of the East Asian summer monsoon cir- 

for the summer with low ' E A P  ' When I E A P  is culaion index from ,946 to 19%. 
higher, the western Pacific subtropical high 
shifts northward, and drought in summer may occur in the Yangtze River and the Huaihe River Valley; 
on the contrary, when I E A P  is lower, the western Pacific subtropical high shifts southward, and flood may 

I E A P  is smaller or equals - 1 , the index is 
d e f i n e d a s a l o w i n d e x .  Fig. 2 ( a ) ,  ( b )  - 1 . 0 -  

shows the 500 hPa geopotential height anoma- - 1.5 - 

occur there in summer. 

I I 

Fig. 2 .  The composite 500 hPa geopotential height anomalies in East Asia for the summers with high index ( (a)  Iwa 
1 ) and with low index ( ( b )  IWP < - 1 ) , respectively (unit : GPM) . 

ly patterns for the summer with high I E A p  and - 2 . 0  - 

In order to study the relationship between this index and other climatic elements in the eastern part 
of China, we calculated the variations of rainfall and temperature in the Yangtze River and the Huaihe 
River Valley, and the variations of south wind area index and pseudo-equivalent temperature strength in- 
dex in North China. Fig. 3 ( a )  shows the interannual variations of the East Asian summer monsoon circu- 
lation anomaly index and the seasonal mean rainfall and temperatu~ in the Yangtze River and the Huaihe 
River Valley in summer, and fig. 3 ( b) indicates the interannual variations of I E A P ,  the south wind area 
index and the pseudo-equivalent temperature strength index in North China in summer. It can be seen 
from fig. 3 that there is a negative correlation between I E A P  and the rainfall of the Yangtze River and the 
Huaihe River Valley, and a positive correlation between I E A P  and the temperature in the Yangtze River 
and the Huaihe Valley. Moreover, there is a positive correlation between I E A P  and the south wind area in- 
dex and pseudo-equivalent temperature strength index in North China. All the correlation coefficients pass 
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Fig. 3. (a) The interannual variations of the East Asian summer monsoon circulation anomaly index (curve 1 ) and the 
interannual vnriatiom.of the normalieed rainfall (curve 2) and temperature anomalies (curve 3) in the Yangtze River and 
Huaihe River Valley in summer. (b)  The interannual variations of the East Asian summer monsoon circulation anomaly in- 
dex (curve 1) and the interannual variations of the south wind area index (curve 2) and the peudo-equivalent temperature 
strength index (curve 3) in North China. 

99% statistical significance test. Thus, there are close relations between IEAP and these elemente, and it 
can be said that IWp has a close relationship with the climatic elements variations in East Asia. This in- 
dex can show not only the variations of rainfall or temperature in the Yangtze River and the Huaihe River 
Valley, but also the northward shift of the East Asian summer monsoon system and the northward trans- 
portation of water vapor. In short, IEAP can well describe the interannual variations of the East Asia sum- 
mer monsoons. 

There is a close relationship between the EAP pattern and the drought and flood patterns in East A- 
sia, especially in the Yangtze River and the Huaihe River Valley in summer. When the East Asian sum- 
mer monsoon circulation anomaly index IEAP is above nonnal, droughts occur in the Yangtze River and 
Huaihe River Valley, on the contrary, when the IEAP is below normal, floods happen there. 

IEAP defined in this note can describe the interannual climatic variability in East Asia. It can de- 
scribe not only the variations of the rainfall and temperature in the Yangtze River and the Huaihe River 
Valley, but also the northward shift of the East Asian summer monsoon system and the notthward trans- 
portation of water vapor. 
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ABSTRACT

Based on the EAP (East Asia/Pacific) teleconnection in the summer circulation anomalies over the
Northern Hemisphere, an index measuring the strength of the East Asian summer monsoon, i.e., the so-
called EAP index, is defined in this paper. From the analyses of observed data, it is clearly shown that the
EAP index defined in this study can well describe the interannual variability of summer rainfall and surface
air temperature in East Asia, especially in the Yangtze River valley and the Huaihe River valley, Korea,
and Japan. Moreover, this index can also reflect the interannual variability of the East Asian summer
monsoon system including the monsoon horizontal circulation and the vertical-meridional circulation cell
over East Asia. From the composite analyses of climate and monsoon circulation anomalies for high EAP
index and for low EAP index, respectively, it is well demonstrated that the EAP index proposed in this
study can well measure the strength of the East Asian summer monsoon.

Key words: East Asia/Pacific index, East Asian summer monsoon, interannual variability

1. Introduction

As well known, the interannual variability of the
East Asian summer monsoon is very obvious and
causes severe droughts and floods in East Asia, es-
pecially in the eastern part of China (see Tao and
Chen, 1985; Ding, 1994; Ye et al., 1996; Huang et al.,
1998; Huang and Zhou, 2002). Therefore, the inter-
annual variability of the East Asian summer monsoon
(EASM) is an important issue for Chinese meteorol-
ogists. Through the efforts of more than sixty years,
Chinese meteorologists have achieved many advances
in the studies on the EASM. Tao and Chen (1987)
made a systematical review on these advances.

Recently, many scholars have made many efforts
to study the interannual variability of EASM and its
causes. Nitta (1987, 1996), Huang and Li (1987, 1988),
Kurihara (1989), and Huang and Sun (1992) pointed
out the significant effect of the thermal state in the
tropical western Pacific and the convective activities
around the Philippines on the interannual variabil-
ity of EASM. Nitta (1987), and Huang and Li (1987)
showed that there is an obvious teleconnection pattern
in the summer circulation anomalies over the North-
ern Hemisphere, which has been called the PJ (Pacific-

Japan) pattern and the EAP (East Asia/Pacific) pat-
tern teleconnection by Nitta (1987), and Huang and
Li (1987), respectively.

In order to describe the interannual variability of
EASM, a monsoon index measuring the strength of
EASM is necessary. Up to now, there are two kinds of
definitions of the Asian monsoon index. One is defined
from the thermodynamical elements. For example,
Tao and Chen (1987), and Murakami and Matsumoto
(1994) defined the monsoon index with the strength of
monsoon rainfall and OLR, respectively. The other is
defined from the dynamical elements, i.e., wind field.
Webster and Yang (1992), and Zeng et al. (1994) de-
fined the monsoon index from the difference of the
zonal winds between the high level and lower level at-
mosphere over the Asian monsoon region, while Zhang
and Peng (2003) defined the East Asian summer mon-
soon index with the difference of the zonal winds be-
tween the middle latitudes and low latitudes over East
Asia. There are some advantages and disadvantages
in these definitions. The former may be easily influ-
enced by local thermodynamical conditions, but the
latter may be only suitable for the South Asian mon-
soon. Since the EASM has the feature of a subtropical
monsoon and a meridional component (see Huang et
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al., 1998), it may be not suitable to define an index
only with the zonal component of the wind field over
the regions of EASM. Therefore, how to define a mon-
soon index measuring the strength of the EASM is still
necessary for the study of the interannual variations of
EASM.

Guo (1983) and Shi et al. (1996) defined the index
measuring the interannual variations of EASM with
the difference of sea-level pressure between the North
Pacific and Eurasian continent, which is also an ele-
ment related with the dynamics. As described above,
the observational and theoretical studies have shown
that the interannual variation of EASM is greatly in-
fluenced by the EAP teleconnection pattern suggested
by Nitta (1987) and Huang and Li (1987), respectively.
This teleconnection pattern has been widely used in
the seasonal prediction of climate anomalies in China.
Thus, based on this teleconnection shown in Figure 1
(from Huang and Li, 1987), the NCEP/NCAR reanal-
ysis data of height fields at 500 hPa are used to defined
an index measuring the strength of the EASM. And
the observed data of monthly precipitation in China,
Korea, and Japan are further used to study the inter-
annual variations of EASM in this paper.

2. Definition of the EAP index measuring the
interannual variation of EASM.

Because the EAP teleconnection pattern has a
close relationship with the interannual variations of

90ºE

90ºW

0º 180º

Fig.1

Fig. 1. The schematic map of the EAP teleconnection
pattern (from Huang and Li, 1987). The “+” and “–” in
the figure denote the positive and negative height anoma-
lies at 500 hPa, respectively.

EASM, an index of EASM is defined based on this
pattern. This index is simply called the EAP index,
i.e., IEAP. The definition of IEAP is as follows:

IEAP =− 0.25Z ′
s(60◦N, 125◦E)+0.50Z ′

s(40◦N, 125◦E)

− 0.25Z ′
s(20◦N, 125◦E) , (1)

where Z ′
s=Z sin 45◦/ sinϕ is the standardized seasonal-

mean 500-hPa height anomaly at a grid point with the
latitude ϕ, and Z ′=Z−Z̄ is the summer seasonal-mean
500-hPa height anomaly at the grid point.

Figure 2 shows the interannual variation of IEAP

calculated using Formula (1) with the NCAR/NCEP
reanalysis data of the 500-hPa height fields from 1951
to 2000.

The results of Nitta (1987), Huang and Li (1987),
Kurihara (1989), and Huang and Sun (1992), show
that the convective activities are strong around the
Philippines in the warming state of the West Pacific
warm pool; in this case, the western Pacific subtrop-
ical high shifts northward, and the summer monsoon
rainfall may be below normal in the Yangtze River and
Huaihe River valley of China, and in South Korea and
Japan. Then the Z ′

s at the grid point of (40◦N, 125◦E)
is positive, and Z ′

s at the grid point of (60◦N, 125◦E)
and (20◦N, 125◦E) are both negative. Thus, IEAP will
be positive. Therefore, if the EAP index shown in Fig.
2 is positive, the East Asian summer monsoon rainfall
may be weak in the Yangtze River and Huaihe River
valley of China, and in South Korea and Japan. On
the other hand, in the cooling state of the West Pacific
warm pool, the convective activities are weak around
the Philippines. Then the western Pacific subtropical
high shifts southward, and the summer monsoon rain-
fall may be above normal in the Yangtze River and
Huaihe River valley of China, and in South Korea and
Japan. In this case, the IEAP shown in Fig. 2 is neg-
ative. Therefore, if the index is negative, the East
Asian summer monsoon rainfall may be strong in the
Yangtze River and Huaihe River valley of China, and
in South Korea and Japan.

3. Relationship between the EAP index and
the summer monsoon rainfall in East Asia

Ramage (1971) pointed out that monsoon exhibits
not only wind reversal, but also the seasonal precip-
itation criterion. Therefore, a good monsoon index
should indicate well the variation of precipitation in
the monsoon region. In order to investigate whether
the EAP index can well describe the interannual vari-
ations of EASM or not, the point correlations between
the summer monsoon rainfall anomalies in China and
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Fig. 2. Interannual variation of IEAP calculated by using
Formula (1) with the observed data of the 500-hPa height
fields from 1951 to 2000.

the EAP index are calculated by using the observed
data of summer (June–August) monthly precipitation
at 160 observational stations in China from 1951 to
1996. Figure 3 presents the distribution of the corre-
lation coefficients between the summer rainfall anoma-
lies in China and the EAP index. It may be clearly
seen from the figure that there are large negative cor-
relations in the Yangtze River valley and the Huaihe
River valley. This means that in a summer with pos-
itive EAP index the summer rainfall is below normal.
For example, in the summers of 1961, 1978, and 1994,
the EAP index was larger than or equal to 1, and cor-
respondingly, severe droughts occurred in this region.

However, in a summer with negative EAP index such
as in 1954, 1957, 1980, 1987, 1996, and 1998, the EAP
index was smaller than or equal to –1, and serious
floods were caused in this region.

This negative correlation between the EAP index
and summer rainfall anomalies in the Yangtze River
valley and the Huaihe River valley is also seen from
the interannual variations of the normalized summer
rainfall anomalies in the (29◦–33◦N, 114◦–125◦E) re-
gion of the Yangtze River and Huaihe River valley and
the EAP index shown in Fig. 4. It shows that there is
a good out of phase relationship between the summer
rainfall in the Yangtze River and Huaihe River valley
and the EAP index. The maximum correlation coef-
ficience between them can reach 0.58, which greatly
exceeds the confidence level of 95%. This indicates
that the EAP index can well reflect the summer mon-
soon rainfall anomalies in the Yangtze River valley and
the Huaihe River valley.

The EAP index can reflect the interannual varia-
tion of summer monsoon rainfall in South Korea. Fig-
ure 5 shows the normalized summer rainfall anomalies
in South Korea and indicates a negative correlation
between the summer rainfall anomaly in South Korea
and the EAP index. The maximum negative correla-
tion coefficient can reach –0.37, which is significant at
the confidence level of 95%.

80E 90E 100E 110E 120E 130E 140E

20N

30N

40N

50N

Fig.3  

Fig. 3. Distribution of the correlation coefficients between the summer (June–
August) rainfall anomalies in China and the EAP index from 1951 to 1996. The
shaded areas indicate where the confidence level is over 95%.
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Fig. 4. Interannual variations of the normalized summer
monsoon rainfall anomalies in the region of (29◦–33◦N,
114◦–125◦E) of the Yangtze River and Huaihe River val-
ley (dashed line) and the EAP index (Solid line).
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Fig. 5. Same as Fig. 4 but for the normalized summer
monsoon rainfall anomalies in South Korea (dashed line).

We also calculate the correlation coefficients be-
tween the summer monsoon rainfall in East Asia and
the EAP index, the summer monsoon index (SM in-
dex) suggested by Guo (1983), and the Webster-Yang
index (WY index) proposed by Webster and Yang
(1992), respectively, by using the Xie-Arkin precipi-
tation data for 1979 to 1998.

Figures 6a–c are the distributions of the correla-
tion coefficients between the summer monsoon rainfall
anomalies in East Asia and the SM index, WY index,

and EAP index, respectively. Comparing Fig. 6c with
Figs. 6a and 6b, it may be clearly seen that the correla-
tion between the summer monsoon rainfall anomalies
in East Asia and the EAP index proposed in this study
is larger than the other correlations, especially in the
positive correlation region of the lower reaches of the
Huaihe River, and South Korea and Japan, and in the
negative correlation region of the southeastern coast
of China and around the Philippines. Thus we can
conclude that the EAP index defined in this study can
better describe the interannual variations of the East
Asian summer monsoon.

4. Relationship between theEAP index and the
summer surface air temperature inEastAsia

Generally, the interannual variability of summer
surface air temperature has an out of phase relation-
ship with the variability of summer rainfall in the East
Asian monsoon region. Therefore, it is also possible
that there is a close relationship between the summer
surface air temperature anomalies and the EAP in-
dex. Figure 7 is the distribution of the correlation
coefficients between the summer surface air tempera-
ture anomalies in China and the EAP index. It may
be seen from the figure that there are large positive
correlations in the Yangtze River valley, the Huaihe
River valley, North China, and Northeast China. The
maximum correlation coefficient reaches 0.6 in North-
east China and the Korean Peninsula, which greatly
exceeds the confidence level of 95%. That is to say, in
a summer with high EAP index, the summer surface
air temperature may be high and a hot summer may
occur in these regions. For example, in the summers
of 1961, 1978, and 1994, drought and hot summers oc-
curred in the middle and lower reaches of the Yangtze
River and the Huaihe River valley. Our results sug-
gest that the EAP index proposed in this study can
describe the interannual variations of summer surface
air temperature not only in the Yangtze River valley
and the Huaihe River valley, but also in North China
and Northeast China.

Table 1. The correlation coefficients among the summer rainfall (YH-R) and surface air temperature anomalies (YH-
T) in the Yangtze River valley and the Huaihe River valley, and the summer rainfall (K-R) and surface air temperature
anomalies (K-T) in South Korea, and the EAP index for 42 summers.

Parameters IEAP YH-R YH-T K-R K-T

IEAP 1.00

YH-R –0.59 1.00

YH-T 0.54 –0.68 1.00

K-R –0.37 0.33 –0.25 1.00

K-T 0.77 –0.56 0.66 –0.50 1.00
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(a)

(b)

(c)

Fig. 6. Distribution of the correlation coefficients between the summer (June–
August) rainfall anomalies in China with (a) the SM index, (b) the WY index,
and (c) the EAP index. The shaded areas in the figure denote where the
confidence level is over 95%.
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Fig. 7. Distribution of the correlation coefficients between the summer surface air
temperature anomalies in China and the EAP index. The shaded areas denote where
the confidence level is over 95%.

Similarly, the EAP index can also describe the in-
terannual variations of summer surface air tempera-
ture anomalies in South Korea (figures not shown).
Table 1 shows that the correlation between the sum-
mer surface air temperature anomalies in Korea and
the EAP index is significant with a correlation coef-
ficient of 0.77, which exceeds the confidence level of
99%.

From the above results and the correlation coef-
ficients shown in Table 1, it is clearly seen that the
EAP index based on the EAP teleconnection pattern
can well describe not only the interannual variations
of summer rainfall, but also the interannual variations
of summer surface air temperature anomalies in the
East Asian summer monsoon region, especially in the
Yangtze River valley and the Huaihe River valley of
China, and in South Korea and Japan. Therefore, the
interannual variation of the EAP index defined in this
study can be used to denote the interannual variability
of monsoon climate in East Asia.

5. Relationship between theEAP index and the
East Asian summer monsoon circulation

As mentioned above, there is a close relationship
between the EAP index and the interannual variations
of summer rainfall and surface air temperature in East
Asia. But what causes the close relationship between

the EAP index and the interannual variability of mon-
soon climate in East Asia? This may be due to the fact
that the EAP index can well indicate the interannual
variability of the East Asian summer monsoon circu-
lation. In order to demonstrate this, the composite
anomalous distributions of the 500-hPa height fields,
the wind fields and their meridional component at 700
hPa over East Asia for the summers with high EAP in-
dex, (i.e., IEAP >1), namely, 1961, 1978, and 1994 and
for the summers with low EAP index, (IEAP 6 −1),
namely, 1954, 1957, 1980, 1987, 1996, and 1998, are
respectively analyzed.

Figures 8a and 8b indicate the composite distribu-
tions of the 500-hPa height anomaly fields over East
Asia for the summers with IEAP >1 and for the sum-
mers with IEAP 6 −1, respectively. Comparing Fig.
8a with Fig. 8b, it may be seen that the composite
anomaly pattern of summer monsoon circulations for
the summers with high EAP index is opposite to those
for the summers with low EAP index. In a summer
with high EAP index, as shown in Fig. 8a, the western
Pacific subtropical high shifts northward. The posi-
tive 500-hPa height anomaly area is located over the
Huaihe River valley, North China and the southern
part of Northeast China, the Korean Peninsula and
Japan, and the negative 500-hPa height anomaly ar-
eas are located over South China and eastern Siberia.
Therefore, in a summer with high EAP index, the
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(a) 
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Fig. 8. Composite anomaly distributions of the 500-hPa height fields over
East Asia for (a) the summers with high EAP index (IEAP > 1) and (b) the
summers with low EAP index (IEAP 6−1). Units: 10 gpm. The shaded areas
in the figure indicate where the confidence level is over 95%.

summer surface air temperature is high and the sum-
mer monsoon rainfall is less in the middle and lower
reaches of the Yangtze River and the Huaihe River
valley, Korea, and Japan. In contrast, in a summer
with low EAP index, as shown in Fig. 8b, the west-
ern Pacific subtropical high shifts southward. The
negative 500-hPa height anomaly area is located over
the Huaihe River valley, North China and Northeast

China, the Korean Peninsula and Japan, and the pos-
itive 500-hPa height anomaly areas are located over
South China and eastern Siberia. Therefore, in a sum-
mer with low EAP index, the summer surface air tem-
perature is normal or below normal, and the summer
monsoon rainfall is strong in the middle and lower
reaches of the Yangtze River and the Huaihe River
valley, Korea, and Japan.
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(a)

(b)

Fig. 9. Same as Fig. 8 but for the horizontal wind anomaly distribution at
700 hPa.

Generally, the monsoon flow is most obvious at 700
hPa over East Asia. Thus, the composite anomaly dis-
tributions of the wind fields at 700 hPa over East Asia
for the summers with high EAP index (IEAP > 1),
namely, 1961, 1978, and 1994, and for the summers
with low EAP index (IEAP 6−1), namely, 1954, 1957,
1980, 1987, 1996, and 1998, are respectively analyzed

(see Fig. 9). As shown in Fig. 9a, in a summer with
high EAP index, the strong anomalous anticyclonic
circulation is located over the Huaihe River valley,
North China, and Northeast China, and the anoma-
lous cyclonic circulation is located over South China
and eastern Siberia. In contrast, in a summer with low
EAP index, as shown in Fig. 9b, the anomalous cyc-
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Fig. 10. Same as Fig. 8 but for the meridional wind anomalies at 700 hPa.
Units: m s−1.

lonic circulation is located over the Huaihe River val-
ley, North China and Northeast China, the Korean
Peninsula, and Japan, and the anomalous anticyclonic
circulations are located over South China and eastern
Siberia. Therefore, the anomaly circulation pattern
shown in Fig. 9a is opposite to that shown in Fig. 9b.
These patterns are similar to the distributions of the
500-hPa height anomaly field shown in Fig. 8.

From the above analyses, it is clear that the EAP
index can well describe the interannual variability of
summer monsoon circulation over East Asia.

An important characteristic of the summer mon-

soon flow over East Asia is its large meridional compo-
nent. Huang et al. (1998) pointed out that the merid-
ional component of water vapor transport associated
with the East Asian summer monsoon is dominant.
The convergence of water vapor transport, which can
cause rainfall, is closely associated with the meridional
transport of water vapor from south to north by mon-
soon flow. Therefore, the composite distributions of
the meridional component of the wind fields at 700
hPa over East Asia for the summers with high EAP
index and for the summers with low EAP index are
also analyzed and shown in Figs. 10a and 10b, respec-
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(b)

(a)

Fig. 11. Same as Fig. 8 but for the vertical-meridional
circulation anomalies averaged between 110◦–125◦E.

tively. Comparing Fig. 10a with Fig. 10b, the anoma-
lous meridional component of the wind fields at 700
hPa for the summers with high EAP index is different
from that for the summers with low EAP index. In
a summer with high EAP index, the positive merid-
ional wind anomalies appear over the Huaihe River
valley, North China, and the Korean Peninsula, i.e.,
the strong southerly winds of the monsoon flow over
these regions. However, in a summer with low EAP
index, the negative meridional wind anomalies appear
over the Huaihe River valley, North China, and the Ko-
rean Peninsula, as shown in Fig. 10b. This indicates
that in a summer with low EAP index, the southerly
monsoon flow is weak over these regions.

6. Relationship between the EAP index and
the vertical-meridional circulation over East
Asia

Tao and Chen (1987) pointed out that the mean
vertical-meridional circulation over the East Asian
summer monsoon region is different from that over the
Indian monsoon region. In East Asia there is no high
mountain barriers and the flow can frequently pene-
trate from the mid-latitudes into the subtropical re-
gion of East Asia. In the climatological mean state,

the convective activities are strong over the monsoon
trough (or ITCZ) located at about 15◦N. The outflow
in the upper troposphere caused by the convective ac-
tivities can be directed equatorward and northward
from 15◦N. Another ascending flow can be caused by
the strong convective activities over the mei-yu front
in the Yangtze River valley and the Baiu front in
Japan. Thus the northward flow from the monsoon
trough converges with the southward outflow due to
the strong convective activities over the mei-yu front.
This convergence can form a strong descending flow,
which contributes to the formation of the western Pa-
cific subtropical high.

Here the results show that the vertical-meridional
circulation over the East Asian summer monsoon re-
gion in a summer with high EAP index is very dif-
ferent from that in a summer with low EAP index.
Figures 11a and 11b are the composite anomaly dis-
tributions of vertical-meridional circulation averaged
along 110◦–125◦E for the summers with IEAP > 1
and for the summers with IEAP 6 −1, respectively.
Comparing Fig. 11a with Fig. 11b, it may be found
that the vertical-meridional circulation in a summer
with high EAP index is opposite to that in a summer
with low EAP index. As shown in Fig. 11a, the posi-
tive anomaly distribution of vertical-meridional circu-
lation, i.e., the Hadley cell-like circulation, is located
over the region from South China to the Yangtze River
valley. And there are strong southerly wind anomalies
not only in the lower troposphere but also in the up-
per troposphere over the area to the north of 30◦N.
In this case, there is strong descending anomaly flow
at 30◦N. This means that the ascending flow is not
strong over the mei-yu front in China and the Baiu
front in Japan. Thus, the monsoon rainfall and the
convective activities are not strong in these regions.
However, there are strong southerly wind anomalies
over the Yellow River valley, North China, and North
Korea, which may cause strong rainfall. In a sum-
mer with low EAP index, as shown in Fig. 11b, the
anomaly distribution of vertical-meridional circulation
exhibits an anti-Hadley cell-like circulation, or a mon-
soon cell-like circulation, over the region from South
China to the Yangtze River valley. There are strong
northerly wind anomalies in both the lower and up-
per troposphere over the area to the north of 30◦N.
In this case, there is a strong ascending anomaly flow
at 30◦N, indicating a strong ascending flow over the
mei-yu front in China and the Baiu front in Japan.
The monsoon rainfall and the convective activities are
strong in these regions. However, the southerly winds
are weak over the Yellow River valley, North China,
and North Korea. And the monsoon rainfall is weak
in North China and North Korea in this case.
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Therefore, our results also show that the EAP in-
dex proposed in this study can describe well the in-
terannual variability of vertical-meridional circulation
over East Asia.

7. Conclusion and discussion

Based on the EAP (East Asia/Pacific) teleconnec-
tion pattern in the summer atmospheric circulation
anomalies over the Northern Hemisphere suggested by
Nitta (1987), and Huang and Li (1987, 1988), respec-
tively, an index measuring the strength of the East
Asian summer monsoon is defined in this paper. This
index is called the EAP index. The composite analy-
ses of observed data clearly show that the EAP index
can well describe not only the interannual variations
of summer rainfall and surface air temperature in the
Yangtze River valley and the Huaihe River valley, the
Korean Peninsula, and Japan, but also the interannual
variability of the East Asian summer monsoon system
including the horizontal monsoon circulation and the
vertical-meridional circulation cell over East Asia.

With the NCEP/NCAR reanalysis data and sum-
mer rainfall and surface air temperature data from the
observational stations of China and Korea, it is shown
that in a summer with high EAP index, the monsoon
rainfall is weak in the Yangtze River valley and the
Huaihe River valley, South Korea, and Japan. And
the surface air temperature is also high in the Huaihe
River valley, North China and Northeast China, and
North Korea. In this case, the anticyclonic anomaly
circulation is located over the Yangtze River valley
and the Huaihe River valley, Korea, and Japan. The
southerly monsoon flow is strong over East Asia. A
positive vertical-meridional anomaly circulation cell is
located over the area from South China to the Yangtze
River valley, and there is a descending anomaly flow
at about 30◦N. However, in a summer with low EAP
index, the monsoon rainfall is strong in the Yangtze
River valley and the Huaihe River valley, South Ko-
rea, and Japan. The surface air temperature is low in
the Huaihe River valley, North China and Northwest
China, and North Korea. In this case, the cyclonic
anomaly circulation is located over the Yangtze River
valley and the Huaihe River valley, Korea, and Japan.
The southerly monsoon flow is weak over East Asia. A
reverse vertical-meridional anomaly circulation cell is
located over the area from South China to the Yangtze
River valley, and there is an ascending anomaly flow
at about 30◦N.

The analyses of observed data show that the EAP
index can well denote the interannual variations of
summer monsoon climate in East Asia because the in-
dex can well describe the East Asian summer monsoon

circulation system. However, our study is preliminary.
Further research is needed to improve the definition of
this index so that it can be more suitable for measuring
the interannual variations of the East Asian summer
monsoon.
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ABSTRACT

Using the latest daily observational rainfall datasets for the period 1961–2008, the present study investi-
gates the interannual variability of June–September (JJAS) mean rainfall in northern China. The regional
characteristics of JJAS mean rainfall are revealed by a rotated empirical orthogonal function (REOF) analy-
sis. The analysis identifies three regions of large interannual variability of JJAS rainfall: North China (NC),
Northeast China (NEC), and the Taklimakan Desert in Northwest China (TDNWC). Summer rainfall over
NC is shown to have displayed a remarkable dry period from the late 1990s; while over NEC, decadal-scale
variation with a significant decreasing trend in the last two decades is found, and over TDNWC, evidence of
large interannual variability is revealed. Results also show that the interannual variability of JJAS rainfall
in northern China is closely associated with the Northern Hemisphere circumglobal teleconnection (CGT).
Correlation coefficients between the CGT index and regional-averaged JJAS mean rainfall over NC and
NEC were calculated, revealing values of up to 0.50 and 0.53, respectively, both of which exceeded the 99%
confidence level.

Key words: rotated empirical orthogonal function analysis, arid, semiarid, interannual variability, circum-
global teleconnection
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1. Introduction

The arid and semi-arid regions (ASAR) of China,
mainly located in the north, cover nearly half of the
land area (e.g. Chen et al., 2009). The annual rain-
fall in these regions is almost less than 400 mm. The
amount of rainfall in most parts of ASAR, during
the rainy months of June, July, August, September
(JJAS), accounts for more than 70% of annual rain-
fall (Fig. 1). Rainfall is an essential component of the

water balance. Its anomalies have crucial effects on
industry and agriculture, as well as the lives of peo-
ple, particularly for ASAR in China. Previous studies
have shown signs of severe desertification and persis-
tent drought in the semiarid region of northern China
in recent decades (Wang and Li, 1990; Yatagai and Ya-
sunari, 1994; Huang et al., 1999; Huang, 2006). The
local and remote effects of the land surface processes
and land degradation over ASAR in northern China
have also been discussed in observational and numer-
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ical studies (e.g. Xue, 1996; Zhang et al., 2005; Zhou
and Huang, 2006). These studies have indicated that
variations in land-surface sensible flux and land degra-
dation can cause local and remote rainfall anomalies.
In turn, rainfall anomalies will affect land surface pro-
cesses and cause changes to the environment. There-
fore, identifying the long-term and interannual vari-
ability of rainfall and understanding the underlying
mechanisms are of great importance to the future de-
velopment of the economy, not only in ASAR, but
also for other parts of the East Asian monsoon re-
gion. Much effort has been applied in studying sum-
mer rainfall variability in northern China during recent
decades. Such work can generally be divided into two
aspects, based on the domain of interest: persistent
drought in North China, and the climate variations of
ASAR in Northwest China.

For the first aspect, many previous studies have in-

Fig. 1. (a) Geographical distribution of mean JJAS total
precipitation (mm) and (b) the ratio (%) of JJAS mean
rainfall to annual mean rainfall in China for the period
1961–2008. Dots in (a) denote the 552 weather stations.
The dashed rectangular area represents the domain cov-
ered in the study.

dicated there exists a decadal shift and a significant
decreasing trend in summer precipitation over North
China since the mid-1970s (Wang and Li, 1990; Chen
et al., 1992; Yatagai and Yasunari, 1994; Yatagai and
Yasunari, 1995; Nitta and Hu, 1996; Huang et al.,
1999; Li et al., 2002; Gong et al., 2004; Xu et al., 2005;
Ding et al., 2008; Huang et al., 2008). Wang and Li
(1990) documented a possible link between precipita-
tion fluctuations over the semiarid region of northern
China and the summer monsoon, the western Pacific
subtropical high, and ENSO. Huang et al. (2008) put
forward a schematic model for how the interdecadal
variations of the East Asian Climate system cause the
persistent drought in North China, which is associ-
ated with ENSO, the subtropical High, mid-latitude
wave train activity, Tibetan Plateau snow, and land
surface processes. They proposed that the East Asian
monsoon system was a coupling system of atmosphere,
ocean, and land, and that the drought in North China
(NC) was affected by the variability of East Asian
monsoon climate subsystems, as well as their inter-
action between each other.

For the second aspect, many observational studies
have revealed that summer rainfall in Northwest China
(NWC) shows an increasing trend since the 1960s, with
a remarkable shift in the mid-1970s (Yatagai and Ya-
sunari, 1994, 1995; Gong et al., 2004; Endo et al., 2005;
Ma and Fu, 2006; Shi et al., 2007; Yang and Zhang,
2008; Zhou and Huang, 2009). These studies have
also indicated that summer rainfall change in NWC
exhibits regional characteristics, with a stage of rel-
ative increase in western parts of NWC, but a stage
of drought in eastern parts, and that the intensity of
the increasing trend of summer rainfall is greater in
northern Xinjiang than in southern Xinjiang. Yang
and Zhang (2008) analyzed the relationships between
summer rainfall in Xinjiang and the Asian subtropi-
cal westerly jet stream (ASWJS). They revealed that
the summer rainfall anomaly in Xinjiang had a no-
table correlation to the position of the ASWJS, as well
as quasi-stationary wave activity. Zhou and Huang
(2009) investigated the possible cause of interdecadal
variability in summer rainfall in NWC and pointed
out that an increase in near-surface temperature af-
ter 1978 enhanced convective instability, which in turn
contributed to a strengthening of ascent and an in-
crease in summer rainfall in NWC during the period
1978–2000.

ASAR has a large span in the east–west direction.
The rainfall anomaly pattern in this region may mir-
ror large-scale characteristics of atmospheric circula-
tion and indicate internal connections between differ-
ent parts. However, most previous work has focused
on decadal-scale rainfall variability and on one part
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of ASAR only. Few studies have addressed climatic
variations over ASAR as a whole, which may provide
essential information for understanding the nature of
desertification in northern China. Therefore, one of
the aims of the present paper is to investigate the
interannual variability and regional characteristics of
JJAS mean precipitation, and the associated atmo-
spheric circulation, across the whole of ASAR.

The influence of atmospheric teleconnnection on
boreal summer climate has been studied extensively.
For example, a study by Nitta and Hu (1996) indi-
cated that the Pacific–Japan (PJ) and Eurasia tele-
connection patterns (EU) play very important roles
in the variation of coupled patterns of summer rain-
fall and temperature in China, especially along the
middle-lower reaches of the Yangtze River. More re-
cent studies have suggested that the EU teleconnection
is a bridge connecting the Indian summer monsoon
(ISM) and the East Asian summer monsoon (EASM)
(e.g. Wang et al., 2001; Wu and Wang, 2002). Lu
et al. (2002) indentified a teleconnection pattern in
July emerging from North Africa to East Asia along
the westerly jet in the middle latitudes. They sug-
gested that the teleconnection is a possible linkage of
the EASM to the Indian monsoon, and even to sub-
tropical heating anomalies over the Atlantic. Ding
and Wang (2005) revealed a recurrent CGT pattern in
the summertime mid-latitude circulation in the North-
ern Hemisphere. The CGT, actually a combination of
the ISM–EASM teleconnection, the Silk-Road, and the
Tokyo–Chicago express, is accompanied by significant
rainfall and surface temperatures in the continental
regions of Western Europe, European Russia, India,
East Asia, and North America. ASAR is mainly lo-
cated between 35◦N and 55◦N, which is on the path
of the CGT. As revealed in this paper, the dominant
mode of the JJAS mean rainfall in ASAR is closely
associated with the CGT, which may suggest a new
way to understand drought in northern China.

The remainder of the text is organized as follows.
The datasets and methodology used are described in
section 2. Section 3 presents the spatial and temporal
variations of JJAS mean rainfall in northern China. In
section 4, the relationship between the upper-level cir-
cumglobal teleconnection and JJAS rainfall in China
is examined. A discussion is provided in section 5.
And finally, conclusions are summarized in section 6.

2. Data and methods

2.1 Datasets

Two major datasets were used in this study. The
first comprised daily observational rainfall data from
828 weather stations, and was provided by the Na-

tional Meteorological Information Center of China,
spanning the period 1951–2008. To achieve tempo-
ral continuity in terms of coverage from each station,
we chose 552 stations (dots in Fig. 1a) from the
complete data archive, as well as a slightly shorter
period spanning 1961–2008 for this study. The sec-
ond dataset comprised monthly atmospheric data for
the period 1961–2008 from the National Centers for
Environmental Prediction-National Center for Atmo-
spheric Research (NCEP-NCAR) reanalysis (Kalnay
et al., 1996), on a horizontal resolution of 2.5◦×2.5◦.
The variables used in this study included winds and
height at the 200, 500, 700, and 850 hPa levels.

2.2 Methods

As already mentioned, the present study concerns
the area of northern China; however, more specifically,
this covers the domain (35◦–55◦N, 73◦–136◦E), which
includes a total of 273 weather stations (area denoted
by the dashed rectangle in Fig. 1b). The rotated em-
pirical orthogonal function (REOF) method of analy-
sis was applied to reveal the regional characteristics of
interannual variations in JJAS mean precipitation over
the domain concerned. Firstly, the station datasets
were normalized and long-term trends removed. Then,
a correlation matrix of the rainfall data was used to
compute the eigenvalues and eigenvectors of EOFs.
After that, the first three EOFs were rotated orthogo-
nally from the six leading modes of EOFs. Regression
and correlation analysis were also used, in order to
study the relationship between the interannual varia-
tion of JJAS rainfall in northern China and general
atmospheric circulations.

3. Spatial and temporal variations of JJAS
mean rainfall in northern China

3.1 Long-term trend of JJAS mean rainfall in
northern China (1961–2008)

This study employed a relative variation ratio
(RVR) to indicate the extent of change in JJAS
mean rainfall during the period 1961–2008 in north-
ern China. The RVR was obtained by dividing the
linear trend of JJAS mean rainfall of one station by the
JJAS mean rainfall of that station. The distribution of
RVR in China is displayed in Fig. 2. A notable west–
east contrast, with rainfall increasing in most parts of
NWC, but decreasing in NC, Northeast China (NEC),
can be observed. Furthermore, the largest positive and
negative centers exist in North Xinjiang, and NC, re-
spectively. These results are consistent with previous
studies.
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Fig. 2. RVR (%) of JJAS mean rainfall in northern
China over the period 1961–2008 [units: mm (10 yr)−1].
Shading indicates regions with trend anomalies beyond
the 90% confidence level.

Fig. 3. Spatial modes of the first three REOFs of JJAS
mean rainfall anomalies in northern China (contour in-
terval: 0.1). Shaded areas indicate regions with values
beyond 0.4 and less than −0.4. The contribution of each
mode to the total variance is displayed in the upper right
of each panel.

3.2 Spatial and temporal variation of JJAS
mean rainfall in northern China (1961–
2008)

To investigate the interannual variation in JJAS
mean precipitation in northern China, REOF analy-

sis, a widely used diagnostic tool in climatology, was
applied. It retains the advantages but avoids the spa-
tial limitations of EOF analysis, and can reveal ef-
ficiently the regionality of climatic factors (e.g. Rich-
man, 1986; Murata, 1990; Yatagai and Yasunari, 1995;
Li et al., 2002). The spatial patterns of the first three
leading REOFs of the JJAS mean rainfall in north-
ern China are shown in Fig. 3. The three modes
account for 13.3%, 12.1%, and 6.6% of the total vari-
ance, respectively. The first two REOF modes feature
a quasi-zonal tripole-like distribution with an anoma-
lous center over the horseshoe-shaped arc region and
adjacent region in between. The pattern in Xinjiang
Province shows an opposing north–south distribution,
which agrees with Yang and Zhang (2008). The third
mode displays a consistent anomalous pattern in most

Fig. 4. Normalized time coefficients of each REOF mode
[histograms: (a) for REOF1, (b) REOF2, and (c)
REOF3] and the normalized series of regional mean JJAS
rainfall for each relevant region [solid lines: (a) for NC,
(b) NEC, and (c) TDNWC]. And the correlation coeffi-
cient (C.C) between the two time series in each subpanel
is also added in its upper right.
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parts of northern China, especially in NWC.
The spatial distribution in Fig. 3 designates the

correlation coefficients of JJAS mean rainfall anoma-
lies at each station with the time series corresponding
to the REOF modes. The shaded areas, with values
beyond 0.4 or less than −0.4, denote the correlation co-
efficients exceeding the 99% confidence level. So, three
regions (shaded in Fig. 3) associated with the three
dominant modes can be deduced: most parts of NC,
NEC, and the Taklimakan Desert region in northwest
China (TDNWC), with 76, 67, and 28 weather stations
in each region, respectively.

The corresponding time coefficient of each princi-
ple component (PC) to the three REOF modes (his-
togram) and the JJAS mean rainfall anomalies over
the regions of NC, NEC, and TDNWC (solid lines)
are depicted in Fig. 4. It is obvious that the three
PCs match well with the regional averaged JJAS mean
rainfall anomaly of the associated region. The corre-
lation coefficients between the three pairs of time se-
ries are 0.99, 0.98, and −0.86, respectively, all beyond
the 99% confidence level based on Pearson’s r statisti-
cal significance test. Thus, the three PCs characterize
JJAS mean rainfall variability of the corresponding re-
gion. Furthermore, by combing the power spectrum of
each PC (Fig. 5), each of their features of variability
can be obtained. PC1 exhibits a 3- and 9-year pe-
riodic variation, showing a remarkable relatively dry
period from the mid-1990s to the present day. PC2
shows decadal-scale variation and a distinct decreas-
ing trend in the last two decades, with dry periods
from the late 1960s to the early 1980s, and from the
late 1990s to the present day, and with wet periods
between. Meanwhile, there is no significant frequency

based on the spectral analysis, as shown by Fig. 5b.
For the third PC, the spectral analysis result reveals
large interannual variability, with 4–5- and 9-year pe-
riods of variation (Fig. 5c).

4. The relationship between the CGT and in-
terannual variations of JJAS mean rainfall
in northern China

The CGT is a geographically phase-locked re-
current teleconnection pattern during boreal sum-
mer from July to September, having its path within
the westerly jet stream from the Northeast Atlantic
through Eurasia, the North Pacific, to North America,
and having three center cells primarily in East Asia,
mainly in northern China (Ding and Wang, 2005). In-
terestingly, the interannual variability of JJAS mean
rainfall in northern China shows a clear quasi-zonal
wave-like distribution in the first two REOFs, with the
center over a horseshoe-shaped arc region, where the
transition area of ASAR is located. It is conceivable
that the first two leading REOFs may have a potential
connection with the CGT. This section investigates
this relationship.

4.1 The CGT patterns associated with the
first two leading modes of JJAS mean
rainfall in northern China

To begin with, the atmospheric circulation anoma-
lies corresponding to the first two dominant modes of
the REOFs are explored using the regression method.
Figure 6 shows the regressed patterns of JJAS mean
height at the 200 hPa and 700 hPa levels with respect
to the first two time coefficients mentioned above. The

Fig. 5. The power spectrum (solid line) for the principle component (PC) of the three REOFs, and
the dotted thin lines represent the power spectrum at the 95% confidence level.
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Fig. 6. Anomalies of regressed geopotential height at 200 hPa (a, b) and 700 hPa (c,
d). (a, c) against PC1; (b, d) against PC2. Shading represents regions with height
anomalies beyond the 95% confidence level.

most prominent feature in Fig. 6a, which is related to
PC1 regressed onto the height at 200 hPa, is a wave
train structure from the Northeast Atlantic through
Eurasia, the North Pacific, to North America, with
positive anomalous centers over the Northeast At-
lantic, central Asia, Northeast Asia, the central-north
Pacific, and western North America, with negative
centers between. The largest positive center is found
over central Asia in the domain (35◦–40◦N, 60◦–70◦E).

The regressed height pattern at the 200 hPa level
against PC2 is shown in Fig. 6b. A similar wave train
structure emerges, although not as clear and strong as
that in Fig. 6a, especially over the North Pacific and
North America. The positions of the anomalous cen-
ters move a little eastward compared to those in Fig.
6a. In addition, a NAO-like (North Atlantic Oscilla-
tion) pattern presents along the coastline of Western
Europe from North Africa to the North Atlantic, sug-

gesting influence from the high latitudes.
The atmospheric circulation at the 500 hPa level

related to the two REOF modes exhibits a good simi-
larity to that at the 200 hPa level (Figs. 6a, b), hav-
ing anomalous centers over the same locations, but
the amplitude of the anomalies increases with height
(figures not shown).

The regressed geopotential height anomalies at 700
hPa corresponding to the two REOFs modes are shown
in Figs. 6c and d. The regressed low-level height
anomalies exhibit wave train patterns similar to those
shown in Figs. 6a and b, though with weaker inten-
sity and a tilted baroclinic structure over the north-
west part of India where there is an anomalous ridge
at 200 hPa and an enhanced cyclonic anomaly over
the Arabian Peninsula and adjacent sea at 700 hPa.
The regressed wind fields against the two REOF modes
match the height anomalies well (figure not shown).
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Fig. 7. (a) Height–longitude cross-section anomalies of PC1 regressed onto height av-
eraged within 30◦–50◦N. (b) Height–latitude cross-section anomalies of PC1 regressed
onto height averaged within 60◦–70◦E. Shaded reveals the regions with height anoma-
lies exceed the 90% confidence level.

The vertical structure of the wave train pattern can
also be examined. Figure 7a illustrates the height–lon-
gitude cross section anomalies of PC1 regressed onto
height averaged within 30◦–50◦N. Evidently, a wave
train structure emerges along the westerly jet from
near 60◦E, passing over Eurasia to North Amer-
ica. This wave-like pattern shows a vertically quasi-
barotropic structure for nearly all the wave train cen-
ters, except for a tilted baroclinic pattern over the
northwest part of India. Also, it has a wavenumber-6
structure, with an intense region of positive/negative
anomalous centers confined to 30◦–50◦N within a
waveguide associated with the westerly jet stream ex-
tending from Eurasia to North America. Furthermore,
it is evident that the maximum anomalous center for
each cell is at about the 200 hPa level, with the largest
one occurring around 65◦E. These features demon-
strate a geographically fixed global-scale teleconnec-
tion pattern, strikingly similar to the CGT revealed
in Ding and Wang (2005). Moreover, the regressed
patterns at 200 hPa are identical to the two scenarios
of the CGT proposed by Ding and Wang (2005) [see
Fig.15 in Ding and Wang (2005)], respectively. These
similarities can be clearly seen in Fig. 8.

Figure 8 displays the meridional wind anomalies
associated with the first two PCs. The pattern cor-
responding to PC1, as shown in Fig. 8a, exhibits

an apparent wave-like structure propagating within
the westerly jet stream from the Northeast Atlantic,
through Eurasia and the North Pacific, to eastern
America, and for the regressed pattern against PC2
shown in Fig. 8b, a notable teleconnection pattern
emerges over the Eurasian continent from Northern
Europe to East Asia. Additionally, a distinct dis-
crepancy is observed over the Arctic region in which
the magnitude of anomalies regressed against PC1 are
much weaker than those against PC2. This implies
that the strong anomalous activity over the Arctic
area, or from high latitudes, may affect the wave-like
anomaly pattern. The features revealed in Fig. 8
matches well with Ding and Wang (2005).

4.2 JJAS rainfall anomalies in China associ-
ated with CGT patterns

The results thus far have indicated that the inter-
annual variability of JJAS mean rainfall in northern
China shows a considerable correlation with the CGT
pattern. Here, following Ding and Wang (2005), the
correlation distributions between them are examined.
First, two indices, CGTI-1 and CGTI-2, are defined to
represent the two scenarios of CGT variability, respec-
tively.

For the first scenario, we employ the definition by
Ding and Wang (2005), which is defined as the norma-
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Fig. 8. Anomalies of JJAS mean meridional wind at 200 hPa regressed against PC1
(a) and PC2 (b). Shallow area indicates the region with wind anomalies beyond the
95% confidence level.

Fig. 9. Normalized time series of CGTI 1-2 (dashed
lines) and regional mean JJAS rainfall in NC and NEC
(solid lines). And the correlation coefficient (C.C) be-
tween each pair of time series is also added in the upper
right of each panel.

zlied time series of the interannual variability of the
200 hPa height averaged over the reference area (35◦–

40◦N, 60◦–70◦E), and denote it as CGTI-1. CGTI-2,
corresponding to the second scenario, is defined using
the difference between the normalized time series of
regionally-averaged height at 200 hPa over the two
areas, (40◦–50◦N, 20◦–10◦W) and (60◦–65◦N, 15◦–
25◦E). The regressed height anomalies at 200 hPa
against the two indices resemble those in Fig. 6 (fig-
ures not shown).

Figure 9 displays the two indices and the nor-
malized time series of regionally-averaged JJAS mean
rainfall in NC and NEC. The correlation coefficients
between the two pairs of time series are 0.50 and 0.53,
respectively, both beyond the 99% confidence level.
The correlation coefficients of the JJAS mean rain-
fall and the two CGTIs are displayed in Fig. 10, the
patterns of which resemble the spatial modes of the
first two REOFs (Figs. 3a, b), with significant anoma-
lies located in northern China, especially NC, NEC,
and western part of Xinjiang Province. The compos-
ite atmospheric circulations related to the CGTIs are
also performed. Figure 11 shows the positive-minus-
negative CGTI composite wind anomalies at 850 hPa
(vector) and vertical velocities at 500 hPa (contour),
the cases of which are chosen from the lower and upper
bounds, respectively, with a 0.5 standard deviation of
the CGTIs. The composite results show that, corre-
sponding to each scenario, an anomalous southerly
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Fig. 10. Correlation coefficients between CGTI and the
JJAS mean rainfall in China: (a) CGTI-1; (b) CGTI-2.
Shaded area illustrates the region of rainfall anomalies
beyond the 95% confidence level.

over Eastern China with abundant moisture flows to
northern China converges with the cold air from high
latitudes and triggers anomalous ascending motion
over NC/NEC, all of which are most favorable for
the occurrence of rainfall, and thus positive rainfall
anomalies are found over the two regions. Mean-
while, both the two CGTIs and the rainfall anomalies
in NC/NEC are in a below-normal phase during re-
cent decades. As to why this happens requires further
study.

5. Discussion

Previous studies have already revealed that there
are teleconnection patterns and stationary Rossby
waves propagating eastward within the Asian jet in
boreal summer (e.g. Ambrizzi et al., 1995; Rodwell
and Hoskins, 1996; Krishnan and Sugi, 2001; Lu et
al., 2002; Wu and Wang, 2002; Enomoto et al., 2003;
Enomoto, 2004; Ding and Wang, 2005; Sato and Taka-
hashi, 2006) and these features can be achieved by a

Fig. 11. Composite anomalies of winds (vectors, arrow
with scale at bottom right of the panels) at 850 hPa and
vertical velocity (contour) at 500 hPa associated with the
two CGTIs: (a) CGTI-1; (b) CGTI-2. Shading denotes
the region with vertical velocity anomalies beyond the
95% confidence level.

few variables, such as geopotential height, streamfuc-
tion, and meridional wind. The formation mechanism
of the wave-like pattern on the jet has also been dis-
cussed (Rodwell and Hoskins, 1996; Enomoto et al.,
2003; Ding and Wang, 2005; Sato and Takahashi, 2006;
Shi and Lu, 2010). Rodwell and Hoskins (1996) re-
vealed that the diabatic heating associated with the
Indian monsoon resulted in diabatic cooling and down-
ward motion over the Eurasian continent and Mediter-
ranean Sea. A study by Enomoto et al. (2003) in-
dicated that heating from the Indian monsoon and
the related diabatic forcing over the continent would
excite a quasi-stationary disturbance on the jet, trig-
gering a barotropic structure propagating within the
westerly jet. Sato and Takahashi (2006) reported that
a Rossby wave packet propagated eastward from the
Middle East, passing over East Asia, and reaching
North America. They showed that the anomaly pat-
tern was strengthened through kinetic energy conver-
sion near the entrance of the Asian jet over the Middle
East, and that the interaction between the anomaly
pattern and the basic field contributed to the appear-
ance of the anomalous wave-like pattern.

Most of the studies mentioned above discuss the
teleconnection pattern on the monthly or submonthly
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timescale. On the seasonal scale, the features of the
teleonnection also, to some extent, reveal the possi-
ble relationship between the teleconnection and as-
sociated factors mentioned above, such as the west-
erly jet (shown in Fig. 7a) and the heating from the
ISM. Figure 7a shows a clear wave train pattern pro-
pogating eastward along the westerly jet, which plays
the role of the waveguide confining the wave train
to within the domain 30◦–50◦N. Furthermore, inter-
estingly, the teleconnection pattern exhibits an evi-
dent baroclinic structure around 65◦E, with a max-
imum center at about 200 hPa. Thus the vertical
structure around 65◦E is investigated. Figure 7b de-
picts the height–latitude cross section of geopotential
height anomalies (averaged within the domain 50◦–
70◦E) regressed against PC1. A barotropic telecon-
necton pattern appears with out-of-phase anomalies
between the tropics and extratropics, especially in the
Northern Hemisphere. This structure can also be seen
in Fig. 11a, where the vertical velocity anomalies
at 500 hPa show an “ascent–descent–ascent” pattern
around 65◦E. Furthermore, we can determine that the
meridional teleconnection pattern may be closely re-
lated to the low level activity over the Indian Con-
tinent/Ocean, where significant height anomalies are
apparent. This meridional teleconnection pattern re-
sembles the low-frequency waveguide (or a biweekly os-
cillation) at 200 hPa near 60◦E, mentioned in Liu and
Yu (1993). These authors documented that the wave
source of this waveguide was located around 10◦–25◦N,
and the perturbation propagated polarward from the
wave source to affect the westerlies of the Southern
and Northern Hemispheres. This indicates that the
waveguide near 60◦E may be a bridge connecting the
tropics and extratropics. Wang et al. (2005) proposed
a mechanism for how the tropical activity affected the
extratropical atmosphere. They indicated that a forc-
ing embedded in the deep tropical easterlies may ex-
cite a Rossby wave response in the extratropical west-
erlies and the southerly flow component in the basic
state played a role of a conveyor, transferring a Rossby
wave source northward. The study by Wang et al.
(2005) also showed that the southerly conveyor deter-
mined the location of the effective Rossby wave source
and that the extratopical response is relatively insen-
sitive to the location of the tropical forcing, provided
that the tropical response can reach the southerly con-
veyor. A stronger southerly flow favors a stronger ex-
tratropical response, and the spatial structure of the
extratropical response is determined by the extratrop-
ical westerly basic flows. This result agrees well with
Sato and Takahashi (2006), that the appearance of
the Rossby wave on the westerly jet is clearly phase-
dependent, and may be dominanted by the internal

dynamics of interaction between the anomaly pattern
and the basic flows. This implies that the anoma-
lous convectivity over the Indian Ocean, or diabatic
heating from the ISM, exicites a Rossby wave response
in the extratropical westerly by triggering the anoma-
lous southerly in the tropics, thus affecting the wave-
like pattern on the jet. However, these results were
achieved based on a simple barotropical model or sta-
tistical analysis, and the real atmosphere is much more
complicated. The impact of tropical acitivity on the
wavelike pattern on the jet is still affirmative.

6. Conclusions

Using the latest daily observation rainfall data sets
for the period 1961–2008, the trend and interannual
variations of JJAS mean rainfall in northern China
have been studied. Atmospheric circulation anomalies
associated with the interannual variation of summer
rainfall have also been explored. The major findings
are summarized as follows.

Firstly, the RVR of the JJAS rainfall in north-
ern China over the period 1961–2008 shows a “west–
increase–east–decrease” pattern, with considerable
anomalies over Xinjiang Province and North China.
Secondly, the spatial and temporal structures of the
interannual variation of JJAS mean rainfall in north-
ern China were revealed by REOF analysis. The first
two dominant modes showed a quasi-zonal tripole-like
pattern, with the centers over the transition areas of
ASAR in northern China. Three regional divisions
were identified by the REOF analysis: NC, NEC,
and TDNWC. Results indicated that the variation fre-
quency of the summer rainfall anomaly varies between
regions. Summer rainfall over NC revealed two domi-
nant variation frequencies and a remarkable dry period
from the late 1990s. Over NEC, decadal-scale varia-
tion and a decreasing trend in the last two decades
was found, but with no significant frequency variation.
TDNWC exhibited large interannual variability.

This study has also demonstrated that interan-
nual variations of JJAS mean rainfall in northern
China are well related to the upper-level CGT in bo-
real summer, especially in NC and NEC. The signif-
icant summer rainfall anomalies related to the CGT
were found to be closely connected with the loca-
tions of the action centers of the CGT. There are
three center cells of the CGT primarily over East
Asia, mainly in northern China, which affect mois-
ture transportation and ascending motion over these
regions. Results showed that a positive CGTI will ex-
cite a southerly anomaly, bringing more moisture to
northern China; meanwhile, upper-level divergence fa-
vors low-level convergence and ascending motion over
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NC/NEC. As such, positive rainfall anomalies tend to
be found in NC/NEC. The correlation coefficients of
the regional averaged JJAS mean rainfall over NC and
NEC with the CGTI were up to 0.50 and 0.53, respec-
tively, both beyond the 99% confidence level.

The CGT pattern reveals a geographically phase-
locked structure during boreal summer from July to
September (Ding and Wang, 2005) and is accompa-
nied by significant climate anomalies along its path.
This is confirmed by the present study. The closely
in-phase relationship between the rainfall anomalies in
NC/NEC and the teleconnection patterns provides us
with a new way to understand the persistent drought
in NC and the decreasing rainfall in NEC. Finally,
what contributes to the long-term negative phase of
CGTI, and whether the wavelike pattern is the dom-
inant factor contributing to the long-term decrease in
northern China, which remain unclear and require fur-
ther investigation.
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Abstract On the basis of the latest observational datasets,
the inter-decadal changes of summer rainfall in East China
in the past 50 years are analyzed using the Lepage test. The
two traditional methods moving t-test and Mann-Kendall
test are also performed on the rainfall data as a comparison.
Results indicate four inter-decadal abrupt changes of
summer rainfall that occurred near 1979, 1983, 1993, and
1999, and each of them is characterized by remarkable
regional features. The abrupt change of summer rainfall
around 1979 is accompanied by significant rainfall increase
in Yangtze–Huai River Valley and a decrease in its flank.
The one near 1983 shows similar structures of the rainfall
changes to that near 1979, but with more significant
changes in the South China and Northeast China (NEC).
The inter-decadal change around 1993 brings a notable
increase of summer rainfall to the South China; and the
abrupt shift near 1999 exhibits significant decrease in
summer rainfall over a large part of North China and
NEC. The spatial–temporal features of the inter-decadal
changes in summer rainfall are also investigated. Consistent
results are observed. Moreover, results indicate that, on the
inter-decadal scale, the rainfall variability mode changes
from typical tripole to dipole structure since the early
1990s.

1 Introduction

The variability of rainfall in China exhibits complex
spatial–temporal structure and is characterized by large
interannual and inter-decadal variability (Chen et al. 1992,
2004; Nitta and Hu 1996; Huang et al. 2003; Yang and Lau
2004; Ding and Chan 2005). Large interannual variability
often causes precipitation to vary from year to year as well
as region to region. While the inter-decadal and longer time
scales variability always bring persistent drought and flood,
such changes of rainfall have great impacts on the regional
social and economic development, especially during sum-
mer when the rainfall amount accounts for nearly 40–80%
of the total annual rainfall (Fig. 1). For example, since the
1970s, persistent drought has occupied most parts of
Northern China (NC). Meanwhile, it has been reported that
due to enhanced rainfall since 1990, the occurrence of
floods has increased along the Yangtze River (Gong and Ho
2002; Wang et al. 2004), like those which occurred in 1991,
1996, 1998, 1999, 2003, and 2010. Both of them caused
huge losses to the people and society. Thereby, studying the
inter-decadal variability of rainfall in China and under-
standing the underlying mechanism are of great signifi-
cance, which have attracted more and more attentions from
the public.

Numerous studies have indicated that rainfall over China
has experienced significant inter-decadal changes. Three
major notable changes have been identified, which occurred
around the late 1970s, early 1990s, and late 1990s,
respectively. Each shows typical regional features of
rainfall changes. For example, the change around the late
1970s is accompanied by significant increase of summer
rainfall in the Yangtze River Valley (Nitta and Hu 1996;
Gong and Ho 2002; Chen et al. 2004; Li et al. 2004; Ding
et al. 2008; Qian and Qin 2008; Yao et al. 2008) and
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prolonged drought in North China (Huang et al. 1999,
2003, 2011; Li et al. 2004; Ding et al. 2008; Qian and Qin
2008; Yao et al. 2008; Tu et al. 2010), a decrease in late
spring rainfall in southern China (SC) during the late 1970s
(Xin et al. 2006), and an increase in summer rainfall in
northwest China (Shi et al. 2007; Zhou and Huang 2010).
Another significant change marks a notable increase of
summer rainfall over southern China around 1992–1993
(Ding et al. 2008; Qian and Qin 2008; Yao et al. 2008; Wu
et al. 2010). As for the change around the late 1990s, Zhu et
al. (2010) and Huang et al. (2011) pointed out that the
summertime rainfall over the northern part of Eastern China
showed an abrupt change associated with sharp rainfall
decrease since the late 1990s.

Aforementioned studies were largely achieved based on
regional mean rainfall or empirical orthogonal function
(EOF) analysis over one area concerned, which were
subject to area selection. However, in light of the
complexity of spatial–temporal summer rainfall variability
over China, it is difficult to describe the complex rainfall
structure simply with a regional average of precipitation.
And, the EOF method also shows spatial limitations. Thus,
to investigate the inter-decadal features of the rainfall
change over China more objectively and to avoid the
drawbacks in selecting the climate regime, some effective
methods are required.

One such method is the Lepage test statistic (Lepage
1971). The Lepage test has been demonstrated more
statistically powerful than other similar tests, such as the
Student's t test, the chi-square test, and the Wilcoxon–
Mann–Whitney test (Hirakawa 1974). This method has
few underlying assumptions and has been widely adopted
to detect kinds of types of climate changes including linear

trends, cyclical variations, step-like changes, and discon-
tinuous changes (Yonetani 1992, 1993; Yonetani and
McCabe 1994; Kwon et al. 2007; Yang et al. 2009).
However, it has never applied to the study of the rainfall
variability over China. The present study will use this
method and the latest observation datasets to investigate
the inter-decadal variability of the summer rainfall over
Eastern China, and aims to achieve and provide a
comprehensive understanding the features of the inter-
decadal rainfall changes over Eastern China in the past
50 years. In addition, results with two traditional methods
in detecting abrupt climate change such as moving t-test
(MTT) and Mann–Kendall test (symbol as MK, Mann
1945; Kendall 1975) are given as a comparison in this
paper.

2 Data and methods

The daily observational rainfall dataset of 756 weather
stations in mainland China are used in this study, which is
provided by the National Meteorological Information
Center of Chinese Meteorological Administration, spanning
the period 1951–2009. To achieve temporal continuity in
terms of coverage from each station, 496 stations (Fig.1)
with shorter period of 1958–2009 are chosen from the data
archive. Owing to the inhomogeneous distribution of the
stations in the mainland, this study is concerned with East
China, in the domains of 100–136° E, 18–55° N, including
in total 423 stations that are relatively homogeneously
distributed (rectangle area in Fig. 1).

The Lepage test statistic is employed to evaluate the
statistical significance of inter-decadal change. It is a
nonparametric, two-sample test for location and dispersion,
and for significant difference between two samples, even if
the distributions of parent populations are unknown. The
Lepage test [HK, symbol used by Yonetani and McCabe
(1994)] is a combination of the squares of the standardized
Wilcoxon's and Ansari–Bradley's statistics (Eq. 1).

HK ¼ W � EðW Þ½ �2
V ðW Þ þ A� EðAÞ½ �2

V ðAÞ ð1Þ

It follows the chi-square distribution with two degrees of
freedom. If HK exceeds 5.99 (4.21, 9.21), then the
difference between two sample means corresponds to a
significant confidence level of 95% (90%, 99%). The
Lepage test is calculated as follows. Let x=(x1, x2,…, xn1)
and y=(y1, y2,…, yn2) be two independent samples with
sizes n1 and n2, respectively. XY=(x1, x2,…, xn1, y1, y2,…,
yn2) is the combined sample of x and y. Assume that ui=1 if
the ith smallest data in XY belongs to x and ui=0 if it
belongs to y.

Fig. 1 Geographical distribution of the ratio (in percent) of JJA
rainfall to annual total rainfall in China for the period 1958–2009. Red
dots denote the 496 weather stations. The dashed rectangular area
represents the domain covered in the study
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The statistics in Eq. 1 can be derived based on the
following equations:

W ¼
Xn1þn2

i¼1

iui ð2Þ

EðW Þ ¼ n1 n1 þ n2 þ 1ð Þ
2

ð3Þ

V ðW Þ ¼ n1n2 n1 þ n2 þ 1ð Þ
2

ð4Þ

A ¼
Xn1
i¼1

iui þ
Xn1þn2

i¼n1þ1

n1 þ n2 � iþ 1ð Þui ð5Þ

If n1+n2 is even, E(A) and V(A) are estimated as:

EðAÞ ¼ n1 n1 þ n2 þ 2ð Þ
4

ð6Þ

V ðAÞ ¼ n1n2 n1 þ n2 � 2ð Þ n1 þ n2 þ 2ð Þ
48 n1 þ n2 � 1ð Þ ð7Þ

Otherwise,

EðAÞ ¼ n1 n1 þ n2 þ 1ð Þ2
4 n1 þ n2ð Þ ð8Þ

V ðAÞ ¼
n1n2 n1 þ n2 þ 1ð Þ n1 þ n2ð Þ2 þ 3

h i

48 n1 þ n2ð Þ2 : ð9Þ

In this paper, the Lepage test was performed on the
summer rainfall data from the 423 weather stations in
Eastern China. The calculation of HK consulted the paper
of Yonetani and McCabe (1994). Intervals of data along
each single time series are compared in the following
manner: data for N years previous to a specified year Yc
(sample a) is compared to the data for year Yc plus the N−
1 years following year Yc (sample b). The year Yc is moved
successively at 1-year increments along the time series, and
the Lepage test is conducted for each year Yc. Here, we
choose period N=9 to test the inter-decadal changes, and
for each Yc, the number of weather stations indicating a
significant change beyond 95% confidence level in rainfall
anomaly was calculated.

Likewise, for a comparison, the MTT, a method for
significant difference between two sample means, was
applied on the rainfall data, and the number of weather
stations calculated. The MK method is also performed on
the regional mean rainfall based on the area detected.

3 Results

As previous studies revealed, the abrupt rainfall changes
showed notable regional features, it is expected that there
will be an abrupt increase in the number of the stations that
the Lepage test suggests a significant change in the summer
rainfall (blue curve in Fig. 2a). Figure 2a illustrates the time
evolution of the number of stations with significant rainfall
change beyond 95% confidence level. Clearly, the time
variations show sharp increases in number and have four
noticeable peaks observed at specific years of 1979, 1983,
1993, and 1999, including 31, 33, 47, and 40 stations,
respectively. Thus, it can be concluded that, based on the
Lapage test, the summer rainfall in Eastern China experi-
enced remarkable inter-decadal changes around 1979, 1983,
1993, and 1999. The four abrupt shift periods agree well
with previous studies (Gong and Ho 2002; Inoue and
Matsumoto 2007; Ding et al. 2008; Zhu et al. 2010; Huang
et al. 2011). Here, it should be mentioned that, as the inter-
decadal changes feature typical regional structure, the shift
period may vary from region to region, so the period
around 1983 is credibly achieved 4 years following that
around 1979.

However, results in Fig. 2a also reveal several peaks
with less station number such as around the late 1960s,
1972, and 1977 whether they represent shift periods. And
what about the spatial–temporal features of the inter-
decadal changes? This needs further analysis. Therefore,
in order to demonstrate the spatial–temporal features of the
inter-decadal changes of summer rainfall in Eastern China,
the Lepage test is applied to the meridional averaged
summer rainfall within 100–136° E. As shown in Fig. 2b,
four significant abrupt changes of summer rainfall in East
China emerge in the past 50 years, having abrupt shift
periods (regions) in the late 1970s [Yangtze–Huai River
Valley (YHR) and South China], early 1980s [Northeast
China (NEC)], early 1990s (South China), and late 1990s
(North China and Northeast China), respectively, which are
consistent with the above analysis, though an abrupt shift
around the late 1960s over NEC is obtained as well.

The results detected by the MTT show considerable
similarity to those by Lapage test, except that,
corresponding each shift period, the number of stations
(Fig. 2a red curve) and the areas (Fig. 2c) exceeding 95%
confidence level are larger, which may be due to different
test method. Hereto, we can conclude that the summer
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rainfall in Eastern China experienced four remarkable inter-
decadal changes with shift period around 1979, 1983, 1993,
and 1999, respectively. And notably, around the late 1970s
and early 1980s, the 9-year mean summer rainfall anomalies
underwent a sign shift with quadrupole structure (“−+−+”),
suggesting significant inter-decadal change occurred over the
whole part of Eastern China. In addition, it can be seen that on
the inter-decadal scale, the rainfall variability mode changes
from typical “tripole” (previous study area often focused on
the domain south of 42° N) to dipole structure since the early
1990s.

The spatial differences of the inter-decadal changes in
summer rainfall corresponding to the four periods Yc are
shown in Fig. 3, and the location of associated stations
beyond 95% confidence level detected by Lepage test is
displayed as well. Figure 3a reveals the spatial feature of
rainfall difference between 1979–1987 and 1970–1978. A
notable quadrupole structure of rainfall changes presents
over East China, having positive anomalies in YHR and the
NEC, and negative in SC and NC. The stations with
significant rainfall changes around 1979 are mainly located
in Yangtze–Huai River Valley. This is consistent with the
earlier finding by Gong and Ho (2002).

For the period around 1983, as shown in Fig. 3b, the
structure of rainfall changes resembles Fig. 3a but with
narrowed positive anomaly region in Yangtze–Huai River
Valley, and the stations with evident rainfall changes
situates mostly in South China and Northeastern China.
Figure 3c exhibits the features of rainfall changes 9 years
from and prior to 1993. Remarkably, it reveals an abrupt
increase of summer rainfall in South China, having almost
all the locations over the region, confirming the earlier

finding by Ding et al. (2008), Yao et al. (2008), and Wu et
al. (2010). The magnitude of this increase is much larger
than that seen around the above two periods.

Figure 3d displays the features of abrupt rainfall changes
around 1999. The summer rainfall over the north part of the
mainland China experiences a distinct decrease, and that shows
opposite shift trends over Huai River and Yangtze River Valley,
with positive over Huai River and negative over Yangtze River.
The stations with significant changes are mostly located over
the areas of North China and Northeast China. Thus, the
Lepage test indicates an abrupt change in summer rainfall in
North China and Northeast China, which agrees well with Zhu
et al. (2010) and Huang et al. (2011).

At the end, aiming to validate the results revealed by
the Lepage test, the time series of regional-averaged
summer rainfall over the four regions of Eastern China:
SC (20–28° N), YRH (28–36° N), NC (36–42° N), and
NEC (42–50° N) are depicted in Fig. 4a–d. Results in
Fig. 4a–d reveal that rainfall corresponding each region
experiences notable inter-decadal changes and remarkable
coherency with those by the Lepage test. For instance, the
summer rainfall over SC (Fig. 4a) indicates abrupt
increase around 1993, with above normal and below
normal rainfall anomalies after and prior to 1993,
respectively. And comparing the 9-year-averaged summer
rainfall over SC before and after 1979, significant
difference can be obtained as well. The time series in
Fig. 4b displays the variability of rainfall in YRH. It also
exhibits clear inter-decadal change and has notable rainfall
increase since the late 1970s. Fig. 4c shows a prolonged
decrease of rainfall over NC from the mid-1960s, with
slight increase during the mid-1990s and significant

(a)

(b) (c)

Fig. 2 a Time variations of the
number of stations where the
Lepage test (MTT) reveals the
difference between the averages
of summer rainfall over 9 years
prior to and from the period
Yc significant beyond the 95%
confidence level. b Time–
latitude cross-section of the
sliding Lepage test (HK) of JJA
mean rainfall longitudinally
averaged between 100° E and
136° E. Shaded areas denote the
HK exceeding a significant level
of 95%. Positive (negative)
means the 9-year mean rainfall
from the Yc is greater (less) than
that prior to the Yc. c Same as
b but for MTT
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decrease since the late 1990s. The rainfall variation over
NEC (Fig. 4d) reveals large inter-decadal variability and
has abrupt changes around the late 1960s, early 1980s, and
late 1990s, showing sharp decrease since the late 1990s.

Moreover, as a comparison, the MK test is performed on
the time series of each region to test the abrupt changes.
The forward and backward statistic rank series (UF and BF)
in the MK test are depicted in Fig. 4e–f. Based on the
principle of MK, if the cross point of UF and BF is within
±1.96 which corresponds to the 95% significance level, the
associated time indicates the start of an abrupt change.
Thereby, with respect to Fig. 4e–f, the cross points
associated to each region can be identified: SC (1993),
YRH (1979), NC (1979), and NEC (1967, 1999, 2005).
Although it seems to be hard to decide the start of an abrupt
when the UF and BF cross several points, and the shift
period around 1983 over NEC is not captured, the shift
periods detected mostly agree well with those by Lapage
test and MTT.

4 Conclusions and discussion

On the basis of the latest observational datasets, the inter-
decadal changes of summer rainfall in East China in the
past 50 years are analyzed using the Lepage test. The two

traditional methods MTT and MK are also performed on the
rainfall data as a comparison. Results indicate four inter-
decadal abrupt changes in summer rainfall with periods
near 1979, 1983, 1993, and 1999, and these changes are
associated with remarkable regional features.

The abrupt change around 1979 is accompanied by
significant increase of summer rainfall in Yangtze–Huai
River Valley and decrease in its flank. The abrupt shift near
1983 shows similar structures of rainfall changes to that
near 1979, except that it primarily occurs in the Northeast
China. The inter-decadal change around 1993 brings a
notable increase of summer rainfall to the South China, and
that near 1999 exhibits significant decrease in summer
rainfall over a large part of North China and Northeast
China. The spatial–temporal features of the inter-decadal
changes in summer rainfall are also investigated by
applying the Lapage test and MTT on the meridional mean
summer rainfall in East China. Consistent results are
observed that summer rainfall in East China experiences
four inter-decadal changes, and each change shows signif-
icant rainfall differences varying from region to region.
And, it can be seen that the mode of inter-decadal
variability in summer rainfall changes from typical “tripole”
to dipole structure since the early 1990s.

The three methods are widely used in the climate
research, have powerful performance on the abrupt change

(a) (b)

(c) (d)

Fig. 3 The distributions
of the difference between
9-year-averaged JJA mean
rainfall from and prior to the
period Yc indicated in each
figure (shaded areas with white
contour). The corresponding
weather stations significant
beyond 95% confidence level
to each Yc are also plotted
(blue dots)
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detection, and show great similarity between them, espe-
cially between Lapage test and MTT, which has been
confirmed by the present study. However, they still exhibit
limitations. For example, the results tested by MK depend
on the area selection. It often brings uncertainty to the
decision on the change point and could not illustrate the
spatial evolutions of the rainfall change as well. The result
by Lepage test (MTT) is able to present the spatial–
temporal evolution of the rainfall changes, but it is based on
the selected moving window, which is subject to the sample
size, the longer time scale changes may not be addressed
quite well. While, for this study, the window (N=9) is
reasonable and results could credibly represent the inter-
decadal scale changes.

As a main contributor to the variation of the summer
rainfall in Eastern China, the inter-decadal variability has
always been a hot topic in climate study. Plenty of works
had been paid to the study on the possible causes. Results
indicated that the inter-decadal changes of summer rainfall
over Eastern China were coincident with significant abrupt
climate changes in other regions or other variables. For

example, the shift around the late 1970s is accompanied by
large-scale inter-decadal changes in sea surface temperature
(SST) and atmospheric circulation over tropical and
extratropical areas. Notable weakening of the East Asian
summer monsoon is observed since the late 1970s (Hu
1997; Wang 2001; Huang et al. 2003; Ding et al. 2008).
And, possible causes to the rainfall inter-decadal changes
were discussed that the SST warming over tropical Pacific
and Indian oceans may play an important role by modifying
the location of the western North Pacific (WNP) anticy-
clone and rain belt (Ju and Slingo 1995; Chang et al. 2000;
Li et al. 2001; Gong and Ho 2002; Hu et al. 2003; Xie et al.
2009; Huang et al. 2010). The winter/spring snow cover
over Eurasia Continent and Tibetan Plateau (TP) is also
considered to be one of the possible contributors (Chen and
Wu 2000; Wu and Qian 2003; Zhang et al. 2004; Wu and
Kirtman 2007; Zhao et al. 2007; Ding et al. 2009; Wu et al.
2009, 2010). Since Kwon et al. (2005) indicated the
decadal change in the relationship between East Asian
and WNP summer monsoons around the mid-1990s. The
inter-decadal change of East Asian summer climate caught

(a)

(b)

(c)

(d)

(e)

(f)

(g)

(h)

Fig. 4 a–d Normalized time
series (solid lines) of JJA mean
rainfall averaged in the four
domains denoted as SC, YHR,
NC, and NEC. The dashed lines
elucidate the associated 9-year
running averaged time series.
e–h MK statistics for each
time series
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more and more attentions (Kwon et al. 2005, 2007; Ding et
al. 2008, 2009; Yim et al. 2008; Wu et al. 2010). Results
suggested that this inter-decadal shift concurred with a
decadal change in the monsoon circulation which brought
large rainfall increase to the South China, and possible
crimes were also attributed to the SST warming over
tropical Indian–WNP oceans and climate variation over TP.

Recently, another inter-decadal change of Eastern
China summer rainfall around the late 1990s was
revealed by Zhu et al. (2010) and Huang et al. (2011).
It led to a sharp decrease of rainfall in Northeastern China.
Huang et al. (2011) suggested that it is closely related to
the high-level teleconnection, which was in agreement
with the document of Yun et al. (2010) that the decadal
cooling in the Indian summer monsoon after 1998/1999
may affect East Asian summer monsoon (EASM) through
the Eurasia wave-train pattern and cause rainfall decrease
over northern EASM.

In addition, plenty of studies had shown the close
linkage between the Pacific Decadal Oscillation (PDO,
Mantua et al. 1997; Zhang et al. 1997) and the inter-decadal
variations over East Asia (Gong and Ho 2002; Mantua and
Hare 2002; Deser et al. 2004; Yang and Lau 2004; Shen et
al. 2006; Ma 2007; Yoon and Yeh 2010; Zhu et al. 2010).
The PDO is the leading mode of the inter-decadal
variability of SST in the North Pacific and considered to
the major contributor to the 1970s shifts, and recent works
also identified new inter-decadal change of the SST pattern
in North Pacific around 1998/1999 which changed from
PDO pattern to Victory pattern (Bond et al. 2003; Peterson
and Schwing 2003; Litzow 2006; Overland et al. 2008).
The study of Zhu et al. (2010) attributes the late 1990s shift
to the PDO as well. However, how the PDO affects the
climate over East Asia and the physical processes under-
neath the close linkage is still unclear, which needs further
investigation.

Because of the complexities in spatial–temporal structure
of and potential causes to the inter-decadal variation of
summer rainfall over Eastern China, there is still a long way
to achieve a comprehensive understanding of the laws of
the inter-decadal changes. And so, two urgent questions
came up: what are the changes in large-scale circulation and
global SST before and after the pattern shift since the early
1990s, and what are the possible causes underneath which
need further investigation.
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Abstract East Asia summer rainfall is of great social–eco-
nomic importance. Based on observations, reanalysis and
simulations of 16 Coupled Models Intercomparison Project
phase 5 (CMIP5) models, the responses of East Asia summer
precipitation, as well as some relevant features, to global
warming are investigated. The CMIP5 historical simulation
reasonably reproduces the climatology of summer rainfall, the
associated circulation, the moisture and its transportation, and
the mid-troposphere horizontal advection of temperature as
well. Under global warming, the rainfall enhancement is ro-
bustly projected in the state-of-the-art models over North
China, Northeast China, northern coast of Japan and the
Kuroshio. As well, the total summer rainfall over East Asia is
consistently increased in the models. For the consistent re-
sponses, the moisture budget analysis based on the simulations
shows that two factors are responsible: one is increased mois-
ture. As East Asia is a climatological ascent region in northern

summer, increased moisture induced by global warming leads
to more moisture transported upward and thus the rainfall rise.
The other is enhanced evaporation, which may be caused by
surface warming and provides more precipitable water to the
atmosphere column. Furthermore, the results may provide
some implications to the long-term variability of East Asia
summer rainfall over the last several decades.

1 Introduction

Northern summer is the major rainy season of the vast popu-
lated region—East Asia. Not only does the rain provide nec-
essary water for local lives, but also bring weather disasters,
exerting great social–economic influences. On the attribution
to rainfall, massive studies have been carried out. The causes
may trace to ocean temperature (e.g., Huang et al. 2011; Qu
and Huang 2012; Wu and Wang 2002), Tibetan orography
(e.g., Liu et al. 2007; Zhang et al. 2002), atmosphere internal
variability (e.g., Liang andWang 1998; Ding andWang 2005;
Kosaka et al. 2011), etc. while, two factors directly affect the
rain: one is the southerly, which bring moisture to East Asia
(Huang et al. 1998), the other is the westerly jet induced warm
advection, which induces upward motion and transports the
moisture upwards (Sampe and Xie 2010; Kosaka et al. 2011).

Since the industrial revolution, greenhouse gases have been
steadily increasing, causing a rise in global surface tempera-
ture. The warming, however, is inhomogeneous due to the
different properties of the earth’s surface. This may result in an
inhomogeneous response in the atmosphere. In turn, this may
provide feedback on the temperature. Besides, the warming
leads to the melting of snow cover, glaciers and sea ice. So
rather sophisticated are the influences of global warming on
climate, including East Asia summer rainfall. So far, a rela-
tively reasonable way to detect those effects is comparing the
Coupled Models Intercomparison Project (CMIP) outputs
under different greenhouse gas emissions. Based on the
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CMIP results, amounts of results emerge. Using ten CMIP
phase 3 models, Chou et al. (2009) did a global survey of
precipitation response and suggested that climatological wet
regions get wetter under global warming. Similar results are
obtained in the studies specialized in East Asia summer rainfall.
Kripalani et al. (2007) did a systematic survey on the rainfall
change and found that the rainfall increases are significant over
the Korea–Japan peninsula and the adjoining North China
region under global warming. Consistent conclusions are found
in Bueh (2003), Lu and Fu (2010), Kim and Byun (2009), and
Sun and Ding (2010). The rainfall change may be attributed to
the intensification of the north Pacific subtropical high, Meiyu
frontal zone, the associated influx of moist air from the Pacific
inland (Kripalani et al. 2007; Sun and Ding 2010).

However, the above results are based on CMIP phase 3 or
2. In 2011, CMIP phase 5 (CMIP5) was released. It assembled
the state-of-the-art coupled models with finer resolutions rel-
ative to previous CMIPs. Besides, carbon cycle is taken into
consideration in some of the models. So question arises
whether the updates in models yield new results on East
Asia summer rainfall. Previous studies mainly focus on the
multi-model mean results while present study devote to the
exploration of the consistent responses among the models.

The paper is organized as follows: Section 2 introduces the
data and methods used in the study. Section 3 evaluates the
performance of the CMIP5 models. Section 4 explores some
robust responses of East Asia summer rainfall to global
warming. Section 5 diagnoses the causes to the rainfall re-
sponse. Section 6 provides the conclusion and discussion.

2 Data and method

This investigation is based on CMIP5 outputs. The informa-
tion for the CMIP5 models is listed in Table 1. The experi-
ments used in this study are historical and RCP45 scenario
simulations. The historical experiments were conducted based
on observed anthropogenic and natural forcing from the mid-
nineteenth century to about 2005. The RCP45 experiments
were conducted from 2006 to at least 2099 driven by pre-
scribed forcing (Thomson et al. 2011). For detailed informa-
tion, readers are referred to the following web site: http://
cmip-pcmdi.llnl.gov/cmip5/.

The performance of the CMIP5models are evaluated against:
(1) the National Centers for Environmental Prediction–National
Center for Atmosphere Research (NCEP-NCAR) atmospheric
reanalysis with a horizontal resolution of 2.5°×2.5° (Kalnay
et al. 1996) and available from 1948 to the present and (2) the
Center for Climate Prediction Merged Analysis of Precipitation
(CMAP) with a horizontal resolution of 2.5°×2.5° (Xie and
Arkin 1997) and available from 1979 to the present.

The difference between climatology of future (2069–2098)
and present-day simulations (1975–2004) is used to represent

the model responses to global warming. Only the run “r1i1p1”
of each model is analyzed. The multi-model ensemble (MME)
approach is used to reduce natural variability and systematic
biases in the models. The model outputs are interpolated onto a
1.0°×1.0° grid using a bilinear interpolation technique. The
analysis is focused on summer (i.e., June–July–August) mean
and is based on monthly data. Besides, the present study
focuses on the consistent response of the models. Here, if more
than 75 % of total models show the same sign response as the
MME does at the grid, the response is treated as “significant.”

To diagnose the contribution of the factors (e.g., circulation
and moisture) to precipitation response, moisture budget is
analyzed in the present study. The moisture budget equation in
response to global warming is as follows:

P0 ¼ 〈−ω∂pq0〉þ 〈−ω0∂pq〉þ 〈−ω0∂pq0〉þ 〈−V ⋅∇q0〉
þ 〈−V 0⋅∇q〉þ 〈−V 0⋅∇q0〉þ E0

ð1Þ

where the ðÞ means climatology in 1975–2004 in the histor-
ical run. The ()′ means the departure from the climatology of
1975–2004. P, ω , q , V, E represent the precipitation, pressure
velocity, specific humidity, horizontal wind and evaporation,
respectively. The values in <> means a mass integration from
the surface to 100 hPa, that is:

〈X 〉 ¼ −
1

g

Z 100hPa

surface
X dp ð2Þ

Table 1 Climate models used in the present study

Model ID Country Spatial correlation coefficients based
on rainfall[20–50° N, 100–150° E]

CanESM2 Canada 0.67

CNRM-CM5 France 0.71

CSIRO-Mk3-6-0 Australia 0.70

FGOALS-s2 China 0.66

GFDL-CM3 US 0.62

GFDL-ESM2G US 0.69

GISS-E2-R US 0.69

HadGEM2-ES UK 0.79

inmcm4 Russia 0.70

IPSL-CM5A-LR France 0.76

MIROC-ESM Japan 0.26

MIROC-ESM-CHEM Japan 0.35

MIROC5 Japan 0.65

MPI-ESM-LR Germany 0.73

MRI-CGCM3 Japan 0.77

NorESM1-M Norway 0.45

MME 0.80

The third column displays the spatial correlation coefficients of East Asia
summer mean rainfall between CMAP and each model

124 X. Qu et al.

http://cmip-pcmdi.llnl.gov/cmip5/
http://cmip-pcmdi.llnl.gov/cmip5/


3 Present-day climate in simulations

Before analyzing the response of the rainfall to greenhouse
gas emission, we examine the performance of models based
on the CMIP5 MME. Figure 1a and b compares the climatol-
ogy of the precipitation between CMAP and the CMIP5
historical simulation in 1979–2004 during which all the ob-
servational data, reanalysis and historical simulations are
available.

Over East Asia, the summer precipitation features a south-
east–northwest gradient and a rain belt extending from the
estuary of the Yangtze River to the Northern Pacific via south
of Japan (Fig. 1a). Both features are reproduced by the CMIP5
MME (Fig. 1b). Spatial correlation coefficients between the
observation and each of the CMIP5 models are calculated
based on the summer rainfall over the domain [20–50° N,
100–150° E], and the results are given in Table 1. The spatial
correlation displays a large spread, with correlation coeffi-
cients spanning from 0.26 to 0.79. The MME, with its spatial

correlation coefficient 0.80, shows a more reasonable repre-
sentation of the East Asia summer precipitation pattern.

In addition, the background features which breeds the East
Asia rainfall is reasonably reproduced by the CMIP5MME. In
the upper troposphere, the South Asian High and the westerly
jet stream are two of the most prominent features near East
Asia. The former is a huge anticyclone centering over the Bay
of Bengal and Tibetan Plateau; the latter is a strong westerly
belt lying over 40° N of Asia, the North Pacific region
(Fig. 1c). The two large-scale features are well reproduced
by the CMIP5 MME (Fig. 1d). In mid-troposphere, the north-
ern Pacific subtropical high is a phenomenon tightly associat-
edwith East Asia summer precipitation (Huang and Sun 1992;
Tao and Chen 1987). The westerly in its north flank may lead
to upwardmotion. The geopotential gradient from the Yangtze
River to the Northern Pacific via the south of Japan is well
simulated (Fig. 1c, d), which yields the reasonable westerly.
Moisture is an important factor of precipitation. In northern
summer, East Asia is wetter than neighbouring regions besides

a b

c d

e f

g h

Fig. 1 The climatology of a , b
precipitation (color shaded , unit:
millimeters per day). c , d
Geopotential height (color
shaded , unit: meters; geopotential
height for 5,840, 5,860 and
5,880 m are shown in contours)
and 200 hPa wind (v). e , f
Integration of specific humidity
(color shaded , unit: kilograms per
meter per kilogram) and moisture
transport (vector), and g , h
integration of p velocity (color
shaded , unit: Pascal per meter per
second) and 500 hPa horizontal
advection of temperature
(contour, interval: 2×10−6 K s−1;
contours for zero are omitted;
negative contours are shown in
dash contours) during 1979–
2004. a , c , e and g are the results
of NCEP-NCAR reanalysis or
CMAP, b , d , f and h are the
results of the CMIP5 MME. The
reference vectors are shown in the
bottom right corners of each
figure
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South Asia (Fig. 1e). It mainly results from the southerly along
East Asia coast, for it transports moisture from the tropics
(Fig. 1e). Also, the moisture feature is reproduced in simulation
(Fig. 1f). Besides the moisture transportation, another important
forcing is the westerly induced warm horizontal advection of
temperature to the east of the Tibetan Plateau. It leads to the
formation of the Meiyu-Baiu rain and brings the major rainy
season in East Asia in the boreal summer (Sampe and Xie
2010). In mid-troposphere, prominent warm advection is found
over the downstream of the Yangtze River Valley, Japan and the
Northern Pacific (Fig. 1g). The warm advection leads to ascent
motion (Fig. 1g). The corresponding features are reasonably
represented in the CMIP5 MME, too (Fig. 1h).

Overall, reasonably reproduced are the East Asia summer
precipitation as well as the related large-scale features by the
CMIP5 MME. Thus, the discussion of East Asia summer
rainfall by using the CMIP5 MME is credible.

4 Consistent responses

Under the RCP45 scenario, the wind associatedwith East Asia
summer rainfall does not display consistent responses in indi-
vidual models. As the horizontal advection of temperature is
an important environmental forcing of East Asia summer
precipitation, its response to global warming is analyzed.
The MME climatology shows cold anomaly over the clima-
tological position of the Meiyu-Baiu rain belt under RCP45
relative to historical climatology, while the amplitude is small
relative to individual models and the behaviors in individual
models are spread (figure not shown). Furthermore, alike the
horizontal advection response of temperature, individual
models do not project consistent response in the responses
of the 850 hPa wind, 200 hPa wind and integration of p-
velocity, either (figures not shown).

In mid-troposphere, the north Pacific subtropical high
stretches far westwards in response to global warming. In
historical simulation, the geopotential height greater than
5,840 m resides south of Japan and southeast of China; while,
under RCP45 scenario, the corresponding northern boundary
extends to about 40° N (Fig. 2). In each model, similar
extension is found (figures not shown), although the char-
acteristic isoline of the subtropical high may not be
5,840 m. It is mainly led by the atmospheric warming-
induced geopotential rise according to hydrostatic balance.
Based on the behavior of the subtropical high, it may be
speculated that a drier summer over South and Central
China under global warming.

However, the state-of-the-art models generally project an
enhancement of the rainfall under global warming. Figure 3
shows the precipitation response of the CMIP5 models and
MME over East Asia region. The anomalous rainfall patterns
of the individual models are diverse. But intensified rainfall is

found over the whole region of East Asia inMME. Interestingly,
the enhancement is projected in most of the models over the
following regions (last figure of Fig. 3): North China, Northeast
China, seaboard of Huaihe River Valley, northern coast of Japan
and the Kuroshio. The results are consistent with those in
Kripalani et al. (2007). Even the models developed by the same
modeling center yield different results (e.g., MIROC-ESM,
MIROC-ESM-CHEM and MIROC5). It may be caused by
carbon cycle, natural variability or initial condition. For the
summer rainfall over East Asia region [20–50° N, 100–
140° E], the total rainfall is enhanced in all the models
(Fig. 4). Among the models, the total rainfall increases most in
GFDL-CM3 and least in GISS-E2-R. Furthermore, paradox
exists in the responded north Pacific subtropical high and rain-
fall. It indicates that the frequently used characteristic isoline of
500 hPa geopotential height (e.g., 5,840 or 5,880 m) may not be
suitable for precipitation prediction under a warmer scenario.

As the circulation change could not explain the consistent
enhancement of the rainfall, the other factor—moisture—is
investigated. Figure 5 gives the response of integrated humid-
ity of the atmosphere column. Robust is the enhancement of
the humidity under RCP45 scenario in the CMIP5 models. In
MME, the maximum of the anomalous humidity resides over
Southeastern China. The anomalous humidity declines sharp-
ly to its northwest. In addition, to the northeast, decaying
gradient is found but more smoothly. In individual models,
most models yield the MME-like response pattern, except for
MIROC-ESM and MIROC-ESM-CHEM, featuring a wet
tongue stretching from Southeast China to Japan. Again, it
implies that carbon cycle, natural variability or initial condi-
tion may affect the responses. The consistent behaviors of
humidity in the CMIP5 models could be explained by the
Clausius–Clapeyron equation, follow which moisture in-
creases as the air temperature rises (Fig. 6).

5 Moisture budget

To better interpret the influences of the moisture-induced pro-
cesses on the rainfall change, moisture budget analysis is

Fig. 2 Contours of 500 hPa geopotential height for 5,840 and 5,860 m in
historical (blue) and RCP45 (red) simulations. Unit is meters
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Fig. 3 The difference of precipitation (unit: millimeters per day) between RCP45 and historical runs. The model names are shown on the top of each
figure. Dots in the bottom figure mean that more than 12 models show the same sign responses with the MME on the grids

Fig. 4 The difference of regional
mean summer rainfall over [20–
50° N, 100–140° E] between
RCP45 and historical simulations
in the CMIP5 models and MME.
The unit is millimeters per day
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performed. The detailed information of the moisture budget
equation is introduced in Section 2. Figure 7 shows the responses
of each moisture budget terms. In the MME results, the rainfall
change over East Asia is mainly attributed to the anomalous
vertical gradient of humidity transported bymean vertical motion
(〈−ω∂pq0〉 ) and evaporation change (), with the former larger
than the latter. The contributions of the other terms are rather
small. Interestingly, the aforementioned two terms in the individ-
ual models both show a positive response. The signs of the other
terms in the CMIP5models are diverse. In individual models, the
dominant terms are not the same structure as those in MME. For
instance, GFDL-CM3 simulates positive responses inmost of the
terms and its largest contribution term is evaporation change.
Nevertheless, among the processes influencing the overall

rainfall over East Asia, increased 〈−ω∂pq0〉 and enhanced evap-
oration are certain.

Furthermore, the spatial structures of the two dominant terms
are examined. For 〈−ω∂pq0〉 , over western China or east of the
Tibetan Plateau, positive responses are found in most of the
CMIP5 models; negative anomaly is seen northeast of the
Tibetan Plateau (Fig. 8a). Over the mentioned regions, the
model responses are robust. The increase mainly locates over
the climatological rainy areas; the decline is found over clima-
tological less rainy area (Fig. 1b). Over the climatological ascent
region, the increased humidity causes more moisture being
transported from the lower to the upper atmosphere, arising
more rainfall locally; on the contrary, more moisture is
transported downwards to the surface and less rainfall occurs

Fig. 5 The difference of vertical integrated humidity (unit: meters) between RCP45 and historical runs. The model names are shown on the top of each
figure
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over climatological decent region. It is the “wet-get-wetter”
mechanism proposed by Chou and Neelin (2004) and Chou
et al. (2009). In individual models, the responses do not all show
the same pattern as MME, but respectively resemble the clima-
tological precipitation pattern of its own (not shown), which can
also be explained by the “wet-get-wetter” mechanism.

For the evaporation, prominent enhancement is mainly
found over Northeast China and Yellow Seas (Fig. 8b).
Furthermore, most of the CMIP5 models simulate a similar
increase over East Asia except Southeast China and north-
east of Japan. The global warming-induced surface temper-
ature increase favors the intensified evaporation. While, the
causes to the pattern of the anomalous evaporation structure
are not clear. Also, diverse are the patterns in individual
models.

Fig. 6 The same as Fig. 5, but for 850 hPa air temperature (unit: Kelvin)

Fig. 7 The responses of regional mean moisture budget terms over the
domain [20–50° N, 100–140° E]. The MME results are shown in red and
blue bars and individual results are shown in markers . The unit is
millimeters per day
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In the MME, the term 〈−ω∂pq0〉 is dominant over evapo-
ration change over South China, North Korea, the adjoining
north China region, Japan and its south, while evaporation
change is dominant over North China, Northeast China and
Yellow Seas. The uncertainty in the rainfall response over
South and Central China (Fig. 3) may stem from the diversity
of the evaporation change. In individual models, the dominant
terms are complex in spatial distribution (not shown).

Overall, it is certain that under global warming, two pro-
cesses are responsible for the wetter summer over East Asia:
(1) moisture increase, East Asia is mainly a climatological
ascent region in northern summer, more moisture is
transported upward and yields more rainfall; (2) enhanced
evaporation, it provides more precipitable water in the atmo-
sphere column.

6 Conclusion and implications

Based on the NCEP–NCAR reanalysis, CMAP and simula-
tions of 16 CMIP5 models, present study investigates the
responses of East Asia summer precipitation to greenhouse
gas emission and some associated consistent responses as
well. The CMIP5 historical simulation reasonably reproduces

the climatological pattern of summer rainfall, the circulation in
the upper and middle troposphere, the moisture and its trans-
portation and the mid-troposphere horizontal advection of
temperature as well.

Under global warming, the rainfall is robustly enhanced
over North China, Northeast China, northern coast of Japan
and the Kuroshio in the CMIP5 models. Also, the regional
averaged summer rainfall rises over East Asia in all the
models. To the consistent rainfall enhancement, wind re-
sponse could not be the cause as the response is not uniformly
projected by the CMIP5 models. Though the north Pacific
subtropical high is projected westward with good agreements
in the CMIP5 models, it contradicts the rainfall enhancement.

For the robust rainfall rise, two attributions are responsible:
(1) increased moisture. According to the Clausius–Clapeyron
equation, global warming induces moisture enhancement in
the atmosphere. As East Asia is mainly a climatological ascent
region in northern summer, increased moisture leads to more
rainfall transported upward via vertical motion, resulting in
enhanced rainfall locally. This process yields a “wet-get-wet-
ter” pattern, which is robust over the whole of East Asia
except North China, Huaihe River Valley, the northern Sea
of Japan and northeast of Japan. (2) Enhanced evaporation:
warming in surface favors intensified evaporation, which
provides more precipitable water to the atmosphere column.
The enhancement is robust over the whole of East Asia, but
Southeast China and northeast of Japan, and peaks over
Northeast China and Yellow Seas.

Large amounts of evidence (e.g., Huang et al. 2007; Zhou
et al. 2009) suggested that since the 1950s the summer rainfall
over East Asia experiences decadal changes, with a decrease
over Southeast and North China and increase over the Yangtze
and Huaihe River Valley. The feature is also named a “tripole”
pattern. The occurrence of global warming over the decades
makes it hard to distinguish the effects of global warming and
natural variability on it. The present study shows that under
global warming, over 75 % of the CMIP5 models simulate an
enhancement of the summer rainfall over North China. It
implies that the historical long-term rainfall change over the
region may be due to natural variability. Furthermore, over
South China, our results give the hint that the rainfall change
there may not result from global warming. However, over the
seaboard of Huaihe River Valley, the historical rainfall change
is the same sign as those in most of the CMIP5 models. It
indicates that the rainfall increase is, or partly, led by global
warming.
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ABSTRACT

The East Asian summer monsoon (EASM) and its variability involve circulation systems in both the tropics and

midlatitudes as well as in both the lower and upper troposphere. Considering this fact, a new EASM index

(NEWI) is proposed based on 200-hPa zonal wind, which takes into account wind anomalies in the southern

(about 58N), middle (about 208N), and northern areas (about 358N) of East Asia. The NEWI can capture the

interannual EASM-related climate anomalies and the interdecadal variability well. Compared to previous indices,

the NEWI shows a better performance in describing precipitation and air temperature variations over East Asia. It

can also show distinct climate anomalous features in early and late summer. The NEWI is tightly associated with

the East Asian–Pacific or the Pacific–Japan teleconnection, suggesting a possible role of internal dynamics in the

EASM variability. Meanwhile, the NEWI is significantly linked to El Niño–Southern Oscillation and tropi-

cal Indian Ocean sea surface temperature anomalies. Furthermore, the NEWI is highly predictable in the

ENSEMBLES models, indicating its advantage for operational prediction of the EASM. The physical mecha-

nism of the EASM variability as represented by the NEWI is also explicit. Both warm advection anomalies of

temperature by anomalous westerly winds and the advection of anomalous positive relative vorticity by northerly

basic winds cause anomalous ascending motion over the mei-yu–changma–baiu rainfall area, and vice versa over

the South China Sea area. Hence, this NEWI would be a good choice to study, monitor, and predict the EASM.

1. Introduction

The East Asian summer monsoon (EASM) is one of

the most energetic components of Earth’s climate sys-

tem during boreal summer. Accumulated researches

have indicated that the variability of the EASM has

substantial social and economic influences (Rodwell and

Hoskins 2001; Jiang et al. 2008). For example, an

anomalous EASM can cause flood and high temperature

extremes (Jiang et al. 2008; Hu et al. 2011, 2013). It is

still a great challenge to predict the EASM and associ-

ated climate features accurately (B. Wang et al. 2001).

Indices are an important tool for the study of the

EASM, and many EASM indices (EASMIs) have been

proposed based on different variables at different levels

with different purposes. Wang et al. (2008) have com-

pared and classified these indices into five categories: the

east–west thermal contrast index (Guo 1983; Shi and

Zhu 1996; Peng et al. 2000; Zhao and Zhou 2009), the

north–south thermal contrast index (Webster and Yang

1992; Zhu et al. 2000), the shear vorticity index (Huang

and Yan 1999; Wang and Fan 1999; Lau et al. 2000;

Zhang et al. 2003; Xie et al. 2009), the southwest mon-

soon index (Wu and Ni 1997; Y. Wang et al. 2001), and
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the South China Sea monsoon index (Dai et al. 2000).

These five groups of indices, to some extent, reflect the

current understanding of the EASM variability. These

indices mentioned in Wang et al. (2008) have been used

to depict the characteristics of the EASM and associated

climate. Yet, some problems exist. For instance, the

rainfall and temperature anomalies represented by the

Lee–Jhun–Park index (LJPI) (Lee et al. 2005) display an

eastward shift as this is a northeast Asian summer

monsoon index (see section 4; Fig. 5b). Sea level pres-

sure (SLP)-based indices such as the Guo index (GQYI)

(Guo 1983), Shi–Zhu index (SZI) (Shi and Zhu 1996),

and Zhao–Zhou index (ZZI) (Zhao and Zhou 2009)

could not represent the precipitation and temperature

variations over East Asia properly (Figs. 5c–e), which is

probably because the SLP is affected by some weather

processes around the surface. The Wang–Fan index

(WFI) (Wang and Fan 1999) largely reflects features in

the tropics and has a relatively weak relationship with

temperature variations in the East Asia, especially

northern East Asia (Fig. 5k), likely because this index

mainly considers the low latitudes with relatively weak

emphasis on the midlatitudes. The Lau–Kim–Yang in-

dex (LKYI) (Lau et al. 2000) could not represent climate

variability in East Asia after the 1980s. Therefore, a new

EASM index needs to be put forward. Such an index

should depict properly features in both tropical and

middle latitude areas as well as at both lower and upper

troposphere associated with the variability of the

EASM. It should capture not only multiscale variations,

but also physical processes of the EASM. Such an index

should also be predictable for the benefit of monitoring

and prediction of climate anomalies associated with the

EASM variability. The simplicity for construction and

its capacity for prediction should also be taken into ac-

count, and so direct observable variables are preferable.

In view of these considerations, the upper-level wind

field may be a good choice as it is relatively less affected

by complex weather processes near the surface.

Prominent circulation systems exit at different levels

in association with the EASM. In the upper troposphere,

a double-jet structure exists over the Eurasian continent,

which is in geostrophic balance with temperature gra-

dients over the midlatitudes and along the coastline of

the Arctic Sea (Hirota and Takahashi 2012). In the

middle troposphere, a dominant system is the western

Pacific subtropical high, which greatly influences climate

anomalies in East Asia (Chen et al. 1992). In the lower

troposphere, there is an anticyclone over the north-

western Pacific whose location change is closely related

to summer rainfall anomalies in East Asia (He et al.

2007). The EASM has distinct features at different levels

and complex spatial and temporal structures encompassing

the tropics, subtropics, and midlatitudes (Murakami and

Matsumoto 1994). Thus, a good index to measure the

EASM variability needs to take into account properly

not only related features over the midlatitudes, but also

those over the tropics as well as at both lower and upper

troposphere.

At 200 hPa, the East Asian jet stream (EAJ) is one

important part of the EASM system (Tao and Wei 2006;

Huang et al. 2012; Qu and Huang 2012). The westerly jet

is located in midlatitudes with the wind speed reaching

maximum at upper troposphere. The jet axis is approx-

imately along 408N, extending from northwestern China

through northern China to the Korea Peninsula and

north-central Japan. The EAJ has a great influence on

weather and climate around East Asia. Its significant

seasonal movement is closely linked to the outbreak of

the East Asian monsoon and the movement of the rain

belt of East Asian subtropical region (Tao and Chen

1957). The association of the East Asian upper-level jet

with EASM has been mentioned in previous studies

(e.g., Lau and Li 1984; Liang and Wang 1998; Kwon

et al. 2007). The mei-yu period around the Yangtze

River valley is greatly impacted by the EAJ (Du et al.

2008). Furthermore, precipitation can influence the in-

tensity of EAJ in return (Kwon et al. 2007). The EAJ is

intimately related to the EASM so we can use the upper-

level wind to represent the EASM. Dai et al. (2013)

found that summer thermal structure and winds over

Asia show a larger land–ocean thermal gradient in the

upper than in the lower troposphere. This implies a

bigger role of the upper troposphere in driving the Asian

summer monsoon circulation.

As we all know, the mei-yu–changma–baiu rainfall is

one of the key components of EASM. To define the

main rain belt in June–August (JJA) in East Asia, we

perform an EOF analysis based on the JJA-mean pre-

cipitation anomalies over the domain of East Asia about

08–608N, 1008–1608E. Figures 1a and 1b show the first

and second EOF modes of the summer-mean pre-

cipitation anomalies, respectively. Two distinct rain

belts are detected: one is the mei-yu–changma–baiu

rainband (27.58–32.58N, 1058–1208E and 308–37.58N,

127.58–1508E) and the other the tropical Philippine Sea

rainband (108–208N, 1158–1508E). On the interannual

time scale, the variability of the two rainbands is large as

revealed by the standard deviation of precipitation

(Fig. 1c). The mei-yu–changma–baiu rain belt is one of

the prominent features of the EASM. Alternatively, it

has been called the East Asian monsoon trough since it

is the main low-level convergence region over East Asia

that produces most of the summer monsoon rainfall

(Chen and Chang 1980). For the purpose of taking into

consideration both lower and upper tropospheric
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physical processes to depict the variability of EASM,

we compute the JJA regression between the mei-yu–

changma–baiu rainfall and zonal wind. From Fig. 2a,

the 200-hPa zonal wind has the most significant

correlation with the mei-yu–changma–baiu rainfall.

The correlation with tropical Philippine Sea rainfall

displays similar feature. Based on this, 200-hPa zonal

wind is strongly linked to low-level processes and is

capable of measuring the variability of EASM.

Lau et al. (2000) proposed an EASM index based on

200-hPa zonal wind, defined as LKYI 5 u(408–508N,

1108–1508E) 2 u(258–358N, 1108–1508E). Yet, this index

does not include the wind over low latitudes, leading to

its poor performance in depicting the East Asian climate

after the 1980s (figure not shown). It has been shown

that the convection activities around the Philippine Sea

area have great influence on the activity of EASM

(Yang and Webster 1990; Li et al. 2013) through the East

Asian–Pacific (EAP; Huang and Wu 1989) or Pacific–

Japan (PJ; Nitta 1987; Kosaka and Nakamura 2010)

teleconnection. From this perspective of view, it is nec-

essary to take into account of 200-hPa zonal wind in both

the tropics and subtropics.

As the 200-hPa zonal wind is strongly linked to low-

level processes and is capable of measuring the vari-

ability of EASM, in this study, we propose a new EASM

index (NEWI) based on 200-hPa zonal wind. The wind

anomalies not only in the northern and central areas but

also in the south from the mean state above the East

Asia area are taken into account. As we all know, the

atmospheric processes in both the middle and high lat-

itudes and the tropical ocean play an important role in

the variability of the EASM. Thus, we take both the

tropical and subtropical wind changes into account

when defining the NEWI. The NEWI needs to reflect

reasonably both the precipitation and temperature

variability associated with the EASM. Following the

suggestion by Wang et al. (2008), a strong EASM in-

dicates an excessive rainfall in the mei-yu–changma–

baiu area.

The rest of this paper is organized as follows. Section 2

describes the datasets and methods used in our study.

Section 3 defines the NEWI. Section 4 then delineates

the precipitation and temperature circulation anomalies

represented by the NEWI. Section 5 gives the associa-

tions with sea surface temperature (SST) and potential

predictability of the index. In this section, we also assess

the predictability of the NEWI by examining the pre-

dictions in ENSEMBLES. We also compare the NEWI

with some selected typical EASM indices in the past in

sections 4 and 5. The physical mechanism of the NEWI

is illustrated in section 6. Finally, a discussion and

summary are provided in section 7.

2. Data and methods

The datasets used in this study include the following

products: (i) the Japanese 55-year Reanalysis Project

(JRA-55; Kobayashi et al. 2015) data, with a 1.258 3 1.258
horizontal resolution and from 1000 to 1 hPa with 37

vertical pressure levels; (ii) the Extended Reconstructed

Sea Surface Temperature (ERSST; Smith et al. 2007),

version 3.0 data, with a 28 3 28 horizontal resolution; and

(iii) the monthly global Precipitation Reconstruction

(PREC; Chen et al. 2002) dataset, with a 2.58 3 2.58
horizontal resolution. We also use the monthly-mean

FIG. 1. The (a) first and (b) second EOF modes of JJA-mean precipitation anomalies (mm day21; color shading). (c) The distribution of

the standard deviation of JJA-mean precipitation (mm day21; color shading). The time period is 1958–2013. The mei-yu–changma–baiu

rainfall area refers to 27.58–32.58N, 1058–1208E and 308–37.58N, 127.58–1508E; the tropical Philippine Sea rainfall area refers to 108–208N,

1158–1508E marked by the dashed green rectangles.

Fig(s). 1 live 4/C

15 DECEMBER 2015 Z H A O E T A L . 9979



surface air temperature and precipitation from 756 Chi-

nese stations provided by the China Meteorological Ad-

ministration. This dataset starts from 1951 and updates

every month to the present. The focus period is 1958–

2013.

To understand the contribution of the SST change to

the observed variation of the EASM, two atmospheric

general circulation models (AGCMs) are employed: the

Hamburg version of the European Centre for Medium-

Range Weather Forecasts model, version 5 (ECHAM5),

and the Community Atmosphere Model, version 3

(CAM3) (Collins et al. 2006). The resolutions of the two

AGCMs are spectral triangular truncation at wave-

number 63 and 19 vertical levels (T63L19) and spectral

triangular truncation at wavenumber 42 and 26 vertical

levels (T42L26), respectively. The AGCMs are driven

by global historical Hadley Centre Sea Ice and SST

(HadISST1) data. A 17-member ensemble simulation is

conducted with ECHAM5 for 1871–2007 and a 21-

member ensemble simulation with CAM3 for 1950–

2000. The initial condition of each member is different.

The ensemble means are used in the analysis to mini-

mize the internal variability of the AGCMs and the er-

ror due to initial conditions. We use these model

simulation data from 1958–2000 in this study.

ENSEMBLES [an European Union (EU)-funded

integrated project] intends to develop an ensemble pre-

diction system for climate change based on the five state-

of-the-art coupled models developed in Europe for the

period of 1960–2005 (Li et al. 2012). The models include

the Met Office (UKMO), Météo-France (MF), the Eu-

ropean Centre for Medium-Range Weather Forecasts

(ECMWF), the Leibniz Institute of Marine Sciences at

Kiel University (IFM-GEOMAR), and the Centro Euro-

Mediterraneo per I Cambiamenti Climatici–Istituto Na-

zionale di Geofisica e Vulcanologia (CMCC-INGV).

Further details of the ENSEMBLES multimodel project

and the models are available in Doblas-Reyes et al.

(2009). The retrospective forecasts (hindcasts) of all five

models have been performed for a 46-yr period of 1960–

2005. For each year, the seasonal forecasts are initialized

on 1 May and run for seven months with nine members

for each model. The multimodel ensemble (MME) re-

sults are calculated through simple composite by applying

equal weights to all five models.

Here, the summer mean refers to the JJA mean.

Analysis methods mainly include physical analysis,

correlation analysis, regression analysis, and empirical

orthogonal function (EOF) analysis. The significance

levels are evaluated with the standard two-tailed Student’s

t test.

3. Definition of the new EASM index

According to the discussion in the introduction, we try

to find out a new index depicting the EASM variability

from the upper-troposphere wind. We first compute the

JJA regression between the mei-yu–changma–baiu

rainfall and 200-hPa zonal wind. Figure 2b reveals a

distinct ‘‘positive–negative–positive’’ pattern with three

significant bands. Three centers are located about 58,
208, and 358N, respectively. The 200-hPa zonal wind

pattern regressed against the tropical Philippine Sea

rainfall leads to similar distribution (figure not shown).

To confirm whether the above regions have large varia-

tion, we perform an EOF analysis based on the JJA-mean

FIG. 2. (a) Latitude–height cross section showing regression anomalies (color shading) of zonal wind averaged between 1058 and 1508E
(m s21) against JJA-mean mei-yu–changma–baiu rainfall, (b) regression anomalies (color shading) of 200-hPa zonal wind (m s21) against

JJA-mean mei-yu–changma–baiu, and (c) the first EOF mode of JJA-mean 200-hPa zonal wind anomalies (m s21; color shading). The red

dots indicate the 95% confidence levels based on a two-sided Student’s t test. The dashed green rectangles indicate the areas used to define

the NEWI. The time period is 1958–2013.

Fig(s). 2 live 4/C

9980 J O U R N A L O F C L I M A T E VOLUME 28



200-hPa zonal wind anomalies over the domain of East

Asia about 08–408N, 1008–1458E. Figure 2c shows the first

EOF mode of the summer-mean 200-hPa zonal wind

anomalies. The first mode explains 32.4% of the total

variance in summer. It also reveals a distinct positive–

negative–positive pattern, with the centers of these three

bands located about 58, 208, and 358N, respectively.

Among these three centers, the center located around

358N has the largest loading. We have also tried the EOF

analysis for larger domains and the obtained results are

similar. Comparing Figs. 2b and 2c, considering both the

precipitation pattern in the low levels and the circulation

mode in the upper levels, an EASM index is proposed

as below:

NEWI5Nor[u(2:58– 108N, 1058– 1408E)

2 u(17:58– 22:58N, 1058– 1408E)

1 u(308– 37:58N, 1058– 1408E)],

where Nor represents standardization and u is JJA-

mean 200-hPa zonal wind. When easterly anomalies

appear around 208N and westerly anomalies appear

around 58 and 358N, the index is positive, and the EASM

is stronger.

There has been a lot of research on the interdecadal

variability of EASM. Following the definition of a

strong EASM index suggested by Wang et al. (2008),

the EASM circulation has exhibited a strengthening

tendency in the late 1970s (Hsu et al. 2014). Recent

studies found that the EASM has been weakening since

the early 1990s (Liu et al. 2012). Observational ana-

lyses reveal a weaker monsoon index from 1910 to 1970

and an enhancing monsoon since the late 1970s (Zhou

et al. 2009). Figure 3 shows the normalized EASM in-

dex for the period 1958–2013. It features prominent

interannual variations and captures the decadal strength-

ening of the EASM around the late 1970s. After 2000, the

EASM begins to weaken. We also compare the NEWI

with some widely used indices such as the LKYI and

Huang–Yan index (HYI) (Huang and Yan 1999). These

indices show similar interdecadal and interannual vari-

ability. Besides, the NEWI can detect that, when the de-

cadal EASM is under the background of high index for the

period from the late 1970s to the late 1990s, the ampli-

tude of the index is likely to be large, indicating active

interannual variability of the EASM.

4. Anomalies represented by the EASM index

a. Precipitation and temperature

Precipitation and temperature are the two most sig-

nificant elements of the EASM. To analyze the capacity

of the NEWI for representing the East Asian summer

climate anomalies, we analyze the relationship of pre-

cipitation and temperature with the index. When the in-

dex is above average, precipitation anomalies display

zonally elongated distribution, with suppressed rainfall

over the South China Sea extending eastward and in-

creased rainfall extending from the Yangtze River valley

crossing the Korea Peninsula to Japan (Fig. 4a). The

distribution of temperature anomalies shows a similar

feature except that the temperature and precipitation

anomalies are opposite, which is a typical feature over

East Asia in summer (Wu et al. 2013). There are large

areas of negative anomalies distributed in northern Asia.

The precipitation and temperature patterns are similar to

the leading modes of rainfall (Figs. 1a,b) and temperature

anomalies (figures not shown) over East Asia. This re-

veals that the NEWI can capture the dominant modes of

rainfall and temperature variations in summer over East

Asia. The NEWI can also capture the seasonal shift of the

mei-yu–changma–baiu rain belt (figure not shown).

To compare the NEWI with previous EASMIs, we

first perform the regression analysis of different EASMIs

with precipitation and temperature. We choose 15 pre-

vious EASMIs defined by different variables including

the rainfall, the SLP, the geopotential height (hgt), and

the wind. The descriptions of these indices are presented

in Table 1. These selected indices are simple for con-

struction, representative, and widely known. The SLP-

based indices, such as the GQYI, SZI, and ZZI, show

weak association with precipitation and temperature

over East Asia (Figs. 5c–e). Some other indices in-

cluding the PSNI, WYI, and WNI do not reflect pre-

cipitation and temperature anomalies so well (Figs. 5g,h,

o). Although the rainfall-based index, the 850-hPa zonal

wind–based indices, and the surface zonal wind–based

index obtain a good relationship with precipitation, their

capacity to represent the related temperature anomalies

is limited (the LJPI, WFI, DXZI, ZTCI, and XHHI;

Figs. 5b,k,l,m,j). The ZHWI and WWOI’s descriptions

FIG. 3. Normalized JJA-mean EASMI (dashed lines) and 11-yr

running average (solid lines) for the period 1958–2013. The blue

lines are for the NEWI, and the orange lines are for the

reversed LKYI.

Fig(s). 3 live 4/C
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of precipitation and temperature anomalies are rela-

tively good, but not as good as the NEWI (Figs. 5i,p).

The HYI’s depiction of precipitation anomalies is

slightly worse than the NEWI, and its depiction of

temperature anomalies is not so good in northwestern

China (Fig. 5f). Finally, the LKYI depicts precipitation

anomalies slightly worse than the NEWI, and its repre-

sentation of temperature anomalies in northwestern

China is not so good (Fig. 5n).

The amount of precipitation is the most direct mea-

sure of monsoon activity. The mei-yu–changma–baiu

system is the most important rainfall-producing agent of

the EASM and therefore the most important provider of

the heat source that drives the EASM (Wang et al.

2008). So we use the indices’ correlations with pre-

cipitation in the mei-yu–changma–baiu rainfall area to

further examine the indices’ performance in capturing

the EASM characteristics. We compute the correlation

coefficient between the EASMI and the mei-yu–

changma–baiu rainfall, which is shown in Table 1.

Among all these 16 indices, the NEWI has the second-

best relationship with precipitation in the mei-yu–

changma–baiu rainfall area, second only to the LJPI.

However, the LJPI mainly obtains the features over

northeastern Asia and also its capability of representing

temperature variation is limited (Fig. 5b). Meanwhile,

the three SLP-based indices, PSNI, and WYI have poor

relationship, and the other indices are well correlated

with the precipitation although less well than the NEWI.

These results are consistent with the above regression

analysis.

Furthermore, we verify the above results utilizing the

756 stations data in China. We calculated the correlation

coefficients between the indices listed in Table 1 and the

756 stations’ JJA-mean precipitation and temperature in

China for the period 1958–2013. The numbers of stations

with the correlation coefficient exceeding the 99%,

95%, and 90% confidence levels are compared (data not

shown). The results are in accordance with the re-

gression and correlation results above. The NEWI has

the most stations exceeding the different levels of con-

fidence. Therefore, the NEWI can better capture pre-

cipitation and temperature characteristics over East

Asia.

b. Circulation system

The distribution of precipitation and temperature

anomalies is influenced by atmospheric circulation and

the atmospheric circulation is an important factor

of the EASM system. Thus, we analyze the vertical

structure of circulation anomalies associated with

the NEWI. The dominant feature in the cross section

FIG. 4. (a) Regression anomalies of pre-

cipitation (mm day21; color shading) and

850-hPa wind (m s21; vectors) against the

JJA-mean NEWI for the period 1958–2013.

(b) As in (a), but for temperature (8C; color

shading) and 200-hPa wind (m s21; vectors).

(c) As in (a), but for 500-hPa height (gpm).

The red dots and thick black vectors indicate

the 95% confidence levels based on a two-

sided Student’s t test.

Fig(s). 4 live 4/C
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of zonal wind anomalies is a barotropic structure

signaling a northward shift of the upper-tropospheric

jet stream (Fig. 6a), which creates a strong local

anomalous vorticity gradient. The zonal wind anoma-

lies display alternative westerly and easterly anomalies

in the meridional direction. The maximum wind speed

anomalous centers are around 200 hPa with another

wind speed anomalous center about 850 hPa at the

latitude of 158N.

The shift in the zonal wind anomalies is associated

with strong equatorward flow anomalies between sur-

face and 300 hPa and poleward flow anomalies above

300 hPa, just south of the zonal wind anomaly maximum

(Fig. 6b). The meridional wind anomaly section presents

a barotropic structure above 200 hPa and a baroclinic

structure below 200 hPa (Fig. 6b).

The local latent heat–induced meridional circulation

appears to be squeezed into a narrow latitudinal band

with three centers at about 58, 158, and 308N, respectively

(Fig. 6c). The anomalous centers in the vertical velocity

agree with the precipitation anomalies shown in Fig. 4a.

The dominant feature in the cross section of geo-

potential height anomalies is also a barotropic structure

signaling a northward shift of the upper-tropospheric jet

stream (Fig. 6d).

For the purpose of understanding characteristics at

different levels, we carry out regression analysis for

different levels. Figure 4 shows atmospheric circulation

anomalies at different levels. From the 850-hPa wind

field (Fig. 4a), when there is a strong EASM, there are

anomalous southwesterly flows carrying water vapor

from the South China Sea to the mei-yu–changma–

baiu rainfall area and anomalous northwesterly flows

bringing relatively cold air from the midlatitudes

there, leading to anomalous rain belt there. In addi-

tion, an anomalous anticyclone is situated over the

northwestern Pacific with its center around 208N,

1308E. The 200-hPa wind anomalies display obvious

zonal distribution with westerly and easterly anoma-

lies appearing alternately and the centers of anomalies

are located about 58, 208, 358, and 508N (Fig. 4b).

When a strong EASM occurs, easterly anomalies ap-

pear to the north and westerly anomalies to the south

of the jet axis (near 408N), resulting in the southward

shift of the westerly jet. When there is a strong EASM,

anomalous cyclone located around 408N at 200 hPa,

corresponding to the negative temperature anomalies

in northern Asia (Fig. 4b).

From the 500-hPa geopotential height anomalies

(Fig. 4c), northern China, Korea Peninsula, and Japan

areas are located in the anomalous low pressure areas,

and there are positive height anomalies in the north-

western Pacific subtropical high area when there is a

strong EASM, corresponding to anomalous anticyclone

at 850 hPa. The 500-hPa geopotential height anomalies

present an EAP or PJ teleconnection pattern. The

western Pacific subtropical high is a dominant feature in

the middle troposphere and greatly influences the cli-

mate anomalies in East Asia.

From the above analyses, the NEWI can cap-

ture well the large-scale circulation features of the

EASM at the lower, middle, and upper troposphere as

TABLE 1. Description of the NEWI and 15 EASM circulation indices. For defining variables, pre is precipitation, u is zonal wind, y is

meridional wind, and hgt is geopotential height. Their correlation coefficients with the precipitation in the mei-yu–changma–baiu rainfall

area (27.58–32.58N, 1058–1208E and 308–37.58N, 127.58–1508E) for the period 1958–2013 are shown. One and two asterisks indicate that the

correlation coefficients exceed the 99% and 99.9% confidence levels based on a two-sided Student’s t test, respectively.

Index Reference Defining variable; level (hPa); and region Correlation coef

NEWI u; 200; 2.58–37.58N, 1058–1408E 0.65**

LJPI Lee et al. (2005) pre; surface; 208–508N, 1008E –1808 0.87**

GQYI Guo (1983) SLP; surface; 108–508N, 1108–1608E 20.14

SZI Shi and Zhu (1996) SLP; surface; 208–508N, 1108–1608E 20.19

ZZI Zhao and Zhou (2009) SLP; surface; 308–508N, 1108–1608E 0.01

HYI Huang and Yan (1999) hgt; 500; 208–608N, 1258E 20.54**

PSNI Peng et al. (2000) hgt; 500; 108–508N, 1108–1508E 0.10

WYI Webster and Yang (1992) u; 850–200; 08–208N, 408–1108E 20.10

ZHWI Zhu et al. (2000) u; 850–200; 08–108N, 1008–1308E 20.32

SLP; surface; 108–508N, 1108–1608E
XHHI Xie et al. (2009) u; surface; 108–32.58N, 1208–1508E 0.49**

WFI Wang and Fan (1999) u; 850; 58–32.58N, 908–1408E 20.49**

DXZI Dai et al. (2000) u; 850; 58–158N, 1058–1208E 20.33

ZTCI Zhang et al. (2003) u; 850; 108–358N, 1008–1508E 20.51**

LKYI Lau et al. (2000) u; 200; 258–508N, 1108–1508E 20.55**

WNI Wu and Ni (1997) y; 850; 208–308N, 1108–1308E 0.29

WWOI Y. Wang et al. (2001) y, 850; 208–408N, 1108–1408E 0.49**
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FIG. 5. (a) Regression anomalies (color shading) of (left) precipitation (mm day21) and (right) temperature (8C) against the JJA-mean

NEWI for the period 1958–2013. (b)–(p) As in (a), but for the other 15 EASMIs. The red dots indicate the 95% confidence levels based on

a two-sided Student’s t test.

Fig(s). 5 live 4/C
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revealed by previous studies (Ha et al. 2005; Wang

et al. 2008). These circulation anomalies are closely

associated with precipitation and temperature anom-

alies in the East Asia area corresponding to anomalous

EASM.

c. Anomalies in the early and late summer

The rainy season over East Asia experiences the most

spectacular northward march on earth during the period

from May to August. Chang et al. (2000) divide the sum-

mer season into early summer and late summer. Also, as in

Wang et al. (2009), the EASM can be divided into two

subseasons: early summer [May and June (MJ)] and late

summer [July and August (JA)]. There are pronounced

differences in the subseasonal mean states between MJ

and JA, and this is useful for the seasonal prediction of

rainfall in East Asia. In this subsection, we divide the

NEWI into MJ and JA to discuss the associated anomalies.

In MJ, precipitation anomalies are restricted in south-

ern China and the area to south of Japan (Fig. 7a),

whereas in JA the mei-yu–changma–baiu rain belt is

obvious (Fig. 7b). The distribution of temperature

anomalies shows a similar feature except that the

temperature and precipitation anomalies are opposite.

There are large areas of negative anomalies distributed

in northwestern Asia in MJ and these move eastward in

JA (Figs. 7c,d).

From Figs. 7a and 7b, the 850-hPa wind field is closely

linked to the precipitation field. In MJ, the 850-hPa wind

anomalies are mainly in the southern region, with an

anomalous anticyclone situated over the northwestern

Pacific with its center around 208N, 1308E, while in JA,

FIG. 6. Latitude–height cross section showing regression anomalies (color shading) of

(a) zonal and (b) meridional wind (m s21), (c) vertical velocity (hPa s21), and (d) hgt (gpm)

averaged between 1058–1408E against the JJA-mean NEWI for the period 1958–2013. The red

dots indicate the 95% confidence levels based on a two-sided Student’s t test.

Fig(s). 6 live 4/C
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not only the anomalous anticyclone exists, but also an

anomalous cyclone is situated in the northern region

about 408N, 1308E. The 200-hPa wind anomalies are

associated with the temperature anomalies. In MJ, the

anomalous centers are distributed from northwest to

southeast (Fig. 7c), whereas in JA the anomalous cen-

ters are in the north–south direction with zonal

elongation (Fig. 7d). From the 500-hPa geopotential

height anomalies in MJ (Fig. 7e), there is no obvious

EAP–PJ teleconnection pattern, whereas an EAP or PJ

teleconnection pattern appears in JA (Fig. 7f). The NEWI

can show the distinct climate anomalous features of

early and late summer in East Asia.

5. Predictability of the EASM revealed by the new
index

a. Observations

According to previous studies, the ocean is an important

origin of the predictability of the EASM. The relationship

between tropical SST and the East Asian monsoon has

been the subject of many studies in the past decades

(Chang et al. 2000). Shen and Lau (1995), using 1956–85

data, found a strong biennial signal in the correlations

between EASM and the tropical SST. Moreover, the

Niño-3.4 SST anomaly is an effective precursor for the

western North Pacific (WNP)-EASM with a two-season

FIG. 7. As in Fig. 4, but regressed against the (a),(c),(e) MJ- and (b),(d),(f) JA-mean NEWI.

Fig(s). 7 live 4/C
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leading. Therefore, we analyze the relationship between

the NEWI and SST in the following.

To investigate the contribution of ocean, we calcu-

lated the index from two AGCMs: CAM3 and ECHAM5

(Fig. 8). The correlation coefficient of the NEWI between

the observation and CAM3 is 0.55, and that between the

observation and ECHAM5 is 0.48 for the period 1958–

2000, far more than the 99% significance level (0.39 for

41 degrees of freedom). The correlation between the

observation and AGCMs has a big increase in the late

1970s corresponding to the decadal strengthening of

the EASM.

We further carry out regression analysis of the

NEWI with SST shown in Fig. 9. In the previous winter,

the SST anomalous pattern displays an El Niño–like

distribution with positive anomalies in the eastern

Pacific and negative anomalies in the western Pacific

(Fig. 9a). In the previous spring, the distribution is

similar to the previous winter but the anomalies are

somewhat smaller (Fig. 9b). Then in the summer, the

positive anomalies in the eastern Pacific decrease to a

small extent, and the northwestern Pacific reveals

wavelike negative–positive–negative anomalies with the

strongest anomalies in the north band (Fig. 9c). The

north Indian Ocean displays positive anomalies. When

the SST in the northwestern Pacific is colder in JJA,

there is anomalous cyclone around 408N, 1308E
(Fig. 4a), and then a stronger EASM appears. When

the eastern Pacific SST is warmer in the previous winter

and the north Indian SST is warmer in the summer, a

strong EASM probably appears. Also, in the previous

winter, the central and eastern tropical Pacific SST

anomalies are large, and they become smaller in the

previous spring. In summer, the North Pacific SST

anomalies are larger than in other seasons (figure not

shown). These results are consistent with previous

studies (Shen and Lau 1995; Chang et al. 2000; Wang

et al. 2000). The Pacific SST can affect the Indian

Ocean and then have influence on the East Asian cli-

mate through the Indian Ocean capacitor effect (Xie

et al. 2009). The Pacific SST and the Indian Ocean SST

anomalies both have impacts on the northwestern Pacific

anticyclone, which has a great influence on East Asian

climate (Wang et al. 2000; Yun et al. 2008; Lin and Lu

2009; Xie et al. 2009; Chu et al. 2012; Oh and Ha 2015).

From the above analysis, we choose two areas that are

highly correlated with the NEWI: one in the tropical

eastern Pacific (TEP; 58S–58N, 1008–1508W) and one in

the north Indian Ocean (NIO; 08–208N, 508–1008E) to

analyze the SST’s relationship with the NEWI in de-

tail. The tropical eastern Pacific SST has a 4-month

lead when the correlation coefficient reaches the

maximum and the north Indian Ocean has a 1-month

lead (Fig. 10). The Pacific SST’s relationship with

NEWI is better than the Indian Ocean’s. Hence we can

use the previous February–April TEP SST and May–

July NIO SST to predict the EASM.

b. Simulations

We would like to know the models’ simulating

ability for this NEWI. Li et al. (2012) have used the

ENSEMBLES data to study the predictability of the

FIG. 8. Normalized JJA-mean NEWI from JRA-55 (blue solid

line), CAM3 (orange dashed line), and ECHAM5 (red dotted line)

for the period 1958–2000. The indices are detrended.

FIG. 9. (a) Regression anomalies (color shading) of December–

February mean SST (8C) against the JJA-mean NEWI for the period

1958–2013. (b),(c) As in (a), but for March–May and June–August

mean SST, respectively. The red dots indicate the 95% confidence

levels based on a two-sided Student’s t test. The tropical eastern Pa-

cific area refers to 58S–58N, 1508–1008W; the north Indian Ocean area

refers to 08–208N, 508–1008E marked by dashed green rectangles.

Fig(s). 8,9 live 4/C
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WNP summer climate and found that the models in

general successfully predict the interannual variation of

the WNP summer climate. We choose the data predicted

from May from the ENSEMBLES and calculate the

NEWI, which is shown in the top panel of Fig. 11. The

correlation coefficient between the observational and

simulation is 0.46 for 46 years, far beyond the significance

level of 99% (0.38 for 44 degrees of freedom). The

forecast capacity for EASM in the models is relatively

poor at the end of the 1960s and beginning of the 1970s,

becomes better in the mid-1970s, and has been main-

tained at a higher level since then (Fig. 11, bottom).

Thereby, the models predict well the EASM variations as

measured by the NEWI.

Furthermore, we compared the models’ performance

ability of these indices mentioned above. From Table 2,

we can see that the models’ simulation ability of the

NEWI is among the best ones, only slightly worse than

WFI and HYI, which is probably because the WFI

mainly represents the information from tropical regions

and could be better simulated. The HYI uses just three

points of information and also can be better predicted.

Among the five models, the IFM-GEOMAR has the

best simulation ability of the EASM.

6. Physical mechanism

This section examines the physical mechanism of

the EASM variability as represented by the NEWI.

The association between the EASM and the upper-

troposphere jet stream has been widely studied (e.g.,

Lau and Li 1984; Liang and Wang 1998). The EAJ is

closely connected to the heating of the Tibetan Plateau

area and latent heat release of mei-yu–changma–baiu

rains (Zhang and Kuang 2006; Zhang et al. 2006). Li et al.

(2004) have found that the northward marches of the

EAJ are connected to the reversal of upper-troposphere

meridional temperature gradient in the south Asian

continent. The Tibetan Plateau anchors monsoon con-

vection and hence a midtropospheric temperature

maximum (Li and Yanai 1996). Regarding this, the

heating of the Tibetan Plateau plays an important role.

Sampe and Xie (2010) chose 500-hPa horizontal winds,

which are little affected by mei-yu–changma–baiu

heating, revealing the westerly jet as an important factor

for the mei-yu–changma–baiu. The present study sug-

gests that the remote forcing represented by the mid-

tropospheric warm advection determines the location

and timing of the mei-yu–changma–baiu formation.

Along the rainband, mean ascending motion corre-

sponds well with a band of warm horizontal temperature

advection in the midtroposphere throughout summer.

This adiabatic induction of upward motion originates

from the advection of warm air by the westerlies from

the eastern flank of the Tibetan Plateau.

a. Diagnosis by the omega equation

Vertical motion is closely related with rainfall. Com-

paring the anomalous rainfall pattern shown in Fig. 4a

with the anomalous vertical velocity associated with the

NEWI shown in Fig. 6c, the descending and ascending

motions correspond well to the suppressed rainfall over

the South China Sea area and increased rainfall in the

mei-yu–changma–baiu rainfall area, respectively. Here

we can see that the vertical motions anomalies and the

rainfall anomalies have a good corresponding relationship.

As we all know, the quasigeostrophic omega equation

can be used to diagnose vertical motions. Kosaka and

Nakamura (2010) have utilized the omega equation to

analyze the Pacific–Japan pattern. In the following, we first

use the quasigeostrophic omega equation [Eq. (1)] to di-

agnose the formation mechanism of the vertical motions.

The equation is written as follows:

FIG. 10. Lead–lag correlations between the NEWI and SST anoma-

lies averaged over the TEP (blue solid line) and the NIO (orange dashed

line). The 95% confidence level for 54 degrees of freedom is 0.26.

FIG. 11. (top) Normalized JJA-mean NEWI from JRA-55 (blue

solid line) and ENSEMBLES (orange dashed line) for the period

1960–2005. (bottom) The 15-yr sliding correlation between NEWI

from JRA-55 and ENSEMBLES. The 95% confidence level for 13

degrees of freedom is 0.51 shown in the bottom panel.

Fig(s). 10,11 live 4/C
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where all operators and variables are of conventional usage

in meteorology. The term on the left-hand side of Eq. (1) is

the Laplacian of omega (term A) and approximately

equivalent to omega multiplied by a negative coefficient.

The terms on the right-hand side are the vertical differen-

tial of geostrophic absolute vorticity advection (term B),

the Laplacian of geostrophic temperature advection (term

C), and the Laplacian of diabatic heating (term D), re-

spectively. Precipitation can release condensational heat-

ing, which will reinforce upward movement and then

produce more precipitation in return. So in the following,

we diagnose terms B and C.

We first investigate term B and find that when the vor-

ticity advection increases with height, then upward motions

will be generated. The change of the vorticity advection

with height is the result of the joined action of the relative

vorticity and planetary vorticity. From the horizontal ad-

vection anomalies of geostrophic absolute vorticity and

upward vertical pressure velocity anomalies field (Fig. 12a),

when a strong EASM occurs, there are negative vorticity

advection anomalies over about 158–258N and positive

vorticity advection anomalies over 258–358N in the upper

level. The positive vorticity in the upper level leads to the

increase of cyclonic vorticity, which destroys the balance of

the wind and pressure field; then horizontal divergence is

certain to arise due to the Coriolis force, and there will be a

compensation upward movement to keep the conservation

of mass. Similarly, downward motions appear when the

vorticity advection decreases with height. The relative vor-

ticity plays a decisive role while the planetary vorticity is an

order of magnitude smaller than the relative vorticity, and

the planetary vorticity plays an opposite role (Figs. 12c,d).

The geostrophic advection of temperature anomalies

and upward velocity anomalies associated with the

NEWI in JJA is shown in Fig. 12b. The region of upward

motion anomalies closely follows the region of warm

temperature advection anomalies. If a strong EASM

occurs, there are warm advection anomalies of temper-

ature around 358N, resulting in the sufficient mei-yu–

changma–baiu rainfall. On the other hand, there are cold

advection anomalies of temperature around 208N, and

then deficient rainfall anomalies occur over the South

China Sea and the northwestern Pacific.

Therefore, the above results show that both the vor-

ticity and temperature advection anomalies in the upper

level induce vertical movement anomalies, and then cause

the rainfall and temperature anomalies over East Asia.

b. Further decomposition of the omega equation

With the purpose of making it clear which parts

matter in the vorticity and temperature advection

anomalies, Eq. (1) is further decomposed into a cli-

mate mean basic and its departure (Peixóto and Oort

1984). The perturbation omega equation can be ex-

pressed as
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TABLE 2. Correlation coefficients between the observed and the five nine-run model simulations as well as the MME EASMI predicted

from May for the period 1960–2005. We choose the six indices as they are well correlated with precipitation and temperature over East

Asia and are also representative. One and two asterisks indicate that the correlation coefficients exceed the 99% and 99.9% confidence

levels based on a two-sided Student’s t test, respectively.

Index MME ECMWF IFM-GEOMAR MF UKMO CMCC-B

NEWI 0.46* 0.37 0.53** 0.29 0.36 0.32

HYI 0.53** 0.43* 0.61** 0.30 0.38* 0.42*

ZHWI 0.36 0.46* 0.42* 0.05 0.28 0.34

WFI 0.59** 0.53** 0.60** 0.50** 0.49** 0.47**

LKYI 0.29 0.12 0.18 0.04 0.33 0.21

WWOI 0.37 0.02 0.49** 0.26 0.31 0.33
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where the variables with the overbar and prime repre-

sent the basic state and perturbation, respectively.

In the following, we choose 200 hPa to diagnose ver-

tical motion anomalies by calculating the anomalies of

each term on the right-hand side of Eq. (2) as denoted by

terms B1–B7 and C1–C6 associated with the NEWI in

domains 308–37.58N, 1058–1408E and 158–22.58N, 1058–
1408E, respectively. Our purpose is to find out the main

contributors to the vertical motion anomalies over the

mei-yu–changma–baiu rainfall area and the South China

Sea area.

As shown in Table 3, the results reveal that the terms

B5 and C1 in Eq. (2) are two main contributors to the

updraft anomalies over the mei-yu–changma–baiu

rainfall area and to the downdraft anomalies over the

South China Sea area. The term B5 is closely related to

the advection of anomalous relative vorticity by the

basic meridional flow. The term C1 is the advection of

the basic-state temperature by anomalous zonal flow.

The temperature advection plays a more important role.

In addition, the advection anomalies are stronger in the

north than in the south. Since the four advection terms

are related to the basic-state wind, basic-state temper-

ature and anomalous wind, and anomalous relative

vorticity, their fields at 200 hPa are shown further illus-

trating of the effect of them on the vertical motions.

As shown in Fig. 13a, term B5 can be well reflected by

the pattern of anomalous relative vorticity field, and

there is obvious meridional gradient of anomalous rel-

ative vorticity. When the EASM is stronger, there are

negative relative vorticity anomalies around 258–308N
and positive anomalies around 408N, resulting in nega-

tive vorticity advection anomalies around 208N and

positive vorticity advection anomalies around 358N by

the basic northerly wind component. In consequence,

descending motion is located about 208N and ascending

motion about 358N. In addition, the vorticity centers

and the wind field shift northward from June to August,

accompanying the shift of the rain belt (figures

not shown).

On the other hand, term C1 can be well reflected by

the pattern of anomalous circulation and basic temper-

ature shown in Fig. 13b. There are westerly anomalies in

the northern area and easterly anomalies in the southern

area, along with negative zonal gradient of the basic

temperature, resulting in the temperature advection

anomalies. As shown in Figs. 12b and 13b, associated

with the NEWI, if a strong EASM occurs there are

westerly wind anomalies around 358N, leading to

anomalous warm temperature advection, resulting in

sufficient mei-yu–changma–baiu rainfall. On the other

hand, there are easterly wind anomalies around 208N,

leading to cold advection anomalies to the south of

China. Consequently, deficient rainfall anomalies over

the South China Sea and the northwestern Pacific are

generated. The temperature advection anomalies are

in accordance with the wind anomalies in both the

summer mean and individual months (figures not

shown).

As a result, both of the warm advection anomalies of

temperature by anomalous westerly winds and the ad-

vection of anomalous positive relative vorticity by

northerly basic winds cause anomalous ascending mo-

tion over the mei-yu–changma–baiu rainfall area, while

the cold temperature advection anomalies by anoma-

lous easterly winds and the advections of negative vor-

ticity by the northerly basic winds lead to anomalous

descending motion over the South China Sea area.

7. Discussion and summary

a. Discussion

From the perspective of thermal wind, the upper-

level jet stream can reflect the thermal contrast be-

tween the north and south, and this is closely related to

the strength of the EASM. This proves from another

point of view that upper-level wind change is closely

related to the EASM variability.

The formation and variability of the EASM is re-

lated to both tropical and the extratropical factors,

and the NEWI is closely linked to both tropical (the

SST) and extratropical factors (e.g., temperature over

the Tibetan Plateau). This is due to the consideration

of the wind anomalies not only in the northern and

central areas, but also in the south. In the study of the

East Asian winter monsoon (EAWM), some researchers

divide the EAWM into northern and southern compo-

nents since the northern and southern areas are mainly

affected by different factors (Wang et al. 2010; Chen

et al. 2014). Wu et al. (2008) have revealed that a single

index of EASM is inappropriate for investigating and

predicting the EASM, and it is difficult to distinguish

which part (the tropical or the extratropical factors)

matters more in the EASM variability using only one

index. So in the following works we can also divide the

EASM into two modes so as to perform more detailed

and in-depth research and have further understanding of

the EASM.

In the prediction of the EASM, from the perspective

of atmospheric circulation, Zhang et al. (2003) studied

the intensity change of EASM and found that the in-

tensity of EASM is associated with the zonal wind’s

variability in the midlatitude ranges of Asia and the

eastern Pacific area in the previous winter and spring. So

they defined a precursor index using the 200-hPa zonal
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wind anomaly in the previous February. Following their

work, we also find that when the zonal wind anomaly is

negative around Asia and the tropical eastern Pacific in

the previous winter, there is likely a strong EASM with

sufficient mei-yu–changma–baiu rainfall. Many impor-

tant atmospheric circulation predictors can be used to

predict the EASM; for example, previous atmospheric

circulation situations such as the North Atlantic Oscil-

lation can impact the EASM, which is useful for the

prediction of the EASM and deserves further in-

vestigation. Furthermore, for the prediction of the

EASM, there is a mutation in the mid-1970s, but the

reason is not clear and further investigation is needed.

The processes by which how different ocean regions

affect the EASM variability also need further study. In

addition, in the model simulations of the EASM we have

also examined simulation of the EASM at different lead

times and found a relative good performance of the

models when the lead time is shorter.

For the mechanism of EASM’s decadal variability,

there is still no consensus in the monsoon study. Zhu

et al. (2012) found that global warming is likely re-

sponsible for the weakening of the northern EASM after

the 1970s; there are also studies suggesting that the an-

thropogenic changes in atmospheric composition in-

cluding greenhouse gases and aerosol emissions may

also impact the EASM (Qian et al. 2009). Some re-

searchers found that natural variability is the dominant

FIG. 12. (a) Latitude–height cross section showing the horizontal advection anomalies (color)

of geostrophic absolute vorticity (10210 s22; color shading) and upward vertical pressure ve-

locity anomalies (black contours at every 0.2 hPa s21, negative values dashed) averaged be-

tween 1058–1408E regressed onto NEWI in JJA. (b)–(d) As in (a), but for temperature

(K day21), relative vorticity (10210 s22), and planetary vorticity (10210 s22), respectively. The time

period is 1958–2013. The red dots indicate the 95% confidence levels for the horizontal advection

anomalies of geostrophic vorticity and temperature based on a two-sided Student’s t test.

Fig(s). 12 live 4/C
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factor in the decadal variability of EASM (Jiang and

Wang 2005; Song et al. 2014). The decadal variability of

the EASM involves both anthropogenic and natural

variability.

Yun et al. (2010) investigated the interdecadal change

in the relationship between ENSO and the intraseasonal

oscillation in East Asia. Kim and Ha (2015) investigated

the changes in the observed precipitation and moisture

transport induced by anthropogenic forcing and natural

variability. Song et al.’s (2014) research found that Pa-

cific decadal oscillation plays an important role in reg-

ulating the EASM–ENSO relationship in the twentieth

century. Wu et al. (2012) found that spring NAO may

exert notable impacts on the enhancement of the

EASM–ENSO relationship. Ding et al. (2010) have in-

vestigated the changes in the interannual relationship

between the EASM and the TIO in the late 1970s.

Previous studies have revealed two reasons for the de-

cadal change of the relationship between TIO and

EASM after the late 1970s: the southwestern Indian

Ocean thermocline and ENSO (Xie et al. 2010; Hu et al.

2014). Huang et al. (2010) found that the strengthened

TIO teleconnection to the northwestern Pacific since the

mid-1970s coincides with an intensification of summer

SST variability over the TIO. The decadal relationship

between the EASM and SST (TIO and TEP) is influ-

enced by many factors. How the anthropogenic and

natural aspects matter needs further investigation.

As the mei-yu, changma, and baiu have distinct phases

within intraseasonal time scale, some researches have

investigated the intraseasonal features of the EASM.

Chu et al. (2012) and Oh and Ha (2015) use various self-

organizing maps node analysis to distinguish four major

intraseasonal phases of the EASM (the mei-yu–baiu

phase, the changma phase, the post-changma phase, and

the dry-spell phase) and analyze these in more detail.

They find that these modes have significant thermody-

namic characteristics that are linked to the upper-level

jet. Our study also indicates that the NEWI-related rain

belts along with the NEWI-related vorticity advection

anomalous centers and temperature advection anoma-

lous centers in the upper level shift northward from June

to August. This indicates that the NEWI may be used to

study the intraseasonal variations of the EASM.

Therefore, it is worthwhile to explore how the NEWI

can capture the intraseasonal variation and climate

features of the EASM in the future works. This may be

another useful method for the seasonal prediction of the

EASM variability.

In addition, from the precipitation and atmospheric

circulation, the EASM shows an intimate relationship

with atmospheric teleconnection pattern such as the

EAP or PJ pattern. However, the detailed relationship

between them has not been studied, which is another

important topic in our future research.

FIG. 13. (a) The 200-hPa mean horizontal wind (m s21; vectors)

averaged in JJA with regression anomalies of 200-hPa relative

vorticity (1025 s21; color shading) against the JJA-mean NEWI.

(b) The 200-hPa mean temperature (8C; color shading) averaged in

JJA with regression anomalies of 200-hPa horizontal wind (m s21;

vectors) against the NEWI. The time period is 1958–2013. The red

dots in (a) and thick black vectors in (b) indicate the 95% confi-

dence levels based on a two-sided Student’s t test.

TABLE 3. Regression anomalies associated with the NEWI at 200 hPa (10219 m s21 kg21) for seven terms of B denoted by B1–B7 and six

terms of C denoted by C1–C6 from Eq. (2) averaged over 308–37.58N, 1058–1408E and 158–22.58N, 1058–1408E.

Region B1 B2 B3 B4 B5 B6 B7 C1 C2 C3 C4 C5 C6

308–37.58N, 1058–1408E 20.28 0.11 0.02 0.14 2.47 0.09 0.24 1.65 0.47 0.01 0.13 0.19 0.04

158–22.58N, 1058–1408E 0.13 0.07 0.01 20.07 21.03 20.06 0.13 20.36 20.08 20.01 0.21 0.19 20.01

Fig(s). 13 live 4/C

9992 J O U R N A L O F C L I M A T E VOLUME 28



b. Summary

As indicated by previous works, the upper-level wind

changes are closely connected to the climate anomalies

over East Asia. In this paper, we analyze the 200-hPa

zonal wind field and define a new EASM index by taking

into account wind anomalies not only in the northern

and central areas but also in the south. Following the

suggestion by Wang et al. (2008), a strong EASM in-

dicates an excessive rainfall in the mei-yu–changma–

baiu area. The defined index captures the interannual

and interdecadal variability well.

Compared with 15 indices defined by previous studies

based on different variables, the NEWI has a good

correlation with precipitation and temperature, and it

can capture the dominant modes of rainfall and tem-

perature. In addition, the NEWI captures the seasonal

shift of the mei-yu–changma–baiu rain belt, and it can

show the distinct climate anomalous features of early

and late summer. From the circulation field, there exists

an anomalous anticyclone in the northwestern Pacific

during the strong EASM. The 500-hPa geopotential

height anomalies show the EAP or PJ teleconnection

pattern. Hence the NEWI reproduces the large-scale

circulation of the EASM at the lower, middle, and upper

troposphere well.

Then the predictability of the NEWI is explored and

the ocean is an important origin for the predictability of

the EASM. The two AGCMs, CAM3 and ECHAM5,

both reproduce the NEWI well, indicating a vital role of

ocean in the variability of the EASM. The tropical

eastern Pacific SST shows a 4-month lead and the north

Indian Ocean SST has a 1-month lead in predicting the

EASM. Furthermore, the models predict well the

EASM variations measured by the NEWI.

The physical mechanism of the EASM variability

based on the NEWI is also analyzed. As rainfall

anomalies are highly correlated with vertical motions,

we use the quasigeostrophic omega equation to di-

agnose the formation mechanism of vertical motions.

Precipitation can release condensational heating,

which will reinforce upward movement, and then

produce more precipitation in turn. In the variation of

vorticity advection associated with the EASM, relative

vorticity plays a vital role. When a strong EASM oc-

curs, there are negative vorticity advection anomalies

over about 158–258N in the upper level, leading to

descending motions, and positive vorticity advection

anomalies over 258–358N in the upper level lead to

ascending motions.

The horizontal temperature advection anomalies

associated with the upper-level wind over the Tibetan

Plateau play an important role in the EASM area. The

region of upward motion anomalies closely follows the

region of warm temperature advection anomalies.

When a strong EASM occurs, the NEWI is positive

with westerly anomalies around 308–408N, leading to

anomalous warm temperature advection, resulting in

sufficient mei-yu–changma–baiu rainfall. On the other

hand, there are easterly anomalies around 208N, in-

ducing cold advection anomalies to the south of China

and over the South China Sea and the northwestern

Pacific and deficient precipitation. Therefore, the vor-

ticity advection anomalies and temperature advection

anomalies in the upper level induce the vertical

movement anomalies, causing the precipitation and

temperature anomalies. In detail, both the warm ad-

vection anomalies of temperature by anomalous west-

erly winds and the advection of anomalous positive

relative vorticity by northerly basic winds cause

anomalous ascending motion over the mei-yu–

changma–baiu rainfall area, while the cold tempera-

ture advection anomalies by anomalous easterly winds

and the advections of the negative vorticity by northerly

basic winds lead to anomalous descending motion over

the South China Sea area.

Overall, the NEWI captures seasonal, interannual,

and interdecadal variations of the EASM with a good

representation of the related precipitation and tem-

perature variations. It can also be predicted well both

in observation and model simulation, and the physical

mechanism is explicit. Therefore, the NEWI is a good

choice to characterize the EASM and its associated

climate.
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Abstract
Regional climate projections are challenging because of large uncertainty particularly stem-

ming from unpredictable, internal variability of the climate system. Here, we examine the

internal variability-induced uncertainty in precipitation and surface air temperature (SAT)

trends during 2005–2055 over East Asia based on 40 member ensemble projections of the

Community Climate System Model Version 3 (CCSM3). The model ensembles are gener-

ated from a suite of different atmospheric initial conditions using the same SRES A1B

greenhouse gas scenario. We find that projected precipitation trends are subject to consid-

erably larger internal uncertainty and hence have lower confidence, compared to the pro-

jected SAT trends in both the boreal winter and summer. Projected SAT trends in winter

have relatively higher uncertainty than those in summer. Besides, the lower-level atmo-

spheric circulation has larger uncertainty than that in the mid-level. Based on k-means clus-

ter analysis, we demonstrate that a substantial portion of internally-induced precipitation

and SAT trends arises from internal large-scale atmospheric circulation variability. These

results highlight the importance of internal climate variability in affecting regional climate

projections on multi-decadal timescales.

Introduction
Changes in regional climate are particularly relevant for effective decision-making on how to
manage adaptation and mitigation, and how to cope with potential losses and damages at the
regional scale in a future warmer climate [1]. However, projections of regional climate change
are characterized by considerable uncertainty, which has emerged as a pressing challenge in cli-
mate science [2]. Uncertainty in regional climate projections mostly comes from three distinct
sources [3–7]. The first source is model-response uncertainty: each global climate model may
produce different future responses to the same prescribed external radiative forcing due to dif-
ferent physics, dynamical cores and resolutions, as well as model biases [8]. The second is emis-
sion-scenario uncertainty, which arises from the uncertainties in future trajectory of external
radiative forcing, including time-dependent emissions of greenhouse gases and particles,
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precursor pollutant compounds, and land use/cover changes [9]. The third is natural variability
of the climate system, which mainly stems from processes intrinsic to atmosphere, land, ocean
and cryosphere, and their coupled interactions [10]. The first two types of uncertainties may be
potentially reduced as climate models are improved and emissions scenarios become more
accurate. However, to a large extent, the third type of uncertainty is mostly unable to be
reduced owing to the inherently unpredictable and spontaneous nature of internal variability
of the climate system.

The uncertainty in past and projected precipitation and surface air temperature (SAT)
trends that is attributable to internal variability has been discussed extensively [11, 12], but the
emphases in many previous studies have mostly been paid on examining the statistical signifi-
cance of projected climate trends rather than on understanding physical mechanisms of inter-
nally-generated variability that influences future regional climate trends. Regional climate
projections are susceptible to influences from internal variability of the climate system for time
periods of several decades and even longer. Numerous studies have demonstrated that much of
regional-scale precipitation and SAT trends on multi-decadal timescales is mediated by varia-
tions in the large-scale atmospheric circulation [6, 13]. A recent study based on large ensembles
of climate change simulations using two comprehensive climate models has shown that North
American climate trends during 2010–2060 are subject to high uncertainty primarily arising
from internal large-scale atmospheric circulation variability [14]. Whether similar uncertain-
ties in future regional climate projections are present in East Asia needs to be assessed. In East
Asia where a large percentage of the world’s populations are vulnerable to climate fluctuations
and changes [15], it is of vital consequences to investigate the contribution of internal variabil-
ity to future East Asian climate projections on multi-decadal timescales.

This purpose of this study is to employ large ensemble simulations to examine regional-
scale uncertainty in future East Asian climate projections. We first analyze the relative impor-
tance of the externally-forced and internally-generated components in projected future East
Asian climate trends. We then examine the impact of the internal climate variability upon
future climate changes for East Asia, and assess the internal variability-induced uncertainties
on multi-decadal timescales.

Materials and Methods
The Community Climate System Model Version 3 (CCSM3) is a comprehensive coupled
atmosphere-ocean-sea ice-land general circulation model, which consists of Community
Atmospheric Model Version 3 at 2.8° horizontal resolution (T42 spectral truncation) and 26
levels in the vertical, Parallel Ocean Program at 1° horizontal resolution with increased resolu-
tion to 0.32° at the equator and 40 levels in the vertical, Community Sea Ice Model Version 5
with plastic-elastic-viscous dynamics, and Community Land Model described in Collins, Bitz
[16], to which readers are referred for details.

The 40 member ensembles of climate change simulations using the CCSM3 for the period
2000–2060 are conducted. Each of the 40 ensemble members is driven by an identical time-
varying radiative forcing: the SRES A1B scenario-based greenhouse gas and stratospheric
ozone as well as sulfate aerosol and black-carbon changes [17]. In the 40 realizations, the initial
states in the ocean, sea ice and land are identical but a suite of different atmospheric initial con-
ditions are taken from different days between December 1999 and February 2000 from the
twentieth-century CCSM3 simulation. Note that perturbing the ocean initial conditions may
further increase the uncertainty of climate projections, but this is beyond the scope of this
study. Readers are referred to [6] for the details of the ensemble scheme. If assuming the model
and external forcing scenario are perfect, the trajectory of each single member of the ensembles
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would give one plausible outcome of climate change in the presence of internal variability.
Spread of climate trends among the different ensemble members represents the irreducible
uncertainty inherent in regional climate projections. The externally-forced climate change can
be isolated from the internal variability of the climate system based on the large ensemble sim-
ulations. By assuming the model is perfect, the 40 member ensemble mean represents the exter-
nally-forced climate change signal and thus the differences of the individual realizations from
the 40 member ensemble mean represent the internal variability of the simulated climate sys-
tem. In this study, we define that the externally-forced climate change is statistically robust if
more than 90% of the 40 members produce the same sign of trend at each model grid.

Here, we focus on the period of 2005–2055 for each member over East Asia. We consider
four important climate parameters: precipitation, near-surface air temperature (SAT), sea level
pressure (SLP) and 500hPa geopotential height (Z500) in both boreal winter (December-Feb-
ruary) and summer (June-August), and estimate their linear least-square trends over this 51
years period. Given that much of precipitation changes are affected by internal variability (Figs
1 and 2), we use k-means cluster analysis [18] to detect the occurrence of internal variability-
induced precipitation trend patterns over East Asia. Generally, the k-means cluster analysis is
good to relate local-scale precipitation changes with the atmospheric circulation patterns [19].
We then examine the distribution of SAT, SLP and Z500 trends according to the k-means pre-
cipitation type members. Note that the k-means clustering via the Hartigan and Wong AS-136
algorithm is performed (the source code is available at http://www.ncl.ucar.edu/Document/
Functions/Built-in/kmeans_as136.shtml [20]). The model projection data used in this study is
available at https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm.output.html.

To capture an optimal number of k-means nodes, a series of different nodes are performed.
We find that four nodes are good enough to obtain the dominant modes of projected precipita-
tion trends and also sufficiently small to hinder unduly similar k-means patterns. Based on
domain-wide pattern correlation between internally-generated precipitation trends and differ-
ent k-means nodes (Fig A in S1 File), internally-generated precipitation trends over East Asian
domain are categorized into four nodes (Fig B in S1 File). To test sensitivity of internally-gener-
ated precipitation trend patterns to the numbers of k-means nodes, we also examine 2-node
(Fig C in—S1 File), 8-node (Fig D in—S1 File) and 16-node (Fig E in S1 File) k-means cluster
in the boreal winter. We conclude that a 2-node k-means cluster is too few to capture the diver-
sity of internally-generated precipitation trend patterns, while 8-node and 16-node k-means
cluster generates too many similar precipitation patterns. These results suggest that the 4-node
k-means cluster is the best. Similar k-means node-count analyses for the boreal summer also
confirm this.

Results

The Relative Role of the External Radiative Forcing and the Internal
Variability
If assuming the global climate model would be perfect, by averaging across the 40 member
ensembles, the stochastic sequences of unpredictable, internally-generated variability contained
in each model realization can be reduced to reveal the response of the climate system to time-
varying external radiative forcing. The externally-forced response represented by the 40 mem-
ber ensemble mean can then be subtracted from individual ensemble run to extract the contri-
bution of internal variability. The relative importance of the internally-generated and
externally-forced components of climate trends over East Asia is investigated in this section.

The boreal winter and summer precipitation and SAT trends produced by the 40 member
ensemble mean over East Asia, along with corresponding changes in atmospheric circulation
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trends (SLP and Z500), are displayed in Fig 1. The externally-forced wintertime precipitation
trends show positive values across northern East Asia but negative values in southern China,
southern Korea Peninsula and southern Japan (Fig 1A). However, statistically robust precipita-
tion trends (i.e., more than 90% of the 40 members produce the same sign trends), in response
to the external radiative forcing, are seen only over a small part of western and northeastern
China and northern Mongolia. The non-robust precipitation trends over the major areas in
East Asia reflect the important impact of internal climate variability. In boreal summer, the
ensemble mean precipitation changes show wide wet trends across much of East Asia except
some limited areas of western and southeastern China where dry trends occur (Fig 1B). Statisti-
cally robust wet trends mainly occur along the northeast-southwest oriented zone in the east-
ern China. And statistically robust dry trends are visible only in the southeastern tip of China.
In general, the results indicate that the projected precipitation changes over most areas of East
Asia in both winter and summer seasons are not statistically robust owing to internal climate
variability.

In contrast, statistically robust widespread warming across East Asia appears in both winter
and summer seasons (Fig 1C and 1D). For example, in winter, nearly homogeneous warming
(1–3°C/51 yr) occupy almost the entire domain except some small areas where stronger (3–

Fig 1. The boreal winter (DJF) and summer (JJA) precipitation and sea level pressure, and surface air
temperature and 500hPa geopotential height trends during 2005–2055 averaged across 40 members
from CCSM3 over East Asia. Solid lines and dashed lines indicate positive values and negative values with
contour levels of 0.2hPa (51 yr)-1 (a-b) and 2gpm (51 yr)-1 (c-d), respectively. Stippling and thick contours
indicate the trends are statistically robust (i.e., at least 90% of 40 members produce the same sign trends).

doi:10.1371/journal.pone.0149968.g001
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4°C/51 yr) or weaker (<1°C/51 yr) warming trends appear (Fig 1C). Similarly, the ensemble
mean SAT in summer show widely robust strong warming trends (3–5°C/51 yr) across the
whole East Asia, with the strongest warming (>6°C/51 yr) appearing in the northwestern East
Asia (Fig 1D). The wide robust warming over East Asia in both winter and summer reflects the
robust climate response to the increasing GHGs emissions in future. Consistent with the
increased SAT, the atmospheric geopotential heights in 500hPa pressure levels also display pos-
itive trends over the whole East Asia. The positive 500hPa geopotential height trends are strong
and widely robust across the 40 ensembles, compared to sea level pressure trends (Fig 1A and
1B). It is interesting that the precipitation changes appear to be more dynamically consistent
with the sea level pressure changes, particularly in summer when the northeastern Asia climate
is dominated by monsoonal circulations. For instance, the ensemble mean sea level pressure
trends show statistically robust anti-cyclonic trends along the southeastern China coast and
less statistically robust cyclonic trends in the eastern China. This may explain the dry trends in
the southeastern China and the wet trends in the eastern China (recall Fig 1B).

To assess the relative impacts of internal variability and external forcing on future climate
trends, we calculate the signal-to-noise ratio (SNR), which is defined as the absolute values of
the ensemble mean precipitation (SAT, SLP and Z500) trends divided by the standard devia-
tion of the differences between the individual member precipitation (SAT, SLP and Z500)
trends and the 40 member ensemble mean (i.e., ensemble spread) at each model grid point. If
the signal-to-noise ratio value is less than 1, the impact of internal climate variability exceeds
that of the external forcing on the projected climate trends (i.e., the uncertainty is large).

The SNR maps of the projected precipitation, SAT, SLP and Z500 are shown in Fig 2. The
SNRs of the projected precipitation in both seasons are low with values being less than 1 over
most parts of East Asia except some small areas of the interior China, Korea Peninsula and
northern Mongolia where the SNR values are slightly higher (1–2.5) (Fig 2A and 2B). The spa-
tial distributions of the SNRs are similar to those of the robustness of the externally-forced pre-
cipitation trend patterns in both seasons (recall Fig 1A and 1B). Namely, the areas with the
higher-than-one SNRs generally correspond to the areas with statistically robust externally-
forced precipitation trends. In contrast to the low SNRs of precipitation trends, high SNRs of
the wintertime SAT trends occur in many parts of East Asia with values of 2–3 over northern
and central China, Mongolia and higher values of 3–5 in the other regions of East Asia (Fig
2C). Moreover, SNRs of summer SAT trends generally exhibit larger values in excess of 5 over
most areas of East Asia except small parts in the southwestern and northern China and north-
eastern Japan where SNR values are 2.5–4 (Fig 2D). These results reveal that internally-induced
uncertainty in summer projected SAT trends is considerably lower than that in winter over the
major parts of East Asia. This is probably because winter hemisphere climate, compared to
summer hemisphere climate, is more influenced by internal variability such as atmospheric
synoptic weather systems and tropical climate signals, etc.

The much lower SNRs of the projected precipitation trends compared to those of the SAT
trends in both seasons imply that the projected changes in precipitation are more impacted by
internal climate variability. This is probably because precipitation, compared to SAT, is more
affected by complicated atmospheric internal processes (e.g., weather and frontal systems, con-
vection and cloud formation with strong nonlinearity, moisture transports, internal waves due
to local orographic forcing, etc.). The trends in SLP and Z500 in both seasons show generally
increasing SNRs from the north to the south (Fig 2), which suggests that the tropical atmo-
spheric circulations are less influenced by internal variability. Additionally, the SLP trends are
much more affected by internal climate variability compared to the Z500 trends. The relatively
high uncertainties of the SLP—that can be viewed as a rough representative of lower-level
atmospheric circulation except the Tibetan Plateau area—may contribute to the large
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uncertainties of projected precipitation trends. The results are consistent with previous studies
[2, 4], which have argued that there is generally less confidence in projections of precipitation
trends than those of SAT trends at regional scales.

Internally-Generated Atmospheric Circulation Trend Patterns that Affect
Future Precipitation and SAT Trends
Our results shown above suggest that precipitation trends in the both seasons suffer from large
uncertainties owing to internal climate variability that appear to be related to uncertainties in
the lower-level atmosphere circulations. We thus apply k-means cluster analysis to depict the
occurrence of highly generalized internally-induced precipitation trend patterns across the 40
members. To facilitate the generalized precipitation trends classification, we employ four
nodes over the East Asian domain that best represent the internally-induced patterns. We then
group the internally-induced SAT, SLP, and Z500 trend patterns by composing each ensemble
member that belongs to the corresponding k-means cluster. We evaluate the possible influ-
ences of the internally-induced changes in atmospheric circulation patterns on the uncertain-
ties of the projected precipitation and SAT trends.

The occurrences of wintertime internally-generated precipitation, SAT and atmospheric cir-
culation trends are categorized in Fig 3. The most frequent pattern (32.5% of total occurrence)
shows cyclonic circulation (i.e., negative pressure) trends at both the sea level and 500hPa level

Fig 2. Signal to noise ratio maps for precipitation (color) and sea level pressure (contour), and surface
air temperature (color) and 500hPa geopotential height (contour) in boreal winter (DJF) and summer
(JJA) during 2005–2055 over East Asia.

doi:10.1371/journal.pone.0149968.g002
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Fig 3. K-means cluster-derived internal variability-induced trendmaps of winter precipitation (color)
and sea level pressure (contour), and SAT (color) and 500hPa geopotential height trends (contour)
with contour levels of 0.15hPa (51 yr)-1 (a-d), 2gpm (51 yr)-1 (e-h), respectively. Solid lines and dashed
lines indicate positive values and negative values, with the zero contours being omitted. Stippling and thick
contours indicate where at least 67% of each type members agree on the sign of trends. Percentage on the
bottom corner of each map depicts the pattern frequency of occurrence.

doi:10.1371/journal.pone.0149968.g003
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in the western North Pacific and East Asia (Fig 3A and 3E). This cyclonic circulation trends
help bring dry air from inland into the area along the southeastern China to southern Japan
and may contribute to the dry trends over these regions. The northern part of the cyclonic cir-
culation trends helps transport warm air from the ocean westward into the northeastern East
Asia, partly explaining the weak wet trends and cold SAT trends there. The dry trends over
southern China co-occur with warm SAT trends there. The second most frequent internally-
induced pattern (30% of total occurrence) shows cyclonic circulation trends over East Asia (Fig
3B and 3F), especially at 500hPa pressure level. The wide cooling trends across major areas of
East Asia is well corresponding to the cyclonic circulation trends. The wet trends in Japan and
South Korea also correspond closely to the trough of the cyclonic circulation trends. The third
most frequent internally-induced pattern (22.5% of total occurrence) display strong anti-
cyclonic circulation (i.e., positive pressure) trends over the entire East Asia at 500hPa level with
a localized anti-cyclonic SLP trend pattern centered around Japan (Fig 3C and 3G). Corre-
spondingly, wide warming across East Asia and dry trends around Japan appear. Besides, the
southern part of the anti-cyclonic circulation trends at 500hPa level helps advect warm and wet
air from the western Pacific Ocean westward into the southern China, generating wet trends
there. Finally, the least frequent internally-generated pattern (15% of total occurrence) show
anti-cyclonic circulation trends at 500hPa level over the western North Pacific in the vicinity of
the Japan Islands and cyclonic circulation trends along the southeastern China coast (Fig 3H
and 3D). This helps transport warm and wet airs from the western North Pacific westward into
the interior of the eastern Asia, producing wet and cooling trends there.

Those internal atmospheric circulation trend patterns over East Asia are linked with broad
northern hemisphere wintertime circulation trend patterns. The most frequent pattern (32.5%;
Figs Fa and Ga in S1 File) is reminiscent of a negative phase of the Arctic Oscillation-like (AO-
like) trend pattern [21], with positive pressure trends in the polar area and negative pressure
trends in mid-latitudes. The second frequent pattern (30%; Figs Fb and Gb in S1 File) is charac-
terized by a wavy structure with a wave number of three in the mid-high latitudes, similar to a
negative phase of the east-based North Atlantic Oscillation-like (NAO-like) trend pattern [22].
The third frequent pattern (22.5%; Figs Fc and Gc in S1 File) resembles the positive phase of
the Pacific-North American-like (PNA-like) trend pattern [23]. The least frequent pattern
(15%; Figs Fd and Gd in S1 File) bears relevance to a negative phase of the west-based NAO-
like trend pattern in the Atlantic sector and Western Pacific trend pattern in the North Pacific
[22]. These results suggest that the internal atmospheric circulation trends over East Asia are
closely linked with the semi-hemispheric atmospheric circulation trends.

Similar to those in the winter, internally-generated atmospheric circulation trends in boreal
summer can also affect the projected precipitation and SAT trends. The most frequent pattern
(45%) characterizes quasi-barotropic anti-cyclonic circulation trends across northern East Asia
and cyclonic circulation trends over southern China (Fig 4A and 4E). This North-South dipole
trend pattern helps transport moist maritime airs from the western Pacific into China that
accounts for the wet and cooling trends in the central and eastern China. The anti-cyclonic cir-
culation trends in the northern pole also help induce warm trends over northeastern East Asia.
The second frequent pattern (27.5% of 40 members) shows cyclonic circulation trends east of
Japan and anti-cyclonic circulation trends along the southeastern China coast (Fig 4B and 4F).
Correspondingly, dry and warm trends appear in the Eastern China, Korea Peninsula and
Japan. This pattern is partly similar to an opposite polarity of the first frequent pattern. In the
third frequent pattern (17.5% of 40 members), while anti-cyclonic circulation trends dominate
in the western China, strong barotropic cyclonic circulation trends occupy the eastern China,
Korea Peninsula and Japan (Fig 4C and 4G). Accordingly, a zonally elongated band of wet
trends forms over the southeastern China, Korea Peninsula and Japan, and dry trends occur in
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the north of eastern China, which is associated with a southward shifted Meiyu-Baiyu rainfall
front. The trends at 500hPa levels show a tripole pattern in the eastern Asia with two anti-
cyclonic circulations straddling the cyclonic circulation along the eastern China, Korea Penin-
sula and Japan. This is reminiscent of the Pacific-Japan-like trend pattern [24]. The least

Fig 4. As in Fig 3, but for boreal summer.Note that contour intervals are 0.15hPa (51 yr)-1 and 1m (51 yr)-1,
respectively.

doi:10.1371/journal.pone.0149968.g004
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frequent pattern (10% of 40 members) also shows a tripole pattern but with an opposite polar-
ity in general (Fig 4H). Consistently, the precipitation and SAT trend patterns also display an
opposite polarity with dry trends along the southeastern China, Korea Peninsula and Japan.

Our results suggest that the magnitudes and spatial patterns of the projected summer pre-
cipitation and SAT trends, like those in winter, are also impacted by the internally-generated
large-scale atmospheric circulation trends. These internally-generated atmospheric circulation
trends in East Asia are also linked with broad structures in the northern hemisphere. For
instance, the most frequent pattern (45%) is related to a weak annular pattern in the mid-high
latitudes, reminiscent of a positive phase of the AO-like trend pattern (Figs Ha and Ia in S1
File). The second frequent pattern (27.5%) is related to a wavy structure with a western Pacific-
like trend pattern over East Asia (Figs Hb and Ib in S1 File). The third and fourth frequent pat-
terns (17.5% and 10% of 40 members) display an opposite polarity of a strong annular pattern
with a dipole structure between the polar region and mid-latitudes (Figs Hc-d and Ic-d in S1
File) except in East Asia where the tripole structure resembles the Pacific-Japan pattern [24].
Note that the dry (wet) trends often co-occur with the hot (cool) trends in East Asia, suggesting
that changes in atmospheric circulations play an important role in driving these internally-gen-
erated precipitation and SAT trends.

Discussions
Our arguments may be potentially subject to some caveats. It is generally assumed that the
externally-forced response and internally-generated variability of the climate system are line-
arly cumulative, whether or not they may non-linearly interact with each other remains to be
an open question. Recent studies have demonstrated that climate models also have some irre-
ducible errors in simulating the atmospheric internal variability [25–27] and climate changes
in response to external radiative forcing. This emphasizes the need for an explicitly probabilis-
tic, risk-based perspective to evaluate the relative roles of external forcing and internal variabil-
ity in projected regional climate changes. Large ensembles of numerical integrations produced
by a single model [10] and/or multi-models are essential to better estimate uncertainty in
regional climate change and climate risk management due to internal variability of the climate
system and/or model errors. Moreover, attention should also be paid to the role of the ocean’s
internal variability, which can modulate large-scale atmospheric circulation patterns and
remotely affect regional climate trends. Concerning the non-negligible systematic biases in
modelling internal variabilities, new observations with high accuracy are essential to improve
the estimate of internal climate variabilities.

Conclusions
Internally-induced uncertainties in the projected East Asian precipitation and SAT trends in
both boreal winter and summer during 2005–2055 are examined on the basis of CCSM3 40
member ensembles of climate change simulations. To yield the 40 member ensembles of cli-
mate change projections, the CCSM3 model is run with the same timely-varying radiative forc-
ing scenario (SRES A1B) but initiated from a suite of different atmospheric initial states. We
present compelling evidence to show that the internally-induced uncertainty in the projected
SAT trends in winter is generally larger than that in summer. Moreover, compared to SAT,
projection of precipitation trends in both seasons is subject to much larger uncertainty owing
to internal climate variability. This suggests that there is generally less confidence in projected
changes in precipitation than those in SAT, as was illustrated by [3, 4]. Besides, the sea level
pressure shows considerable uncertainties, which is in stark contrast to the much less uncer-
tainties of the mid-level atmospheric circulation (500hPa). Based on k-means cluster analysis,
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we identify four distinct patterns of internal variability-induced precipitation and SAT trends
in the both seasons over East Asia. We find that a substantial portion of the projected inter-
nally-induced precipitation and SAT trends could be, at least to a certain extent, attributable to
changes in internal large-scale atmospheric circulation patterns. Our results confirm that
changes in internal atmospheric variability are an important source of uncertainty in future
regional climate change projections, as elucidated by [28]. Thus, much caution is required
when assessing regional climate change projections, given the important impacts of internal
climate variability.

Supporting Information
S1 File. The Supporting Information file includes supplementary figures: Fig A-Fig I.
(PDF)
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evaporation behavior dominates the long-term trends of 
TCZ. Models are capable of largely reproducing the shape 
and orientation of TCZ, although northwestward bias is 
apparent. In global warming scenario period, there will be 
continuing southeastward displacement for the front edge 
but the opposite northwestward movement is projected for 
the rear one, as a consequence of significant drying trends 
in the humid zone together with regime shifts towards 
humid conditions in the arid zone. Despite expanded TCZ 
sector, however, the available water resources inside it suf-
fer little magnitude changes without preferential tendency 
towards either drier or wetter conditions, implying neither 
deleterious nor beneficial effects on the TCZ environment. 
Moreover, interannual variability of TCZ is expected to 
become stronger, resulting in more frequent occurrences of 
extreme swings. Finally, it is noted that uncertainty arising 
from climate models dominates in the TCZ than dispersed 
emission scenarios, in contrast to the situation in humid 
and arid zones.

Keywords Transitional climate zone · East Asia · 
Vulnerability · Aridity index · Boundary (edge) · Dry-wet 
variation · Spatial swing

1 Introduction

Under the background of global warming, far-reach-
ing, long-lasting and even devastating consequences are 
expected for planet Earth. Human-induced climate change 
increases extreme weather events, amplifies coastal erosion, 
melts glaciers and ice caps, puts pressure on ecosystems 
and in turn poses great threats to human society (Stocker 
et al. 2013). The global warming exerts pronounced influ-
ences via altering climate patterns worldwide. At present, 

Abstract The transitional climate zone (TCZ) between 
humid and arid regions in East Asia is characterized by 
sharp climate and biome gradients, interaction between the 
East Asian summer monsoon and the mid-latitude westerly 
winds and mixed agriculture-pasture activities. Conse-
quently, it is highly vulnerable to natural disturbances and 
particularly human-driven global change. This study aims 
to illuminate the spatial and temporal variation of TCZ 
across both the retrospective and the prospective periods. In 
the historical period, both the front and rear edges of TCZ 
exhibit wide year-to-year excursions and have experienced 
coastward migration with increasing aridity throughout 
TCZ. Furthermore, precipitation fluctuation mainly con-
tributes to interannual variability of TCZ whereas potential 
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assessments of climatic shifts over arid and monsoon 
humid zones in both historical and future perspectives 
have become hot topics. For example, Feng and Fu (2013) 
reports that global drylands have expanded in the last sixty 

years and will continue to expand in the twenty-first cen-
tury. Huang et al. (2016) shows by the end of twenty-first 
century drylands being will occupy half of the global land 
surface compared to 41 % coverage of present-day condi-
tions. Similarly, Zhao et al. (2014) examine the simulation 
of historical and projected climate change in global arid 
and semiarid areas by CMIP5 models. From the regional 
perspective over East Asia, both Huo et al. (2013) and Liu 
et al. (2013) investigate the spatiotemporal changes of 
aridity index in the arid region of China and the underly-
ing driving forces. Meanwhile, many studies have specifi-
cally targeted the issue of aridification in north China and 
its possible causes (Ma and Fu 2003; Ma 2007; Li et al. 
2006). In parallel, numerous works have explored the dry-
wet variability in global monsoon-affected domain across 
a wide range of temporal and spatial scales (Kitoh et al. 
2013). For East Asian monsoon sector, Zhou et al. (2012) 
explored the implications of ENSO signal on South China 
Monsoon Climate. Wu and Wang (2002) and Chen et al. 
(2013) investigate the decadal changes in the relationship 
between ENSO and both the East Asian summer and win-
ter monsoon. Huang et al. (2008) summarized progresses in 
studies of the temporal-spatial variations of the East Asian 
monsoon system and their impacts on climate anomalies in 

Fig. 1  The schematic illustration of the climatic zones and the domi-
nant circulation systems controlling weather and climate in East Asia

Fig. 2  a Geographic locations 
of 756 meteorological stations 
in China; b spatial pattern of 
temporal correlation between AI 
of the CRU data and the CMA 
data; c AI climatology based on 
CRU data; d the same as c, but 
based on CMA data
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China. Sun and Ding (2010) projects future change in sum-
mer precipitation and its associated monsoon circulation 
in East Asia, revealing a large increase of rainfall amount 
after 2040s. Indeed, there are plenty of studies concerning 
the variability and mechanism of East Asia Monsoon (i.e., 
Cui et al. 2008, 2009; Wang et al. 2014; Zhou et al. 2007a, 
b, c; Zuo et al. 2012, 2013).

However, significant attention is not given to the varia-
tion of the transitional climate zone (TCZ) in East Asia. In 
general, the transitional climate zone in East Asia is treated 
as southwest to northeast belt between desert arid and mon-
soon humid climates (Fig. 1). Despite relatively narrower 
spatial extent, this intercross zone is featured by large gra-
dients of climate and biome (Fu 1992), interaction between 

the East Asian summer monsoon and the mid-latitude west-
erly winds (Qian et al. 2009), and mixed cropping-pasto-
ral activities (Shi 1996), all of which collectively makes 
it highly susceptible to natural disasters (Shi et al. 1994). 
In addition, the vegetation growth in this region is more 
unstable and sensitive to climate fluctuations (Ou and Qian 
2006). In the past few years, parts of this knowledge gap 
have been bridged preliminarily: Ma et al. (2005) detect 
the historical variations of arid and semi-arid boundary in 
China at decadal time scale by using temperature-based 
Thornthwaite classification; Li and Ma (2013) investigate 
the dry-wet variability of climate zones based on 11 CMIP3 
models under A1B scenario by using soil moisture. With 
these as ground work, this study is elaborated to advance 

Table 1  Information of CMIP5 climate models employed in this study

Model acronym Modeling center Atmospheric component 
resolution (Lon. × Lat.)

ACCESS1-0 Commonwealth Scientific and Industrial Research Organization (CSIRO) and 
Bureau of Meteorology (BOM), Australia

1.875° × 1.25°

ACCESS1-3

bcc-csm1-1 Beijing Climate Center, China Meteorological Administration, China ~2.8° × 2.8°

BNU-ESM College of Global Change and Earth System Science, Beijing Normal University, 
China

~2.8° × 2.8°

CanESM2 Canadian Centre for Climate Modelling and Analysis, Canada ~2.8° × 2.8°

CESM1-BGC Community Earth System Model Contributors, USA 1.25° × 0.9°

CNRM-CM5 Centre National de Recherches Météorologiques/Centre Européen de Recherche et 
Formation Avancées en Calcul Scientifique, France

~1.4° × 1.4°

CSIRO-Mk-3-6-0 Commonwealth Scientific and Industrial Research Organization in collaboration 
with the Queensland Climate Change Centre  
of Excellence, Australia

1.875° × 1.875°

GFDL-CM3 NOAA Geophysical Fluid Dynamics Laboratory, USA 2.5° × 2°

GFDL-ESM2G 2.5° × 2°

GFDL-ESM2 M 2.5° × 2°

GISS-E2-H NASA Goddard Institute for Space Studies, USA 2.5° × 2°

GISS-E2-R 2.5° × 2°

HadGEM2-CC Met Office Hadley Centre (additional HadGEM2-ES realizations contributed by 
Instituto Nacional de Pesquisas Espaciais),  
United Kingdom

1.875° × 1.25°

HadGEM2-ES 1.875° × 1.25°

inmcm4 Institute for Numerical Mathematics, Russia 2° × 1.5°

IPSL-CM5A-LR Institut Pierre-Simon Laplace, France 3.75° × 1.875°

IPSL-CM5A-MR 2.5° × 1.25°

IPSL-CM5B-LR 3.75° × 1.875°

MIROC5 Atmosphere and Ocean Research Institute (The University of Tokyo), National  
Institute for Environmental Studies, and Japan Agency  
for Marine-Earth Science and Technology, Japan

~1.4° × 1.4°

MIROC-ESM Japan Agency for Marine-Earth Science and Technology,  
Atmosphere and Ocean Research Institute (The University of Tokyo), and National 
Institute for Environmental Studies, Japan

~2.8° × 2.8°

MIROC-ESM-CHEM ~2.8° × 2.8°

MRI-CGCM3 Meteorological Research Institute, Japan 1.125° × 1.125°
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our understanding of TCZ dynamics from both historical 
and future perspectives: first, this paper specifically concen-
trates on TCZ variability from multiple aspects, aiming to 
unravel not only the observed phenomenon but also under-
lying mechanism; second, future projection is assessed 
under the CMIP5 framework which is reported to generate 
relatively more realistic features than the preceding CMIP3 
(Koutroulis et al. 2015); third, the climate types and 
boundaries are recognized by using widely known UNEP 
aridity index, which is considered to be better suited than 
soil moisture, since historical records of soil moisture are 
scarce as well as spatially sparse (Keyantash and Dracup, 
2002) and what’s more those retrieved from climate mod-
els has very large uncertainty (Li et al. 2007); last but not 
the least, the physically realistic Penman–Monteith model 
is adopted to infer potential evaporation (PET) rather than 
temperature-based Thornthwaite approach, which has been 
proven to overestimate PET especially under future warm-
ing climate (Burke et al. 2006).

This paper is organized as follows. Section 2 describes 
observational data sets and model simulations used in the 
study, together with the definition of transitional climate 
zone. Section 3 provides an overview of climatology and 
historical changes of the TCZ. Model’s capability evalu-
ation and future projections are elaborated in Sect. 4. 
Finally, Sect. 5 concludes the paper.

2  Data and methods

Monthly precipitation and potential evaporation (units: 
mm) amounts are retrieved from the Climatic Research 
Unit (CRU) version TS3.23 (Harris et al. 2014). Given 
relatively poor quality and low spatial density of in situ 
measurements in the earlier part of the twentieth cen-
tury, we extracted the period from 1961 onwards of the 
full records. The grid extends over the global land of 
latitude 89.75°S to 89.75°N and longitude 179.75°W to 
179.75°E, with a horizontal resolution of 0.5°. The CRU 
PET is derived based on Penman–Monteith scheme. 
Note that the CRU product is employed instead of station 
data accessible from meteorological observation network 
in China, because we focus on the domain of East Asia 
extending beyond China territory. Nevertheless, to verify 
the reliability of CRU gridded data, comparison is made 
with 756 gauge recordings (Fig. 2a) compiled by the 
China Meteorological Administration (CMA). For each 
site, precipitation is directly acquired while PET is esti-
mated through the use of minimum and maximum tem-
perature, wind speed, latitude, sunshine hours, elevation, 
actual vapor pressure, and surface pressure. As shown in 
Fig. 2c, d, it is found that the two datasets agree well in 

Fig. 3  Observed (a) and modeled (b) spatial distribution of the mean 
AI from 1961 to 2014 over East Asia, with blue colors being humid 
and red colors being arid. Transitional climate zone is enclosed by 
solid blue lines, while gray shaded area indicates Tibetan Plateau

Fig. 4  Yearly front (thin blue) and rear (thin yellow) edges of TCZ 
during 1961 to 2014 and the average positions (bold blue and yellow)
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the large-scale configuration of AI climatology in East 
Asia with pattern correlation above 0.95. Moreover, 
these two datasets generate temporal coherent AI fields, 
since most of the grid cells have very high correlation 
coefficients greater than 0.8 (Fig. 2b). Consequently, the 
result strongly supports the use of CRU data.

Simulated climates of historical period and future pro-
jections under two emissions scenarios, Representative 
Concentration Pathway (RCP) 4.5 (medium mitigation sce-
nario) and RCP8.5 (high emission scenario) (Moss et al. 
2010) are obtained from the World Climate Research Pro-
gramme (WCRP) Coupled Model Intercomparison Project 
Phase 5 (CMIP5) (Taylor et al. 2012). Our study uses 23 
coupled model outputs spanning from 1961 to 2099, as 
listed in Table 1. Retrieved variables encompass near-sur-
face air temperature including mean, minimum, and maxi-
mum, surface pressure, wind speed at 10 m, surface down-
welling shortwave radiation, surface upwelling shortwave 
radiation, surface downwelling longwave radiation, surface 
upwelling longwave radiation, and near-surface relative 
humidity together with precipitation. All above quantities 
except precipitation are used as input parameters to calcu-
late the PET. Because of spatial resolutions varying from 
model to model, bilinear interpolation is adopted to regrid 
all the modeled climate fields to match that of CRU data 
source.

Fig. 5  Latitudinal variations of the front edge (blue) and rear edge 
(yellow) of TCZ along 100°E–105°E, 105°E–110°E, 110°E–115°E, 
115°E–120°E

Fig. 6  Longitudinal variations 
of the front edge (blue) and rear 
edge (yellow) of TCZ along 
40°N–45°N, 45°N–50°N
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Aridity Index (AI) serves as basis for the delineation 
of climate types. The AI is defined as the ratio of annual 
precipitation sum to annual PET sum, which essentially 
indicates the precipitation availability over atmospheric 
water demand (UNEP 1997). Here, the PET is param-
eterized through Penman–Monteith equation as detailed 

in Allen et al. (1994), which is considered to be more 
physically realistic and recommended by the Food and 
Agriculture Organization (FAO) of the United Nations. 
According to the values of AI, the climate is categorized 
as Arid (AI < 0.2), Semi-Arid (0.2 < AI < 0.5), Dry sub-
humid (0.5 < AI < 0.65) and Humid (AI > 0.65). The 

Fig. 7  Spatial pattern of AI 
trend (a, unit: yr−1), precipita-
tion trend (b, unit: mm/yr), PET 
trend (c, unit: mm/yr), standard 
deviation of precipitation (d) 
and PET (e, unit: mm) with lin-
ear trend removed. Grid boxes 
where the trend is significant at 
the 10 % level are indicated by 
black dots
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term “transitional zone” (0.2 < AI < 0.65) refers to a 
combination of Semi-Arid and Dry subhumid environ-
ments, as an intermediate between arid and humid cli-
mates. Furthermore, the 0.65 and 0.2 AI isolines corre-
spond to the front and rear limits of transitional zone, 
respectively.

3  Climatology and historical variation of the TCZ 
in East Asia

Figure 3a depicts spatial distribution of AI climatology, 
with the heavier isolines 0.2 and 0.65 highlighting the 
boundaries of TCZ. The AI generally decreases from the 
south and the east toward the interiors, with the south-
eastern part of China, Korean Peninsula, Japan and 
part of Northeast Asia under humid conditions whereas 
Northwest China and the southern part of Mongolia 
being arid lands. The transition belt, outlined by bold 
blue lines, geographically stretches across the north-
ern China in a northeast-southwest orientation from the 
eastern fringe of Tibetan Plateau to the western North-
east China, covering an area of about 1.8 × 106 km2. 
The most prominent futures are that this zone harbors 
sharp gradient from humid to arid regimes and the width 
broadens from west to east. Note that although other 
areas may meet the criterion 0.2 < AI < 0.65, those are 
not pertinent to the marginal influence of East Asia sum-
mer monsoon; that is, the realm we consider is not only 
humid-to-arid transition zone but also monsoon-to-non-
monsoon transition zone.

Figure 4 illustrates the yearly elongations of front and 
rear edges of the TCZ, along with their respective clima-
tological positions. There appears to be wide year-to-year 
excursions of both edges, with the greatest deviation from 
the norm by as much as 9°. In addition, the eastern part 
of TCZ is characterized by larger spatial swings (also see 
Fig. 8). In short, the domain of TCZ in East Asia is sub-
jected to strong interannual variability. To facilitate further 
analysis, the edge of TCZ is partitioned into multiple seg-
ments of 5° span and then the temporal behavior of each 
segment is presented respectively, as shown in Figs. 5 and 
6. Whether the latitudinal or longitudinal oscillation is 
being investigated depends on their relative importance: for 
example, the front edge in 100–105°E varies primarily in 
meridional direction, so that extracting latitudinal informa-
tion appears to be feasible and meaningful.

On the one hand, the eastmost section exhibits strongest 
interannual variability whose standard deviation reaches to 
3.67° and 1.97° for the front and rear edges respectively, 
while conversely those toward the west are more stable 
with a relatively small standard deviation (Fig. 8). On the 
other hand, the rear edge has more moderate amplitude of 
spatial swings comparing with the front one, suggesting 
damped climate sensitivity as latitudes increase; neverthe-
less, despite differences in magnitude, they share some 
degree of temporal coherence, with correlation coefficients 
being around 0.3.

In a long-term context, both the front and rear edges 
have experienced coastward migration, although only the 
trends in 105–110°E, 110–115°E bands of front edge and 
40–45°N band of rear edge are statistically significant 

Fig. 8  p value of linear trend 
and standard deviation (with the 
linear trend removed, unit: °) in 
each segment of TCZ bounda-
ries (the left plot for front edge, 
while the right one rear edge). 
Each segment is stamped by 
different marker symbol (legend 
information). Individual and 
combined impacts of precipita-
tion and PET on the relevant 
statistics are colored in blue, 
red and black (also real world), 
respectively. Note that the 
smaller the p value, the more 
significant the trend is, and 
that Y-axis ranges are different 
between two drawings
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at 10 % level. The maximum shift rate reaches to 0.02° 
southward per year occurring around 110–115°E for the 
front edge and 0.04° eastward per year occurring around 
40–45°N for the rear edge, respectively. To gain bet-
ter understanding of the forces driving TCZ-boundary 
tendency, Fig. 7 is created to show the spatial pattern of 
AI, precipitation and PET trends. As seen in Fig. 7a, the 

coastward migration of TCZ is exactly caused by the nota-
ble decreasing AI over the extended area from Mongolia 
to central China. Besides, subplots (b) and (c) suggest that 
a decrease in precipitation and an increase of PET jointly 
translate into decreasing AI values. Furthermore, not only 
are the TCZ edges expected to southeastward shift, but the 
moist state inside it also appears to have become more arid, 

Fig. 9  Climatological front (dashed blue) and rear edges (dashed brown) of TCZ for individual climate model simulations compared against 
observations (solid lines)
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as the TCZ-domain averaged AI decrease at a rate of 0.001 
per year at 10 % significant level with the strongest deterio-
ration in the central part.

To isolate the role of precipitation and PET in shap-
ing the morphology of TCZ, the spatial extent of TCZ is 
re-built by prescribing the climatological precipitation or 
PET, as illustrated in Fig. 8. When effect from precipita-
tion is removed, merely detected is the long-term trend of 
southeast displacement without apparent interannual sig-
nal; moreover, the trends of edge location for all segments 
are significant at 90 % confidence level. In contrast, the 
time series driven by precipitation fluctuate drastically over 
the period, but the long-term tendency is virtually indistinc-
tive. In addition, Fig. 7b–e directly compare the properties 
of precipitation versus PET in terms of trend and stand-
ard deviation. Contrasting Fig. 7b, c, an evident signal of 
enhanced PET emerges around the TCZ, but there is small 
and insignificant reduction in precipitation; however, when 
we turn to the standard deviation (Fig. 7d, e), the amplitude 
of precipitation oscillation is 2–3 times larger than that of 
PET. In short, thus, the precipitation makes a large contri-
bution to interannual variance, while the long-term trend 
is regulated mainly by the PET, and thereby the coupling 
of precipitation and PET reproduces the realistic type of 
variability.

4  Future projected changes of TCZ

Prior to carrying out future projections, we first evaluate 
CMIP5 models’ performance in simulating the domain of 
TCZ, the practice of which is essential to confidence rating 
in model-based projection and bias adjustment. Figure 3b 
shows spatial pattern of multimodel averaged AI with blue 
lines to demarcate climatic zone limits. Further, Figs. 9 
and 10 provide an in-depth view of individual model capa-
bility and its associated root mean square error (RMSE) 
metric score. Generally, the majority of models features a 
northwestward shifted TCZ with smaller area relative to 
the observed one, especially for its front boundary. In other 
words, model overestimates the extent of humid zone and 
to a lesser degree displaces the dry environment towards 
deeper inland. Despite the position bias, the current genera-
tion of models with a few exceptions (IPSL-CM5A-MR and 
IPSL-CM5B-LR) is able to effectively reproduce the shape 
and orientation of TCZ. Based on RMSE scores reported 
in Fig. 10, on the one hand, ACCESS1-3, GISS-E2-R, 
HadGEM2-CC, HadGEM2-ES and MRI-CGCM3 show 
superior skill at representing the front boundary of TCZ; on 
the other hand, ACCESS1-3, CNRM-CM5, HadGEM2-CC, 
IPSL-CM5A-MR and IPSL-CM5B-LR are identified as 
well-performing models with regard to the rear edge. Com-
bine the two ranks by summation, we note that ACCESS1-3, 
HadGEM2-CC, HadGEM2-ES and MRI-CGCM3 exhibit 
highest skill in replicating the TCZ passage as well as dry 
condition to the northwest and moist condition to the south-
east. In addition, the CMIP5 models are found to simulate 
rear edge location better than the front one.

Although the climate models have an acceptable level 
of performance, it is still necessary to implement bias cor-
rection procedure to reduce the systematic errors. In recent 
years, numerous bias correction methods of varying algo-
rithm and complexity have been developed, as summarized 
in Teutschbein and Seibert (2012). Although sophisticated 
techniques are available, the simple scaling strategy is pre-
ferred in this study because of its simplicity and straightfor-
ward manner. Scaling adjustment acts to scale model data 
by the quotient between the mean of the observations and 
the simulation in the reference period:

where AIraw·mod(t) and AIbc·mod(t) are the raw and bias-
corrected AI for model at time node t, and AIobs and 
AIraw·mod denotes the climatological mean of observed and 
modeled AI in the calibration period (1961–1990 here). 

AIbc·mod(t) = AIraw·mod(t)× (AIobs/AIraw·mod)

Fig. 10  The root mean square error (unit: °) in simulating front (a) 
and rear edge (b) for each CMIP5 model. Note that lower RMSE 
scores values correspond to better skill in representing TCZ bounda-
ries
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Fig. 11  Projected movements of front (blue) and rear (yellow) edges 
of TCZ over East Asia for 2010–2039 (top row), 2040–2069 (middle 
row) and 2070–2099 (bottom row) under RCP4.5 (left column) and 

RCP8.5 (right column). The solid blue and yellow lines indicate the 
ensemble-mean, while the dashed ones mark 20–80 % likelihood 
range. The 1961–1990 baseline is superimposed as a gray line
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After applying bias correction, the bias-corrected modeled 
data share identical mean climate with observations in the 
reference period, and at the same time the climate change 
signal is preserved.

Figures 11, 12, 13, 14 and 15 collectively illuminate 
projected future dynamics of the climatic zones’ bound-
ary and dryness-wetness change information specific to 
each zone, with emphasis on the TCZ. At first, Fig. 11 
depicts spatially shifting pattern of the TCZ for three 
30-year intervals under RCP4.5 and RCP8.5; however, 
because the small-scale details are almost illegible in 
the context of large domain, complementary Fig. 12 is 
provided, in which the linear trend and uncertainty range 
are individually derived for every 5°-segments. In terms 
of multimodel ensemble mean, the front edge of TCZ is 
linked to a southeastward migration, while the opposite 
northwestward movement is predicted for the rear one, 
resulting in expansion of TCZ area accompanied by 
shrinking of humid zone and retreat of arid zone. Models 
also reveal that the most substantial shift of about 0.75° 
takes place over the westmost side of the front edge dur-
ing 2070–2099 under RCP8.5, and the shift of front edge 
is two times faster than the rear one. However, these pro-
jections show a visible spread among the models, with 
the interquartile span of the ensembles ranging from 

0.2° to 3°. In comparative terms, the uncertainty enve-
lopes associated with the front edge is about double 
wider than that with the rear one. Although models do 
not achieve uniform consensus on the future behavior of 
the entire TCZ, consistent projections do exist in several 
portions. It is found that the movements tied to 100–
105°E and 105–110°E under RCP8.5 along the front 
edge, and 100–105°E under RCP4.5 and 40–45°N under 
both RCP scenarios along the rear edge correspond to 
an agreement on sign amongst at least 75 % of models. 
Moreover, it is noteworthy that high emission scenario 
not only magnifies the amplitude of these tendencies, but 
also produces higher level of inter-model spread. Nev-
ertheless, the scenario uncertainty is much smaller than 
the model uncertainty.

Since comprehensive assessment of projections 
desires the need to go beyond mean and trend statistics, 
Fig. 13 is made to infer probability distribution changes 
from projections of multiple models. It can be seen that 
the changes in probability curve is not related to the shift 
of mean state or the shape. Rather, either the right- or the 
left-side tail (or both) will become fatter with concur-
rently smaller peak frequency, reflecting that the bound-
ary lines will be more often farer away from the mean. 
The most significant changes in probability are seen in 
the 100–105°E and 105–110°E of the front edge and 
105–110°E and 40–45°N of the rear edge, in line with the 
trend outcomes reported in Fig. 12, while others are char-
acterized by a slight tendency to a broader distribution. 
In short, the increased chances of extreme TCZ swings 
are expected in future.

Figures 14 and 15 are designed to uncover the driv-
ing forces underlying the future scenarios of TCZ. Fig-
ure 14 presents the spatial pattern of projected changes 
in the AI, expressed as percentage (%) from the refer-
ence period. East Asia exhibits a strong contrast in pro-
jected AI changes, with large increase in the northwest 
and large decrease in both the southeast and northeast, 
which alleviates the water deficit in desert zone and 
exerts moisture stress in humid region. Moreover, there 
is generally good agreement between different models in 
terms of the direction of AI changes. Such anticipated 
changes can be summarized into a simple rule “wet get 
drier, dry get wetter”, as opposed to the classic paradigm 
“wet get wetter, dry get drier” (Held and Soden, 2006). 
Therefore, the spacious drying and wetting tendencies 
in humid and arid zones are responsible for the south-
eastward and northwestward shift of the front and rear 
edge of TCZ, respectively. Conversely, it seems to be 
no appreciable changes in the TCZ, although confidence 

Fig. 12  Box plots of the trends in front (a) and rear (b) edge of all 
models between 1990 and 2099 (unit: °/decade) under RCP4.5 (yel-
low) and RCP8.5 (red). In the box plot, the line in the middle of the 
box, lower and upper bound of the box represent median, 25 and 75 
percentiles, respectively; the top and bottom whiskers extend to the 
maximum and minimum values
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about drying or wetting is relatively low. Figure 15 por-
trays the regionally averaged AI in the future for the 
humid, transitional and arid zones, respectively. On the 
one hand, albeit differ in the magnitude, climate models 
are unanimous in projecting future drying tendency in 
the humid zone, with 7 % AI drop for RCP4.5 and 13 % 
AI drop for RCP8.5 by the end of the twenty-first cen-
tury with respect to historical condition. Therefore, the 

water rich region is likely to be water-stressed and more 
prone to drought in the future, but even so, it is still pos-
sess enough humidity to stay in “humid category”. On 
the other hand, drylands will steadily receive more avail-
able water, which is of vital importance to mitigate the 
burden of water scarcity. Note that in spite of very small 
absolute changes, the percentage change can be greater 
than 10 %. Instead of pronounced changes as noted in 

Fig. 13  Probability distribution of TCZ boundaries for baseline (1961–1990, gray bar) and the end-of-twenty-first century (2070–2099, solid 
lines) under RCP4.5 (blue) and RCP8.5 (red). Results are presented for every 5°-segments of the front (a–f) and rear (g–i) boundaries
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the humid and arid zones, however, there is no clear 
preference for either becoming drier or wetter in the 
TCZ, since AI remains quite stable at 0.45 with narrow 
model dispersion throughout the twenty-first century. In 
brief summary, the joint effect of remarkable water loss 
in the humid zone and gain in the arid zone favors the 
southeastward departure of TCZ front edge as well as 
the opposite response of TCZ rear edge, but the water 
resources inside the TCZ remains invariant with time 
and emission scenarios.

Finally, extra effort is devoted to consolidate the above 
findings obtained. It is bias-corrected models data that are 

used to build future projections, due to the common defi-
ciency in the simulated position of TCZ. However, the 
composite of top-performing models ranked by the RMSE 
scores (Fig. 10) does a good job at representing TCZ in 
terms of not only shape-orientation but also position (fig-
ure not shown), which encourages us to re-examine the 
projections with the raw outputs of high skill models. 
The result suggest that best models’ ensemble without 
bias adjustment and all models’ ensemble processed by 
bias correction yield essentially identical outcomes (fig-
ures not shown), which gives us more confidence in the 
conclusions.

Fig. 14  CMIP5 multi-model ensemble average percent change 
(unit:  %) in Aridity Index for 2010–2039 (1st row), 2040–2069 (2nd 
row) and 2070–2099 (3rd row) compared to 1961–1990 baseline cli-

mate under RCP4.5 (1st column) and RCP8.5 (2nd column). Stippling 
illustrates agreement in sign of changes across at least 70 % models, 
and the thick blue line encloses the TCZ domain in baseline climate
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5  Conclusions

The TCZ in East Asia, situated between humid climate 
conditions to the southeast and northeast and desert dry 
conditions to the northwest, stretches from the east fringe 
of the Tibetan Plateau to the west of Northeast China. This 
belt is considered to be “interface fragile” to natural disas-
ters and climatic changes, owing to the steep gradients of 
climate and biome systems, interaction between the East 
Asian summer monsoon and westerly winds, and mixed 
agriculture-pasture activities. However, most of earlier 
studies focused on the effects of climate change on mon-
soon humid region and drylands, so that more efforts are 
needed to illuminate the spatial and temporal behaviors of 
TCZ in response to global warming. Therefore, this study 
conducts a more focused and detailed survey of TCZ.

From a historical perspective, both front and rear edges 
exhibit dramatic spatial swings, with greater excursion 
occurring at a more east longitude. In addition, the front 
edge exhibit higher amplitude of deviation than the rear 
one. During the past 54 years, the TCZ sector has under-
gone coastward displacement, which can be interpreted as 
a consequence of progressively drop in AI in response to 
collaborative forcing of reduced precipitation and enhanced 
PET over the extended area from Mongolia to central 
China. Furthermore, not only are the TCZ edges expected 
to southeastward shift, but the moisture condition inside 
it has evolved towards greater aridity. By disentangling 
the effects of precipitation and PET, we find that a rapid 
increase of PET excites the southeastward shift of TCZ 

while precipitation fluctuation is the dominant driver of 
interannual variability.

Although the TCZ in CMIP5 shift northwest to its real 
position, most models are able to reproduce the broad pat-
tern of TCZ. In particular, ACCESS1-3, HadGEM2-CC, 
HadGEM2-ES and MRI-CGCM3 stand out as well-per-
forming models. To minimize the bias, models’ output is 
statistically adjusted via simple scaling technique.

In the twenty-first century, the front edge of TCZ is 
expected to continue to shift southeastward, while the rear 
edge responds in an opposite manner. This result implies 
an expansion of TCZ sector, along with contraction of the 
humid zone and northwestward retreat of the drylands. It 
is confirmed that the wet regions getting drier and the dry 
regions getter wetter causes the future tendency of TCZ 
boundaries. However, although significant responses are 
seen within humid and arid zones, the available moisture 
inside the TCZ does not change that much, without pref-
erential inclination towards either drier or wetter condi-
tions. Hence, projections assume no deteriorated and ben-
eficial effects of climate change on the TCZ environment. 
Moreover, the TCZ boundaries in future are more prone to 
stronger swings, suggesting more drastic dry-wet variabil-
ity in surrounding regions.
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ABSTRACT

Based on regular surface meteorological observations and NCEP/DOE reanalysis data, this study investigates the evo-
lution of surface sensible heat (SH) over the central and eastern Tibetan Plateau (CE-TP) under the recent global warming
hiatus. The results reveal that the SH over the CE-TP presents a recovery since the slowdown of the global warming. The
restored surface wind speed together with increased difference in ground-air temperature contribute to the recovery in SH.
During the global warming hiatus, the persistent weakening wind speed is alleviated due to the variation of the meridional
temperature gradient. Meanwhile, the ground surface temperature and the difference in ground-air temperature show a sig-
nificant increasing trend in that period caused by the increased total cloud amount, especially at night. At nighttime, the
increased total cloud cover reduces the surface effective radiation via a strengthening of atmospheric counter radiation and
subsequently brings about a clear upward trend in ground surface temperature and the difference in ground-air temperature.
Cloud–radiation feedback plays a significant role in the evolution of the surface temperature and even SH during the global
warming hiatus. Consequently, besides the surface wind speed, the difference in ground-air temperature becomes another
significant factor for the variation in SH since the slowdown of global warming, particularly at night.

Key words: surface sensible heat, Tibetan Plateau, ground-air temperature difference, surface wind speed, global warming
hiatus
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the Tibetan Plateau under the recent global warming hiatus. Adv. Atmos. Sci., 34(10), 1249–1262, doi: 10.1007/s00376-017-
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1. Introduction

The Tibetan Plateau (TP) is renowned worldwide for its
high elevation, vast area and highly complex terrain. It is a
huge heat source towering in the free atmosphere, transfer-
ring heat from the land surface to the air in the form of sen-
sible heating, latent heat transfer, and effective radiation of
the ground (Yeh et al., 1957; Yeh and Gao, 1979). With its

∗ Corresponding author: Gang HUANG
Email: hg@mail.iap.ac.cn

thermal forcing and dynamic forcing, the TP dominates the
climate pattern of the Eurasian continent and, moreover, it
affects changes in atmospheric circulation and the formation
of climate in China, Asia, and even the whole world (Yeh
et al., 1957; Yeh and Gao, 1979; Yanai et al., 1992; Ye and
Wu, 1998; Duan and Wu, 2005; Duan et al., 2012; Wu et al.,
2012). Hence, the TP is an important area of study in the field
of meteorology.

Duzheng YE is widely regarded as the founder of the
field of TP meteorology. In the late 1950s, Yeh et al. (1957)
demonstrated for the first time that the TP is a heat source

© Institute of Atmospheric Physics/Chinese Academy of Sciences, and Science Press and Springer-Verlag Berlin Heidelberg 2017
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for the atmosphere in summer. From then on, through analy-
ses using different calculation methods and various data, the
spatiotemporal characteristics of the heating field over the TP
and their effect upon weather and climate have become an im-
portant avenue of research in meteorology (Yeh et al., 1958;
Yeh and Gao, 1979; Wu et al., 1997, 2004, 2012; Duan and
Wu, 2005, 2008; Yang et al., 2011a, 2011b; Duan et al., 2013;
Chen et al., 2015; Hu and Duan, 2015).

Studies in recent years have pointed out that the surface
sensible heat (SH), one component of the heat source over
the TP, exhibits a remarkable decreasing trend since the mid-
1980s, induced primarily by weakened surface wind speed
(Duan and Wu, 2008). Furthermore, the trend in surface
wind and the associated SH over the TP is related to the de-
creased East Asian subtropical westerly jet (EASWJ), which
is mainly a response to the spatially inhomogeneous large-
scale warming over the East Asian continent, marked by a
much larger warming amplitude in middle and high latitudes
than that over the tropics and subtropics region. That gives
rise to a decreasing tendency in meridional pressure gradient
and, accordingly, a decreased EASWJ (Duan and Wu, 2009;
Duan et al., 2011). In other words, the weakening trend in
surface SH flux is a consequence of regional nonuniformity
in global warming. However, global mean surface and tro-
pospheric temperatures have presented a warming slowdown
since the late 1990s (Meehl et al., 2011; Kosaka and Xie,
2013; England et al., 2014; Santer et al., 2014; Schmidt et al.,
2014; Dai et al., 2015; Trenberth, 2015). How, then, does the
spatial distribution of the trend in air temperature change over
the East Asian continent during this global warming hiatus?
Does the meridional pressure gradient related to the EASWJ
alter during that period? If there are any changes, what are
they and how does the surface wind speed associated with
the SH over the TP change? And is the surface wind speed
still the dominant factor affecting SH over the TP during the
ongoing warming hiatus? This paper seeks to answer these
questions one by one.

The overall structure is as follows: Section 2 briefly de-
scribes the data and methodology applied in the study. The
variation in SH is discussed in section 3. The reason for the
recovery in SH under the global warming hiatus is investi-
gated in section 4, followed by a summary and discussion in
section 5.

2. Data and methodology

2.1. Data

The data used in this study include the following sources:
(1) The regular surface meteorological observations for

the TP area offered by the China Meteorological Administra-
tion (CMA). The details of the dataset parallel those of Duan
and Wu (2008), except that the data period in this study is
from January 1980 to December 2015.

(2) The monthly mean air temperature, geopotential
height, zonal wind speed, and six-hourly mean of total cloud
cover (TCC) and radiation flux at the surface (downward
longwave radiation, downward solar radiation, upward long-
wave radiation, and upward solar radiation) from the National
Centers for Environmental Prediction/Department of Energy
(NCEP/DOE) reanalysis 2 are applied to analyze the varia-
tions in circulation. The data periods are all from January
1980 to December 2015 (https://www.esrl.noaa.gov/psd/data/
gridded/data.ncep.reanalysis2.html).

The locations and elevations of the stations are shown in
Fig. 1, most of which are located in Qinghai, Xizang, and
the western plateau of Sichuan in China. The data cover
the central and eastern TP (CE-TP) domain (25◦–40◦N, 85◦–
108◦E) with 129 stations. However, there are only 12 stations
over the western TP (W-TP), most of which are located at the
northern edge of the plateau. Consequently, we mainly dis-
cuss the variation in local surface SH transfer over the CE-
TP. In addition, the method of processing missing values in
the data are the same as applied in Duan and Wu (2008). In

Fig. 1. Locations of stations at or higher than 1000 m and their elevations. Triangles and stars denote
stations over the W-TP and CE-TP, respectively.
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general, the missing values of variables account for less than
0.5% of the total records.

2.2. Methods

The methods for calculating the SH are the same as em-
ployed in previous studies (e.g., Yeh and Gao, 1979; Chen et
al., 1985; Li et al., 2001; Duan and Wu, 2008; Duan et al.,
2011):

SH =CpρaCDHV0(Ts−Ta) . (1)

Descriptions of the physical quantities in the above formula
are available in the referenced literature. What is different,
however, is that the present study takes the air density as a
variable, considering the large elevation span. The air den-
sity is calculated as

ρa = 1.293
(

P
P0

)(
273.15

Ta

)
, (2)

where P is surface pressure, P0 is standard atmospheric
pressure, and Ta is surface air temperature. In this study,
Cp = 1005 J kg−1 K−1 is the specific heat of dry air at con-
stant pressure, and we assume CDH = 4×10−3 (Li and Yanai,
1996; Duan and Wu, 2008) for the CE-TP. In this way, the
surface wind speed (V0), the difference in ground-air tem-
perature (Ts − Ta) and the air density (ρa) are the three key
factors influencing the evolution of SH. To identify which is
the main impact factor among these three, the correlation de-
gree method (Wei, 1999) is applied to calculate the optimal
sequence in terms of their influence on the trend in SH.

3. Evolution of SH over the CE-TP

3.1. Evolution of SH during day and night
According to previous studies, SH reaches its daily mini-

mum during the night and maximum at noon (Duan and Wu,
2008). Hence, the temporal evolution of Ts, Ta, Ts −Ta, ρa,
V0 and SH, averaged over the CE-TP at 0000 and 1200 local
standard time (LST) for the period 1980–2015, is displayed in
Fig. 2 to estimate their linear variation trend (LVT), to deter-
mine the main factor, and to find out their differences between
day and night.

At night (0000 LST), Ts and Ta have similar interannual
variations and decadal trends, which all represent an increas-
ing tendency during 1980–2015, with LVTs of 0.54◦C (10
yr)−1 (exceeding the 99% confidence level) and 0.36◦C (10
yr)−1 (at the 99% confidence level), respectively. In partic-
ular, a larger increase in Ts than in Ta since the end of the
20th century leads to an increase in Ts−Ta thereafter. Mean-
while, the ρa decreases continuously from the 1980s, with an
LVT of −0.0012 kg m−3 (10 yr)−1, which is significant at the
99% confidence level. The non-persistent rise in V0 after the
early 2000s reverses its steady slump before that time. The
combined effect of the changes in Ts−Ta, ρa and V0 lead to a
slight increasing trend of SH before about 1998 and a signif-
icant increment thereafter, with trend coefficients of 1.87 W
m−2 (10 yr)−1 (at the 99% confidence level).

At 1200 LST, the trends in Ts [0.60◦C (10 yr)−1], Ta
[0.54◦C (10 yr)−1] and ρa [0.0018 kg m−3 (10 yr)−1] are sim-
ilar to those at 0000 LST, except that they have small changes
in amplitude. Compared with the variation at night, the
Ts−Ta during daytime presents a slight increasing trend, fol-
lowed by a decreasing tendency, during the last dozen years.
In addition, the V0 at noon shows a remarkably weakening
trend of −0.23 m s−1 (10 yr)−1 before 1998 (exceeding the
99% confidence level), followed by changes with no obvious
tendency. The changes in the above factors together induce
the significant decreases in SH at 1200 LST, with a trend of
−10.5 W m−2 (10 yr)−1 (at the 99% confidence level), in the
period between 1980 and 1997, before a stagnation in the
weakening trend from around 1998.

According to the above analysis, the evolution of SH is
similar to that of Ts −Ta at night, while it has a resemblance
with the variation in V0 and ρa at noon. But is the ground-air
temperature difference (Ts−Ta) the main impact factor in the
variation of SH at night? And which factor is the major con-
tributor to the trend in SH during daytime: the wind speed
(V0) or the air density (ρa)? To quantitatively analyze these
aspects, the correlation degree method is applied to identify
the optimal sequence of the three factors’ (Ts − Ta, V0, and
ρa) influences on SH. The correlation degree between SH and
the three factors is shown in Table 1. It is clear that, at 0000
LST, the trend in SH is most closely related with the change
in Ts − Ta. The correlation degree is 0.999, followed by V0
(correlation degree of 0.711), and then ρa (correlation degree
of 0.558). Meanwhile, at 1200 LST, the optimal sequence
regarding the three factors’ impacts on the trend in SH is as
follows: V0, ρa and Ts−Ta, with correlation degrees of 0.998,
0.852 and 0.792, respectively.

3.2. Seasonal evolution of SH
The temporal evolutions of Ts, Ta, Ts−Ta, ρa, V0 and SH

during the four seasons are exhibited in Fig. 3. The Ts and
Ta have similar interannual variations and decadal increasing
trends in the four seasons during 1980–2015. Also, it is note-
worthy that, since the turn of the 20th century, the Ts −Ta in
the four seasons presents an abrupt climatic change, which
is just like the evolution of Ts −Ta at night shown in Fig. 2.
This implies that most contributions to the daily mean Ts−Ta
come from its evolution at night during that period. The air
density (ρa) over the CE-TP shows a steady downward trend
year-round, except for some differences in the extent of de-
cline. At the end of the 20th century, the persistent decline in
the winds in all seasons is reversed and replaced by a smooth
change or slight rise.

Table 1. Correlation degree between SH and various factors at 0000
LST and 1200 LST.

Correlation degree

0000 LST 1200 LST

Ts −Ta 0.999 0.792
V0 0.711 0.998
ρa 0.558 0.852
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Fig. 2. Temporal evolution of 129-station-averaged Ts, Ta, Ts−Ta, ρa, V0 and SH over the CE-TP during 1980–
2015, at 0000 LST (left-hand panels) and 1200 LST (right-hand panels). The lines in blue indicate the nine-year
moving average of SH.

The combined effect of the changes in Ts − Ta, V0 and
ρa leads to a decreasing trend in SH before the 21st century,
especially in winter and spring, which is mainly composed
of the variations in SH during daytime (as shown in Fig. 2).
Accordingly, compared with Ts−Ta, V0 or ρa may contribute
more to the trend in SH during that period, in particular in
winter and spring; while after that time, a weak increment

in SH emerges that basically reflects the combined nighttime
and daytime trend. It is possible that the former factor is more
important than the latter (see Fig. 2), which may explain why
the trends in SH in the four seasons since the end of the 20th
century seem most closely related with the changes in Ts−Ta,
followed by V0 and ρa.

One notable aspect is that the transition period of the
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Fig. 3. Temporal evolution of 129-station-averaged Ts, Ta, Ts − Ta, ρa, V0 and SH over the CE-TP during 1980–2015, for
December–February (DJF; left-hand column), MAM and JJA (middle two columns), and September–November (SON; right-
hand column). The lines in blue indicate 9-year moving average of SH.

trends in SH and its associated factors over the CE-TP cor-
responds closely to the period when a marked hiatus occurs
in global surface warming, as reported in many studies (e.g.,
Meehl et al., 2011; Kosaka and Xie, 2013; England et al.,
2014; Santer et al., 2014; Schmidt et al., 2014; Dai et al.,
2015; Trenberth, 2015). Therefore, here, the correlation de-
gree between SH and various factors, in all seasons before
and after 1998, which is considered as the beginning of the
global warming hiatus (Santer et al., 2011, 2013; Solomon et
al., 2011; Fyfe et al., 2013a, 2013b), is used to carry out a

quantitative evaluation to substantiate the conjecture above.
We can identify from Table 2 that, compared with the

other two factors, surface wind speed (V0) is the main impact
factor for SH in winter and spring during the period 1980–97,
while the SH in summer and autumn is influenced mainly by
Ts−Ta in this period (although, the effect of wind speed dur-
ing that period cannot be neglected). In contrast, the effect
of the evolution of Ts − Ta on SH after 1998 becomes even
more significant than that before, as well as more remarkable
than the influence of V0 over the same period in all seasons.
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Table 2. Correlation degree between SH and various factors (Ts −
Ta, V0 and ρa) in all seasons.

Correlation degree

DJF MAM JJA SON DJF MAM JJA SON

(1980–1997) (1998–2015)

Ts −Ta 0.894 0.941 0.973 0.988 0.987 0.950 0.997 0.992
V0 0.999 0.977 0.959 0.984 0.871 0.920 0.950 0.927
ρa 0.690 0.804 0.738 0.775 0.770 0.847 0.702 0.831

The impact of wind speed on SH diminishes somewhat dur-
ing 1998–2015 compared with 1980–97. Besides, the air den-
sity is always the least important factor of the three, year-
round, during 1980–97 and 1998–2015. This indicates that
the impact of the evolution of Ts − Ta on SH becomes in-
creasingly dominant in all seasons during the global warming
hiatus. Furthermore, the effect of the change in Ts−Ta on the
evolution of SH mainly occurs at night, according to Fig. 2
and Table 1.

To sum up, firstly, the decreasing surface wind speed (V0)
is the main impact factor for SH during the period 1980–97
(Fig. 3, Table 2); and secondly, the effect of Ts−Ta on SH be-
comes increasingly significant after 1998. Furthermore, the
increasing Ts−Ta, especially at night, reverses the decreasing
trend in SH before around 1998, which is clearly presented in
Figs. 2 and 3 and Tables 1 and 2.

4. Reason for the recovery in SH under the

global warming hiatus

The next consideration is whether the evolution of the sur-
face SH transfer over the TP has a connection with the recent
global warming hiatus. Based on previous research (Duan
and Wu, 2008, 2009; Duan et al., 2011), the decreasing trend
in SH over the TP since the 1980s is related to the decreased
EASWJ, which is due to the spatial nonuniformity of global
warming over the East Asian continent. However, since the
end of the 20th century, the observed global-mean surface
temperature displays little increase, or even a slight negative
trend (Easterling and Wehner, 2009), which may lead to the
changes in the spatial distribution of the trend in air tempera-
ture over the East Asian continent. The spatial inhomogene-
ity of surface global warming or cooling may distinctly alter
the surface wind speed at a regional scale via atmospheric
thermal adaption (Lin et al., 2013). Furthermore, the remark-
able variety in surface wind speed corresponds to changes
in upper-air zonal wind and the pressure gradient (Zhang
et al., 2009). In this way, the recovery of wind speed since
the beginning of the 2000s over the TP might be ascribed to
the warming gradient and atmospheric circulation adjustment
(Lin et al., 2013).

Additionally, a striking warming over the TP during re-
cent decades has been revealed by many studies (e.g., Duan
et al., 2006; Liu et al., 2009). Furthermore, compared with
1980–97, an accelerated warming trend is apparent over the

TP during 1998-2013 (Duan and Xiao, 2015). More impor-
tantly, the climate warming over the TP is characterized by
a significant increase in the nocturnal surface air temperature
(Duan et al., 2006). And to some extent, the warming during
the 20th century is caused by the daily minimum tempera-
ture increasing at a faster rate than the daily maximum (Karl
et al., 1991, 1993; Easterling et al., 1997). Thus, the imbal-
anced rate of temperature change leads to a decreasing trend
in the diurnal temperature range in most areas. The variety
in cloud amount contributes to at least part of the warming in
surface air temperature and its decreasing diurnal range over
the TP (Duan et al., 2006). So, the changes in cloud amount
may also lead to the variations in Ts − Ta over the CE-TP,
especially at night, during the global warming hiatus.

According to the results presented in section 3, V0 and
Ts −Ta are the dominant factors involved in the evolution of
SH during the global warming hiatus. Consequently, we next
discuss the causes of the evolution of these two factors to
explore the reason for the recovery in SH under the global
warming hiatus.

4.1. Reason for the recovery in V0 under the global warm-
ing hiatus

Relatively high values of SH over the CE-TP appear in
spring and summer; consequently, the LVTs for air temper-
ature, geopotential height, and zonal wind speed at 500 hPa
in spring and summer are discussed to assess the relationship
between the evolution of V0 and the global warming hiatus.

Figure 4 shows the spatial distribution of LVTs for air
temperature and geopotential height at 500 hPa in spring and
summer during 1980–97 and 1998–2015. In spring, a warm-
ing trend of 0.2◦C (10 yr)−1–0.6◦C (10 yr)−1 is found over
Baikal and Mongolia, while a much weaker warming trend,
or even cooling trend, exists over subtropical Asia during
1980–97 (Fig. 4a). This characteristic of a larger warming
over the midlatitudes than over the tropics and subtropics is
more obvious in summer of that period. A substantial warm-
ing trend, with a central value of more than 0.4◦C (10 yr)−1,
spreads over the whole of Mongolia; meanwhile, a cooling
trend sweeps across the tropics and subtropics of East Asia in
summer (Fig. 4e). All these factors cause the rise in geopo-
tential height over the middle and high latitude areas in the
north of the CE-TP and the fall in the tropics and subtropics
to the south of the TP (Figs. 4c and g). Ultimately, that could
lead to a further dwindling of the meridional pressure gradi-
ent and, thereafter, a diminishing zonal wind speed located to
the south of the warming center. This confirms the results in
Zhang et al. (2009).

Compared with the period 1980–97, a less obvious warm-
ing signal, or even cooling trend, is found to the north of the
CE-TP from spring to summer during 1998–2015. Moreover,
in subtropical Asia, there is an increasing trend or weak de-
creasing signal (Figs. 4b and f). Thus, geopotential height
drops in cooling areas but rises in warming regions (Figs. 4d
and h), which is due to the changes in temperature. Thus,
the continuously diminishing meridional pressure gradient in
the earlier stage can be alleviated during the global warming
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Fig. 4. Spatial distribution of LVTs for (a, b, e, f) air temperature [◦C (10 yr)−1] and (c, d, g, h) geopotential height
[m (10 yr)−1] at 500 hPa, in spring (MAM) and summer (JJA), during 1980–1997 (left-hand panels) and 1998–2015
(right-hand panels). The blue rectangle denotes the CE-TP area. Shaded areas denote a significant trend at the 90%
level.

slowdown and, subsequently, the persistent weakening is sub-
stituted by a slight decrease or even a slender positive trend
in zonal wind, as well as surface wind speed, over the CE-
TP, whose mean altitude is about 600 hPa and the surface
airflow is dominated primarily by the EASWJ in the mid-

troposphere. This agrees with the conclusions in Lin et al.
(2013).

To further illustrate the evolution of the zonal wind over
the East Asian subtropical region during the two periods
(1980–97 and 1998–2015), we investigate the change in the
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Fig. 5. Temporal evolution (solid curves in black) and LVTs (dashed lines in blue) of the 500-hPa zonal wind
in spring and summer averaged over (25◦–45◦N, 80◦–120◦E). Units: m s−1.

zonal wind speed at 500 hPa in spring and summer aver-
aged over (25◦–45◦N, 80◦–120◦E), and the temporal evolu-
tion and LVTs are shown in Fig. 5. A decreasing trend in mid-
tropospheric zonal wind over the East Asian subtropical re-
gion is evident in March–April–May (MAM; −0.30 m s−1 (10
yr)−1 and June–July–August (JJA; −0.28 m s−1 (10 yr)−1 dur-
ing 1980–97. Thereafter, an increasing trend replaces the de-
clining tendency in spring and summer, with LVTs of −0.053
m s−1 (10 yr)−1 and 0.34 m s−1 (10 yr)−1, respectively. It is re-
markable that the diminishing trend in zonal wind at 500 hPa
before 1997, and the increasing tendency during the global
warming hiatus, over the East Asian subtropical area, are both
more obvious in summer compared to spring, which is due to
the differences between spring and summer in the LVTs for
air temperature and geopotential height, as shown in Fig. 4.

4.2. Evolution in surface temperature during the global
warming hiatus

The Ts and Ta both show a continuous upward trend in
MAM and JJA during 1980–97 and 1998–2015, except for
the extent, as shown in Table 3. But, perhaps more signifi-
cantly, against the background of the global warming hiatus,
the Ts and Ta over the CE-TP still present a rapid, or even
more prominent, warming during 1998–2015 compared with
1980–97. This is consistent with Duan and Xiao (2015). The
LVTs for Ts in spring and summer during 1998–2015 are
0.75◦C (10 yr)−1 (at the 99% confidence level) and 0.44◦C
(10 yr)−1 (at the 90% confidence level), respectively. These
values are larger than in the period 1980–97, during which
the LVTs are 0.28◦C (10 yr)−1 in spring and 0.19◦C (10 yr)−1

in summer. For 1998–2015, the LVT of Ta [0.32◦C (10 yr)−1]
is larger than that in 1980–97 [0.23◦C (10 yr)−1] in spring.
Similar to the case in MAM, in summer, the Ta in 1998–2015
[0.21◦C (10 yr)−1] shows a greater increasing tendency than
in 1980–97 [0.15◦C (10 yr)−1]. The larger increase in Ts than
in Ta since 1998 leads to a rise in Ts − Ta in both seasons,
with LVTs of 0.42◦C (10 yr)−1 (exceeding the 99% con-
fidence level) and 0.23◦C (10 yr)−1 (at the 95% confidence

Table 3. LVTs for Ts [◦C (10 yr)−1], Ta [◦C (10 yr)−1] and Ts −Ta
[◦C (10 yr)−1] over the CE-TP during the periods 1980–97 and
1998–2015. Significance at the 90%, 95% and 99% levels is in-
dicated by one, two and three asterisks, respectively.

LVTs

MAM JJA MAM JJA

(1980–1997) (1998–2015)

Ts 0.28 0.19 0.75∗∗∗ 0.44∗
Ta 0.23 0.15 0.32 0.21

Ts −Ta 0.05 0.03 0.42∗∗∗ 0.23∗∗

level). Thus, the temporal evolutions of the Ts −Ta in spring
and summer both exhibit a significant increasing tendency
during the global warming hiatus, as shown in Fig. 3. Con-
sequently, there is a striking difference in the mean Ts − Ta
during 1980–97 and 1998–2015. A sliding t-test is subse-
quently conducted, based on the time series of the Ts − Ta
in spring and summer, and the results show that the Ts −Ta
mean value in both seasons displays an abrupt climate change
in 1998, which exceeds the 95% confidence level when the
sub-sequence lengths are 11, 13 and 15.

Next, we try to identify the factors responsible for the
rapid warming and the marked increase in Ts − Ta over the
CE-TP during the global warming hiatus. This may be due
to the high altitude, complex terrain, as well as the resulting
particular climatic environment over the TP. The TP is the
largest and highest plateau in the world, often referred to as
the “roof of the world” or the “third pole of the Earth” (in ad-
dition to the polar regions, the TP is home to Earth’s largest
cryosphere). The snow/ice cover of the surface has declined
under global warming, leading to changes in the surface ab-
sorption of solar radiation and the enhancement of warming
at higher altitudes (Giorgi et al., 1997; Chen et al., 2003;
Berthier and Toutin, 2008; Liu et al., 2009; Rangwala et al.,
2013; You et al., 2016). The positive feedback of the snow/ice
albedo may account for the surface warming over the TP dur-
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ing the global hiatus period (You et al., 2016). Moreover, the
cloud–radiation feedback also plays a significant role in mod-
ulating the recent accelerating warming tendency over the TP
(Duan and Xiao, 2015). Hence, in this study, we discuss the
temporal evolution of TCC and radiation to assess the evolu-
tion in surface temperature under the global warming slow-
down.

First, however, we need to consider that, during daytime,
an increase in cloud amount brings about a diminishment in
solar shortwave radiation reaching Earth’s surface (Yang et
al., 2012), and an enhancement of atmospheric counter radi-
ation. These combined effects of radiation influence the role
played by cloud in surface temperature changes. At night,
an increase in cloud cover is conducive to surface warming
through strengthening the atmospheric counter radiation and
reducing the surface effective radiation. These changes in
surface radiation energy are believed to be one of the imme-
diate causes in the variation of surface temperature. Conse-
quently, in order to further substantiate the conjecture above,
we begin by discussing the relationship between the TCC and
radiation during the global warming hiatus. This radiation in-
cludes downward solar radiation flux (DSRF) and downward
longwave radiation flux (DLRF). The correlation coefficients
are shown in Table 4.

Table 4 shows that solar radiation is highly and negatively
correlated with TCC in spring and summer, while a signif-
icant positive correlation exists between longwave radiation
and TCC. The correlation coefficients in Table 4 all exceed
the 99% confidence level. This indicates that TCC is a sub-

stantial controlling factor for solar radiation and longwave ra-
diation in spring and summer. Here, we discuss the daytime
and nighttime temporal evolution of TCC and its relationship
with surface temperature (Ts, Ta and Ts−Ta) separately.

The temporal evolutions of TCC, DLRF and DSRF over
the CE-TP in spring and summer during 1980–2015 are
shown in Figs. 6 and 7, respectively; and the correlation be-
tween TCC and Ts, Ta and Ts −Ta over the CE-TP in spring
and summer during 1998–2015 is presented in Table 5.

During the global warming hiatus, the TCC over the CE-
TP presents an increasing tendency in both spring and sum-
mer, day or night (Fig. 6). Compared to summer, the increas-
ing trend in TCC in spring is more notable, with an LVT
of 4.82% (10 yr)−1 (exceeding the 99% confidence level) at
night and 2.76% (10 yr)−1 (exceeding the 95% confidence
level) during daytime. Meanwhile, the LVT in summer is
1.16% (10 yr)−1 (below the 90% confidence level) at night
time and 1.26% (10 yr)−1 (below the 90% confidence level)
during the day.

Table 4. Correlation coefficients between TCC and radiation in
spring and summer during 1998–2015. Significance at the 90%,
95% and 99% levels is indicated by one, two and three asterisks,
respectively.

Correlation coefficients

MAM JJA

DSRF −0.648∗∗∗ −0.945∗∗∗
DLRF 0.769∗∗∗ 0.737∗∗∗

Fig. 6. Temporal evolution of TCC in the CE-TP in spring (MAM; left-hand panels) and summer (JJA; right-
hand panels) during 1980–2015.



1258 SENSIBLE HEAT OVER THE TIBETAN PLATEAU VOLUME 34

Fig. 7. Temporal evolution of DLRF and DSRF in the CE-TP in spring (MAM; left-hand panels) and summer
(JJA; right-hand panels) during 1980–2015.

Table 5. Correlation coefficients between TCC and variables (Ts,Ta
and Ts −Ta) in spring and summer during 1998–2015. Significance
at the 90%, 95% and 99% levels is indicated by one, two and three
asterisks, respectively.

Correlation coefficients

MAM JJA MAM JJA

(0000 LST) (1200 LST)

Ts 0.589∗∗∗ 0.251 −0.027 −0.680∗∗∗
Ta 0.407∗ 0.095 0.223 −0.303

Ts −Ta 0.540∗∗ 0.673∗∗∗ −0.257 −0.813∗∗∗

Thus, the increased TCC strengthens the DLRF through
enhancing atmospheric counter radiation, both during the day
and at night (Fig. 7). The LVT of the DLRF in spring is 5.5
W m−2 (10 yr)−1 at night (99% confidence level) and 3.77
W m−2 (10 yr)−1 during the daytime (95% confidence level).

Meanwhile, the trends of DLRF in summer are less signifi-
cant, with an LVT of 2.26 W m−2 (10 yr)−1at night and 1.07
W m−2 (10 yr)−1 during the daytime, which are both below
the 90% confidence level. This is mainly due to the unappar-
ent increase in TCC in summer (Fig. 6). Moreover, the DSRF
dimming is primarily due to the diurnal increase in TCC. The
LVT of DSRF in MAM and JJA is −4.5 W m−2 (10 yr)−1

(90% confidence level) and −6.69 W m−2 (10 yr)−1 (below
the 90% confidence level), respectively (Fig. 7).

According to the analysis above, and Table 5, the cor-
relation between the TCC and Ts and Ta over the CE-TP is
positive at night and almost negative during the daytime. At
night in spring, a significant positive correlation between the
TCC and Ts exists over the CE-TP, with a correlation coef-
ficient of 0.589 (99% confidence level), which is larger than
that between TCC and Ta (0.407). Furthermore, an obvious
positive correlation exists between TCC and Ts −Ta, with a
correlation coefficient of 0.54, exceeding the 95% confidence
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level. Compared with MAM, the relationships between TCC
and Ts or Ta are both less significant in summer during the
night, while the correlation with Ts−Ta is remarkable (corre-
lation coefficient of 0.673; 99% confidence level).

However, except for the Ta in MAM, negative correlation
between TCC and Ts, Ta or Ts −Ta occurs during the day in
both seasons, owing to the greater effectiveness of the dimin-
ishment in solar shortwave radiation than in the enhancement
of atmospheric counter radiation. Furthermore, they are both
brought about by the increase in TCC. A significant negative
correlation between TCC and Ts occurs in JJA, with a corre-
lation coefficient of −0.68 (99% confidence level). Thus, the
TCC in JJA has a prominent negative correlation with Ts−Ta
(correlation coefficient of −0.813; 99% confidence level).

To sum up, at night during the global warming hiatus, the
increase in TCC brings about a strengthening of atmospheric
counter radiation and a weakening of surface effective radia-
tion, which subsequently causes an increase in downward net
radiation flux at the surface (Fig. 8). Because of the smaller
specific heat capacity on the ground compared with air the
increased downward net radiation flux eventually results in a
distinct increase in Ts and Ts−Ta.

The case during daytime is more complicated. The aug-
mentation of TCC limits the amount of solar shortwave ra-
diation reaching Earth’s surface but, meanwhile, strengthens
atmospheric counter radiation. The combined effect of TCC
leads to variations in downward net radiation flux at the sur-
face during the day, as shown in Fig. 8. During 1998–2015,
the downward net radiation flux during the daytime in MAM

and JJA presents a slight increasing trend, followed by a de-
creasing tendency. This brings about a less significant in-
crement or declining trend in surface temperature during the
daytime in that period. Consequently, the variation in Ts−Ta
is mainly affected by the changes in TCC at nighttime.

Consequently, cloud–radiation feedback plays a more
significant role in the evolution of the Ts −Ta, and even the
SH, during the global warming hiatus, particularly at night.

5. Summary and discussion

Using regular surface meteorological observations and
NCEP/DOE reanalysis data, the evolution of surface SH over
the CE-TP under the recent global warming hiatus is demon-
strated in this study. The primary study outcomes are sum-
marized as follows:

(1) At night, the SH over the CE-TP presents a slight in-
creasing trend before 1998 and a significant increment during
the global warming hiatus, which is mainly due to the varia-
tion in Ts −Ta. Meanwhile, during the daytime, the SH de-
creases significantly before 1998 and, subsequently, recovers
in the period between 1998 and 2015; the wind speed is the
major contributor to this variation.

(2) The SH shows a decreasing trend in all four seasons
before 1998, especially in winter and spring, mainly mani-
fested through the effect brought about by the weakening in
V0. This conclusion is consistent with the results in previous
literature (Duan and Wu, 2008, 2009; Duan et al., 2011). But,
more importantly, during the global warming hiatus, a weak

Fig. 8. Temporal evolution of downward net radiation flux at the surface in the CE-TP in spring (MAM; left-
hand panels) and summer (JJA; right-hand panels) during 1980–2015.
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increment in SH emerges, and it is most closely related with
the recovery in V0 and the increase in nocturnal Ts−Ta.

(3) In this study, we confirm previous research findings
that the diminishing surface wind speed is the main factor
weakening the SH during global warming. Meanwhile, dur-
ing the global warming hiatus, a less obvious warming signal,
or even cooling trend, exists to the north of the CE-TP. Mean-
while, an increasing trend or weak decreasing signal is found
in subtropical Asia. This alleviates the persistent weaken-
ing meridional pressure gradient before that time. Thereafter,
the continuously diminishing trend is replaced by a slight de-
creasing or even a slender positive trend in zonal wind, as
well as surface wind speed, over the CE-TP.

(4) During the global warming hiatus, the TCC presents
an increasing trend during the daytime and at night. Thus,
at night, the increase in TCC strengthens the atmospheric
counter radiation and lessens the surface effective radiation.
This causes an increase in downward net radiation flux at
the surface and eventually results in an obvious increase in
Ts −Ta, and even in SH. During daytime, the augmentation
of TCC limits the amount of solar shortwave radiation reach-
ing Earth’s surface but, meanwhile, strengthens atmospheric
counter radiation. The combined effect leads to the variation
in downward net radiation flux at the surface in the daytime,
which does not show a clear upward trend like that at night.
Consequently, the recovery in SH during the global warming
hiatus is mainly ascribed to the restored surface wind speed
together with the increased nocturnal Ts−Ta.

Several issues remain unsolved. For instance, in this
study, we assume the heat transfer coefficient is a constant
value; but in fact, it is altered considerably by atmospheric
stability (Guo et al., 2011; Yang et al., 2011b). Hence, this
may lead to some uncertainties in climate change studies of
surface heat flux over the TP. In addition, what causes the
changes in TCC over the TP during the global warming hia-
tus? Moreover, the discussion in this study focuses on the
SH over the CE-TP; but how does the SH over the W-TP
change during the recent global warming hiatus? Now that
the variation in surface SH is known to connect closely with
the recent global warming hiatus, what other variables, such
as latent heat, radiation flux of the air column, and even the
total atmospheric heat source over the TP, might be involved?
These topics require further investigation, in particular to un-
derstand the mechanism of changes in various variables over
the TP against the background of the global warming hiatus.
Further examination of these issues will be conducted in the
future via numerical simulations.
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Abstract The authors present results for El Niño-Southern
Oscillation (ENSO) and East Asian-western North Pacific cli-
mate variability simulated in a new version high-resolution
coupled model (ICM.V2) developed at the Center for
Monsoon System Research of the Institute of Atmospheric
Physics (CMSR, IAP), Chinese Academy of Sciences. The
analyses are based on the last 100-year output of a 1000-
year simulation. Results are compared to an earlier version
of the same coupled model (ICM.V1), reanalysis, and obser-
vations. The two versions of ICM have similar physics but
different atmospheric resolution. The simulated climatological
mean states show marked improvement over many regions,
especially the tropics in ICM.V2 compared to those in
ICM.V1. The common bias in the cold tongue has reduced,
and the warm biases along the ocean boundaries have im-
proved as well. With improved simulation of ENSO, includ-
ing its period and strength, the ENSO-related western North
Pacific summer climate variability becomes more realistic
compared to the observations. The simulated East Asian

summer monsoon anomalies in the El Niño decaying summer
are substantially more realistic in ICM.V2, which might be
related to a better simulation of the Indo-Pacific Ocean capac-
itor (IPOC) effect and Pacific decadal oscillation (PDO).

1 Introduction

There is a developing demand for more accurate climate pre-
dictions withmodels that containmore detailed physical, chem-
ical, and biological processes. To meet this demand, an im-
proved higher-resolution model is often considered as one ap-
proach. Williamson et al. (1995) obtained a significant im-
provement in the model performance when the horizontal res-
olution changes from T21 to T42 in a spectral model but small
improvement when the resolution increases from T42 to T216.
Sensitive experiments have been conducted with a global cli-
mate model (GCM) to examine the impacts of the spatial reso-
lution on the model performance. Roeckner et al. (2006) found
that ECHAM5 does not bring a more realistic climate state
when the horizontal resolution increases from T42 to T159,
while the simulations improve with vertical levels increasing
from 19 to 31. Using the new version ECHAM6, Hertwig et al.
(2015) analyzed the effect of the horizontal resolution on the
simulation of the mean climate state and climate variability.
They stated that the biases of simulations, including the mean
state and the variance, reduce with the increase of the horizontal
resolution, especially in extra-tropical troposphere, but the sim-
ulation of precipitation is still a major problem. Owing to the
great development of computation power, previous studies
have the opportunity to test the results of coupled models with
much higher resolution. Sakamoto et al. (2012) showed im-
proved simulations, especially in orographic effects and coastal
upwelling, with a high-resolution coupled model. Gent et al.
(2010) demonstrated great improvements in mean state using
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the National Center for Atmospheric Research (NCAR)
Community Climate System Model (CCSM) with an atmo-
spheric resolution of 0.5°. In addition, other researchers obtain
improvements in different aspects in different CCSM versions
with higher resolution (Bryan et al. 2010; McClean et al. 2011).
Delworth et al. (2012) presented results of different versions of
GFDL coupled model with the horizontal resolution ranging
from 200 to 50 km. The results show marked improvement of
simulations over many regions, especially the tropics where
there are strong atmosphere-ocean interactions.

However, simulations with higher-resolution models, espe-
cially coupled models, will increase dramatically the cost of
computations. In order to achieve the specific goals, the bal-
ance between resolution and computation should be taken into
consideration. On the other side, there is indication that in-
creasing resolutions have minor benefits (Williamson et al.
1995; Roeckner et al. 2006). Thus, some coarse-resolution
model is still used in the scientific researches owing to the
small computation time.

In the goal of predicting the seasonal climate anomaly over
the East Asian-western North Pacific (EA-WNP), especially
the East Asian summer monsoon (EASM), a coupled model,
called the integrated coupled model (ICM), has been devel-
oped (Huang et al. 2014). EASM is a dominant climate system
in the EA-WNP, which has great social and economic influ-
ences (Rodwell and Hoskins 2001; Jiang et al. 2008; Hu et al.
2013). Many researches have indicated that the El Niño-
Southern Oscillation (ENSO) has a large impact on the
EASM in the following summer through an anomalous
anticyclone/cyclone over the western North Pacific (WNP)
(Zhang et al. 1999; Wang et al. 2000, 2003). During the El
Niño mature phase, Wang et al. (2000) proposed the local
wind-evaporation (WES) feedback mechanism is the key pro-
cess to maintain the anomalous anticyclone over the WNP.
Moreover, many other researches tend to emphasize the role
of the tropical Indian Ocean warming (Yang et al. 2007; Wu
et al. 2009; Xie et al. 2009). These two mechanisms are com-
bined and named as the Indo-western Pacific Ocean capacitor
(IPOC) effect by Xie et al. (2016); they mentioned both mech-
anisms are available just in a two-stage evolution. In order to
predict the EASM, the status of the relationship between
ENSO and EASM is of major significance. However, the re-
lationship is unstable (Wang 2002) and impacted by many
factors, such as Indian Ocean warming (Hu et al. 2013), the
Pacific decadal oscillation (PDO; Mantua et al. 1997), and so
on. For example, Feng et al. (2014) mentioned the PDO in a
different phase may modulate the ENSO-EASM relationship
through the decay speed of El Niño during 1957–2011.
Moreover, the climate model is a useful tool to study the
relationship between the ENSO and the EASM. Using a
preindustrial control simulation from CCSM4, Song and
Zhou (2015) found the ENSO-EASM relationship is modu-
lated by the PDO.

The purpose of this paper is to examine the effect of atmo-
spheric horizontal resolution on the performance of the ICM.
For that purpose, we compare the simulations of the ICMwith
two different horizontal resolutions of the atmospheric model:
T31 (3.75° × 3.75°) and T63 (1.8° × 1.8°). Except for the
atmospheric horizontal resolution, the rest of the model, in-
cluding the ocean portion and physic processes, is the same.
We want to know whether the biases of mean climate states
and the variability decrease with the increase of atmospheric
horizontal resolution in the coupled model simulation.

The model applied here, the ICM, the experiment design,
and the data used in this paper are introduced in Section 2.
Results of mean climate states and main biases are examined
through comparison with reanalysis and observations in
Section 3. Sections 4 and 5 analyze the difference of the
ENSO, the East Asian summer monsoon in the decaying
ENSO summer year, and the IPOC effect between modeled
and the observations. A summary is presented in Section 6.

2 Model and data

The ICM is an atmosphere-ocean-sea ice coupled general mod-
el without flux adjustment, which is developed at the Center for
Monsoon System Research, Institute of Atmospheric Physics
(CMSR/IAP), Chinese Academy of Sciences, since 2008. This
model integrates the Hamburg Atmospheric General
Circulation Model Version 5 (ECHAM5) (Roeckner et al.
2003) and the Nucleus for European Modeling of the Ocean
Version 2.3 (NEMO 2.3) (Madec 2008) using the Ocean
Atmosphere Sea Ice Soil Version 3 (OASIS3) (Valcke 2006)
as the coupler. The framework of ICM is similar to the Kiel
Climate Model (KCM) (Park et al. 2009) and SINTX (Gualdi
et al. 2003; Luo et al. 2005). More details of ICM.V1 can be
found in Huang et al. (2014).

The simulations analyzed in this paper have two different
atmospheric horizontal resolutions, 3.75° × 3.75° in ICM.V1
and 1.8° × 1.8° in ICM.V2, but the same 19 levels in the
vertical. Besides the different atmospheric horizontal resolu-
tion, the time step of the atmospheric model is changed from
2400 s in ICM.V1 to 1200 s in ICM.V2. The time step of the
oceanic model is the same at 2400 s. The coupling frequency in
ICM.V2 is the same as that in ICM.V1, once per 4 h. Each
simulation is integrated for 1000 years. The results of higher-
resolution simulation are interpolated to the lower one in the
following analysis. Except for the atmospheric horizontal reso-
lution and the time step in the atmospheric model, the rest of all
settings are the same in the two versions of model simulations.

In this paper, some observation data are used with the pe-
riod from 1981 to 2010. These include sea surface temperature
(SST) from the Hadley Center (HadISST) (Rayner et al.
2003), the 850-hPa and 10-m winds from the National
Centers for Environmental Prediction/National Center for
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Atmospheric Research (NCEP) reanalysis (Kalnay et al.
1996) and the Japanese 55-year Reanalysis Project (JRA-55)
(Kobayashi et al. 2015) data, respectively, and the precipita-
tion from the Global Precipitation Climatology Project
(GPCP) (Adler et al. 2003). The analyses of model simulation
are based on the last 100-year output of the 1000-year integra-
tions. All of the above observations and ICM.V2 simulation
data are interpolated to the ICM.V1 grid for comparison.

3 The climatological mean state

In this section, we compare the annual and seasonal mean
states of high- and low-resolution simulations with reanalysis
data and observations to examine whether an increase in the
horizontal resolution in the coupled model improves the rep-
resentation of the mean state.

Figure 1 shows the annual mean SST from the Hadley
Center (HadISST) and the difference between models and
HadISST. The cold biases of SST in ICM.V1 are found in
tropical, subtropical, and high-latitude regions. The mean
SST simulation is improved in ICM.V2. Compared to
ICM.V1, the biases in westerly wind stress decrease at 40° S
in the Antarctic Circumpolar Current (ACC) area in ICM.V2,
which leads to a reduction in the cold biases in the ACC area.
So does the cold tongue in the tropic Pacific. Moreover, in

some ocean boundaries, the unusual positive biases are much
reduced in ICM.V2 compared to those in ICM.V1. For in-
stance, along the east coast of subtropical South and North
Pacific, the biggest warm bias reaches almost 5 and 6 °C,
respectively, in ICM.V1. These boundary biases are better
controlled and the SST mean state simulation is better assured
in ICM.V2. Meanwhile, with increasing atmospheric resolu-
tion from T31 to T63, ICM.V2 has a better simulation ofmean
SST in different seasons (not shown).

The distribution of model simulated precipitation and
GPCP observations are shown in Fig. 2. The two model ver-
sions simulate well the main shapes of the precipitation distri-
butions, including theMei-Yu rain band and BC^ pattern in the
tropics. One common bias in the two versions of the models is
an apparent double-ITCZ distribution with the precipitation
overestimated over the tropical oceans. Stevens et al. (2013)
indicated that increasing resolution has little contribution to
decreased precipitation bias over different ECHAM versions.
Our results suggest a different result. The ICM.V2 reduces
precipitation in East Asia and maritime continent, which is
much closer to the observations than the ICM.V2. In the cen-
tral tropical Pacific, however, more precipitation appears in
ICM.V2, which is worse than in ICM.V1. According to pre-
vious studies, double-ITCZ bias cannot be fully explained by
the SST bias owing to the deep convection behaving differ-
ently even with a prescribed SST forcing (Zhang et al. 2007;

(a) (b)

(c) (d)

Fig. 1 Annual mean SST distribution in a the observation (HadISST) and b the simulated in ICM.V2. The difference between the simulation in c
ICM.V1 and the HadISST, and d ICM.V2 and the HadISST
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Chikira 2010), but that bias can be mitigated through modify-
ing convective parameterization (Song and Zhang 2009;
Zhang and Song 2010; Hirota et al. 2011) and using higher
resolution of the ocean models with better equatorial trades
(Hirota and Takayabu 2013). It will be our future work to
improve ICM.V2’s performance in precipitation simulation.

To quantify the spatial distribution in two model versions
compared to observations, Fig. 3a shows the Taylor plots of
SST and precipitation in annual mean and different seasons
between the simulated and observations. The red and black
colors represent ICM.V1 and ICM.V2, respectively. From the
Taylor plots, both model versions have better performance in
SST than precipitation. Meanwhile, the black dots, which rep-
resent the high-resolution model version, always show greater
correlations and less standardized deviations with observa-
tions .in annual and seasonal means (numbers 1 to 5 in Fig.
3). That means some improvements of the skill of the models
in reproducing the spatial patterns of SST and precipitation
with increasing horizontal resolution, and the higher resolu-
tion of ICM has a better performance in simulating the climate
state of SST and precipitation.

Figure 3b displays the Taylor plots of 850-hPa meridional,
zonal wind, and the amplitude of wind in annual mean and
different seasons between the simulated and observations.
Similar to Fig. 3a, with increasing horizontal resolution, the
climate mean states of 850-hPa winds have improved to some

extent. The ICM.V2 simulation has a higher correlation with
NCEP reanalysis data than the ICM.V1 simulation.

4 The inter-annual variability of ENSO

In the Pacific Ocean, the dominant inter-annual mode is the
ENSO. Many previous studies showed that the seasonal cycle
of the equatorial Pacific SST plays a dominant role in the
development of El Niño events (Wang and Picaut 2004;
Guilyardi 2006). The seasonal cycle of SST deviation from
the annual mean over the equatorial Pacific in observation and
two model simulations is shown in Fig. 4. Compared to the
observations, both model versions simulate the seasonal cycle
similar to the observations, and the spatial correlation with the
observation is 0.67 in both simulations. The spatial structure,
however, in the higher-resolution version resembles more
closely that in the Hadley SST. At around 150° W, ICM.V1
has an unreal positive anomaly in May and a negative anom-
aly in October. In ICM.V2, the structure has a better match
with the observations, with the large positive and negative
value center concentrated between 120° W and 90° W.

The more realistic simulation in the spatial structure of the
seasonal cycle of SST in the equatorial Pacific ensures a better
simulation of ENSO in the high-resolution version. The inter-
annual variance of tropical Pacific SST is shown in Fig. 5. The

(a) (b)

(c) (d)

Fig. 2 Annual mean precipitation distribution in a the observation (GPCP) and b the simulated in ICM.V2. The difference between the simulation in c
ICM.V1 and the GPCP, and d ICM.V2 and the ICM.V1
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large variance is present along the equatorial Pacific in the
observations and model simulations. Specifically, the large
variance region extends excessively westward in ICM.V1,
which to some extent has been subdued in ICM.V2.

The power spectrum of Niño3 SST is shown in Fig. 5b. The
period of ENSO is around 3.75 years in the observations. Both
versions of models can represent well the observed spectrum.
In comparison, the period has improved in the high-resolution
version. The peak is around 3.33 years in ICM.V2, which is
closer to the observation compared to that in ICM.V1
(2.7 years). The improvement of the ENSO variability in
ICM.V2 could be associated with the improved climatological
SST in the high-resolution model version (Fig. 1 and Fig. 2).

5 The western North Pacific summer climate

In summertime, the most important characteristic is the Mei-
Yu rain band over East Asia. The abundant moisture for the
Mei-Yu comes from the tropical ocean through the summer
monsoon winds. The summer monsoon variability has a great
impact on the economy because it brings flood or drought
disaster (Zhou et al. 2014). So the summer monsoon is a vital
target in climate model simulations. In this section, we evalu-
ate the performance of the two versions of model simulations
in this aspect.

In Fig. 6a–c, the summer precipitation and 850-hPa wind
over the East Asian and the western North Pacific are shown.

(a) (b)

Fig. 3 Taylor diagrams showing a skill score for the model
reproducibility of the a SST and precipitation pattern and the b 850-hPa
meridional and zonal wind pattern, based on the monthly global data for
each season and annual mean (represented by numbers 1 to 5). The

pattern correlation with the observation pattern (from 1981 to 2010) is
shown as the azimuthal position, while the radial distance indicates the
standard deviation

(a) (b) (c)

Fig. 4 a Observed, b ICM.V1, and c ICM.V2 modeled seasonal cycle of SST deviation from the annual mean (°C) over the equatorial Pacific
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We can see a long rain band lying over the tropical ocean, east
of China and Korea to the Japan Ocean, associated with a large
anticyclone in the observations (Fig. 6a). The two versions of
models can well simulate the pattern of rain band (Fig. 6b, c). In

comparison, the rainfall in the rain band of ICM.V1 simulation
is less than the observations, especially over the Japan Ocean.
Moreover, because the simulated western North Pacific anticy-
clone is located north- and eastward, the rain band shifts to the

(a)

(b)

(c)

(d)

Fig. 5 The inter-annual variance of SST in the tropical Pacific in a the
observations (HadISST), b ICM.V1, and c ICM.V2. d Power spectrum
analysis, in which the red curve represents the observation, the black dash

curve represents the simulation of ICM.V1, and the blue dot curve rep-
resents the simulation of ICM.V2

(a) (b) (c)

(d) (e) (f)

Fig. 6 The summer climatological precipitation (shaded; mm/day) and 850-hPa wind (vector; m/s) from aGPCP and NCEP, b ICM.V1, and c ICM.V2.
The PJ patterns in d GPCP and NCEP, e ICM.V1, and f ICM.V2
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north and east. This bias has lessened in ICM.V2 in which the
location and pattern of the anticyclone and the rain band are
much closer to the observations over East Asia.

Over East Asia and the western North Pacific, the inter-
annual variability of summer circulation is characterized by
the Pacific-Japan (PJ) teleconnection with a distinct triple me-
ridional structure. According to Kosaka et al. (2013), the PJ
pattern is calculated through an empirical orthogonal function
(EOF) analysis applied to the summer (JJA) 850-hPa vorticity
anomaly (0–60° N, 100–160° E), and then the principal com-
ponent (PC1) is regressed on the precipitation and 850-hPa
wind anomaly. The obtained PJ pattern is shown in Fig. 6d–f.
We can see a clear triple meridional structure with positive,
negative, positive precipitation anomalies over East Asia as-
sociated with anticyclone, cyclone, anticyclone wind anoma-
lies, respectively, in the observations (Fig. 6d). In ICM.V1, the
magnitude of the simulated precipitation matches well with
the observations. However, the orientation of the precipitation
pattern shifts northward at the subtropical latitude. Moreover,

the corresponding 850-hPa wind pattern has a great deviation
as well and the north branch of the anticyclone anomaly at
high latitude is not visible. The performance of ICM.V2 in
simulating the PJ pattern has great improvement. The location
and magnitude of the circulation anomaly agree well with the
observations although the magnitude of precipitation is slight-
ly reduced.

As we showed above, the simulation of ENSO is improved
in ICM.V2, including the period and SST anomaly pattern.
How would the ENSO influence the western North Pacific
summer climate? In the decaying summer of El Niño, an
anomalous anticyclone often forms over the western North
Pacific (WPAC). This WPAC is regarded as a bridge linking
the ENSO and western North Pacific summer climate (Wang
et al. 2000). Moreover, researches have emphasized the func-
tion of the Indian Ocean (Yang et al. 2007;Wu et al. 2009; Xie
et al. 2009). According to the recent research by Xie et al.
(2016), the IPOC effect explained that in the ENSO decaying
summer the Indian Ocean and western Pacific Ocean play

(a) (d)

(b) (e)

(c) (f)

Fig. 7 Correlation of April–May
(AM) and July–August (JA) SST
(colors) in the a observation, b
ICM.V1, and c ICM.V2 with
DJF(0) Nino3 index and regres-
sion of April–May (AM) and
July–August (JA) 10-m winds
(vectors; m/s) in the d observa-
tion, e ICM.V1, and f ICM.V2
with DJF(0) Nino3 index
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different roles in early and late summer. In the decaying early
summer of ENSO, the WPAC and Northwest Pacific cooling
are coupled via wind-evaporation-SST (WES) feedback
(Wang et al. 2000). During the late summer, the mechanism
changes to the interaction of the WPAC and north Indian
Ocean warming. So in our following analysis, we discuss
ENSO impacts on the western North Pacific summer climate
in the early and late summer.

Similar to the results of Xie et al. (2016), the observations
show great cooling in the Northwest Pacific in April–May
(AM) (Fig. 7a), which is associated with an anomalous anti-
cyclone in low-level circulation. But in July–August (JA)
(Fig. 7d), the cooling basically disappears and the Indian
Ocean warming takes charge. The WPAC is formed through
the whole summertime and reaches larger amplitude in late
summer. In the low-resolution model, the Northwest Pacific
cooling is much weaker than observation in AM (Fig. 7b), and
the north Indian warming does not reach the observed magni-
tude as well (Fig. 7c). In the simulation of the high-resolution
version, the Northwest Pacific cooling in AM (Fig. 7e) and the
north Indian Ocean warming (Fig. 7f) have great improve-
ment, with the associated 850-hPa wind anomaly featuring
distinct WPAC, which is quite close to the observations.
Nonetheless, the magnitude of the Northwest Pacific cooling
in AM and the north Indian Ocean warming is still lower than
the observations, leading to the WPAC located somewhat
eastward. Hence, the IPOC effect plays an important role in
the ENSO-related western North Pacific summer climate.

Generally speaking, the high-resolution version is a better
choice to investigate the ENSO and its impact on the western
North Pacific summer climate.

Besides the IPOC effect, many previous studies have men-
tioned that Pacific decadal oscillation (PDO) plays an impor-
tant role in modulating the ENSO-EASM relationship (Feng
et al. 2014; Dong and Dai 2015; Song and Zhou 2015). PDO
is the leading mode in the North Pacific Ocean (Mantua et al.
1997). As Feng et al. (2014) mentioned, PDO in a different
phase may modulate the ENSO-EASM relationship through
the decay speed of El Niño during 1957–2011, and during the
high PDO phase, El Niño decays slowly and has a strong
anchor to the north Indian Ocean warming, which leads to
the anomalous EASM. So next, we discuss the difference of
simulation of the PDO between models and observation.

We apply the EOF analysis to the SST anomaly 20° N,
and the PDO index is defined using the standardized PC1.
Figure 8 shows the regression of the PDO index on SST
in the Pacific Ocean. In Fig. 8a, a dipole pattern of the
SST anomaly lies over the North Pacific with the warm
center anomaly in the center-east tropical Pacific and the
cool center anomaly at around 20–40° N. The PDO sim-
ulated in ICM.V1 (Fig. 8b) has a great difference from the
observations, especially the tropical branch, with the
warm center anomaly too cooler and the cool center
anomaly slightly shifted westward. In contrast, the perfor-
mance of ICM.V2 in simulating the PDO shows great
advantage in both the pattern and magnitude (Fig. 8c).

(a)

(b) (c)

Fig. 8 The regression of the PDO index on SST (shade; °C) in the Pacific Ocean from a Hadley, b ICM.V1, and c ICM.V2
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The warm center anomaly is concentrated in the tropical
Pacific, and the magnitude is closer to observation than
ICM.V1. In ICM.V2’s simulation, the PDO (Fig. 8) and
the period of ENSO (becomes longer which is analyzed in
Section 4) both are relatively similar to the observation,
and the IPOC effect is greater than ICM.V1. These pro-
cesses are well matched with the results of Feng et al.
(2014). Therefore, the better simulations of the PDO and
IPOC effect in a higher-resolution model may have a cer-
tain degree of contribution to the better performance over
the western North Pacific summer climate.

6 Conclusions

This study analyzes whether and to what degree the perfor-
mance of ICM benefits from the horizontal resolution in-
crease from ICM.V1 to ICM.V2. ICM is an ocean-
atmosphere coupled model with the atmospheric model
ECHAM5.3 (Roeckner et al. 2003) and the ocean part
NEMO2.3 (Madec 2008) coupled by Oasis3 (Valcke
2006). Both the simulations in high- and low-resolution ver-
sions of the model are compared to reanalysis and observa-
tion data from aspects of annual mean states in SST and
precipitation. The results show that the SST simulation has
obvious improvement in the high-resolution version, includ-
ing the reduction in the cold bias in the tropic Pacific, which
is a common bias in coupled model simulations, and the
ocean boundary biases. This may result from the improved
surface wind simulation in the atmospheric model. On the
other side, the simulation in precipitation is still a great
challenge in GCM. But, there is relative improvement in
the performance of precipitation simulation in ICM.V2 over
the Maritime Continent and East Asia, where the low-
resolution version model has simulated excessively high
rainfall. Moreover, we find that the high-resolution version
shows greater correlations with and less standardized devia-
tions from observations in annual to seasonal mean SST,
precipitation, and winds. That means some improvements
of the skill of the models in reproducing the spatial patterns
of SST, precipitation, and winds with increasing horizontal
resolution. The higher-resolution ICM has a better perfor-
mance in simulating the climate state of SST, precipitation,
and winds. The East Asian summer monsoon has quite an
improvement with respect to precipitation and the associated
circulation pattern. In addition, the dominant inter-annual
mode over the western North Pacific, the PJ pattern, is
reproduced better as well, especially with respect to the
shape. But the magnitude is still too small.

In the performance of inter-annual variability ENSO,
through comparing the season cycle of equatorial Pacific
SST and the period and pattern of ENSO, the high-
resolution version shows better performance than the low-

resolution one. That indicates that the high resolution has a
better simulation of ENSO. Then, we investigate the impact of
ENSO on the western North Pacific summer climate. With the
increasing horizontal resolution, ICM.V2 has shown large
promotion on the Northwest Pacific cooling in early summer,
which via WES feedback intensifies the WPAC (Wang et al.
2000), and on the north India warming (Wu et al. 2009; Xie
et al. 2009) in late summer which strengthens the WPAC and
affects the western Pacific summer climate. Overall, the high-
resolution version model shows a better performance in sim-
ulating ENSO and its impact on the western Pacific summer
climate. The better simulation of the IPOC effect which has
better performance on the ENSO-related western North
Pacific summer climate in the high-resolution model is one
reason; moreover, we investigate the other plausible reason
and find that the high-resolution model has an improved sim-
ulation of PDO. The warm center anomaly is more concen-
trated on the center-east tropical Pacific, and the cold center
anomaly is more eastward to the center of the North Pacific in
the high-resolution version, resembling more the observations
than in the low-resolution version. Additionally, according to
previous studies, many other factors, such as the spring North
Atlantic Oscillation (NAO;Wu et al. 2012) and the East Asian
winter monsoon (EAWM; Feng and Chen 2014), may have an
impact on the ENSO-EASM relationship, which needs a de-
tailed investigation in our future study. Meanwhile, we also
should realize that the ENSO-EASM relationship is unstable
(Wang 2002; Song and Zhou 2015).

Based on the present analyses, it can be concluded that the
high-resolution ICM has a large improvement in the perfor-
mance of mean state and western North Pacific summer cli-
mate. It is a better choice to use the ICM.V2 version of ICM to
make further investigation on other research topics. But still,
more assessments and improvements should be taken to study
the possible biases on simulating other climate systems, in-
cluding time scales ranging from inter-annual to inter-decadal.
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with height and tilt northeast/southwest in horizontal at 
250 hPa, favoring for extracting available potential energy 
and kinetic energy from mean flows effectively. In addition, 
there exists a positive feedback between transient eddies 
and the wave train-related anomalous circulation over the 
North Atlantic and Europe. These processes help to main-
tain and amplify the wave train. Moreover, the wave train 
can exert significant influences on the wintertime climate 
in East Asia. When it is in the phase with a cyclone (anticy-
clone) over South China (Japan), rainfall tends to be above 
normal in South and East China and surface air tempera-
ture tends to be above normal around Japan and the Korea 
peninsula.

Keywords Wave train · Wintertime Asian Jet · East 
Asian climate

1 Introduction

The stationary Rossby wave can propagate along strong 
westerly jets (Hoskins and Ambrizzi 1993). This is because 
that the jet regions exhibit strong maxima in the wavenum-
ber of stationary Rossby wave, with minima to the north 
and south of the jets. Since Rossby wave rays are always 
refracted toward latitudes with larger stationary wave-
number, the stationary Rossby wave tends to be refracted 
toward the core of the jet, indicating that the jet acts as an 
efficient waveguide.

There are strong westerly jets over Asia in both boreal 
winter and summer. In summer, the Asian jet is located 
around 40°N. Lu et al. (2002) reported that stationary wave 
activities in summer Asian jet have a favored longitudi-
nal phase. This wave train, which was subsequent named 
as a silk road teleconnection by Enomoto et  al. (2003), 
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mate. Along the jet, the leading empirical orthogonal func-
tion (EOF) mode of monthly meridional winds at 250-hPa 
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as a wave train with maximum anomalies at upper tropo-
sphere. The wave train propagates northeastward from 
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the jet to South China, and reaches Japan, which is partly 
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could lead to anomalous rainfall and temperature over 
North China (Huang et  al. 2011; Chen and Huang 2012) 
and Japan (Sato and Takahashi 2006). The geographical 
fixing of silk road teleconnection is possibly because it is 
triggered by geographically-fixed convective activities to 
the north of the Arabian Sea (Ding and Wang 2005), and 
because the pattern of teleconnection has the most effi-
ciency to extract kinetic and available potential energy 
from mean flow (Kosaka et al. 2009).

In boreal winter, the Asian jet shifts southward to the 
latitudes around 25°N, extending from the Middle Asia to 
the North Pacific. Branstator (2002) proved that the winter 
Asian jet could provide a waveguide for stationary Rossby 
waves. Using model simulations, he suggested that the sta-
tionary Rossby waves in the jet have no favored longitudi-
nal phase as the fist two leading empirical orthogonal func-
tion (EOF) modes cannot be distinguished with each other. 
But in his observational analyses, stationary Rossby waves 
in the jet appear to have a favored phase, which he thought 
is possibly caused by sample deficient in the observations. 
In the later studies, researchers mainly focus on the role 
of the jet to extend upstream perturbation to downstream 
regions via wave propagation (Watanabe 2004; Song et al. 
2013; Li and Zhou 2016; Li and Sun 2015), while whether 
the wave activities along the jet have a preferable longitudi-
nal phase is still unresolved.

Following the observational analyses in Branstator 
(2002), we have detected a wave train in the jet with pref-
erable longitudinal phase. To establish confidence in the 
existence of the wave train, we have investigated the mech-
anism for how the wave train develops. To do that, we first 
examined whether the wave train is an optimal atmospheric 
internal model that easily gains energy from mean flows 
and transient eddies. Then, we examined whether the wave 
train is anchored by geographically-fixed external forcing. 
We mainly focused on two kinds of external forcing in this 
study: the North Atlantic Oscillation (NAO) and tropical 
sea surface temperature, because evidences (Branstator 
2002; Watanabe 2004; Song et  al. 2013) show that wave 
activities in the jet are partly linked to the North Atlantic 
Oscillation (NAO), which in turn is likely affected by tropi-
cal perturbations (Lin et al. 2005; Li and Lau 2012; Yu and 
Lin 2016). Moreover, we have investigated the impact of 
the wave train on East Asian climate.

The paper is organized as follows. Section 2 provides a 
brief description of datasets and methods. Sections  3 and 
4 show spatial pattern and vorticity budget of the leading 
wave train in the jet. In Sect. 5, we analyze the conversions 
of kinetic energy and available potential energy from mean 
flow to the leading wave train. In Sect. 6, we investigate the 
feedback between transient eddies and the leading wave 
train. In Sect. 7, we examine the possible external forcing 
for the leading wave train. Section 8 shows the impact of 

the wave train on wintertime temperature and precipitation 
in East Asia. Finally, we give a summary in Sect. 9.

2  Data and methods

The monthly and daily mean winds, geopotential height, 
air temperature are derived from the National Centers for 
Environmental Prediction-Department of Energy (NCEP-
DOE) atmospheric reanalysis dataset with a resolution of 
2.5° × 2.5°, which is available from 1979 to present (Kan-
amitsu et al. 2002). The global precipitation dataset used in 
this study is the Global Precipitation Climatology Project 
(GPCP) monthly precipitation dataset available from 1979, 
which combines observations and satellite precipitation 
data into 2.5° × 2.5° global grids (Adler et al. 2003). The 
China monthly mean precipitation dataset used in this study 
includes 160 stations in China for the period 1979–2013, 
which was provided by the National Climate Center, China 
Meteorological Administration.

The stationary Rossby waves trapped by the winter-
time Asian jet waveguide can persist longer than 10  days 
and can be easily identified in monthly mean data (Wata-
nabe 2004). Thus, we analyze the structure and dynamics 
of stationary waves in winter months (December, January, 
and February, DJF) during 1979/80–2013/14, constituting 
105 months. Before analyses, we remove annual cycle from 
raw data to obtain monthly anomalies. Given autocorrela-
tions of monthly time series could reduce effective sample 
sizes when testing statistical significance, following Metz 
(1991), we calculate effective sample sizes Neff  for correla-
tions and regressions of time series X and Y as

where N denotes the sample sizes, and rX(�) and rY (�) are 
the autocorrelations of time series X and Y with a lag of 
� months. The maximum lag �max is set as the maximum 
number that does not exceed N/2. In this study, all the sta-
tistical significances are evaluated with a two-sided Stu-
dent’s t test, taking into consideration of the effective sam-
ple sizes.

3  Structure of the leading wave train

Climatological mean winds at 250- and 850-hPa are shown 
in Fig.  1a, b. At the lower troposphere, there are strong 
northwesterlies from the Siberia to Japan and strong north-
easterlies from the subtropical Northwest Pacific to the 
Maritime Continent. At upper troposphere, there are strong 
westerlies from North Africa to the subtropical Northwest 

(1)Neff = N∕max

[
1 1 + 2

�max∑
�=1

(
1 −

�

N

)
rX(�)rY (�)

]
,
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Pacific, known as wintertime Asian jet, with the maxi-
mum wind speed exceeding 45 m s−1. The jet can provide 
a favorable waveguide for stationary Rossby wave propa-
gation (Hoskins and Ambrizzi 1993; Branstator 2002). 
Figure 1c shows the standard deviations of monthly (DJF) 
meridional winds (v) at 250-hPa. The standard deviations 
are larger in the jet than its adjacent regions, indicating 
that wave activities are strong along the jet. Moreover, the 
standard deviations of v along the jet are not uniform but 
have multiple centers of great value over Egypt, the Per-
sian Gulf, North Indian and the sea to the south of Japan. 
Outside the jet, the variability of monthly mean v is large at 
high latitudes especially in the sector from the North Atlan-
tic to Europe, suggesting strong wave activities there.

In order to investigate the spatial pattern of wave activi-
ties along the jet, we perform an empirical orthogonal func-
tion (EOF) analysis based on monthly (DJF) v at 250-hPa 
in the domain of 0–45°N, 0–120°E from 1979 to 2013, fol-
lowing Branstator (2002). The first and second EOF modes 
account for 33 and 22% of the total variance, respectively, 

which can be distinguished with each other based on cri-
terion of North et  al. (1982), consistent with Branstator 
(2002). The results, together with that the standard devia-
tions of v along the jet are not uniform but have multiple 
centers, indicate that the two EOF modes are two discrete 
modes but not the components of a continuous Rossby 
wave family. Figure  2a, b show the regressions of winds 
at 250-hPa onto the first and second principal component 
(PC1 and PC2), respectively. For simplicity, we use the 
regressions of winds onto PC1 and PC2 to represent the 
first and second leading EOF (EOF1 and EOF2) modes 
here (Fig. 2). The EOF1 mode features a wave-like struc-
ture with an anticyclone over the subtropical Northwest 
Atlantic, a cyclone over the North Atlantic, an anticyclone 
over Europe, a cyclone over Egypt, an anticyclone over the 
Arabian Gulf, a cyclone over South China, and an anticy-
clone over Japan. It is noted that the EOF1 mode is not a 
local atmospheric mode only confined in the jet but has 
a substantial part in the sector from the North Atlantic to 
Europe. Compared with EOF1 mode, the zonal phase of 

Fig. 1  The climatology of DJF 
winds at 250-hPa (a) and 850-
hPa (b), and the standard devia-
tion (grays) of DJF monthly v at 
250-hPa overlaid by DJF mean u 
(contours; m/s) at 250-hPa (c)

(a)

(b)

(c)
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EOF2 mode is shifted westward about a quarter wavelength 
from EOF1 mode. We note that the great value centers of 
monthly v variability over the North Africa, the Middle 
East and the South Asia are corresponding to EOF1 mode, 
indicating that the wind anomalies in the jet are most likely 
to be developed into EOF1 mode.

The contours in Fig. 2a, b represent the correlations of 
precipitation with PC1 and PC2, respectively. In the North-
ern Hemisphere, the most significant correlation of pre-
cipitation with PC1 is located in South and East China, 
with correlation coefficients exceeding the 99% confidence 
level. When EOF1 mode is in its positive (negative) phase, 
the rainfall in South and East China is significantly above 
(below) normal (Fig. 2a). Compared with PC1, the corre-
lations of precipitation with PC2 are weak especially over 
East Asia (Fig.  2b). Since the EOF1 mode is the leading 
mode of wave activities and since the EOF1 mode exerts 
a strong influence on East Asian wintertime precipitation, 
we will only investigate EOF1 mode and its impact in the 
following sections.

Figure  3 shows the wave-activity fluxes and height 
anomalies associated with the EOF1 mode, where the defi-
nition of the wave-activity fluxes follows Takaya and Naka-
mura (2001) as:

Here, � denotes the stream function, f  the Coriolis 
parameter, R the gas constant, � = (u, v) the horizontal 

(2)

W =
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wind velocity, and 𝜎 = (RT̄∕Cpp) − dT̄∕dp, with tem-
perature T , and the specific heat at constant pressure Cp. 
Overbars and primes denote the DJF mean and the monthly 
disturbances regressed on normalized PC1, respectively. 
The fluxes are parallel to the local group velocity of sta-
tionary Rossby wave. At 250-hPa, the wave activity fluxes 
start from the North Atlantic intensifying over Europe, pass 
through the Mediterranean, turn southeastward to the Ara-
bian Sea, cross South Asia and turn northeastward to Japan, 
in consistent with wave-like geopotential height anoma-
lies. At 500-hPa, the patterns of wave activity fluxes and 
the geopotential height anomalies are similar with those at 
250-hPa. At 850-hPa, the wave activity fluxes are weak in 
the jet regions, so are the geopotential height anomalies. 
Outside the jet, there are strong wave activity fluxes over 
the Siberia, which seems to be corresponding to strong 
westerlies there (Fig. 1b). Thus, there likely exist two paths 
of wave propagation from Europe to East Asia. One path is 
the Asian jet at upper troposphere, and the other is at high-
latitudes around 60°N. The wave activities along the jet are 
mainly confined at the mid and upper troposphere, while 
the wave activities at high-latitudes are strong in lower 
troposphere corresponding to the strong westerlies there.

Figure  4 shows a longitude-height section of vorticity, 
temperature and vertical velocity anomalies associated with 
the wave train at the latitude of 25°N. The selection of 25°N 
is because it is the central latitude of climatological Asian 
jet. It is important to note that the wave pattern in the North 
Atlantic and Europe is away from 25°N, so Fig. 4 only dis-
plays the vertical structure of waves that locate within the 
jet. To the east of 10°E, there are three obvious anomalous 

Fig. 2  The regression of 
monthly 250-hP winds (vectors; 
above 99% confidence level) 
onto the PC1 (a) and PC2 (b) 
of the EOF modes of 250-hPa 
monthly v (December, January, 
and February) in the domain 
(0–45°N, 0–120°E) from 1979 
to 2013. The contours in a (b) 
represent the correlations of 
monthly precipitation with PC1 
(PC2), with shades above 99% 
confidence level. The first and 
second leading EOF modes 
explain 33 and 22% of total 
variance, respectively

(a)

(b)
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vorticity cells (Fig. 4a), corresponding to the anticyclonic 
anomalies over the Arabian Gulf and the cyclonic anoma-
lies over Egypt and South China. The vorticity anomalies 
increase with height and peak at around 250-hPa. In detail, 
the vorticity anomalies tilt westward with height to the west 
of 60°E and tilt eastward slightly to the east of 60°E, corre-
sponding to the upward (downward) wave fluxes to the west 
(east) of 60°E. According to the thermal wind relation, the 
vertical change of vorticity must be associated with air tem-
perature anomalies, with warmer (cooler) air under upper 
positive (negative) vorticity anomalies (Fig. 4b).

4  Vorticity budget of the leading wave train

In this section, we conduct an analysis of the vorticity 
budget based on the linearized vorticity equation (Kosaka 
and Nakamura 2006):

where S represents the linearized barotropic Rossby wave 
source (Sardeshmukh and Hoskins 1988):

In Eqs.  3 and 4, �� = (u� , v� ) and �� = (u� , v� ) are 
the rotational and divergent wind components, respec-
tively, and � denotes relative velocity. The terms ZA and 
MA represent the advections of anomalous vorticity by cli-
matological zonal and meridional winds, respectively, and 
the � term represents the horizontal advection of the mean 
absolute vorticity by anomalous winds. Vertical advection, 
tilting and nonlinear effects are included in the residuals. A 
positive value of a specific term corresponds to an increas-
ing tendency of cyclonic vorticity.

(3)

S−ū𝜓
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�����

ZA
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�����
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−u�
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𝜓

𝜕(f + 𝜁 )
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�������������������������������

𝛽

−(residuals) = 0,

(4)S = −∇H ⋅

{
𝐮
�
𝜒

(
f + 𝜁

)}
− ∇H ⋅

(
�̄� 𝜒𝜁

�
)
.

Fig. 3  The regressions of 
geopotential height (contours; 
unit: m) at 250-hPa (a), 500-hPa 
(b) and 850-hPa (c) on the PC1. 
Vectors are the wave fluxes 
computed by the Eq. (2). The 
dark (light) grays represent 
positive (negative) regression 
above 99% confidence level

(a)

(b)

(c)
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Figure  5a–d show the contribution of each term at 
250-hPa based on the regression of wind anomalies on 
normalized PC1. There are alternate positive and nega-
tive wave sources along the jet (Fig.  5a), with cyclonic 
vorticity sources over the east of Mediterranean regions, 
South Asia and the sea to the east of Japan and anticy-
clonic vorticity sources over the Middle East and East 
Asia. We note that the strongest wave source is over the 
Mediterranean, which may in turn partly link with the 
North Atlantic Oscillation (Watanabe 2004). The terms 
of ZA (Fig.  5b) and � (Fig.  5d) are much stronger than 
the others in the jet, and their signs are opposite to each 
other. This suggests that the advection of perturbation 
vorticity by mean flow tends to be compensated by � 
effect, indicating the wave along the jet is indeed a sta-
tionary Rossby wave. We also examine the value of 

−u�
𝜓

𝜕𝜁

𝜕x
 and −v�

𝜓

𝜕(f+𝜁)

𝜕y
 in the � term, and find that the � 

term is mainly contributed by −v�
𝜓

𝜕(f+𝜁)

𝜕y
 (not shown). The 

MA term (Fig. 5c) is too weak to contribute much to the 
teleconnection. The values of residuals are small and 
scattered (Fig. 5e), indicating it does not play an impor-
tant role in the vorticity budget.

5  Energy conversions between the perturbations 
of leading wave train and mean flows

In this section, we estimate the conversion of local kinetic 
energy (CK) and the conversion of available potential energy 
(CP) associated with EOF1 mode. Our evaluation is based on 

Fig. 4  The longitude-
height section of vorticity 
anomalies (a) with interval 
2 (±1, ± 3, ± 5, …)×

10−6 s−1, air temperature 
anomalies (b) with interval 0.2 
(±0.1, ± 0.3, ± 0.5, …) k, 
and vertical motion anoma-
lies (c) with interval 0.5 
(±0.5, ± 1, ± 1.5,…)×

10−2 Pas−1 regressed on the 
normalized PC1. The vectors 
denote wave fluxes. The dark 
(light) shades represent positive 
(negative) correlations above 
99% confidence level

(a)

(b)

(c)
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the following equations, the same as those used by Kosaka 
and Nakamura (2006):

Here, positive CK and CP mean the conversion of kinetic 
energy and available potential energy from mean flow to 
the wave train, respectively.

(5)CK =
v�2 − u�2

2

(
𝜕ū

𝜕x
−

𝜕v̄

𝜕y

)
− u�v�

(
𝜕ū

𝜕y
+

𝜕v̄

𝜕x

)
,

(6)CP = −
f

𝜎
v�T � 𝜕ū

𝜕P

f

𝜎
u�T � 𝜕v̄

𝜕P
.

As the vorticity anomalies of the wave train extend to 
100-hPa (Fig. 4), we calculate the vertical integral of CK 
and CP from the surface to 100-hPa to denote conversion 
of local kinetic energy and available potential energy 
between the wave train and mean flow (Fig. 6). The most 
prominent CK and CP are located from 10°W to 150°E. 
To the east of 50°E, both CK and CP are alternatively 
positive and negative along the jet, and the total CK and 
CP in this region is close to zero. To the west of 50°E, 
where dominant term in Eq.  (5) is u′v′ 𝜕ū

𝜕y
, positive CK is 

Fig. 5  The Rossby wave source 
(a), the zonal advection term 
(b), the meridional advection 
term (c), the � term (d), and the 
residuals (e) in the linearized 
vorticity Eq. (3), based on the 
regressions of 250-hPa winds 
on the normalized PC1. Solid 
(dash) contours denote positive 
(negative) values, with interval 
4 (±2, ± 6, ± 10, …)

×10−11 s−2

(a)

(c)

(b)

(d)

(e)
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mainly distributed to the north side of mean jet while 
negative CK is mainly distributed to the south side of 
mean jet, and positive CP is mainly located in Northwest 
Europe and the regions around the east part of Mediterra-
nean while negative CP is mainly located to the north of 
Mediterranean. We note that positive CP and CK are 
obviously larger than negative CP and CK in the sector 
from Europe to the Middle East, indicating that the wave 
train can get kinetic energy and available potential energy 
from the mean flow in this region.

Thus, we divide the regions of the wave train into two 
parts: the upstream region (10°N–65°N, 10°W–50°E) 
and the downstream region (10°N–40°N, 50°E–150°E). 
The area mean of vertically integrated CK and CP are 
2.35 × 10−2 and 1.62 × 10−2 Wm−2 in the upstream region, 
and −2.7 × 10−3 and −3.56 × 10−3 Wm−2 in the down-
stream region, respectively. Here, we divided the upstream 
and the downstream by 50°E, where is the turning point 
from southeastward wave propagation to eastward propa-
gation. We also test different dividing longitudes, and 
find that the area-mean values of vertically integrated 
CK and CP in the upstream and downstream are not very 
sensitive to the selection of dividing longitudes. Both of 

CK and CP are acting to strengthen the wave train in the 
upstream region but to damp the wave train in the down-
stream region. The area-mean values of the vertically inte-
grated CK and CP over the entire North Hemisphere are 
2.15 × 10−3, and 1.98 × 10−3 Wm−2, respectively. Thus, 
the net effects of both of CK and CP are favorable for the 
maintenance of the wave train. In order to investigate a pos-
sible role of energy conversions in the geographic fixing of 
the longitudinal phase of the wave train, we calculated area 
mean of vertically integrated CK and CP in the North Hem-
isphere (Table 1) after the wave pattern are shifted longi-
tudinally relative to the original location following Kosaka 
et al. (2009). Both the values of area-mean CK and CP are 
largest when the pattern is in its original location, suggest-
ing energy conversions help to anchor the wave train in its 
favored phase.

To measure the net contribution of CK and CP to the 
maintenance of the teleconnection, we evaluate the time 
scales: �CK =

[KE]

CK
 and �CP =

[APE]

CP
, where the bracket 

⟨⟩ represents area mean, [APE] =
[
RT �2∕2�p

]
 is verti-

cally integrated available potential energy (from sur-
face to 100-hPa) associated with the teleconnection, and 
[KE] = [(u�2 + v�2)∕2] is vertically integrated kinetic 
energy. The values of �CK and �CP denote how long it takes 
that the available potential energy and kinetic energy asso-
ciated with the teleconnection could be fully replenished 
through CK and CP, respectively. The �CK is 8.58 days in 
the upstream region, −36.5 days in the downstream region, 
and 25.3 days in the North Hemisphere. The �CP is 1.1 days 
in the upstream region, −1.5 days in the downstream region 
and 2.4 days in the North Hemisphere. Both �CK and �CP are 
shorter than a month in the North Hemisphere, indicating 

Fig. 6  a Vertically inte-
grated (from surface to 
100-hPa) conversion of 
kinetic energy with interval 
1 (±0.5, ± 1.5, ± 2.5, …)

× 10−1 Wm−2. b Verti-
cally integrated (from 
surface to 100-hPa) conver-
sion of available potential 
energy with interval 0.5 
(±0.25, ± 0.75, ± 1.25, …)

× 10−1 Wm−2. The vectors 
denote wave fluxes at 250-hPa, 
and the grays represent DJF 
mean zonal wind speeds above 
35 m/s. The rectangle to the 
west (east) of 50°E represents 
the upstream (downstream) of 
the wave train

(a)

(b)

Table 1  Area mean of vertically integrated (from surface to 100 hPa) 
CK and CP (Wm−2) in the North Hemisphere after the wave pattern is 
shifted longitudinally relative to the original location

20° west-
ward

10° west-
ward

Original 10° east-
ward

20° eastward

CK 0.0018 0.0017 0.0022 0.0013 −0.0016
CP 0.0017 0.0018 0.0020 0.0019 0.0016
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that energy conversion, especially in the upstream region, is 
vita to the maintenance of the wave train.

Why can the wave train extract kinetic energy and availa-
ble potential energy effectively from mean flows in the 
upstream region? First, we examine the conversion of local 
kinetic energy in this region. To the west of 50°E, the anoma-
lous anticyclone and cyclone in the wave train tilt northeast/
southwest in horizontal (Fig. 2a), leading to northward fluxes 
of zonal momentum (u′v′ > 0), resulting in negative values 
of u′v′ 𝜕ū

𝜕y
 in the north flank of mean jet and positive values of 

u′v′
𝜕ū

𝜕y
 in the south flank of mean jet. According to the Eq. (5), 

the perturbations could gain kinetic energy from mean flow 
in the north flank of mean jet and release energy in the south 
flank. As the perturbations are mainly distributed in the north 
flank of jet to the west of 50°E, the total value of CK there is 
positive. Thus, the positive CK is caused by the special spa-
tial structure of perturbations, which is in turn related to 
southward wave propagation. Second, we check CP in this 
region. Figure  7 shows the vertical section of vorticity and 
temperature anomalies from the point (65°N, 10°W) to the 
point (10°N, 50°E) along the direction of wave train propaga-
tion. The vorticity anomalies are not totally barotropic but 
slightly tilt northwestward with the increase of height, accom-
panied with positive (negative) air temperature anomalies to 
the northwest of negative (positive) anomalous vorticity 

center. Such vertical structure of vorticity and temperature 
anomalies is favorable for positive CP in the regions from the 
Europe to the Middle East, where exists prominent zonal 
temperature gradient, as v′T ′ tends to weaken the mean tem-
perature gradient. The results suggest that energy conversion 
in the region from Europe to the Middle East is vital for the 
development and the geographic fixing of the wave train.

6  Interaction between transient eddies 
and the leading wave train

To investigate the interaction between synoptic-scale tran-
sient eddies and the wave train, several diagnostic tools are 
utilized. The first is the local Eliassen-Palm vectors (E), for-
mulated by Hoskins et al. (1983), with horizontal components 
given by (v�2 − u

�2, − v�u�), where u′ and v′ are the synoptic-
scale daily 250-hPa winds subject to 2.5–6 days band filter-
ing, the overbar represents time average of a month. The 
direction of E is linked to the direction of group propagation 
vector of the synoptic-scale eddies relative to the mean flow. 
Here, divergence (convergence) of E indicates a tendency for 
the high-frequency perturbation to accelerate (decelerate) the 
monthly mean flow. The second is the eddy-induced geo-
potential height tendency defined in Lau and Nath (2014) and 
shown in Eq. 7:

Fig. 7  a The vertical sec-
tion of vorticity anomalies 
regressed onto PC1 (dash 
lines < 0; thick solid line = 0; 
thin solid line > 0) with interval 
2 (0, ± 2, ± 4, ± 6, …)×

10−6 s−1from the point (65°N, 
10°W) to the point (10°N, 
50°E). b Same as a, but for air 
temperature anomalies at inter-
val of 0.2 k. The light (dark) 
grays denote negative (positive) 
regressions above 99% confi-
dence level

(a) (b)

Fig. 8  The regressions of 
geopotential height at 250 hPa 
(contours; m), 
E vectors

(
v� − u�, − v�u�

)
, 

and transient eddy-induce 
height tendencies (colors; m/
day) on the normalized PC1
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where Z is the monthly mean geopotential height, g is the 
gravitational acceleration, and V′ and � ′ are the synoptic-
scale daily winds and relative vorticity at 250-hPa subject 
to 2.5–6  days band filtering. The meaning of the overbar 
is the same as in the definition of E. This diagnostic tool 
was also used in our previous studies (Liu et al. 2014; Song 
et al. 2016).

Figure 8 shows the regression of geopotential height, E 
vectors, and eddy-induced geopotential height tendency on 
normalized PC1. The geopotential height anomalies show 
a clear wave-like structure in accordance with EOF1 mode. 
In the sector of the North Atlantic and Europe, the direction 
E vectors is clockwise around the positive height centers, 
and anticlockwise around the negative centers, suggesting 
that the slowly varying circulation of the wave train can 
change the trajectory of the storm track. Over Europe, the 
anomalous anticyclone lets the axes of storm track shift 

(7)
(
�Z

�t

)
eddy

=
f

g
∇−2[−∇ ⋅ (V�� �)]

northward, leading to divergence of E vectors to the north 
of the anticyclone but convergence of E vectors in the cen-
tral and the southern anticyclone (shown in Fig.  8). The 
divergence (convergence) of E vectors accelerates (decel-
erates) the westerlies in the north (south) part of the anti-
cyclone, which can enhance the anomalous anticyclone. 
Hence the regions of positive height anomalies in Europe 
are mainly occupied by positive eddy-induced height ten-
dencies. Ruled by the same process, the regions of negative 
height anomalies in the North Atlantic are mainly occupied 
by negative eddy-induced height tendencies. Outside the 
sectors of the North Atlantic and Europe, the interaction 
between the transient eddies and the wave train is not obvi-
ous, possibly because transient eddies are weak in these 
regions. These results suggest that there exists a positive 
feedback between transient eddies and the wave train in 
the North Atlantic and Europe. The stationary circulation 
anomalies associated with the wave train modulate the tra-
jectory of transient eddies, which in turn reinforce the wave 

Fig. 9  The correlations of 
DJF monthly SST (a; black 
contours), geopotential height 
(a; red contours) at 250 hPa 
and OLR (b; black contours) 
with the PC1. Solid (dash) 
contours denote positive 
(negative) values at interval 0.1 
(±0.1, ± 0.2, ± 0.3,…). The 
dark (light) gray shades denote 
positive (negative) correlations 
above 90% confidence level

(a)

(b)
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train through eddy vorticity transports. The positive feed-
back may help to maintain the wave train.

7  External forcing for the wave train

Figure  9 shows the correlations of monthly SST, geo-
potential height, and outgoing long wave radiation 
(OLR) in DJF with the PC1. The most prominent SST 
correlations in the tropics feature an El Nino-like pat-
tern, with correlations partly above 90% confidence 
level. Corresponding to positive SST correlations in 
the eastern equatorial Pacific, OLR correlations are 
negative, suggesting SST anomalies play a positive 
role. As a response to warm SST anomalies and posi-
tive rainfall anomalies in the equatorial eastern Pacific, 
the geopotential height anomalies display as a Matsuno 
(1966)–Gill (1980) pattern over the eastern Pacific and 
a wave-like pattern from the Northeast Pacific across the 
North Atlantic through Europe to East Asia. This result 
suggests that the SST anomalies in the equatorial eastern 
Pacific likely trigger the wave train.

Beside affected by tropical SST anomalies, the wave 
train is also affected by the NAO. Figure 10a, b show the 
relationship of the PC1 with Nino3.4 SST index and NAO 
index. Here, the NAO index is the PC1 of DJF monthly 
850 hPa streamfunction departures from annual cycle in the 
North Atlantic sector (0–90°N, 90°W–30°E), same as the 
computing in Branstator (2002). The correlation between 
PC1 and Nino3.4 SST index is 0.22 for 63 effective sam-
ples, which is above 90% confidence level, and the correla-
tion between PC1 and NAO index is 0.19 for 100 effective 
samples, which is also above 90% confidence level. The 
NAO and SST anomalies in the equatorial eastern Pacific 
may have a combined effect on the wave train. To quantify 
this combined effect, we construct a multi-variant regres-
sion: 0.26 × Nino3.4 + 0.22 × NAO, where Nino3.4 is the 
monthly (DJF) Nino3.4 SST index and NAO is the monthly 
(DJF) NAO index. The coefficients 0.26 and 0.22 are the 
multiple linear regression coefficients of the PC1 regressed 
onto the Nino3.4 and the NAO indices, respectively. The 

multi-variant regression (Fig.  10c) is more significantly 
correlated with the PC1 than Nino3.4 index and the NAO 
index alone, with the correlation coefficient rising to 0.32 
for 68 effective samples, which is above 99% confidence 
level. Since the SST anomalies in the equatorial eastern 
Pacific and the NAO are geographically fixed, they together 
may contribute to the locking phase of the wave train.

8  Impact of the leading wave train on East Asia 
precipitation and temperature

As shown by Fig.  2a, there are significant positive cor-
relations of rainfall with PC1 over South and East China, 
with correlations passing the 99% confidence level. To 
confirm the relation between the wave train and China rain-
fall anomalies, we compute the regression of circulation 
onto area-mean monthly rainfalls in South and East China 
(20–35°N, 105–122°E) based on observed station data 
(Fig.  11). It reveals that the pattern of the rainfall index-
related circulation anomalies at 250-hPa is similar to the 
EOF1 mode, confirming the tight relationship between the 
wintertime rainfall anomalies in South and East China and 
the wave train. At 850-hPa, there exist significant anoma-
lous southerly winds from the Marine Continent to East 
Asia (Fig.  11b) and exist significant anomalous winds 
directed from the rainfall region in South and East China 
through Siberia to Europe, which differs from the low-
tropospheric wind anomalies associated with the wave train 
(figure not shown). This result suggests that the wave train 
is an important but not the only factor for rainfall anoma-
lies in South and East China. The rainfall could be affected 
not only by the wave train-induced upward motions but also 
by low-tropospheric moisture vapor convergence induced 
by anomalous wind from the tropics (Zhou and Wu 2010; 
Wang and Feng 2011) and by high-latitude wave activities.

In order to analyze the processes of wave train impact on 
precipitation, a diagnosis with the linearized omega equa-
tion has been performed followed Kosaka and Nakamura 
(2006):

Fig. 10  Scatter plots of the 
PC1 index of DJF monthly v 
at 250-hPa in the domain of 
0–45°N, 0–120°E from 1979 
to 2013 with DJF monthly 
Nino3.4 SST index (a), DJF 
monthly NAO index, and 
the multi-variant regression: 
0.26 × Nino3.4 + 0.22 × NAO 
(c)

(a) (b) (c)
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where overbars and primes indicate climatological mean 
quantities for DJF mean and the monthly regressed anoma-
lies, respectively. Λ = (R∕P)

(
RT∕CpP − dT∕dP

)
 denotes 

the static stability. The first term in the right–hand-side of 
Eq. (8) represents contribution of the vertical difference of 
vorticity horizontal advection. The second term on the 
right–hand-side represents the contribution of horizontal 
temperature advection. For simplicity, we use abbrevia-
tions, Omega_vortadv and Omega_tadv, to represent the 
fist and second terms, respectively. Figure 12a–c show the 

(8)
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distribution of the value of Omega_vortadv, Omega_tadv 
and their sum at 500-hPa. Along the jet, the sum of 
Omega_vortadv and Omega_tadv (Fig.  12c) agrees well 
with the 500-hPa vertical velocity anomalies regressed on 
PC1 (Fig.  12d), indicating that vertical motion anomalies 
mainly result from the effect of vorticity advection and 
temperature advection. The small difference between the 
two patterns of omega in Fig. 12c, d is possibly because the 
effect of adiabatic heating is not included in Eq.  8. Over 
South and East China, Omega_vortadv and Omega_tadv 
are comparable. Note that the wave train-induced vertical 
motion anomalies are not in accordance with precipitation 
anomalies every well except for in South and East China, 
possibly because water vapor is ample in South and East 
China but insufficient in other regions in winter.

Fig. 11  The regression of 
precipitation (contours) and 
winds (vectors; above 95% 
confidence level) at 250-hPa (a) 
and 850-hPa (b) on area mean 
of monthly rainfalls in South 
and East China (20–35°N, 
105–122°E). The gray shades 
denote regressions above 99% 
confidence level

(a)

(b)

(a)

(c)

(b)

(d)

Fig. 12  The DYN term (a), the THE term (b) and their sum (c) at 
500  hPa in linearized omega Eq.  (8), and the regressions of 500-
hPa omega (d) onto normalized PC1. The contours interval in a–d 

is 0.5 (±0.25, ± 0.75, ± 1.25,…) × 10−2 Pas−1, with the light gray 
below −0.5 × 10−2 Pas−1 and dark gray above 0.5 × 10−2 Pas−1. The 
dots in d denote regressions above 99% confidence level
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The wave train also has a prominent impact on East 
Asian temperature anomalies. Figure 13a shows the regres-
sions of low-tropospheric (vertical average from 1000 to 
850-hPa with the data below topography setting to miss-
ing values) temperature onto PC1. Significant positive 
temperature anomalies are found in the Northeast Asia 
including Northeast China, Korean Peninsula, and the 
southern Japan, indicating a weakened East Asian win-
ter monsoon (Wang and Chen 2010, 2014). Figure 13b–d 
show the regressions of vertical temperature advection, 
horizontal temperature advection and atmospheric apparent 
heat source onto PC1. Following the study of Yanai et al. 
(1973), we used the atmospheric apparent heat source (Q1) 
to represent the total diabatic heating, including radiation, 
latent heating, and surface heat fluxes. Comparing the dis-
tribution of each term, it reveals that the pattern of hori-
zontal temperature advection agrees well with the pattern 
of temperature anomalies. Thus, the temperature anoma-
lies around the Northeast Asia are mainly due to horizon-
tal temperature advection, in response to the lower-tropo-
sphere height anomalies around the Japan Sea (Fig. 3c).

9  Summary

In this study, the structure and dynamics of the wave train 
along wintertime Asian jet are discussed. The first lead-
ing EOF mode of the 250-hPa monthly v in boreal winter 
displays a wave-like pattern along the Asian jet, and is 
prominent at mid- and upper-troposphere. Consistent with 
the wave-like pattern, there are eastward wave fluxes from 
the North Atlantic to Europe, southeastward wave fluxes 
from Europe to the Arabian Sea with amplifying ampli-
tude, eastward wave fluxes from the Arabian Sea to South 
China and northeastward wave fluxes from South China to 
Japan. Along the jet, the advection of perturbation vorticity 
by the zonal flow tends to be compensated by the � effect, 
indicating that the essence of teleconnection pattern is basi-
cally a stationary Rossby wave. Analyses suggest that the 
perturbations of the wave train can extract kinetic energy 
and available potential energy from climatological mean 
flow effectively, especially in the region from Europe to 
the Middle East. Moreover, we found that the efficiency of 
energy conversions drops quickly when the pattern of wave 

Fig. 13  The regression of 
monthly low-level (vertical 
average from 1000-hPa to 
850-hPa) air temperature (a), 
vertical temperature advection 
(b), horizontal temperature 
advection (c) and atmospheric 
apparent heat source (d) with 
the normalized PC1. The unit 
in (a) is k, and the units in b–d 
are k/day. The dark (light) gray 
shades denote positive (nega-
tive) regressions above 99% 
confidence level

(a) (b)

(c) (d)
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train is shifted eastward or westward from its original loca-
tion. In addition, there exists a positive feedback between 
transient eddies and the perturbations of the wave train 
over the North Atlantic and Europe: the stationary circula-
tion associated with the wave train modulates the strength 
and trajectory of transient eddies, which in turn reinforce 
the background flow through eddy vorticity transports. The 
results indicate that the wave train is likely an atmospheric 
internal mode, which can be developed without external 
forcing. We also found that El Nino-like SST anomalies in 
the eastern Pacific and the NAO can exert influences in the 
wave train, which may help to predict the wave train several 
months in advance. Both the internal energy conversions 
and external forcing contribute to the geographic fixing of 
the phase of the wave train.

The wave train can exert prominent influences in East 
Asian winter climate. When the wave train is in the phase 
with a cyclone over South China and an anticyclone over 
Japan, the rainfall is significant above normal in South and 
East China, and the temperature is significant above normal 
over the Northeast Asia, and vice versa. The wave train-
induced horizontal temperature advections and vorticity 
advections together lead to anomalous vertical motions, 
which in turn lead to rainfall anomalies in wet South and 
East China. And the wave train-related lower-tropospheric 
anticyclonic (cyclonic) anomalies over the Northeast Asia 
lead to warm (cold) temperature advections, resulting in 
warm (cold) winters in Northeast Asia.
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Abstract
The anomalous characteristics of summer precipitation and atmospheric circulation in the East Asia–West Pacific Region 
(EA–WP) associated with the co-action of East Asia/Pacific teleconnection–Silk Road teleconnection (EAP–SR) are inves-
tigated in this study. The compositions of EAP–SR phase anomalies can be expressed as pattern I (+ +), pattern II (+ −), 
pattern III (− −), and pattern IV (− +) using EAP and SR indices. It is found that the spatial distribution of summer pre-
cipitation anomalies in EA–WP corresponding to pattern I (III) shows a tripole structure in the meridional direction and a 
zonal dipole structure in the subtropical region, while pattern II (IV) presents a tripole pattern in meridional direction with 
compressed and continuous anomalies in the zonal direction over the subtropical region. The similar meridional and zonal 
structures are also found in the geopotential height anomalies at 500-hPa, as well as wind anomalies and moisture conver-
gence at 850-hPa. Finally, a schematic mechanism for the EAP–SR co-action upon the summer precipitation in EA–WP 
is built: (1) Pattern I (III) exhibits that the negative (positive) sea surface temperature (SST) anomalies over tropical East 
Pacific may cause the enhanced (weakened) convective activity dominating the West Pacific, trigger the positive (negative) 
EAP teleconnection and produce more (less) precipitation. Besides, the negative (positive) SST anomalies over the Indonesia 
Maritime Continent (IMC) may further weaken (strengthen) anomalous downward (upward) motion over the South China Sea 
(SCS), cause negative (positive) geopotential height anomalies at the middle troposphere and surrounding regions through 
the function of the tropical Hadley circulation. Then the negative (positive) geopotential height anomalies could motivate 
the positive (negative) EAP teleconnection through the northward propagation of wave-activity perturbation. Meanwhile, a 
positive (negative) geopotential height anomalous pattern over Eastern Europe motivates a Rossby wave train propagation 
from Western Europe to west-central Asia. This circumstance can cause suppressed (enhanced) convection and less (more) 
precipitation over northwestern India and Pakistan, which could strengthen the negative (positive) geopotential height and 
positive (negative) vorticity anomalies over central East Asia, resulting in a negative (positive) SR teleconnection along 
the Asian jet stream. A positive (negative) lobe over the Korean Peninsula and Japan corresponding to SR overlaps with 
a positive (negative) lobe of EAP, which strengthens the anomalous phase contrast on both sides of 120°E. Accordingly, 
summer precipitation anomalies in EA–WP exhibit the meridional tripole pattern and the zonal dipole pattern. (2) Pattern 
II (IV) indicates that the normal SST anomalies over the tropical East Pacific cause the weak tele-impact on the tropical 
West Pacific, while the positive (negative) SST anomalies over the IMC will lead to a negative (positive) lobe of EAP over 
the subtropical region. This circumstance can weaken the positive (negative) lobe of SR over subtropical region, causing 
compressed and continuous negative (positive) anomalies of 500-hPa geopotential height and positive (negative) surface 
precipitation anomalies from central East China to Japan.

Keywords East Asia/Pacific teleconnection · Silk Road teleconnection · Co-action · Precipitation

1 Introduction

The East Asian Summer Monsoon (EASM) is an important 
subsystem of the global climate system. The EASM has 
obvious interannual variability and causes severe droughts 
and floods in China, the Korean peninsula, Japan and many 
other parts of East and South Asia (Nitta and Hu 1996; 
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Huang et al. 1998; Wang et al. 2001). Therefore, the interan-
nual variability of the EASM, especially the spatial and tem-
poral variability of summer precipitation over East Asia, has 
always been an imperative research task deserving interest 
and attention from meteorologists involved in climate diag-
nosis and prediction (Webster and Yang 1992; Huang et al. 
1993; Yang and Lau 2004; Gong et al. 2015b). Studying 
the leading teleconnection modes and associated climatic 
impacts are important for better understanding of the global 
and regional climate system, especially the South Asian and 
the East Asian monsoon systems (Dogar et al. 2017).

Summer precipitation over the East Asia–West Pacific 
region (EA–WP) is influenced by the northwestern Pacific 
subtropical high (PASH), which is part of the EASM sys-
tem. The northward movement and westward extension of 
PASH influences the moisture transportation from low lati-
tude to mid-high latitude areas. They cause anomalous con-
vective activities over the northwestern Pacific and coastal 
areas that trigger severe drought and flooding events in EA 
(Huang et al. 1998; Ding and Chan 2005; Li et al. 2008). 
The PASH is characterized by interactions among its com-
ponents in the meridional direction (Lu 2004), i.e., either 
the East Asia–Pacific (EAP) teleconnection (Huang 1987) 
or the Pacific–Japan (PJ) teleconnection (Nitta 1987) plays 
an important role in mediating influence of PASH on sum-
mertime climate in EA–WP. The obvious meridional tripole 
pattern from the tropics pole-ward to the extra-tropics, trig-
gered by anomalies of convective activities over the tropical 
western Pacific, causes the summertime moisture transporta-
tion fluxes and precipitation in East Asia. This mechanism 
presents the corresponding tripole pattern on different time 
scales (Huang et al. 2012a). The EAP pattern has been used 
to explain the internal process of the meridional tripole pat-
tern of the spatial and temporal variability of the EASM 
system on interannual and interdecadal scales (Huang et al. 
2006, 2012b). Accordingly, the spatial distributions of 
summertime drought and flood events over East Asia have 
a similar characteristic of the meridional tripole pattern as 
the EAP teleconnection (Huang et al. 2007).

Meanwhile, the Silk Road (SR) teleconnection (Enomoto 
et al. 2003), as a wave-like pattern observed from the meridi-
onal wind field at 200 hPa, is another dominant teleconnec-
tion pattern that influences summer climate in EA–WP. SR 
especially influences the interannual variability of PASH 
from the zonal direction (Takaya and Nakamura 2001; 
Kosaka et al. 2009; Chen et al. 2013). Ding and Chan (2005) 
suggests that the propagation of the Rossby wave train along 
the jet stream across the Eurasian continent to East Asia at 
the upper levels may influence the south-northward advance 
and retreat of the summer PASH. This process may further 
influence the onset and offset date of the summer precipita-
tion season over East Asia (Feng et al. 2013; Gong et al. 
2015a, 2016). Kosaka et al. (2012) also revealed that the 

SR pattern, another dominant teleconnection that influences 
the northwestern PASH and East Asia, is unpredictable at 
monthly to seasonal leading time scale, limiting the seasonal 
predictability of summer precipitation in East Asia.

Based on the above discussion, the meridional pattern of 
summer precipitation anomalies over EA–WP has correla-
tions with both EAP and SR teleconnections. Furthermore, 
Lu (2004) revealed that the interaction of SR with EAP mod-
ulates the EAP teleconnection exhibiting an intraseasonal 
difference between early summer and late summer. Kosaka 
et al. (2012) analyzed the interference of SR teleconnec-
tion to the anomalous summer climate of 2010 in East Asia. 
These studies imply that the EAP teleconnection pattern 
can be modulated by the SR teleconnection. Hsu and Lin 
(2007) further presented the relationship of the tripole sum-
mer precipitation pattern with both PJ and SR teleconnec-
tions and revealed that the PJ teleconnection is more evident 
in the positive phase of summer precipitation, while the SR 
pattern is more evident in the negative phase.

In view of the above statement, although the EAP and 
SR patterns have been revealed, the mechanism of co-action 
of EA and SR on influencing the precipitation anomalous 
pattern in EA–WP is still obscure. For example, there are 
still remaining questions such as (1) along with the meridi-
onal tripole pattern, is there any other zonal pattern of sum-
mer precipitation caused by the co-influence of EAP and 
SR, and (2) if so, what are internal processes and external 
forces leading to the zonal anomalous pattern? Therefore, it 
is worthwhile to explore atmospheric circulation and pre-
cipitation anomaly patterns in EA–WP originating from 
different EAP–SR compositions, and the relevant physical 
mechanism.

In this study, we use the EAP index (Huang 2004) and 
a defined SR index to identify their probable compositions 
in different phases. Then, the distinct anomalous patterns 
of precipitation and atmospheric circulation in EA–WP of 
EAP–SR compositions, which remained unnoticed in previ-
ous studies, are presented in Sect. 3. In Sect. 4, we discuss 
the possible physical mechanism of EAP and SR compo-
sitions through the analysis of thermal convective activity 
and wave-activity propagation. The SST anomalies and wave 
patterns corresponding to EAP–SR compositions are pre-
sented in Sect. 5. Finally, conclusions and brief discussions 
are given in Sect. 6.

2  Data and method

Atmospheric circulation data used in this study includes 
the monthly data from NCEP re-analysis in terms of the 
geopotential height, wind, omega, specific humidity at dif-
ferent levels from 1979 to 2015 (Masao et al. 2002). Data of 
Outgoing Long wave Radiation (OLR) and surface pressure 
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from 1979 to 2015 is also from NCEP re-analysis. The CPC 
merged analysis of precipitation (CMAP) monthly precipita-
tion observation dataset from 1979 to 2015 is interpolated 
to a horizontal resolution of 2.5° × 2.5°. The reconstructed 
monthly global sea surface temperature (SST) dataset from 
1979 to 2015 is COBE SST produced by Japan Meteorologi-
cal Administration (Ishii et al. 2005) .

The EAP teleconnection index (Huang 2004) is defined 
in formula (1), 

 where Z� = sin45∕sin𝜑(Z − Z̄) is the standardized seasonal 
mean 500 hPa anomaly at a grid point with the latitude �.

Similar to the definition of EAP index, the SR telecon-
nection index is defined in formula (2), 

where V � = sin45◦∕sin𝜑(V − V̄) is the standardized seasonal 
mean meridional wind velocity anomaly of a grid point with 
the latitude � at the level 200-hPa.

The vertically integrated moisture flux (Q) in the tropo-
sphere from the surface to 200-hPa is calculated by: 

where g, q, V, and ps are the acceleration of gravity, spe-
cific humidity, horizontal wind vector, and surface pressure, 
respectively (Li et al. 2012).

In order to validate whether indices of EAP and SR 
well represent the two teleconnection patterns, correla-
tion coefficients (CCs) of EAP and SR indices, along with 
other existing indices representing the same teleconnec-
tion pattern, are presented in Table 1. Most CCs are above 
the 95% significance level. The correlation coefficient 
(Kosaka et al. 2013) of the EAP index defined as proposed 
by Huang (2004), has a CC 0.58 with PC-1Z500 reaches 
0.58, indicating that the EAP index of this study could 
reflect the precipitation features over East Asia. Since the 

(1)
I
EAP

= −0.25Z�(60◦N, 125◦E) + 0.5 Z
�(40◦N, 125◦E)

− 0.25 Z�(20◦N, 125◦E)

(2)
I
SR

= −0.25V �(40◦N, 80◦E) + 0.5 V
�(40◦N, 110◦E)

− 0.25 V
�(40◦N, 140◦E)

(3)Q⃗ =
1

g

Ps

∫
200

qV⃗dp

circumglobal teleconnection index (CGTI) suggested by 
Ding and Wang (2005) and Ding et al. (2011) could well 
explain precipitation anomalies over the subtropical region 
in the northern hemisphere, CC of SR index with CGTI 
reaches 0.62, implying that the SR index defined in the 
study could reflect the SR teleconnection.

Note, Indices compared with EAP include the first prin-
ciple component of 500-hPa height (PC-1Z500) over the 
region (10°N–70°N, 90°E–160°E), the PC2 of the north 
hemispheric 200-hPa geopotential height anomalies (PC-
2Z200) (Ding et al. 2011), the PC3 of the 200-hPa height 
(PC-3Z200) over the region (0–80°N, 70°E–160°E), the 
western Pacific–North America teleconnection index 
(WNPSMI) defined as the meridional shear of the 850-
hPa westerly, in terms of the 850-hPa zonal winds aver-
aged over the southern region (5°N–15°N, 100°E–130°E) 
minus that averaged over the northern region (20°N–30°N, 
110°E–140°E) (Wang et al. 2001). Indices compared with 
SR include the first principle component of 200-hPa 
meridional wind field (PC-4V200) and 200-hPa height (PC-
5Z200) field over the region (20°N–60°N, 30°E–160°E), 
and the circumglobal teleconnection pattern index (CGTI) 
defined by average of the 200-hPa geopotential height over 
the region (35°N–40°N, 60°E–70°E) (Ding and Chan 
2005).

The formula (4) is used to calculate the wave-activity 
flux W in pressure (p) coordinates (Hoskins and Karoly 
1981; Gong et al. 2013; Qiao et al. 2015): 

where Ψ is the stream-function, f  the Coriolis parameter, R 
the gas constant, U = (u, v) the horizontal wind velocity, and 
� =

RT

CpP
− dT∕dp, with temperature, T and the specific heat 

at constant pressure, Cp. Over bars and primes denote basic-
state quantities and perturbations, respectively. Analysis of 
this study in terms of precipitation, circulations, EAP 
and SR teleconnections are conducted for the summertime 
(June, July and August, JJA).

3  EAP and SR teleconnection 
and corresponding composition patterns

Figure 1a shows the first spatial mode (with 30.2% con-
tribution to total variance) extracted through an empirical 
orthogonal function (EOF) analysis applied to interannual 

(4)
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Table 1  Correlation coefficients of EAP index and SR index with 
other similar indices

EAP SR

PC-1Z500 0.58 PC-4v200 0.88
PC-2Z200 0.32 CGTI 0.62
PC-3Z200 0.52 PC-5Z200 0.26
WNPSMI 0.36
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anomalies of summer geopotential height anomalies at 
500-hPa during 1979–2015. This mode has a similar spa-
tial characteristic to the EAP teleconnection (Huang 1987, 
2004). In this pattern, summer geopotential anomalies are 
characterized by a meridional tripole anomalous pattern in 
the low-latitudes (20°N–30°N), mid-latitudes (35°N–50°N), 
and high-latitudes (55°N–70°N) region of EA–WP (Fig. 1a). 
Compared to the definition of PJ teleconnection (Nitta 
1987), there is one more extended anomalous lobe located 

in high-latitude region. The first spatial mode of EOF (with 
25.2% contribution to total variance) of the summer meridi-
onal wind velocity at 200-hPa is shown in Fig. 1b, which 
indicates the SR teleconnection. The SR pattern is domi-
nated by a quasi-stationary Rossby wave train in the upper 
troposphere along the summer Asian jet region (30°–50°N). 
The SR pattern has four anomalous lobes located at (50°E, 
40°N), (80°E, 40°N), (110°E, 40°N), and (140°E, 40°N), 
respectively, which are consistent with the previous defini-
tions (Enomoto et al. 2003; Ding and Wang 2005).

To reveal these teleconnection patterns more clearly, 
Fig. 2a presents the meridional cross section of these wave-
like perturbations regressed onto the first principle compo-
nent (PC1) of Fig. 1a. The regressed anomalies along 120°E 
exhibit a poleward wavelike pattern in the meridional direc-
tion. From the lower troposphere to the upper troposphere, 
positive anomalies with maximum amplitude are observed 
around 20°N and 70°N, while negative anomalies distrib-
ute around 40°N. This situation indicates that the wavelike 
pattern has an equivalent barotropic structure with slight 
northward tilting in the vertical direction. Statistically, sig-
nificantly correlated regions further identify the tripole pat-
tern is consistent with the EAP teleconnection in Fig. 1a, 
indicating that the EAP teleconnection has a deep vertical 
structure. The regressed zonal section of geopotential height 
onto the first principle component (PC1) of Fig. 1b is pre-
sented in Fig. 2b. The zonal cross-section along 40°E exhib-
its an obvious wave train structure with negative and positive 
anomalies aligned with the Asian jet waveguide. Two nega-
tive anomalies, with maximum amplitude observed around 
30°E–60°E and 90°E–120°E, exhibit deep vertical structure 
tilting westward in the whole troposphere, while anomalous 
wave patterns within 60°–90°E are restricted mainly in the 
middle and upper troposphere. Statistically, significantly 
correlated regions also identify that this anomalous phase 
pattern is consistent with an eastward-propagating Rossby 
wave activity, suggesting that the SR teleconnection has the 
vertical structure. The stable vertical structures of EAP and 

Fig. 1  Spatial pattern of the EOF1 for summer anomalies of a 500-
hPa geopotential height (unit: gpm) over (10–70°N, 90–160°E) and 
b 200-hPa meridional wind velocity (units:  ms−1) over (20–60°N, 
30–160E°) during 1981–2010. Gray lines in b denote 20 and 25 ms−1 
contours of the climatological-mean zonal wind velocity, which indi-
cate the Asian jet waveguide. Shadings in a indicate the 95% signifi-
cance level of regression of 500-hPa geopotential height onto the first 
principle component

Fig. 2  a Meridional cross section of geopotential anomalies along 120°E regressed onto the PC1 of Fig. 1a and zonal cross section of geopoten-
tial anomalies along 40°N regressed onto the PC1 of Fig. 1b. Shaded areas indicate the 95% significance level
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SR teleconnection, which are consistent with previous stud-
ies (Lu 2004, Hsu and Lin 2007; Kosaka et al. 2009), may 
cause certain co-action to the summertime atmospheric cir-
culation and climatic anomalies in EA–WP.

In order to study the relationship between EAP and SR 
teleconnection (Huang 2004, Hsu and Lin 2007), indices 
of EAP teleconnection and SR teleconnection are defined 
by using the formula (1) and (2) in Sect. 2, respectively. 
Figure 3a shows composite differences of summer precipita-
tion anomalies between five low-value years and five high-
value years of EAP index. Negative precipitation anomalies 
with significant positive CCs distributed in tropical region 
(10°N–25°N) and extratropical region (50°N–70°N), while 
positive precipitation anomalies with significant negative 
CCs dominate the subtropical region (30°N–45°N) along 
the rainfall band from central East China to the Korean Pen-
insula, Japan and its maritime region. The spatial distribu-
tion of correlation between EAP and summer precipitation 
in EA–WP implies the similar meridional tripole pattern 
from low latitude areas to high latitude regions as EAP tel-
econnection. Composite differences of summer precipita-
tion anomalies for SR index has an obvious zonal pattern 
along the 40°E longitude (Fig. 3b). Negative anomalies with 

positive CCs dominate central East China, while positive 
anomalies with negative CCs control the region from the 
Korean Peninsula to Japan and its maritime region. The rela-
tionship between SR and summer precipitation may cause 
the latter’s zonal structure to align with the zonal direction 
wave pattern shown in Fig. 1b.

4  EAP and SR composition and related 
summer precipitation pattern 
and atmospheric circulation

Figure 4a presents the time series of EAP and SR indices, 
both are dominated by the interannual variation. Based on 
the two series, scatter distribution of EAP and SR (Fig. 4b) 
shows four patterns of EAP–SR composition, with anoma-
lous phases as pattern I (positive EAP–positive SR, + +), 
pattern II (negative EAP–positive SR, − +), pattern III 
(negative EAP–negative SR, − −) and pattern IV (posi-
tive EAP–negative SR, + −), respectively. Table 2 presents 
corresponding years of different EAP–SR composition pat-
terns. Year numbers for EAP–SR patterns vary from 6 to 
11, implying the separation according to anomalous phase 
of EAP and SR index is meaningful. Therefore, these four 
patterns of EAP–SR composition can be used for further 
analysis of corresponding patterns of summer precipita-
tion anomalies and atmospheric circulation anomalies in 
EA–WP.

Both EAP and SR teleconnections have obvious effect 
on the summer precipitation in EA–WP, which replace the 
westward expansion/eastward retreat of the PASH (Lu and 
Lin 2009; Kosaka et al. 2012) and influence moisture trans-
port from the subtropics to the extratropics (Huang et al. 
2007). Four patterns of summer precipitation anomalies and 

(b)

(a)

Fig. 3  Composited differences of summer precipitation anomalies 
(units, mm) between five low-value years and five high-value years 
for index of a EAP and b SR; Correlations (shading) of summer pre-
cipitation anomalies with index of a EAP and b SR, respectively. 
Correlation coefficients below the 95% significance level are not plot-
ted

Fig. 4  EAP and SR curves (a) and scatter diagram indicating yearly 
distribution of EAP index and SR index (b)
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500-hPa geopotential height anomalies corresponding to dif-
ferent EAP–SR compositions are exhibited in Figs. 5 and 
6, respectively. Values larger than 0.5 standard deviations 
for both EAP and SR indices are selected to perform the 
composite analysis for Pattern I (III). Values larger than 0.3 
standard deviations are selected for Pattern II (IV) because 
years that belong to these two patterns are less than the 
other two. Accordingly, 5 years (1979, 1984, 1994, 2007, 
and 2013) for pattern I, 4 years (1980, 1983, 2003, and 
2008) for pattern II, 5 years (1991, 1993, 2002, 2009, and 
2014) for pattern III and 7 years (1982, 1989, 1999, 2000, 
2005, 2006, 2010) for pattern IV are selected respectively 
for composite analysis. For the pattern I, when summer pre-
cipitation is above normal in the tropical and extratropical 
region (Fig. 5a), negative anomalies of geopotential height 
at 500-hPa are obvious over the low latitude regions and 
high latitude regions of eastern EA–WP (Fig. 6a). Precipi-
tation anomalies show west-east opposite phase over the 
subtropical region (Fig. 5a) accompanied by the positive-
negative-positive wave like pattern from west to east along 
the 40°N zonal belt at 500-hPa geopotential height anoma-
lies (Fig. 6a). For pattern II, summer precipitation anomalies 
show a tripole pattern with negative anomalies located in the 
tropical and extratropical regions and with positive anoma-
lies distributed in the subtropical regions from west to east 
(Fig. 5b). Correspondingly, geopotential height anomalies 
at 500-hPa show the tripole pattern in meridional direction 
over EA–WP, while the west-positive east-negative pattern 
is replaced by the consistent negative anomalies along the 
band from lower reaches of the Yangtze river to Japan and 
the East regions (Fig. 6b). Composite differences of summer 
precipitation for pattern III–pattern I (Fig. 5c) have the simi-
lar spatial structure, but converse phase distribution of pat-
tern I. Geopotential height anomalies in Fig. 6c correspond-
ingly present the triple meridional structure along the band 
from North China to Japan, and exhibit a negative-positive-
negative wave train from west to east along the 40°N zonal 
band over the subtropical regions. Composite differences 
of summer precipitation (Fig. 5d) and geopotential height 
(Fig. 6d) for pattern IV–pattern II exhibit a similar spatial 
structure of pattern II, but with converse phases anomalies. 
The summer precipitation composition modes of Pattern III 

and pattern IV show significant correlation with the modes 
of pattern I and II, with the spatial CCs are respectively 
− 0.59 and − 0.33, both passing the 99% significance level. 
That is to say, pattern III have the similar spatial structure 
but converse phase anomaly as pattern I.

Since four EAP–SR patterns are not totally independent 
from each other, the fraction variance percentage (Vari,j) of 
each grid point is calculated as formula (5) 

where, Rk is the precipitation at each grid point, R̄ is 
the average precipitation for 1991–2015, l denotes the 
EAP–SR pattern, N is the number of years for each com-
position pattern, M is the total number of years from 
1991 to 2015. The percentage variance for each pattern, (
VarL, L = I, II, III, and IV

)
, is calculated as the aver-

age for all the grid points within the region (10°N–70°N, 
90°E–160°E). Percentage variance of summer precipita-
tion explained by each of the four patterns are 12.5, 8.2, 
8.0 and 19.6% respectively. Figure 7a, b show the relevant 
spatial features as those indicated in Fig. 5a, b, imply-
ing that the precipitation pattern defined by the EAP–SR 
composition is meaningful. As the spatial distribution of 
pattern III are respectively similar to the pattern I, the 
percentage variances figures are omitted. Therefore, it 
is possible that the major EA–WP summer precipita-
tion variability can be represented by these four patterns, 
which are categorized based on the EAP–SR composite.

Geopotential height anomalies show a vertical wave 
pattern tilting slightly westward in the zonal direction over 
the subtropical region, exhibiting an equivalent barotropic 
structure for both pattern I and pattern II of EAP–SR 
compositions (Fig. 8a, c). Continuous negative (positive) 
anomalies in the zonal direction dominate the subtropical 
region for pattern II and pattern IV (Fig. 8b, d). Zonal 
cross-sections of vertical geopotential height anomalies 
averaged between 120°E and 130°E (Fig. 8e–h), demon-
strate consistent tripole patterns between 30°N and 60°N, 

(5)

Vari,j =

∑N

k=1
(Rk − R̄)

2

∑M

l=1
(Rl − R̄)

2
× 100%

(k = 1, 2, 3,… ,N; l = 1, 2, 3,… ,M)

Table 2  Years corresponding to 
different EAP–SR composition 
patterns

“+” denotes positive index value, “−” denotes negative index value. Pattern I “+ +” denotes the EAP–SR 
composition with positive EAP index and positive SR index. Other three patterns have corresponding defi-
nitions as pattern I

EAP–SR Years

Pattern I (+ +) 1979, 1984, 1985, 1988, 1990, 1994, 1995, 1997, 2004, 2007, 2013
Pattern II (− +) 1980, 1983, 1992, 1996, 2003, 2008
Pattern III (− −) 1986, 1987, 1991, 1993, 1998, 2002, 2009, 2011, 2014, 2015
Pattern IV (+ −) 1981, 1982, 1989, 1999, 2000, 2001, 2005, 2006, 2010, 2012
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reflect that the anomalies over the subtropical region for 
pattern II are much weaker compared with pattern I (III).

Anomalies of 500-hPa wind vectors and integrated 
moisture divergence for EAP–SR patterns are presented 
in Fig. 9. For pattern I (Fig. 9a), wind anomalies at the 
middle troposphere (500-hPa) feature anomalous cyclones 
(anticyclone) over the tropical and the extratropical region 
(the subtropical region). These conditions, owing to the 
correlation of summer precipitation anomaly pattern with 
the anomalies of wind vectors and the moisture conver-
gence (divergence) (Lu et al. 2006; Lu and Lin 2009; Xu 
et  al. 2015), result in positive (negative) precipitation 
anomalies over the tropical and the extratropical regions 
(the subtropical region) of eastern EA–WP. Meanwhile, 
an anticyclone-cyclone-anticyclone-cyclone coupled 
wave train features the subtropical region from west to 

east. The significant cyclone (anticyclone) over the West 
China (the North China-Japan region) leads to positive 
(negative) precipitation anomalies in North China (Japan 
and its maritime region). Composite differences of wind 
vectors and moisture divergence for pattern III–pattern I 
presented in Fig. 9c reflect that pattern III has the oppo-
site spatial phase characteristics compared to pattern I. 
Meanwhile, for pattern II (Fig. 9b), wind vectors feature 
an anomalous anticyclone-cyclone-anticyclone meridi-
onal tripole pattern in the meridional direction, leading 
to the tripole anomalous precipitation distribution. The 
pattern I’s wave train over the subtropical region (Fig. 9a) 
is replaced by two cyclones controlling the western and 
eastern portions of the subtropical regions, which causes 
a positive precipitation band from the Yangtze River Basin 
to Japan. Figure 9d reflects that wind vectors and moisture 

(a)

(c) (d)

(b)

Fig. 5  Composited abnormal (units: mm) of summer precipitation for pattern I (a) and Pattern II (b) of EAP–SR composition; differences of 
composited abnormal (units: mm) for (c) pattern III–pattern I, (d) pattern IV–pattern II. Dotted areas indicate the 95% significance level
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divergence for pattern IV have the opposite spatial phase 
characteristics of pattern II.

Figure 10a, b are distributions of CCs of summer geo-
potential height anomalies with index of EAP and SR, 

respectively. Negative CCs of EAP distribute in both tropi-
cal and extratropical regions, but positive ones in subtropi-
cal regions, reflecting the tripole structure in the meridional 
direction. CCs of SR feature positive–negative-positive 

Fig. 6  Same as Fig. 5 but for composite anomalies of summer geopotential height (units: gpm) at 500-hPa. Shadings indicate the 95% signifi-
cance level

(a) (b)

Fig. 7  Spatial distribution of percentage variance (unit: %) of summer precipitation for pattern I (a) and pattern II (b) of EAP–SR composition
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values from 80°E to 130°E along the zonal direction of 
subtropical region. Since significantly correlated regions of 
EAP and SR overlapped in the Korean Peninsula, Japan and 
maritime regions, effect of EAP–SR compositions on the 
geopotential height at the 500-hPa level can be explained 

by schematic diagrams of Fig. 10c, d. Pattern I of EAP–SR 
composition with positive–positive indices have a “+ − +” 
anomaly structure from west to east in the zonal direction 
and “− + −” anomaly structure from south to north in the 
meridional direction. The overlapped positive anomalies in 

Fig. 8  Same as Fig. 5 but for the meridional cross-sections of geopotential (contour, gpm) along 40°N (a–d) and zonal cross-sections of average 
between 120°E–130°E (e–h) from 1000-hPa to 100-hPa. Shadings indicate the 95% significance level
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the subtropical region may strengthen the negative-positive 
anomalous phase contrast between the lobe east of and the 
lobe west of 120°E, and also strengthen the tripole anoma-
lous structure in the meridional direction (Fig. 10 c), lead-
ing to the geopotential height pattern exhibited in Fig. 6a. 
Pattern III of EAP–SR composition with negative–negative 
indices has a similar explanation of pattern I. Fig. 10d shows 
pattern IV of EAP–SR composition with positive–negative 
indices, implying that the positive anomalous lobe of EAP in 
the subtropical region overlaps with the negative anomalous 
lobe of SR in the same region, which may weaken negative 
anomalies of SR and lead to the weak positive anomalies. 
Therefore, phase characteristics present two positive lobes in 
the zonal direction of the subtropical region (Fig. 6b). Mean-
while, negative lobes over extratropical and tropical regions 
respectively expand southward and northward, compressing 
the lobe over the subtropical region, causing the narrow and 
weak band of geopotential height anomalies. Pattern IV of 
EAP–SR composition shown in Fig. 6d can be explained 
with the similar mechanism as of pattern II.

5  The physical dynamics causes for EAP–SR 
compositions

5.1  The physical dynamics process of EAP 
teleconnection

The tropical western Pacific has the highest Sea Surface 
Temperatures (SSTs) around the global sea surface. Due to 
the dominant thermal states of this region, SSTs of the tropi-
cal West Pacific play an important role in triggering strong 
convective activity and convergence of air and moisture 
around the Philippines (Cornejo-Garrido and Stone 1977; 
Huang 1987; Nitta 1987; Ding 2007). Many studies (Kosaka 
and Nakamura 2006; Li et al. 2008) also show that EAP 
teleconnections are caused by the heating anomaly due to 
thermal anomalies of the tropical West Pacific, or by convec-
tive activity anomalies around Indonesia. The time series of 
the SST average for the Indonesia maritime continent (IMC, 
Indonesia and surrounding seas, 5°S–5°N, 100°E–130°E), 
within which SST anomalies are negatively correlated with 
the EAP index, is calculated.

(a)

(c) (d)

(b)

Fig. 9  Same as Fig. 5 but for divergence of integrated moisture from the surface to 200 hPa (shading,  10−5 kg  m−2  s−1) and wind anomalies (vec-
tor,  ms−1) at 500 hPa. Only wind vectors above the 95% significance level are plotted
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Regression anomalies of Outgoing Longwave Radiation 
(OLR) in Fig. 11a indicate that negative OLR dominates 
the tropical West Pacific, which may cause the anomalous 
convective heating and trigger the corresponding enhanced 
convective activity in this area. This enhanced convective 
activity causes an anomalous upward motion (Fig. 11b) and 
results in the cyclonic wind vector and positive vorticity 
anomalies at 850-hPa (Fig. 11c), and vice versa (Kosaka 
and Nakamura 2006). Meanwhile, positive OLR, downward 
motion, anticyclonic wind vector, and negative vorticity 
anomalies are observed over the SCS, which indicates that 
the positive geopotential height anomalies may dominate 
over this region. Meanwhile, negative OLR anomalies are 
observed around Japan and its maritime region (Fig. 11a), 
corresponding to enhanced convective activity (Fig. 11b) 
and positive geopotential height anomalies at 500-hPa. 
Corresponding to the significant meridional components, 
coupled vertical motions and horizontal wind anomalies 
from tropical region to extratropical region could be seen in 
Fig. 11b, c, indicating the interaction between different com-
ponents of the tripole wave pattern. The regressed summer 
precipitation presents the positive-negative-positive-negative 

spatial structure from the south to north (Fig. 11d) which 
is consistent with the OLR distribution shown in Fig. 11a. 
Therefore, thermal activity caused by anomalies of SSTs 
over the tropical West Pacific, especially over the IMC, 
might be one of the external forces for triggering the EAP 
teleconnection.

The composite OLR of pattern I indicates the meridi-
onal tripole structure from south to north and the zonal 
dipole structure along the 40°N, matching the precipitation 
distribution very well (Fig. 12a). It is also noted that the 
composite summer precipitation over the tropical region 
are different from the IMC SST regressed OLR (Fig. 11a) 
and precipitation pattern (Fig. 11d), implying there might 
be other factors that impact the EAP teleconnection. (Wang 
et al. 2009) suggested that the WNP monsoon trough con-
vection over the Philippine Sea could be influenced by the 
ENSO, which may affect the summer WNP subtropical high 
and the rainfall pattern over EA through the EAP telecon-
nection. The tropical East SST regressed summer precipita-
tion and OLR presents the similar structure as pattern I of 
EAP-SR composition, reflecting SST over the tropical East 
Pacific also plays an important role in triggering the EAP 

Fig. 10  Spatial distribution of CCs of geopotential height anomalies 
at 500-hPa with a EAP and b SR and the schematic diagram of the 
combination of EAP and SR teleconnections at 500-hPa with c same 
phase and d opposite phase. Shadings in a, b indicate the 95% sig-

nificance level. For the schematic diagrams, black lines and gray con-
tours represent the EAP and SR teleconnection, respectively, while 
straight contours indicate positive anomalies and dash contours indi-
cate negative anomalies



1510 Z. Gong et al.

1 3

pattern and influencing the relevant summer precipitation 
structure. Furthermore, the OLR of pattern II (Fig. 12b) 
shows the wave train structure in the meridional direction 
which is consistent with the IMC related OLR (Fig. 11a) and 
precipitation pattern (Fig. 11d), indicating the IMC related 
precipitation anomaly is comparable to the precipitation and 
OLR anomaly pattern. Accordingly, the remote tropical East 
SST forcing as well as the local SST forcing are both key 

factors for producing the principle portion of summer pre-
cipitation over EA–WP (Zhou et al. 2009).

5.2  The atmospheric process of SR teleconnection

With respect to the SR teleconnection as a zonal wave train, 
Lu and Kim (2004) explained that this teleconnection may 
be due to the eastward propagation of the Rossby wave 
train along the westerly jet stream at 200-hPa. Kosaka et al. 

(a)

(b)

(c)

(d)

Fig. 11  Regression of anomalies of a OLR (units: W  m−2), b meridi-
onal cross-section of vorticity (shading, units: ×106  s−1) along 125°E 
and omega (vectors, − 0.01*Pa  s−1) along 125°E from 1000-hPa to 
100-hPa, c vorticity (shading, units: ×106  s−1) at 850-hPa (contour) 
and the corresponding wind vector (units: m  s−1), d standardized 

summer precipitation onto the time series of the SST average for the 
Indonesia maritime continent (IMC, Indonesia and surrounding seas, 
5°S–5°N, 100°E–130°E). Dotted areas in a, d indicate the 95% sig-
nificance level, vectors of vertical motion below the 95% significance 
level in c are not plotted
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(2009) revealed that the SR’s extraction of available poten-
tial energy from the baroclinic Asian jet is highly efficient 
for its self-maintenance. Kosaka et al. (2012) further simu-
lated that blocking developed over eastern Europe in 2010 
was instrumental in triggering the SR teleconnection. Cor-
relation between SR and meridional wind velocity anoma-
lies at 200-hPa is shown in Fig. 13a. Significant correlation 
exhibits a wave pattern originating from Western Europe, 
extending to Japan along the Asian jet stream. The time 
series of the geopotential height anomalies averaged over 
the possible source of the SR teleconnection in East Europe 
(37.5°N–40.0°N, 60°E–62.5°E) is defined as the EUG index 
(EUGI). Meridional wind velocity anomalies regressed onto 
the EUGI (Fig. 13b) present a wave train pattern along the 
Asian jet stream. Regressed geopotential height anomalies 
and vorticity anomalies at 200-hPa (Fig. 13c) also show a 
similar wave train structure as the SR teleconnection.

It is also noted that a waveguide originates from Eastern 
Europe and propagates to Pakistan and northeastern India. 
According to a previous study (Ding and Wang 2005), an 
anomalous high can be triggered over Eastern Europe, caus-
ing a Rossby wave train propagation from western Europe 
to west-central Asia, resulting in an enhanced convection 
and precipitation over northwestern India and Pakistan. 
Figure 14 indicates that the MJJ (May, June, and July) pre-
cipitation may trigger the positive geopotential height and 
negative vorticity anomalies over central East Asia. Fig-
ure 15a, b show anomalies of Z200, vorticity, and meridi-
onal wind velocity at 200-hPa regressed onto the time series 
of the Z200 averaged over the central Asia (37.5°N–40°N, 
60°E–62.5°E), reflecting a wave pattern from West Asia to 
Japan. That is to say, strengthened Z200 over central West 
Asia could generates the SR teleconnection along the Asian 

jet stream. Figure 15c shows that MJJ precipitation over 
India and Pakistan could regress the wave train existed in 
the meridional wind field. Therefore, in combination with 
previous studies (Lu 2004; Ding and Wang 2005; Sato and 
Takahashi 2006; Kosaka et al. 2009; Lau and Kim 2012), 

(a) (b) (c)

Fig. 12  Composite abnormal of summer precipitation (shading, units: 
mm) and OLR (contour, units: W  m−2) for a pattern I, b pattern II 
of EAP–SR composition, and regression of the standardized summer 

precipitation and OLR onto the SST time series averaged over the 
tropical East Pacific region (0–10°N, 90°W–120°W), dotted areas in c 
indicate the 95% significance level for the summer precipitation

 

 

 

(a)

(b)

(c)

Fig. 13  Spatial distribution of a CCs of SR with meridional wind 
velocity anomalies, regression of b meridional wind velocity anoma-
lies (contours, units: m  s−1), and vorticity anomalies (units:  10−6 s−1) 
and geopotential height (gpm) at 200-hPa onto the EUGI index. 
Shadings in a, b indicate the 95% significance level. Blue lines in b 
indicate the Asian jet; vectors of wave-activity flux below 0.5 in c are 
not plotted
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atmospheric anomalies in the upper troposphere over East-
ern Europe might be the internal factor triggering the wave 
train propagation southwestward, causing the precipitation 
over Pakistan and northeastern India. The leading precipi-
tation, in turn, strengthens the anomalous high over west-
central Asia and then generates and maintains the SR tel-
econnection downstream.

6  SST anomaly and wave pattern 
corresponding to the EAP–SR composition

Section 4 revealed that anomalies of tropical Pacific SST is 
the major external force for exciting the EAP teleconnection, 
while the internal atmospheric anomalies and wave-activity 
are the major reasons for motivating and maintaining the SR 
teleconnection. The SST anomaly and wave-activity pattern 
corresponding to EAP–SR compositions are presented in 
this section.

Figure 16a shows the anomalies of SST corresponding 
to pattern I of EAP–SR composition, in which SCS, Bay of 
Bengal, the eastern tropical Indian Ocean and the tropical 
Pacific around the Philippines are dominated by negative 
SST anomalies. Meanwhile, negative SST is also observed 
in the tropical East Pacific. On the one side, as addressed 
in Sect. 4.1, negative SST anomalies over IMC suppress 
the convective activity in the tropical region, causing the 
anomalous upward motion and negative geopotential height 
at 500-hPa over the SCS through function of the Hadley 
circulation, then result in a positive EAP teleconnection. On 
the other hand, negative SSTs over tropical East Pacific may 
strengthen the convective activity in West Pacific, trigger the 
positive EAP and produce more precipitation in West Pacific 

Fig. 14  Regression of summer (JJA) anomalies of Z200 (contour, 
units: gpm), vorticity (shading, units: ×106  s−1) and wind velocity 
(vector,  ms−1) at 200-hPa onto the time series of the precipitation 
anomalies (MJJ) averaged over the region (18°N–30°N, 65°E–75°E). 
Vectors below the 95% significance level are not plotted

(a)

(b)

(c)

Fig. 15  Regression of anomalies of a Z200 (contour, units: ghm) and 
vorticity (shading, units: ×106  s−1), and b meridional wind velocity 
(contour, units,  ms−1) at 200-hPa onto the time series of the Z200 
averaged over the region (37.5°N–40°N, 60°E–62.5°E); c meridi-
onal wind velocity (vector,  ms−1) at 200 hPa onto the time series of 
the precipitation average over the region (18°N–30°N, 65°E–75°E). 
Blue lines in b, c are 30 and 40 ms−1 of contours of the climatolog-
ical-mean zonal wind velocity, which indicate the Asian jet wave-
guide. Vorticity below the 95% significance level in a are not plotted. 
Yellow and blue shadings indicate the positive and negative 95% sig-
nificance level

(a)

(b)

Fig. 16  Composite anomalies of SST (units: °C) for a pattern I and b 
pattern II of EAP–SR composition. Shadings indicate the 95% signifi-
cance level
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(Fig. 12a). For pattern II of EAP–SR composition, positive 
SSTs anomalies over tropical East Pacific is not significant 
(Fig. 16b), indicating its weak tele-influence on West Pacific 
convection. Meanwhile, SSTs over IMC are dominated by 
positive SST anomalies (Fig. 16b), which can strengthen 
the heat convection, promote the anomalous upward motion 
at tropical region and cause the downward motion near the 
SCS through the Hadley circulation function, then lead to 
a negative EAP teleconnection and summer precipitation 
pattern presented in Fig. 12b. Therefore, the tropical East 
Pacific SST probably has a dominating impact on EAP tele-
connection for pattern I, while the IMC SST plays an impor-
tant role in influencing the EAP of pattern II. Pattern III (IV) 
of EAP–SR composition has the negative (positive) EAP 
phase as pattern II (I), the corresponding spatial distribution 
of SST anomalies is quite similar.

Figure 17a presents atmospheric anomalies and wave-
activity flux of pattern I, in which eastern Europe is con-
trolled by southward wind velocity anomalies and weak 
positive vorticity. Significant vorticity coupled with each 
other along the Asian jet stream, accompanied by eastward 
propagation of wave-activity fluxes, the meridional wind 
anomalies exhibit a “−+−+−” pattern at 200-hPa from 
eastern Europe to Japan (Kosaka et al. 2012). Meanwhile, 
atmospheric anomalies and wave-activity flux of pattern IV 
are presented in Fig. 17b. Anomalies of meridional wind 
velocity and vorticity exhibit similar spatial structures but 
opposite anomalous phase of pattern I. Eastward wave-activ-
ity fluxes indicate the wave train may have originated from 
atmospheric anomalies over Eastern Europe, accompanied 
by a “+−+−+” structure for meridional wind anomalies at 

200-hPa. Since atmospheric circulation anomalies and wave-
activity flux of pattern II (III), respectively, have similar 
anomalous structures as patterns I (IV), the spatial distribu-
tion figure is omitted.

7  Conclusion and brief discussion

EAP teleconnection has a close relationship with the meridi-
onal tripole pattern of summer precipitation over EA–WP, 
while SR teleconnection can affect the zonal anomalous 
wave pattern of summer precipitation along the Asian jet. 
Since origins of EAP and SR teleconnections are inde-
pendent of each other (Huang 1987; Nitta 1987; Enomoto 
et al. 2003) and both teleconnections have influences on the 
climate of subtropical region, EAP–SR compositions are 
divided as pattern I (+ +), pattern II (+ −), pattern III (− −), 
and pattern IV (− +) based on EAP and SR indices for bet-
ter understanding of the EAP–SR co-action on impacting 
climate anomalies in EA–WP.

Spatial distribution of summer precipitation over EA–WP 
for pattern I (pattern III) shows tripole meridional structure 
from low latitude to high latitude regions, with significant 
positive (negative) anomalies over tropical and extratropi-
cal regions, and negative (positive) anomalies over sub-
tropical regions. This meridional tripole pattern is more 
distinct in the region east of 120°E than west of that lon-
gitude. The zonal precipitation anomalies of pattern I (pat-
tern III) present west–positive (negative) and east–negative 
(positive) structure in subtropical region. Meanwhile, sum-
mer precipitation of pattern II EAP–SR composition also 
exhibits tripole structure in meridional direction, while the 
zonal structure over subtropical regions presents narrow but 
continuous positive (negative) anomalies along the band 
between 30–40°E.

Corresponding to the summer precipitation spatial anom-
alous distribution, geopotential height at 500-hPa shows the 
tripole meridional anomaly structure for pattern I (III) of 
EAP–SR composition, while the zonal anomalies along 
the Asian jet exhibit the “+−+” (−+−) wave pattern along 
the subtropical region from west to east. For pattern II, the 
meridional anomalous pattern at 500-hP has a similar tripole 
structure, while the zonal wave pattern is replaced by the 
continuous negative (positive) anomalies over the subtropi-
cal region from the middle East China to Japan. Vertical sec-
tions of geopotential height anomalies further indicate that 
the EAP–SR composition maintains the atmospheric tripole 
anomalous pattern in the meridional direction. Besides, Pat-
tern I (III) presents wave-like anomalous structure in the 
zonal direction over subtropical region of Eastern EA–WP, 
while pattern II (IV) exhibits continuous anomalies along 
the band around 40°N, with the anomaly intensity over sub-
tropical regions being much weakened and anomaly belt 

(a)

(b)

Fig. 17  Composite anomalies of summer meridional wind velocity 
(contours, units:  ms−1), vorticity (shaded, units: ×106  s−1) and wave-
activity flux (arrows, units:  m−2s−2) at 200-hpa level for a pattern I 
and b pattern IV of EAP–SR composition. Yellow shading indicates 
negative vorticity, while blue shading indicates positive vorticity. 
Vectors of wave-activity flux below 1.0 are not plotted
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obviously compressed. It is implied that spatial distribu-
tions of geopotential height anomalies are consistent with 
the anomalous structure of summer precipitation in EA–WP. 
Moreover, spatial distribution of wind anomalies and mois-
ture divergence (convergence) further demonstrate the pos-
sibility that summer precipitation patterns over EA–WP are 
caused by co-action of EAP and SR teleconnections.

The dynamical process of EAP teleconnection indicates 
that the thermal activity caused by anomalies of SST over 
the IMC is the external force for causing the EAP telecon-
nection. Meanwhile, atmospheric anomalies in the upper 
troposphere over eastern Europe might be the internal factor 
in causing wave train propagation to southward, triggering 
the precipitation over Pakistan and Northeastern India. The 
leading precipitation, in turn, will strengthen the anomalous 
high over west-central Asia that generates and maintains 
the teleconnection downstream of SR. Interpretation of the 
schematic mechanism for the co-action of EAP and SR tel-
econnection on influencing summer precipitation in EA–WP 
can be inferred in Fig. 18.

In Fig. 18a of pattern I, negative SST anomalies over 
tropical East Pacific may strengthen convective activity in 
the whole West Pacific, trigger the positive EAP teleconnec-
tion and produce more precipitation. Besides, the negative 
anomalies of SST over IMC can further weaken the thermal 

convective activity, causing anomalous downward motion 
in equatorial region but upward motion over the SCS. The 
upward motion triggers negative anomalies in the middle 
troposphere (500-hPa) over low latitude regions through 
the function of Hadley circulation. Along with an equiva-
lent barotropic structure tilting slightly northward, Rossby 
wave-like perturbations propagate northward in the lower 
and the middle troposphere, causing positive anomalies 
at 500-hPa over the subtropical regions. With the similar 
wave-activity propagating mechanism, negative anomalies 
dominate the high latitude region at 500-hPa. Meanwhile, in 
the zonal direction, positive anomalies at 500-hPa in Eastern 
Europe cause the wave-activity flux to propagate eastward 
along the Rossby wave train, which may also strengthen the 
precipitation over northeastern India and Pakistan. This situ-
ation causes the anomalous wave pattern “+−+−+” with 
positive SR teleconnection along the Asian jet stream at 
500-hPa level. A positive SR-induced positive geopoten-
tial height anomalies over the Korean Peninsula and Japan 
overlapped with the positive lobe of EAP teleconnection, 
which may strengthen the west-negative and east-positive 
contrast anomalies across 120°E. Accordingly, pattern I of 
EAP–SR composition cause a meridional tripole pattern 
with more precipitation over low and high latitude regions, 
and less precipitation in subtropical regions in EA–WP. It 
also makes the zonal dipole pattern to exhibit more precipi-
tation over central East China, but less precipitation over the 
Korean Peninsula, Japan, and maritime region. In pattern II 
(Fig. 18b), the SST anomalies over the tropical East Pacific 
is not significant, causing the weak tele-impact on the tropi-
cal West Pacific. Meanwhile, the negative anomalies of the 
IMC SST cause the negative EAP teleconnection. Corre-
sponding negative anomalies over subtropical regions may 
weaken the positive SR-induced positive anomalies over 
the Korean Peninsula and Japan, leading to the continuous 
negative anomalies at 500-hPa over subtropical regions from 
central East China to Japan. Accordingly, more precipita-
tion occurs over subtropical regions, while less precipitation 
exists over low latitude and high latitude regions in EA–WP. 
Pattern III of EAP–SR composition has a similar mechanism 
as Pattern I, while Pattern IV is similar to Pattern II.

Previous studies have also suggested that the mechanisms 
for triggering EAP teleconnection are diverse. For example, 
WPSH–ocean interaction can provide a source of climate 
predictability that extends ENSO impacts to upstream mid-
latitudes, affecting the South Asian and EASM as a primary 
circulation system (Wang and Fan 1994; Wang et al. 2013). 
The PJ pattern is the atmospheric manifestation of an air–sea 
coupled mode spanning the Indo-NWP warm pool. The PJ 
pattern forces the Indian Ocean (IO) via a westward propa-
gating atmospheric Rossby wave. In response, IO SST feeds 
back and reinforces the PJ pattern via a tropospheric Kel-
vin wave. Ocean coupling increases both the amplitude and 

SR teleconnec�on at 
200hPa

Less precipita�on

SSTA (-)

(a) Posi ve EAP – Posi�ve SR

SSTA (+)

SR teleconnec�on at 
200hPa

Less precipita�on

Normal SSTA

(b) Nega ve EAP – Posi�ve SR

Fig. 18  Schematic diagram of the co-action of EAP and SR telecon-
nection on impacting the summer precipitation anomalous pattern 
over EA–WP. Black contours denote SR teleconnection at 200-hPa 
and red contours denote EAP teleconnection at 500-hPa. Arrows 
denote wave activity flux of Rossby wave train and vertical overturn-
ing circulation of EAP. Red shadings denote the positive SST anom-
aly, blue shading denotes the negative SST anomaly, green shadings 
denote more precipitation and yellow shadings denote less precipita-
tion
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temporal persistence of the PJ pattern (Kosaka et al. 2013). 
The North-West Pacific anticyclone (NWP-AC) is embedded 
in a large-scale meridionally anti-symmetric Indo-Pacific 
atmospheric circulation response and has been shown to 
exhibit large impacts on precipitation in Asia (Stuecker et al. 
2015). In this paper, we focused our attention on the role 
of tropical West Pacific SSTs heating anomalies in excit-
ing the EAP teleconnection through the function of tropical 
Hadley circulation. Therefore, local SST-induced convection 
could be argued as one of the explanations to the physical 
dynamics forming the EAP teleconnection. This study fur-
ther confirms the theory proposed by (Wang et al. 2009), 
in terms of the origins, there are two categories of summer 
precipitation modes in EA: ENSO related and non-ENSO 
(or weak ENSO) related.
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Abstract
The autumn climate in Southwest China (SWC) experienced a notable wet-to-dry shift in 1994. Associated with this change 
in precipitation, decadal signatures of large-scale atmospheric circulation and SST identify a likely dynamical origin: the 
tropical warm pool (TWP) consisting of tropical northwest Pacific (TNWP, 3°S–12°N and 110°E–150°E) sector and tropical 
east Indian Ocean (TEI, 10°S–3°N and 80°E–110°E) sector. A cold-to-warm phase switch of TWP SST occurred in 1994, 
coinciding exactly with the timing of the regime transition of SWC precipitation. During post-1994 period, warm states in 
the TNWP and TEI sectors plays in a synergistic fashion to invoke dry decades in SWC. On the one side, warm SST over 
the TNWP sector excites an anomalous cyclone centered on the South China Sea directed opposite to the climatological 
moisture transport and strengthened zonal wind to its west accompanied by a weakening of the poleward flux; on the other 
side, warm SST over the TEI sector acts to intensify inflow into TEI with less concurrent transfer of moisture to SWC and to 
steer moisture to the northern Arabic Sea and away from the SWC-oriented track. Meanwhile, the troposphere over SWC is 
capped by subsidence, which is jointly contributed by TNWP and TEI. It then follows a reduced moisture supply, suppressed 
convective activity, and anomalous divergence in SWC, bringing a precipitation deficit there. In contrast, cold TWP SST dur-
ing 1961–1994 favors wet conditions in SWC, given a perfectly symmetrical circulation pattern. Further, the dominant role 
of TWP is confirmed, because the modeled response to TWP SST forcing alone bears a great resemblance to the observed 
evidence. Finally, it is also found that the teleconnected influence induced by TWP is stronger in southern SWC than in 
northern SWC, which explains the south-north gradient of interdecadal signal of SWC precipitation.

Keywords Drought · Southwest China · Decadal shift · Tropical warm pool · SST

1 Introduction

In recent decades, there have been recurring disastrous 
droughts in Southwest China (SWC), with the summer 
of 2006 (Peng et al. 2007), the autumn of 2009 to the 
spring of 2010 (Huang et al. 2012), the late summer of 
2011 (Wang et al. 2012), and the spring of 2013 (Duan 
et al. 2014) being the record-breaking events during the 
last 50 years. These drought events have resulted in tre-
mendous losses, including crop failure, a lack of drinking 
water, ecosystem destruction, health problems, and even 
deaths (Wang et al. 2015a). The first wave of droughts 
swept across SWC during the summer of 2006, causing 
drinking water shortages to at least 18 million people and 
an economic loss of 11.74 billion yuan (the official cur-
rency in China). During the long-lasting drought from 
autumn 2009 to the ensuing spring of 2010, more than 
16 million residents and 11 million livestock suffered 

 * Gang Huang 
 hg@mail.iap.ac.cn

1 CAS Key Laboratory of Regional Climate-Environment 
for Temperate East Asia, Institute of Atmospheric Physics, 
Chinese Academy of Sciences, Beijing 100029, China

2 State Key Laboratory of Numerical Modeling 
for Atmospheric Sciences and Geophysical Fluid Dynamics, 
Institute of Atmospheric Physics, Chinese Academy 
of Sciences, P.O. Box 9804, Beijing 100029, China

3 Center for Monsoon System Research, Institute 
of Atmospheric Physics, Chinese Academy of Sciences, 
Beijing 100190, China

4 Guy Carpenter Asia-Pacific Climate Impact Centre, School 
of Energy and Environment, City University of Hong Kong, 
Hong Kong, China

5 State Key Laboratory of Tropical Oceanography, South 
China Sea Institute of Oceanology, Chinese Academy 
of Sciences, Guangzhou, China

http://orcid.org/0000-0002-3810-4724
http://crossmark.crossref.org/dialog/?doi=10.1007/s00382-018-4068-8&domain=pdf


3112 L. Wang et al.

1 3

from water shortages, and direct economic losses were 
estimated at 19 billion yuan. Only one year later, SWC was 
again greatly affected by drought, with a total of 5.86 mil-
lion hectares of crop failures and water shortages for 
12 million people and 9.17 million livestock. Before the 
affected regions were able to recover adequately, another 
drought began to form during the autumn of 2012 and 
reached peak intensity in the spring of 2013, when nearly 
29.38 million people were at risk and 4.35 million needed 
urgent life-saving aid.

Prior to this series of droughts occurring over SWC, there 
had been intensive focus on drought and flooding across 
eastern China (e.g. Chen et al. 2009, 2015; Feng et al. 2011, 
2014a; Yuan et al. 2012; Jia and Ge 2017). However, SWC 
droughts during the last decade have attracted great con-
cern from both the Chinese government and the academic 
sector. To date, considerable efforts have been dedicated to 
exploring multiple aspects of droughts in SWC, and most 
of the contributions can be roughly categorized into two 
groups: one is related to the characteristics of variability 
and the other to the physical mechanisms responsible (Wang 
et al. 2015a). On the one hand, it is found that droughts in 
SWC have become more intense and frequent during the past 
50 years (Wang and Chen 2012; Wang et al. 2016; Sun et al. 
2016, 2017) and they are projected to continue throughout 
the twenty-first century (Wang et al. 2014). On the other 
hand, many studies have attempted to unveil the critical pat-
terns of SST and atmospheric systems that have significant 
influence on the lack of rainfall in SWC; this progress has 
been comprehensively reviewed by Wang et al. (2015a). 
Here, we want to emphasize that most research has been cen-
tered on case studies (e.g., Peng et al. 2007; Li et al. 2009; 
Barriopedro et al. 2012; Huang et al. 2012; Yang et al. 2012) 
and interannual variability (e.g., Feng et al. 2014b; Wang 
et al. 2015b; Li and Zhou 2016), but interdecadal variability 
has not been well addressed so far. As we know, decadal 
oscillations cause an overall climate background and have 
a large influence on interannual variability and extremes 
(e.g., Ding et al. 2008; Zhang et al. 2008; Li et al. 2012; 
Wu et al. 2012; Chen et al. 2012, 2013; Liu and Sui 2014; 
Jia et al. 2014, 2015; Piao et al. 2017). More recently, Tan 
et al. (2017) examined decadal winter drought in SWC and 
its atmospheric teleconnection; Zhang et al. (2017) revealed 
the causes of the long-term decrease in summer precipita-
tion over SWC by tracing changes in moisture supply. This 
study focuses on interdecadal shifts in dryness/wetness over 
SWC in autumn (September to November), a key season that 
triggers persistent dry conditions heading into the ensuing 
winter and spring.

This study is organized as follows. Section 2 describes 
the data, methods, and numerical models. In Sect. 3, statis-
tical diagnoses and numerical experiments are performed 
to physically understand the decadal variability of SWC 

precipitation and its connection to SST and atmospheric 
circulation. Finally, concluding remarks and further discus-
sions are given in Sect. 4 and Sect. 5, respectively.

2  Data, methods and models

2.1  Data

China gridded monthly precipitation dataset with 0.5° × 0.5° 
horizontal resolution since 1961 is released and routinely 
updated by the National Meteorological Information Center 
(NMIC) of the China Meteorological Administration. This 
product is built through thin plate spline interpolation of 
about 2400 rain gauge observations to the nodes of the 0.5° 
grid, with the digital elevation model GTOPO30 incorpo-
rated to eliminate the influence of elevation on precipitation. 
On the whole, this dataset has proven to be of good quality, 
since the generation process is subjected to rigorous qual-
ity control (NMIC 2012). In parallel, the gridded observed 
potential evapotranspiration (PET) dataset at monthly 
intervals is retrieved from the latest version (Harris et al. 
2014) of the Climatic Research Unit (CRU). The CRU PET, 
derived based on a variant of the Penman–Monteith method, 
accounts for the combined effects of temperature, radiation 
and humidity. The horizontal grid of the PET dataset pro-
vided by CRU coincides with that of the precipitation data 
prepared by the NMIC.

To examine the SST and atmospheric teleconnection pat-
terns associated with precipitation variability, this study uses 
Extended Reconstructed Sea Surface Temperature (ERSST) 
data on a 2° × 2° grid, developed by NOAA (Smith et al. 
2008) and Japanese 55-year Reanalysis (JRA-55) data on a 
1.25° latitude–longitude grid at 37 pressure levels, compiled 
by the Japan Meteorological Agency (Kobayashi et al. 2015; 
Harada et al. 2016). The variables analyzed include SST, 
vertically integrated moisture transport, vertical velocity, 
total precipitable water, and wind vectors.

Note that all of these data are used for the period 
1961–2013.

2.2  Methods

The breakpoint in time series with interdecadal change is 
detected from the generalized fluctuation test framework 
(Kuan and Hornik 1995; Zeileis et al. 2003), which fits a 
model to the given data and derives an empirical process that 
captures the fluctuation either in residuals or in parameter 
estimates. In this study, the empirical fluctuation process 
is computed based on cumulative sums with ordinary least 
squares residues (OLS-based CUSUM), as introduced by 
Ploberger and Krämer (1992). A segment of the CUSUM 
chart with an upward slope indicates a period when the 
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values tend to be above the overall average; likewise, a seg-
ment with a downward slope indicates a period when the 
values tend to be below the overall average. Thus, a peak or 
valley of the CUSUM trajectory that exceeds the confidence 
threshold corresponds to a sudden shift in the average.

Drought indices are quantitative measures that character-
ize dry and wet levels by assimilating data from one or sev-
eral indicators into a single numerical value. Thus, besides 
precipitation consideration, we also employ two well-known 
drought indices: Standardized Precipitation Evapotranspi-
ration Index (SPEI) and Standardized Precipitation Index 
(SPI). The complete calculation procedures of SPEI and SPI 
are available in Vicente-Serrano et al. (2010). SPEI is an 
extension of SPI and able to capture impact of evaporation 
on water demand, while SPI is solely dependent on precipi-
tation. Therefore, the difference between SPEI and SPI illus-
trates the contribution of evaporation anomalies.

Correlation and composite analyses are performed to 
diagnose relationships between precipitation and large-scale 
climate features.

2.3  Models

Numerical model simulation is a useful tool for interpret-
ing and isolating detailed physical mechanisms linking SST, 
circulation, and rainfall. To carry out the investigations, we 
use two types of numerical models: one is the moist Linear 
Baroclinic Model (LBM) version 2.2, and the other is the 
Community Atmospheric Model (CAM) version 5.1. LBM 
is linearized atmospheric model by removing nonlinearity in 
the dynamical atmosphere, so that simulated results would 
be much easily interpreted. Compared to LBM, CAM is a 
fully nonlinear atmospheric model with a number of physi-
cal processes and feedbacks involved, which aims to yield a 
realistic representation of the climate system.

Moist LBM incorporates interacting moist processes of 
the convection and surface heat fluxes into the conventional 
LBM, in order to obtain a steady atmospheric response to 
a prescribed SST anomaly. It has a spectral T21 horizontal 
resolution with 20 vertical levels, and utilizes biharmonic 
thermal diffusion and linear drag which mimics Rayleigh 
friction and Newtonian damping. The basic state is derived 
from the autumn (September–November) mean climatology 
of the ECMWF reanalysis data (ERA40) during 1961–1990. 
LBM is integrated forward in time to reach equilibrium. Full 
details of moist LBM can be found in Watanabe and Jin 
(2003).

CAM is an atmospheric general circulation model 
(AGCM) and released as the atmospheric component of 
the Community Earth System Model version (CESM). It is 
configured to run with the finite volume dynamical core at 
a horizontal resolution of 1.9° latitude and 2.5° longitude 

with 26 levels in the vertical. The relevant information about 
CAM5.1 can be found in Neale et al. (2012).

3  Analysis

3.1  Decadal structure of autumn precipitation 
in SWC

The top panel of Fig. 1 outlines the domain of SWC, which 
covers an area of approximately 1.23 million  km2, or 12.9% 
of China, with latitude and longitude ranging from 22°N to 
32°N and 98°E to 110°E, respectively. SWC comprises four 
provinces and one municipality: Sichuan, Guizhou, Yunnan, 
west of Guangxi, and Chongqing. The precipitation in SWC 
is characterized by a strong annual cycle with rainy sum-
mer and dry winter, as shown in the bottom panel of Fig. 1. 
Autumn precipitation is 22% of the annual total, ranking 
as the second wettest calendar season. Because winter is a 
climatological dry season, a significant reduction in autumn 
precipitation will lead to sustained and enhanced drought. 
Therefore, it is of great significance to discuss autumn 

Fig. 1  a Geographic location of SWC (brown cross-hatching). b The 
annual cycle of precipitation for SWC, with the annual mean marked 
by the horizontal red line
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drought, although the majority of precipitation falls in the 
summer.

Figure 2 shows the autumn (September to November) 
averaged anomalies of precipitation (a), SPEI (b, red line) 
and SPI (b, blue line) for SWC from 1961 to 2013, with 
respect to the entire period of record. On the one side, there 
appears to be virtually no discrepancy between SPEI and 
SPI, indicating dominant role of precipitation whilst neg-
ligible contribution of other factors including temperature, 
radiation and humidity. On the other side, it reveals a close 
correspondence between precipitation and drought indices, 
with correlation coefficient being 0.97. These two points 
qualify the use of precipitation to identify the characteristics 
of dry and wet spells in the following discussion.

To determine the decadal regime shift, a CUSUM plot 
using the OLS residuals is drawn in Fig. 3a. The CUSUM 
path is bowed, implying that the mean of the series is not 
stable during the period with one change point. Obviously, 
the curve goes outside the 5% significance level and takes a 
sudden turn from climbing to declining in 1994, which indi-
cates that around this time the average shifted from above-
average to below-average. Thereby, the OLS-based CUSUM 
test detects an abrupt shift to drier conditions in 1994, prior 
to which rainfall is generally above average. Meanwhile, the 
mutation tests on SPEI and SPI, as expected, lead to the 
same conclusion. Furthermore, the seven most humid years 
(1963, 1965, 1972, 1973, 1982, 1983, and 1986) all occurred 
before 1994, while the decades since 1995 contain the top 
three driest years (1998, 2002, and 2009).

If we inspect the full period, the precipitation series shows 
a mathematically decreasing trend with a rate of − 0.32 mm 
per year, which is significant at the 95% confidence level. 

However, the same tests applied for two periods, 1961–1994 
and 1995–2013, have P values of 0.77 and 0.5, respectively, 
indicating acceptance of the null hypothesis of “no trend” 
with high probability. Therefore, such changes are more 
closely tied to decadal climate cycles rather than a continu-
ous tendency toward drier conditions.

Table 1 shows a complete list of the dry and wet years 
identified with precipitation less or more than half a standard 
deviation. There is a sharp contrast between the two periods 
of 1961–1994 and 1995–2013: the earlier period is a wet 
epoch, with 15 (44%) wet versus 6 (18%) dry cases, while 
the reverse is true for the more recent period, with a much 
higher proportion of dry (53%) than wet years (15%). In 
order to establish the circulation and SST patterns associ-
ated with decadal precipitation variability, the composite 
fields of wet years during 1961–1994 and dry years during 
1995–2013 are compared. In addition, the reversal in rela-
tive frequencies of dry and wet years is not sensitive to the 
specific values chosen for the thresholds.

Figure 4 depicts the spatial pattern of the precipitation 
composite in SWC corresponding to wet and dry decades. 

Fig. 2  Temporal anomalies of autumn precipitation (a), SPEI (b, red 
solid) and SPI (b, blue dashed) in SWC from 1961 to 2013

Fig. 3  OLS-based CUSUM processes (black curve) with 5% signifi-
cance level (horizontal red line) for SWC precipitation (a) and TWP 
SST (b)
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During the former decadal period, a broad area of SWC 
receives more precipitation compared to climatology, while 
rainfall deficits overwhelm the whole region after the 1994 
shift. Quantitative evaluation shows that there is 29% more 
precipitation (90 versus 70 mm) in the wet period than in the 
dry period. This figure also suggests that the decadal signal 
is not geographically homogeneous but varies from above 
20 mm in the south to less than 10 mm in the north.

3.2  Circulation and SST patterns associated 
with decadal precipitation variability

The autumn climatology of vertically integrated moisture 
flux and divergence is shown in Fig. 5, in which two main 
transport routes of water vapor into SWC are exhibited. One 
is related to a large-scale anticyclone centered on the South 
China Sea, which takes moisture across the South China 
Sea and Indo-China peninsular into SWC. The other is a 
poleward conveyor stretching from the equatorial Indian 
Ocean to SWC. These two channels merge into one toward 
the northeast before entering SWC. Future work will need 
a quantitative estimate of moisture source contributions 
based on trajectory tracking model, for example Zhang et al. 
(2017).

Figure 6 shows large-scale atmospheric circulation pat-
terns associated with decadal fluctuations in SWC precipita-
tion, involving vertically integrated moisture transport and 

divergence, column precipitable water, vertical velocity at 
500 hPa and divergent wind at 200 hPa. In what follows, 
we describe mainly the composite patterns tied to the dry 

Table 1  Dry and wet years of 
over half a standard deviation 
for two decades (1961–1994 
and 1995–2013)

1961–1994 (34 years) 1995–2013 (19 years)

Dry (P < − 0.5σ) 1962, 1969, 1974, 1981, 1984, 1992 1996, 1998, 2002, 2003, 2004, 
2005, 2007, 2009, 2011, 
2012

Wet (P > 0.5σ) 1963, 1964, 1965, 1967, 1968, 1972, 1973, 1976, 
1977, 1982, 1983, 1985, 1986, 1987, 1990

1995, 1999, 2008

Fig. 4  Composite maps of 
autumn precipitation anomalies 
(shadings, units: mm) in SWC 
for wet years 1961–1994 (a) 
and dry years (defined in text) 
1995–2013 (b). The stippling 
indicates negative or positive 
anomalies greater than the 90% 
confidence level

Fig. 5  Climatological pattern of vertically integrated moisture flux 
(vectors, units: kg  s−1  m−1) and divergence (shadings, units:  10−4 kg 
 s−1  m−2) for East Asia. Vectors with magnitudes less than 50 kg  s−1 
 m−1 are masked out
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decades of 1995–2013 (right column), as the wet compos-
ites display roughly identical features except with opposite 
anomalies.

Regarding moisture transport anomalies (Fig. 6b), three 
features are noteworthy: first, an anomalous cyclone appears 
over the South China Sea, which is oriented against the cli-
matological anti-cyclonic moisture flow and thus weakens 
the moisture supply from the tropical western Pacific; sec-
ond, there tends to be a weakening of the poleward moisture 
flux from the Indian Ocean to SWC, as a result of a stronger 
westerly zonal flow setting up between 5°S and 5°N and 
converging over the maritime continent; third, the anoma-
lous northwestward advection along the south flank of the 
Tibetan Plateau deflects moisture to the northern Arabian 
Sea, but away from the track ending up in SWC. All of these 
collectively reduce moisture fluxes from moisture sources 
to sinks in SWC and produce strong divergence in SWC. In 
response to the blocking of the penetration of moist flows 
originating from lower latitudes, as shown in Fig. 6d, SWC 
loses part of its precipitable water content, while abundant 
moisture stays over its source region. Figure 6f, h aim to pro-
vide a perspective on the vertical structure. There is anoma-
lous ascent and upper-level divergence over the equatorial 
western Pacific and eastern Indian Oceans, with one branch 
of the outflow heading northward or northwestward and 
converging aloft over SWC. As a result, local compensat-
ing subsidence prevails SWC and prevents the formation 
of convection and rainfall. In short, the configuration of the 
three-dimensional atmospheric circulation well explains the 
recent dry decades in SWC. In contrast, during 1961 to 1994 
labeled wet, the general pattern favors an intensification of 
moisture advection into SWC and the uplifting processes are 
intensified, so that more rainfall is expected (left column).

Further, taking a panoramic view of the circulation 
dynamics, more in-depth understanding is gained. First, the 
atmospheric structures between the latter and former dec-
adal periods appear almost perfectly symmetrical, indicat-
ing the symmetry in the underlying physical mechanisms. 
Second, north of latitude 28°N in SWC, the atmospheric 
anomaly is considerably less pronounced than it is to the 
south, which follows a south–north gradient in the amount 
of local precipitation departures, as mirrored in Fig. 4. 
Third, mostly importantly, the tropical warm pool stands 
out as a probable origin of the teleconnection. Accordingly, 

we define the tropical warm pool (TWP) as concatenating 
the tropical northwest Pacific sector (TNWP, 3°S–12°N 
and 110°E–150°E) and the tropical east Indian Ocean sec-
tor (TEI, 10°S–3°N and 80°E–110°E), as delineated by the 
dashed rectangle in Fig. 6.

To provide preliminary understanding of the relevance 
of TWP SST to precipitation in SWC, a correlation map 
between the global SST and the precipitation in SWC is 
shown in Fig. 7. It confirms the statistically significant cou-
pling between SWC precipitation and TWP SST: warm TWP 
SST corresponds to below-average precipitation in SWC and 
vice versa. Contrasting the time series of SWC precipita-
tion (bars) and TWP SST (pink line) in Fig. 8, a striking 
out-of-phase relation between them is prominent. SST in 
the TWP region exhibits a strong transition from a rela-
tively cold period prior to the mid-1990s to a warm period 
afterward. Repeating the CUSUM test procedure with TWP 
SST, the precise date of the regime shift for TWP SST is 
1994 (Fig. 3b). In addition, the SST in TNWP and TEI share 
identical temporal behaviors with that of the whole area. 
Consequently, the abrupt shift to drier conditions in 1994 
for SWC exactly coincides with a positive decadal switch 
of TWP SST, which is believed to be the dominant driver.

3.3  Numerical experiments

How does TWP SST affect the large-scale circulation and 
precipitation in SWC? To understand the physical mecha-
nism, two suites of numerical experiments are launched to 
explore the dynamical responses related to diabatic heating 
in TWP as well as to isolate the roles of the eastern sec-
tor TNWP and the western sector TEI. Prior to the imple-
mentation, an idealized elliptic patch of SST anomalies is 
constructed and then imposed on autumn SST climatology. 
This patch is defined as the multiplication of amplitude A 
and horizontal distribution function H(x,y):

 where xc and yc are the center longitude and latitude of 
the patch, Δx and Δy are the width of the patch in zonal 
and meridional extension. This formula creates a gradual 
decrease of SST anomalies when moving away from the 
center of the patch, while outside the eclipse the values are 
set to zero. In this study, Amplitude A is chosen to be either 
1 °C or − 1 °C. Six forcing conditions are prepared: (a) 
TNWP SST increased by 1 °C (amplitude A), (b) TNWP 
SST decreased by 1 °C, (c) TEI SST increased by 1 °C, 

SSTA = A ⋅ H(x, y)

H(x, y) =

⎧
⎪⎨⎪⎩
1 −

�
(x−xc)

2

(▵x)2
+

(y−yc)
2

(▵y)2
,

(x−xc)
2

(▵x)2
+

(y−yc)
2

(▵y)2
⩽ 1

0 otherwise

,

Fig. 6  Composite anomalies for wet years 1961–1994 (left column) 
and dry years 1995–2013 (right column): a, b vertically integrated 
moisture flux (vectors, units: kg  s−1  m−1) and divergence (shadings, 
units:  10−5  kg  s−1  m−2); c, d column precipitable water (shadings, 
units: kg  m−2); e, f vertical velocity at 500 hPa (shadings, units: Pa 
 s−1); g, h divergent wind (vectors, units: m  s−1) and divergence (shad-
ings, units:  10−6 s−1) at 200 hPa. Only values significant at the 90% 
confidence level are plotted or stippled. The pink box denotes the 
domain of TWP

◂
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(d) TEI SST decreased by 1 °C, (e) TWP (TNWP + TEI) 
SST increased by 1 °C, and (f) TWP (TNWP + TEI) SST 
decreased by 1 °C, as shown in Fig. 9.

LBM and CAM experiments are executed separately, but 
under the same forcing field. LBM is integrated for 50 days 
and the last 30-day average is approximated as the steady 
solution. Note that there is no control run for LBM. For 
the CAM simulations, the control experiment consists of 
20 years of integrations forced with climatological SST, 
while warm and cold experiments are initialized on the 
first day of 10th year from control experiment and run for 
10 years. The mean differences between control and per-
turbation experiments over the last 10 years are analyzed, 
in order to remove the internal variability of the model and 
highlight the SST-induced anomalous pattern.

Figure 10 shows the response of the horizontal wind at 
700 hPa (vectors) and total water vapor (shadings) in moist 
LBM. Looking at the effect of TNWP forcing (the first row 
in Fig. 10), a classic Gill-type response (Gill 1980) in the 
troposphere emerges as the most notable feature. In the case 

of the warm state (Fig. 10a), an anomalous cyclonic cir-
culation to the northwest of the heat source interrupts the 
moisture supply from the equatorial western Pacific, and 
strong zonal wind to the west of the heating zone incurs a 
much smaller portion of the expected poleward transport to 
SWC. As a result, large volumes of water vapor are trapped 
in TNWP, whereas the moisture content drops significantly 
in SWC. In contrast, in the presence of the cold SST, a sym-
metrical response with an opposite sign is found, which 
favors water vapor escaping from the source region to SWC.

The second row of Fig. 10 reveals the influence of TEI. 
When warm SST anomalies are used (Fig. 10c), westerlies 
appear along the equator toward TEI and northwestward 
wind along the south flank of the Tibetan Plateau. The for-
mer promotes strengthened convergence in TEI, and the lat-
ter steers water vapor to the northern Arabian Sea, both of 
which lead to a decrease in precipitable water over SWC. 
In contrast, the cold SST sensitivity experiment (Fig. 10d) 
produces an opposite atmospheric pattern that is favorable 
for precipitation in SWC.

Figure 10e, f evaluate the joint effect of TNWP and TEI, 
reflecting that the thermal conditions in both sectors act in a 
synergistic fashion to generate climate anomalies in SWC. 
Most importantly, it is found that the TWP-induced patterns 
closely resemble the observed ones, highlighting that TWP 
alone constitutes a perfect oceanic scenario for inducing 
decadal change in the circulation pattern over East Asia and 
precipitation in SWC. In addition, the anomalous intensity 
is weaker in the north than in the south of SWC, in line with 
the observation as shown in Fig. 4.

As LBM is simple linear model, can the teleconnected 
patterns seen in LBM realizations be generated in the 
AGCM’s climate? Figure 11 depicts the dynamical responses 

Fig. 7  Correlation pattern 
between autumn precipita-
tion for SWC and global SST, 
with statistically significant 
(P < 0.05) correlations stippled

Fig. 8  Anomalous time series of autumn precipitation in SWC (bars) 
and SST in TWP (pink solid line), TNWP (blue dashed line) and TEI 
(green dashed line)
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to SST anomalies prescribed in TWP alone based on the full 
non-linear model CAM. On the one side, a comparison of 
left and right columns in Fig. 11 indicates the symmetry in 
a spatial pattern related to warm and cold forcing, which is 
in common with the observation and LBM. On the other 
side, the horizontal and vertical structures formed in CAM 
experiments coincides well with those of observations. Here, 
we take the composite of warm experiment minus control for 
explanation (left column of Fig. 11). CAM reproduces the 
key features of horizontal moisture flux (Fig. 11a), includ-
ing cyclone centered in the South China Sea, northwest-
ward flow along the southern flank of the Tibetan Plateau 

and intensified westerlies along the equator towards TWP 
region, accompanied with the moisture convergence over 
TWP sector and the divergence in SWC. Meanwhile, the 
vertical structure is also found to be remarkably similar 
between observation and CAM (Fig. 11c, e), as reflected 
by the meridional circulation in which the air rises over the 
warm SST region in TWP, flows toward the SWC region 
aloft and sinks there.

In brief summary, there is strong model-based evidence 
supporting the dominant role of TWP SST and the proposed 
physical mechanisms in regulating the decadal dry-wet vari-
ation in SWC.

Fig. 9  SST anomaly patterns 
specified in the modeling exper-
iments. a TNWP warming by 
1 °C, b TNWP cooling by 1 °C, 
c TEI warming by 1 °C, d TEI 
cooling by 1 °C, e combination 
of TNWP and TEI warming, f 
combination of TNWP and TEI 
cooling
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4  Conclusion

This study investigates the decadal dry-wet dynamics of 
autumn climate in SWC. The most remarkable feature 
related to SWC precipitation is the presence of one cycle 
of decadal variability, rather than any long-term climate 
trend. Based on the CUSUM test, the abrupt change from 
wet to dry occurred in 1994. To facilitate cause-and-effect 
analyses, the last 53 years are separated into two periods: 
wet decades (1961–1994) and dry decades (1995–2013). 
The composite of circulation and SST patterns before and 
after the 1994 climate shift suggests that the extratropical 

response in the SWC region appears to be associated with 
remote TWP SST forcing. It is also interesting to note that 
there is a concurrent cold-to-warm phase switch of TWP 
SST in 1994, which probably gives rise to the wet-to-dry 
shift in SWC precipitation.

A mechanism is put forward to explain the role of TWP 
and its impact on decadal variability of SWC rainfall. The 
schematic diagram in Fig. 12 concisely depicts the major 
physical processes in response to diabatic forcing in TWP. 
Since TWP comprises the two sectors TNWP and TEI, 
the effects of TNWP and TEI are colored blue and green, 
respectively. Coupled with warm SST over the TNWP sector 

Fig. 10  The response of wind at 
700 hPa (vectors, units: m  s−1) 
and vertically integrated specific 
humidity (shadings, units: kg 
 kg−1) in moist LBM, a TNWP 
warming, b TNWP cooling, c 
TEI warming, d TEI cooling, 
e both warming, and d both 
cooling
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(right panel in Fig. 12), there is an anomalous cyclone cen-
tered on the South China Sea and an enhanced westerly to 
the west of TNWP, which inhibit the moisture supply from 
the tropical Pacific and Indian Oceans, respectively. In paral-
lel, warm SST over TEI intensifies the westerly to the west 
of TEI followed by less concurrent transfer of moisture to 
SWC, and generates a northwestward flow along the south-
ern flank of the Tibetan Plateau, which steers the water vapor 
away from the SWC-oriented track. Meanwhile, the tropo-
sphere over SWC is capped by subsidence, which is jointly 
contributed by TNWP and TEI. All of these are conducive to 
a deficient moisture supply, divergence conditions, and sup-
pressed convection in SWC, resulting in an overall paucity of 
rainfall during 1995–2013. In contrast, cold TWP SST tends 
to provide beneficial conditions for a wet SWC (left panel 
in Fig. 12), as the atmosphere in direct contact with TWP 
forcing exhibits a symmetrical response with respect to the 
sign of the SST anomalies.

Most importantly, the consistency between the observa-
tions and model results with SST forcing specified only in 
TWP verifies the primary influence of TWP SST on SWC 
precipitation at a decadal timescale. In addition, the mag-
nitude of interdecadal change in SWC is not homogeneous 
throughout SWC but is characterized by a south-north gra-
dient, due to stronger TWP SST-driven circulation in the 
southern SWC than in the northern SWC.

5  Discussion

The main idea of this study is that decadal variability of 
TWP SST exerts a major influence on the decadal behavior 
of autumn precipitation in SWC. Further, the obvious ques-
tion arises: why does cold-to-warm shift happen in TWP 
sector?

Fig. 11  Warm minus control 
(left column) and cold minus 
control (right column) differ-
ences in CAM: a vertically 
integrated moisture transport 
(vectors, units: kg  s−1  m−1) and 
moisture divergence (shadings, 
units:  10−5 kg  s−1  m−2), b pres-
sure vertical velocity at 500 hPa 
(shadings, units: Pa  s−1), c 
divergent winds (vectors, units: 
m  s−1) and divergence (shad-
ings, units:  10−5 s−1) at 200 hPa
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This shift may be part of long-term pattern of interdec-
adal oscillation in the climate of Pacific basin, which is 
known as interdecadal pacific oscillation (IPO). The IPO 
emerges as a dominant mode of intrinsic decadal SST vari-
ability, and operates at a multi-decadal scale with phases 
lasting around 20–30 years (Power et al. 1999). The spatial 
pattern of IPO resembles a horseshoe, having SST anoma-
lies of one sign in the central and eastern tropical Pacific 
surrounded by anomalies of opposite sign values in the 
northwest and southwest Pacific. Since 1990s, the IPO 
has switched to cold phase, coupled with strengthening 
of zonal SST gradient and accelerated trade wind in the 
equatorial Pacific Ocean. As a result, firstly, such changes 
drives additional heat into the western Pacific with concur-
rent cooling in the eastern Pacific (Maher et al. 2017). This 
explains the warming in TNWP region. Secondly, such 
changes result in an increase in the strength and subse-
quent heat transport of the Indonesian throughflow, which 
transports some of the additional heat from the western 
Pacific into the Indian Ocean (Maher et al. 2017). This 
offers the reason for the warming in TEI region. Last, also 
note that the rainfall-SST correlations to some extent man-
ifest as a IPO-like pattern, as shown in Fig. 7. However, 
the correlation hardly exceeds the 5% significance level, 
except over the TWP. Thus, it can be inferred that IPO has 
indirect influence on SWC precipitation through its influ-
ence on TWP SST.

In the future, more research is needed to reveal other 
potential candidates that directly or indirectly contribute to 
drought in SWC, for example Atlantic multidecadal oscil-
lation, greenhouse gas, aerosols, solar activities and etc.
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ABSTRACT: The present study investigates the interannual variability of precipitation over the Hengduan Mountains (HMs)
during rainy season based on daily precipitation dataset of 151 meteorological stations. More HMs precipitation is associated
with an anomalous lower level cyclonic circulation over the northern South China Sea (SCS) and the upper level Silk Road
pattern (SRP)-like geopotential height anomalies. Along the north flank of the anomalous cyclonic circulation, easterly
wind anomalies weaken climatology winds and prevent further movement of southwest moisture transport, leading to the
enhancement of moisture convergence over HMs. Diagnosis shows that anomalous vertical motions are owing to the advection
of anomalous temperature by basic zonal winds. The anomalous lower level cyclonic circulation over the northern SCS is
related to La Niña-like sea surface cooling in the equatorial central and eastern Pacific. This cooling adjusts the Walker
Circulation, causing positive precipitation anomalies near the SCS, which trigger the anomalous cyclonic circulation as a
warm Rossby wave response. The distribution of upper level geopotential height anomalies over the mid-latitude Asian land
resembles the SRP. Due to its barotropic structure, the SRP leads to warm and cold anomalies over the central Asia and
the central China, respectively. The advection of anomalous temperature gradient by mean westerlies leads to anomalous
ascending motions and more precipitation over HMs.

KEY WORDS the Hengduan Mountains; precipitation; vertical motions; SCS cyclone; central and eastern Pacific cooling; Silk
Road pattern
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1. Introduction

The Hengduan Mountains (HMs), with an area of
500 000 km2, are located in the southeast of the Tibetan
Plateau (TP), with the YunGui plateau and Bayan Har
Mountains to their south and north sides, respectively (Li
et al., 2011; Zhang et al., 2014a). HMs have the world’s
largest elevation drop from about 4800 m at the TP to
about 600 m at the Sichuan basin, as shown in Figure 1.
Weather and topography change greatly with location
and altitude, corresponding with large differences in the
distribution of biology communities, hydrologic features,
and water resource. These complicated conditions play a
crucial role in the local ecology, which shows the world’s
most important hot spots of biodiversity, containing more
than 9000 species of plants, especially rich in endemic
species and genera (Nie et al., 2002).

* Correspondence to: G. Huang, Institute of Atmospheric Physics, Chi-
nese Academy of Sciences, P. O. Box 9804, Beijing 100029, China.
E-mail: hg@mail.iap.ac.cn

Mountains and rivers exist alternately, with the Minshan
Mountain, Minjiang River, Qinglai Mountain, Dadu River,
Daxue Mountain, Yabi River, Shaluli Mountain, Jinsha
River, Yunling Mountain, Lancang River, Nu Mountain,
Nu River, Gaoligong Mountain from east to west, making
the stereo-physiognomy with high mountains and deep
valleys (Figure 1). Besides, several major rivers in Asia
originate from this region, including the Yangtze River,
the Yellow River, the Lancang River, and the Nu River.
Mekong River and Salween River are the stretches of the
Lancang River and the Nu River in China, respectively
(Qin et al., 2010). HMs region is one of the predominant
boreal summer rainfall regions in the world. Precipitation
variation over HMs has a great influence on glaciers,
surface runoffs, and river discharge (Dong et al., 2016).
Moreover, HMs are located in the upstream of these rivers,
and precipitation variation is important to both local and
remote areas. Therefore, it is meaningful to investigate
precipitation variability over HMs.

The climate over HMs is complicated, and controlled
by both the South and East Asian summer monsoon (Zhu
et al., 2013; Zhang et al., 2014a). There exists positive

© 2017 Royal Meteorological Society
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Figure 1. Topographic distribution over the South Asia and East Asia and main rivers over the HMs region. The box represents the HMs region
(24∘40′ –34∘00′N, 96∘20′–104∘30′E). [Colour figure can be viewed at wileyonlinelibrary.com].

correlation between the precipitation anomalies of HMs
and East Asian Summer Monsoon Index (Zhang et al.,
2015). Sometimes, this area is suffered from drought due
to the variation of the South Asian monsoon (Zhu et al.,
2016). Moreover, anomalous tropical sea-surface temper-
ature (SST) is an important factor affecting the Asian
monsoon, and anomalous atmospheric circulation over the
northwest Pacific (NWP) plays an important role in bridg-
ing the connection from tropical SST anomalies to the
East Asian climate (Zhang et al., 1996; Chang et al., 2000;
Wang et al., 2000; Wu et al., 2003; Yang et al., 2007; Xie
et al., 2009; Wang and Wu, 2012; Chen et al., 2016; Tao
et al., 2016). Besides, processes at middle and high lat-
itudes also affect the precipitation anomalies near HMs.
Liu and Yin (2001) found that the seesaw structure of
interannual summertime precipitation variation between
the southern and northern parts of eastern TP is closely
related to the North Atlantic Oscillation induced circu-
lation change. Wu (2002) identified a dominant pattern
for the interannual variation of upper-level winds over
mid-latitude Asia in boreal summer: two anomalous anti-
cyclones over the west Asia and mid-latitude East Asia
and a cyclonic between the two large anticyclones. Lu
et al. (2002) found a similar teleconnection pattern, and it

was named as the Silk Road pattern (SRP) later (Enomoto
et al., 2003). It forms as a result of the propagation of
quasi-stationary Rossby waves along the Asian jet and has
a wavelength of about 60∘ in the zonal direction (Lu et al.,
2002; Enomoto et al., 2003; Sato and Takahashi, 2003;
Kosaka et al., 2009, 2012). SRP is viewed as a part of the
circumglobal teleconnection (CGT) pattern that extends
zonally through the whole hemisphere (Ding and Wang,
2005; Yasui and Watanabe, 2010; Chen and Huang, 2012;
Lin, 2014) and can influence climate over a broad area,
including precipitation and temperature over TP and East
Asia (Liu and Yin, 2001; Wu, 2002; Bothe et al., 2010,
2011; Gao et al., 2013). Gao et al. (2013) studied the vari-
ation of summer precipitation over the southeastern part
of TP, and emphasized the importance of Atlantic SST
anomalies by triggering CGT-like zonal wave pattern.

At present, the researches about the HMs are rare, and
most of them focus on the analysis of main meteorological
elements. Both annual and seasonal means of daily max-
imum, minimum, and mean temperature exist significant
warming trends, while the increasing trend is insignificant
for annual precipitation (Ban et al., 2006; Ma et al., 2006;
Qin et al., 2010; Li et al., 2011). By calculating 12 indices
of extreme precipitation, Zhang et al., (2014a) found that
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only three indices have significant trends. The total pre-
cipitation and extreme precipitation trends both decrease
from southwest to northeast over the HMs (Li et al., 2011;
Zhang et al., 2014a). Besides, the seasonal evolution of
precipitation has a unique characteristic, which is highly
linked to the topographic factors and wind fields (Xiao
et al., 2013). Until now, there is still no systematic study
about precipitation variability over the HMs region. Thus,
the purpose of present study is to investigate the interan-
nual variability of precipitation over HMs by using the
high resolution datasets, which are better to investigate the
characteristic of precipitation variation, its related circula-
tion anomalies, main impact factors, and possible mech-
anism over the complex terrain area. The rest of paper
is organized as follows. Section 2 introduces data and
methods. Section 3 describes the spatiotemporal charac-
teristics of HMs precipitation in rainy season and the
associated atmospheric circulation. Possible mechanism is
explored in Section 4. Section 5 gives the conclusion and
discussion.

2. Data and methods

2.1. Data

The observed daily precipitation data analysed in this
study is from the National Climatic Center of the China
Meteorological Administration with 2472 high density
national meteorological stations during 1979–2014. Fol-
lowing previous studies (Li et al., 2011; Zhang et al.,
2014a), HM region is defined as a rectangular domain
of 24∘40′–34∘00′N and 96∘20′–104∘30′E, as shown in
Figure 1. Stations with more than 7 days’ missing data are
removed, and the rest of 151 stations over HMs are anal-
ysed. The spatial distribution of 151 weather observation
sites is shown in Figure 2(a). HMs have the great elevation
drop from northwest to southeast, and stations are scattered
in highland while gathered in lowland. The numbers of sta-
tions at different altitude, from near 600 to 4800 m, are
presented in Figure 2(b). Most stations are located below
3000 m and the number of stations reaches its peak around
2000 m (Figure 2(b)). Besides, the observed daily precip-
itation data from 839 standard meteorological stations are
also used to further verify results, and 50 stations over
HMs without missing value are selected. The global pre-
cipitation dataset used in this study is the monthly mean
Climate Prediction Center Merged Analysis of Precipita-
tion (CMAP) on a 2.5∘ × 2.5∘ grid (Xie and Arkin, 1997),
which is available starting from 1979.

Monthly atmospheric variables used in the present study
are obtained from the ERA-Interim (Dee et al., 2011). It
is a newly reanalysis product provided by the European
Centre for Medium-Range Weather Forecasts (ECMWF)
and has a 0.5∘ × 0.5∘ horizontal resolution. The vari-
ables include horizontal winds, vertical velocity, specific
humidity, air temperature, and geopotential height. The
monthly SST data are obtained from NOAA Extended
Reconstructed Sea Surface Temperature (ERSST) V4 ver-
sion on a 2∘ × 2∘ grid (Huang et al., 2015). Topographic
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Figure 2. (a) Location of 151 stations over HMs, and (b) numbers
of stations at different altitudes. [Colour figure can be viewed at

wileyonlinelibrary.com].

dataset used in this study is from NOAA (http://www
.ngdc.noaa.gov/mgg/topo/topo.html). It is generated from
a digital data base of land and sea-floor elevations on a
5∘ × 5∘grid. Note that the present analysis is restricted to
the period from 1979 to 2014.

2.2. Methods

Moisture diagnosis is used in the present study. According
to Trenberth (1991), vertically integrated water vapour flux
can be expressed as:

Qu = 1
g ∫

pt

ps

qudp (1)

Qv =
1
g ∫

pt

ps

qvdp (2)

Here p, q, u, v, and g represent the pressure, specific
humidity, zonal wind, meridional wind, and the acceler-
ation due to gravity, respectively. ps is the surface pres-
sure and the pressure of top layer pt is equal to 100 hPa
in this study as the water vapour flux above 100 hPa is
negligible.
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Figure 3. Climatological monthly mean precipitation (mm) at 151 stations over HMs from January to December. [Colour figure can be viewed at
wileyonlinelibrary.com].

The divergence of water vapour flux can be divided
into two parts: the wind divergence term and the mois-
ture advection term (Huang et al., 1998; Qu et al.,
2015):

⟨
−∇ · (qV)′

⟩
=
⟨
− (q∇ · V)′

⟩
+
⟨
− (V · ∇q)′

⟩
(3)

The variable with prime means the departure from
climatological mean state. q and V represent specific
humidity and horizontal wind. The value in angle bracket
means a mass integration from the surface to 100 hPa,
that is:

⟨X⟩ = −1
g ∫

100 hPa

surface
Xdp

Quasi-geostrophic omega equation is used to diagnose
the formation mechanism of the vertical motions. The
quasi-geostrophic equation is taken as:

(
𝜎∇2 + f 2

0
𝜕2

𝜕p2

)
𝜔

⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟
A

= f0
𝜕

𝜕p

[−→
Vg · ∇

(
𝜁g + f

)]
⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟

B

+ R
p
∇2

[−→
Vg · ∇T

]
⏟⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏟

C

− R
cpp

∇2 dQ
dt

⏟⏞⏞⏟⏞⏞⏟
D

(4)

Where all operators and variables are of conventional
usage in meteorology. The term on the left-hand side of
Equation (4) is the Laplacian of omega and approximately
equivalent to omega multiplied by a negative coefficient
(Term A). Terms on the right-hand side are the vertical dif-
ference of geostrophic absolute vorticity advection (Term
B), the Laplacian of geostrophic temperature advection
(Term C), and the Laplacian of diabatic heating (Term D),
respectively. Term D has the same physical meaning with
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Figure 4. Climatological monthly mean precipitation (mm) averaged
over HMs. The line represents the annual mean. [Colour figure can be

viewed at wileyonlinelibrary.com].

Term C because precipitation can release condensation,
which will reinforce ascending motions and then produce
more precipitation in turn. Thus, in the following, we diag-
nose Term B and Term C, by separating each variable into
a time-averaged basic state and its departure (Peixóto and
Oort, 1984; Wei et al., 2014; Zhao et al., 2015). Then Term
B and Term C in Equation (4) can be written as:

f0
𝜕

𝜕p

[−→
Vg · ∇

(
𝜁g + f

)]
= f0

𝜕

𝜕p

[(
−→
Vg +

−→
V ′

g

)
·
[
∇
(
𝜁g + 𝜁 ′g

)
+

𝜕f

𝜕y

]]

= f0
𝜕

𝜕p

[(
ug

𝜕𝜁g

𝜕x
+ u′g

𝜕𝜁g

𝜕x
+ ug

𝜕𝜁 ′g

𝜕x
+ u′g

𝜕𝜁 ′g

𝜕x
+ vg

𝜕𝜁g

𝜕y
+ v′g

𝜕𝜁g

𝜕y

+vg

𝜕𝜁 ′g

𝜕y
+ v′g

𝜕𝜁 ′g

𝜕y
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+
(

vg
𝜕f

𝜕y
+ v′g

𝜕f

𝜕y

)
(4a)

R
p
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Vg · ∇T

]
= R

p
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g
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· ∇

(
T + T ′
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𝜕T
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+ vg
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𝜕T ′
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)

(4b)

The variables with bar and prime are their basic state
and perturbation, respectively. Considering that the basic
state variables themselves satisfy the equation, the omega
equation of perturbation can be written as:

(
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𝜎, f 0, p, 𝜔, 𝜁g, ug, vg, and T represent specific volume, the
vertical component of planetary vorticity, pressure, vertical
velocity, quasi-geostrophic vortex, zonal wind, medical
wind, and temperature, respectively.
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Figure 5. (a) Normalized precipitation anomalies averaged at 151 sta-
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stations over HMs during rainy season. The cross marks indicate that
the significant level reaches 90%. [Colour figure can be viewed at
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Besides, to extract interannual signals, we perform
a 9-year running average to reduce decadal variability.
Regression and correlation analysis are used, and the
significance level is estimated based on the standard
two-tailed Student’s t-test.

3. The spatiotemporal characteristics of HMs
precipitation and associated atmospheric circulation

3.1. Climatological setting

Figure 3 shows the spatial distributions of climatological
monthly precipitation during 1979–2014. Precipitation
over HMs has significant month-to-month changes. The
climatological monthly precipitations from November to
April are under 30 mm in most stations, which account
for 88, 100, 99, 96, 93, and 78% stations over the HMs,
respectively. While significant increase exists from May
to September, reaching its peak and exceeding 200 mm in
72% stations over the HMs during July (Figure 3). Besides,
there is more precipitation in the southern and eastern
part than the northern part of HMs region with altitude
exceeding 2 km. The average of monthly precipitation at
all stations over HMs is above the annual mean from May
to September, while the sum of rest months is below 20%
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of annual total precipitation (Figure 4). Thus, we define
the rainy season over HMs as the period from May to
September, which is consistent with previous studies (Gao
et al., 2013; Xiao et al., 2013).

3.2. Interannual variability of precipitation

The normalized precipitation anomaly averaged at all sta-
tions over HMs during rainy season is defined as the
precipitation index (PI) in the present study. As shown
in Figure 5(a), the PI exists significant interannual vari-
ability, and the years 1985, 1990, 1991, 1995, 1999, and
2001 show the significant excessive rainfall, and 1982,
1989, 1992, 2006, and 2011 are low rainfall years. The
results calculated by using 50 stations match well with
that using the 151 stations, with a correlation coeffi-
cient of 0.97. Hereafter, we only present results based
on the PI of 151 stations. Figure 5(b) shows the regres-
sion of precipitation with respect to PI over HMs during
rainy season. Precipitation shows a consistent interannual
variation in 92% stations over the HMs, and the mag-
nitude displays decreasing tendency from southeast to
northwest corresponding to the increase of altitude with
−8.6 mm km−1. The largest precipitation anomalies exist
over the southeastern part of HMs and the western Sichuan
Basin where the values are larger than 10 mm month−1.
The signal over the northern HMs, especially north of
33∘N, is weak even without reaching the 90% signifi-
cance level. Note that removing these stations over the
northern HMs or not removing does not alter the main
conclusions.

3.3. Associated atmospheric circulation anomalies

Figure 6 presents the regression of 700 hPa horizontal
wind, 500 hPa vertical velocity, and 200 hPa geopotential
height with respect to PI during rainy season. In the lower
level, the HMs region is mainly controlled by an anoma-
lous cyclonic circulation over the northern South China
Sea (SCS), and there are significant easterly wind anoma-
lies at its north flank (Figure 6(a)). Due to the dynami-
cal influence of topography, the easterly winds bifurcate
on the east side of HMs, turning into northeasterly winds
south of 31∘N and weak southerly winds north of 31∘N.
Besides, there are anomalous southwesterly winds from
the Bay of Bengal via the south boundary of HMs, and
the southwesterlies turn southward along the topography
of HMs. Although that there exist anomalous descend-
ing motions over the northwestern HMs, most south part
of HMs are controlled by anomalous ascending motions
(Figure 6(b)). A notable low pressure center at the upper
level is located over the southern China, and there are two
anomalous high pressure on its west and northeast side,
respectively (Figure 6(c)). Thus, the anomalous low pres-
sure over the southern China displays a barotropic vertical
structure. Abundant moisture transport and strong ascend-
ing motions are the two necessary conditions for precip-
itation. The relationship between atmospheric circulation
anomalies and these two factors over the HMs region will
be further explored in the next section.
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Figure 6. Regression of (a) 700 hPa horizontal wind (m s−1), (b) 500 hPa
vertical velocity (10−3 Pa s−1), and (c) 200 hPa geopotential height (gpm)
with respect to PI during rainy season. Thick vectors and dots indicate
that the significant level reaches 90%. [Colour figure can be viewed at
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4. Possible mechanism

4.1. Diagnostic analysis

4.1.1. Moisture transport

Water vapour flux divergence is an important indica-
tor for the variation of monsoon precipitation. Previ-
ous studies have concluded that the moisture flux diver-
gence in the monsoon region is consistent with the dis-
tribution of precipitation (Chen and Tzeng, 1990; Huang
et al., 1998). Figure 7 presents the regression and clima-
tology of column-integrated moisture flux and its diver-
gence ⟨−∇ · (qV)

′⟩. Most of the HMs region is under
the influence of anomalous convergence except for the
northern part (Figure 7(a)). The pattern of moisture flux
anomalies resembles that of 700 hPa wind anomalies
(Figure 6(a)). The climatology state shows the major
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contribution of South Asian summer monsoon, and south-
west winds are blocked by HMs (Figure 7(b)). However,
there are two anomalous cyclonic systems affecting inter-
annual variation of moisture budget over HMs. One is the
cyclonic wind anomalies over the Bay of Bengal, which
reinforce the southwesterly winds of South Asian sum-
mer monsoon and bring more moisture from the Indian
Ocean. Another is the anomalous cyclone over the NWP.
The easterly wind anomalies at its north flank weaken
East Asian summer monsoon, and prevent the southwest
moisture transport from further moving. Thus, these two
cyclones enhance the moisture convergence over HMs.

To compare the relative importance of the two anoma-
lous cyclones, we estimate the moisture flux anomalies
across each boundary over HMs (Table 1). The most sig-
nificant moisture flux anomalies are 49.3× 103 kg s−1 via
the eastern boundary. The moisture inputs via the western
and southern boundary make a small contribution, and the
sum of them is 12.7× 103 kg s−1. Although the southwest
winds are slightly enhanced, the easterly wind anomalies
block further forward movement of southwest moisture
transport, mainly leading to the enhancement of moisture
convergence over HMs. Thus, the precipitation over HMs
is mainly affected by the anomalous easterlies, and the
related northern SCS cyclone seems to be the key system.

We also analysed the relative contribution of wind
and moisture anomalies. ⟨−∇ · (qV)

′⟩ is decomposed

Table 1. Boundary atmospheric fluxes via four boundaries, net
zonal and meridional boundary atmospheric flux (103 kg s−1).

South North Net meridional West East Net zonal

5.5 1.0 4.5 7.2 −49.3 56.5

into circulation term ⟨−(q∇ ·V)
′⟩ and moisture

term ⟨−(V · ∇q)
′⟩. The detailed information of the mois-

ture budget equation (Equation (3)) is introduced in
Section 2.2. The circulation term ⟨−(q∇ ·V)

′⟩, which
accounts for 93% of ⟨−∇ · (qV)

′⟩, plays a more important
role than moisture term ⟨−(V · ∇q)

′⟩ (figures not shown).

4.1.2. Vertical motions

Because the vertical motion has a close relationship
with precipitation, the quasi-geostrophic omega equation
(Equation (5)) is used to diagnose the formation mecha-
nism of vertical motions. Figure 8(a) presents the vertical
profile of vertical velocity anomalies averaged over the
southern part of HMs, where exists significant anomalous
ascending motions (Figure 6(b)). The maximum vertical
velocity is at 450 hPa and its regression pattern resem-
bles the pattern at 500 hPa (figure not shown). The level
450 hPa can be regarded as a non-divergence level, which
is suitable to diagnose the factors for the vertical motions.

Furthermore, the 450 hPa vertical velocity anomalies
over HMs are decomposed into 13 terms (Equation (5))
to find out the main contributors. Figure 8(b) shows the
results, and the terms on the right hand side of Equation (5)
are denoted by B1–B7 and C1–C6. From the figure,
the C2 term is dominant in the anomalous ascending
motions over HMs, related to the advection of anomalous
temperature by basic zonal winds. Note that the B2 term,
which is the advection of anomalous relative vorticity by
basic zonal winds, contributes to descending motions, but
it counteracts the other B terms.

The contribution of the C2 term is illustrated in Figure 9.
As shown in Figure 9(a), most of the HMs region appears
the anomalous warm advection, which is consistent with
the ascending motions in Figure 6(b). Because of the west-
ward increase of temperature anomalies, basic westerly
winds prevailing over the north of 27∘N cause warm
advection over HMs (Figure 9(b)). Furthermore, the warm
advection leads to ascending motions. Note that the tem-
perature anomalies correspond well with the barotropic
structure of circulation anomalies (Figures 6(a), 6(c), and
9(b)). Thus, the diagnostic results of moisture transport
and vertical motions both emphasize the importance of cir-
culation anomalies. In the next subsections, the formation
mechanism of circulation anomalies is further explored.

4.2. SST anomalies

Previous studies have revealed that circulation anomalies
located near the NWP are sensitive to the tropical ocean
status. Local SST anomalies (Wang et al., 2000; Wang and
Zhang, 2002), or the remote ocean status, as the tropical
Indian Ocean SST anomalies (Yang et al., 2007, 2010;
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Figure 8. (a) Vertical profile of the regressed vertical velocity
anomalies (10−3 Pa s−1) averaged over HMs. (b) Seven terms

of f0
𝜕

𝜕p

[−→
Vg · ∇

(
𝜁g + f

)]
denoted by B1–B7 and six terms of

R
p
∇2

[−→
Vg · ∇T

]
denoted by C1–C6 averaged over HMs at 450 hPa

(10−19 m s−1 kg−1). [Colour figure can be viewed at wileyonlinelibrary
.com].

Wu et al., 2009; Xie et al., 2009, 2016; Xie and Zhou,
2017), equatorial central and eastern Pacific (CEP) SST
anomalies (Wang et al., 2013; Xiang et al., 2013; Chen
et al., 2016; Chowdary et al., 2016a, 2016b; Tao et al.,
2016), all contribute to the development and maintenance
of anomalous circulation.

Figure 10 presents the regression of 700 hPa wind,
500 hPa vertical velocity, SST, and precipitation with
respect to PI during rainy season. There exhibits a dipole
structure of SST anomalies over the Pacific. It is a La
Niña-like pattern, with cooling over the equatorial CEP,
and warming over the western Pacific and much of the
northern and southern Pacific (Figure 10(b)). The CEP
index (CEPI) is defined as the SST anomalies averaged
over the CEP (5∘S–5∘N, 130∘–100∘W), and the correla-
tion coefficient between the PI and CEPI is 0.33 reaching
the 95% confidence level. The cooling induces lower
(upper) level divergence (convergence) over the CEP and
then the descending motions and negative precipitation
anomalies (Figures 10(a), 10(c), and 11). Furthermore, the
Walker Circulation is adjusted, and there are ascending
motions and positive precipitation anomalies with lower
(upper) level convergence (divergence) over the SCS
and the Maritime Continent. As a result, the northern
SCS cyclonic anomalies are triggered as a warm Rossby
wave response to the positive precipitation anomalies
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. (b) Regression of temperature with
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m s−1) at 450 hPa during rainy season. Dots indicate that the significant
level reaches 90%. [Colour figure can be viewed at wileyonlinelibrary
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(Figure 10(a)). Tao et al. (2016) suggested similar pro-
cesses by which the CEP cooling could influence the
circulation anomalies located near the NWP. The cooling
causes the wet anomalies over the Maritime Continent and
NWP through large-scale circulation adjustment, and then
the wet anomalies further trigger anomalous lower level
cyclonic circulation over the NWP. Note that the negative
rainfall anomalies shift more westward than the negative
SST anomalies. Due to the normally dry condition over
the eastern cold tongue region, the large negative SST
anomalies can hardly further suppress convection and
cause the weak rainfall response.

4.3. Silk road pattern

Figure 12(a) presents the PI regressed 200 hPa geopoten-
tial height anomalies during rainy season. A zonal tele-
connection emerges from the North Atlantic Ocean to
East Asia. There are five prominent ‘centres of action’,
presenting ‘+’ and ‘−’ geopotential height anomalies
alternately. The geopotential height anomalies over the
Greenland-North Atlantic Ocean, the west-central Asia,
and the northeast Asia are in phase with each other, as
shown by the significant positive anomalies. In contrast,
there are negative geopotential height anomalies over the
European Russia and the central China. Note that the neg-
ative geopotential height anomalies over the central China
are weak and insignificant. The whole pattern of geopo-
tential height anomalies and wave activity fluxes seem
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to resemble that of SRP (or CGT) (Lu et al., 2002; Wu,
2002; Ding and Wang, 2005; Bothe et al., 2010; Gao et al.,
2013). The SRP is characterized by the stationary Rossby
waves along the Asian jet (Lu et al., 2002; Wu, 2002;
Ding and Wang, 2005; Lin, 2014) that acts as a waveguide
and confines the waves within it (Hoskins and Ambrizzi,
1993). Thus, the SRP can influence the climate over a
broad area (Lu et al., 2002; Wu, 2002; Huang et al., 2011;
Chen and Huang, 2012; Lin, 2014). Bothe et al. (2010) and
Gao et al. (2013) have investigated that the SRP related
wave trains emerge from the North Atlantic, and pass
through the Mediterranean to Asia, resulting in the precip-
itation anomalies near the TP. Following the previous stud-
ies, an SRP index (SRPI) is defined as the first leading EOF
mode of the 200 hPa meridional winds during rainy season
in the domain of 20∘–60∘N, 0∘–150∘E (Yasui and Watan-
abe, 2010; Chen and Huang, 2012; Hong and Lu, 2016).
The correlation coefficient between the PI and SRPI is 0.48
reaching the 99% confidence level. The SRPI regressed

geopotential height pattern resembles Figure 12(a), which
further suggests that the SRP could influence anomalous
circulation over the HMs (Figure 12(b)).

Due to the barotropic structure of SRP, the geopoten-
tial height anomalies correspond well with the tempera-
ture anomalies, with the high pressure centres co-locating
with warm centres, and vice versa (Figures 9(b) and 12(a)).
There are positive and negative geopotential height anoma-
lies over the central Asia and the central China, respec-
tively, resulting in the gradient of temperature anomalies.
As a result, the basic zonal flow causes the warm advec-
tion, which influences the anomalous ascending motions
over the HMs.

Furthermore, for the CEP SST anomalies and SRP, how
these two factors work together to influence the HMs
rainfall, and what role does each of them play? Thus, all
years for high and low HMs PI are classified into three
groups according to the CEPI, SRPI, or both of them, as
presented in Table 2. Only 2 years show that the CEP SST
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anomalies or SRP has a single impact on the positive HMs
rainfall anomalies, and there are 10 years indicating these
two factors work together and cause the rainfall anomalies.
Thus, the combined effect of CEP SST anomalies and SRP
has a crucial influence on HMs rainfall, rather than anyone
of their single effect. Actually, these two factors reflect the
different aspects of circulation anomalies. The CEP cool-
ing plays a dominant role in influencing the SCS cyclone,
which transports abundant moisture over the HMs, and
the SRP is mainly related to the ascending motions.

5. Conclusion and discussion

In this paper, we have studied the interannual variation of
precipitation over HMs during rainy season and its causes.
Precipitation shows a consistent interannual variation over
most of HMs region, with a decreasing tendency of mag-
nitude from southeast to northwest following the increase
of altitude. Corresponding to more precipitation over the
HMs region, there are lower level cyclonic circulation
anomalies over the northern SCS, and upper level SRP-like
geopotential height anomalies. Besides, there are cyclonic
wind anomalies over the Bay of Bengal, which slightly
reinforce the southwesterly winds and transport more

moisture from the Indian Ocean. However, the precipita-
tion over HMs is mainly affected by the anomalous easterly
winds, which are at the north flank of anomalous cyclonic
circulation. The easterly wind anomalies weaken clima-
tology winds and prevent further forward movement of
southwest moisture transport, mainly contributing to the
enhancement of moisture convergence. Thus, the anoma-
lous northern SCS cyclonic circulation plays an important
role in the moisture transport over HMs.

Analysis of the quasi-geostrophic omega equation
reveals that the anomalous ascending motion over HMs is
mainly caused by the advection of anomalous temperature
by basic zonal winds. Because of the westward increase
of temperature anomalies, basic westerly winds prevailing
over the north of 27∘N cause warm advection over HMs,
which further leads to ascending motions. The anomalous
temperature corresponds well with the anomalous circula-
tion, which shows the barotropic structure. It also indicates
the importance of circulation anomalies in influencing the
precipitation over HMs.

The tropical SST anomalies cause the anomalous lower
level SCS cyclone. There exhibits a dipole structure of
SST anomalies over the Pacific, with cooling over the
equatorial CEP, and warming over the western Pacific and
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Table 2. Classification of years in which CEP SST anomalies,
SRP, and both of them influence the high and low HMs rainfall.

High PI Low PI

CEPI 1990, 1991 None
SRPI 1999, 2007 None
CEPI and SRPI 1984, 1985, 1995,

2001, 2013
1982, 1983, 1987,
1992, 2009

All years are selected based on the 0.8 standard deviation for all the three
indices.

much of the northern and southern Pacific. This CEP cool-
ing induces lower (upper) level divergence (convergence)
over the CEP and then the descending motions and nega-
tive precipitation anomalies. As the adjustment of Walker
Circulation, there are ascending motions and positive pre-
cipitation anomalies with lower (upper) level convergence
(divergence) over the SCS and Maritime Continent. The
anomalous SCS cyclone is triggered as a warm Rossby
wave response to the positive precipitation anomalies.

The pattern of geopotential height anomalies shows a
zonal teleconnection from the North Atlantic Ocean to East
Asia, and is highly related to SRP. Due to the barotropic
structure of SRP, the geopotential height anomalies cor-
respond well with the temperature anomalies, causing
warm and cold anomalies over the central Asia and the
central China, respectively. Thus, the basic westerlies

bring warm advection to HMs, leading to the anoma-
lous ascending motions. Figure 13 gives the schematic
diagram, illustrating that the effect of the CEP cooling
and SRP influence on the circulation anomalies and further
HMs precipitation during rainy season.

This study emphasizes the combined effect of the CEP
cooling and SRP on the variation of HMs precipitation
during rainy season. The results achieved here imply that
more attention should be paid on the relationship between
the SRP and tropical SST anomalies. The role of the SST
anomalies, particularly associated with ENSO, on the SRP
is also controversial. Some studies revealed that the SRP is
more likely to occur in ENSO developing summer (Ding
et al., 2011), and some found the that the SRP-ENSO
relationship is vague (Yasui and Watanabe, 2010; Kosaka
et al., 2012).

Besides, the rainy season over HMs in this study is
from May to September. There may exist intraseasonal
variation during the whole rainy season. Previous studies
have detected significant intraseasonal signals over the TP
(e.g. Nitta, 1983; Fujinami and Yasunari, 2004; Yamada
and Uyeda, 2006; Zhang et al., 2014b; Wang and Duan,
2015), where adjoins the HMs. Recently, Yang et al.
(2017) found that the intraseasonal variation of summer-
time rainfall over the Eastern TP has two dominant peaks
centred on quasi-biweekly (12–24) days and quasi-9
(8–11) days. Both of these two oscillations are related to
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the mid-latitude wave train at the upper level and tropical
wave train at the lower level. Due to that the Eastern TP
and HMs have some overlap, their results have a good
indication for us to study the intraseasonal variation of
precipitation over the HMs during rainy season. Further-
more, whether the interannual variation in the intensity of
intraseasonal oscillations over the HMs has an important
impact on the precipitation? Thus, more investigations on
these issues are needed in the future.
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Different multi-year mean 
temperature in mid-summer of 
South China under different 1.5 °C 
warming scenarios
Xia Qu1 & Gang Huang1,2,3

The Paris Agreement proposed a goal of “pursuing efforts to limit the temperature increase to 1.5 °C 
above pre-industrial levels”. The Community Earth System Model, version 1, with the Community 
Atmosphere Model, version 5 (CESM1-CAM5), designed a set of experiments that fulfilled the 1.5 °C 
warming goal. By analyzing the outputs, this study aims to present projections associated with 
warming in South China (SC). Interestingly, if the global mean temperature (GMT) overshoots to 1.7 °C 
above the pre-industrial levels in 2050 and back to 1.5 °C by 2100, additional warming in the SC mid-
summer will occur when approaching 2100 compared to that in the scenario under which the GMT 
stabilizes at an increase of 1.5 °C after the mid-2040 s. In the final 1 to 3 decades of 21st century in most 
parts of SC, the multi-year mean warming differences, as well as the difference of extreme hot days, 
between the two scenarios are significant among the ensembles in mid-summer. Under the scenario 
in which the GMT overshoots an increase of 1.5 °C, the decrease of mid-level clouds leads to increased 
downwards solar radiation in the SC and warms the surface, resulting in increases in both outgoing 
longwave radiation and latent heat flux into the atmosphere and maintenance of the surface balance of 
the heat budget.

In 2015, the Paris Agreement proposed the target of “Holding the increase in the global average temperature 
to well below 2 °C above pre-industrial levels and pursuing efforts to limit the temperature increase to 1.5 °C 
above pre-industrial levels”1. To achieve the 1.5 °C warming target, the concentration of greenhouse gases (GHGs) 
should decline before 2060; while the concentration of GHGs needs to decrease before 2085 to realize the 2 °C 
warming target2. With the drop of the concentration of GHGs concentration, the global temperature will exhibit 
a warming inertia3,4, mainly due to the large heat storage capacity of the deep ocean3. The role of the deep ocean 
during the drop of the GHG concentration is quite different to that when the concentration increases, which leads 
to a very different ocean surface warming pattern and a different climate response of the atmosphere4,5. Thus, the 
climate risk under the 1.5 °C warming scenarios may not be able to be linearly predicted from the results under 
the Representative Concentration Pathway (RCP) 8.5 scenarios, under which the concentration of GHGs does 
not decline. The RCP2.6 experiment is quite similar to the 1.5 °C warming scenario. Despite the concentration of 
GHGs decreasing after 2046, the RCP2.6 experiment may not be strictly appropriate for a 1.5 °C study because its 
multi-model mean GMT is above 1.5 °C in 21006.

This study shows that the different trajectories of GHG radiation for reaching 2 °C warming lead to different 
regional precipitation responses7. Thus, there is the possibility that the different way in which the 1.5 °C warming 
goal is reached may lead to different responses in the regional climate.

Recently, a “low warming” experiment was conducted by CESM1-CAM5. This experiment included one set of 
simulations whose GMT increase was 1.5 °C in 2100 relative to the pre-industrial levels. CESM1-CAM5 consists 
of experiments in which the GMT increase never exceeds 1.5 °C (hereafter the NE scenario) and the increase 
slightly overshoots 1.5 °C (hereafter OS scenario)8. The simulation mainly focuses on the climate change in the 
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1.5 NE scenario and compared it with the changes in a 2.0 °C warming world. The study laid quite low stress on 
the differences between the NE and OS scenarios in the 1.5 °C warming climate.

In Asia, the SC is one of the most populated regions. Boreal summer is the hottest season in the SC, with tem-
perature peaks in July. The SC frequently suffers extremely hot events9–12, which lead to large social and economic 
losses. Here, we find that that are differences in the multi-year mean temperature in the SC mid-summer under 
different emission trajectories for achieving the Paris Agreement 1.5 °C warming goal.

Results
First, the reproducibility of CESM1-CAM5 on the SC summer temperature is evaluated based on the S-index, 
which is described by equation (1) in the methods section. For the period 1976–2005, the S-indices of the 
July temperature are 0.837 to 0.843. These indices are quite close to 1.0, indicating the good reproducibility of 
CESM1-CAM5 for the summer temperature in the SC.

In 2005, the GMT increase relative to the pre-industrial level (1850–1920) was approximately 0.6 °C (Fig. 1a). 
At the end of the 21st century, the GMT under both 1.5 °C warming scenarios increased to 0.9 °C above the 2005 
level, reaching 1.5 °C warming. The differences under the two scenarios are: (1) GMT stabilizes at 1.5 °C warming 
after the mid-2040s under the NE scenario; (2) GMT under the OS scenario reaches 1.7 °C warming in 2050 and 
then fluctuates over the next 2–3 decades and drops to 1.5 °C warming in 2100. When approaching the end of the 
21st century, the difference between the NE and OS scenarios are reduced. The GMT from 1850 to 1920 displays 
fluctuations relative to other periods because CESM1-CAM5 only has one ensemble during this period and the 
results during 1920–2005 are a 35-ensemble mean.

Interestingly, we find that the multi-year mean of the SC mid-summer temperature is different between the 
NE and OS before 2100. The July temperature in the SC shows a more intensive interannual fluctuation than the 
GMT (Fig. 1b), mainly because the SC temperature is subjected to other factors besides carbon emission, for 
instance, El Niño and South Oscillation13. At the end of the 21st century, the July temperature increase relative to 
the pre-industrial level in the SC is less than that of the GMT under both the NE and OS scenarios. The July tem-
perature increase in the SC in 2005 is approximately 0.25 °C. Under the NE scenario, relative to 2005, the increase 
in 2100 is 0.86 °C, with a 2091–2100 mean increase of 0.90 °C; under the OS scenario, the increases are 0.91 °C 
and 1.08 °C, respectively. Unlike the GMT, when approaching the end of the 21st century, no evidence indicates 
that the gap between the NE and OS scenarios will narrow. Therefore, though both experiments achieve the 1.5 °C 
warming goal, SC will surfer a warmer mid-summer under the OS scenario.

This SC warming difference in July will be a significant feature during the last several decades of 21st century. 
Figure 2a shows the decade-month section of the area-averaged temperature differences in the SC. From the 

Figure 1. Temperature increases relative to the pre-industrial level. (a) Global mean temperature increases in 
CESM-CAM5; and (b) July mean temperature increase in South China in CESM-CAM5. The unit is °C. The 
solid lines indicate the temperature increase. The shadings indicate the standard deviation of the ensembles. 
The temperature in each figure was subtracted by its average from 1850 to 1920, and 11-point smoothening was 
performed on the results. The black, green and red lines indicate the Large Ensemble, NE and OS simulations, 
respectively. The results during 1850–1920 are the results of member “001”; the results during 1920–2005 are the 
mean of the 35 members of the CESM-CAM5 Large Ensemble experiment; and the results of the NE scenario 
are the mean of the 10 members from the NE experiment, and those of the OS scenario are the means of the 5 
members from the OS experiment.
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2070 s to 2090 s, all of the decades exhibit significant differences in July. The differences in other months, except 
August in the 2090 s, are not significant.

Not only the area-averaged results but also the patterns of warming differences are significant among ensem-
bles in the SC. In the last decade of the 21st century, the mid-summer in SC under the OS scenario is significantly 
warmer than that under the NE scenario (Fig. 3a). In some grids, the differences reach 0.3 °C. For the 2071–2100 
mean, the SC also has a significantly warmer summer under the OS scenario, except that the differences between 
the two scenarios are weaker than those in 2091–2100 and that the area that reaches the 90% significance level is 
wider.

The number of extreme hot days in July in the SC also displays a large discrepancy between the OS and NE 
scenarios when approaching 2100. Figure 2b shows the decade-month section of the area-averaged differences 
in the number of extreme hot days in the SC. For the last 3 decades, the maximum increase in the number of 
extreme hot days in the SC generally occurs in July. The significance levels are slightly lower than those of the 
mean temperature results (Fig. 2a). In 2005, the mean extreme hot days is 11.5 days in July. During the 2080 s 
and 2090 s, the mean numbers of extreme hot days are 18.3 and 17.8 days in the NE scenario, respectively, and 
the mean numbers of extreme hot days are 19.4 and 19.0 days in the OS scenario, respectively. The mean number 
of extreme hot days increases by 55%-69% in the NE and OS scenarios. During the 2080 s, the mean number of 
extreme hot days increases by 6.8 days in the NE scenario relative to that in 2005; in the OS scenario, relative to 
that 2005, the mean number of extreme hot days increases by 7.9 days, which corresponds to a 16% additional 
increase relative to the increase in the NE scenario. During the 2090 s, the mean number of extreme hot days 
increases by 6.3 days in the NE scenario relative to that in 2005; in the OS scenario, relative to 2005, the mean 
number of extreme hot days increases by 7.5 days, corresponding to a 19% additional increase relative to the 
increase in the NE scenario.

The patterns in the number of extreme hot days in July in the SC between the OS and NE scenarios are also 
significant. The patterns of the number differences bear some resemblance to those of the July temperatures 
(Fig. 3). During 2091–2100, the averaged numbers of extreme hot days dominantly increase over the SC. In some 
grids, the differences reach 2.6 days (Fig. 3c). The area reaching the 90% significance level covers a large part of 
the SC, except for the southeast coast of China. For the 2071–2100 mean results, the number difference is less than 
that of the 2091–2100 mean, but the area reaching the 90% significance level is wider (Fig. 3d).

The discrepancy of the heat budget over the SC surface between the two scenarios can help the understanding 
of the temperature change. The equation for heat budget anomalies is shown in equation (3) in the methods sec-
tion. In July, during the last decade of the 21st century of the OS scenario, the downwards solar and longwave radi-
ation are both enhanced relative to those of the NE scenario (Fig. 4a). The anomalies of the two are 4.24 W m−2 
and 0.50 W m−2, respectively. The enhancement leads to increased radiation absorption and an increase of the SC 
surface temperature. The anomalies of an upwards solar radiation, upwards longwave radiation, latent heating 

Figure 2. Decade-month section of the area-averaged surface temperature (a) and days of extremely hot event 
(b) differences between the OS and NE scenarios over the domain [22–30°N, 100–120°E]. The unit is °C. Dots 
indicate that the significance level reaches 90%.
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Figure 3. Differences of the surface temperature (unit: °C) and number of extreme hot days (unit: days) 
between the OS and NE scenarios in July. (a) Temperature during 2091–2100; (b) temperature during 2071–
2100; (c) number of extreme hot days during 2091–2100; and (d) number of extreme hot days during 2071–
2100. Lattices indicate that the significance level of the results reaches 90%.

Figure 4. Differences of heat budget terms at the surface over the SC between the OS and NE scenarios. (a) The 
July mean of 2091–2100; and (b) the July mean of 2071–2100. The units are W m−2. SC is the domain [22–30°N, 
100–120°E]. On the x-axis, the radiation terms from left to right are anomalies of downwards solar radiation, 
upwards solar radiation, downwards longwave radiation, upwards longwave radiation, latent heating flux and 
sensible heating flux, respectively. Positive and negative, respectively, indicate heat absorption and loss of the 
surface.
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and sensible heating to the atmosphere are 0.43 W m−2, 1.06 W m−2, 2.02 W m−2 and 1.03 W m−2, respectively. The 
upwards solar radiation consists of the reflection and scattering of downwards solar radiation, which intensifies 
as the downwards solar radiation intensifies. The intensities of the other three upwards terms are connected to 
the surface temperature increase: (1) a surface temperature increase leads to an increase of longwave radiation; 
(2) an increase in the surface temperature contributes to an anomalous increase in the surface-air temperature 
difference, which leads to an anomalous intensification of evaporation (latent heating to atmosphere) and sensible 
heating. The anomalous enhancement of the upward four heating terms cancels the increase of the downwards 
terms and reaches a balance. The July temperatures in 2071–2100 are similar to those in 2091–2100, but the inten-
sities of the anomalous terms are smaller (Fig. 4b). The anomalies of the downwards solar and longwave radiation 
are 2.82 W m−2 and 0.59 W m−2, respectively; the anomalies of the upwards solar radiation, longwave radiation, 
latent heating and sensible heating to the atmosphere are 0.29 W m−2, 1.00 W m−2, 1.59 W m−2 and 0.54 W m−2, 
respectively.

The downwards solar increase in the SC is mainly due to cloud reduction at the mid-level. The clouds at the 
low-, mid- and high-levels in CESM1-CAM5 are investigated. We find that the differences of the mid-level clouds 
between the OS and NE scenarios mostly match the results of downwards solar radiation. During the final 1 to 3 
decades, the results exhibit significant differences in mid-level clouds in the SC between the two scenarios (Fig. 5). 
The difference is larger for the results of the July mean during 2091–2100 and matches the magnitude of down-
wards solar radiation shown in Fig. 4. Moreover, the difference patterns of the mid-level clouds between the two 
scenarios share some features with those of the surface temperature change (Fig. 2). The contributions of low-level 
and high-level clouds are quite small. The differences of both low-level and high-level clouds between the OS and 
NE scenarios do not match the pattern of the downwards solar increase or the surface temperature increase in the 
SC (Figs S1 and S2 in the Supplementary materials).

Summary and Discussion
In this paper, we find that surface warming in the boreal mid-summer in SC may be different if different tra-
jectories of carbon emission are adopted for achieving the Paris Agreement 1.5 °C warming goal. By analyzing 
the outputs of CESM1-CAM5 under the OS and NE scenarios, it is found that under the OS scenario, the SC 
mid-summer is significantly warmer than that under the NE scenario in the last 1 or 3 decades of the 21st century. 
In certain situations, the ratio of additional warming may reach 20% in the OS scenario relative to that of the NE 
scenario. Moreover, a significant difference is found in the number of extreme hot days in July in the SC between 
the two scenarios. During the 2090 s, the mean number of extreme hot days increases by 6.3 days in the NE sce-
nario relative to that in 2005; in the OS scenario, an additional increase of 1.2 day is found, corresponding to a 
19% increase in the number (6.3 days) in the NE scenario.

The decrease of mid-level clouds in the boreal mid-summer over the SC under the OS scenario relative to that 
of the NE scenario mainly accounts for the mid-summer warming and extreme hot day differences, because it 
leads to a rise in downwards solar radiation as well as the surface temperature. The warming surface induces the 
enhancement of upwards longwave radiation at the surface and latent heat flux into the atmosphere, favoring the 
balance of the heat budget at the surface.

This paper mainly provides evidence associated with mid-summer warming of the SC under different 1.5 °C 
warming scenarios. The main cause of the warming difference is the local decrease of mid-level clouds, which may 
be further influenced by atmospheric circulation, such as the East Asian jet stream14,15. How the different trajec-
tories of carbon emissions lead to the discrepancy of mid-level clouds over the SC requires further investigation.

In addition to, if internal variability is taken into account, the above difference of SC surface warming between 
the NE and OS scenarios may be insignificant. It is found that the internal variability (standard deviations) of 
the SC mid-summer temperature is greater than the mean difference between the NE and OS scenarios. In the 
NE scenario, the internal variability (standard deviation) of the 2091–2100 mean July temperature of the SC in 
the ensembles is from 0.30 to 0.54 °C, and the 2071–2100 means are from 0.31 to 0.50 °C. In the OS scenario, the 

Figure 5. Differences of the vertically integrated mid-level cloud (unit: %) between the OS and NE scenarios in 
July. (a) the average of 2091–2100; (b) the average of 2071–2100. Lattices indicate that the significance level of 
the results reaches 90%.
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standard deviations of the 2091–2100 mean July temperature of the SC in the ensembles are from 0.21 to 0.59 °C, 
and he 2071–2100 means are from 0.27 to 0.49 °C. Among the above cases, the minimum of the standard devi-
ations is 0.21 °C. The mean difference of the SC mid-summer temperature between the NE and OS scenarios is 
0.17 °C in 2091–2100 and 0.15 °C in 2071–2100, and both are less than the minimum of the standard deviations 
(0.21 °C). Thus, the temperature difference over the SC in mid-summer between the two scenarios may not be 
significant if the internal variability is taken into consideration.

Nevertheless, the above results indicate that different carbon emission strategies for achieving the 1.5 °C 
warming goal may lead to differences in the multi-year mean response or risk in the regional climate. Policy 
makers should be cautious when developing climate mitigation strategies.

Methods
The study in this paper is mainly based on the experiments of CESM1-CAM5. CESM1-CAM5 consists of coupled 
atmosphere, ocean, land, and sea ice component models. The resolution of all of the model components is approx-
imately 1° horizontally and includes land carbon cycle calculations, diagnostic biogeochemistry calculations for 
the ocean ecosystem and the atmospheric carbon dioxide cycle16. The experiments used in this paper are:

The Large Ensemble experiment16. Ensemble 1 of the Large Ensemble experiment is forced by well-mixed 
greenhouse gases, short-lived gases, aerosols and ozone from 1850–2005. Ensemble 2 is driven by the same forc-
ing as ensemble 1 but from 1920 to 2005; its initialization is 1 January 1920 of ensemble 1, starting with 1-day 
lagged ocean temperatures. Ensembles 3–35 is driven by the same forcing as ensemble 2; its initialization is 1 
January 1920 of ensemble 1 for all of the model components, but with an atmospheric round-off (order of 10−14 K) 
differences in the air temperature.

The 1.5 °C warming (never exceeding) experiment8. In this paper, this experiment is named NE for short. This 
scenario is designed such that the expected multi-year GMT never exceeds 1.5 °C above the pre-industrial levels 
(where pre-industrial is taken as the 1850–1920 mean) in CESM1-CAM5. Emissions follow RCP8.5 until 2017, 
after which the carbon emissions rapidly decline, reaching 50 percent of the 2017 levels in one decade by 2027. 
Combined carbon emissions reach net-zero in 2038. CO2 emissions reach a peak net negative level in 2065, with 
a net flux of −1.8 GtC/yr. After this, negative emission fluxes are reduced, reaching −0.9 GtC/yr by 2100. This 
experiment includes 10 members.

The 1.5 °C warming (overshoot) experiment8. In this paper, this experiment is named OS for short. This 
scenario is designed such that the expected GMT briefly overshoots before returning to 1.5 °C by 2100 in 
CESM1-CAM5. Emissions follow RCP8.5 until 2017, after which emissions decline slightly less rapidly than 
in the NE scenario, such that the emissions are half those of the 2017 levels by 2032. In this scenario, combined 
carbon emissions reach net-zero in 2046. The overshoot requires a larger late century negative emissions com-
mitment, with a peak net negative flux of −4.0 GtC/yr in 2080. After this, negative emission fluxes are rapidly 
reduced, reaching −1.0 GtC/yr by 2100. This experiment includes 5 members.

We obtain the above experiment outputs from https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.out-
put.html. The GMT increases of the 3 above experiments are shown in Fig. 1a.

The observational data used to evaluate the reproducibility of CESM1-CAM5 are the 756-meteorological sta-
tion daily data from the China Meteorological Administration. The data are from 1951–2012. Here, the evaluation 
is focused on the period of 1976–2005. We used the data from stations whose data contain no missing records 
from June 1 to August 31 in each year from 1976 to 2005.

The model reproducibility is evaluated based on the S-index17,18, defined as

=
+

+( )
S R

SDR

(1 )

4 (1)SDR

4

1 2

where R is the spatial correlation over the domain [22–30°N, 100–120°E] and SDR is the spatial standard devia-
tion in CESM1-CAM5 against that observed over the domain [22–30°N, 100–120°E]. Supposing the evaluated 
variable is the same in CESM1-CAM5 and the observation, that is, R = 1.0 and SDR = 1.0, we speculate that the 
best reproducibility corresponds to S = 1.0.

To evaluate the reproducibility of CESM1-CAM5, the simulation used is the Large Ensemble experiment, 
which was evaluated against the 756-meteorological station data from the China Meteorological Administration. 
The observational data are interpolated into the grids, which are the same as CESM1-CAM5. The evaluated 
period is 1976–2005.

We use Student’s t-test to test the null hypothesis that the sample means are from the same population. 
Rejection of the null hypothesis (i.e., acceptance of the alternative hypothesis) indicates that the sample means 
are from two different populations. The standard deviation used in Student’s t-test is among the ensembles, rather 
than those among years.

To calculate the number of extreme hot days, we perform the following steps: for each grid, we first rank the 
daily maximum temperatures during 1970–2005 in ascending order and choose the 90th percentile temperature 
as the threshold; then, the days when the maximum temperature exceeds the threshold are defined as extreme 
hot days.

At the end of the 21st century, the surface property in the SC may not change fundamentally between the OS 
and NE scenarios. The heat transfer from surface to deep soil may not show a significant discrepancy between the 
two scenarios either. Thus, this heat transfer is not taken into consideration in the present study. The equation for 
the heat budget anomalies at the earth surface is written as

https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.output.html
https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.output.html
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∂
∂

≈ ↓ + ↑ + ↓ + ↑ + +
T
t

SR SR LR LR LH SH (2)

where the terms on the right-hand side denote the anomalies of downwards solar radiation, upwards solar radi-
ation, downwards longwave radiation, upwards longwave radiation, latent heating flux and sensible heating flux, 
respectively. For the 10-yr or 30-yr means, the left-hand side term is approximately equal to 0. Then

≈ ↓ + ↑ + ↓ + ↑ + +SR SR LR LR LH SH0 (3)
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Abstract
Based on 1.5 °C and 2.0 °C warming experiments of Community Earth System Model, this study documents future
changes in the East Asian summer monsoon (EASM) and associated monsoon precipitation. The model reproduces
reasonably well the climatology of East Asian summer rainfall. All ensemble means show an increase in EASM intensity
and associated precipitation over most parts of the East Asian region in 1.5 °C Bnever-exceed^ (1.5degNE), 1.5 °C
Bovershoot^ (1.5degOS), and 2.0 °C (2.0degNE) experiments. There is no significant difference in the future changes in
EASM intensity, EASM precipitation, and its location among the three scenarios. A moisture budget analysis demonstrates
that the increased precipitation over East Asia in three scenarios should be ascribed to the changes in evaporation, vertical
motion, and humidity. The contributions of these three dominant terms increase sequentially under 1.5degNE, 1.5degOS,
and 2degNE scenarios. However, the differences among the three scenarios are quite small in three dominant terms. Over
East Asia, the contributions of evaporation and vertical motion are generally larger than that of humidity to the domain-
averaged EASM rainfall in each scenario.

1 Introduction

The East Asian summer monsoon (EASM) has an important
influence on weather and climate in East Asia and its adjacent
regions as the summer monsoon rainfall provides most of the
annual average precipitation (Lei et al. 2011). Many previous
studies have indicated that the variability in the advance and
retreat of the rain belt has substantial social and economic

influence (Huang et al. 1999, 2006, 2007; Jiang et al. 2008;
Hu et al. 2011, 2013). Therefore, projection of future changes
in EASM and associated precipitation under global warming
is one of the central issues relevant to the sustainable devel-
opment of society and economy.

Many previous studies have investigated future projections
of EASM and associated precipitation. A significant change in
monsoon rainfall is found in East Asia based on the Coupled
Model Intercomparison Project phase 3 (CMIP3) in various
scenarios, such as Special Report on Emissions Scenarios
(SRES) B1, A1B, and A2 (Lu and Fu 2010; Fu and Jiang
2012; Kusunoki and Arakawa 2012; Jiang and Tian 2013).
Recently, based onmulti-model results of CMIP5, some studies
provide evaluations on projected changes in EASM intensity
and precipitation for high-emissions scenarios Representative
Concentration Pathway (RCP), such as RCP8.5 (Bao 2012; Li
et al. 2014; Kwon et al. 2017), RCP6.0 (Seo et al. 2013), and
RCP4.5 (Jiang and Tian 2013; Chen and Sun 2013; Lee and
Wang 2014). It is found that both EASM and associated pre-
cipitation are projected to strengthen in East Asia during the
twenty-first century’s different time periods. In addition, com-
pared with other monsoon domains, the changes in extreme
precipitation indices are most pronounced over East Asian re-
gion in both RCP4.5 and RCP8.5 scenarios (Kitoh et al. 2013).
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Fig. 1 The leading EOF mode of JJA precipitation anomalies (color shading, unit: mm day−1) over East Asian region during 1958–2005 in each
ensemble of CESM historical simulations

Fig. 2 The leading EOF mode of JJA zonal wind at 200 hPa (color shading, unit: m s−1) over East Asian region during 1958–2005 in each ensemble of
CESM historical simulations
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Because of the continuous increase in greenhouse gases
(GHGs) concentration, the problem of global warming be-
comes more serious (IPCC 2013). The Paris Agreement
stated a goal to pursue efforts to keep global temperatures
below 1.5 °C above pre-industrial levels on December
2015 (UNFCCC 2015). As a matter of fact, the 1.5 °C
warming target is different from previous global warming
scenarios. With defined carbon emission pathways, the
previous global warming scenarios concentrate on the
change of the climate, which belongs to the research field
of climate dynamics. Without any given emission pathway,
the 1.5 °C target concentrates on temperature rise. It is not

only a matter of climate dynamics but also a socioeconom-
ic issue. In addition, for monsoon, the Managing the Risks
of Extreme Events and Disasters to Advance Climate
Change Adaptation (SREX) assessed that the low confi-
dence in projected changes of the monsoon, especially
for high-emissions scenarios, is likely associated with un-
certainty between models (Seneviratne et al. 2012). And
Wartenburger et al. (2017) pointed out that there exist sub-
stantial differences in heavy precipitation between 1.5 and
2 °C warming goals. However, projections of changes in
EASM under 1.5 and 2 °C warming goals are rarely
assessed in the literature so far.

Fig. 3 Ensemble mean of
normalized NEWI in CESM for
the period 1948–2004 (blue solid
line), and normalized NEWI in
NCAR-NCEP reanalysis for the
period 1948–2004 (black line).
The light blue shading indicates
the inter-ensemble spread

Fig. 4 Correlation (color shading) of precipitation (unit: mm day−1) and the NEWI for the period 1980–2005 in each ensemble of CESM historical
simulations. The red dots indicate the correlation reaches the 90% confidence level
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Previous studies on EASM and associated precipita-
tion mostly focused on the results under high emission
scenarios. However, in order to achieve the 1.5 °C and 2 °C
warming targets, greenhouse gases concentration or radiative
forcing is required to decrease in the next few decades
(Sanderson et al. 2016, 2017; Xu and Ramanathan 2017).
Compared with the previous pathways in which the ra-
diative forcing is monotonically increasing, the thermo-
dynamic and dynamical processes in the ocean will be
different under pathways in which the radiative forcing
is monotonically decreasing. In addition, in response to
the radiative forcing, there exists the fast adjustment of
ocean mixed layer and the slow response in deeper
ocean due to its enormous heat capacity (Held et al.
2010; Chadwick et al. 2013; Long et al. 2014). And
the East Asian monsoon is generally affected by the
heating effect of the ocean (Zhou et al. 2009; Li et al.
2014; Ueda et al. 2015). Thus, different responses of the
oceans may have a significant impact on the response of
EASM.

Therefore, the question arises how the EASM and as-
sociated precipitation change when the greenhouse gas
concentration firstly increases and then decreases in
1.5 °C and 2 °C warming scenarios during different pe-
riods of the twenty-first century. At present study, nu-
merical simulation is relatively feasible. Nevertheless,
only Community Earth System Model (CESM, version
1; Hurrell et al. 2013) is in agreement with 2 °C and
1.5 °C warming goals. Hitherto, this model has not yet
been used to analyze changes of East Asian summer
monsoon. Based on above statement, this paper intends
to use this experimental result to analyze the changes in
the EASM and monsoon rainfall under 1.5 °C and 2 °C
warming targets and provide relevant diagnostic analysis.
The rest of the paper is organized as follows. Section 2
describes the data as well as the methods used in the
study. Section 3 evaluates the simulation capacity of
the CESM model. Section 4 displays future changes in
the EASM and associated monsoon rainfall under 1.5 °C
and 2 °C warming goals, respectively. Section 5 diagno-
ses the causes of the EASM precipitation changes. And
the summary and discussion are provided in Section 6.

2 Data and methods

The projection is based on CESM Low Warming runs: 10
ensembles for scenarios 1.5 °C Bnever-exceed^
(1.5degNE) and 2.0 °C (2.0degNE) and 5 ensembles for
scenario 1.5 °C Bovershoot^ (1.5degOS). The simulations

for these three scenarios were all derived from Kay et al.
(2015) in 2006, running through 2100. The detailed defi-
nition of 1.5degNE, 1.5degOS, and 2.0degNE scenarios
and their emission pathways are given by Sanderson
et al. (2017). A 35-member ensemble is conducted with
the CESM1-Community Atmosphere Model (version 5,
CAM5) (Hurrell et al. 2013) BGC Large Ensemble for
1920–2005. The focused period is 1980–2005.

The reproducibility of the CESM is estimated against
reanalysis data. In this paper, we use the monthly atmo-
spheric reanalysis data available from 1948 to the pres-
ent with a horizontal resolution of 2.5° × 2.5° (Kalnay

Fig. 5 Same as in Fig. 4, but the results from the a GPCP and b CMAP.
The area [25.5° N–38.5° N, 105° E–155° E] in red frame is highly
correlated positive area. The red dots indicate the correlation reaches
the 95% confidence level
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et al. 1996). And the monthly global Precipitation data
from Center for Climate Prediction Merged Analysis of
Precipitation (CMAP; Xie and Arkin 1997) during
1979–2008 and the Global Precipitation Climatology
Project (GPCP; Huffman et al. 2009) for the period
1979–2009 were also utilized. Both of these two data
sets have a horizontal resolution of 2.5° × 2.5°.

To measure the intensity of EASM, the NEW index
(NEWI) used in this study was proposed by Zhao et al.
(2015), which reflects well main features associated with

EASM variability. Hence, our study uses NEWI to measure
the EASM.

NEWI ¼ Nor

"
u 2:5o−10oN ; 105o−140oEð Þ

−u 17:5o−22:5o; 105o−140oEð Þ
þu 30o−37:5oN ; 105o−140oEð Þ

# ð1Þ

Where Nor represents standardization and u refers to the
average of June, July, and August (JJA) zonal wind at

Fig. 6 The NEWI under: a
1.5degNE, b 1.5degOS, and c
2.0degNE. The results in each
scenario are subtracted by
corresponding 2006–2100 mean.
The corresponding ensemble
mean is displayed as thick black
lines. The results of each
ensemble are displayed as color
lines. d The ensemble mean for
each scenario
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200 hPa. The index NEWI represents the strength of
EASM. When easterly anomalies appear at the middle area
(about 20°N), and westerly anomalies appear at southern
(about 5°) and northern (about 35°N) areas of zonal wind
at 200 hPa in East Asia, the NEWI is positive, and the
EASM is stronger.

To interpret the causes of the rainfall changes over the
East Asian region, the moisture budget analysis is given as
follows:

P
0 ¼< −ω ∂pq

0
> þ < −ω

0
∂pq > þ < −ω

0
∂pq

0
>

þ < −V ⋅∇ q
0
> þ < −V

0
⋅∇ q > þ < −V

0
⋅∇ q

0
> þE

0

ð2Þ

Where the overbars mean climatology in present-day
(1980–2005). And ' means the departure from the present-
day value. Here, P, ω, q, V, and E represent the precipitation,
pressure velocity, specific humidity, horizontal wind, and
evaporation, respectively. The operator < > means a mass
integration from the surface to 100 hPa.

In this paper, multi-ensemble mean is used to analyze
present-day (1980–2005) climate and diagnose causes of
the rainfall change in future (2006–2100). And the
Student’s t test is used to estimate the level of the signifi-
cance for differences between the mean values of the two
groups of samples.

Fig. 7 Correlation (color shading) of precipitation (mmday−1) and the NEWI based on a set of 10 simulations of 1.5degNE scenario for the period 2006–
2100. The red dots indicate the 95% confidence level
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3 EASM in present-day climate

The reproducibility of EASM variability in the CESM is
estimated before investigating changes in precipitation.
First, the leading EOF mode of the JJA precipitation in
CESM historical simulations over the domain (0–60° N,
100–160° E) areas is shown in Fig. 1. The leading EOF of
the summer rainfall over East Asia-Northwestern Pacific
features the Meiyu–Changma–Baiu rain belt and tropical
Philippine Sea rain belt, which is consistent with the ob-
servations in Zhao et al. (2015). Thus, CESM can capture
the main features of the year-to-year rainfall variability
over the East Asian region.

Figure 2 shows the leading EOF mode of the JJA zonal
wind at 200 hPa. The CESM historical simulation repro-
duces reasonably the distinct tripole pattern, and the cen-
ters of positive–negative–positive anomalies appear about
5°, 20°, and 35°N, respectively. These results are consis-
tent with Zhao et al. (2015). Hence, the model has a rea-
sonable performance in simulation of the changes of
NEWI. The observational NEWI fluctuation is within
the spread of 35 CESM historical ensembles (Fig. 3).

There is the possibility that one of the ensembles display
close variation to observational NEWI, indicating that
CESM has capability to produce reasonable variation of
NEWI. We examine the correlations between precipitation
and NEWI based on CESM. The obtained correlation
based on the ensemble mean is shown in Fig. 4. A dipole
rain belt structure is found over East Asia-Northwestern
Pacific region. The structure is consistent with results in
GPCP and CMAP (Fig. 5).

Therefore, CESM shows a good performance in simulating
the major feature of the variation of summer precipitation and
zonal wind at 200 hPa over East Asia-Northwestern Pacific
region. In addition, the variation of NEWI and associated
rainfall are also reasonably reproduced by CESM. In this
sense, it is reasonable to use CESM to study the future change
of EASM.

4 Projection of the EASM

Furthermore, we use NEWI to study the changes of EASM
based on CESM. Figure 6a–c shows the variation of NEWI

Fig. 8 Same as Fig. 7, but based on a set of 5 simulations in 1.5degOS scenario
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from 2006 to 2100 under 1.5degNE, 1.5degOS, and
2degNE scenarios, respectively. The changes of NEWI in
all ensemble means show a slightly increase in the three
scenarios. These results suggest that the increasing trend of
EASM is not significant. In addition, Fig. 6d displays the
ensemble mean of each scenario. The differences among
the ensemble means are not significant and do not reach the
90% confidence level.

Figures 7, 8, and 9 display the correlation between precip-
itation and NEWI under three scenarios during the period of
2006–2100. The patterns of the summer rainfall over East
Asia associated with the NEWI also display dipole structure,
similar to that of historical simulation in Fig. 4. It implies that

the location of East Asian summer rainfall associated with the
intensity of EASMwill not change if the global mean temper-
ature changes.

Then, we choose one area that is highly correlated with
the NEWI (25.5–38.5°N, 105–155°E) (Figs. 4 and 5) to see
the transient response of the rainfall over the key area as-
sociated with the EASM. The position of this area is quite
similar in both present-day (1980–2005) and future climate
(2006–2100). Generally, the variation of EASM rainfall
over the key region shows a significant increasing trend
under 1.5degNE, 1.5degOS, and 2degNE scenarios, re-
spectively (Fig. 10a–c). Although all ensemble means
show that the increasing trend of EASM rainfall in

Fig. 9 Same as Fig. 7, but based on a set of 10 simulations in 2degNE scenario

2194 L. Chen et al.



2degNE is slightly obvious, each scenario does not show
distinct differences and the differences do not reach the
90% confidence level (Fig. 10d).

Figure 11 shows the response of zonal average precipita-
tion under the three scenarios for the period 2006–2100. We
can see that the anomalies of zonal average precipitation all
increase with time under the three scenarios. Furthermore, the
location of key area of anomalies of zonal average precipita-
tion in the future is quite similar to that in present-day. It also

confirms that no distinct change occurs in the meridional lo-
cation of rain belt during 2006–2100.

Briefly, the changes in EASM intensity and the associated
monsoon rainfall are projected to strengthen in most of the en-
sembles of 1.5degNE, 1.5degOS, and 2degNE scenarios. These
results generally in agreement with previous research based on
CMIP3 or CMIP5 (Lu and Fu 2010; Bao 2012; Kusunoki and
Arakawa 2012; Chen and Sun 2013; Qu et al. 2014; Jiang and
Tian 2013; Li et al. 2014; Lee andWang 2014;Kwon et al. 2017).

Fig. 10 Area average of JJA
precipitation over [25.5° N–38.5°
N, 105° E–155° E] for the period
2006–2100: a 1.5degNE, b
1.5degOS, and c 2.0degNE. The
results in each scenario are
subtracted by corresponding
2006–2100 mean. The
corresponding ensemble mean is
displayed as thick black lines. The
results of each ensemble are
displayed as color lines. d The
ensemble mean for each scenario.
The units are millimeter per day
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And the enhancement is more clearly in the ensemble mean re-
sults of each scenario. In addition, comparedwith present-day, the
location of rain belt has no significant change in three warming
scenarios. However, it is still not clear what contributes to the
strengthening of EASM precipitation. To answer the question,
the moisture budget is performed in the following section.

5 The moisture budget

To explore the causes of the strengthening of EASM rainfall
under the 1.5degNE, 1.5degOS, and 2degNE warming sce-
narios, moisture budget diagnosis is performed (see
Section 2).

Under the warming scenarios, the increased precipita-
tion over the domain (25.5–38.5°N, 105–155°E) may be
attributed to three terms: increases in evaporation change

(E'), anomalous vertical motion change (< ω
0∂p�q> ), and

vertical gradient of humidity change (< �ω∂pq
0
> ). Among

them, the evaporation change contributes most (Fig. 12). In
addition, the differences of the moisture budget terms
among 1.5degNE, 1.5degOS, and 2degNE scenarios are
quite small (Fig. 12d–f). Then, the time-series of the three
dominant terms are given by Fig. 13. The fluctuation of
vertical motion (< ω

0∂pq > ) in orange line is larger than
the other two terms in all the three scenarios. One possible
reason is that this term more subjects to internal variability.
In the last half of the twenty-first century, the change of
evaporation generally overwhelms the other two terms un-
der 1.5degNE and 1.5degOS scenarios. In 2.0degNE sce-
nario, the change of evaporation is generally comparable to
vertical motion (< ω

0∂pq > ) in the last half of the twenty-
first century. Whatever in which scenario, the changes in
evaporation and vertical motion are larger than humidity
(< ω∂pq

0
> ) during the last half of the twenty-first

century.

�Fig. 11 Zonal average [100–160° E] of JJA precipitation (color shading;
unit: mm day−1) during 2006–2100 relative to the ensemble mean of
CESM historical simulation during 1980–2005: a the ensemble mean of
1.5degNE scenario, b the ensemble mean of 1.5degOS scenario, and c the
ensemble mean of 2.0degNE scenario. The red dots indicate the 95%
confidence level. To facilitate the comparison, the zonal average [100–
160°E] of ensemble mean JJA precipitation (black lines) during 1980–
2005 in CESM is attached to the right of each panel. The units are mil-
limeter per day

Fig. 12 The area-averaged terms
of the moisture budget equation
associated with EASM
precipitation in comparison of
given two experiments: a 1.5NE
relative to LE; b 1.5OS relative to
LE; c 2.0NE relative to LE; d
1.5OS relative to 1.5NE; e 2.0NE
relative to 1.5NE; f 2.0NE relative
to 1.5OS. The terms are display in
x-axis. The units are millimeter
per day
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We further analyze the patterns of the three dominant
terms. From Fig. 14, we can see that the contributions of three
dominant terms increase sequentially under 1.5degNE,

1.5degOS, and 2degNE scenarios. For < �ω∂pq
0
>, there are

distinct positive responses in the climatological rainy areas
over northeastern of China, North Korea, and of South
Japan. This term reflects Bwet-get-wetter^ or Brich-get-richer^
mechanism (Chou and Neelin 2004; Chou et al. 2009; Held

et al. 2010), with the upward motion in the climatological rain
belt leads to plenty of moisture increase near the surface. For

< −ω0∂pq >, positive responses are found in EASM associat-
ed key rainfall area (25.5–38.5° N, 105–155° E), indicating the
enhancement of rainfall due to strengthening of the ascendance;
while distinct negative responses are mainly located in north of
the key rainfall area, where the rainfall decreases due to the
weakening of the ascendance. As for E', it displays uniform

Fig. 13 The area average of
< ω∂pq

0
>, < ω

0∂pq >, and the
evaporation change over area
[25.5°N–38.5°N, 105°E–155°E]
under 1.5degNE (a), 1.5degOS
(b), and 2degNE (c) scenarios.
The units are millimeter per day
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enhancement over East Asia-Northwestern Pacific region. The
enhancement maximums are mainly located over Yellow Seas
and Northeast China. And the intensified evaporation is inti-
mately associated with the increase in surface temperature by
global warming. However, we are not able to diagnose the
evaporation changes due to the absence of surface wind data.

Briefly, the increased rainfall over the key area of East Asia
is mainly ascribed to the changes in evaporation, vertical mo-
tion, and humidity in 1.5degNE, 1.5degOS, and 2degNE sce-
narios. And the contributions of these three dominant terms
increase sequentially in the three scenarios. One of the greatest
contributions among the three terms is evaporation in each
scenario. Although the effects of changes in evaporation and
upward motion are almost the same as in 2.0degNE, their
contributions are still larger than humidity.

6 Summary and discussion

In this study, we present the changes in EASM intensity and the
associated rainfall by 1.5 °C and 2.0 °C warming experiments of
CESM. First, the model reproducibility is evaluated. The CESM
reasonably reproduces the main features of the year-to-year rain-
fall variability over East Asia-Northwestern Pacific region. Thus,
we can use CESM to predict the changes in EASM intensity and
the associated precipitation over the twenty-first century.

Under 1.5degNE, 1.5degOS, and 2degNE warming scenari-
os, both EASM intensity and the associated rainfall are projected
to increase in most ensembles in the future. The changes in
EASM intensity have no significant differences among the three
scenarios. And these results are more obvious in the ensemble
mean for each scenario. In addition, the position of key rainfall

Fig. 14 < ω∂pq
0
>,< ω

0∂pq >, and the evaporation change under 1.5degNE, 1.5degOS, and 2degNE scenarios. The units are millimeter per day. The
area [25.5° N–38.5° N, 105° E–155° E] in green rectangle is EASM-associated key rainfall area
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region (25.5–38.5° N, 105–155° E) of EASM-associated precip-
itation in future is quite similar to that in present-day. Although
the EASM precipitation has more significant increasing trend in
2degNE scenario, there is no significant difference among the
three scenarios. One possible reason is that the differences of the
radiation force in low warming experiments are quite small
among the three scenarios. Besides, the insignificant differences
among the three scenarios are probably associated with large
natural variability which may has a great influence on the chang-
es of monsoon rainfall. Therefore, it is difficult to see the differ-
ences among the three scenarios.

Our moisture budget analysis reveals the increased precip-
itation over East Asia should be attributed to the changes in
evaporation, vertical motion, and humidity during 2071–2100
in 1.5degNE, 1.5degOS, and 2degNE scenarios. And the con-
tributions of the three dominant terms increase sequentially in
three scenarios, while the differences among the three scenar-
ios are quite small in three dominant terms. In all the three
scenarios, the contribution of evaporation is the greatest in the
changes of total precipitation. Only in 2degNE scenario, the
contribution of vertical motion is almost the same as evapora-
tion. However, the contributions of evaporation and vertical
motion are greater than that of humidity in all three scenarios.
These results are further to be confirmed in time-series of the
three dominant terms. In all patterns of three dominant terms,
positive responses are mainly found in the key rainfall area.

Besides, other factors, especially oceanic factors, contrib-
ute to East Asian climate anomalies (Ueda et al. 2015; Fan
et al. 2018; Zhang et al. 2018). Compared with monotonically
increasing radiative forcing pathways, the oceanic heating will
be different to that during the radiative forcing is decreasing
(Held et al. 2010; Chadwick et al. 2013; Long et al. 2014).
Consequently, the East Asian summer monsoon may also dis-
play different responses. However, the detailed causes of
EASM changes need further study.
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Abstract
This study reports a theoretical understanding of multiscalar drought indices based on the relationship between precipitation and
Standardized Precipitation Index (SPI). To unveil the multiscalar structure of precipitation, the advanced technique of wavelet
decomposition is systematically applied to dissect the precipitation into a number of orthogonal components according to
different time scales. A case study over Southwest China demonstrated a time lag or a synchronous correlation, depending on
the time scale, between precipitation and the SPI, with precipitation always leading the SPI. The delayed response of the SPI to
precipitation becomes more significant as the temporal scale increases, while the lead-lag effect vanishes at the shortest time
scales. Most importantly, the SPI at a specific time responds primarily to the corresponding precipitation component, regardless
of the contribution of its variance to the total variability. The conclusions obtained in the case study are further strengthened by
global analysis. Moreover, the lag time between the SPI and precipitation at longer time scales has great geographic diversity
worldwide, in contrast to shorter time scales, which have spatially uniform response times irrespective of site. In addition, we also
clarify two core concepts that are easily confused, time scale and lag time. Finally, our study highlights the prominent utility of a
multiscalar drought index to detect drought for a wide range of time scales compared to other metrics with rigid time scale, owing
to the multistructural property of precipitation that results in multiscalar drought.

1 Introduction

Drought is the world’s costliest natural disaster, causing tre-
mendous economic losses annually and affecting more people
than any other form of natural disaster (Wilhite 2000).
Moreover, drought is among the most complex of climatic
phenomena, mainly because it is difficult to quantify its sever-
ity, describe its spatial coverage, and pinpoint its beginning

and end (Wilhite 2006). A drought index, which is synthetic
information about wet and dry conditions, is central to the
identification and quantification of drought phenomena and
is especially indispensable for policy makers (Heim 2000).
In past decades, various drought indices of varying complex-
ity and algorithms have been developed in order to provide a
quantitative and objective evaluation of drought (Heim 2002;
Dai 2011a). The most popular drought indices with extensive
application include the Palmer Drought Severity Index (PDSI)
(Palmer 1965; Wells et al. 2004), the Standardized
Precipitation Index (SPI) (McKee et al. 1993), and the
Standardized Precipitation Evapotranspiration Index (SPEI)
(Vicente-Serrano et al. 2010). The relationship among differ-
ent drought indices has been extensively examined in previous
studies. McKee et al. (1995) pointed out that the PDSI had the
highest correlation to the SPI with a 10–14 month time scale
for most individual stations in the USA; Guttman (1998)
reached a similar conclusion. Recently, Vicente-Serrano et
al. (2010) investigated the correlation between the PDSI and
SPEI at different time scales globally and concluded that a
high correlation was maintained at time scales of 12–
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18 months. Vicente-Serrano et al. (2011a) found that the SSI
(Standardized Streamflow Index) was highly correlated with
both the SPEI and SPI at time scales of 3–8 months on the
northwest Iberian Peninsula. McEvoy et al. (2012) evaluated
two multiscalar drought indices, SPEI and SPI, and suggested
that both indicators were remarkably correlated to surface
water availability throughout Nevada and eastern California,
with SPEI showing some advantage over SPI.Wang and Chen
(2014) investigated the correlation between the PDSI and
SPEI within China and suggested that how well the SPEI
correlates with PDSI depends on the time scale: at a time scale
of less than 10 months, a poor correlation is observed; at a
time scale of greater than 10 months, the correlation coeffi-
cient between SPEI and PDSI remains between 0.7 and 0.9. In
particular, Vicente-Serrano et al. (2012) provided a global as-
sessment to compare different indices including the SPEI, SPI,
and four versions of the PDSI.

However, the basic relationship between precipitation and
drought indices is usually overlooked and poorly understood,
though precipitation is usually a dominant variable in the for-
mulation of a drought index. Consequently, the purpose of this
study is to reveal the quantitative relationship between precip-
itation and drought indices. The SPI is chosen as a represen-
tative multiscalar drought index since it depends entirely on
precipitation and ignores other variables. As we know, the SPI
can be calculated at different temporal scales, enabling it to
identify different types of drought. However, the multiscalar
structure of precipitation is not apparent; towards this goal, the
wavelet decomposition technique is applied to dissect the pre-
cipitation at different time scales. Despite the popularity of
wavelet analysis in atmospheric science to determine the dom-
inant period of a time series and how it varies with time
(Meyers et al. 1993; Torrence and Compo 1998), wavelet
decomposition is seldom used to decompose a time series into
several components according to different time scales.

This paper is structured as follows: The mathematical prin-
ciples of wavelet decomposition and the SPI are respectively
introduced in Sections 3.1 and 3.2, after a brief description of
data sources in Section 2. To provide an in-depth view, a
detailed case study is presented in Section 4. Subsequently,
the research scope is expanded to the global scale and
discussed in Section 5. Finally, Section 6 is devoted to con-
cluding remarks and further discussion. Southwest China,
covering 22.25–31.75° N, 98.75–109.25° E, is chosen as the
research case, since it has experienced massive and prolonged
droughts over the last decade (Wang et al. 2015, 2018).
Droughts in Southwest China rank among the most extreme
in the world over the past decade (Orlowsky and Seneviratne,
2013), and receive widespread attention from both the gov-
ernment and academic sectors in China. All these drought

events resulted in crop failure, lack of drinking water, ecosys-
tem destruction, health problems, and even deaths (Qiu,
2010). Thus, it is meaningful to choose Southwest China as
a research case.

2 Data

The monthly precipitation dataset used to carry out the case
study over Southwest China has 0.5° × 0.5° horizontal grids
and covers the period from 1961 to 2011. This dataset is elab-
orated by the National Meteorological Information Center of
the China Meteorological Administration and is created based
on 2474 ground observatories in China that have been sub-
jected to rigorous quality control. A digital elevation model is
introduced in the process of interpolation to take topographic
effects into account.

In parallel, global monthly mean precipitation data are re-
trieved from the Global Precipitation Climatology Project
(GPCP) (Adler et al. 2003), which is established and managed
by the Global Energy and Water Cycle Experiment
(GEWEX). This is a merged analysis that combines rain
gauge data from more than 6000 stations worldwide and var-
ious satellite-based estimates of precipitation. The GPCP pro-
duces the best known and widely used global precipitation
data in the meteorological community, covering the period
from 1979 to 2011 at a horizontal resolution of 2.5°. Even
though the GPCP data have global coverage, ocean data are
excluded from the analyses and only global land data are
utilized, since drought and its related impacts over land are
of primary concern.

3 Methodology

3.1 Wavelet decomposition

Wavelet decomposition (WD), also called multiresolution
analysis, is capable of decomposing a time series into several
components, each of which is associated with a particular time
scale. The WD concept and realization were initiated by
Mallat (1989) and Meyer and Salinger (1995), and WD has
found frequent application in signal processes and applied
mathematics. Here, only a brief description of WD is present-
ed; detailed information can be found in BTen Lectures on
Wavelets^ (Daubechies 1992).

The formal definition of WD of L2(ℝ) is a collection of
successive closed subspaces {Vj}j ∈ℤ of L2(ℝ) satisfying
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V j⊂V j−1

∪
j∈ℤ

V j ¼ L2 ℝð Þ
∩
j∈ℤ

V j ¼ 0f g

f ∈V j⇔ f 2⋅ð Þ∈V j−1

There exists ϕ ∈ V0 such that ϕ ⋅−kð Þ; k ∈ ℤf g is orthonormal basis for V0

ð1Þ

In wavelet decomposition, ϕ is often called the Bscaling
function.^ Let ϕj, k(x) = 2−j/2ϕ(2−jx − k); condition (1) implies
that {ϕj, k, k ∈ℤ} is an orthonormal basis that spans Vj for
all j ∈ℤ. Defining Wj to be the orthogonal complement of Vj
in Vj − 1, they are related by

V j−1 ¼ V j⊕W j ð2Þ

The vector space Vj − 1 is a linear combination of the
Bsmooth^ subspace Vj and the Bdetailed^ subspace Wj. The
basic theorem of multiresolution analysis is that when a se-
quence of closed subspaces satisfies condition (1), there exists
{ψi, j(x) = 2−j/2ψ(2−jx − k), k ∈ℤ}, in which ψi, j is generated
by the translation and dilation of the Bwavelet function^ ψ,
which forms the orthonormal basis of subspace Wj.

In the case of discrete time series, space V0 has the finest
resolution and contains the original data. Therefore, the pro-
jection of the data onto {Vj, j = 1, 2, 3…} has increasingly
coarser resolution. Starting with V0, the decomposition pro-
cess at increasingly coarser resolution can be applied recur-
sively, which can be expressed as

V0 ¼ V1⊕W1

¼ V2⊕W2⊕W1

¼ V3⊕W3⊕W2⊕W1

¼ …

ð3Þ

Data projected onto Vj is referred to as the decomposition
of data at level j. Therefore, the wavelet decomposition of the
signal at level j comprises the hierarchy of detailed informa-
tion (W1 toWj) and the coarsest smoothing representation (Vj).

In practice, we need to choose the scaling function ϕ,
wavelet function ψ, and maximum level of decomposition j.
In this study, Daubechies scaling and wavelet functions as
shown in Fig. 1 are chosen to perform decomposition and
the maximum decomposition level is 5.

3.2 Standardized precipitation index

The Standardized Precipitation Index (SPI), as first introduced
by McKee et al. (1993), is an effective tool for identifying the
severity and period of droughts at multiple time scales. A
detailed and clear description of the steps required to calculate
the SPI is provided in Edwards and McKee (1997). The com-
putation of the SPI is based on predefined time scales N,
which correspond to the past n months of precipitation totals.
The procedure consists of two main steps: first, a cumulative
series is created at the desired time scale; second, the resultant
data are fitted to the two-parameter Gamma distribution and
then transformed into a normal distribution. The climatic clas-
sification according to the SPI is shown in Table 1. Because
the time scale obtained by wavelet decomposition can only be
a power of 2, the SPI is accordingly calculated at time scales of
20, 21, 22, 23, 24, and 25 months. Hereafter, P-n and SPI-n are
referred to as the precipitation and SPI at a time scale of n
months, respectively.

Fig. 1 Daubechies scaling (solid red line) and wavelet function (dashed
blue line)

Table 1 Drought classifications according to SPI values

SPI value Category

SPI ≥ 2.00 Extremely wet

1.50 ≤ SPI < 2.00 Very wet

1.00 ≤ SPI < 1.50 Moderately wet

− 1.00 ≤ SPI < 1.00 Near normal

− 1.50 ≤ SPI < − 1.00 Moderate drought

− 2.00 ≤ SPI < − 1.50 Severe drought

SPI ≤ − 2.00 Extreme drought

Towards a theoretical understanding of multiscalar drought indices based on the relationship between... 1467



Fig. 3 Temporal variation of
precipitation (solid red lines) and
SPI (dashed blue lines) at time
scales of 25, 24, 23, 22, 21, and
20 months. The maximum lagged
correlation coefficient and its
corresponding lag time are given
at the top right in each subplot

Fig. 2 The six components of the
precipitation series over
Southwest China at time scales of
25, 24, 23, 22, 21, and 20 months
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4 A case study

This section aims to vividly illustrate the relationship between
precipitation and the SPI, while a global analysis is described
in Section 5. First, the annual cycle of the precipitation series
over Southwest China is removed prior to wavelet decompo-
sition. Second, the decomposition procedure is applied recur-
sively, until the coarsest level of 5 is reached. Consequently,
the multiresolution representation of the original data consists
of the coarsest Bsmooth^ representation at a time scale of
25 months (Fig. 2a), and the hierarchy of Bdetailed^ compo-
nents at time scales of 24, 23, 22, 21, and 20 months as shown in
Fig. 2b–f. Figure 2 demonstrates that the amplitude and fre-
quency steadily increase from longer time scales to shorter
ones. The 25-month component appears to have interdecadal
variability, with markedly long-term precipitation deficits in
the last 10 years, which is in accordance with the massive and
frequent drought events in Southwest China. In contrast, high-
frequency oscillations with shorter duration are associated
with shorter time scale variability.

The quantitative relationship between precipitation and the
SPI at multiple time scales is examined by finding the lag that
results in the maximum time-lagged correlation, as shown in
Fig. 3. The time lag denotes how quickly the droughts at a
specific time scale respond to precipitation anomalies. In fact,
as shown below, the drought and corresponding index have a
synchronous or delayed response to precipitation, depending
on the time scale. At the time scale of 25 months, a positive lag
of 11 months is identified, coupled with a maximum correla-
tion of 0.8, indicating that the response time from the precip-
itation surplus or deficit to a rise or fall in the 32-month SPI
indicative of hydrological wetness/dryness is 11 months. This
phenomenon can be ascribedmainly to the considerable mem-
ory or persistence characteristics of hydrological systems in-
cluding streamflow, groundwater level, reservoir, and lake
storage, etc. As seen from Fig. 3a–f sequentially, the decreases
in time scale not surprisingly lead to a decrease in the time lag
at which the two series have the highest correlation. In partic-
ular, there is no delay between precipitation and the SPI at
time scales of both 20 and 21, because the short-term SPI is
closely tied to soil moisture, which is greatly sensitive to pre-
cipitation behavior.

These two methods, wavelet decomposition and the SPI
procedure, which are based on completely different mathe-
matical principles, both successfully detect the essential char-
acteristics of precipitation, since all the time-lagged correla-
tions irrespective of time scales are significant at the 99%
confidence level. As stated in numerous studies, drought is a
multiscalar phenomenon. Furthermore, the multiscalar char-
acter of drought originates from the multistructural property of
precipitation, each occurring at different time scales.
Specifically, the variation in the dry/wet state as reflected by
the drought index at a particular time scale is regulated

predominantly by the subseries separated from original pre-
cipitation data at that scale and is virtually unperturbed by any
other components.

Table 2 shows the contribution (%) of each component to
the total variance. Remember that the decomposed compo-
nents are linearly independent, as illustrated in Expression 3,
and the original series can be regenerated as a sum of them, so
the variance contribution can be easily calculated as the ratio
of the component variance to the total. Table 2 demonstrates
that the dominant contribution to the total variance of precip-
itation comes from the short and intermediate temporal scale
structures, with the proportion explained by the 20- to 22-
month series accounting for 86.1%. Furthermore, the variance
contributions drastically decrease as the time scale increases.
Although the component of longer time scales adds a relative-
ly minor contribution to the total variability, it is indispensable
to the long-term drought phenomenon and cannot be
neglected. To substantiate this, we use the precipitation com-
ponent at the time scale of 25 months, and all other parts

Fig. 4 Temporal variations in SPI constructed from the original
precipitation data (solid red line), the component at the time scale of
25 months (dashed blue line in upper panel), and all the other
components comprising the time scales ranging from 20 to 24 months
(dashed blue line in bottom panel), respectively

Table 2 Variance contributions of the six precipitation components (%)

Time scale (months) 25 24 23 22 21 20

Variance contribution (%) 4.1 2.6 7.2 18.1 24.8 43.2
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together whose variance contribution is 95.9%, to respectively
construct the SPI series. The result depicted in Fig. 4 shows
that the SPI-32 derived from the 25-month precipitation series
perfectly resembles that calculated from the original data, with
a simultaneous correlation coefficient of 0.92, while the SPI-
32 induced from the precipitation excluding the 25-month
component fails to match the actual pattern. For instance, the
SPI series, computed from the aggregated components vary-
ing on time scales shorter than 24 months (Fig. 4b), demon-
strates strong interannual variability without a significant
trend in the last decade, which contradicts the observed reality
of the negative values of the SPI-32 along with a persistent
decreasing trend in this period. Consequently, it can be con-
cluded that despite the very small contribution of the 25-month
scale precipitation to the variance, to a great extent it deter-
mines the fluctuation of the SPI-32. This can be explained
physically in that hydrological drought (long time scale), in
terms of streamflow, ground water level, and so on, typically
responds to the slowly varying (low frequency) component of
precipitation and is insensitive to the components at shorter
temporal scales, which have high-frequency oscillations.

Finally, it is necessary to stress that lag time and time scale
are two completely different concepts. The time scale in the
formulation of the SPI may lead to the misinterpretation that
the time scale is equivalent to the time delay in the response of

the SPI to precipitation. As seen in Fig. 3a, however, the 32-
month SPI lags the 32-month precipitation by 11 months rath-
er than 32 months. This can also be verified in Fig. 4a, in
which the time series (dashed blue line) constructed from the
32-month precipitation leading the SPI by 11 months success-
fully reproduces the 32-month SPI (solid red line). Thus, the
time scale reflects the behavior of the time series itself, while
lag time refers to the time elapsed from the center of the
excess/insufficient rainfall to the SPI peak/valley. This con-
clusion is further supported in the global analysis of the
response-time lag, as discussed in Section 5.

5 Global analysis

In this section, the relationship between precipitation and the
SPI is further investigated on a global scale. More specifically,
the lag time in each grid cell is identified when the lagged
correlation reaches its maximum. Therefore, a higher grid cell
value denotes a longer response time of drought to a precipi-
tation surplus or deficit. Figure 5 portrays the spatial patterns
of lag time between precipitation and the SPI, with precipita-
tion always leading the SPI. To provide a useful statistical
description of the lag times worldwide, histograms are created

Fig. 5 Spatial distribution of the
lag time between precipitation
and the SPI at time scales of 25,
24, 23, 22, 21, and 20 months with
the precipitation always leading
the SPI
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in Fig. 6 to display the percentage of total grid cells falling in
each of the time lags (0–19 months and ≥ 20 months).

Overall, the lag time between precipitation and the SPI
gradually declines with the decrease in the time scale, as evi-
denced in both Figs. 5 and 6. It is also noteworthy that the
percent distribution of time lags at longer time scales covers a
wider range and ismuch less concentrated. At the time scale of
25 months, the delayed responses of the SPI-32 to P-32 have
great geographic diversity, varying spatially from less than
10months to a maximum of more than 20months. This prom-
inent feature can also be recognized in the percent frequency
distribution as shown in Fig. 6a. North Africa, Central Asia,
North China, and the Amazon basin appear to have a longer
memory time (> 20 months), implying a considerable lag in
the response of the dry/wet state to precipitation anomalies,
while other locations are generally characterized by interme-
diate lag times (11–18 months). Because of the large spatial

deviation, the distribution is broad and flat (Fig. 6a), with the
peak probability being only 15.2% at lag = 15 months.
However, lag times ranging from 11 to 18 months account
for 76%, which indicates that the typical lag time between
the SPI-32 and P-32 globally is in the narrower interval be-
tween 11 and 18 months. As the time scale decreases, the
spatial discrepancies of lag time tend to diminish, and there
is a more tightly clustered probability distribution. In particu-
lar, uniform lag times valued at 0 for the whole globe are
observed at the time scale of 20 month, suggesting the syn-
chronous response of the SPI to precipitation irrespective of
location. From time scales of 24 to 21 months, the central value
of lag time corresponding to peak probability continuously
shifts to the left. At the time scale of 23 months, for example,
the maximum correlation between precipitation and the SPI is
achieved at a delay of 3 or 4 months, each of which contrib-
utes roughly half of all grid cells; whenwemove to time scales

Fig. 6 Percent frequency
distribution of global lag times
between precipitation and the SPI.
x- and y-coordinates denote the
lag time and percentage of the
total, respectively
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of 22 and 21 months, a lag time of less than 2 months domi-
nates over the globe.

As stated in Section 4, the concept of time lag is quite
different from that of time scale. More precisely, as evidently
illuminated in both Figs. 5 and 6, the lag time between pre-
cipitation and the SPI is commonly smaller than the time
scale. At a time scale of 24 months, for example, the time lags
are confined mainly between 7 and 9 months and never ex-
ceeds 12 months.

6 Conclusions and discussions

The main objective of this study is to provide a theoretical
interpretation of multiscalar drought indices by examining
the relationship between precipitation and the SPI. The SPI
is multiscalar, enabling it to provide drought monitoring at
different time scales. However, the multiple structures behind
precipitation are not obvious and must first be identified. To
this end, the wavelet decomposition technique is employed to
decompose the precipitation into a number of orthogonal com-
ponents according to different time scales.

A case study over Southwest China is first performed,
which can offer additional detailed insights into this issue.
Based on wavelet decomposition, the observed time series is
composed of signals with different time scales. At the shorter
time scales, on the one hand, the oscillation demonstrates a
high frequency, short duration, and large amplitude; on the
other hand, long duration and low frequency are observed at
longer time scales. Precipitation and the SPI demonstrate a
time-lagged relationship, with precipitation leading the SPI
and the lag time being time-scale dependent. The longer the
time scale, the more significant the delayed response of the
SPI to precipitation, which is typically associated with hydro-
logical parameters. In contrast, the shorter scale SPI, related to
soil moisture and agricultural stress, exhibits an instantaneous
reaction to precipitation behavior, with little or no delay. Most
importantly, the SPI at a specific time responds almost exclu-
sively to the corresponding precipitation component, despite
the contribution of its variance to the total variability. In addi-
tion, two core concepts that are easily confused are clarified:
time scale and lag time. The former is tied to the behavior of
the time series itself, while the latter refers to the time between
the peak rainfall and the peak in the SPI.

The global response time of the SPI to precipitation is then
explored, further verifying and strengthening the conclusions
from the case study. Moreover, we find that the magnitude of
the lag time is highly site specific at longer time scales, rang-
ing from 10 months to more than 20 months. In contrast,
shorter time scales result in a spatially homogeneous distribu-
tion of lag time around the globe.

Finally, we would like to comment on researches related to
drought indices. Recently, there has been a debate over which

drought index is superior (Dai 2011b; Vicente-Serrano et al.
2011b). Our study reveals that the multiscalar nature of
drought, as emphasized in many studies (Guttman 1999;
Hayes et al. 1999; Khan et al. 2008), actually originates from
the multistructural property hidden in precipitation variation,
so that multiscalar drought indices such as the SPI are more
suitable for detecting drought at a wide range of time scales
than are other metrics with fixed time scales. In other words, a
multiscalar drought index is a true reflection of the internal
essence of precipitation variability. In fact, the SPI is now
accepted by the World Meteorological Organization (WMO)
as the universal meteorological drought index for more effec-
tive drought monitoring and early warning (Hayes et al. 2011).
The results in this study favorably support the recommenda-
tions outlined in the BLincoln Declaration on Drought
Indices.^ In addition to the SPI, the SPEI, which is based on
the mathematical principle of the SPI and thus inherits its
versatility but also incorporates the influence of potential
evaporation on drought, is also highly recommended.
Recently, Wang et al. (2016) integrate SPEI at multiple time
scales into a new metric called Comprehensive Multiscalar
Indicator (CMI) that is specifically designed for super drought
detection. Therefore, the collaborative use of SPEI and CMI
can provide understanding and monitoring drought
phenomenon.
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Abstract
The present study documents the elevation-dependent sensible heat (SH) flux trend over the Tibetan Plateau (TP). The SH 
displays a decreasing trend over the TP above 2000 m with the magnitude of trend increasing with the elevation, but an 
increasing trend at low elevation stations. The above feature is more obvious in spring and summer. Surface wind speed is 
consistently the major contributor to the variation in SH trend from lower to higher altitude areas. Meanwhile, the role of the 
difference of ground-air temperature  (Ts–Ta) in SH trend is enhanced above 2500 m regions. The SH variation associated with 
the change in  Ts–Ta may be influenced primarily by the diminution in sunshine duration and snow depth at higher-altitude 
regions, and the latter is particularly important. The portion of the SH variation related to the change in surface wind speed 
is mainly attributed to the dynamic process related to the Pacific Decadal Oscillation (PDO). The warming in the northwest-
ern Pacific in relation to the switch of the PDO from a warm phase to a cold phase in the recent decades causes divergence 
anomalies in the upper troposphere, which induces propagation of a wave pattern extending eastward until reaching the 
southwest TP. That leads to an enhancement in divergence of the upper troposphere and subsequently a boost in surface 
convergence and rising motion over southwest TP. Consequently, due to the easterly anomaly to the east of the convergence, 
surface wind speed is reduced over the central and eastern TP, especially in the higher altitude areas.

Keywords Altitude dependence · Surface sensible heat trend · Tibetan Plateau · The difference of ground-air temperature · 
Surface wind speed

1 Introduction

It is well known that solar radiation is the source of surface 
energy, and the solar irradiance heavily relies on the sta-
tus of underlying surface—terrain height, for instance. The 
higher the elevation, the more the solar irradiance reach-
ing the Earth’s surface due to less absorption and reflection 

of solar radiation by the atmosphere. In turn, the increased 
difference of ground-air temperature brings about the heat 
transmission from surface land to air in the form of sensible 
heat (SH). Consequently, the SH over the plateau tends to 
be particularly striking.

The Tibetan Plateau (TP) is world-renowned for its vast 
acreage, high altitude, and extremely complex terrain. It 
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exerts a great influence on regional and even global climate 
via its thermal and dynamic forcing mechanism (Yeh et al. 
1957; Yeh and Gao 1979; Yanai et al. 1992; Ye and Wu 
1998; Chakraborty et al. 2002, 2006; Duan and Wu 2005; 
Boos and Kuang 2010; Duan et al. 2012; Wu et al. 2012a, 
2014; Yao et al. 2012). As a huge heat source towered in 
the free atmosphere, the TP transfers heat from surface land 
to the air in the form of sensible heat and latent heat trans-
fer, and effective radiation of the ground, among which SH 
makes the maximum contribution annually, especially in 
spring and summer (Yeh et al. 1957; Yeh and Gao 1979; 
Duan and Wu 2008; Yang et al. 2011a; Wu et al. 2014). 
During spring and summer, the water vapor and air mass in 
the low level atmosphere around the plateau are suctioned 
to the TP, converging and ascending there. All of these are 
driven by the heating, which is vividly described as Sensible 
Heating Atmosphere Pumping (SHAP; Wu et al. 1997, 2007, 
2014). The SH is one of the crucial important causes for trig-
gering the convective precipitation and the latent heat release 
over the TP and its downstream regions (Wan and Wu 2007; 
Wu et al. 2007, 2012b, 2014, 2016; Wan et al. 2009; Duan 
et al. 2011, 2013; Liu et al. 2012; Wang et al. 2014). What’s 
more, the TP, reputed as the Asian water tower, is the cradle 
of many prominent Asian rivers (Immerzeel et al. 2010; Yao 
et al. 2012). The precipitation on the plateau and its lower 
reaches has a remarkable impact on the river runoff, the lake 
water level, and even more on the drought and waterlogging 
in its downstream regions. The SH also has a notable effect 
on the onset and intensity of the Asian summer monsoon 
(Wu et al. 2012a, c, 2014, 2016; Liu et al. 2013; Duan et al. 
2013). In addition, the SH over the TP can also exert an 
influence on the evolution of global atmospheric circula-
tion and the abnormal of climate by means of Rossby wave 
dispersion (Wu et al. 2012a, 2014, 2016; Wang et al. 2014).

Accordingly, the variation in SH over the TP has impor-
tant implications for the redistribution of energy and the 
exchange of momentum, for the change of heat and mois-
ture transmission between the land and atmosphere, for the 
hydrologic cycle over the TP and its downstream regions, 
and also for the evolution of the atmospheric circulation and 
the anomaly of the climate for regional and even global. 
What’s more, all of these plateau’s pivotal roles are closely 
correlated with its height. In other words, the distinct SH 
over the TP, compared with that on flat land, should give the 
credit to high elevation to a large extent. The mechanism of 
elevated heating has been demonstrated in studies (Yeh and 
Gao 1979; Molnar and Emanuel 1999; Wu et al. 2014; Hu 
and Boos 2017a, b). However, the analysis on the spatial 
variation of the SH over the TP is prone to be confined to the 
horizontal dimension (e.g., Duan and Wu 2008; Duan et al. 
2011). It was mentioned in the articles that perhaps the trend 
in SH was related to elevation in spring (Duan et al. 2011), 
but the trends in all variables associated with SH may not 

be directly related to elevation (Wang et al. 2012). However 
there were no details about the change of SH with the eleva-
tion. It is still unclear whether the trend of SH over the TP 
has an altitude dependence or not, and what is the major 
contributor to it. Hence, this article will give an explicit 
demonstration about it, and that will help to better assess 
energy fluxes and moisture availability at the land surface.

The overall structure is as follows. Section 2 described 
briefly the data and methodology applied in this study. The 
elevation-dependency of the trend in SH over the TP is intro-
duced in Sect. 3 and the possible causes are discussed in 
Sect. 4, followed by summary and discussions in Sect. 5.

2  Data and methodology

2.1  Data

The data used in this study comprise: the regular surface 
meteorological observations for the TP area offered by the 
China Meteorological Administration (CMA), in which 
the variables of four times daily consist of ground surface 
temperature  (Ts), surface air temperature  (Ta), wind speed 
at 10 m above the surface  (V0), and daily snow depth and 
sunshine duration; monthly mean U wind component, V 
wind component, vertical velocity, air temperature, and 
geopotential of the European Centre for Medium-Range 
Weather Forecast Interim Reanalysis (ERA-Interim; Dee 
et al. 2011) at a horizontal resolution of 1° × 1°; monthly 
SST data during the same period from the Met Office Had-
ley Centre Sea Surface Temperature (HadISST) dataset 
(Rayner et al. 2003), provided at a resolution of 1° × 1° 
(http://hadob s.metoffi ce.com/hadis st/data/downl oad.html); 
daily normalized difference vegetation index (NDVI) from 
NOAA Climate Data Record Program (Pedelty et al. 2007), 
with a resolution of 0.05° × 0.05° (https ://www.ncdc.noaa.
gov/cdr/terre stria l/norma lized -diffe rence -veget ation -index ); 
the PDO index is obtained from http://resea rch.jisao .washi 
ngton .edu/pdo.

The data periods above are all from January 1980 to 
December 2015, except for NDVI covering 1981–2014.

The locations and elevations of the stations involved in the 
present analysis are shown in Fig. 1, most of which are located 
in Qinghai, Xizang, Gansu and the western Sichuan in China. 
This dataset covers the domain of TP with 140 stations, and in 
general, the missing values of variables account for less than 
0.5% of the total records. The method of processing missing 
values in data is the same as applied in Duan and Wu (2008). 
To ascertain the elevation dependent variation of SH over TP, 
the 140 stations were divided into 8 altitudinal ranges with a 
500 m interval. The number of stations and the average eleva-
tion in each range are listed in Table 1. Among these stations, 
82 (58.6%) are above 2000 m, 48 (34.3%) above 3000 m, and 
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16 (11.4%) above 4000 m, which is sufficient for identifying 
and quantifying the elevation-dependency of SH notwithstand-
ing the sparse high-elevation observations.

2.2  Methods

The SH is calculated by the bulk aerodynamic method, which 
is widely applied in many studies related to TP (e.g., Yeh and 
Gao 1979; Chen et al. 1985; Li et al. 2001; Duan and Wu 
2008; Duan et al. 2011, 2013; Cui et al. 2015; Zhu et al. 2017):

SH = Cp �a CDH V0

(
Ts−Ta

)

Descriptions of the physical quantities in the above for-
mula are available in the referenced literature. In this study, 
Cp = 1005J kg−1 K−1 is the specific heat of dry air at con-
stant pressure. The changes in the air density ( �a ) should 
be subtle during the study period from 1980 to 2015 (Zhu 
et al. 2017), as well as the drag coefficient for heat ( CDH ), 
and their influence on the variation of SH is negligible 
though they vary from location to location. Thus, we assume 
CDH = 4 × 10−3 for the east of 85°E and CDH = 4.75 × 10−3 
for the west of 85°E (Li and Yanai 1996; Duan and Wu 2008; 
Duan et al. 2011, 2013; Zhu et al. 2017), and �a = 0.8 kg m−3 
(Yeh and Gao 1979; Duan and Wu 2008; Duan et al. 2011, 
2013). Consequently, in the procedure above, out of the three 
constants, the surface wind speed ( V0 ) and the difference in 
ground-air temperature ( Ts−Ta ), as the focus of this article, 
are the key factors influencing the evolution of SH.

3  Elevation‑dependent variation of SH 
trend

The trend of SH from 140 stations over TP shows that most 
of the stations have experienced statistically significant 
decreasing trend during 1980–2015 except for some stations 
below 2000 m elevation (Fig. 2a). The higher the altitude, 
the larger the negative trend. This elevation dependence 
feature is most obvious in spring. It is partially consistent 
with the conclusion mentioned in previous literature (Duan 
et al. 2011). The correlation coefficients between SH trends 
and elevations of 140 stations in spring and summer are 

Fig. 1  The locations and elevations for stations in 500-m-wide altitu-
dinal bands starting at 1000 m

Table 1  Number of stations 
and average elevation for eight 
altitudinal ranges

Altitudinal range (km) 1–1.5 1.5–2 2–2.5 2.5–3 3–3.5 3.5–4 4–4.5 4.5–5

Number of stations 36 22 16 18 15 17 13 3
Mean elevation (m) 1282 1774 2314 2785 3251 3735 4199 4551

Fig. 2  a Elevation-dependent 
variation of trend for SH of 140 
stations during 1980–2015. The 
black bold curve denotes eleva-
tion. Values exceeding the 95% 
significance level are presented 
in dots. b Correlation coef-
ficients between SH trends and 
elevations of 140 stations
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− 0.42 (at the 99% confidence level) and − 0.37(at the 99% 
confidence level), respectively, which are larger than those 
in autumn (− 0.17) and winter (− 0.09) (Fig. 2b). The eleva-
tion-dependence of the SH trend in spring principally results 
from more prominent decreasing trend in SH at higher alti-
tude, while that in summer is chiefly caused by larger trend 
at lower altitude.

To investigate the reason for the elevation dependency 
of SH trend, the trends of SH and relative variables for sta-
tions in 500-m-wide altitudinal bands during different sea-
sons are given in Fig. 3. Refer to Table 1 for the details 

about the ranges. Considering that there are only three sta-
tions above 4500 m and there is a narrow margin between 
their mean elevation and 4500 m, here the stations at the 
ranges of 4000–4500 and 4500–5000 m are merged together 
in Fig. 3. The SH weakens more strikingly as altitude goes 
up, especially in spring and summer (Fig. 3a), confirming 
the conclusions of the figure above. Compared with  Ts–Ta, 
the altitude dependence of  V0 trend over the TP (Fig. 3b) is 
more approximate to the variation in SH. The decreasing 
trend in  V0 is amplified with elevation in the four seasons, 
most notable in springtime. This conclusion is in accord with 

Fig. 3  Elevation-dependent variation for trends of SH and relative 
variables over TP during 1980–2015 for DJF, MAM, JJA, and SON. 
Bars represent elevations and trend magnitude is plotted on the y axis 

of right side according to the 7 elevation ranks of 140 stations. Num-
ber of stations in each elevation group is plotted on the x axis of bot-
tom
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the result of existing literature (Guo et al. 2017). In addition, 
the change of the trend in  Ts–Ta with altitude is related to 
the elevation-dependent variation in trend of  Ts consider-
ably. The positive trend of  Ts–Ta increases as the altitude 
ascends above 2500 m (Fig. 3c) owing to the elevation 
dependence of warming in  Ts there (Fig. 3d). But there was 
no strong elevational effect for  Ta in other seasons except in 
winter and autumn (Fig. 3e), which is consistent with the 
results in previous literature (Yan and Liu 2014; Pepin et al. 
2015). Various mechanisms and processes have been linked 
to the elevation-dependent warming. The most common 
explanation is associated with the snow-albedo feedback 
mechanism(Giorgi et al. 1997; Pepin and Lundquist 2008; 
Ceppi et al. 2010; Kothawale et al. 2010), moreover, water 
vapour and radiative fluxes (Philipona et al. 2005; Rang-
wala et al. 2009, 2010; Rangwala 2013), the cloud-radiation 
effects (Liu et al. 2009) and so on, are also responsible for it.

Does the variation in Fig. 3 indicate that wind speed 
is the main reason affecting altitude dependence of SH 
trend? Partial correlation (Zar 1999; Saiji and; Yamagata 

2003; Hu and Duan 2015)between SH trend and the rel-
evant variable trend  (Ts–Ta or  V0) of every successive 41 
stations is calculated sliding along the low-to-high eleva-
tion order (Fig. 4) to quantitatively analyze the relative 
importance of  Ts–Ta and  V0 to elevation-dependence of SH 
trend. On average, the effect of  Ts–Ta and  V0 on elevation-
dependence of SH trend is similar in winter and autumn 
(Fig. 4a, d). Nevertheless,  V0 is the major contributor to 
the variation in SH trend in spring and summer (Fig. 4b, 
c). Meanwhile, it is noteworthy that the role of  Ts−Ta in 
altitude-dependence of SH trend is enhanced in the regions 
above 2500 m. Moreover, the partial correlation between 
SH trend and  V0 trend sliding along the low-to-high eleva-
tion order shows small change with altitude in spring and 
summer. Thus it can be seen that the influence of  V0 trend 
on SH tendency may not be directly related to elevation 
despite notable. In other words,  V0 is a stable contributor 
to the variation in SH trend from lower to higher altitude 
areas. While the effect of  Ts–Ta on SH is more striking at 
higher altitude starting at 2500 m in springtime.

Fig. 4  Partial correlation between SH trend and various factor trend 
(Ts–Ta and V0) of every successive 41 stations sliding along the low-
to-high elevation order. Bars represent elevation and partial correla-

tion magnitude is plotted on the y axis of right side. Black dashed line 
indicates the 95% significance level
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4  Cause for elevation dependency of SH 
trend

What factors influence the elevation-dependent variation 
of SH over the TP by affecting  V0 or  Ts–Ta? Relatively 
high value of SH over the TP appears in spring, and so 
does the notable altitude dependence of SH trend. Con-
sequently, here we take spring as an example to demon-
strate. Three potential factors are analyzed in this study: 
sunshine duration that is a factor affecting on the amount 
of solar radiation reaching the earth’s surface (Stanhill 
and Cohen 2005; Sanchez-Lorenzo et al. 2008; Matuszko 
2014; Founda et al. 2014; Manara et al. 2015), snow depth 
that is a factor influencing surface albedo (Pedersen and 
Winther 2005; Flanner et al. 2011; Fletcher et al. 2012), 
and NDVI that is a factor impacting on surface roughness 
(Bastiaanssen et al. 1998; Hong et al. 2009; Zheng et al. 
2014).

The trend in MAM for sunshine duration, snow depth, 
and NDVI are exhibited in Fig. 5, as well as the correlation 
coefficients between SH trend and the three variable trend 

(sunshine duration, snow depth, and NDVI) of every suc-
cessive 41 stations sliding along the low-to-high elevation 
order. To facilitate analysis, NDVI used in Fig. 5 has been 
interpolated from high resolution grid to sites. The trend 
of sunshine duration is highly and positively correlated 
with that of SH, with a correlation coefficient of 0.45, 
exceeding the 99% confidence level (Fig. 5a). In addition, 
the higher the altitude, the larger the positive correlation 
is, especially above 2500 m (Fig. 5d). The sunshine dura-
tion in the region above 2500 m mainly presents a decreas-
ing tendency (Fig. 5a). It lessens the amount of solar short-
wave radiation reaching earth’s surface. Because of the 
smaller specific heat capacity on the ground compared 
with air in general, the reduced downward solar short-
wave radiation eventually results in a distinct reduction in 
 Ts than  Ta, and even  Ts–Ta, and what’s more, diminution 
in SH.

A significant negative correlation exists between the trend 
of snow depth and SH, with correlation coefficient of -0.38 
(99% confidence level). And it is more striking in snow-
dominated higher elevation regions (Fig. 5d). There the 
snow depth of the surface has declined under the background 

Fig. 5  Elevation-dependent variation of trend in MAM for SH, a 
sunshine duration, snow depth and c NDVI of 140 stations during 
1980–2015. Altitudinal range is expressed in gray. d Correlation coef-
ficients between the SH trend and various factor trend (sunshine dura-

tion, snow depth, and NDVI) of every successive 41 stations accord-
ing to the low-to-high elevation order. Bars represent elevation and 
correlation coefficient magnitude is plotted on the y axis of right side. 
Black dashed line indicates the 95% significance level
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of global warming (Fig. 5b), which leads to the changes in 
surface absorption of solar radiation and the enhancement of 
warming over higher altitude. The increment in  Ts is greater 
than that in Ta, which leads to the augmentation of  Ts–Ta and 
even SH. The trend of  Ts–Ta shown in Fig. 3 increases with 
the altitude in higher-elevation regions (above 2500 m). In 
other words, the variation in SH contributed by the change 
of  Ts–Ta may be influenced primarily by the diminution in 
snow depth, especially at higher-altitude regions.

The correlation between the trend of NDVI and SH is 
small whether in lower or higher altitude areas (Fig. 5c). 
Accordingly, the portion of variation in SH dedicated by the 
change of  V0 is less related to the surface roughness. Then 
what has led to the weakened  V0 associated with SH in the 
higher altitude regions over the TP?

The U wind component and V wind component are cal-
culated using wind direction and wind velocity of surface 
meteorological observations. And their variation in trends 
are demonstrated in Fig. 6a, b. The U wind component 
makes a substantial contribution to the decreasing wind 
speed in the higher altitude areas (above 2000 m) over the 
TP (Fig. 6a). Additionally, the dwindling V wind component 
in the southeastern Tibetan Plateau has also contributed to 
the weakened wind speed in some extent (Fig. 6b). While the 
incremental wind speed sporadically distributed in the lower 
elevation areas on the eastern side of the TP is benefit from 
the combined action of U and V wind component.

To demonstrate the cause of attenuated wind over the TP, 
the ERA-Interim dataset is used in this part. On the average, 

there are northwesterly and southwesterly winds converging 
on the TP (Fig. 6c). Compared with the climate mean state, 
the spatial pattern of linear trend for wind indicates that 
wind speed, especially U wind component, decreases in the 
higher altitude areas. And simultaneously there are acceler-
ated easterly or southeasterly winds in the lower elevation 
regions on the eastern side of the TP (Fig. 6d). It is thus 
evident that the ERA-Interim fits well with observations.

The anomalous atmospheric circulation often tends to 
have a direct influence on the change of wind velocity. 
There is an abnormal convergence over the western pla-
teau, as shown in the blue rectangle of Fig. 6d, correspond-
ingly it exhibits easterly anomaly to the east of it. And it 
reduces the surface wind speed over the central and eastern 
TP, especially in the higher altitude areas. Consequently, 
the abnormal convergence mentioned above may be the 
immediate cause of the decreasing surface wind speed on 
the higher altitude areas. Then quasi-geostrophic ω equa-
tion (Eq. 1) is utilized in this section to diagnose the prin-
cipal cause of the upward motion associated with surface 
convergence mentioned above. The terms on the right side 
of the Eq. (1) express respectively the variation of vorticity 
advection with height (B), Laplace for temperature advec-
tion (C), and Laplace for diabatic heating (D). And the 
regression fields of the wind (vectors) at 10 m with respect 
to them are shown in Fig. 7. Compared to regression field 
based on temperature advection (Fig. 7c) and diabatic 
heating (Fig.  7d), the vector pattern regressed on the 
absolute vorticity advection (Fig. 7a) displays a stronger 

Fig. 6  Spatial distribution for the product of the linear trend and the 
symbol of climatological mean for a U wind component and b V 
wind component. The hollow circle represents negative value, and the 
solid circle represents positive value. The bigger the circle, the larger 

the absolute value is. c Climatological mean and d linear trend of 
the wind (vectors) at 10 m in MAM during 1980–2015 for the ERA-
Interim. Altitudinal ranges are expressed in colors
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resemblance with the field of linear trend for wind at 10 m 
(Fig. 6d). It makes clear that compared with the other two 
items, the increased vorticity advection with height is a 
more important contributor to the anomalous surface wind 
velocity reinforcing the convergence upward movement 
over the southwest TP (Fig. 7a). Among which, relative 
vorticity advection plays a pivotal role, and the correlation 
coefficient between the regression pattern (Fig. 7b) and the 
linear trend field (Fig. 6d) is 0.599 for U wind component 
and 0.747 for V wind component, both exceeding the 99% 
confidence level. This indicates that the abnormal wind 
speed associated with SH over the TP mainly is due to 
dynamic process. With regard to the interdecadal change 
of the wind speed closely related to the variation of SH 
over the TP, what may be responsible for it?

The Pacific Decadal Oscillation (PDO; Zhang et al. 1997; 
Mantua et al. 1997), or more generally the IPO (Power et al. 
1999; Deser et al. 2004), is a strong singal of climate vari-
ability on the interdecadal time scale. The PDO plays a sig-
nificant role in the trend variability of the East Asian sum-
mer monsoon and the dry-wet conditions of north China, 
via a phase transition of the PDO (Ma 2007; Li et al. 2010; 
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Qian and Zhou 2014). Then is the regional variation in sur-
face wind speed trend, which is closely associated with SH 
tendency, also influenced by the decadal variability in large-
scale circulation, PDO? An attempt to identify whether this 
is the case has been made in the following.

The spring mean PDO index from 1980 to 2015 (Fig. 8a), 
which is defined by the time series of the leading mode in 
empirical orthogonal function (EOF) analysis of monthly 
SST anomalies in the North Pacific Ocean (Zhang et al. 
1997; Mantua et al. 1997), is utilized to investigate the effect 
of PDO on SH. The PDO manifests as a low-frequency El 
Niño-like pattern of climate variability, with warming in 
the tropical central and eastern Pacific and cooling over the 
mid-latitude central and western Pacific during its positive 
phase (Fig. 8b), and vice versa. And it switched from a warm 
phase to a cold phase during recent decades (Chen et al. 
2008; Burgman et al. 2008; Feng et al. 2010; Meehl and 
Arblaster 2012; Dai 2013). There was anomalous upward 
vertical movement (Fig. 8c) associated with surface conver-
gence over the southwest of the TP (Fig. 8d) when the PDO 
switched from a warm phase to a cold phase. The regression 
pattern of the wind at 10 m with respect to the PDO multi-
plied by − 1 (Fig. 8d) seems to resemble very closely what 
the linear trend of surface wind displays (Fig. 6d). The cor-
relation coefficient between the regression field (Fig. 8d) and 
the linear trend pattern (Fig. 6d) is 0.632 for U wind compo-
nent and 0.724 for V wind component, both exceeding the 
99% confidence level. Meanwhile, the correlation coefficient 
between the SH trend and SH regression regressed on the 
normalized PDO, multiplied by − 1, is also significant at 
the 99% confidence level, with the correlation coefficient 

Fig. 7  Regression pattern of the wind(vectors) at 10 m regressed on 
a the variation of absolute vorticity advection with height, b the vari-
ation of relative vorticity advection with height, c Laplace for tem-
perature advection, and d diabatic heating integrated vertically from 

500 to 100  hPa. The correlation coefficient between the regression 
pattern and the linear trend field in Fig.  6d are shown in the upper 
right corner of each graph
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of 0.789. This indicates that the PDO may play a significant 
role in the interdecadal variation of SH over the TP via influ-
ence on the surface wind.

To investigate the mechanism for the influence of PDO, 
the wave activity flux 

⇀

W  (Formula 2) is calculated by the 
method developed by Takaya and Nakamura (2001). Read-
ers can refer to literature (Takaya and Nakamura 2001) for 
details:

Figure 9 presents regression field of geopotential height 
and stationary wave flux against the normalized PDO index 
(multiplied by − 1). During the negative PDO phases, with 
warming in northwestern Pacific, an alternating pattern of 
high and low geopotential height arcs propagates eastward 
from the northwestern Pacific. A positive anomaly centered 
over 50°N, 170°W is followed by a negative anomaly cen-
tered at Canada, alternated by a positive anomaly centered 
over the southern US. And then the wave train extends from 
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the North Atlantic to Europe, followed by the propagation 
northward and eastward from the Arabian Sea to the south-
west TP (Fig. 9a). Moreover, this wave pattern has the same 
phase in the middle and upper troposphere, and it indicates 
that the vertical structure of those waves is equivalent baro-
tropic (Fig. 9b). Diagnosis of the wave activity flux shows 
that the wave energy originates above the warm center of 
the northwestern Pacific and propagates eastward until 
reaching the southwest TP. And the influence of PDO on 
the atmospheric circulation over the TP is mainly located 
in the upper air, where there is a significant increase in geo-
potential height. In order to maintain mass continuous, the 
enhancement of divergence in the upper troposphere will 
result in compensated surface convergence and rising motion 
over southwest TP (Fig. 8c, d). And that leads to easterly 
anomaly to the east of the convergence, which consequently 
results in a decline in the surface wind speed associated with 
SH over the central and eastern TP, especially in the higher 
altitude areas.

The warming can cause divergence anomalies there in the 
upper troposphere. Therefore, the Rossby waves along the 
wave guide during the negative PDO phases may be resulted 
from the PDO-related divergence anomalies in the upper 
troposphere of the northwestern Pacific. To confirm this 

(a)

(c) (d)

(b)

Fig. 8  a The time series of spring-mean(MAM) PDO index. b The 
correlation coefficients between the PDO and SST in MAM during 
1980–2015. Regression patterns of c negative vertical velocity aver-
aged over (31°–32°N) and d the wind (vectors) at 10  m regressed 

on the normalized PDO index in MAM during 1980–2015. And the 
PDO index has been multiplied by − 1 to facilitate comparison. Dots 
in b and c indicate the areas where the values exceed the 95% signifi-
cance level
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mechanism, further studies using model to stimulate this 
steady downstream Rossby wave train are under way.

5  Summary and discussion

Our analyses reveal the elevation dependent variation in SH 
trend over the TP and its possible causes. The decreasing 
trend in SH over the TP above 2000 m altitude is amplified 
with elevation, especially in spring and summer, which is 
partially consistent with the conclusion mentioned in previ-
ous literature (Duan et al. 2011). Surface wind speed is a 
stable contributor to the variation in SH trend from lower 
to higher altitude areas. Meanwhile, the impact of the  Ts–Ta 
on elevation-dependence of SH trend is reinforced at higher-
altitude regions. The variation in SH trend contributed by the 
change of  Ts–Ta may be influenced primarily by the dimin-
ished sunshine duration and the lessened snow depth in the 
regions above 2500 m, with the latter being probably more 
important. As to the portion of variation in SH trend in rela-
tion to the change of the surface wind speed, it perhaps is 
mainly attributed to the dynamic process related to the PDO. 
The pattern regressed on the negative PDO index exhib-
its an anomalous wave train, which may develop locally 
in response to the PDO-associated warm anomalies of the 
sea surface temperature in northwestern Pacific. The wave 
energy originates above the warm center of the northwest-
ern Pacific and propagates eastward following the route of 

northwestern Pacific–Canada–southern United States–North 
Atlantic–Europe–Arabian sea–southwest TP. The direct 
effect of the wave on the regional variability in circulation 
of the TP is mainly in the upper troposphere. That leads to 
an enhancement in divergence of the upper troposphere and 
subsequently a boost in surface convergence and ascending 
motion over southwest TP. And even more important, there 
is easterly anomaly to the east of the convergence, which 
consequently results in a decline in the surface wind speed 
associated with SH over the TP, especially in the higher 
altitude areas.

Several issues remain unsolved. First, to confirm the 
mechanism for the generation of teleconnection wave train, 
further studies should be conducted in the future via numeri-
cal simulations. Second, most meteorological stations over 
the TP discussed in this article are concentrated over the 
central and eastern TP due to extremely sparse high-eleva-
tion (above 5000 m) observations. Analysis should be con-
ducted for data from satellite data, atmospheric reanalysis 
or model studies, but these sources have limitations in dura-
tion, spatial resolution and so on. So that makes it extremely 
difficult to determine the elevation dependency for climate 
variables at high altitude (Rangwala and Miller 2012; Pepin 
et al. 2015). Besides, we treat the drag coefficient for heat 
as a constant value in this study, but in fact it is altered rely-
ing on several factors, such as atmospheric stability (Guo 
et al. 2011; Yang et al. 2011b). Thus, there may exist some 

Fig. 9  a Regression field of 
MAM geopotential height and 
stationary wave flux at 200 hPa 
against the normalized PDO 
index (multiplied by − 1) in 
MAM during 1980–2015. b The 
same as a except for 500 hPa. 
Values exceeding the 95% 
significance level are presented 
in dots. The blue solid curve 
denotes the TP
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uncertainties in results for changes of surface heat flux at 
high altitude localities.
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Abstract
With ongoing global warming, the changes in EA-WNPSM rainfall—feeding over two billion people
in East Asia and the Indochina Peninsula—projected by theCoupledModel Intercomparison Project
Phase 5 (CMIP5)models show remarkable and unidentified inter-model spread.Here, we reveal the
leading inter-model spread of EA-WNPSMchanges in 28CMIP5models is related to a ‘dry north–wet
south’ dipole in East Asia and awet Indochina andWNP. This spread pattern of EA-WNPSMchanges
is induced by the spread of sea surface temperature changes in the equatorial western Pacific, and can
be further traced back to an apparent discrepancy among the state-of-the-artmodels in simulating the
tropical Pacific rainfall. An air-sea coupling processes involvedwith summer background circulation
contribute to this robust spread pattern of EA-WNPSMchanges.We can constrain the EA-WNPSM
rainfall changes based on the current-future relationship and observation that there should bemore
rainfall increase inNorthChina and theKorean Peninsula and less increase in SouthChina, the
Indochina Peninsula andWNP, relative to previousmulti-model ensemble projections.

1. Introduction

East Asian and western North Pacific summer mon-
soon (EA-WNPSM) is an essential part of the Asian-
Australian monsoon system (Matsumoto 1997, Wang
and Lin 2002, Ding and Chan 2005, Huang et al 2007,
Wu et al 2012, Hsu et al 2014). Land–sea thermal
contrast and Tibetan Plateau create the EA-WNPSM
(Wu et al 2012), drawing abundant moisture from
ocean to East Asia and Indochina Peninsula. Mean-
while, anomalous EA-WNPSM activities can induce
droughts and floods, causing considerable economic
losses and ecological damage (Huang et al 2007).
Besides the natural fluctuations (Wang et al 2000),
human influences such as the anthropogenic green-
house-gas and aerosol emissions also play an important

role in regulating the variation of EA-WNPSM from the
recent decades (Menon et al2002,Kitoh et al 2013).

Under global warming, the increase in atmospheric
water vapor is believed to be responsible for an intensi-
fied global hydrological cycle (Held and Soden 2006,
Durack et al 2012). Constrained by the radiative budget
balance, weakened atmospheric circulation slows the
increase in rainfall (Held and Soden 2006). For regional
rainfall change, multiple controlling mechanisms that
have not been fully understood hinder climatemodels to
provide reliable projections (Xie et al 2015). Recent stu-
dies suggest an enhanced EA-WNPSMrainfall in climate
model projections (Seo et al 2013, Lee and Wang 2014).
However, the robust increase in EA-WNPSM rainfall
(figure 1(a)) also shows remarkable inter-model spread
on intensity and spatial pattern in state-of-the-artmodels
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(Christensen et al 2013, Kitoh et al 2013, Zhou et al
2018), mainly contributed by the large spread in pro-
jected circulation changes whose origins are as yet uni-
dentified. The unclear formation of the EA-WNPSM
change spread limits the development of climate models
(Taylor et al 2012) and the application of emergent con-
straints (Boé et al 2009, Cox et al 2013, Huang and
Ying 2015) to improve EA-WNPSM change projection.
We reveal the leading mode of EA-WNPSM change
spread is caused by a common bias in simulating the his-
torical tropical rainfall. We also unravel the mechanism
why their coupled relationship is only pronounced in
boreal summer andprove it bynumerical experiments.

2.Materials andmethods

2.1.Models and data
We used the historical and Representative Concentra-
tion Pathway (RCP) 8.5 runs from 28 Coupled Model

Intercomparison Project Phase 5 (CMIP5) models at
http://pcmdi9.llnl.gov/ (Taylor et al 2012). They are
ACCESS1.1, ACCESS1.3, BCC-CSM1.1, BNU-ESM,
CanESM2, CCSM4, CESM1(BGC), CESM1(CAM5),
CMCC-CM, CNRM-CM5, CSIRO-Mk3.6.0, GFDL-
CM3, GFDL-ESM2G, GFDL-ESM2M, GISS-E2-H,
GISS-E2-R, HadGEM2-ES, IPSL-CM5A-LR, IPSL-
CM5A-MR, IPSL-CM5B-LR,MIROC5,MIROC-ESM,
MIROC-ESM-CHEM, MPI-ESM-LR, MPI-ESM-MR,
MRI-CGCM3, NorESM1-M and NorESM1-ME. See
http://cmip-pcmdi.llnl.gov/cmip5/availability.html
for details. In terms of observations, the rainfall data are
from Global Precipitation Climatology Project (GPCP)
version 2.3 dataset (Adler et al 2003) and the Climate
Prediction Center (CPC)Merged Analysis of Precipita-
tion (CMAP) dataset (Xie and Arkin 1997). The model
outputs and observations were interpolated onto a
2.5°× 2.5° grid (from 90°S to 90°N, 0° to 357.5°E).
ECHAM5, the fifth-generation atmospheric general

Figure 1. Inter-model regressions of future changes onto the normalized principal component (PC) of thefirstMV-EOFmode.
(a)Multi-model ensemble (MME) of projection of rainfall change over the region of East Asia andwesternNorth Pacific summer
monsoon in 28CMIP5models. (b)Normalized first PCof theMV-EOF analysis. (c)Changes in summer-mean (June–August)
500 hPa vertical pressure velocity (shaded) and 850 hPawinds (vectors;m s−1 °C−1). (d)Changes in summer-mean rainfall (shaded)
and 200 hPawinds (vectors;m s−1 °C−1). (e)Changes in summer-mean SST (shaded) and 850 hPawinds (vectors). (f)Changes in
annual-mean SST (shaded) and 850 hPawinds (vectors). The black rectangles in (e) and (f) denote the region (10°–40°N, 90°–140°E)
where theMV-EOF analysis is performed. Stippling in (c)–(f) indicates the regressions are significant (P<0.05) based on the
Student’s t-test.
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circulation model developed at the Max Planck Insti-
tute for Meteorology (Roeckner et al 2003), was chosen
in this study for the atmospheric experiments because
of its high skill in simulating the East Asian summer
monsoon (EASM;Zhou et al2009b).

2.2. Climatology and change
The 1981–2000 mean in historical runs defined the
present-day climatology, the 2079–2098 mean in the
RCP 8.5 runs defined the future climatology, and
their difference represented the change under global
warming. The multi-model ensemble (MME) was
defined as the simple average of the 28 models.
The summer mean was defined as the average of
June–August. The variables used included the sea
surface temperature (SST), precipitation, net surface
short-wave radiation flux, net surface long-wave
radiation flux, surface latent heat flux, surface
sensible heat flux, zonal and meridional winds at
1000, 850 and 200 hPa, surface scalar wind speed and
vertical pressure velocity at 500 hPa. Analyses related
to surface scalar wind speed were based on 24 of
the 28 models, excluding CCSM4, CESM1(BGC),
NorESM1-M and NorESM1-ME, as this variable is
unavailable in these four models. To remove the
effect of inter-model uncertainty from the global
mean temperature change, all the future changes in
this study were normalized by the global mean
temperature increase in respectivemodels.

2.3.Multivariate empirical orthogonal function
Multivariate empirical orthogonal function (MV-
EOF) is an extended method based on the conven-
tional EOF (Wang 1992), which builds a combined
data matrix for the selected variables before conven-
tional EOF analysis and thus can capture the dominant
spatial relationship among various variable fields. In
this study, the MME value of each variable among the
28models is first removed from eachmodel before the
inter-model MV-EOF, and then each variable is

divided by the standard deviation of that variable field
to analyze coherent variations of all variables.

2.4. Numerical experiments using the ECHAM5
model
To verify the formation of the EA-WNPSMcirculation
response and to clarify the relative contributions of
seasonal background circulation and the air–sea
positive feedback in section 3.2, we performed four
sets of numerical experiments using the ECHAM5
model (Roeckner et al 2003), one control run
(Exp_ctrl) and three sensitivity runs (Exp_annual,
Exp_summer and Exp_annual_60N). The details of
experiment design were listed in table 1. We ran each
experiment for 31 years and extracted the mean of the
last 30 years for analysis.

2.5.Historical tropical Pacific rainfall index
To quantify the extent of model simulation and
observation associated with regression pattern of
tropical Pacific rainfall, we defined a historical tropical
Pacific rainfall index. It was calculated by projecting
the deviation of historical rainfall in a model or
observation from the MME simulated historical rain-
fall onto the regression pattern of tropical Pacific
rainfall over the tropical Pacific region (20°S–20°N,
120°E–70°W), which is shown in section 3.4. The
deviations of observed rainfall (GPCP and CMAP)
fromMME simulated rainfall were also projected onto
the regressed rainfall pattern to represent the observa-
tion, as shown by the vertical red and blue solid lines.

2.6. Local kinetic energetics analyses
The development of the perturbed kinetic energy (KE)
response to external forcing is dependent on the
background dynamics. The KE ¢ + ¢[( ) ]/u v 22 2 con-
verted from the background circulation is based on the
following formulas (Kosaka and Nakamura 2006, Hu
et al 2019):

Table 1.Experiments using the ECHAM5model.

Exp name Description of the Exp design Time

Exp_ctrl The control run in awarming climate. It is forced by SST0+SST1, inwhich SST0 is the observedmonthly

climatology of SST from the Taylor et al (2000) calculated as the long-term of the period from 1979 to

1996 and SST1 is a 2 °Cuniformwarming in the tropics (30°S–30°N)

31 years

Exp_annual The first sensitivity run in awarming climate to illustrate the role of the regressed annual-mean tropical

SSTwarming. It is forced by SST0+SST1+SST2, inwhich SST2 is an SSTfieldwith corresponding

values to the regression pattern of annual-mean SSTwarming over the tropical Indo-Pacific region (20°
S–25°N, 70°E–150°W)magnified ten times (figure S1 is available online at stacks.iop.org/ERL/14/
124059/mmedia)

31 years

Exp_summer The second sensitivity run in awarming climate to illustrate the role of the regressedmonthly tropical SST

warming. It is forced by SST0+SST1+SST3, inwhich SST3 is the same as SST2 but for themonthly

SSTwarmingwith seasonal cycle (figure S2)

31 years

Exp_annual_60N The third sensitivity run in awarming climate to illustrate the role of the regressed annual-mean SST

warming extending to high latitudes. It is forced by SST0+SST1+SST4, in which SST4 (figure S3) is
similar to SST2 but extending north to 60°N (20°S–60°N, 70°E–150°W)

31 years
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where ¢u and ¢v are the anomalous 850 hPa zonal and
meridional winds, ub and vb are the present-day
climatological summer-mean winds at 850 hPa, CKx
represents the conversion of KE from a mean con-
fluent flow to perturbations and CKy represents the
conversion from a mean horizontal shear to
perturbations.

2.7. Surface energy budget decompositions
The ocean surface energy budget balance is an efficient
method to investigate the formation mechanism of
SST patterns (Xie et al 2010). The energy budget
balance in themixed layer ocean can be expressed as:

r
¶D
¶

= D + D

+ D + D + D ( )

C h
T

t
Q Q

Q Q D , 2

P L S

E H o

0

whereΔ denotes the future change, r0 and CP are the
density and specific heat of seawater, h is the depth of
the mixed layer, T is the SST, r ¶D

¶
C hP

T

t0 is the
tendency of heat content in the mixed layer hereafter
referred as to DQ ,t QL is the net surface long-wave
radiation flux, QS is the net surface short-wave
radiation flux, QE is the surface latent heat flux, QH is
the surface sensible heat flux and Do is the ocean heat
transport convergence. Positive heat fluxes (Q ,L Q ,S

Q ,E Q ,H DO) are defined as warming the ocean. We
used a constantmixed layer (h) of 50 m in this study to
make sure that the results were not sensitive to the
seasonal variation of the mixed-layer depth (Dwyer
et al 2012). In this study, we focused on the summer

mean of rD =
¶D
¶

Q C h
T

t
t P0 and used the difference

between the DT in May and August in the calculation
of ¶D

¶
.T

t
Following previous studies (Du and Xie 2008, Xie

et al 2010), the latent heat flux change DQE in
equation (2) can be decomposed into three compo-
nents:

D = D + D + D - ( )Q Q Q Q , 3E EO EW E others

where DQEO denotes the effect of SST change, DQEW

denotes the effect of surface wind speed ( )W change,

calculated as D = DQ Q ,EW E
W

W
and D -QE others is a

residual that represents the effect of relative humidity
and stability change.

3. Results

3.1. The leading systematic spread of EA-WNPSM
change
The leading mode of the inter-model spread in EA-
WNPSM circulation changes was extracted by a MV-
EOF analysis performed on a set of five circulation
variables, including the changes in zonal and meridio-
nal winds at 850 hPa and 200 hPa and the vertical
pressure velocity at 500 hPa, in boreal summer mean
(June–August) in the EA-WNPSM region (10°–40°N,
90°–140°E) similar to (Wang et al 2008). The first
mode of the inter-modelMV-EOF accounts for 30.3%
of the total variance of EA-WNPSM. The regression
patterns of EA-WNPSM changes onto the normalized
first principal component (PC1; figure 1(b)) show a
conspicuous meridional dipole pattern of changes in
500 hPa vertical pressure velocity (figure 1(c)) asso-
ciated with ‘dry north–wet south’ rainfall (figure 1(d)),
a cyclonic pattern of lower-level circulation changes
(figure 1(c)), and a southward shift in the upper-level
jet stream (figure 1(d)) for EASM, and a pattern of
lower-level westerly changes with enhanced rainfall
for WNPSM. The meridional dipole pattern of EASM
is similar to thewell-knownpattern of the interdecadal
variation of EASM rainfall (Gong and Ho 2002, Ding
et al 2008, Zhou et al 2009a, Wu et al 2019). (For EOF
analysis, the patterns of EOF1 in figures 1(c) and (d)
with the normalized PC in figure 1(b) are equivalent to
a pattern with a PC of opposite sign. To simplify the
presentation, we describe EOF1 as in figures 1(c) and
(d) and all patterns in the following analyses are
regressed onto the associated PC1 infigure 1(b).)

Previous studies have suggested that the inter-
model spread of some major components of Asian
monsoon change can be attributed to the uncertainty
in tropical SSTwarming (Yang and Lau 1998, Yun et al
2010, Chen and Zhou 2015, Li et al 2017). The regres-
sed summer-mean tropical SST changes onto PC1
appear to be significant and positive—indicatingmore
SST warming—in the equatorial western Pacific, but
negative in the eastern Indian Ocean, Maritime Con-
tinent region and South China Sea (figure 1(e)). A
broader view (only for regression pattern, not for the
region of MV-EOF analysis) of the regressed 850 hPa
winds (figure 1(e)) shows that the lower-level cyclonic
pattern of EASM and the westerlies of WNPSM in
figure 1(c) seem to be part of a Gill-type circulation
response to warming SST in the equatorial western
Pacific (Gill 1980).

On close inspection, the Gill-type circulation
response is asymmetric, being stronger north than
south of the equator. Moreover, the regressed sum-
mer-mean SST changes (figure 1(e)) are almost equal
to the annual mean in the equatorial western Pacific,
but stronger than the annualmean in the Asian-Pacific
summer monsoon region (figures 1(f) and S4).
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Meanwhile, the summer circulation (EA-WNPSM)
response is much stronger than the annual mean
(figure S4). But why is the spread of EA-WNPSM and
monsoon-region SST changes more pronounced in
summer, and where does the annually consistent
spread of equatorial western Pacific SST changes origi-
nate from?

3.2.Mechanisms of stronger circulation response in
boreal summer
A local kinetic energetics analysis was performed to
understand the enlarged spread of EA-WNP circula-
tion in summer, which is an efficient method to reveal
the conversion of local KE from background circula-
tion (Kosaka and Nakamura 2006, Hu et al 2019). In
summer, the lower-level monsoon westerlies from the
North Indian Ocean and the prevailing easterly trades
over the Northwest Pacific form a confluent zone over
the Indo-Northwest Pacific region (figure S5). Such a
confluent zone favors zonally elongated perturbations
to gainKE from themeanflow (Kosaka andNakamura
2006), equaling a positive conversion of local KE from
the mean flow. As theoretically expected, positive
conversion is distributed from the Bay of Bengal to the
Luzon Islands in the Philippines (figures 2(a) and (b))
when the westerlies of the EA-WNP response appear
in the confluent zone. The Indo-western Pacific
westerlies ¢( )u of the regressed EA-WNPSM circula-
tion change weakens the zonal gradient of zonal

mean state momentum ¶
¶( )u

x
b in the confluent zone

(figure S5), and gains KE from the mean flow, which
contributes most to the positive conversion. The
similar magnitudes of KE induced by westerlies ¢( )u in
figure 2(b) and total conversion of KE in figure 2(a)
verify this assumption. The positive KE conversion in
turn strengthens westerly anomalies and makes them
peak around 10°–15°N at 850 hPa. The enhanced
westerly anomalies could lead to surface convergence
in the southern EASM region (figure 2(c)) via the effect
of Ekman friction (Xie et al 2009). The convergence
induced by westerly anomalies facilitates convection
and the resultant diabatic heating can in turn promote
the development of EA-WNP circulation (Xie et al
2009). In short, the summer background circulation
creates a more pronounced EA-WNP circulation
response to equatorial western Pacific SST warming in
summer.

The apparent EA-WNP circulation response to SST
warming in summer can feed back to SST in the mon-
soon regions, which could lead to a larger zonal SST
gradient in the tropical Indo-western Pacific in summer
(figures 1(e) and (f)) and enlarge the EA-WNPSM
response. In the sea surface energy budget analysis, the
regressed tendency of summer-mean changes in mixed
layer heat storage (DQ ;t figure 3(a)) are positive over
theWNP and negative from the tropical eastern Indian
Ocean to the South China Sea, which indicates an
increased zonal SST gradient in summer relative to the

annual mean. This pattern is very similar to the regres-
sed summer variation (the departure of the summer
mean from annual mean) of changes in latent heat
flux induced by the surface wind speed (DQ ;EW

figure 3(b)), whereas the other surface energy budgets
terms contribute little (figure S6). Clearly, the DQEW

in figure 3(b) is the result of low-level wind spread
changes lead by the EA-WNPSM wind changes
(figure 1(e)) on the background EA-WNPSM circula-
tion (figure S5). The Indo-western Pacific westerlies
of the regressed EA-WNPSM circulation change (con-
tours in figure 3(c)) strengthen the monsoonal wester-
lies over the Northeast Indian Ocean and the South
China Sea and weaken the prevailing easterlies over the
WNP (shaded in figure 3(c)). In summary, the original
SST warming in the equatorial western Pacific with the
summer background circulation can arouse a remark-
able air–sea positive feedback to strengthen the zonal
gradient of SST warming in the EA-WNPSM region
and the EA-WNPSMcirculation response.

3.3. Numerical experiments
As summarized in table 1, four sets of numerical
experiments using the atmospheric general circulation
model ECHAM5 were performed to verify the forma-
tion of the EA-WNPSM circulation response and to
clarify the relative contributions of seasonal back-
ground circulation and the air–sea positive feedback.
As shown in figure 4, the experiments reproduce the
Gill-type response to the equatorial western Pacific
SST warming well, albeit with a somewhat southward
shift of the cyclonic circulation response in the EASM
region compared to that in figure 1(e), probably due to
the lack of air-sea interaction in the atmospheric
model (Song and Zhou 2014). In both Exp_annual
and Exp_summer, the circulation response over the
EA-WNPSM region is obviously stronger in summer
than other seasons (figures 4(a)–(d)), and a relatively
large zonal SST warming gradient in summer in
Exp_summer can indeed intensify the EA-WNPSM
circulation response (figure 4(c)) relative to that in
Exp_annual (figure 4(a)). The role of the background
EA-WNPSM circulation can be measured by the
difference between the summer-mean and annual-
mean response in Exp_annual (figure 4(a) minus
figure 4(b)), shown in figure 4(e), and the role of the
enlarged zonal SST gradient in summer can be
measured by the difference between the summer
response in Exp_summer and Exp_annual (figure 4(c)
minus figure 4(a)), shown in figure 4(f). It can be
concluded that the two mechanisms are approxi-
mately equal for the EASM response, but the role of
background circulation is dominant for the WNPSM
response. Although there are significant SST signals in
the North Pacific (figures 1(e) and (f)), the EA-
WNPSM response in the sensitivity experiment
Exp_annual_60N (table 1) is very close to that in
Exp_annual (figure S7), indicating the role of the
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North Pacific SST (regions (30°N–60°N, 150°E–150°
W) in figures 1(e) and (f)) in the EA-WNPSM response
is negligible.

3.4.Original bias in historical simulation of tropical
rainfall
To further trace the source of the annually persistent
western Pacific SST change spread, we analyzed the
regressed annual-mean changes in the sea surface
energy budget. The only term with a positive contrib-
ution to the annually persistent western Pacific SST
changes is the surface net shortwave flux change
(figure 5(a); and other terms shown in figure S8).
Although the location of the surface net shortwave flux
change is not well consistent with that of the SST
changes, it can be well explained by a mechanism
proposed in Ying and Huang (2016). The relatively
strong surface net shortwave flux over the central

Pacific can directly lead to a warm SST deviation over
the central Pacific; then this warm SST deviation
can induce a low-level convergence that suppresses
(enhances) the evaporative cooling and zonal cold
advection in the western (eastern) Pacific because of
the prevailing easterly trades over the tropical Pacific;
and finally the original warm SST deviation directly
induced by the shortwave flux change in the central
Pacific willmovewestward to thewestern Pacific (Ying
andHuang 2016). Previous studies have suggested that
the sensitive convection response to surface warming
in the convective region can suppress local surface
warming bymodulating the surface net shortwave flux
(Ramanathan and Collins 1991), which is one of the
most remarkable mechanisms forming the spatial
pattern of global SST warming. This mechanism
implies that the spread of the equatorial western
Pacific SST change and the associated net shortwave

Figure 2. Local atmospheric kinetic energy conversion. (a)Conversion of KE ((ms−1 °C−1)2 s−1) from the basicflow towind
anomalies at 850 hPa in summer. (b)Conversion of KE ((ms−1 °C−1)2 s−1) from the zonal basicflow to zonal wind anomalies.
(c) Inter-model regression pattern of changes in summer-mean 1000 hPa divergence onto the normalized PC1. Stippling in
(c) indicates that the regressions are significant (P < 0.05) based on the Student’s t-test.
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flux change could originate from the spread of
convective activity in the tropical Pacific among the
models. This hypothesis is confirmed by the significant
regressed historical rainfall representing convective
activity (figure 5(b)). In the models with less historical
rainfall (around 5°S–5°N; figure 5(b)), the western
Pacific convection cannot suppress surface green-
house warming as much as the MME, and thus these
models project larger surface warming in the equator-
ial western Pacific (figure 1(f)).

Based on the historical rainfall in the tropical Paci-
fic as the source of the leading inter-model spread of
EA-WNPSM changes, we can narrow the uncertainty
of EA-WNPSM changes in MME projection by emer-
gent constraints (Boé et al 2009, Cox et al 2013, Huang

and Ying 2015, Hall et al 2019). Emergent constraint is
based on an implicit relationship ( f ) between ele-
ments of current (X ) and future (Y ) climate among 28
CMIP5 models, that is e= +( )Y f X , in which e is a
small departure from f . In this study, X is the regres-
sion pattern of annual-mean rainfall on PC1, Y is the
PC1 of inter-model MV-EOF. Their relationship ( f )
was proved in figure 5(c). We define the historical tro-
pical Pacific rainfall index to quantify X and applied it
on the bias of X so that we can place this constraint on
Y , the PC1 of inter-model MV-EOF (Hall et al 2019).
This index is significantly correlated with PC1
(figure 5(c); inter-model correlation 0.77), consistent
with the widely significant regression in figure 5(b).
Relative to theMME simulation in the CMIP5models,

Figure 3. Sea surface energy budget analyses. (a)Regression of the tendency of summer-mean changes inmixed layer heat storage
(shaded) onto PC1. (b)Regression of summer variation of changes in the latent heatflux induced by the surfacewind speed changes
(shaded), and the percentage changes of surface wind speed relative to the climatological surfacewind speed (contours; intervals of
0.5%; negative values dashed) onto PC1. (c)Present-day summer zonal wind climatology (m s−1) at 850 hPa inmulti-modelmean
(shaded) and inter-model regression pattern of changes in summer-mean zonal wind at 850 hPa onto the normalized PC1 (contours;
intervals of 0.1 m s−1 °C−1; negative values dashed). Stippling in (a) and (b) indicates that the regressions are significant (P<0.05)
based on the Student’s t-test.
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the rainfall should realistically be stronger in the
equatorial central Pacific but weaker in the flanks
(figure S9) (Mechoso et al 1995, Dai 2006, Lin 2007),
which are well-known tropical Pacific rainfall biases
in these state-of-the-art models. Thus, the rainfall
indexes for the observations (red and blue solid lines
shown figure 5(c)) are negative when the MME simu-
lated rainfall is zero in the index definition. Their
corresponding values of PC1 predicting from the rela-
tionship between PC1 and rainfall coefficients are
shown as dash lines in figure 5(c). Relatively low PC1
values predicting from observed rainfall indexes sug-
gest that the pattern of EA-WNPSM rainfall changes as
in figure 1(d), ‘dry north–wet south’, is overestimated
in the MME projection (figure 1(a)). Thus, we can
constrain the EA-WNPSM rainfall change that the
rainfall increase should be raised in North China and
the Korean Peninsula but lowered in South China, the
Indochina Peninsula and the WNP, relative to the
MME projection. However, we should also notice that
the so-called observations from different sources
(GPCP and CMAP) show apparent discrepancies in

the tropical Pacific (figures 5(c) and S9), implying it is
still crucial in the future to improve observations and
understanding with respect to present-day tropical
Pacific rainfall.

4. Conclusions

In this study, we found a systematic spread of EA-
WNPSM changes under global warming projected by
the CMIP5 models, and traced the systematic mode
back to the inter-model discrepancy in simulating the
present-day rainfall in the equatorial western Pacific.
Under global warming, one model with less historical
rainfall (implying weaker convection activity) in the
equatorial Pacific cannot suppress the local surface
warming by the cloud-shortwave negative feedback as
much as the MME, leading to a greater surface
warming in the equatorial western Pacific. We found
that this surface warming is annually persistent,
however, it can couple with summer background
circulation to induce a systematic spread of EA-
WNPSM changes. In boreal summer, this SST

Figure 4.Atmospheric response to Indo-western Pacific SSTwarming in the ECHAM5 sensitivity experiments. The (a) summer-
mean and (b) annual-mean 850 hPawinds (vectors) and streamfunction (shaded) in the difference of the atmospheric response
between Exp_annual and the control run Exp_ctrl. (c) and (d) as in (a) and (b), but for the difference between Exp_summer and
Exp_ctrl. (e)Differences between (a) and (b), and (f) the differences between (a) and (c). The black rectangles in (a) and (d) denote
the EA-WNPSMregion as in figure 1(e). Stippling in (e) and (f) indicates that the differences are significant (P<0.05) based on the
Student’s t-test.
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warming can force a more apparent Gill-type atmo-
spheric response in the Indo-western Pacific than in
other seasons, appearing as a ‘dry north–wet south’
dipole in East Asia and wet in Indochina andWNP, in
which theKE converted from the summer background
circulation and the enlargement of the consequent
air–sea interaction are the two key processes. Con-
sidering the common double-ITCZ bias of tropical
Pacific rainfall in state-of-the-art models (Mechoso
et al 1995, Dai 2006, Lin 2007), we can constrain the
EA-WNPSM rainfall changes that there should be
more rainfall increase in North China and the Korean
Peninsula and less increase in South China, the Indo-
china Peninsula and WNP compared to previous
MMEprojections. This result suggests an effective way
for amore reliable EA-WNPSMprojection by improv-
ing our understanding and simulation of the tropical
Pacific convection and rainfall.
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Figure 5.Tropical Pacific short-wave flux change, historical rainfall and constraints for EA-WNPSMchanges. (a) Inter-model
regression of annual-mean changes in surface net short-waveflux onto PC1. (b)Regression of the annual-mean rainfall in historical
runs onto PC1. (c)Relationship between PC1 and historical tropical Pacific rainfall index in the 28models. The inter-model
correlation coefficient is shown at the top of the panel and is significant (P<0.01) based on the Student’s t-test. Stippling in (a) and
(b) indicates the regressions are significant (P<0.05) based on the Student’s t-test. The red and blue solid lines in (c) denote the
historical tropical Pacific rainfall indexes of the observed rainfall (red for GPCP and blue forCMAP)with dash lines for corresponding
values of PC1 based on the relationship shown in (c).
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Abstract
The precipitation over the Hengduan Mountains (HMs) during rainy seasons is investigated based on observations, reanaly-
sis datasets, and 28 atmospheric general circulation models (AGCMs) from Coupled Model Intercomparison Project phase 
5 (CMIP5). Most CMIP5 AGCMs generally capture two observed precipitation centers over the southwestern HMs and 
on the west side of Sichuan basin (WSSB), but their location, range, and magnitude vary with models. As the horizontal 
resolution increases, the details of simulated precipitation pattern are improved and closer to observation and reanalysis, 
as well as the increasing magnitude of precipitation over the southwestern HMs. However, the simulated precipitation on 
the WSSB is overestimated regardless of resolution. Mechanisms involved in resolution affecting precipitation pattern and 
biases of precipitation on the WSSB are explored. Representation of topography in AGCMs influences orographic effect, 
which contributes to simulations of both horizontal and vertical moisture flux convergence and further precipitation over 
the HMs. The biases of WSSB precipitation between reanalysis and AGCMs are attributed to the discrepancy in the verti-
cal distribution of upward motions. The simulated upward motions can reach a higher level than reanalysis, and a spurious 
center of upward motions develops at 400 hPa due to the overestimation of circulation-precipitation feedback in AGCMs.

Keywords The Hengduan Mountains · Rainy-season precipitation · CMIP5 · Model resolution · Topography · Orographic 
effect · Circulation-precipitation feedback

1 Introduction

The Hengduan Mountains (HMs) lie on the southeast side 
of the Tibetan Plateau (TP) and west side of Sichuan basin 
(WSSB), with the YunGui plateau and Bayan Har Mountains 
on south and north sides, respectively (Li et al. 2011; Zhang 

et al. 2014; Fang et al. 2017; Dai et al. 2018; Dong et al. 
2018, 2019). The HMs feature the world’s steepest elevation 
drop from about 4800 m to 600 m from the TP to Sichuan 
basin within a distance of 500 km and divide the first and 
second steps of China’s topography (Fig. 1). Mountains and 
rivers alternate there as the unique 3-dimensional landscape 
featured with high mountains and deep valleys, flourishing 
in a diverse ecosystem consisting of rivers, lakes, forests, 
grasslands, and glaciers. Several major rivers in China and Electronic supplementary material The online version of this 

article (https ://doi.org/10.1007/s0038 2-019-04993 -w) contains 
supplementary material, which is available to authorized users.
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Indochina Peninsula originate from or flow through this 
region. Moreover, precipitation over HMs is crucial to the 
formation of glaciers, the supply of fresh water from sur-
face runoffs, and river discharge (Dong et al. 2016), thus 
it has a great impact on the hydrological cycle, ecological 
environment, and social economy in both local and remote 
downstream areas.

The HMs possess a typical monsoon climate with distinct 
rainy and drought seasons. The rainy seasons start from May 
to September, when the total precipitation accounts for more 
than 80% of annual total precipitation (Dong et al. 2018, 
2019). During rainy seasons, the HMs are the transition zone 
between the South Asian and East Asian monsoons, and 
prevail southwest winds at lower-level, transporting moisture 
from the ocean (Fig. 1). The winds blow roughly parallel to 
the elevation gradient on the southwest side of HMs, and the 
orographic effects could be clearly observed in the spatial 
distribution of climatological rainy-season precipitation, as 
precipitation to increase with elevation along the windward 
slopes of HMs (Fig. 1). The topography modifies the precipi-
tation distribution through orographically forced mechani-
cal lifting. Incoming moisture transported by the monsoon 
southwesterlies is forced to rise parallel to the slope, result-
ing in condensation and precipitation on the windward side 
(Smith 1979; Barros and Lettenmaier 1993, 1994; Roe 2005; 
Lau and Kim 2006; Hughes et al. 2009; Hu et al. 2017). 
Besides, topography also can alter atmospheric circulation 

due to its barrier effect, and lower-level convergence associ-
ated with upward motions are generated, contributing to the 
precipitation on the windward slopes (Katzfey 1995; Jiang 
2003; Roe 2005; Cannon et al. 2017; Mishra et al. 2018).

Mountain areas are often remote and have a coarse moni-
toring network, and numerical models are useful tools for 
estimating orographic precipitation in these regions (e.g., 
Chen and Huang 1999; Ferretti et al. 2000; López-Moreno 
et al. 2008). Besides, climate models have been widely used 
to study monsoon-related circulation and precipitation (e.g., 
Goswami 1998; Kang et al. 2002; Zhou and Li 2002; Lau 
et al. 2006; Ueda et al. 2009; Song et al. 2012; Sperber et al. 
2013; Ashfaq et al. 2017; Tao et al. 2018), and HMs belong 
to the monsoon region accompanied by complex topography. 
Therefore, it is necessary to develop the higher horizontal 
resolution models, which are capable of simulating regional 
climate with a high degree of fidelity. The horizontal resolu-
tion significantly contributes to the biases of models simu-
lating spatial distribution, frequency, magnitude, and sea-
sonal cycle of precipitation over the mountain or monsoon 
areas in two key ways: inadequate performance of physical 
and dynamical processes (Kang et al. 2002; Zhou and Li 
2002; Kripalani et al. 2007; Duan et al. 2013; Huang et al. 
2013; Hunt and Turner 2017; Shang et al. 2019) and inac-
curate representation of complex topography (Sperber et al. 
1994; Sperber et al. 2013; Cannon et al. 2017; Ogata et al. 
2017; Mishra et al. 2018). The accuracy of topography in 

Fig. 1  Geographic location, topography (shaded; m) from ETOPO1, 
and climatology of rainy-season column-integrated moisture flux 
(vector; kg s−1  m−1) and precipitation (blue shading, mm) from rea-
nalysis of the HMs. HMs region (24°–35°N, 96°–105°E) is marked 

by a red box. Topography is shaded as the green and brown label bar 
at the bottom, and the blue shading denotes precipitation greater than 
6 mm
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models also influences the generation and propagation of 
orographically triggered atmospheric waves, which affect 
the remote regions outside the mountain domain (Chen and 
Bordoni 2014; Yao et al. 2017). Generally, even with no 
change in physical representation, high-resolution models 
(HRMs) improve to various degree, the simulations of multi-
scale interactions, involving regional climate, circulation, 
atmospheric teleconnections, air-sea coupling, and so on 
(e.g., Sperber et al. 1994; Maloney and Chelton 2006; Kitoh 
and Kusunoki 2008; Hertwig et al. 2015; Prodhomme et al. 
2016; Ogata et al. 2017).

The aim of present paper is to evaluate the ability of 28 
atmospheric general circulation models (AGCMs) from 
the World Climate Research Programme’s Coupled Model 
Intercomparison Project phase 5 (CMIP5) for Fifth Assess-
ment Report (Taylor et al. 2011) in simulating rainy-season 
precipitation over the HMs. We show clear evidence that the 
simulations of HMs precipitation patterns are significantly 
influenced by the resolution of AGCMs, and HRMs can bet-
ter reproduce the observed spatial features of HMs precipi-
tation than the rest lower-resolution models, as well as the 
stronger magnitude of precipitation over the southwestern 
HMs. In addition, consistent overestimation of precipita-
tion on the WSSB appears in most AGCMs regardless of 
model resolution, and this bias originates from the exces-
sively strong interaction between circulation and precipita-
tion according to the results of the dynamical analysis. The 
rest of the paper is organized as follows. Section 2 describes 
the data and CMIP5 AGCMs. The main results are presented 
in Sect. 3, followed by a concluding summary in Sect. 4.

2  Data and models

The observed precipitation data used in this study is from 
the National Meteorological Information Center of the China 
Meteorological Administration (NMIC/CMA). It is available 
since 1961 with a spatial resolution of 0.5° × 0.5° and gener-
ated from over 2400 rain gauges of China by using thin plate 
spline interpolation, with Global 30 Arc-Second Elevation 
(GTOPO30) model incorporated to eliminate the influence 
of elevation. This is a high-quality dataset widely used in 
previous studies (e.g., Xu et al. 2009; You et al. 2015; Wang 
et al. 2018). The observed topography dataset is from Earth 
topography one arc-minute grid (ETOPO1; Amante and 
Eakins 2009) that is a 1 arc-minute global relief model of 
Earth’s surface that integrates land topography and ocean 
bathymetry derived from several sources on a 1′ × 1′ grid and 
is available at https ://www.ngdc.noaa.gov/mgg/globa l/globa 
l.html. Monthly atmospheric variables used in this study are 
obtained from European Centre for Medium-Range Weather 
Forecasts (ECMWF) interim reanalysis (ERA-Interim; Dee 
et al. 2011) with approximately 0.7° × 0.7° spatial resolution 

at 37 pressure levels. The variables include horizontal winds, 
vertical velocity, specific humidity, air temperature, precipi-
tation, evaporation, surface pressure, and surface geopoten-
tial height. The Japanese 55-year Reanalysis (JRA-55) on 
a 1.25° × 1.25° horizontal resolution at 37 pressure levels, 
compiled by the Japan Meteorological Agency (Kobayashi 
et al. 2015; Harada et al. 2016) is also used, and both ERA-
Interim and JRA-55 exhibit the consistent results. Herein-
after “reanalysis” represents their ensemble mean results 
except otherwise specified.

The present study is based on the Atmospheric Model 
Intercomparison Project (AMIP) experiments of 28 CMIP5 
AGCMs, which were forced by observed sea surface temper-
ature and sea ice for the period from 1979 to 2008. Monthly 
mean outputs are used, and the including variables are the 
same as the reanalysis datasets. Only one member (r1i1p1) 
of each model simulations is analyzed. The detailed infor-
mation about names and resolutions of 28 CMIP5 AGCMs 
is listed in Table 1. All AMIP outputs, observations, and 
reanalysis datasets are remapped onto a uniform 1° × 1° grid 
by using bilinear interpolation except otherwise specified, 
and the period of above data is selected from 1979 to 2008 
to match the length of AMIP experiments. Note that, for the 
models with low resolution, remapping onto a high-resolu-
tion grid does not alter the major conclusions.

3  Result

3.1  Evaluation of HMs precipitation with model 
resolution and biases

Figure 2 shows the climatological precipitation over HMs 
during rainy seasons in observation, reanalysis, and 28 
CMIP5 AGCMs. The spatial distribution of precipitation in 
observation is not geographically homogeneous but varies 
from south to north, and precipitation is mainly concentrated 
along the windward slopes, indicating the precipitation-
topography relationship. The maximum precipitation center 
is observed on the WSSB, and default values appear over the 
southwestern HMs due to the limitation of observed data, 
which does not include rain gauges outside of China. The 
reanalysis results show maximum precipitation center locat-
ing over the southwestern HMs, and the precipitation center 
on the WSSB is reasonably reproduced. Another observed 
monthly precipitation with 0.25° × 0.25° spatial resolution 
from the Tropical Rainfall Measuring Mission (TRMM) 
3B43 dataset provided by National Aeronautics and Space 
Administration (Huffman et al. 2007) is used to confirm the 
results of gauge-based observation and reanalysis during 
their overlapping period from 1998 to 2008. The HMs pre-
cipitation patterns are highly resembling among these data-
sets (Fig. S1 in the supplemental material). Thus, CMIP5 
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AGCMs are compared with reanalysis, which is close to 
gauge-based observation gauge-based observation but exhib-
its a more complete HMs precipitation pattern.

Most CMIP5 AGCMs generally capture the two precipi-
tation centers in reanalysis, but their location, range, and 
magnitude vary with models. The spatial distribution of HMs 
precipitation simulated by HRMs is closer to reanalysis than 
the other models, although the precipitation center on the 
WSSB is much stronger in HRMs. Further analysis measures 
the degree of fidelity in simulating HMs precipitation pattern 
compared with reanalysis by using pattern correlation and area 
root-mean-square-difference (RMSE), and their connections 
to model resolution are shown in Fig. 3. HRMs exhibit higher 
pattern correlation and lower area RMSE than relative lower-
resolution models. The pattern correlation and area RMSE are 
correlated with model resolution at − 0.61 and 0.48, reaching 
99% and 95% significant level, respectively. The pattern cor-
relation-resolution and area RMSE-resolution relationship are 

confirmed by using 84 members from the 28 CMIP5 AGCMs 
(Fig. S2), further emphasizing the dominant role of model 
resolution in the inter-model diversity of HMs precipitation. 
The detailed member information of each model is given in 
Table S1. Note that some AGCMs (e.g., ACCESS1-0, GISS-
E2-R, and HadGEM2-A) appear to be outliners, indicating that 
other factors, like the biases in simulations of monsoon, cir-
culation response to the topography, circulation-precipitation 
feedback, and so on, which may originate from the biases of 
physical scheme and dynamical frame, cause the weaknesses 
in representation of precipitation processes in these models 
and obscure the HMs precipitation-resolution relationship.

Next, the 28 CMIP5 AGCMs are divided into 3 groups: 
low-resolution models (LRMs), medium-resolution models 
(MRMs), and HRMs, which are defined as horizontal resolu-
tion greater than 2 degrees, greater than 1 degree and less than 
2 degrees, and less than 1 degree, respectively. Figure 4c–e 
present the ensemble mean of HMs precipitation in 3 groups 
of CMIP5 AGCMs, respectively. Indeed, as the horizontal 
resolution increases, the simulated precipitation pattern is 
improved and closer to observation and reanalysis (Figs. 3, 
4), as well as the increasing magnitude of precipitation over 
the southwestern HMs (Fig. 4b–e). However, the simulated 
precipitation on the WSSB is overestimated regardless of reso-
lution (Fig. 4a–e), and consistent results are also obtained in 
each individual model (Fig. 2), probably due to the systematic 
biases in representation of moist convective processes in all 
AGCMs. The similar spatial features of HMs precipitation in 
the three groups divided by resolution are obtained by using a 
larger ensemble of 84 members from 28 CMIP5 AGCMs (Fig. 
S3). To examine the physical processes involved in resolution 
affecting precipitation pattern and biases of precipitation on 
the WSSB, the solution to moisture budget analysis is per-
formed in the next subsection.

3.2  Moisture budget analysis

Assuming steady state equilibrium in long-term mean, the 
climatological rainy-season precipitation over HMs can be 
diagnosed as

where overbars denote climatology state, P is precipitation, 
� = (u, v) is the horizontal wind velocity, q is specific 
humidity, � is vertical velocity, E is evaporation, and the 
angle brackets denotes a mass integration from the surface 
to 100 hPa. In present study, the vertical term 

�
−⟨�P�q⟩

�
 

can not be neglected due to the significant surface vertical 
velocity forced by complex topography of HMs.

The results of moisture budget analysis based on reanaly-
sis, LRMs, MRMs, and HRMs are presented in Fig. 5. The 
diagnosed results show the dominant contribution of vertical 

P̄ = −⟨∇ ⋅ (�q)⟩ − ⟨𝜕P𝜔q⟩ + Ē,

Table 1  The names and resolutions of 28 CMIP5 AGCMs used in 
this study

The high-resolution models are shown in bold font

Number Model Resolution (lon × lat)

1 ACCESS1-0 1.875 × 1.25
2 ACCESS1-3 1.875 × 1.25
3 bcc-csm1-1 2.8 × 2.8
4 bcc-csm1-1-m 1.1 × 1.1
5 BNU-ESM 2.8 × 2.8
6 CanAM4 2.8 × 2.8
7 CCSM4 1.25 × 1
8 CMCC-CM 0.75 × 0.75
9 CNRM-CM5 1.4 × 1.4
10 CSIRO-Mk3-6-0 1.875 × 1.875
11 FGOALS-g2 2.8 × 3
12 GFDL-CM3 2.5 × 2
13 GFDL-HIRAM-C180 0.6 × 0.5
14 GFDL-HIRAM-C360 0.3 × 0.25
15 GISS-E2-R 2.5 × 2
16 HadGEM2-A 1.875 × 1.25
17 inmcm4 2 × 1.5
18 IPSL-CM5A-LR 3.75 × 1.875
19 IPSL-CM5A-MR 2.5 × 1.25
20 IPSL-CM5B-LR 3.75 × 1.875
21 MIROC5 1.4 × 1.4
22 MIROC-ESM 2.8 × 2.8
23 MPI-ESM-LR 1.875 × 1.875
24 MPI-ESM-MR 1.875 × 1.875
25 MRI-AGCM3-2H 0.55 × 0.55
26 MRI-AGCM3-2S 0.18 × 0.18
27 MRI-CGCM3 1.125 × 1.125
28 NorESM1-M 2.8 × 1.875
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moisture flux convergence term 
�
−⟨�P�q⟩

�
 to climatological 

rainy-season precipitation over HMs in both reanalysis and 
AGCMs, compared with the other terms. Being similar to 
precipitation, the simulated vertical moisture flux conver-
gence is closer to reanalysis with the increase of model reso-
lution, and observed details of vertical moisture flux 

convergence pattern are precisely captured in HRMs, espe-
cially on the WSSB and over the southwestern HMs 
(Fig. 5a–d, i–l). Note that the magnitude of simulated verti-
cal moisture flux convergence on the WSSB is not greater 
than reanalysis, even though there is stronger precipitation 
in AGCMs. The cross-section of vertical moisture flux con-
vergence ( −�P�q ), vertical velocity ( � ), and specific 

Fig. 2  Climatological precipitation (mm) over HMs during rainy sea-
sons in observation, reanalysis, and 28 CMIP5 AGCMs. Blue boxes 
denote the HMs regions in the top 5 high-resolution models. Model 

names and numbers are given on the top left and right of panels, 
respectively, and “OBS” and “ERAI + JRA55” represent observation 
and reanalysis, respectively
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humidity ( q ) in these two areas are examined in Figs. 6 and 
7. The vertical distribution of vertical moisture flux conver-
gence in reanalysis and AGCMs are highly consistent with 
that of vertical velocity, emphasizing the crucial role of 
upward motions. The overestimation of precipitation on the 
WSSB is probably related to vertical distribution of upward 
motions, and the relevant mechanism will be explored in 
next two subsections.

On the other hand, the vertical moisture flux convergence 
term 

�
−⟨�P�q⟩

�
 is partially offset by horizontal moisture 

flux convergence term 
�
−⟨∇ ⋅ (�q)⟩

�
 , especially near the 

ridges of the Himalayas and HMs (Figs. 1, 5e–h). In reanaly-
sis, there is horizontal moisture flux convergence on wind-
ward slopes of the Himalayas, contributing to precipitation 
in the southwest corner of HMs (Fig. 5a, e). This positive 
contribution of horizontal moisture flux convergence term �
−⟨∇ ⋅ (�q)⟩

�
 to precipitation is generally captured in 

HRMs, less so in MRMs, and totally missing in LRMs 
(Fig. 5f–h). Therefore, as model resolution increases, the 
precipitation over the southwestern HMs becomes stronger, 
and its meridional range becomes wider (Fig. 5b–d), owing 
to the influence of horizontal moisture flux convergence 
term 

�
−⟨∇ ⋅ (�q)⟩

�
.

3.3  Orographic effect

Previous results point out that model resolution can influ-
ence simulations of both horizontal and vertical moisture 
flux convergence and further precipitation pattern over the 
HMs, where precipitation is mainly concentrated along the 
windward slopes of Himalayas and HMs, indicating the 
contribution of resolution-related topography. As shown in 
the cross-section of vertical velocity over the southwestern 
HMs in reanalysis (Fig. 6a–e), the center of upward motions 
is close to surface on the windward slopes, evidencing the 
effect of orographically forced mechanical lifting. Worth 
noting is that, the upward motions can reach more than 
200 hPa near the southern and western boundaries of HMs, 
where the effects of lower-level convergence are strongest, as 
the horizontal moisture flux convergence shown in Fig. 5e. 
The topography over the Himalayas and HMs weakens 
southwest winds through its barrier effect, and the lower-
level convergence is generated, contributing to the horizon-
tal moisture flux convergence and upward motions over the 
southwestern HMs.

The HRMs simulated upward motions more resemble 
the reanalysis results than the other two groups of AGCMs, 
especially near the southern and western boundaries of 
HMs (Fig. 6a–d, e–h). Moreover, the upward motions due 
to orographically forced mechanical lifting along the wind-
ward slopes in LRMs and MRMs extend farther than HRMs 

(a) (b)

Fig. 3  Scatter diagram of model resolution (abscissa) and a pattern 
correlation between CMIP5 AGCMs and reanalysis (ordinate), and b 
area root-mean-square-difference between CMIP5 AGCMs and rea-
nalysis (ordinate). Numbers represent the model numbers listed in 
Table 1. Model resolution is calculated by averaging zonal and merid-

ional resolutions. Blue, green, and red numbers denote the LRM, 
MRM, and HRM defined as model resolution greater than 2 degrees, 
greater than 1 degree and less than 2 degrees, and less than 1 degree, 
respectively. The lines are the best fit lines for the scatters. The cor-
relation coefficients are given on the top right corner of each panel
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(Fig. 6b–d, f–h). Higher-resolution models can better repre-
sent the complex topography, which weakens atmospheric 
circulation by increasing orographic roughness and further 
enhances the horizontal moisture flux convergence and 
upward motions (Figs. 5h, 6d–h). On the contrary, smoother 
topography in lower-resolution models is skewed to inten-
sification of atmospheric circulation with farther extension 
upwind and fails to simulate horizontal moisture flux con-
vergence and upward motions along the windward slopes 
of the Himalayas and HMs (Figs. 5f, 6b–f). The stronger 
cross-barrier moisture transports in LRMs even lead to the 
northward shift of horizontal moisture flux convergence on 
the north side of Sichuan basin (Fig. 5f). Note that the hori-
zontal moisture flux convergence on windward slopes of the 
Himalayas and HMs in HRMs is still weaker than reanalysis, 
indicating underestimation of orographic barrier effect in 
AGCMs (Fig. 5e–h; Mishra et al. 2018).

On the other hand, the effect of orographically forced 
mechanical lifting varies according to the different 

resolution-related topography. The orographically forced 
mechanical lifting can be written as

�s and Ps represent vertical velocity due to orographically 
forced mechanical lifting, surface pressure, respectively. 
Figure 8 shows the rainy-season vertical velocity due to 
orographically forced mechanical lifting over HMs in rea-
nalysis and AGCMs. The topography directly forced ascents 
develop along the windward slopes of the Himalayas and 
HMs, and their spatial distribution partially resemble verti-
cal moisture flux convergence and precipitation (Figs. 5a–d, 
i–l, 8). The results for HRMs are close to those for reanaly-
sis (Fig. 8a–d), and the magnitude and range of topography 
directly forced ascents become weaker and wider with the 
decrease of model resolution from MRMs to LRMs, respec-
tively (Fig. 8b, c). Note that Fig. 8 is calculated through 
interpolating relevant variables onto a 0.5° × 0.5° grid. Sur-
face pressure is closely related to topography height, thus 
horizontal gradients of surface pressure ( ∇Ps ) are sensitive 

�s = � ⋅ ∇Ps,

(a) (b)

(c) (d) (e)

Fig. 4  Climatological precipitation (mm) over HMs during rainy seasons in a observation, b reanalysis, c LRMs, d MRMs, and e HRMs
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to horizontal resolution. Interpolating surface pressure onto 
a coarse resolution results in a weak bias of gradient term 
( ∇Ps ) in ERAI and HRMs, whereas the original resolutions 
of which are relatively high.

The vertical moisture flux convergence shows the 
dominant contribution to the precipitation on the WSSB 
(Fig. 5a–d, i–l) and is related to the vertical distribution 
of upward motions (Fig. 7). The resolution-related oro-
graphic barrier effect and orographically forced mechani-
cal lifting play a similar role in upward motions on the 

WSSB, as their weaker magnitude and wider range with 
the more northeastward shift in LRMs and MRMs than 
HRMs (Figs. 7b–d, f–h, 8b–d). Besides, the cross-section 
of simulated upward motions has two centers: one closes 
to surface and the other is at 400 hPa (Fig. 7b–d, f–h), 
while only one center near the surface is observed in rea-
nalysis (Fig. 7a, e). The discrepancy in the vertical distri-
bution of upward motions between reanalysis and AGCMs 
influences WSSB precipitation through vertical moisture 
flux convergence ( −�P�q ), which can be decomposed into 

(a) (b) (c) (d)

(e) (f) (g) (h)

(i) (j) (k) (l)

(m) (n) (o) (p)

Fig. 5  Diagnosed climatological precipitation over HMs during rainy 
seasons in a, e, i, m reanalysis, b, f, j, n LRMs, c, g, k, o MRMs, and 
d, h, l, p HRMs. Shown from top to bottom panels are precipitation 
term ( ̄P ; mm), vertically integrated horizontal moisture flux conver-
gence term ( (−⟨∇ ⋅ (�q)⟩) ; mm), vertically integrated vertical mois-

ture flux convergence term ( −⟨�P�q⟩ ; mm), and evaporation term ( ̄E ; 
mm). Dots denote the locations of southwestern HMs (27°N, 98°E) 
and WSSB (30°N, 102.5°E), where the zonal and meridional cross-
section along the dashed lines are obtained
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(e) (f) (h)(g)

(a) (b) (d)(c)

Fig. 6  Zonal cross-section of vertical moisture flux convergence 
term ( −�P�q ; shaded; mm), vertical velocity ( � ; black contour; 
CI is 0.02  Pa  s−1), and specific humidity ( q ; white contour; CI is 
0.002  g  g−1) for the southwestern HMs in a reanalysis, b LRMs, c 

MRMs, and d HRMs. e–h are as in a–d, but for meridional cross-sec-
tion. Red lines denote the boundaries of HMs, and grey dashed lines 
denote the location of southwestern HMs

(a) (b) (c) (d)

(e) (f) (g) (h)

Fig. 7  As Fig. 6, but for the WSSB
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vertical moisture advection ( −��Pq ) and vertical velocity 
convergence ( −q�P� ). Reanalysis results show that the 
vertical velocity convergence ( −q�P� ) is dominant in ver-
tical moisture flux convergence ( −�P�q ), while a stronger 
contribution of vertical moisture advection ( −��Pq ) is 
obtained from AGCMs (Fig. S4). The topography exerts a 
stronger effect on upward motions in reanalysis and HRMs 
than MRMs and LRMs, as shown in the magnitude of near 
surface ascent center for vertical distribution and topog-
raphy directly forced ascents on the WSSB for spatial dis-
tribution (Figs. 7, 8). Thus, beside the orographic effect, 
there must be an additional mechanism involved in the 
400 hPa ascent center contributes to the overestimation of 
precipitation on the WSSB in AGCMs.

3.4  Omega equation analysis

The omega equation is used to diagnose rainy-season 
vertical velocity at 400 hPa, where shows the maximum 

values in the cross-section of upward motions on the WSSB 
(Fig. 7b–d, f–h):

where � = (R∕P)
(

RT

cPP
−

dT

dP

)
 is static stability, f  is Coriolis 

parameter, P is air pressure, � is relative vorticity, R is gas 
constant, T  is air temperature, cP is specific heat at constant 
pressure, Q is diabatic heating. The terms on the right side 
of equation denote the vertical velocity due to the vertical 
difference of horizontal vorticity advection ( �vor ), vertical 
velocity due to horizontal temperature advection ( �temp ), and 
vertical velocity due to diabatic heating ( �Q ), respectively. 
Note that daily data is needed for the calculation of diabatic 
heating ( Q ), and is incomplete in many CMIP5 AGCMs. 
Thus, �Q = � − �vor − �temp is calculated as a substitute.

� =

(
�∇2 + f 2

�2

�P2

)−1

f
�

�P

[
� ⋅ ∇(� + f )

]
+

(
�∇2 + f 2

�2

�P2

)−1

×
R

P
∇2(� ⋅ ∇T) −

(
�∇2 + f 2

�2

�P2

)−1
R

cPP
∇2 dQ

dt
,

(a)

(b) (c) (d)

Fig. 8  Climatological vertical velocity (Pa s−1) due to orographically forced mechanical lifting over HMs during rainy seasons in a reanalysis, b 
LRMs, c MRMs, and d HRMs
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Figure 9 shows diagnosed results for omega equation in 
reanalysis and AGCMs. There are downward motions caused 
by the combined effect of the vertical difference of horizontal 
vorticity advection and horizontal temperature advection on 
the WSSB (Fig. 9e–h), where appears diabatic heating forced 
upward motions (Fig. 9i–l). Diabatic heating in monsoon area 
is mainly contributed by precipitation released latent heat, and 
there is a close relationship between precipitation and circu-
lation (Jin et al. 2013; Li et al. 2017; Tao et al. 2017; Dong 
et al. 2019). Thus, the vertical velocity due to diabatic heating 
( �Q ) can be considered as a feedback between circulation and 
precipitation (Hu et al. 2017). The WSSB upward motions 
induced by diabatic heating in AGCMs are significantly 
stronger than reanalysis, indicating that the circulation-precip-
itation feedback is overestimated in AGCMs. As a result, the 
biases of WSSB precipitation between reanalysis and AGCMs 

are attributed to the discrepancy in the vertical distribution of 
upward motions. The simulated upward motions can reach a 
higher level than reanalysis, and a spurious center of upward 
motions develops at 400 hPa due to the overestimation of 
circulation-precipitation feedback in AGCMs.

4  Summary

The precipitation over the HMs during rainy seasons is 
investigated based on observations, reanalysis datasets, and 
28 CMIP5 AGCMs. The observation and reanalysis results 
show that precipitation is mainly concentrated along the 
windward slopes, and two significant precipitation centers 
are observed over the southwestern HMs and on the WSSB. 
Most CMIP5 AGCMs generally capture two precipitation 

(a) (b) (c) (d)

(e) (f) (g) (h)

(i) (j) (k) (l)

Fig. 9  Diagnosed climatological vertical velocity over HMs during 
rainy seasons in a, e, i reanalysis, b, f, j LRMs, c, g, k MRMs, and d, 
h, l HRMs. Shown from top to bottom panels are vertical velocity ( � ; 
Pa s−1), the sum of vertical velocity due to the vertical difference of 

vorticity horizontal advection and horizontal temperature advection 
( �vor + �temp ; Pa  s−1), and vertical velocity due to diabatic heating 
( �Q ; Pa s−1)
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centers in observation and reanalysis, but their location, 
range, and magnitude vary with models. As the horizontal 
resolution increases, the details of simulated precipitation 
pattern are improved and closer to observation and reanaly-
sis, as well as the increasing magnitude of precipitation over 
the southwestern HMs. However, the simulated precipitation 
on the WSSB is overestimated regardless of resolution, prob-
ably due to the systematic biases of all AGCMs. Thus, the 
mechanisms involved in resolution affecting precipitation 
pattern and biases of precipitation on the WSSB are further 
examined.

According to the diagnosed results of moisture budget 
analysis, climatological rainy-season precipitation over 
HMs is mainly contributed by vertical moisture flux con-
vergence. The simulated vertical moisture flux convergence 
is closer to reanalysis with the increase of model resolution, 
and observed details of vertical moisture flux convergence 
pattern are precisely captured in HRMs, especially over the 
southwestern HMs and on the WSSB. The vertical distribu-
tion of vertical moisture flux convergence in reanalysis and 
AGCMs highly resemble that of vertical velocity, emphasiz-
ing the crucial role of upward motions. The vertical moisture 
flux convergence is partially offset by horizontal moisture 
flux divergence, especially near the ridges of the Himalayas 
and HMs. In reanalysis, there is horizontal moisture flux 
convergence on windward slopes of the Himalayas, contrib-
uting to precipitation in the southwest corner of HMs. The 
details of horizontal moisture flux convergence are gradually 
captured with the increase of model resolution, resulting in 
that the precipitation over the southwestern HMs becomes 
stronger and its meridional range becomes wider.

Model resolution can influence simulations of both hori-
zontal and vertical moisture flux convergence and further 
precipitation pattern over the southwestern HMs through 
resolution-related orographic effect, which includes the oro-
graphic barrier effect and orographically forced mechanical 
lifting. Compared with lower-resolution models, higher-res-
olution models can better resolve the complex topography, 
which weakens atmospheric circulation by increasing oro-
graphic roughness and further enhances the horizontal mois-
ture flux convergence and upward motions. The observed 
magnitude, location, and range of horizontal moisture flux 
convergence and upward motions are also more effectively 
reproduced in higher-resolution models. Moreover, owing to 
orographically forced mechanical lifting, finer topography in 
higher-resolution models forces a more realistic magnitude 
and range of upward motions, as well as the vertical mois-
ture flux convergence.

The vertical moisture flux convergence shows the domi-
nant contribution to the precipitation on the WSSB and 
is related to the vertical distribution of upward motions. 
Thus, the biases of WSSB precipitation between reanaly-
sis and AGCMs are attributed to the discrepancy in the 

vertical distribution of upward motions. The resolution-
related orographic barrier effect and orographically forced 
mechanical lifting play a similar role in the location and 
range of upward motions on the WSSB as over the south-
western HMs, and upward motions forced by orographic 
effect is close to surface. However, the simulated upward 
motions can reach a higher level than reanalysis, and a 
spurious center of upward motions develops at 400 hPa. 
By using omega equation analysis, it is found that the 
circulation-precipitation feedback is overestimated in 
AGCMs, leading to the upward motions at the higher lev-
els and overestimation of WSSB precipitation.

This study reveals the importance of using HRMs to 
investigate the regional climate with complex topography, 
and also sheds light on the necessity of high-resolution 
reanalysis dataset that are assimilated by HRMs. An 
ongoing study evaluates the HMs precipitation in multi-
ple high-resolution observational and reanalysis datasets, 
which include another two high-resolution reanalysis data-
sets—the National Centers for Environmental Prediction 
Climate Forecast System Reanalysis (CFSR; Saha et al. 
2010; Saha et al. 2014) and the Modern-Era Retrospec-
tive Analysis for Research and Applications, Version 2 
(MERRA2; Gelaro et al. 2017) besides ERAI and JRA55. 
The maximum precipitation center on the WSSB is overes-
timated in CFSR and MERRA2 and closer to observation 
in ERAI and JRA55 (Fig. S5). Preliminary analysis reveals 
that the excessive precipitation is probably related to the 
overestimation of circulation-precipitation feedback, indi-
cating the consistent systematic biases in representation 
of moist convective processes in most models. In general, 
excessive circulation-precipitation feedback may origi-
nate from an internal bias of convective parameterization 
(Li and Xie 2012, 2014), which is always a key issue to 
improve models and deserves to further study.
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Abstract
Projecting regional rainfall changes in a warmer climate attracts ongoing attention. However, large uncertainty still exists in 
multi-model projection. In this study, we introduce a bias-corrected method to correct the multi-model projection of changes 
in East Asian summer monsoon (EASM) rainfall based on the historical and RCP8.5 runs of 25 models from phase 5 of 
Coupled Model Intercomparison Project. Firstly, the total rainfall changes are separated into the thermodynamic component 
due to increased specific humidity and the dynamic component due to circulation changes. The thermodynamic component 
is corrected using the observed present-day rainfall and the increase rate of specific humidity based on the wet-get-wetter 
mechanism. On the other hand, the dynamic component with the circulation changes is corrected based on a “spatial emergent 
constraint” method, which is further validated by the perfect model approach. Together, these corrections give an integrated 
projection for EASM rainfall changes under global warming. Such an approach can improve the signal-to-noise ratio of 
projection effectively, from the original 0.73 of the multimodel mean to around 1.9. The corrected projection of EASM 
rainfall changes shows a pronounced increase in southern China, the northwest Pacific and a belt from northern China to 
northeastern China, and a weak increase in other EASM regions.

Keywords East Asian summer monsoon · Rainfall · Bias correction · CMIP5 · Global warming

1 Introduction

Precipitation is sensitive to climate change (Wu et al. 2013). 
Under global warming, global average precipitation is likely 
to increase by 1–3% °C−1 over the 21st century (Held and 
Soden 2006). On regional scales, considerable uncertain-
ties still exist in precipitation projections, reflected by large 
spread among the models from phase 5 of the Coupled 
Model Intercomparison Project (CMIP5) (Kent et al. 2015). 
Unreliable regional rainfall projection is an ongoing prob-
lem. Improving our comprehension of the underlying physi-
cal processes, as well as reducing model biases, will improve 
the confidence of regional projections (Xie et al. 2015).

East Asian summer monsoon (EASM), as an independent 
component in the Asian monsoon system, contributes nearly 
half of the annual precipitation in China (Ding and Chan 
2005; de Carvalho 2016). Climate models project a robust 
increase in EASM rainfall due to global warming (Ueda 
et al. 2006; Hsu et al. 2012; Chen and Sun 2013; Kitoh et al. 
2013; Kusunoki and Mizuta 2013; Seo et al. 2013; Endo 
and Kitoh 2014; Wang et al. 2014). Previous studies pro-
posed several mechanisms for the changes in the large-scale 
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hydrological cycle under global warming. For example, the 
wet-get-wetter mechanism named the thermodynamic effect 
emphasizes the increases in low-tropospheric water vapor 
under global warming, increasing rainfall in convection 
zones (Chou and Neelin 2004; Held and Soden 2006). How-
ever, such increased levels of global mean rainfall at a rate 
of 1–3% °C−1 will be limited by the simultaneous increase 
in radiative energy, which is lower than the rate of enhanced 
specific humidity at nearly 7% °C−1 (e.g., Allen and Ingram 
2002). These different rates of change should lead to a slow-
down in atmospheric circulation (Vecchi et al. 2006), which 
in turn will partially offset the increased rainfall induced by 
moister conditions. Another important process, the warmer-
get-wetter mechanism suggests that tropical rainfall changes 
are correlated with the spatial variation of sea surface tem-
perature (SST) warming, because the moist stability change 
is dominated by the SST warming pattern in the tropics (Xie 
et al. 2010; Huang et al. 2013; Huang 2014).

Moreover, for the regional precipitation changes over 
land, more processes related to the relative humidity and 
land-sea temperature contrasts are important factors, which 
complements the “wet-get-wetter” mechanism for the ther-
modynamic component (Byrne and O’Gorman 2013; Rod-
erick et al. 2014; Byrne and O’Gorman 2015).

Moisture budget decomposition is a widely used method 
in studies of precipitation changes (Chou et al. 2009; Seager 
et al. 2010; Huang et al. 2013; Endo and Kitoh 2014; Huang 
2014; Brown et al. 2016; Li and Ting 2017; Zhou et al. 
2018). Zhou et al. (2018) suggested that the EASM rainfall 
changes can be divided into a thermodynamic component 
due to moisture increase and a dynamic component due to 
changes in circulation by employing a simplified moisture 
budget decomposition from Huang et al. (2013). The ther-
modynamic component related to moisture increase is pro-
portional to the local moisture increase rate and the histori-
cal rainfall climatology (Chou et al. 2009, 2013). This result 
implies that we can use the observed rainfall climatology to 
replace the modelled historical rainfall climatology in the 
thermodynamic component to limit the intermodel spread 
of rainfall climatology among the models.

On the other hand, the EASM circulation changes in 
the dynamic component of rainfall changes shows large 
intermodel discrepancies (Mike et al. 1994; Hu et al. 2003; 
Kimoto 2005; Li and Ting 2017), although the skill of simu-
lating EASM circulation is constantly improving (Sperber 
et al. 2013; Song and Zhou 2014; Gao et al. 2015). For long-
term projections, the intermodel uncertainty is the domi-
nant source of uncertainty in projections compared with 
the internal variability and scenario uncertainty (Hawkins 
and Sutton 2009, 2011). Although the multimodel mean 
(MMM) is credited with improving the reliability of pro-
jections (Thomson et al. 2006; Knutti 2010; Collins et al. 
2012), the possible common model biases could affect the 

projections of future climate change in MMM (Zheng et al. 
2011; Li and Xie 2014). In recent years, the “emergent con-
straint” concept, which rely on intermodel relationships 
between the current climate and future change among the 
models, has been widely used to constrain the intermodel 
discrepancies in the future climate change (Bracegirdle and 
Stephenson 2012, 2013; Cox et al. 2013; Klein and Hall 
2015; Hall et al. 2019). Huang and Ying (2015) extended the 
original constraint for regional mean to a spatial emergent 
constraint with a linear ensemble pattern regression method 
to correct regional climate changes projected by MMM. 
The spatial emergent constraint strategy with the ensemble 
pattern regression method establishes the historical–future 
relationships to correct the common change bias linked with 
the common historical bias. It has been shown to efficiently 
improve the robustness when applied to the projection of 
the tropical Pacific SST warming pattern (Huang and Ying 
2015) and could be practicable for the EASM circulation 
changes with apparent spatial pattern.

This paper describes a bias-corrected method to correct 
the changes in EASM precipitation under global warming 
projected by CMIP5 models. First, we divide the total rain-
fall change into thermodynamic and dynamic components by 
adopting the moisture budget decomposition, which has been 
demonstrated to be appropriate in the EASM regions in the 
previous study (Zhou et al. 2018). For the thermodynamic 
component, we use the Clausius–Clapeyron scaling based 
on the wet-get-wetter mechanism (Held and Soden 2006) to 
calculate the rainfall change induced by the increased water 
vapor and use it to replace the thermodynamic component. 
For the dynamic component, we use the spatial emergent 
constraint with the ensemble pattern regression method to 
reduce the uncertainty induced by the common historical 
simulation bias. The perfect model approach is performed 
to validate the method used in the dynamic correction. 
Then, we examine the corrected projection of EASM rain-
fall changes under future global warming of 1.5 °C and 2 °C 
relative to pre-industrial levels. The models and data used 
in our study are presented in Sect. 2. Details of the correc-
tion method are provided in Sect. 3. Section 4 reports the 
consequences of the corrections. Finally, conclusions and 
some further discussion are given in Sect. 5.

2  Models and data

We use the outputs of 25 models from the historical run 
and Representative Concentration Pathway (RCP) 8.5 
run from CMIP5. Details of the 25 models are listed in 
Table 1. The long-term mean at the end of the 20th cen-
tury (1981–2000) and the 21st century (2079–2098) repre-
sent the historical climatology and the future climatology, 
respectively. Their difference is defined in this study as the 
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future change (denoted as Δ) under global warming. The 
monthly outputs of precipitation, surface specific humid-
ity, pressure velocity at the 500 hPa, and surface tempera-
ture, are used. We only select the first realization (r1i1p1) 
of each model. The MMM is calculated as the simple aver-
age of results from all models.

In terms of observations, the rainfall data are from the 
Global Precipitation Climatology Project (GPCP) data-
set (Adler et al. 2003) and the Climate Prediction Center 
(CPC) Merged Analysis of Precipitation (CMAP) dataset 
(Xie and Arkin 1997). The pressure velocity is from the 
National Centers for Environmental Prediction–Depart-
ment of Energy (NCEP–DOE) Atmospheric Model Inter-
comparison Project II reanalysis (Kanamitsu et al. 2002). 
The observations are selected for the period 1981–2000, 
which is the same as the historical run in CMIP5. The 
summer season in this study is defined as the average of 
June, July and August. All the model output and observa-
tional data are interpolated onto a 2.5° × 2.5° grid (from 
90°S to 90°N, 0°E–357.5°E) using bilinear interpolation 
before analysis.

3  Methods

3.1  Moisture budget decomposition

To correct the projections of EASM rainfall changes ( ΔP ), 
we apply a simplified moisture budget decomposition (Huang 
et al. 2013) to divide the ΔP into two parts: the thermodynamic 
component and the dynamic component. Other relatively small 
terms, such as the changes in evaporation ( ΔE ), are omitted in 
this simplified decomposition (Zhou et al. 2018). This simpli-
fied moisture budget decomposition estimates the ΔP similarly 
to the complete moisture budget decomposition in Chou et al. 
(2009) in the EASM regions, therefore it is appropriate for 
the studies in the EASM regions (Zhou et al. 2018). It can be 
written as:

where P is precipitation, q is the surface specific humidity 
and ω is the pressure velocity at 500 hPa. The �w and g are 

(1)ΔP = −
1

�wg
(Δq ⋅ � + q ⋅ Δ�)

Table 1  List of the 25 CMIP5 models used in this study

Model Institute Resolution 
(Lon × Lat, 
levels)

ACCESS1.0
ACCESS1.3

CSIRO (Commonwealth Scientific and Industrial Research Organisation, Australia), and BOM (Bureau 
of Meteorology, Australia)

192 × 145, L38
192 × 145, L38

BCC-CSM1.1 Beijing Climate Center, China Meteorological Administration 128 × 64, L26
BNU-ESM College of Global Change and Earth System Science, Beijing Normal University 128 × 64, L26
CanESM2 Canadian Centre for Climate Modelling and Analysis 128 × 64, L35
CCSM4 National Center for Atmospheric Research 288 × 192, L27
CESM1(BGC)
CESM1(CAM5)

National Science Foundation, Department of Energy, National Center for Atmospheric Research 288 × 192, L27
288 × 192, L27

CNRM-CM5 Centre National de Recherches Meteorologiques/Centre Europeen de Recherche et Formation Avan-
cees en Calcul Scientifique

256 × 128, L31

CSIRO Mk3.6.0 Commonwealth Scientific and Industrial Research Organisation in collaboration with the Queensland 
Climate Change Centre of Excellence

192 × 96, L18

GFDL CM3
GFDL-ESM2G
GFDL-ESM2M

Geophysical Fluid Dynamics Laboratory 144 × 90, L48
144 × 90, L24
144 × 90, L24

GISS-E2-H
GISS-E2-R

NASA Goddard Institute for Space Studies 144 × 90, L40
144 × 90, L40

HadGEM2-ES Met Office Hadley Centre 192 × 145, L38
IPSL-CM5A-LR
IPSL-CM5A-MR
IPSL-CM5B-LR

Institut Pierre-Simon Laplace 96 × 96, L39
144 × 143, L39
96 × 96, L39

MIROC5 Atmosphere and Ocean Research Institute (The University of Tokyo), National Institute for Environ-
mental Studies, and Japan Agency for Marine-Earth Science and Technology

256 × 128, L40

MIROC-ESM
MIROC-ESM-CHEM

Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute 
(The University of Tokyo), and National Institute for Environmental Studies

128 × 64, L80
128 × 64, L80

MRI-CGCM3 Meteorological Research Institute 320 × 160, L48
NorESM1-ME
NorESM1-M

Norwegian Climate Centre 144 × 96, L26
144 × 96, L26



4 S. Zhou et al.

1 3

the density of water and standard gravity. The −Δq ⋅ � asso-
ciated with the direct effect of moisture is the thermody-
namic component, i.e. the component contributed by the 
“wet-get-wetter” mechanism (Chou and Neelin 2004; Held 
and Soden 2006), and the −q ⋅ Δ� associated with circula-
tion change is the dynamic component (Held and Soden 
2006; Chou et al. 2009; Seager et al. 2010; Huang et al. 

2013; Endo and Kitoh 2014). For simplicity, the constant 
coefficient 1

�wg
 of Eq. (1) will be omitted in following study, 

but it still participates in the calculation.

(a) (b)

(c) (d)

Fig. 1  a Multimodel mean (MMM) and b signal-to-noise (SNR) 
of the original summer-mean precipitation change ( ΔP ) of the 25 
CMIP5 models under the RCP8.5 scenario, and c MMM and d SNR 

of the ΔP reconstructed by the thermodynamic and dynamic decom-
position shown in Eq.  (1). Root-mean-square (RMS) of the SNR of 
the ΔP is shown at the top-right corner of (d) 
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3.2  Correction for the thermodynamic component

According to the “wet-get-wetter mechanism” (Chou and 
Neelin 2004; Held and Soden 2006), the thermodynamic 
component of precipitation increases follow the rate of water 
vapor increase rate under global warming based on the Clau-
sius–Clapeyron scaling. Here, we define a “thermodynamic 
constraint” to correct the thermodynamic component. The 
“thermodynamic constraint” method substitutes the ther-
modynamic component in Eq. (1) with (Δq∕q) ⋅ Pobs , where 
Δq∕q is the change rate of water vapor in each model basi-
cally following the Clausius–Clapeyron scaling (Chou and 
Neelin 2004; Held and Soden 2006) and Pobs is the present-
day climatology of precipitation in the observation. Because 
rainfall datasets observed by satellites are more reliable than 
the available pressure velocity datasets. Therefore, we selected 
rainfall to replace pressure velocity in the correction for the 
thermodynamic component. The inconsistency between the 
pressure velocity at 500 hPa and rainfall mainly appears in 
climatological descending regions (Supplementary Material 
Fig. S1). As a result, the correction of thermodynamic com-
ponent is feasible in the EASM region with adequate rainfall.

3.3  Correction for the dynamic component

For the dynamic component, we use an extended constraint 
strategy, the spatial emergent constraint (Huang and Ying 

2015), to correct the circulation change ( Δ� ; pressure veloc-
ity change at 500 hPa) within the dynamic component. The 
ensemble pattern regression method builds up historical-
future relationships to estimate the common change bias that 
can then be used to correct the projection of future change 
(Huang and Ying 2015).

To validate the robustness for the dynamic correction, 
the perfect model approach is applied. The perfect model 
approach is also named leave-one-out cross validation, 
widely used in previous studies on emergent constraint pro-
jections (Räisänen et al. 2010; Abe et al. 2011; Bracegirdle 
and Stephenson 2012). This approach leaves out each of the 
25 models in turn and treats it as a “perfect” target model. 
The historical variable (precipitation in this study) simulated 
in the target model is treated as the observation in the correc-
tion for the other 24 models, and the future change (pressure 
velocity change at 500 hPa in this study) projected by the 
target model is treated as a “perfectly” projected change in 
future to compare with the corrected results for the other 
models. We calculate the root mean square error (RMSE) 
between the projection corrected by the ensemble pattern 
regression and the “perfectly” projected change for each 
target model, and compare it with the RMSEs between the 
original MMM of the other 24 models before correction 
and the “perfectly” projected change in the target model to 
validate whether the spatial emergent constraint correction 
can make the multi-model projection closer to the “perfect” 
future changes.

(a) (b)

Fig. 2  MMM of a the thermodynamic component in ΔP of the 25 CMIP5 models and b MMM of (Δq∕q) ⋅ Pobs used in the correction for the 
thermodynamic component
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3.4  Metrics of intermodel uncertainty

In this study, the signal-to-noise ratio (SNR), defined as the 
ratio of multi-model mean and intermodel standard deviation 
of the 25 CMIP5 models, is applied to illustrate the robust-
ness of the projection (e.g., Hu et al. 2003; Long et al. 2016; 

Huang 2017). To show the change of SNR more intuitive, 
the root-mean-square (RMS) of the SNR for all grids within 
the EASM regions is calculated to measure the effect of each 
correction step in the whole EASM domain.

(a) (b)

Fig. 3  a MMM and b SNR of summer-mean [ΔP]TH , the total rainfall changes with thermodynamic correction. RMS of the SNR of [ΔP]TH is 
shown at the top-right corner of (b)

(a) (c)(b)

Fig. 4  MMM of a the dynamic component in ΔP of the 25 CMIP5 models, b MMM and c intermodel standard deviation of circulation change 
( Δ�)
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4  Corrections

In order to distinguish the corrected ΔP , the ΔP with only 
thermodynamic correction is represented as [ΔP]TH , the ΔP 
with only dynamic correction is represented as [ΔP]DY , and 
the integrated correction of ΔP is written as [ΔP]TH+DY . 
Figure 1 shows the MMM and SNR of summer-mean ΔP 
(Fig. 1a, b) and the ΔP reconstructed by the thermody-
namic and dynamic decomposition in Eq. (1) (Fig. 1c, d) in 
the EASM regions from the simulations of the 25 CMIP5 
models. The projected ΔP (Fig. 1a) and ΔP calculated by 
moisture budget decomposition (Fig. 1c) are similar and 
exhibit an overall increase in the EASM regions (20°–45°N, 
110°–135°E), except in mid-eastern China. Large intermodel 
spread leads to a low SNR in the EASM regions (Fig. 1b, d). 
The RMS of the SNR of EASM ΔP is only 0.73, suggesting 

quite low robustness in the EASM ΔP projected by the 
MMM of the CMIP5 models (Xie et al. 2015).

4.1  Correction for the thermodynamic component

The thermodynamic component ( −Δq ⋅ � ) of the moisture 
budget decomposition shows a positive effect on the EASM 
ΔP (Fig. 2a). Because the specific humidity changes ( Δq ) 
are positive in the EASM regions, the sign of thermody-
namic component is primarily decided by the historical cir-
culation ( � ). Considerable intermodel spread exists in the � 
of the 25 CMIP5 models, causing major uncertainty in the 
thermodynamic component (Zhou et al. 2018).

In this correction, we use (Δq∕q) ⋅ Pobs to substitute the 
thermodynamic component, in which q is the historical 
specific humidity and Pobs is the present-day observed 

(a) (b) (c)

(d) (e) (f)

Fig. 5  a The observed (GPCP) summer-mean precipitation averaged 
from 1981 to 2000. b As in (a) but for CMAP. c MMM of the sum-
mer-mean precipitation of the 25 CMIP5 models in the historical run 
for 1981–2000. d Common historical bias in the precipitation relative 

to the observation (GPCP). e As in (d) but for CMAP. f Intermodel 
standard deviation of the historical summer-mean precipitation in the 
25 CMIP5 models
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precipitation (GPCP used in this correction). The MMM 
of (Δq∕q) ⋅ Pobs shows a maximum over the coastal region, 
the Yellow Sea and Japan (Fig. 2b). The (Δq∕q) ⋅ Pobs is 
greater than the thermodynamic component represented 
by −Δq ⋅ � (Fig. 2a) possibly due to the widely underesti-
mated EASM rainfall in the models.

We substitute the −Δq ⋅ � in the ΔP with (Δq∕q) ⋅ Pobs 
and show the MMM and SNR of the [ΔP]TH in Fig. 3. The 
maximum of [ΔP]TH (Fig. 3a) locates over the northwest 
Pacific, Korea and northeast China, and the minimum over 
mid-eastern China, with a similar spatial pattern to the origi-
nal ΔP (Fig. 1a). The SNR of [ΔP]TH (Fig. 3b) prominently 
enhances in the EASM regions, and the RMS of the SNR of 
[ΔP]TH reaches 1.39, which is much greater than that of the 
original ΔP (0.73; Fig. 1d).

4.2  Correction for the dynamic component

The main source of uncertainty in the dynamic component 
( −q ⋅ Δ� ) is the circulation change ( Δ� ) in the EASM 
regions (Zhou et al. 2018). We apply the spatial emergent 
constraint and the ensemble pattern regression method to 
correct the Δ� , and then use the perfect model approach to 
validate the method used in the correction.

Figure 4 shows the MMM of dynamic component and 
Δ� . The intermodel spread of Δ� (Fig. 4c) is larger than 
the MMM (Fig. 4b). Two sources of precipitation datasets, 

GPCP and CMAP, are chosen to show the dependence of the 
correction on observational datasets. The common historical 
bias of precipitation is the difference (Fig. 5d, e) between the 
observed precipitation (Fig. 5a, b) and the MMM precipita-
tion in the historical run (Fig. 5c).

We apply an intermodel empirical orthogonal function 
(EOF) analysis to the individual historical rainfall biases 
of the 25 CMIP5 models. The eight leading EOF modes 
are shown in Fig. 6. The individual bias is the difference 
of a variable between the individual model and the MMM. 
The percentage of the variance explained by each mode is 
shown in the top-right corner of each panel, and these eight 
leading EOF modes together explain 93.2% of the variance. 
By projecting the common historical biases in the CMIP5 
models onto these EOF modes, we obtain expansion coef-
ficients for each mode (not shown) to reconstruct the com-
mon historical biases and estimate the possible bias in the 
projected changes induced by the background bias, which is 
also called the common change bias. Based on Figs. 6, 7b, e, 
the eight leading EOFs can capture well the spatial pattern 
of common historical biases by GPCP (Fig. 7e) in the region 
south of 35°N, but fail to achieve a good simulation in north-
ern China, Korean Peninsula and Japan (Fig. 7e). We also 
show the reconstructions of the common historical biases 
by the first six and first ten EOF modes, along with the cor-
related residuals (Fig. 7). There are no differences between 
the reconstructions of the first eight and ten modes, implying 

(a) (b) (c) (d)

(h)(g)(f)(e)

Fig. 6  Eight leading modes of the intermodel EOF for the individual historical bias of precipitation. The percentage of the variance explained by 
each mode is shown at the top-right corner of each panel
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that the eight-mode truncation here is reasonable. The recon-
struction based on the CMAP shown in the Supplementary 
Material (Fig. S2) is similar to the reconstruction by GPCP.

The next step is to build historical–future relationships to 
estimate the common change biases. The individual change 
biases of Δ� from the 25 CMIP5 models are regressed onto 
the PCs related with the EOF modes grid-by-grid, presenting 
the spatial structure of the regression coefficients in Fig. 8. 
The coefficients are scaled by the standard deviation of the 
corresponding PCs, and the explained variances of each 
regression are calculated to measure the contribution. All 
eight PCs explain about 46.7% of the total intermodel variance 
of the change bias. By combining the regression coefficients 
of the corresponding PCs with the expansion coefficients 
of the corresponding EOFs, we can obtain an estimation of 
the common change bias (Fig. 9a). Different observational 
data produce different expansion coefficients to influence the 
result of the estimation of the common change bias, which 
can also impact the correction. Comparing the correction 
results between the two sets of observations (Fig. 9b and 

Supplementary Material Fig. S3 for CMAP), the difference 
mainly locates in southern China. The intermodel uncertainty 
of [Δ�]DY decreases by 15–45% relative to the uncertainty 
of Δ� (contours in Fig. 9c). Using different observational 
data does not influence the decrease of the uncertainty in 
[Δ�]DY , because the reduced uncertainty depends on the his-
torical–future relationships. The results based on CMAP are 
shown in the Supplementary Material Fig. S3.

The perfect model approach is performed to validate the 
ensemble pattern regression method. Details of the perfect 
model approach are mentioned in Sect. 3.3. Figure 10 shows 
the ratio of RMSE by the dynamic correction to the RMSE 
before dynamic correction in the perfect model approach. 
A ratio under 100% indicates the improvement by ensem-
ble pattern regression method. The reduction of the RMSE 
almost covers all the EASM region except the Yellow 
Sea. This result suggests that the ensemble pattern regres-
sion method used in the dynamic correction can improve 
the robustness of the 500-hPa pressure velocity change in 
simulation.

(a)

(d) (e) (f)

(b) (c)

Fig. 7  Reconstruction of the common historical bias of precipitation by using the a six, b eight and c ten leading modes of the intermodel EOF 
analysis, and d–f the residual related to the reconstruction, with the observed data from GPCP
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4.3  Integrated projection

Finally, we put [Δ�]DY back into Eq. (1) and show the MMM 
and SNR of [ΔP]DY in Fig. 11 and in the Supplementary 
Material Fig. S4 for CMAP. The RMS of the SNR of [ΔP]DY 
increasing by around 64% indicates that the ensemble 

pattern regression method can improve the robustness of the 
projected rainfall change. We further present the integrated 
correction of rainfall change ( [ΔP]TH+DY ; Fig. 12 and Sup-
plementary Material Fig. S5 for CMAP). There is a 160% 
increase in the RMS of the SNR for ΔP , which indicates 
that this integrated correction method can provide a more 

(a) (b) (c) (d)

(h)(g)(f)(e)

Fig. 8  Regression pattern of Δ� onto the PCs associated with the 
intermodal EOF modes shown in Fig.  6. Each regression pattern is 
scaled by the standard deviation of the corresponding PC. The per-

centage of the variance explained by each PC is shown at the top-
right corner of each panel. Stippling indicates where the regression 
passes the t test at the 95% significance level

(a) (b) (c)

Fig. 9  a Estimated common change bias of Δ� . b Corrected MMM of Δ� . c Intermodel standard deviation (shaded) of [Δ�]DY and the percent-
age change (contours; contour interval is 15% and negative contours are dashed) relative to the Δ� , with the observed data from GPCP
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robust projection of the EASM rainfall change. In addition, 
we calculated the RMS of the thermodynamic and dynamic 
components to compare their contributions to the rainfall 
changes. Before correction, the RMSs of the thermody-
namic and dynamic components in EASM region are 0.91 
and 0.4 mm day−1 with their ratio of 2.3, and after correction 
the RMSs of the thermodynamic and dynamic components 
are 1.53 and 0.9 mm day−1 with a decreased ratio of 1.7. 
The thermodynamic component still dominates the rainfall 
changes in EASM region.

The integrated projection of the EASM ΔP shows a 
pronounced enhancement in southern China, the north-
west Pacific and a belt extending from northern China, to 
the Korean Peninsula and northeastern China, and a weak 
enhancement in the other EASM regions. Especially note-
worthy is that the changes over the Yangtze River Valley 
corrected with GPCP are distinct from those corrected with 
CMAP, with the former remaining almost constant but the 
latter yielding a weak increase. This result suggests that the 
choice of “observation” could be another source of uncer-
tainty in these corrected projections.

4.4  Projections under global warming of 1.5 °C 
and 2 °C

Figure 13 depicts the MMM of [ΔP]TH+DY for global warm-
ing of 1.5 °C and 2 °C, which are derived by linearly scal-
ing [ΔP]TH+DY with respective warming rates. Under global 

Fig. 10  Ratio of root mean square error (RMSE) by the dynamic cor-
rection to the RMSE before dynamic correction in the perfect model 
approach. The RMSE is integrated for all 25 models

(a) (b)

Fig. 11  a MMM and b SNR of the summer-mean [ΔP]DY , the total rainfall changes with only dynamic correction by GPCP rainfall datasets. 
RMS of the SNR of [ΔP]DY is shown at the top-right corner of (b)
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warming of 1.5 °C (Fig. 13a, c), EASM rainfall increases 
by around 5–15% in the northwest Pacific and the belt from 
northern China to northeastern China, and by less than 5% 
in the other regions, relative to present-day precipitation. 
And under global warming of 2 °C global (Fig. 13b, d), the 
increase is around 10–25% in the northwest Pacific and the 
belt from northern China to northeastern China, and 5–10% 
in the other EASM regions. We also find that the changes 
in the Yangtze River Valley are distinct between the projec-
tions using the GPCP and CMAP. The Yangtze River Valley 
rainfall is projected to increase by around 5% and 5–10% 
under global warming of 1.5 °C and 2 °C, respectively, when 
the correction is based on CMAP; whereas, when based on 
GPCP, rainfall in this region remains constant under 1.5 °C 
warming and increases only by around 5% under a warming 
of 2 °C.

5  Conclusions and discussion

The low reliability of climate model projections of EASM 
rainfall changes is an important issue for regional climate 
change under global warming. Large intermodel uncer-
tainty exists in the projection of EASM rainfall changes 
among the CMIP5 models. As a conventional method to 
provide an average result from all climate models, the MMM 
seems unconvincing when the climate change signals are 
smaller than the intermodel spread. In the present study, we 

introduce a bias-corrected method to correct the MMM pro-
jection for the EASM rainfall changes based on 25 CMIP5 
models. The integrated projection includes two steps: (1) 
correction by Clausius–Clapeyron scaling for the thermo-
dynamic component; and (2) a spatial emergent constraint 
correction for the dynamic component.

Firstly, the Clausius–Clapeyron scaling correction 
improves the robustness of the EASM ΔP projections, with 
the RMS of the SNR increasing to 1.39 from the original 
0.73. Further, we use a spatial emergent constraint with the 
ensemble pattern regression method in Huang and Ying 
(2015) with two sets of observational precipitation data to 
correct the Δ� in the dynamic component. In the ensem-
ble pattern regression correction, the possible bias in the 
projected Δ� induced by the background bias is estimated 
based on the intermodal spread of the Δ� and the historical 
precipitation, and then used to correct the MMM of the Δ� . 
To validate the method used in the dynamic correction, we 
apply the perfect model approach. The results suggest that 
the dynamic correction can provide a more robust projec-
tion of the future pressure velocity change. Finally, all the 
corrections integrated together increase the regional RMS 
of the SNR of the EASM ΔP to around 1.9 from the 0.73 
of the original ΔP , which is an increase of about 160%. 
This improvement suggest that this bias-corrected method 
can enhance the robustness of projected EASM rainfall 
changes under global warming. The corrected EASM rain-
fall changes show a pronounced enhancement in southern 

(a) (b)

Fig. 12  a MMM and b SNR of the summer-mean [ΔP]TH+DY , with both the thermodynamic correction and the dynamic correction. The color 
bars in this figure are twice those in Fig. 11
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China, the northwest Pacific and a belt from northern China 
to the Korean Peninsula and northeastern China, and a weak 
enhancement in the other EASM regions.

To show a bias-corrected projection under global warm-
ing of 1.5 °C and 2 °C, we linearly scaled the corrected 
EASM ΔP to global warming of 1.5 °C and 2 °C, i.e., 

the goal of the Paris Agreement. Under 1.5 °C warming, 
the EASM ΔP might increase by 5–15% in the northwest 
Pacific and the belt from northern China to northeastern 
China, and by less than 5% in the other regions, relative 
to the present-day precipitation. And under 2 °C warm-
ing, the EASM ΔP increases by around 10–25% in the 

Fig. 13  MMM of [ΔP]TH+DY under global warming of a, c 1.5 °C and b, d 2 °C, based on GPCP and CMAP data. Contours are the percentage 
change for [ΔP]TH+DY relative to the historical (1981–2000) climatology of rainfall
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northwest Pacific and the belt from northern China to 
northeastern China, and by 5–10% in the other EASM 
regions. We also find that the changes in the Yangtze 
River Valley are distinct between projections using differ-
ent observational data.

Based on a simplified moisture budget decomposition 
[Eq. (1)] to study the EASM rainfall change, we neglect the 
residuals in Eq. (1). The residuals can be calculated as the 
difference between Fig. 1a, c, and the effects of the correc-
tion can be calculated as the difference between Figs. 1c, 
12a. We compare the residuals to the correction change in 
Supplementary Material Fig. S6. The residuals are much 
weaker than the correction change, suggesting that the 
residuals provide little influence on the correction results 
in this study.

In addition to the selection of different observation data-
set, the selection of historical variable is also crucial. We 
empirically selected precipitation as historical variable used 
in the ensemble pattern regression method to correct the 
dynamic component. However, some other factors, such as 
the western North Pacific subtropical high and the pattern 
of sea surface warming, may also influence the EASM cir-
culation and rainfall changes (Chen and Zhou 2015; He and 
Zhou 2015). In a recent study, Li et al. (2017) found that 
models simulating excessive historical rainfall over the tropi-
cal western Pacific project larger increase in Indian summer 
monsoon rainfall under global warming. Excessive rainfall 
leads to strong negative cloud–radiation feedback and sup-
presses sea surface warming, changing the atmospheric 
circulation (Gill 1980). Other studies have also revealed 
that certain climatological biases in models can impact pro-
jections of future climate changes in the tropics (Zhou and 
Xie 2015; Ying and Huang 2016; Ham et al. 2018). In the 
subtropics, both the tropical and mid-latitude climate sys-
tems can affect the EASM, which is a more complicated 
picture than in the tropics. The potential factors and under-
lying mechanism associated with intermodel uncertainty in 
EASM rainfall changes and circulation changes need further 
study in the future.
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Appendix: Spatial emergent constraint 
and Ensemble pattern regression method

The spatial emergent constraint with the ensemble pattern 
regression method used in this study was first developed in 
Huang and Ying (2015), extending the original emergent 
constraint for regional-mean changes, to constrain the future 
changes with apparent spatial pattern. The main steps are 
introduced here.

We indicate the historical climatology of model i by 
Hi and the future climatology by Fi . The future change 
Ci is defined as Ci = Fi − Hi . We suppose that there is a 
perfect projection of future change Creal , which is the same 
in all models, and the difference between the Creal and the 
MMM change C̄ = N−1

∑N

i=1
Ci is the common change 

bias C̄� = C̄ − Creal . For the individual change bias C′′
i

 , 
this is defined as C��

i
= Ci − C̄ and the total change bias 

of a model i is C�
i
= C̄� + C��

i
 . An identical decomposition 

method can be applied to the Hi . The historical clima-
tology Hi consists of the observed climatology Hobs , the 
common historical bias H̄� = N−1

∑N

i=1
Hi − Hobs and the 

individual historical bias H��
i
= Hi − H̄.

Next, we need to build up the spatially correlated mode 
between the historical bias and the change bias. EOF 
analysis is a common method to decompose a signal into 
a time series and spatial pattern. However, here we apply 
an intermodel EOF analysis to the H′′

i
 of all the model 

and get the spatially orthogonal modes EOFj , j = 1,… ,M 
and corresponding principal coefficients PCij . For a spe-
cific H′′

i
 , this can be represented as H��

i
=
∑M

j=1
EOFjPCij . 

The truncation of M EOFs depends on the representation 
of the EOF modes for the historical bias H′′

i
 and H̄′ , and 

influences the results of the correction. Multivariant linear 
regression analysis is performed on PCs and individual 
change bias C′′ . The estimation of C′′ can be calculated by 
the regression pattern b̂ and PCs:

Because the PCs are linearly independent, the regres-
sion pattern b̂ equals the simple linear regression result of 
C′′ onto PCs mode by mode. This simplifies the procedure 
of regression.

The estimation of the common change bias C̄′ is based 
on a hypothesis that the relationship between C̄′ and the 
common historical bias H̄′ is the same as the relationship 
between the modes of EOFj and b̂j . First, we project the 
H̄′ onto EOFj and represent the H̄′ by the expansion coef-
ficient ej:

(2)Ĉ��
i
=

M
∑

j=1

b̂jPCij.
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We replace the PCs in Eq. (2) by the expansion coefficient 
ej and estimate C̄′:

Finally, we can correct the MMM change C̄  as 
C̄C = C̄ − �̄C� . The individual change in model i Ci can also 
be corrected as the correction for common bias in MMM. 
We then just need to substitute the common historical bias 
H̄′ in Eq. (3) with the total historical bias H�

i
= Hi − Hobs:

The expansion coefficient eij for H′
i
 can replace the ej in 

Eq. (4):

The individual change in model i is corrected as 
CCi = Ci − Ĉ�

i
.
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Abstract  The present study validated the capability of 
the AM2.1, a model developed at NOAA’s Geophysical 
Fluid Dynamics Laboratory (GFDL), in reproducing the 
fundamental features of the East Asian Subtropical West-
erly Jet Stream (EASWJ). The main behaviors of the 
EASWJ are also investigated through the reanalysis of 
observational NCEP/NCAR data. The mean state of the 
EASWJ, including its intensity, location, structure, and 
seasonal evolution is generally well-portrayed in the 
model. Compared with the observation, the model tends 
to reproduce a weaker jet center. And, during summer, the 
simulated jet center is northward-situated. Results also 
demonstrate the model captures the variability of EASWJ 
during summer well. The results of the empirical or-
thogonal function (EOF) applied on the zonal wind at 200 
hPa (U200) over East Asia for both the observation and 
simulation indicate an inter-decadal shift around the late 
1970s. The correlation coefficient between the corre-
sponding principle components is as great as 0.42 with 
significance at the 99% confidence level. 
Keywords: East Asian Subtropical Westerly Jet Stream, 
seasonal evolution, GCM 
Citation: Huang, G., and Y. Liu, 2011: Simulation of the 
East Asian Subtropical Westerly Jet Stream with GFDL 
AGCM (AM2.1), Atmos. Oceanic Sci. Lett., 4, 24–29. 

1  Introduction  
Throughout the year, over the subtropical East Asia, a 

notable, narrow, and strong westerly belt, often referred to 
as the East Asian Subtropical Westerly Jet Stream 
(EASWJ) and featuring large horizontal and vertical wind 
shear in the upper troposphere and lower stratosphere, 
exists. Previous studies have indicated that the EASWJ is 
one of the most important components of the East Asian 
monsoon system, with crucial influences on the weather 
and climate over East Asia.  

Large efforts have been made to investigate the sea-
sonal features and formation of the EASWJ and its varia-
tions and association with climate variability over East 
Asia on interannual and decadal scales. Accompanying 
the transition of atmospheric circulation during the 
pre-onset to post-onset period of the East Asian monsoon, 
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the EASWJ exhibits notable seasonal evolutions of inten-
sity and location (Yeh et al., 1959; Tao and Chen, 1987; 
Lau et al., 1988; Ding, 1992; Liang and Wang, 1998; 
Yang et al., 2002; Liao et al., 2004; Zhang et al., 2006). 
Yeh et al. (1959) and Tao and Chen (1987) revealed that 
the EASWJ experienced two seasonal northward jumps in 
early May and late July and retreated southward in Octo-
ber. This seasonal evolution corresponded to the seasonal 
climate variability over East Asia and played an essential 
role in the onset and withdrawal of the East Asian Mei-yu 
season. On both the interannual and decadal time scales, 
the shift of the EASWJ may trigger anomalous atmos-
pheric circulation, which would affect the water transport 
and divergence background and, thus, create anomalous 
rainfall patterns over the East Asian summer monsoon 
region (e.g., Liao et al., 2004; Lu, 2004; Yu et al., 2004; 
Kuang and Zhang, 2005; Lin and Lu, 2005; Zhou and Yu, 
2005; Zhang et al., 2006; Kuang et al., 2007; Yu and Zhou, 
2007; Zhang et al., 2008).  

As a critical component of the East Asian monsoon 
climate systems, the EASWJ has attracted increasing 
inquiry into the mechanism responsbile for its formation 
(Yang and Webster, 1990; Hou, 1998; Zhang et al., 2006) 
and its association with other climate systems (Yang et al., 
2002; Lu, 2004; Lin and Lu, 2005). Zhang et al. (2006) 
stated that the location change of the westerly jet core is 
associated with the meridional temperature contrast in the 
troposphere, and that the diabatic heating changes are the 
primary factors determining the seasonal evolution of the 
westerly jet core over East Asia. Lin and Lu (2005) ana-
lyzed the relationships of summer and subseasonal 
movements between the EASWJ and the South Asian 
High, the Western Pacific Subtropical High, and the con-
vection over Western Pacific. Furthermore, evidence 
showed that the EASWJ was accompanied by a telecon-
nection-like wave-train that was propagating within and 
interacted with the jet. The teleconnection showed re-
markable correlation to climate variability along its path, 
such as in East Asia and North America (e.g., Lu et al., 
2002; Ding and Wang, 2005; Sato and Takahashi, 2006; 
Huang et al., 2011). 

The studies described above provide a better perspec-
tive on the East Asian monsoon system and reveal the 
considerable significance of understanding the EASWJ in 
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its context. Currently, numerical models are widely em-
ployed as powerful tools in climate studies to describe the 
physical characteristics and the mechanisms that influence 
climate. Reasonable performance of the numerical models 
in reproducing current state of global and regional climate 
is the bases for the development of future models and 
their research applications. Several studies contributed to 
the model’s performance on the EASWJ. For example, 
Zhang et al. (2008) analyzed the main features of the 
EASWJ simulated by the two versions of the CCSR/ 
NIES/FRCGC (Center for Climate System Research/the 
National Institute for Environmental Studies/the Frontier 
Research Center for Global Change, Japan Agency for 
Marine-Earth Science of Technology) climate system 
models, which called Model for Interdisciplinary Re-
search On Climate (MIROC); they suggested that rea-
sonable reproductions of the meridional heat transport 
gradient and the surface diabatic heating are the key chal-
lenges for improving the EASWJ simulation by the 
MIROC model. Likewise, Guo et al. (2008) evaluated the 
performance of the two atmospheric models developed by 
IAP/LASG in the simulation of the major characteristics 
of EASWJ, which are named Grid-point Atmospheric 
Model of IAP/LASG (GAMIL), and Spectral Atmos-
pheric Model of IAP/LASG (SAMIL), respectively.  

Recently, the AM2 model (Global Atmospheric Model 
Development Team (GAMDT), 2004), a state-of-the-art 
climate model developed at Geophysical Fluid Dynamics 
Laboratory (GFDL), has been used widely in studies of 
the Asian-Pacific-Australian and West African monsoons 
(Kang et al., 2002a, b; Lu and Delworth, 2005; Zhou et al., 
2009). These studies indicated that it performed well in 
capturing the leading modes of these monsoons and that it 
was one of the three best models in AMIP2 (An extension 
of the original Atmospheric Model Intercomparison Pro-
ject) in capturing the interannual variability of rainfall in 
Asian-Australian monsoon regions. The AM2.1, a newly 
released version by GFDL, however, is not as widely em-
ployed as the AM2 is to study the Asian monsoon. Li et al. 
(2008) used the AM2.1 and CAM3 (NCAR (the National 
Center for Atmospheric Research) Community Atmos-
pheric Model) to investigate the effects of observed 
changes in sea surface temperature (SST), greenhouse 
gases, and aerosols on East Asian climate from 1950– 
2000, and found that both models induce most of the ob-
served weakening of the East Asian Summer Monsoon 
circulation when forced with the SSTs.  

Despite this, model performance in simulating the 
EASWJ has not been investigated. Therefore, following 
Zhang et al. (2008) and Guo et al. (2008), the present 
study explored the performance of the AM2.1 in the 
simulation of EASWJ, aiming to provide some useful 
reference for employing the model in further studies of 
Asian monsoon.  

2  Model description and experiment design 

The AM2.1 model, developed on the basis of version 
AM2, is the atmospheric component of the coupled 
ocean-atmosphere GCM CM2.1 in the CMIP3 (Phase 3 of 

the Coupled Model Intercomparison Project) archive. It 
employs the finite-volume atmospheric dynamical core 
(Lin, 2004) and has a horizontal resolution of 2° latitude 
by 2.5° longitude and 24 vertical levels. AM2.1 uses a 
hybrid coordinate in the vertical range from approxi-
mately 30 m above the surface up to 3-hPa (approxi-
mately 40 km). It also includes multi-species three-   
dimensional aerosol climatology, a fully prognostic cloud 
scheme, and a moist turbulence scheme. The coupled land 
model component, LM2.1, is based on the land dynamics 
model described by Milly and Shmakin (2002), with 11 
soil/vegetation types and 18 soil layers with total soil 
depth 6 m (see Anderson et al., 2004; Delworth et al., 
2006). 

In the present study, two sets of experiments were de-
signed. The first evaluates the model’s climatic perform-
ance in simulating the EASWJ, which was integrated for 
20 years and forced by the climatological monthly mean 
SST derived from 49-year monthly mean SSTs (1950–98) 
in the NCEP (the National Centers for Environmental 
Prediction) Reynolds Historical Reconstructed SST. The 
second experiment represents a real run experiment inte-
grated for 44 years and forced by monthly mean SSTs 
from 1950–93 to investigate the model’s ability to capture 
the variability of the EASWJ. In this study, the outputs of 
the last 43 years are utilized for comparison with the ob-
servations. The observational dataset used in this paper is 
the monthly atmospheric data from 1951 to 1993 with a 
horizontal resolution of 2.5°×2.5°, drawn from NCEP/ 
NCAR reanalysis (Kalnay et al., 1996). 

3  Results 

3.1  Seasonal distribution structure of the EASWJ 
To evaluate the model’s performance in simulating the 

EASWJ, the vertical and horizontal structures of the zonal 
wind (U) in the Northern Hemisphere were analyzed both 
for simulation and observation. Figure 1 shows the lati-
tude-height seasonal distributions of zonal averaged U for 
AM2.1 and observation between 100–150°E, respectively. 
Over East Asia, the low and upper atmosphere is domi-
nated by the westerly in winter (December-January-  
February, DJF). The center of the maximum speed is lo-
cated at the 200-hPa level around 30°N with speed be-
yond 60 m s1. The distribution in spring (March-April- 
May, MAM) shows similar features to that in winter but 
with a weaker westerly center at the 200-hPa level. In 
summer (June-July-August, JJA), the tropical troposphere 
to the south of 20°N exhibits a tilted structure between the 
upper and lower level with a strong easterly for the upper 
level and a weak westerly for the lower atmosphere. The 
extra-tropical troposphere is dominated by the strong 
westerly, having a maximum speed center of approxi-
mately 20 m s1 at the 200-hPa level around 42.5°N. The 
distribution for autumn (September-October-November, 
SON) resembles that of summer except that the westerly 
is strengthened in the mid-latitude, the easterly is weak-
ened in the upper tropical troposphere, and the maximum 
speed center retreats southward. The simulated seasonal  
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Figure 1  The latitude-height distribution of zonal averaged zonal wind (m s1) between 100–150°E, for the observation (top panel) and AM2.1 
model (bottom panel). Shading denotes the value above 10 m s1. 

 
westerly jet stream agrees well with the observation data 
in the locations and vertical structures. The model tends to 
reproduce a weaker jet center during the four seasons 
however, and the simulated location of jet center in sum-
mer is shifted northward. 

The westerly jet stream is a remarkable feature at the 
200-hPa level in the Northern Hemisphere with a clear 
annual cycle and movements of the jet center, especially 
in the meridional direction (Fig. 2). Figure 2 depicts the 
simulated and observed seasonal structures of the zonal 
wind at the 200-hPa level (U200). For the observation, the 
upper-tropospheric jet stream is zonally oriented within 
the mid-latitude around 20–50°N all through the year. The 
features in winter, spring, and autumn similarly feature 
centers of different maximum speeds northeast 
-southwestwardly located over East Asia and Western 
Pacific regions. The maximum speeds are about 65, 45, 
and 40 m s1, respectively. The distribution feature of 
U200 in summer differs from the other three seasons: the 
intensity of the zonal wind is strikingly weakened with a 
maximum speed of about 30 m s1, and the maximum 
speed center moves westward to the Eurasian continent 
compared with its location in winter and spring. In the 
annual cycle of the EASWJ, it is clearly observed that the 
jet center moves northward from DJF through MAM to 
JJA and then retreats southward in SON. The simulated 
seasonal features of U200 are comparable to main fea-
tures in the observation except for simulation deficiencies 
in reproducing weakened jet centers which are similar to 
those in Fig. 1. Additionally, for the simulated summer 
EASWJ, the main belt of westerly jet is northward situ-
ated, especially over the exit of the EASWJ. 

3.2  Sub-seasonal evolution of the EASWJ 
Previous studies revealed that the meridional dis-

placement of the EASWJ is coherent to the path of the 

East Asian summer and winter monsoons (Lu, 2004; Lin 
and Lu, 2005). Its displacement is closely related to the 
movement of the monsoon rainfall over East Asia espe-
cially in summer. 

Figure 3 illustrates the latitude-time distribution of 
climatological U200 averaged between 100–150°E, with 
dashed lines representing the westerly jet axis. The 
movement of the EASWJ center exhibits a clear annual 
cycle. First, the jet axis is located approximately at 32°N 
in January, moves southward slightly in winter, moves 
distinctly northward in spring, reaches its highest merid-
ional degree (about 46°N) in late July and early August, 
then moves southward swiftly, and returns to 32°N at the 
end of the year. Two sudden jumps in late March and late 
July also appear in observation and in the model. The 
simulated U200 and the center of the EASWJ follow the 
observation data in the winter half-year, but during the 
summer half-year, the simulated centers are found to the 
north of observed positions from May to September and 
especially in July. 

3.3  The variability of summertime U200 over 
East Asia during 1951–93 

Previous studies revealed that the meridional move-
ment of the U200 showed close relation to climate vari-
ability over East Asia, especially in summer. In this sec-
tion, we perform the EOF analysis on the JJA U200 over 
the region 20–60°N, 100–150°E to investigate the 
model’s capability in simulating the variability of the 
EASWJ during summer. During 1951–93, the first leading 
mode accounts for 33% of total variance in the observa-
tion and 30% of the total variance for the simulation. The 
leading mode is characterized by a meridional tripole 
structure with an easterly anomaly center between 25– 
40°N for the observation (Fig. 4a) and westerly anomalies 
at the two flanks. The model results reveal a similar  
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Figure 2  The seasonal mean state of U200 (m s1) for the NCEP/NCAR reanalysis (left panel) and AM2.1 model (right panel). Shading delineates 
the values above 45, 30, 15, and 30 for DJF, MAM, JJA, and SON, respectively. 

 

 
 

Figure 3  The latitude-time cross distribution of U200 (m s1) averaged 
between 100–150°E, (a) for the NCEP/NCAR reanalysis and (b) simula-
tion. The area with value of U200 exceeding 20 is shaded, and the 
dot-dashed line denotes the EASWJ core, which is defined as the cli-
matic locations of the jet stream axis at 200 hPa. 

structure to that shown in Fig. 4a but the easterly anomaly 
moves northward with its center between 30–45°N (Fig. 
4b). This may be due to the northward location of the 
center of the simulated U200 over East Asia. The corre-
sponding principal components (PC1) for the observation 
and simulation are depicted in Figs. 4c and 4d. There is a 
correlation coefficient between them is as great as 0.42 
with significance at the 99% confidence level. Remarka-
bly, both the observational data and the model achieve an 
inter-decadal shift of JJA U200 around the late-1970s, a 
result in keeping with the earlier finding by Kwon et al. 
(2007) and Lin et al. (2010). 

4  Conclusion and discussion 
In this paper, the performance of AM2.1 in reproducing 

the EASWJ has been evaluated through the comparison of 
the model output against the observation. The model 
proves to be capable of capturing the main features of the 
EASWJ. Encouraging results have been found in the 
simulation of the seasonal vertical distribution of the 
zonal averaged zonal wind, the seasonal patterns of the 
zonal wind at the 200-hPa level, and the seasonal and  
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Figure 4  The first EOF mode (EOF-1) of JJA U200 over the region 20–60°N, 100–150°E (a) for the NCEP/NCAR reanalysis and (b) the simulation 
and the corresponding PC (PC-1) (c) for the NCEP/NCAR reanalysis and (d) the simulation. 

 
subseasonal evolutions of the EASWJ. The model shows 
clear deficiencies in simulation of the intensity and loca-
tion of the westerly jet core; namely, it reveals that the 
simulated westerly jet intensity is weaker and that during 
summertime the position of the westerly jet core is lo-
cated northward. Results also show the model is capable 
of reproducing the variability of the summer U200 over 
East Asia during 1951–93 and is able to capture the in-
ter-decadal shift of climate around the late-1970s. 

Possible causes for the biases of the intensity and loca-
tion of the simulated EASWJ center are also investigated 
(figures not shown). Results show strong similarity with 
the findings of Zhang et al. (2006, 2008) and Guo et al. 
(2008) in that the location and intensity of the EASWJ 
center is closely related to the intensity and position of the 
meridional temperature gradient (MTG) center. The 
simulated MTG has a weaker intensity, and its core is 
located northward in comparison with the observation. 
Thus, the weaker intensity and northward-shifted jet core 
of the EASWJ is reproduced in the model. This may be 
related to the inappropriately resolved topography of the 
Tibetan Plateau and parameterization schemes in the cal-
culation of heating from the heating release of atmos-
pheric radiation, cloud radiation, and convective conden-
sation in the model, none of which was covered in the 
present study.  
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东亚夏季风环流异常指数与夏季
气候变化关系的研究

Ξ

黄　刚
(中国科学院大气物理研究所, 北京 100080)

提　　要

利用东亚夏季风环流异常指数 I EA P , 研究了该指数对东亚地区夏季气候要素的描述能力

及其与中、日、韩三国的气候要素变化的关系. 结果表明, 该指数可以较好地反映东亚地区的夏

季气候要素场的变化.

关键词: 东亚夏季风环流异常指数　大气遥相关　年际变化　旱涝

引　言

东亚夏季有许多特征天气系统, 如夏季我国江淮流域的梅雨、朝鲜半岛的“Changm a”

以及日本的“Baiu”. 它们的建立以及维持的时间长短, 直接对东亚诸国的国民经济造成了

巨大的影响. 东亚夏季的旱涝气候灾害发生频率高, 尤其在从长江流域、淮河流域与韩国

南部到日本南部地区[ 1 ].

研究东亚夏季风的变化, 必须明确夏季风的含义, 或者定义一个能表征夏季风变化的

指标. 黄荣辉等[ 1～ 3 ]为了确定夏季风在我国各地的起止日期, 曾用假相当位温或综合考虑

降水、湿度、风场的变化作为表征夏季风活动的标准. 近些年随着东亚季风的研究, 东亚季

风强度指数的定义也比较多. 一般说来, 印度夏季风的强弱通常是以季风季节 (6～ 9 月)

总雨量的多少来表示, 雨量多, 表明夏季风来临早, 西南季风强; 雨量少, 表明夏季风来临

迟, 西南风弱. 但我国夏季风降水的性质和原因与印度不同, 各地降水与夏季风强弱的关

系十分复杂; 由于不同地区的地理位置不同, 与季风的关系也各异. 给夏季风强弱一个明

确的定义, 对研究夏季风的年际变化和多年变化规律都是必要的, 因此关于季风指数的定

义是目前国际上关于季风研究的一个重要问题. 由于我国处于东亚季风区, 因此东亚季风

指数一直倍受人们的重视. 目前关于季风指数大致有两种定义[ 1～ 12 ], 一种从热力学要素

出发, 另一种从动力学要素出发, 如图 1 所示.

这些季风指数定义各有优缺点, 例如从热力因素出发定义易受局地的影响, 而从动力

因素出发, 例如W eb ster 和L au 利用高低层的纬向风或经向风差作为季风强度指数, 但

只适用于热带性质的季风. 而东亚夏季风还包含有副热带季风的性质. 总之, 近年来关于

Ξ 国家“九五”重中之重科技项目“我国短期气候预测系统的研究”962908201201 课题和中国科学院项目“亚洲季

风变迁与全球变化”资助.
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季风指数的定义

动力性质

风

风向 　汉恩 (1908) , 希克 (1953) , 赫洛莫夫 (1957)

风速 　高由禧 (1962) , 拉梅奇 (1971)

风切变
高低层纬向风切变W ebster (1992)

高低层经向风切变L au (1998)

大气环流 曾庆存 (1994) , 王会军 (1995)

海平面气压差 郭其蕴 (1983) , 施能、朱乾根 (1996)

高低空的散度差　 李崇银 (1998)

热力性质

降水　 陶诗言、陈隆勋 (1987)

OL R　M urakam i(1994)

Ηse　涂长望、黄仕松 (1944)

图 1　季风指数的定义方法

夏季风指数的定义, 以动力为主的方法定义季风占了绝大多数. 但是也应看到, 每个季风

指数的定义各有其优缺点, 它们确实能够反映季风的某些方面的特征, 但就每一项指标来

看, 它很难反映季风的全部特性. 因此, 研究者从不同角度出发定义不同的指数, 这种情况

也从侧面反映季风的复杂性. 多指数的情况在东亚季风的定义上尤为突出. 90 年代末, 随

着对东亚夏季风动力系统以及热力性质的了解和加深, 将有助于定义较为合适的东亚夏

季风强度指数. 但无论如何, 对东亚夏季风强弱的定义是亟待解决的问题.

实际上, 东亚地区夏季 (6～ 8 月) 气候异常的变化是在特殊的环流异常背景下发生的,

因此有必要从大尺度环流异常的角度来研究东亚夏季风变化的问题. 研究表明[ 13, 14 ] , 东亚

夏季气候变化与东亚2太平洋型 (EA P) 大气遥相关型有密切的联系. 作者[ 15 ]定义了一个反

映东亚夏季风环流异常的指数, 并进一步证明这一环流异常指数不仅可以描述东亚夏季风

降水的年际变化, 并且还可描述其它一些与夏季风有关的气候要素场的年际变化.

1　东亚夏季风环流异常指数的定义

由于 EA P 大气遥相关型与东亚夏季风气候关系密切, 因此作者依据黄荣辉等提出的

EA P 大气遥相关型的概念, 定义了一个东亚夏季风环流异常指数 I EA P
[ 15 ] (简称 EA P 指

数) , 并借助于这个环流异常指数来研究夏季东亚地区季风环流的年际变化及其与东亚诸

国的一些气候要素场变化的关系. I EA P具体定义方法如下:

I EA P = N o r (- 0. 25Z′S (20°N 125°E) + 0. 50Z′S (40°N 125°E) -

0. 25Z′S (60°N 125°E) ) (1)

其中 Z′S = Z′sin45°ösinΥ, Z′= Z - Z (Z 为某年夏季该点的 500 hPa 位势高度, Z为气候

平均态) , Υ为纬度,N o r (X )为对 X 进行标准化处理.

因为东亚夏季风环流异常也是东亚夏季风强弱的一种表象, 故也可把它称作东亚夏

季风强度指数. 当 I EA P为高状态 ( I EA P≥1) 的时候, 称之为强夏季风; 当 I EA P为低状态 ( I EA P

≤- 1)的时候, 称之为弱夏季风.
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2　资料和方法

本研究采用了美国N CA R öN CEP 的月平均再分析资料 (1958～ 1997 年) 的高度场、

风场、相对湿度场和温度场月平均资料, 以及中国 160 个台站 (1951～ 1996 年) 的降水和

温度资料、韩国的 14 个代表站 (1953～ 1994 年) 的温度及降水资料、日本 36 个台站 (1951

～ 1986 年) 的降水资料和 50 个台站 (1946～ 1996 年) 的温度资料. 通过统计相关分析、合

成分析的方法研究了东亚夏季风环流异常指数与我国东部地区、日本和韩国的温度及其

降水的变化关系, 具体研究区域为江淮区域 (29°～ 33°N 114°～ 125°E).

3　东亚夏季风环流异常指数与东亚夏季风的年际变化

利用式 (1)计算东亚夏季风异常环流指数得到图 2, 从图 2 中可看到东亚夏季风的年

图 2　1946～ 1996 年 IEA P的年际变化

　　图 3　I EA P (1946～ 1996)与江淮流域的夏季降水变化 (1951～

1996)的关系 (实线 I EA P , 虚线: 江淮流域夏季降水)

际变化是非常显著的. I EA P可以较好的反映我国江淮地区的旱涝形势, 诸如 1954, 1969,

1980, 1983, 1986, 1987, 1991, 1993 年江淮地区发生洪涝灾害, I EA P ≤ - 1; 而在 1994,

1978, 1975, 1972, 1961 年, 江淮地区发生了干旱的灾害, I EA P≥1.

(1) I EA P 与中国江淮地区夏

季风降水及温度变化的关系　为

了便于比较 I EA P和江淮地区旱涝

的关系, 计算了江淮地区夏季降

水的年际变化 (标准化值) , 如图

3 所示, I EA P和江淮地区的降水有

很好的的反相关趋势[ 15 ]. 说明当

I EA P 偏高的时候, 对应江淮流域

的干旱; 而 I EA P偏低的时候, 对应

江淮流域的洪涝灾害. I EA P 和江

淮流域降水变化的相关系数达到
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- 0. 59, 可以很好的表征该地区的降水特征. 同样, 也计算了 I EA P和江淮地区温度变化的关

系, 表现为明显的正相关 (图略) , 相关系数达 0. 53, 均超过了 0101 的信度检验标准.

(2) I EA P与韩国夏季气候变化的关系　选择韩国 14 个代表站的降水和温度资料

(1953～ 1994 年) , 分别计算了它们与 I EA P的关系, 图 4a 表示 I EA P和韩国夏季降水变化的

关系, 图 4b 表示 I EA P和韩国夏季温度的关系, 结果显示 I EA P和韩国降水的变化为负相关,

其相关系数为 - 0137, 达到 0105 的信度检验, 但并不象想象的那么高, 究其原因主要是

韩国多山地, 夏季降水除了季风还受到局地的影响. I EA P与韩国的温度变化, 有明显的正

相关, 相关系数高达 0. 77, 其原因还需进一步研究. 但从初步结果来看, I EA P和韩国的主要

气候要素的变化还是有比较密切的关系.

　图 4　I EA P (1946～ 1996 年)与韩国夏季降水变化 (1951～ 1986 年) (a)及与夏季温度变化

(1953～ 1994 年) (b)的关系 (实线: I EA P , 虚线 (a) : 韩国夏季降水, 虚线 (b) : 韩国夏季温度)

　　图 5　I EA P与日本夏季降水 (a) 和日本夏季温度 (b) 的关系 (实线: I EA P , 虚线 (a) : 日本夏季降

水, 虚线 (b) : 日本夏季温度)

(3) I EA P与日本夏季气候变化的关系　为了对东亚诸国的气候变化和 I EA P有一个全

面的了解, 计算了 1951～ 1986 年日本 36 个代表站的降水变化 (资料取自全球降水资料序

列) , 而 1946～ 1996 年温度资料取自日本气象厅, 台站数为 50 个. 图 5a, b 分别表示 I EA P

与日本夏季降水 (a) 及温度 (b) 的关系, 由图可见, I EA P和日本降水呈明显的负相关, 和温

度呈明显的正相关. 且相关系数都超过了 0101 的信度检验.
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综上所述, I EA P与中、日、韩的气候要素场的变化有密切的关系, 中国的江淮地区、韩

国及日本的气候变化在长期的变化上趋于一致, 并且与东亚2太平洋遥相关型有密切的关

系. I EA P为高指数状态时, 或强夏季风状态时, 我国江淮地区、韩国以及日本处于偏旱的状

态, 而当 I EA P为低指数状态时, 或弱夏季风状态时, 上述地区呈现多雨的气候状态.

图 6　根据 I EA P状况合成的东亚夏季 500 hPa 位势高度距平

(a)高 I EA P年　 (b)低 IEA P年 (单位: gpm )

4　东亚夏季风环流异常指数的合成分析

(1) 东亚夏季气候要素水平场变化的合成分析　为了研究高、低 I EA P的环流场的变

化, 作者[ 15 ]采用合成分析的方法分别对高、低 I EA P年东亚夏季水平场的变化进行合成分

析. 其中高 I EA P年选取 I EA P≥1 的年份, 低 I EA P年选取 I EA P≤- 1 的年份. 从图 6 可明显看
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出高 I EA P年合成 500 hPa 距平分布与低 I EA P年合成的分布在东亚地区有相反的形式. 当

I EA P为高值时, 即强东亚夏季风时, 西太平洋副热带高压偏北, 江淮流域少雨, 反之, 当 I EA P

为低值时, 即弱东亚夏季风时, 则西太平洋副热带高压偏南, 江淮流域多雨. 另外还进行了

海平面气压等气候要素的合成分析 (图略) , 结果均显示了 I EA P可以较好的反映东亚夏季

风的强弱状态 (对水平场状态而言).

图 7　根据 I EA P状况合成的东亚夏季经向风垂直结构的变化

(a)高 I EA P年 (b)低 I EA P年 (单位: m ös)

(2) 东亚夏季气候要素垂直场变化的合成分析　图 7 为对经向风场垂直结构变化的

合成分析图, 是利用 100°～ 160°E 的经向平均来看东亚夏季经向风垂直结构随纬度的变

化. 由图可见: 高 I EA P年和低 I EA P年的经向风场出现明显相反的结构, 在东亚夏季风强年,

我国华北地区、韩国及日本的经向风场上均出现从低层到高层整层的增加, 即意味着南风

将加大, 并且是从低层到高层一致的变化, 且极大值出现在 300 hPa 到 200 hPa 附近. 弱
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夏季风年在上述地区出现相反的变化, 从低层到高层出现北风异常, 即南风减弱的状态.

图 8 为对温度场垂直结构变化的合成分析图, 它利用 100°～ 160°E 的经向平均来看东亚

夏季温度垂直结构随纬度的变化, 由图可见, 高 I EA P年和低 I EA P年温度场的变化也出现明

图 8　根据 I EA P状况合成的东亚夏季温度垂直结构的变化

(a)高 I EA P年　 (b)低 IEA P年 (单位: °C)

显相反的结构. 在东亚夏季风强年, 我国华北地区、韩国及日本的温度场变化从地面到

200 hPa 出现升温, 高层 200 hPa 到平流层出现降温, 即对流层出现增温, 而平流层出现降

温的结构, 有两个极大值, 一个在 300 hPa 到 200 hPa 附近. 另外一个较弱, 在近地面层.

极低值中心出现在 100 hPa 附近. 弱夏季风年, 在上述地区出现相反的变化, 即对流层出

现降温, 而平流层出现升温. 极大值中心位于 100 hPa 附近, 有两个极小值中心, 分别位于

400 hPa 到 200 hPa 和近地面层.
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5　结　论

(1) 东亚地区夏季风环流、降水和温度的变化与从 EA P (东亚- 太平洋) 大气遥相关

型出发定义的东亚夏季风环流异常指数密切相关, 且中国的江淮地区、韩国及日本的气候

变化趋于一致. 当 I EA P为高指数状态时, 或强夏季风状态时, 我国江淮地区、韩国及日本处

于偏旱的状态, 西太平洋副热带高压偏北; 而当 I EA P为低指数状态时, 或弱夏季风状态时,

对应我国江淮地区、韩国以及日本多雨, 西太平洋副热带高压偏南.

(2) I EA P可较好地反映东亚夏季气候场的年际变化特征, 即东亚夏季气候要素的水平

场的变化和气候要素垂直结构的变化.
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STUDY ON THE RELATIONSH IP BETW EEN
SUMM ER MONSOON C IRCULATION ANOM ALY

IND EX AND THE CL IM ATIC VAR IATIONS IN EAST ASIA

H uang　Gang
( Institu te of A tm osp heric P hy sics, CA S ,B eij ing 100080)

Abstract

Based on the East A sian Summ er M on soon C ircu la t ion A nom aly index p resen ted

p reviou sly by the au tho r, the fu rther exam ina t ion on the ab ility of descrip t ion on the

summ er clim at ic varia t ion in East A sia is carried ou t, and the rela t ion sh ip s betw een the

index and the clim at ic elem en t varia t ion s in Ch ina, Japan and Ko rea are a lso stud ied. T he

resu lts show tha t the index cou ld w ell describe the varia t ion s of summ er clim at ic anom a2
ly in East A sia.

Key words: East A sian summ er m on soon circu la t ion anom aly index　A tm o spheric tele2
connect ion　 In terannual change　D rough töf lood
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青藏高原西侧绕流风系的变化及其与
东亚夏季风和我国华北地区

夏季降水的关系 3

黄　刚　周连童
(中国科学院大气物理研究所东亚区域气候 - 环境重点实验室 , 全球变化东亚区域研究中心 , 北京 100080)

摘 　要 　　从观测资料分析了青藏高原西侧绕流偏北风系的年际和年代际变化及其与东亚

夏季风和华北地区夏季降水的关系。研究表明 , 前者对后者有很大影响 , 若夏季青藏高原

西侧绕流的偏北风系强 , 则东亚夏季风偏南风分量强 , 且华北地区夏季降水可能偏多 ; 相

反 , 若夏季青藏高原西侧绕流的偏北风系弱 , 则东亚夏季风的偏南风分量弱 , 且华北地区

夏季降水可能偏少。分析结果还表明 , 由于从 1965 年之后 (特别从 1977 年之后) , 高原西

侧绕流的偏北风系减弱 , 可能导致了东亚夏季风的偏南风分量减弱 , 使得输向华北的水汽

大大减弱 , 且引起华北地区降水减少 , 发生了持续严重干旱。

关键词 : 青藏高原 ; 绕流风系 ; 华北干旱 ; 东亚夏季风

文章编号 　100629585 (2004) 0220316215 　　中图分类号 　P442 　　文献标识码 　A

1 　引言

东亚夏季风与东亚夏季气候异常有密切关系 , 它给中国、日本和韩国等国家和地

区带来旱涝等严重气候灾害 , 并对这些国家和地区的工农业生产、水资源、生态环境

有着重要影响。由于东亚夏季风与我国国民经济和人民生活有着密切关系 , 因此 , 中

国气象学家很早就重视了东亚季风的研究。早在 60 多年前 , 著名气象学家竺可桢[1 ]首

先指出了东亚夏季风对中国降水的影响。之后 , 涂长望和黄仕松[2 ]研究了东亚夏季风

的进退对中国雨带变化的影响。继他们之后 , 许多学者对东亚夏季风的特征、结构和

变化作了较系统的研究[3～5 ] 。Tao 和 Chen[6 ]对东亚夏季风的特征、结构及其与印度季风

的异同与联系作了系统的回顾。

季风是海陆热力差异所造成的 , 东亚季风的变化不仅与热带西太平洋热力及其上

空的对流活动有很大关系[7～11 ] , 而且还与青藏高原的热力、动力作用有密切关系。叶

笃正等[12～14 ]系统地研究了青藏高原对东亚夏季风的动力、热力作用 , 这些研究表明青

藏高原是北半球夏季的一个重要热源。Hahn 和 Manabe[15 ]从数值模拟的结果指出了青藏

高原能引导亚洲季风从孟加拉湾经中印半岛流向东亚地区。黄荣辉[16 ]从动力理论和数



值模拟结果指出 , 夏季青藏高原对于南亚平均季风环流的形成与维持起到了重要的动

力、热力作用。吴国雄等[17 ]的研究结果表明 , 青藏高原对周围大气起到“气泵”的动

力作用 , 从而对亚洲季风的爆发与维持起到重要作用。

青藏高原平均海拔高度 4 000 m , 面积约为 250 ×104 km2 , 是地球上最大的高原。由

于它的上空有强大的辐散而对周围大气运动起到“气泵”作用 , 同时对南来的气流起

到阻挡、牵引作用 , 对中纬度西风气流有分流作用 (正象海洋中的岛屿与江河中的江

心岛一样对海流或江河水起到分流作用) 。由于青藏高原地势很高 , 因此 , 西风带的气

流遇到此高原不仅爬越高原流向高原东侧 , 而且会绕高原南北两侧也流向高原东侧 ,

并在高原东侧汇合。叶笃正等[18 ]指出了青藏高原对冬季高原及以东地区上空西风环流

系统有分支作用 ; 并且还指出[19 ]在 6 月上中旬由于青藏高原对西风急流分支作用所产

生的南支急流会北跳到江淮流域 , 与北支急流汇合 , 从而导致江淮流域梅雨的开始。

由于青藏高原地势高 , 因此 , 青藏高原对于对流层下层西风带环流系统也有很大的分

流作用。然而 , 关于青藏高原西侧对流层下层环流的绕流及其对东亚夏季季风环流的

作用 , 特别是高原西侧绕流对东亚夏季风和华北夏季气候的影响迄今讨论不多。所以 ,

有必要从观测事实来分析青藏高原西侧对流层下层绕流风系对东亚夏季风和华北夏季

降水的影响。本研究利用 NCEP/ NCAR 再分析的风场和水汽资料以及我国测站降水资

料 , 分析青藏高原西侧绕流风系对于东亚夏季风以及华北地区夏季气候的影响。

2 　青藏高原西侧绕流风系及其与东亚夏季风变化的关系

青藏高原对大气环流的动力作用不仅表现在西风气流沿青藏高原的爬波上 , 而且

由于高原地势高 , 在对流层下层更多表现在沿高原的绕流上。图 1 是欧亚非地区上空

1961～1990 年夏季 (6～8 月) 700 hPa 气候平均流场。从图中可以清楚看到 , 700 hPa 的

西风带气流在青藏高原的西侧明显分成两支 : 一支沿高原的北侧向东流 , 并形成高原

北侧的高压脊 ; 另一支沿青藏高原西侧 (即伊朗高原一带) 和南侧 , 经孟加拉湾跨越

我国云贵高原和中印半岛 , 流向我国东部、朝鲜半岛和日本。这样 , 700 hPa 面上的大

气环流在伊朗高原、巴基斯坦、印度、我国云贵高原地区和中印半岛形成一准定常的

低压槽 , 从而加强了流向我国东部的西南季风气流 , 并从孟加拉湾携带大量水汽到东

亚地区。另外 , 图 1 还表明 , 位于青藏高原西侧的绕流 , 是联系中纬度环流系统与南

亚副热带、热带环流系统并影响到东亚季风系统的一个关键性环流系统。

沿青藏高原西侧和南侧的绕流在南亚地区所形成的准定常低压槽 , 将随位于伊朗

高原上空绕流风系强度以及西风带的位置而变化。若沿青藏高原西侧的伊朗高原上空

绕流风系偏强 , 则沿高原南侧 , 并经我国云贵高原、中印半岛流向我国长江、淮河流

域和华北地区的偏南季风气流就偏强 ; 相反 , 若沿高原西侧的绕流风系偏弱 , 则流向

我国东部的偏南季风气流就偏弱。图 2 是夏季 (6～8 月) 华北地区 (35～40°N , 110～

125°E) 平均的 700 hPa 南风分量与欧亚非地区 700 hPa 经向风分量相关系数分布。从图

中可以看到 , 夏季华北地区的南风分量与欧亚非地区 700 hPa 经向风分量的相关中 , 位

于青藏高原西侧的负相关系数很大 , 最大达到 - 016 , 并与位于索马里附近的正相关系

数相当。这表明 , 位于南亚的夏季风气流不仅来源于索马里附近的跨赤道气流 , 而且
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图 1 　欧亚非地区上空 1961～1990 年夏季 (6～8 月) 700 hPa 流场的气候平均

图 2 　北半球夏季欧亚非地区上空 700 hPa 经向风分量与华北地区 (35～40°N , 110～125°E) 平均的 700 hPa

南风分量相关系数分布

阴影区表示信度大于 95 %的相关区域 , 实线与虚线分别表示正、负相关 ,

资料取之于 NCEP/ NCAR 再分析的风场资料

还来源于青藏高原西侧的绕流风系。根据 Krishnamurti 和 Ramanathan[20 ]的研究 , 索马里

附近的跨赤道气流是南亚季风系统的主要成员 ; 然而 , 根据图 2 所示 , 南亚季风系统

的主要成员不仅有索马里附近的跨赤道气流 , 还应有来自青藏高原西侧的偏北绕流风

系。

由于东亚夏季风受南亚季风的很大影响 , 因此 , 东亚夏季风的变化也会受到青藏

高原西侧绕流风系的很大影响。为了说明这种影响 , 图 3 给出夏季青藏高原西侧伊朗

高原地区 (25～35°N , 55～65°E) 平均经向风分量和东亚地区 (35～40°N , 110～125°E)
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图 3 　1951～1999 年夏季 (6～8 月) 青藏高原西侧伊朗高原 (25～35°N , 55～65°E) (实线) 和

华北地区 (35～40°N , 110～125°E) (虚线) 平均 700 hPa 经向风距平的年际变化 (单位 : m s - 1)

1961～1990 年夏季 (6～8 月) 上述两区域的气候平均经向风取为正常值 ,

资料取之于 NCEP/ NCAR 再分析的风场资料

平均夏季风经向风分量的年际变化。从图中可以清楚看到 , 它们之间存在着反相关 ,

相关系数达到 - 0146 , 超过 99 %的信度。这就是说 , 当伊朗高原夏季沿青藏高原的绕

流偏北风系强 , 则东亚地区夏季风的偏南风分量强。由于伊朗高原的风系位于东亚地

区风系的上游 , 因此表明青藏高原西侧强的偏北风系能引起东亚地区偏南季风风系的

增强 ; 相反 , 高原西侧弱的偏北绕流风系能使东亚地区偏南季风风系减弱。

从上分析可以看到 , 东亚夏季风的变化受到青藏高原西侧绕流偏北风系的影响 , 这

种影响可以从有障碍物的流体流动形态的简单原理进行解释。因此 , 青藏高原西侧的

绕流风系对亚洲季风系统应是有影响的一个环流系统。

3 　青藏高原西侧夏季绕流风系的年际变化及其与华北夏季降水
变化的关系

　　我国东部降水的变化受东亚季风变化的很大影响[1 ,2 ,5 ,21 ] , 并且黄荣辉等[22 ]的研究

表明了东亚夏季风的经向风分量很大 , 因此 , 我国东部夏季降水与东亚夏季风的偏南

风分量有很大关系。

图 4 是我国夏季降水与华北地区平均的经向风分量相关系数分布。从图中可以明

显看到 , 从云贵高原西北部经四川到华北地区和东北南部有一片信度高于 95 %的正相

关区 ; 并且在长江中下游和湘江、资水、沅江和澧水流域存在着一片负相关区 ; 此外 ,

在华南也有一片正相关区。这说明 , 华北地区夏季风的南风分量大 , 即亚洲夏季风强 ,

则从云贵高原西北部经四川到华北地区和东北南部以及华南地区一带夏季降水强 , 而

在长江中下游地区和湘江、资水、沅江、澧水流域的降水弱。这种降水异常型与许多
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学者研究所得到的在亚洲夏季风强的夏季我国降水异常分布型相一致[23～26 ] 。

在上一节 , 我们已经通过观测事实的分析表明了青藏高原西侧夏季绕流风系和东

亚夏季风有密切的关系 , 它们之间存在着很大的负相关。因此 , 青藏高原西侧的绕流

风系对于夏季华北地区的降水也会有很大影响。图 5 是 1951～1999 年夏季 (6～8 月)

我国降水与伊朗高原 (25～35°N , 55～65°E) 平均的 700 hPa 经向风分量的相关系数分

布。由图可以明显看到 , 从云贵高原西北部经四川到华北、东北一带有一片信度超过

图 4 　1951～1999 年夏季 (6～8 月) 我国降水与华北地区 (35～40°N , 110～125°E) 平均的

700 hPa 经向风分量的相关系数分布

实线与虚线分别表示正、负相关 , 阴影区表示信度大于 95 %的相关区

图 5 　1951～1999 年夏季 (6～8 月) 我国降水与伊朗高原 (25～35°N , 55～65°E) 平均的

700 hPa 经向分量的相关系数分布

95 %的负相关区 ,而正相关区位于西北和华南地区。这表明 , 若青藏高原绕流风系的偏

北风强 , 则从我国云贵高原西北部经四川到华北和东北地区的夏季降水强 , 而西北和
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华南的降水弱 ; 相反 , 若青藏高原绕流风系的偏北风弱 , 则从我国云贵高原西北部经

四川到华北和东北地区夏季降水弱。若把图 5 与图 4 相比 , 两者相关系数分布正相反 ,

这再次论证了夏季青藏高原西侧绕流偏北风系与东亚夏季风变化之间存在着“跷跷板”

结构。

以上分析可以看到 , 由于青藏高原西侧的绕流风系和东亚夏季风有密切的关系 ,

因此青藏高原西侧的绕流偏北风系 , 对于我国特别是华北地区夏季降水的年际变化有

很大影响。

为了更好地说明青藏高原西侧绕流的偏北风系对东亚夏季风和降水年际变化的影

响 , 下面给出青藏高原西侧绕流偏北风系偏强和偏弱的夏季 , 东亚夏季风和华北地区

夏季降水的异常情况。

311 　青藏高原西侧强偏北绕流风系的情形

从图 3 可以看到 , 夏季高原西侧偏北绕流风系有很大的年代际和年际变化。本文

选取图 3 所示的区域平均夏季绕流经向风距平Δ�V ≤- 110 m s - 1为强偏北绕流风系的情

形 , 这样 1956、1961、1962、1963、1975、1998 年夏季青藏高原西侧的偏北绕流风系偏

强 ; 相反 , 选取图 3 所示的区域平均夏季绕流经向风距平Δ�V ≥110 m s - 1为弱偏北绕流

风系的情形 , 这样 1958、1968、1970、1988、1992、1994、1997 年夏季青藏高原西侧的

绕流风系偏弱。从上也可以看到青藏高原强绕流偏北风系大部分出现在 1965 年以前 ,

而弱绕流偏北风系大部分出现在 1977 年之后。为此 , 下面利用合成分析方法分别分析

青藏高原西侧夏季偏北绕流风系偏强和偏弱时 , 东亚夏季风和华北地区夏季降水的异

常情形。

图 6a 和 6b 分别是夏季青藏高原西侧强和弱偏北绕流风系时欧亚非地区上空 700

hPa 合成距平风场的分布。正如图 6a 所示 , 700 hPa 环流距平场在伊朗高原、阿拉伯半

岛和里海东部存在一个很强的反气旋型距平环流 , 青藏高原西侧的绕流偏北风距平很

大 ; 并且 , 在我国西北和蒙古高原存在一个很强的气旋型距平环流 , 这使得在东亚 ,

特别在我国华北、东北一带有很强的偏南风距平气流。以上说明在青藏高原西侧偏北

绕流风系强的夏季 , 华北地区有很强的偏南气流。如 1963 年夏季青藏高原西侧区域

(25～35°N , 55～65°E) 平均的偏北风比平均值大 117 m s - 1 , 而华北地区偏南风气流的

距平为南风 , 达到 310 m s - 1 , 这表明在 1963 年夏季我国华北地区偏南季风气流很强。

上面分析结果表明 , 在青藏高原西侧偏北绕流风系强的夏季 , 由于东亚上空 700

hPa 有很强的偏南风 , 这支强的偏南气流经孟加拉湾把大量的水汽输送到华北、东北地

区 , 使得华北和东北地区夏季降水异常偏多。图 7a 和 7b 分别是青藏高原西侧偏北绕流

风系强和弱的夏季 , 我国 6～8 月降水距平百分率的合成分布。从图 7a 可以明显看到 ,

青藏高原西侧偏北绕流风系偏强的夏季我国江淮、华北和东北地区降水普遍偏多 , 特

别在华北的南部 , 最大降水距平达到 40 %以上。如 1963 年夏季华北地区区域平均降水

约偏多了 40 % , 发生了严重洪涝 ,“63·8”特大暴雨就发生在这个环流背景下。

312 　青藏高原西侧弱偏北绕流风系的情形

正如图 6b 所示 , 在 700 hPa 环流距平场 , 青藏高原西侧的反气旋型距平环流偏北

并位于里海周围 , 在伊朗高原出现强的偏南气流 ; 并且 , 在我国内蒙古、华北北部和

西北东部出现一个很强的反气旋型距平环流 , 在东亚 , 特别在我国华北、东北一带有
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图 6 　夏季青藏高原西侧绕流偏北风偏强年份 (1956、1961、1962、1963、1975 和 1998 年) (a) 和偏弱

年份 (1958、1968、1970、1988、1992、1994 和 1997 年) (b) 欧亚非地区上空 700 hPa 距平风场的合成分布

1961～1990 年夏季 700 hPa 气候平均风场 (图 1) 取为正常值 , 资料取之于 NCEP/ NCAR 再分析的风场资料

很强的偏北风距平气流。这表明 , 在青藏高原西侧偏北绕流风系偏弱的夏季 , 华北地

区偏南季风气流也偏弱。如 1997 年夏季华北地区偏南季风气流的距平为负距平 , 达到

- 110 m s - 1 , 表明在 1997 年夏季华北地区的偏南季风气流很弱。

上面分析结果同样也表明 , 在青藏高原西侧偏北绕流风系弱的夏季 , 由于东亚上

空 700 hPa 偏南气流很弱 , 使得从孟加拉湾来的水汽主要输送到长江流域和华南地区 ,

而输送到华北、东北一带的水汽大大削弱 , 因此造成华北和东北地区夏季降水异常偏

小。图 7b 是在青藏高原西侧偏北绕流风弱的夏季 (6～8 月) 我国降水距平百分率的合

成分布。从图 7b 可以明显看到 , 在青藏高原西侧偏北绕流偏弱的夏季 , 江淮流域、整

个华北地区和东北的中、南部降水异常偏少 , 而在华南、河套和西北地区降水偏多。
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图 7 　夏季青藏高原西侧偏北绕流风系偏强年份 (1956、1961、1962、1963、1975 和 1998 年)

和 (a) 偏弱年份 (1958、1968、1970、1988、1992、1994 和 1997 年) 夏季 (6～8 月) (b)

我国降水距平百分率的合成分布 (单位 : %)

1961～1990 年夏季 (6～8 月) 我国降水气候平均值取为正常值 ,

实线与虚线区分别为夏季降水的正、负距平区 , 阴影区为降水的正距平区域

如在 1997 年夏季华北地区区域平均夏季降水约偏少了 50 % , 特别是在河南省夏季降水

偏少达到 60 % , 产生了严重的夏旱。

上述观测事实的分析结果表明 , 北半球夏季青藏高原西侧绕流风系的年际变化 ,

对于东亚夏季风的强弱和我国东部特别是华北地区的夏季降水有很大影响。当青藏高
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原西侧绕流风系的偏北风强 , 则东亚夏季的偏南季风就强 , 江淮流域与华北、东北地

区夏季降水偏多 ; 相反 , 当青藏高原西侧绕流的偏北风弱 , 则东亚夏季的偏南季风就

弱 , 江淮流域、华北、东北地区的夏季降水偏少 , 往往出现干旱。

4 　青藏高原西侧绕流风系的年代际变化及其与东亚和华北夏季
降水年代际变化的关系

411 　青藏高原西侧绕流风系的年代际变化及其与东亚夏季风变化的关系

青藏高原西侧的绕流风系不仅有年际变化 , 而且有很大的年代际变化 , 因此 , 这

支绕流风系对于东亚夏季风的年代际变化也有很大影响。从图 3 可以看到 , 青藏高原

西侧绕流的经向风分量距平有很大的年代际变化。在 1965 年以前的夏季 , 偏北风距平

频繁出现 ; 而从 1965 年以后的夏季 , 频繁出现偏南风距平。特别从 1977 年以后这支绕

流风系经常出现偏南风距平 , 说明从 1977 年之后的夏季 , 高原西侧绕流偏北风不强。

为了更清楚说明青藏高原西侧绕流风系的年代际变化 , 我们分别分析 1951～1965 年、

1966～1976 年和 1977～1999 年 3 个时段夏季平均的 700 hPa 风场距平分布 (图 8) 。从图

8a 可以看到 , 1951～1965 年平均的 700 hPa 环流距平场在高原西侧的里海周围以及伊朗

高原北侧有一反气旋型的环流异常 , 在青藏高原的西部 , 特别在阿拉伯半岛和伊朗高

原有强的偏北风异常 ; 图 8b 为 1966～1976 年夏季平均的 700 hPa 环流距平分布 , 可见

在黑海的南部和伊朗高原的西侧已出现一气旋型的环流异常 , 这使得在青藏高原西侧

偏北绕流风系变弱 ; 而图 8c 为 1966～1999 年平均的 700 hPa 环流距平场 , 一个反气旋

型的环流异常位于里海西南部和土耳其一带 , 在青藏高原西侧和伊朗高原一带出现一

个气旋型的环流异常 , 这使得在青藏高原西侧出现偏南气流的距平环流。

上述观测事实表明了青藏高原西侧的绕流风系有很大的年代际变化。这个年代际

变化对于东亚夏季风的年代际变化也有很大影响。从图 3 可以明显看到 , 夏季华北区

域平均的经向风距平有很大年代际变化 , 在 1965 年以前的夏季 , 强的偏南风距平几乎

年年出现 ; 但从 1965 年以后的夏季 , 却频繁出现偏北风距平 , 特别从 1977 年以后 , 华

北地区除了 1984 和 1994 年外 , 其余各年的夏季均出现强的北风距平 , 这说明从 1977

年以后东亚夏季偏南季风明显减弱。

青藏高原西侧的绕流风系对东亚夏季风的影响同样也可以从图 8 所示的 700 hPa 环

流距平场的平均分布看到。从图 8a 可以看到 , 1951～1965 年平均的 700 hPa 环流距平场

在蒙古高原有一明显的气旋型环流距平 , 在东亚上空出现很强的偏南风距平 , 这说明

在 1951～1965 年期间 , 东亚夏季风的偏南风分量很强 ; 然而 , 正如图 8b 所示 , 1966～

1976 年平均的 700 hPa 环流距平场在蒙古高原出现一个反气旋型的环流距平 , 这使得我

国华北地区 700 hPa 偏南风场距平变弱 , 而东北 700 hPa 风场距平变成了偏北气流 ; 并

且 , 如图 8c 所示 , 1977～1999 年平均的 700 hPa 风场距平场在蒙古高原、我国西北地区

和东北一带出现一个强的反气旋型的风场距平场。在我国东北、华北地区出现强的偏

北风距平 , 这说明在 1966～1999 年期间 , 东亚夏季风的偏南风分量是弱的。

以上分析可以看到 , 青藏高原西侧的绕流风系有很大的年代际变化 , 并对东亚夏

季风的年代际变化有很大影响。
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图 8 　1951～1965 年 (a) 、1966～1976 年 (b) 和 1977～1999 年 (c) 夏季 (6～8 月) 平均的 700 hPa 风场距平分布

1961～1990 年夏季 700 hPa 风场的气候平均 (图 1) 取为正常值 , 资料取之于 NCEP/ NCAR 再分析的风场资料
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412 　青藏高原西侧绕流风系的年代际变化及其对华北地区夏季降水变化的影响

由于青藏高原西侧绕流风系对东亚夏季风的年代际变化有很大影响 , 图 9a 和 9b 分

别表示夏季 (6～8 月) 东亚 110～125°E 平均的 700 hPa 与 850 hPa 上 , 南风大于 110 m

s - 1北界所在纬度的年际变化。从图 9a 可以清楚看到 , 1965 年以前 , 在 700 hPa 上夏季

平均的 110 m s - 1南风北界偏北 , 最北可以达到 52°N , 且中心强度可达到 410 m s - 1 ; 并

且 , 如图 9b 所示 , 在 850 hPa 夏季平均的 110 m s - 1南风北界也偏北 , 最北可达到 50°N ,

且中心强度可达到 510 m s - 1。然而 , 从 1965 年以后 , 如图 9a 所示 , 在 700 hPa 夏季平

均的 110 m s - 1南风北界明显南撤 , 在 1973 年之前 , 只有很少几年 110 m s - 1南风的北界

可达到 50°N , 而从 1973 年之后 , 110 m s - 1南风的北界只能到达35°N , 且中心强度只有

310 m s - 1 ; 并且 , 1965 年之后在 850 hPa 上 , 南风北界也南撤 , 且中心强度大大削弱 ,

如图 9b 所示 , 从 1965 年之后 850 hPa 夏季平均 110 m s - 1的南风北界虽只南撤 2 个纬距 ,

北界到达 48°N , 但强度已经削弱 ; 特别从 1977 年之后 , 如图 9c 所示 , 不仅 110 m s - 1

南风的北界只能到达 43 °N , 且中心强度只有 310 m s - 1 , 比 1965 年之前的南风强度大

大削弱。

图 9 　夏季东亚上空 700 hPa (a) 和 850 hPa (b) 沿 110～125°E 平均的 110 m s - 1

南风北界到达的纬度及南风强度的年际变化 (单位 : m s - 1)

资料取之于 NCEP/ NCAR 再分析的风场资料

由于从 1965 年开始东亚夏季风减弱 , 特别是 1977 年之后东亚夏季风进一步减弱 ,

这使得从孟加拉湾、南海和热带西太平洋输送到我国华北的水汽大大减弱。由于输向

华北地区水汽的减弱 , 导致华北地区夏季降水从 1965 年开始减少 , 特别在 1977～2000

年期间华北地区夏季降水更加频繁出现偏少年。Yan 等[27 ]和黄荣辉等[28 ]也曾经指出在
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1965 年以前 , 华北地区夏季降水是偏多的 ; 但在 1965 年之后 , 华北地区夏季降水开始

出现偏少 , 特别是华北地区 1977 年之后夏季降水再度减少 , 频繁出现偏少年 , 且偏少

幅度增大。关于我国华北从 20 世纪 80 年代以来所发生干旱的成因已有不少研究[28～30 ] 。

黄荣辉等[31 ] 、张庆云[32 ]分析了华北地区降水年代际变化的原因 , 他们的研究表明了由

于受热带太平洋海温、西太平洋副热带高压年代际变化的影响 , 华北地区从 1977 年之

后夏季降水更加减少 , 发生了持续性严重干旱。华北地区持续严重干旱不仅对华北工

农业生产有严重影响 , 而且造成水资源缺乏 , 生态环境恶化 , 沙尘暴增多。

从上分析可以看到 , 华北地区降水的年代际变化不仅受到热带太平洋海温异常、

西太平洋副热带高压年代际变化的影响 , 还和青藏高原西侧的绕流偏北风系年代际变

化的关系密切。

图 10 　东亚夏季风水平环流系统成员概念图 (东亚部分参考文献 [6 ])

5 　结论与讨论

本文利用 NCEP/ NCAR 风场等再分析资料和我国 160 个测站降水资料 , 分析了青藏

高原西侧绕流偏北风系的年际和年代际变化及其对东亚夏季风和华北地区降水年际和

年代际变化的影响。分析结果表明 , 青藏高原西侧绕流风系有很明显的年际和年代际

7232 期 黄刚等 : 青藏高原西侧绕流风系的变化及其与东亚夏季风和我国华北地区夏季降水的关系



变化 , 这些变化和东亚夏季风以及华北地区夏季降水的年际和年代际变化有很密切的

关系。若夏季高原西侧绕流的偏北风强 , 则东亚夏季风的偏南风分量强 , 华北地区夏

季降水可能偏多 ; 相反 , 若高原西侧绕流的偏北风弱 , 则东亚夏季风偏南风分量弱 ,

华北地区夏季降水将偏少。分析结果还表明 , 由于 1965 年之后 , 高原西侧绕流偏北风

系减弱 , 特别从 1977 年之后高原西侧的绕流偏北风系进一步减弱 , 这使得东亚夏季风

从 1965 年之后开始减弱 , 1977 年之后又进一步减弱。东亚夏季风的减弱使得输向华北

的水汽大大减弱 , 从而引起华北地区从 1965 年之后夏季降水开始偏少 , 出现干旱 , 从

1977 年之后夏季降水更加减少 , 干旱灾害变得持续且严重。

亚夏季风环流系统包括了西太平洋副热带高压以及沿副热带南侧和西侧的东南季

风、印度西南季风、跨赤道气流、以及中纬度扰动[6 ] 。然而 , 从上述青藏高原西侧绕

流偏北风系的年际和年代际变化及其对东亚夏季风和夏季气候的影响来看 , 正如图 10

所示 , 西南季风不仅来自索马里急流 , 而且受到青藏高原西侧的绕流偏北风系的很大

影响。

关于青藏高原西侧绕流风系的年际和年代际变化的原因 , 作者正在研究 , 它们可

能受大西洋海温和北极涛动 (AO) 的影响 , 这将在另文加以讨论。
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The Variability of the Wind System Circulating round the West
Side of the Tibetan Plateau and Its Relation to the East Asian

Summer Monsoon and Summer Rainfall in North China

Huang Gang , and Zhou Liantong
( Key Laboratory of Regional Climate2Environment for Temperate East Asia ,

Institute of Atmospheric Physics , Chinese Academy of Sciences ;

START Regional Center for Temperate East Asia , Beijing 100029)

Abstract 　　The interannual and interdecadal variations of the northerly wind system circulating around the west side

of the Tibetan Plateau and their relation to the East Asian summer monsoon and the summer rainfall in North China are

analyzed from the observed data. The results show that there is a close relationship between the variations of the wind

system circulating round the west side of the Tibetan Plateau and the interannual and interdecadal variations of the

East Asian summer monsoon and summer rainfall in North China. If the northerly wind system circulating round the

west side of the Tibetan Plateau is strong in summer , the southerly component of the East Asian summer monsoon is

strong , and summer rainfall maybe above normal on North China. Oppositely , if the northerly wind system circulating
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round the west side of the Tibetan Plateau is weak , the southerly component of the East Asian summer monsoon is

weak , and summer rainfall maybe below normal. The analyzed results also show that after 1965 , especially from

1977 , since northerly wind system circulating round the west side of the Tibetan Plateau weakened , the southerly

component of the East Asian summer monsoon also weakened , and the water vapor transported into North China also

weakened greatly. This caused the decrease of summer rainfall and the persistent and severe drought in this region.

Key words : Tibetan Plateau ; circulating wind system ; drought in North China ; the East Asian summer monsoon
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摘 要 利用 ERA-40再分析资料集的风、温度、水汽等再分析资料，分析了华北地区干旱以及北非萨赫勒 

地区干旱化的气候特征及它们之间的关联，指出在亚非季风区上空存在一个年代际的季风环流异常遥相关波 

列，正是由于此波列的作用，使得我国华北地区从 1965年以后所发生的干旱与北非萨赫勒地区干旱化存在着 

明显的相关联。并且分析了这两地区的干旱与之相关联的全球气候变化背景，指出由于 1965年之后北、南半 

球气温变化差异的减少导致了亚非季风系统发生了年代际减弱和南撤，从而使得华北和北非萨赫勒地区发生了 

持续干旱现象。 
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the Droughts in North China 
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Abstract The ERA-40 reanalysis data of wind，air temperature，water vapo ur etc．are used to analyze the clima— 

tological characteristics of the droughts in North China and the Sahelian region of North Africa and the relationship 

between them．It may be pointed out from the analyzed results that there is a likely teleconnection wave train in the 

summer monsoon circulation anomalies over the Asia-African monsoon regions on interdecadal time scale．Just be— 

cause of the effect of this wave train，there exists an obvious relationship between the droughts occurred in North 

China from 1965 and the desertification occurred in the Sahelian region of North Africa．Moreover，the background 

of global climate change associated with the droughts occurred in these two regions is also analyzed in this paper． 

The results show that after 1 965，the decrease of the difference between the air temperature over the Northern 

Hemisphere and that over the Southern Hemisphere has led to occurrence of the weakening and southward retreat of 

the Asia-African summer monsoon system on interdecadal time scale，which caused the persistent droughts in North 

China and the Sahelinan region of North Africa． 

Key words drought，Asia-African monsoon zone，difference of air temperature，the Northern Hemisphere，the 

So uthern Hemisphere 

1 引言 
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于旱涝灾害引起的，因此对旱涝灾害的研究具有 

十分重要的科学意义_1 ]。并且，在我 国旱涝灾 

害中，干旱因持续时间长、影响范围广，其危害 

最大[4]。干旱及沙漠化现象越来越成为人们所关 

注的世界性问题。因此，在中国科学技术蓝皮书 

中干旱列为我国气候灾害之首。 

华北地区干旱化趋势对我国干旱灾害有着重 

要的影响，严中伟等[5]研究表明：我国华北地区 

夏季降水在 1965年前后发生了一次气候跃变。他 

们指出，1965年以后华北地区夏季降水明显减少， 

干旱化趋势明显，这种趋势与北非萨赫勒地区干 

旱化的趋势十分类似，是一种应当重视的全球尺 

度的气候现象。因此，研究华北地区和北非萨赫 

勒地区干旱的全球气候变化背景有其特殊的科学 

意义。在全球变化研究中，我们强调的是那些大 

尺度多种环境要素均具有过渡性质的敏感带，而 

这当中较典型的例子就是北非萨赫勒地区和我国 

华北地区的气候变化。从大气环流形势看，这两 

地区处于夏季风影响的北缘地带，季风强弱严重 

地影响当地雨量；从植被分布条件来看，它们正 

是森林草原交错地带；从人类活动看，它们是农 

牧业交错区[6]。另外，从更大的地理背景看，它 

们的一边是低纬度沿海湿润区，另一边则是副热 

带或内陆沙漠区。因此，本研究选择了华北以及 

北非作为研究的重点，并以此来分析全球气候变 

化与亚非季风带移动的关系及其对华北地区干旱 

和萨赫勒地区干旱化的影响，以期从更广阔的空 

间来讨论与华北干旱相关联的全球气候变化的科 

学问题。 

全球增暖在各区域的反映是不一样的。Han— 

sen和 LebedeffE ]的研究表明，在最近 100年中全 

球气温平均上升了0．8℃，其中从 20世纪 70年 

末到 90年代中就上升了0．3。C；Bradley_8]分析了 

北半球气温的变化且比较了中国气温与北半球气 

温变化的异同。由于南半球大部分是海洋，因此， 

它的增温与北半球不一样，这就形成了南北半球 

增温的不一致，这种不一致就会造成亚非季风系 

统的变化。因此，本研究利用 中国 160台站的 

1951~1998年降水资料来分析华北地区干旱的演 

变。并且，鉴于 NCEP／NCAR再分析资料在 20 

世纪 70年代以前与实际探空资料偏差较大L9]，故 

本研究利用 ERA一40再分析资料[10]等来分析华北 

干旱的变化情况及其与非洲季风区降水变化的关 

联，并从南北半球气温的变化来探讨其原因。 

2 华北干旱的演变情况 

本文首先利用中国 160台站 1951~2004年的 

降水观测资料，分别分析了华北地区、江淮地区 

夏季降水的年际变化。如图 1所示，华北地区气 

候要素的变化和江淮地区的有所不同，华北地区 

的变化倾向于年代际变化，而江淮地区则更倾向 

于年际变化；并且，从图 1a还可以看到，华北地 

区的降水在 1965年前后有一次较大的变化，1965 

年以后降水量一直偏少，出现干旱趋势，这种趋 

势一直延续到 90年代。此外，图 1a还表明了 80 

年代华北夏季降水严重减少，干旱严重，若以 10 

年平均而论，80年代华北地区区域平均的夏季降 

图 l (a)华北和 (b)江淮地区夏季降水标准距平的年际变 

化 

Fig．1 Interannual variations of normalized summer monsoon 

rainfall in(a)North China and (b)Yangtze River and Huaihe 

River valley 
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水量比50年代的降水约减少了20 左右，平均年 

降水量比50年代约减少了 1／3左右。这与周连童 

和黄荣辉[11]所分析的结果相同。 

根据Janowiak[1z]的研究，北非萨赫勒地区是 

全球干旱化最严重的区域，图 2是北非萨赫勒地 

区降水标准化距平的年际变化。由图 2可以清楚 

地看到，从 60年代中期，北非萨赫勒地区降水持 

续减少，形成了全球干旱化最为严重的区域。把 

图 2与图 1相比较，可以清楚看到，北非萨赫勒 

地区干旱化与我国华北地区干旱的发生具有同步 

变化的趋势，只不过我 国华北地 区夏季降水从 

1965年开始减少，之后夏季季风降水处于振荡， 

并于 1976年之后夏季降水发生持续性减少。 

上述分析结果清楚表 明了我 国华北地区从 

1965年以后的干旱演变与北非萨赫勒地区的干旱 

化有类似的变化趋势。严中伟等[5]也曾提出我国 

华北地区与萨赫勒地区的降水变化之间存在着正 

相关的关系。这说明华北地区的气候变化并不是 
一 个局部现象，而是与全球大范围的气候变化密 

切相关 。 

3 华北地区与北非地区季风变化的 

联系 

造成华北地区和北非萨赫勒地区夏季降水减 

少的年代际变化，主要还是由于亚非夏季风系统 

的变化所造成。为此，下面从这两地区上空的经 

向和纬向风分量、水汽和经圈环流在 1965年前后 

的变化来分析亚非季风的年代际变化情况。 

3．1 经向风的变化 

全球偏南季风主要分布在广大北非季风区、 

亚洲季风区以及泛美季风区，且偏南风主要集中 

在中低纬度，它们驱动着季风。由于强季风在 700 

hPa流场上能够得到较好的反映，为了表示北半 

球南风的变化情况，我们利用 ERA-40再分析资 

料计算了 1958~2002年 700 hPa整个北半球和华 

北地区面积平均的南风 (即只挑选南风 (经向风 

>0)，再进行区域平均)年际变化。图 3a是北半 

球 1958~2002年夏季面积平均的 700 hPa南风年 

际变化，而图 3b代表华 北地 区 (34～40。N， 

100~125。E)平均的夏季 700 hPa南风的年际变 

化。从图 3a和 3b所示的南风变动情况来看，两 

者具有非常类似的变化特征，均是从 20世纪 60 

年代中期之后，南风减弱明显，只是在图 3b所示 

的华北地区南风的变化较之整个北半球平均的变 

化更为明显，它从 1958～1965年期间平均的 1．3 

m·s-1减弱到 1980～1990年期间平均的约 0．95 
m · s一

。 这是由于大气环流的年代际变化所引起 

的，特别是由于华北地区所处的地理位置对季风 

系统非常敏感，造成华北地区的变化要比整个北 

半球南风的变化更明显。 

为了突出 1965年前后气候变化对这两个地区 

的影响，本研究采用了合成分析方法 ，即利用区 

域平均南风的年际变化所呈现的年代际变化，选 

取 1958～1965年为南风较强的阶段，同时选取 

1980~1990年期间为南风较弱的阶段 ，用南风较 

l898 l907 l9l7 l927 l937 l947 l957 l967 l977 l987 l997 

年份 Year 

图 2 北非萨赫勒地区降水标准化距平的年际变化[1 ] 

Fig．2 Interannual variations of normalized rainfall anomaly in the Sahelian region of North Africa(From Janowiak，1988，and data is 

updated  to 1997E ]、 
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强的阶段的气候要素减去南风较弱阶段的气候要 

素，从而突出了 1965年前后华北地区和北非萨赫 

勒地区夏季风所发生的年代际变化。 

首先，让我们看一下这两个地区对流层经向 

风在年代际时间尺度上的变化。图 4是 1958～ 

1965年平均的经向风与 1980~1990年平均经向风 

的差值 (强南风减去弱南风)随高度和纬度的变 

化。从图 4a所示的华北地区 (沿 100～125。E平 

均)的情况可以非常清楚地看到，在我国华北地 

区上空对流层中、低层有正的南风偏差值，且最 

大南风偏差中心值出现在 30。N附近的近地面层， 

区 
区 
惺 

2 40 

2 35 

2 30 

2．25 

2 20 

2 l5 

2．10 

2．05 

2．00 

1．95 

1．90 

年份 Year 

可达0．6 m·s～。这说明在 1965年以前华北地区 

的南风较 1965年以后偏强，有利于大量水汽从我 

国华南、江淮流域流人华北地区，从而使华北地 

区维持较为湿润的气候状况。图 4b表示北非的状 

况 (沿 0～40。E平均)，从图4b也同样可以看到， 

在 1965年前北非地区从近地层到 500 hPa的对流 

层下层有正的南风偏差的出现，且南风偏差最大 

中心位于 5～10。N上空的 700~800 hPa附近，可 

达 0．6 m ·s～。这些近地面层的强南风有利于大 

量水汽从东非沿岸流人北非萨赫勒地区，从而使 

此地区在1965年以前维持较为湿润的气候状况。 

≥ 

喜 
怔 

年份 Year 

图 3 1958~2002年 (a)北半球区域及 (b)华北地区 (34~40。N，100~125。E)平均的 700 hPa夏季南风的年际变化。资料取之于 

ERA-40再分析资料 

Fig．3 lnterannual variations of the regional mean southerly wind at 700 hPa averaged for (a)the Northern Hemisphere and (b)North 

China(34—40。N，1OO一125。E)in summer(June—August)．Data are from the ERA-40 reanalysis 

图4 (a)东亚地区 (沿 100~125。E平均)和 (b)北非地区 (沿 O～4O。E平均)1958~1965年与 1980~1990年平均的夏季经向风之 

差值 (即 1958~1965年平均值减去 1980~1990年的平均值)随高度和纬度的变化 (单位：m·s_1)。资料取之于ERA-40再分析资料 

Fig．4 Latitude-altitude cross section of the difference between the summer(June—August)meridional component of wind averaged for 

1958 1965 and that for 198O一 1990(units：m ·s )，(a)averaged zonally along 1OO 125。E (East Asia)，(b)averaged zonally along 0。 

一 4O。E (North Africa)． Data are from the ERA-40 reanalysis 
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并且，图 4a与图 4b比较，还可以看到北非上空 

的对流层上层经向风偏差也与华北地区的相同， 

它们均有很强的北风异常。 

3．2 纬向风的变化 

本小节合成分析了这两区域沿经向平均的夏 

季纬向风在 1958～1965年与 1980～1990年平均 

差值随高度和经度的变化。图5a为华北地区 (沿 

25~40。N平均)夏季纬向风差值随高度和经度的 

变化，从图 5a可以看到，纬向风差值最大中心出 

现在 700 hPa附近，这表明：华北地区在 1965年 

前对流层下层有较明显的西风异常，高层伴随着 

东风异常；图 5b为北非的情况 (沿 5～2O。N平 

均)，可 以看到，西风差值最大值中心也出现在 

700 hPa附近，这表明：在 1965年以前北非萨赫 

勒地区对流下层也对应着西风异常，高层同样伴 

随着较强的东风异常，这点和华北地区变化一致。 

从上述两地区夏季经向风和纬向风在 1958~ 

1965年与 1980～1990年的变化情况可以看到： 

1965年以前，华北和北非地区上空有较强西风异 

常以及南风异常，有利于此两地区处于较为湿润 

的状况；而 1965年以后，这两地区上空的西风异 

常和南风异常都变得很弱，甚至变成东风异常和 

北风异常，这不利于两地区的降水，因而出现干 

旱 。 

3．3 水汽场变化 

下面，分析能够较好代表水汽变化的比湿在 

此两地区的年代际变化。首先，分析 1958～1965 

年和 1980~1990年平均比湿的差值随高度和纬度 

的变化。图6a为东亚地区 (沿 100t 125。E平均) 

的比湿的变化情况，由图可见，最大比湿差值中 

心出现在 35。N附近。这表明：在 1965年前华北 

地区 (35~40。N)有大的比湿，且在此期间出现 

整层的强比湿，这有利于华北地区在 1965年以前 

维持湿润的状况；而在 1965年以后，整层比湿明 

显减弱，从而导致华北地区开始干旱。图 6b为北 

非的情况，同样可以看到：在北非的比湿差值与 

华北地区变化一致，且最大差值 出现在近地层。 

这表明，在 1965年前萨赫勒地区的北部 (14～ 

20。N)出现整层较大比湿异常，最强位置在 15～ 

2O。N之间，而在 1965年以后，整层比湿明显减 

弱，从而导致此地区 1965年之后干旱化。 

3．4 垂直运动的变化 

为了能够更好地说明此两地区在 1965年前后 

夏季降水的年代际变化，本研究进一步分析两地 

区上空 1958～1965年和 1980~1990年平均夏季 

经圈环流的差别。图 7a是东亚地 区 (沿 100～ 

125。E平均)上空经圈环流的年代际变化，可以看 

到，一个强偏差上升流位于 3O～4O。N地区的上 

空，这表明：在 1965年前华北地区 (35～40。N) 

夏季有强的上升气流，而在 1965年之后，华北地 

区夏季上升气流减弱，从而导致降水减少。图 7b 

为北非地区 (沿 0。～4O。E平均)的情况，同样可 

以看到，在1965年前萨赫勒地区与华北地区上空 

矗 

∈ 

图 5 (a)东亚地区 (沿 25~40。N平均)和 (b)北非地区 (沿 5～2O。N平均)1958~1965年与 1980~1990年平均夏季纬向风的差 

值随高度和经度的变化 (单位：m·s )。资料取之于ERA一40再分析资料 

Fig．5 Longitude-altitude cross section of the difference between the summer(June—August)zonal component of wind averaged for 1958 

— 1965 and that for 198O一 1990(units：m ·s一 )，(a)averaged meridionally along 25--40。N (East Asia)，(b)averaged meridiona／／y a— 

long O一 20。N．Data are from the ERA-40 reanalysis 
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∈ 

图 6 (a)东亚地区 (沿 100t125。E平均)和 (b)北非地区 (沿 O～4O。E平均)1958～1965年与 1980～1990年平均夏季比湿的差 

值随高度和纬度的变化 (单位：g·kg )。资料取之于 ERA-40再分析资料 

Fig．6 Latitude-altitude cross section of the difference between the summer(June—August)specific humidity averaged for 1958—1965 

and that for 198O一 1990 (units：g·kg一 )，(a)averaged zonally 1OO一 125。E (East Asia)，(b)averaged zonally along O。-- 40。E (North 

Africa)．Data are from the ERA一4O reanalysis 

∈ 

图7 (a)东亚地区 (沿 100~125。E平均)和 (b)北非地区 (沿O。～4O。E平均)1958~1964年与 1980~1990年平均夏季经圈环流 

( ，w)的偏差环流 (图中w一原始值×50)。资料取之于 ERA一4O再分析资料 

Fig．7 The difference between the summer(June--August)meridional circulation averaged for 1958—1965 and that for 198O一 1990，(a) 

averaged zonally along 1OO一 125。E (East Asia)．(b)averaged zonally along O。-- 40。E-In the figures，the vertical motion is multiplied by 

50 and data are from the ERA一40 reanalysis 

的变化一致，在它的北部 (15～2O。N)上空出现 

较强的偏差上升流，这表明在 1965年前北非萨赫 

地区的北部有较强的上升流异常，而在 1965年之 

后 (特别在 1980～1990年期间)，此上升流异常 

变弱，不利于降水，因此，1965年以后，在北非 

萨赫勒地区引起严重的干旱化现象。 

从上述气候要素场的年代际变化可以明显看 

到：华北地区和北非萨赫勒地区无论是经向风、 

纬向风或是水汽和经圈环流，在 1965年以后 (特 

别是 80年代)相对于 1965年前都有非常大的变 

化。正是由于出现如此大的季风环流变化才造成 

华北地区的持续干旱现象和北非萨赫勒地区的干 

旱化。 

4 华北地区和北非地区在年代际水 

平环流场变化的联系 

从上述两地区经向风、纬向风以及水汽和经 

圈环流在 1965年前后差值分析的结果可以看到， 

华北地区与北非地区气候的年代际变化有一定关 

∞ 卯∞ 卯 ∞ 如 ∞ 卯∞ 卯 ∞ 卯∞ ∞ 

3  3  4  4  5  5  6  6  7  7  8  8  9  9  0  

∞ ∈ 
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联，而这些关联是由于亚非季风带上季风环流变 

化的关联所致。为了更好地表征华北地区季风环 

流在 1965年前后的变化与北非萨赫勒地区季风环 

流的关联，本文利用合成分析方法分析了 1958~ 

1965年合成的 700 hPa距平环流场 (图 8a)，以 

及 1980~1990年合成的 700 hPa距平环流场 (图 

8b)。从图8a可以清楚地看到：在 1965年以前从 

中大西洋地区到北非地区有非常强的西风以及西 

南风异常；在萨赫勒地区上空有一气旋性环流异 

常，在阿拉伯半岛和伊朗高原上空有一反旋性环 

流异常，并且在南亚印度半岛和中印半岛以及我 

国华南地区上空有一气旋性环流异常，副热带西 

太平洋和东亚上空有反气旋性环流异常，而在 日 

本北海道和鄂霍茨克海上空有一气旋性环流异常， 

这些环流异常似如一波列分布；并且，从高纬度 

地区也有一清楚的欧亚型环流异常L1引，即在西北 

欧有一反气旋环流异常，在东欧上空有一气旋性 

环流异常，而在乌拉尔地区上空有一气旋环流异 

常，在蒙古高原上空有反气旋性环流异常。这两 

个遥相关型波列在我国华北和东亚上空交汇。同 

样，从图 8b也可以看到，在 1965年之后，从大 

西洋到北非有一强的东北风异常；而从北非萨赫 

勒地区经南亚到东亚的亚非季风带上出现了一个 

与 1965年以前相反分布的环流异常分布，即在北 

非萨赫勒地区上空有一强的反气旋环流异常，在 

阿拉伯半岛和伊朗高原上空有一明显的气旋性环 

流异常，在印度半岛和中印半岛上空有一反气旋 

环流异常，在 日本以东的西太平洋上空有一气旋 

性环流异常，在 日本北海道和鄂霍茨克海上空有 
一

强的反气旋性环流异常；并且，在高纬地区也 

出现了一个与 1965年之前相反的欧亚型环流异常 

分布，在西欧上空出现一反气旋性环流异常，在 

北欧和东欧上空出现气旋性环流异常，在乌拉尔 

地区上空出现一反气旋性环流异常，在蒙古高原 

和贝加尔湖上空出现强的气旋性环流异常。这两 

波列同样在我国华北和东北上空交汇。 

图8 (a)1958~1965年与 (b)1980~1990年合成的 700 hPa环流异常分布。C表示气旋性环流异常。AC表示反气旋性异常。取 

1961~1990年气候平均为正常值。资料取之于 ERA-40再分析资料 

Fig．8 The composite anomaly distributions of circulation at 700 hPa(a)for the period of 1958--1965 and(b)for the period of 1980-- 

1990．In the figures，C and AC indicate the cyclonic and anticyclonic circulation anomalies，respectively．The climatological mean of 

monthly(June，July and August)wind field at 700 hPa is taken as the normals．Data are from the ERA-40 reanalysis 
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因此，从上分析，可以看到无论在 1965年前 

或是在 1965年之后，从北非萨赫勒地区经南亚到 

东亚的夏季亚非季风带的环流异常出现了一个遥 

相关波列，只不过 1965年之后的波列分布与 1965 

年前的分布相反，这个遥相关波列把萨赫勒地区 

夏季的气候异常与华北地区的气候异常联系在一 

起。由此可以说明华北地区 1965年之后的气候异 

常与萨赫勒地区的气候异常相关联的机理。 

5 地区干旱化与全球气候变化的关 

联 

上述分析结果清楚地表明了华北地区干旱与 

北非地区干旱化无论在经向风、纬向风以及水汽 

和经圈环流在 1965年前后的变化，或是在水平环 

流场 1965年前后的变化都是密切相关联的。这种 

关联是否与全球气候变化有关，这是值得进一步 

探讨的重要问题。为此，有必要从全球海表和陆 

表温度在 1965年前后的变化，进一步分析南、北 

半球海温和气温变化不一致所导致的亚洲非季风 

的年代际变化。 

5．1 海温在 1965年前后的变化 

本节利用英国 GISST3最新的海温资料合成 

分析了1958~1965年 (强南风)平均的与 1980~ 

1990年 (弱南风)平均的夏季 (6～8月)海温变 

化 (见图 9)。从图 9可以清楚地看到一个现象， 

差值的正值中心出现在北半球中高纬度海洋，而 

负值中心出现在热带和南半球海洋上。这表明： 

在 1965年前亚洲季风系统出现强南风的时候，北 

半球中高纬度海洋的海温相对是高温时期，而整 

个南半球海温处于相对低温；而从 1965年之后， 

特别在 1980~1990年期间，从热带西太平洋、热 

带西印度洋以及南半球的海表温度升温明显，而 

在北半球中高纬度海洋则减温或没有明显升温。 

因此，从图 9可以看到，北半球中高纬度海洋在 

1965年前后海表温差为正，而在热带海洋和南半 

球海洋的海表温差为负值。这种现象造成的结果 

是：1965年以前南、北半球海洋的海表温差大， 

故低纬南风偏强，整体季风带偏强；而 1965年以 

后，由于热带海洋和南半球海洋增暖效应的加剧， 

造成南、北半球海洋的海表温差逐渐缩小，从而 

导致了季风减弱，使得华北和北非萨赫勒地区干 

旱化 日趋严重。 

5．2 全球气温在 1965年前后的变化 

为了进一步说明南、北半球温差在 1965年之 

后减少，本研究利用 ERA-40再分析资料分析了 

1958~2002年全年和北半球夏季 (6～8月)平均 

的南、北半球表面附近 2 m处气温之差 (见图 

10)。从图 10a可以看到，年平均的南、北半球表 

面 2 m处气温之差在 1958～1965年期间是较高 

的，大约为 1．65℃；而从 1965年之后南、北半 

球年平均气温减少，特别在 1980~1990年期间只 

有 1．4℃左右；但从 90年代以后南、北半球年平 

均气温又上升到 1965年之前的状态。并且，从图 

10b所示的北半球夏季南、北半球表面附近 2 m 

处气温之差在 1976年之前特别在 1965年之前较 

图 9 1958~1965年与 1980~1990年平均夏季海温的差值 (单位：℃)。图中 “+”为 1965年前高温；“一”为 1965年前低温。资料取 

之于 GISST3 

Fig．9 Difference between the summer(June—August)SST averaged for the period of l958— 1965 and that for the period of l98O一1990 

(units：℃ )．In the figure，the positive and negative indicate warming and cooling bMore 1965，respectively．Data are from GISST3 

N N N N N N Q ， 口。口。口。口。口。口。 
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年份 Year 

1960 l965 1970 1975 l980 l985 1990 1995 2000 

年份 Year 

图 10 1958~2002年 (a)南、北半球年平均和 (b)北半球 

夏季 (6～8月)2 m处气温之差的年际变化 

Fig．10 Interarmual variations of the difference between(a)the 

annual mean and(b)boreal summertime seasonal mean air-tem— 

perature at 2 m height near the surface averaged for the North— 

am Hemisphere and that for the Northern and Southern Hemi— 

sphere，respectively 

大，大约为 10．1℃左右；在 1965～1980年期间 

两半球 6～8月气温之差处于振荡；从 1980年之 

后，南、北半球夏季气温之差明显减少，只有 9．8 

℃左右。因此，相对于 1958~1965年期间，1980 

～ 1990年期间北半球夏季与南半球冬季平均 2 m 

处气温之差 明显减少，这可能是由于南半球从 

1965年升温明显所致。 

6 小结 

本研究从 ERA-40风场、温度和水汽等的再 

分析资料分析了华北干旱以及北非萨赫勒地区干 

旱化的气候特征及它们之间的关联；并且，利用 

再分析资料对与这两地区干旱相关联的全球环流 

变化状况进行分析，指出了在亚非季风带上存在 

着一个年代际的大气环流遥相关波列，并表明了 

正是由于此波列的作用，使得我国华北地区的所 

发生的干旱与北非萨赫勒地区的干旱化存在着明 

显的相关联现象。此外，本文还利用 ERA-4O再 

分析资料分析了此两地区的干旱与全球气候变化 

的关联，分析结果表明，南、北半球的海温异常 

和气温差异对华北干旱以及北非萨赫勒地区干旱 

化提供了全球尺度的气候背景。这一点无论是在 

南、北半球 2 m气温的差值，还是海面温度上均 

有十分明显的表现。1965年之后，由于这种南、 

北半球的气温、海温差异减少，东亚夏季风和北 

非季风带北界发生了南移并减弱，从而导致了位 

于亚洲季风区北缘的华北地区干旱和非洲季风区 

北缘的北非萨赫勒地区出现干旱化特征。 

本研究的分析结果只是从观测资料分析得到， 

南、北半球气温差或海温差的减少如何导致亚非 

季风带北界的南移和季风的减弱，还应进一步从 

机理和数值模拟来深入探讨，关于亚非季风带上 

的年代际大气遥相关波列的形成机理等也有待于 

进一步研究。 
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华北夏季降水气候场的主分量逐步回归预报模型 

黄 刚 周 文 

中国科学院大气物理研究所，北京 100029 

摘 要 由于近几十年来华北干旱频繁发生 ，给农牧业生产造成很大影响，因此，如何寻找影响华北夏季 

(6～8月)降水的预报因子就显得至关重要。本研究的目的就是提出气候场的主分量回归预测模型，对 1951~ 

2001年华北夏季降水的变化特征进行拟合并预报。研究发现，所选取的 7O个预报因子分别为高度场、海温场 

和海平面气压场不同区的前 2个主分量，所建立的回归预报方程反映出在夏季来临的前 2个月，海平面气压场 

的变化对华北夏季降水具有一定的影响，特别是海平面气压场的变化在一定程度上反映出 ENSO的信号。研究 

结果也指明 ENSO对华北夏季降水的影响具有阶段性 ，在 2O世纪 70~80年代之间的反相关性较强。 

关键词 华北 夏季降水 主分量 逐步回归预报模型 

文章编号 1006—9585(2006)03-0296—06 中图分类号 P463 文献标识码 A 

PCA Stepwise Regression Forecasting Model of Climatic 

Filed of North China Summer Rainfall 

HUANG Gang and ZHOU W en 

Institute of Atmospheric Physics，Chinese Academy of Sciences，Beijing 100029 

Abstract The high frequency of occurrence of the drought in the North China during recent decades has impacted 

on the agriculture production．It is of importance to select the predictor affecting  the North China summer rainfaII 

(Jun—Aug)．The objective of this study is to propose the principal component analysis(PCA)regression forecas— 

ring model and to predict the variable characteristics of North China summer rainfall during 1951—2001．It is found 

that the regression equation，which is established from the 70 predictors of the first 2 PCAs of geopo tential height， 

sea surface temperature and sea level pressure(SLP)fields，reflects the variation of the ApriI_ May SLP in associa— 

tion with the following summer rainfall variation in North China．To a certain degree，the SLP variation indicates 

the ENSO signa1．Furthermore，the impact of ENSO on the North China summer rainfall is not persistent，the anti- 

correlation is higher during  197Os一 1980s． 

Key words North China，summer rainfall，principal compo nent analysis，stepwise-regression forecasting model 

1 引言 

华北农牧交错带处于干旱和半干旱地区的过 

渡地带，是环境变化的敏感和脆弱地区。华北夏 

季充足的阳光和降水对其农牧业生产至关重要， 
一 般来讲，降雨明显少于常年的年份，通常对应 

农作物歉收；反之，降雨明显多于常年的年份， 

对应农作物丰收[卜引。但是，降水太多则会引起 

洪灾，反而对农业生产不利。历史资料统计发现， 
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近 50年来华北气的年代际变化十分明显，尤其是 

20世纪 70年代后期以来，华北的夏季降水减少， 

持续干旱，导致华北水 资源短 缺 以及 黄河干 

涸L4 ]。一些研究发现，我国华北地区夏季降水 

与夏季风的变化关系比较好，夏季风强时华北地 

区易出现洪涝，夏季风弱时容易出现干旱。华北 

地区夏季降水和当年的 E1 Nino有较好的相关关 

系。研究还发现热带太平洋 的海表温度 (SST) 

距平也出现明显的年代际变化。E1 Nino现象导致 

信风变弱，沿赤道出现西风异常和东亚偏北风异 

常。因此，孟加拉湾、南海及西太平洋的大量水 

汽被输送到长江流域；而亚洲季风气流向华北输 

送的水汽减弱，造成华北夏季降水显著减少和长 

江流域降水增加。E1 Nino发生时，华北大部分年 

份偏旱，但这种对应关系在有些年份也未必存在， 

如 1953年和 1963年是华北的特大涝年，但这两 

年却是 El Nifio年。因此，仅用一个因子 “是否 

出现 E1 Nifio”来考虑华北地区是否会出现干旱或 

洪涝是不够的。可以说，作好华北夏季降水的预 

报与当地人民的生活、社会各种活动及经济的发 

展息息相关，其意义影响深远【g叫 。 

由于北太平洋海温场能产生被称为 E1 Nino 

现象的气候变化强信号，印度洋海温场反映出很 

好的偶极子效应，而不同区域的海平面气压场的 

变化也能反映出南方涛动、南极涛动和北极涛动 

的变化，北半球 500 hPa高度场也能反映北半球 

大气变化的特征。因此，这些气候场备受气候学 

家们的关注E ，它们对全球气候的变化产生很 

大的影响，在一定程度上对华北气候也产生影响。 
一 种最有效地从因子场中获取含有高信息量因子 

的方法，是对不同区域不同月份的气候场进行主 

分量分析，提取它们的前若干主分量作为预报因 

子。这些场的主分量不但含有很高的信息量，而 

且具有明确的关于场分布的物理背景，可以说这 

些主分量绵含着关于场变化的极大部分信息，具 

有很高的应用价值。本文利用气候场主分量因子 

的逐步回归预报方法来分析华北夏季降水变化， 

并作趋势预报。 

2 资料说明 

所用资料分别为实测资料和再分析资料，其 

中实测资料为中国 160站的逐月降水资料 (1951 
~ 2002年)，而 NCEP／NCAR月再分析资料包括 

500 hPa高度场资料、海平 面气压场资料 以及 

Hadley中心的海温资料 (1951~2001年)。其中， 

预报量资料是根据 中国 160个站点月降水资料 

(1951~2002年)，将华北区域 19个站平均的 6～ 

8月降水总量作为华北夏季降水序列。而预报因子 

资料是分别对 NCEP／NCAR月再分析资料的 500 

hPa高度场资料、海平面气压场资料以及 Hadley 

中心的海温资料 (1951~2001年)分区，并作主 

分量分析 (又称 EOF分析)。首先将北太平洋的 

月平均海温场分 2个区 (1区 10。S～15。N，2区20 

～ 50。N)；并取印度洋的月平均海温场全区的前 2 

个经验正交函数 (EOF)；对全球海平面气压场则 

分为 3个区 (1区 20～50。S，2区 15。S～15。N，3 

区 20~50。N)；而500 hPa北半球月平均高度场全 

区的前 2个主分量也能反映大气环流场的变化。 

因此共 7个气候区，并对这 7个区的 1、2、3、4 

和 5月的气候场 (海温场、海平面气压场或高度 

场)分别计算前 2个 主分量，共 获 70 (70— 

7×5×2)个主分量因子。 

3 建立华北夏季降水的回归方程 

对不同区域不同月份的气候场进行主分量分 

析，提取它们的前 2个主分量作为预报因子。我 

们针对华北夏季降水选取了 70个可能预报因子， 

然而，这些主分量因子中有些与预报量的相关性 

并不十分明显，所以必须通过相关系数的计算和 

显著性检验，从中挑选出合适数量的因子用于逐 

步回归。对于华北降水预报量，将所有的因子逐 

个计算相关系数 ，若 > 一0．2 (95 的信 

度)，则认为该因子与预报量相关显著，可作为逐 

步回归待选因子参加逐步回归。通过设定显著性 

水平 a，可控制获得所需参加逐步回归的因子数 

量。 

最后，建立预报方程，预报量 与预报因子 

z ，z。，⋯，z 的多元预报方程为 
— bo+ blxl+ b2x2+ ⋯ + bpxp， 

其中，P为因子个数。为了获得高精度的预报方 

程，在此采用双重检验逐步回归方法，并用高斯一 

约当 (G-J)消去法解正规方程，确定回归方程的 
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各系数。计算步骤如下： 

A引进因子 

(1)计算未被引人方程各因子的方差贡献； 

(2)选出方差贡献最大的因子，设为 ，进 

行显著性检验； 

(3)若 因子显著，用高斯一约当法对 作消 

去运算，把 引入回归方程，否则逐步计算结束。 

以上 (1)～ (3)步连作 3次。 

B剔除因子 

(4)计算已被引入回归方程因子的方差贡献； 

(5)选取方差贡献最小的因子，设为 ，对 

设定的显著性水平 Ot作显著性检验； 

(6)若 方差贡献不显著，用高斯一约当法对 

z 作消去运算，把 从方程 中剔除，否则执行 

(1)～ (3)步的计算，继续寻找新因子。 

以后每次都是先执行 (4)～ (6)步，再执 

行 (1)～ (3)步，总是先考虑因子的剔除，再 

考虑因子的引进，直到方程中无因子需剔除，外 

部也无因子可引进，逐步计算结束。最后再计算 

残差及复相关系数等，检验方程的效果。利用上 

述方法，我们从北太平洋海温场，印度洋海温场， 

北半球 500 hPa高度场以及全球海平面气压场获 

取 70个主分量因子，选取华北夏季降水量 (1951 
~ 2001年)序列作为预报量，用因子群逐个进行 

相关分析，取显著性水平 a<O．05，找出可能预报 

因子，进行双重检验的逐步回归，取信度为0．90， 

得到华北夏季降水量标准化序列回归方程如下： 

Y 一 396．3— 2．180x,+ 2．037x2+ 5．41lx3， 

其中， 。为 4月海平面气压场第 2区第 1个主分 

量， 为 5月海平面气压场第 2区第 1个主分量， 

。为4月海平面气压场第 l区第 2个主分量。 

回归方程的复相关系数为 0．55，残差平方和 

为 0．822。预测 2002年夏季降水属于正常，但实 

际结果为降水偏少，说明预测模型还有待于完善。 

但图 1中华北夏季降水回归方程的拟合曲线还是 

可以看出拟合效果基本能够反映夏季降水量变化 

的实际情况。由组成回归方程的因子粗略可见： 

影响华北夏季降水量并非想象的那样以海温场和 

高度场的影响为主，而是受海平面气压场的影响。 

图 2分别给出了海平面气压场北区 (2区)4月第 

l主分量 (解释方差 l7．8 9／6)与 5月第 l主分量 

(解释方差 19．3 )，海平面气压场赤道区 (1区) 

4月的第 2主分量 (解释方差 l7．2 9／6)。海平面气 

压场赤道区 (1区)的第 2主分量对华北夏季降水 

的影响是最明显的，所占的权重系数也大，它在 
一 定程度上也能反映出 ENSO信号的变化，与 

Nino 3．4 SST 4月时间序列的相关系数达 0．67 

(图 3)。 

4 ENSO事件对华北夏季降水的影 

响 

前面已经提到华北大部分年份偏旱都发生在 

E1 Nino年，但这种反相关的关系在有些年份也未 

l960 l970 l980 l 990 2000 

年份 Year 

图 1 华北夏季 (6～8月)降水的标准化序列 (实线)及其拟合曲线 (虚线) 

Fig．1 Normalized summer(Jun～Aug)rainfall over North China(solid)and its simulated timeseries(dashed) 

3  2  O  2  

llBj 罾 zI1日善0z 数 蜷 
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图 2 海平面气压场 2区4月第 1主分量 (a)和5月第 1主分量 (b)以及海平面气压场 1区 4月第 2主分量 (c) 

Fig．2 First EOF of SLP over area 2 in April(a)，in May(b)，and the second EOF of SLP over area 1 in April(c) 

2 

0 

． 3 

年份 Year 

图 3 赤道海平面气压场 (1区)4月第 2主分量的时间系数标准化序列 (实线)和4月 Nifio 3．4 SST指数标准化序列 (虚线) 

Fig．3 Time coefficient series of the second EOF of the equatorial SLP in April(solid)and the normalized Nifio 3·4 SST time series in A 

pril(dashed) 

表 1 华北夏季降水的旱涝期的区分 

Table 1 Classify of dry／wet period of SOllllner rainfall over North China 

类 型 Type 时 期 
Period 

早年 
Drought years 

正常 
Normal years 

涝年 
Flooding years 

持续涝期 

偏 早 期 

偏 涝 期 

持续早期 

偏 涝 期 
偏 旱 期 

Persistent flooding period 

Normal to drought period  

Norm al to flooding  period  

Persistent drought period  

Norm al to flooding period  

NOITl~1 tO droll ht Deriod  

1953～ 1964 

1965～ 1969 

1971～ 1979 

198O～ 1992 

1993～ 1996 

1997～ 2002 

O 

3 

1 

13 

O 

4 

lu。【。 笤u。暑【上赫 扈蓄 

O 。 O 。  
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必存在，而且华北夏季降水 的时间序列和冬季 

Nifio 3．4 SST指数 (1951~2004年)的相关系数 

为0．16，存在弱的正相关。由图 4可以发现，若 

以±0．5个标准差为标尺，则>+0．5就定义为涝 

年，<一0．5就定义为旱年，在两者之间为降水 

正常年，连续 5年以上有 4年>+0．5为持续涝 

年，连续 5年以上有4年<一O．5为持续早年。我 

们定义了近 5O年来华北夏季降水的干旱年份，发 

现 2O世纪 7O年代以前以持续涝年为主 (1953～ 

1964年)，70年代以后以持续早年为主 (1980～ 

1992年)，而在中间的过渡期以间隔型的旱涝为 

主 (见表 1)。 

由图 4可以明显看到，在 7O年代中后期华北 

夏季降水的大幅度减弱，11年滑动平均曲线显示 

出在 70年代中后期的突变特征，与黄荣辉等I63指 

出的华北气候年代际变化十分明显的结果是一致 

的。在持续涝期 10年里有 3年是 El Nifio年 

(1954、1958和 1964年)，有 1年是 La Nifia年 

(1956年)；而在持续早期 13年里有 5年是 El 

Nifio年 (1980、1983、1987、1988和 1992年)， 

有 3年是 La Nina年 (1984、1985和 1989年)， 

显然在偏旱期 (1965～1969年)有 2年对应 El 

Nifio年 (1966和 1969年)，在偏涝期 (1971～ 

1979年)有 4年对应 La Nifia年 (1971、1972、 

1974和 1976年)，1年是 E1 Nino年 (1973年)。 

由此可见，ENSO对华北降水 的影响是存在的， 

有一定的预测性，但也存在阶段性的变化 (如图 

蚕 

星 

焉 

l 
z 

* 
墩 

哄 

图4 华北夏季降水标准化序列 (柱图)和 l1年滑动平均 (实 

线) 

Fig．4 Normalized summer rainfall over North China(bar)and 

its ll-year moving timeseries(solid) 

5)。在 6O年代中期前后与 ENSO的关系不好，但 

在 70~80年代与 ENSO有很强的负相关 (超过 

95 的信度检验)，随后相关性又变差，这也许是 

导致用气候场的主分量逐步回归预测 2002年不是 

太理想的可能原因，华北夏季降水不排除由于受 

ENSO信号对华北夏季降水影响的减弱而导致其 

他因子的影响可能性增强。 

5 结果与讨论 

华北夏季降水回归方程反映出海平面气压场 

的不同分布型对华北夏季降水的影响是很明显的， 

从对整个华北夏季降水这个气象要素的拟合及试 

报来讲，利用气候场的主分量回归预测模型是可 

行的，但不理想。我们知道，对于高度场、海温 

场和海平面气压场，取前 2个主分量一般可占场 

的方差 30 ～50 或以上。由于气候要素场的主 

分量是与空间分布型相对应的，所以海平面气压 

场或海温场及高度场的每一个主分量序列都分别 

代表了这些气候场的一定空间分布型，因此将这 

些气候场 (高度场、海温场及海平面气压场)的 

主分量作为预报因子，其预报量与预报因子的相 

关，变成预报量与各因子场的一定空间分布型的 

相关，反映了各因子的不同分布型对预报量的影 

响，其物理意义十分明显。但我们必须承认，对 

于因子场的分区还是较主观，而且从北太平洋海 

温场和北半球 500 hPa高度场所获取的 7O个主分 

⋯ ⋯  ⋯ ⋯ ⋯  ⋯ A 一A 

V 

l960 l965 l970 l975 l980 l985 l990 l995 

年份 Year 

图 5 华北夏季降水与 4月 N遍o 3．4 SST指数 l1年滑动相关 

Fig．5 The correlation between summer rainfall over North 

China and the April Nifio 3．4 SST index in a l1-yearmoving win 

dow 

2  O  2  3  4  5  6  7  8  

O  O  
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量因子，挑选出合适数量与预报量的相关性十分 

明显 (通过相关系数的计算和显著性检验)的因 

子用于逐步回归，这样的工作量很大，因此预报 

模型还需要进一步完善。而且可能华北夏季降水 

与潜在的影响因子还具有阶段性的变化，这在我 

们以后的预测研究工作中还需要密切注意。 
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资料分析中国北方地区年代际气候变化 
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中国科学院大气物理研究所 ，北京 100029 

摘 要 利用中国东部的探空站资料以及 ERA40和 NCAR／NCEP再分析资料 ，详细地 比较了我国北方地区 

(主要指内蒙古 以及华北地区)的高低层位势高度以及温度的特征。结果表 明，在 2O世纪 7O年代以前 ， 

NCEP／NCAR再分析资料对我国北方地区对流层低层无论是位势高度或温度都描述不好，存在着很明显的虚 

假年代际变化趋势。与实际探空资料相 比，相对于 NCEP／NCAR再分析资料，ERA-40再分析资料对东亚地区 

对流层低层位势高度或温度的描述明显好于 NCEP／NCAR再分析资料，因此，研究东亚气候的年代际变化应 

用 ERA-40再分析资料要好一些。高层的结果要比低层好。在 7o年代以后，NcEP／NcAR再分析资料对于内 

蒙古和华北对流层上层的位势高度和温度的描述要好于 ERA-40再分析资料，更接近于实际探空值，这说明这 

两份再分析资料各有优缺点。 

关键词 NCEP／NCAR再分析资料 ERA-40再分析资料 探空资料 年代际气候变化 
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observations，the existing  interdecadal trend iS unrealistic，but the ERA-40 datasets are much closer to those of ob— 

servations in the long-term trend．However，after the 1970s，the upper tropo sphere geopo tential heights and tem— 

peratures from NCEP-NCAR reanalyses is better than ERA-40 reanalyses，which is more closer to those of observa- 

tions．In other words，these two reanalyses have their own shortcoming  over the northern part of China． 
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1 引言 

自美国NCEP／NCAR公布了 NCEP／NCAR 17 

层大气再分析资料l_】 ]以后，世界上许多学者利用 

这份再分析资料来分析各种各样大气环流和气候 

变化，得出了许多有益的结论。特别是许多学者 

利用这份资料不仅研究了亚洲季风和东亚气候的 

年代际变化l_3叫 ，而且研究了热带大气环流和海 

气耦合的年代际变化 。这些研究结果都表明 

了在 20世纪 70年代后期开始到 90年代末，亚洲 

季风环流和东亚气候以及热带大气环流都发生了 
一 次很明显的年代际变化。 

然而，最近欧洲 中期天气预报中心 (ECM— 

WF)公布了 ERA-40的 23层大气再分析资料_l。] 

以后，有些学者l_】 叫。]也开始应用 ERA一40再分析 

资料来分析亚洲季风环流和东亚气候的年代际变 

化，并与应用 NCEP／NCAR再分析资料的分析结 

果作比较。他们发现了应用这两份再分析资料所 

分析的亚洲季风环流和东亚气候的年代际变化特 

20。N 25。N 30。N 35。N 40。N 45。N 50。N 55。N 60。N 

征有明显的差异，特别是 Inoue和 Matsumoto_1 5_ 

指出，利用 NCEP／NCAR再分析资料所分析的海 

平面气压年代际变化在某些区域存在着过分夸大 

的现 象。他 们 的研究 结果 表 明：若 用 NCEP／ 

NCAR再分析资料来研究海平面气压的年代际变 

化，在 1980~1999年期间一个很明显的反气旋距 

平环流会出现在蒙古高原，而用 ERA一40再分析 

资料，这个反气旋距平环流并没有出现，ERA-40 

再分析资料所得的结果似乎更合理。 

这两份再分析资料无论在分析全球大气环流 

和气候的年际和年代际变化 (variability)，或是 

在分析亚洲季风环流和东亚气候的年际和年代际 

变化都具有十分重要的作用，它们已成为各国气 

象学家在天气和气候分析研究中通用的全球大气 

的最重要两份再分析资料。但是，由于这两份资 

料在再分析过程中融人了模式资料，因而与模式 

误差有一定的关系，并且在整编实际观测资料中 

由于数码互相 转换也会融 入误差，正如 Yang 

等_1 ]指 出，在 NCEP／NCAR 再 分 析 资 料 中， 

1967年以前在蒙古和华北海平面气压存在着很大 

％ 

>一 

躯 
廿 

图 1 夏季 850 hPa沿 1O5～140。E纬向平均的经向风 (u>O)随纬度和时间的变化 (单位：m·s一 )。(a)应用 ERA一40再分析资料； 

(b)应用 NCEP／NCAR再分析资料，阴影为u≥1 m·s-1的区域 

Fig．1 Variations of southerly wind at 850 hPa averaged from 105--140。E with latitude and time in summer(units．．m ·s )，(a)using 

ERA-40 reana[ysis data~(b)using NCEP／NCAR reanalysis data．Shaded area meaDs u≥ 1 m ·s 

，‘ 1  1  1  1  1  1  1  1  

％ 廿 
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系统误差。因此，在许多研究中用这两份再分析 

资料来分析研究气候变化事实是否可靠，特别是 

在 2O世纪 7O年代后期迄今亚洲季风环流发生了 

明显的年代际变化，是否合理、可靠，这是一个 

当前值得认真分析研究的科学问题。 

图 1是分别利用这两份再分析资料所得的夏 

季沿 l05～140。E平均的经向风 ( >0)随纬度和 

时间的分布。如图 1所示，利用这两份资料所分 

析的东亚夏季的南风随纬度和时间的分布在 70年 

代以前有很大的差异，NCEP／NCAR再分析资料 

在 70年代以前南风中心很强，并且 l 1TI·S 的 

南风所达到的北界最北可 以接近 60。N，而用 

ERA-40资料明显没有 NCEP／NCAR再分析资料 

所得的南风强。因此，从年代际变化的观点来看， 

如果依据 NCEP／NCAR再分析资料来分析东亚夏 

季的气候变化，可以看到很明显的年代际变化， 

得出南风减弱的趋势非常明显，而利用 ERA-40 

再分析资料来分析东亚夏季气候的年代际变化则 

没有那么明显。这就给我们带来很大的疑问，究 

竟两者在中国东部季风区哪一份资料表现得更好? 

以及由此得出的许多结论是否与实际不符?等等， 

这是我们研究东亚季风的年代际变化时首先必须 

研究的问题。 

鉴于上述原因，本研究有必要利用实际观测 

资料来比较这两份再分析资料在分析东亚地区大 

气环流和气候的长期变化时的可靠性和适用性； 

并且，鉴于 Inoue和Matsumoto[1 ]主要比较这两 

份再分析资料在海平面气压方面的差异，本研究 

将重点比较这两份再分析资料在描述 l 000 hPa以 

上位势高度和温度的差异；又由于我国北方地区 

处于东亚夏季风的边缘和敏感地带，它在两份再 

分析资料中特别是年代际气候变化上存在很大的 

不同，到底哪份资料更接近观测等问题非常重要。 

本文利用内蒙古、华北地区共 7个站多年探空资 

料，评价和比较这两份再分析资料在分析上述地 

区气候长期变化时的差异及其准确性。 

2 资料以及处理方法 

本研究所用的资料如下： 

(1)NCEP／NCAR再分析资料 

该资料时间长度从 1948年 1月 1日到 2006 

年 (实时观测)，水平格点为 2．5。×2．5。(144× 

73)，垂 直分层为 l7层，分别 为 l 000、925、 

850， 700， 600 500 400 300 250、 200 

150、100、70、50、30、20和 10 hPa的资料，并 

且包括地面层的资料以及其他附属资料[1引。 

(2)ERA-40再分析资料 

该资料时间长度从 1957年 9月～2002年 8 

月，水平格点为 2．5。×2．5。(格点数 144×73)， 

垂直分层 为 23层，分别 为 l 000、925、850、 

775 700 600 500 400、 300 250、 200 

150 100 70 50 30 20 10 5 3 2初 

l hPa的资料，并且包括地面层的资料以及其他附 

属资料[1 。目前本文应用的是 ERA一40高分辨率 

资料，水平格点为 1．125。×1．125。(格点数 320× 

160)，垂直分层同样为 23层。 

(3)中国 B01探空资料 

该资料是从 1951年 1月~2001年 l2月，时 

间分辨率是每天00时和 l2时 (北京时间)，其空 

间属性为 (16．83～49．22。N，75．98～129．47。E)； 

垂直范围从地面到 5 hPa，层数为 20层。其数据 

处理方法为：1980年以前，以原有的 B01高空资 

料为基础，对其缺测部分依次用卡片格式的高空 

资料和 CARDS资料进行插补；1980年以后，完 

全采用 mdat和实时接收的高空资料，无论是否有 

缺测均不进行插补。 

我们详细考察了该数据集，由于此数据集中 

风场全部从 1980年开始，这就无法与上述两份再 

分析资料作详细比较，因此，本研究选取观测资 

料比较多的位势高度和温度，层次为 850、700、 

500、300和 200 hPa。 

如图2所示，我们选取了 7个站的探空资料 

作为内蒙古、华北地区的代表，所用测站的探空 

观测值是利用每个观测站每天 2次观测，取平均 

后再计算月平均，然后计算夏季平均位势高度和 

温度的变化；而 NCEP／NCAR和 ERA一40再分析 

资料分别用 l天 4次的再分析资料取平均后计算 

月平均，之后再计算季平均。 

利用上述两份再分析资料来分析内蒙古、华 

北 7个测站上空在不同层次位势高度和温度的演 

变情况，并与上述区域的实际探空所得的位势高 

度和温度作比较。 
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l锡林浩特 Xilinhot(站号 Station number：54102 
2二连浩特 Erenhot(站号 Station number：53068) 
3赤蜂 Chifeng(站号 Station number：542l8) 
4呼和浩特 Hohhot(站号 Station number：53463) 
5北京 Beijing(站号 Station number：545l1) 
6太原 Taiyuan(站号 Station number：53463) 

7济南 Jinan(站号 Station number：54823) ’ 

图2 所取探空站的地理位置 

Fig．2 The geographic position of observational stations chosen 

in this study 

3 中国北方地区位势高度的年际变 

化的差别 

3．1 内蒙古地区 

图 3a、b和 c分别是从 NCEP／NCAR、ERA_ 

4O再分析资料和实际探空所得到的内蒙锡林浩特 

夏季 850、300和 200 hPa位势高度的年际变化。 

从图3a我们可以清楚地看到，由 NCEP／NCAR 

再分析资料所得到锡林浩特夏季对流层低层在 2O 

世纪 7O年代以前不仅与实际探空观测有很大差 

别，而且与 ERA一40资料存在很大的差别，特别 

是在 6O年代末存在很大的年代际变化趋势，这个 

变化是虚假的。从长期变化的角度来看，ERA一40 

资料要明显好于 NCEP／NCAR的，但是如果我们 

仔细看 7O年代以后的年际变化，从 NCEP／NCAR 

再分析资料所得位势高度要好于从 ERA一40再分 

析资料所得的结果。从图 3b和图 3c可以看到， 

到了300 hPa和 200 hPa高层，虽然在 7O年代以 

后 NCEP／NCAR与 ERA-40再分析资料所得的位 

势高度的年际变化比较一致，但是在 7O年代以前 

两者仍然相差比较大，而 ERA一40再分析资料在 

7O年代之前的位势高度的变化与实际探空值比较 
一 致。因此，从总体看，应用 ERA-40再分析资 

g 

0 

g 

工 

0 

年份 Year 

年份 Year 

年份 Year 

图3 由NCEP／NCAR、ERA-40再分析资料和实际探空所得 

的内蒙锡林浩特夏季 850 hPa(a)、300 hPa(b)和200 hPa(c) 

位势高度 (GH)的年际变化 

Fig．3 Imerannual variations of summer geopotential height 

(GH)at 850 hPa(a)，300 hPa (b)and 200 hPa (C)Xilinhot 

station of Nei Mongol analyzed by using the NCEP／NCAR rean— 

alysis data，the ERA-40 reanalysis data and sounding observa— 

rioIts，respectively 

料来分 析大气环 流的年代际变化要 好 于应 用 

NCEP／NCAR再分析资料。 (注：该站因为 700 

和 500 hPa位势高度的探空资料缺测较多故没有 
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进行比较，剩下 的参与比较的探空站均 比较 5 

层 )。 

图 4是由 NCEP／NCAR、ERA-40再分析资 

料与实际探空所得的内蒙古二连浩特夏季各层次 

位势高度的年际变化。图 4与图 3相 比较，同样 

l955 l960 l965 l970 l975 1980 l985 l990 1995 2000 2005 

年份 Year 

可以看到：与锡林浩特所得的结论一样，在 2O世 

纪 7O年代以前，由 NCEP／NCAR再分析资料所 

得的二连浩特夏季对流层下层的位势高度与实际 

观测和 ERA一4O再分析资料的差别都较大，并且， 

从 NCEP／NCAR再分析资料所得的二连浩特的位 

l955 l960 1965 1970 l975 l980 l985 l990 l995 2000 2005 

年份 Year 

年份 Year 

年份 Year 

图4 由NCEP／NCAR、ERA-40再分析资料和实际探空所得到的内蒙古二连浩特夏季850 hPa(a)、700 hPa(b)、500 hPa(c)、300 

hPa(d)和 200 hPa(e)位势高度的年际变化 

Fig．4 Interannual variations of summer geopotential height at 850 hPa(a)，700 hPa(b)，500 hPa(c)，300 hPa(d)and 200 hPa(e)Er— 

enhot station of Nei Mongol analyzed by using the NCEP／NCAR reanalysis data(short dashed line)，the ERA一40 reanalysis data(1ong 

dashed line)and sounding  observations(solid line)，respectively 

暑d暑，H0 

暑d暑／H0 

gd暑／z0 

暑4 ／H0 

暑A∞，H0 
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势高度在 1965年前后有很明显的年代际变化，这 

是虚假的，而用 ERA一4O再分析资料在研究气候 

的长期变化中要好于应用 NCEP／NCAR再分析资 

料，并与实际观测较接近。但是，两者的差别到 

了对流层上层逐渐变小，趋于一致，特别是两份 

E 
△  

工 

0 

年份 Year 

再分析资料在 9O年代以后基本一致，和观测越来 

越接近。正如图 4b和图 4c所示，在 7O年代以 

后，从 NCEP／NCAR再分析资料所得的二连浩特 

夏季位势高度要比从 ERA-40再分析资料的结果 

好，更接近于实际观测。 

E 
△  

工 

0 

年份 Year 

年份 Year 

图5 由NCEP／NCAR、ERA-40再分析资料和实际探空所得的北京夏季 850 hPa(a)、700 hPa(b)、500 hPa(c)、300 hPa(d)和 200 

hPa(e)的位势高度的年际变化 

Fig．5 Interannual variations of summer geopotential height at 850 hPa(a)，700 hPa(b)，500 hPa(c)，300 hPa(d)and 200 hPa(e)Bei— 

jing station of north China analyzed by using the NCEP／NCAR reanalysis data，the ERA一40 reanalysis data and sounding observations，re— 

spectively 

Lu△ 卜10 

E0 ，H0 

Ed暑／}10 
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本研究还分 析 比较 了 由 NCEP／NCAR 和 

ERA-40再分析资料与实际探空的赤峰以及呼和浩 

特上空各层次夏季位势高度的年际变化的差别， 

其结论与上述锡林浩特和二连浩特的情况相同， 

不再赘述。 

3．2 华北地 区 

首先我们分析比较北京测站的情况。图 5是 

从 NCEP／NCAR、ERA一40再分析资料和实际探 

空所得的北京上空各层次夏季位势高度的年际变 

化 。从 图5 a、b和C可 以清楚看 到 ，与 内蒙古 3 

1955 1960 1965 1970 1975 l980 1985 1990 1995 2000 2005 1955 1960 1965 1970 1975 1980 1985 1990 1995 2000 2005 

1955 l960 l965 l970 l975 l980 l985 1990 l995 2000 2005 

年份 Year 

l955 1960 1965 1970 1975 l980 l985 1990 1995 2000 2005 

年份 Year 

l955 l960 l965 l970 1975 l980 1985 l990 l995 2000 2005 

年份 Year 

图 6 由NCEP／NCAR、ERA-40再分析资料和实际探空所得的内蒙锡林浩特夏季 850 hPa(a)、700 hPa(b)、500 hPa(c)、300 hPa 

(d)和 200 hPa(e)温度的年际变化 

Fig．6 Interannual variations of summer air temperature at 850 hPa(a)，700 hPa(b)，500 hPa(c)，300 hPa(d)and 200 hPa(e)Xilin— 

hot station of Nei Mongol analyzed by using the NCEP／NCAR reanalysis data，the ERA-40 reanalysis data and sounding observations，re- 

speetively 
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个站的位势高度变化一样，在 20世纪 70年代以 

前，由NCEP／NCAR再分析资料所得的北京上空 

对流层下、中层的位势高度不仅与 ERA-40再分 

析资料有很大差别，而且与实际观测的结果也偏 

离较大。但在 70年代以后，NCEP／NCAR再分 

l955 l960 l965 l970 l975 l980 l985 l990 l995 2000 2005 

年份 Year 

年份 Year 

析资料所得的对流层下层的位势高度不仅与 ERA- 

40比较一致，而且 比ERA-40再分析资料更接近 

于实际探空值；同时，从图 5d和图 5e可以看到， 

在 70年代以前，虽然由 NCEP／NCAR再分析资 

料所得的北京上空对流层上层与ERA一40再分析 

l955 l960 l965 l970 l975 l980 1985 l990 l995 2000 2005 

年份 Year 

l955 l960 l965 l970 l975 l980 1985 1990 l995 2000 2005 

年份 Year 

年份 Year 

图 7 由 NCEP／NCAR、ERA-40再分析资料和实际探空所得的内蒙古二连浩特夏季 850 hPa(a)、700 hPa(b)、500 hPa(c)、300 

hPa(d)和 200 hPa(e)温度的年际变化 

Fig．7 Interannual variations of summer air temperature at 850 hPa (a)，700 hPa (b)，500 hPa (c)，300 hPa (d)and 200 hPa (e)Er— 

enhot station of Nei Mongol analyzed by using the NCEP／NCAR reanalysis data，the ERA-40 reanalysis data and sounding observations， 

respectively 
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资料所得结果和实际探空值有一定差别，但此差 

别要 比低层 小 得 多，而在 70年代 以后，由 

NCEP／NCAR再分析资料所得的位势高度的年际 

变化与 ERA-40再分析资料所得的结果相近，且 

与实际探空比较接近。 

年份 Year 

年份 Year 

本研 究还 分析 比较 了 由 NCEP／NCAR 与 

ERA-40再分析资料所得的太原和济南观测站上空 

各层次夏季位势高度的年际变化的差别，并与这 

两站的实际探空作比较，其结论与上述北京观测 

站的情况相同，故本文不再重复。 

年份 Year 

年份 Year 

图8 由NCEP／NCAR、ERA一40再分析资料和实际探空所得的北京夏季 850 hPa(a)、700 hPa(b)、500 hPa(c)、300 hPa(d)和 

200 hPa(e)温度的年际变化 

Fig．8 Interannual variations of summer air temperature at 850 hPa (a)，700 hPa (b)，500 hPa (c)，300 hPa (d)and 200 hPa (e)Bei— 

jing station of north China analyzed by using the NCEP／NCAR reanalysis data，the ERA-40 reanalysis data and sounding observations，re 

spectively 
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总之，通过上述地区 7个测站利用两份再分 

析资料所得的位势高度值与实际观测值比较，大 

致可以看到：在对流层低层 NCEP／NCAR再分析 

资料在 20世纪 70年代以前不仅与 ERA一40再分 

析资料差别较大，而且与实际观测值差别比较大； 

如果研究长期的气候变化利用 ERA-40的资料所 

得的结 果要好 于 NCEP／NCAR 的资料，这与 

Yang_】 等及 Inoue和 Matsumotol_】5j所得的结论 
一

致。正是由于在 70年代以前 NCEP／NCAR再 

分析高度场资料在蒙古高原和华北对流层下层一 

带偏低，使得许多学者利用 NCEP／NCAR再分析 

资料来研究 70年代后期开始的气候跃变存在着过 

分扩大的趋势。但是，从 NCEP／NCAR再分析资 

料与 ERA一40再分析资料所得的内蒙、华北一带 

上空对流层上层 与实测 比较接近，相 比之下， 

NCEP／NCAR资料要比 ERA一40资料更接近于实 

测。这在利用这两份再分析资料来分析东亚的气 

候变化时应引起注意。 

4 中国北方地 区温度的年 际变化的 

差别 

下 面将分析 比较上述地 区 7个 测站利用 

NCEP／NCAR和 ERA一40再分析资料所得温度的 

年际变化情况并与实际探空所得的温度值作比较。 

4．1 内蒙古地区 

图 6是由 NCEP／NCAR、ERA一40再分析资 

料和实际探空所得的锡林浩特上空各层次夏季的 

温度值。从图 6可以看到，总体来讲，温度情况 

要好于位势高度场 的情况，在 700 hPa以下， 

NCEP／NCAR再分析的温度与实际探空和 ERA一 

40再分析资料的温度值差别比较大，特别在 1965 

年之前，这个差别更大；到了对流层上层它们之 

间的差别越来越小，因此，高层的情况要好于低 

层的情况。 

图 7是由 NCEP／NCAR、ERA一40再分析资 

料和实际探空所得的内蒙古二连浩特各层次夏季 

温度的年际变化。图 7与图4相比较，我们看到， 

与锡林浩特所得的结论一致，在 20世纪 70年代 

以前从 NCEP／NCAR再分析资料的低层温度不仅 

与 ERA一40再分析资料差别较大，而且与实际探 

空观测值差别也比较大，而 70年代以后三者之间 

的差区别较小。 

同样我们也分析了赤峰和呼和浩特测站这 3 

份资料的差别，结果大致与上述两测站相同。 

4．2 华北地区 

图 8是 由 NCEP／NCAR、ERA一40再分析资 

料和实际探空所得的北京夏季各层次的温度值。 

从图8a和 b可以看到，在 20世纪 70年代以前， 

NCEP／NCAR再分析资料所得 700 hPa以下的对 

流层低层的温度与 ERA一40再分析资料的温度值 

差别较大，它比实测偏低，特别在 1965年以前， 

偏低很多，而从 70年代以后，三者比较一致；到 

了高层 ，无论在 70年代前或是在 70年代后， 

NCEP／NCAR再分析资料与 ERA一40再分析资料 

和实际探空值都比较一致。但是，90年代后期高 

层 NCEP／NCAR再分析资料的温度值比实测值偏 

低较大，而 ERA一40再分析资料所得的北京对流 

层上层的温度值都偏高。 

同样我们也研究了太原站和济南站，结果和 

北京站一致。 

从 NCEP／NCAR和 ERA-40再分析资料对上 

述区域 7测站上空各层次夏季温度的描述之比较 

可以看到，与此两份再分析资料对位势高度描述 
一 样，在 20世纪 70年代之前，NCEP／NCAR再 

分析资料对上述 7个测站的对流层低层温度描述 

较差，且与 ERA一40再分析资料的结果和实际探 

空值差别都较大，但到了对流层上层，它们之间 

的差别较小；而 70年代之后，在内蒙古、华北一 

带三者比较一致，相对而言，从 NCEP／NCAR再 

分析资料所得上述 7个测站的温度值更接近于实 

测值。 

5 结论与讨论 

通过 NCEP／NCAR和 ERA一40再分析资料对 

内蒙古地区和华北地区共 7个测站 40余年夏季各 

层次位势高度与温度值描述的比较，并与这些测 

站的实际探空值做比较，其结论如下： ． 

(1)在 20世纪 70年代 以前，NCEP／NCAR 

再分析资料对以上 4个地区对流层低层无论是位 

势高度或温度都描述不好，存在着很明显的虚假 

年代际变化趋势，因此，利用此资料来研究东亚 

气候的年代际变化就可能存在很大问题，可能会 
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夸大了此气候的年代际变化。与实际探空资料相 

比，ERA一40再分析资料对东亚地区对流层低层位 

势高度或温度的描述明显好于 NCEP／NCAR再分 

析资料，因此，研究东亚气候的年代际变化应用 

ERA-40再分析资料要好一些。 

(2)与实际探空资料相比，在 20世纪 70年代 

之后 NCEP／NCAR和 ERA一40再分析资料对于中 

国北方包括内蒙古和华北地区的位势高度和温度 

的描述，高层的结果要比低层好，这在应用这两 

份再分析资料来分析东亚气候的年际和年代际变 

化时应注意此问题。 

(3)与实际探空相比，在 20世纪 70年代以 

后，NCEP／NCAR再分析资料对于内蒙古和华北 

对流层上层的位势高度和温度的描述要好于 ERA- 

40再分析资料，更接近于实际探空值，这说明这 

两份再分析资料各有优缺点。 

致谢 感谢德 国 Max-Planck Institute for Meteorology 

(MPI-M)和 ECMWF提供 ERA-4O高分辨率 资料 以及 
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中心提供中国东部台站的探空资料。 
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IPCC AR4模式中夏季西太平洋副高南北位置特征的模拟

黄刚 1 ,屈侠 2, 3

( 1. 中国科学院 东亚区域气候环境重点实验室 ,北京　100029;
2. 中国科学院 大气物理研究所 季风系统研究中心 ,北京　100090; 3. 中国科学院 研究生院 ,北京　100049)

摘要 :利用 IPCC AR4中 8个气候系统模式的环流、对流和降水资料 ,结合实际的观测及再分析资
料 ,从年际尺度上比较分析了这些气候系统模式对夏季西太平洋副热带高压南北位置、暖池对流和
江淮降水关系的模拟能力 ,结果表明在西太平洋副热带高压随纬度分布的模拟中 ,经向分辨率高的
模式存在一定的优势。在夏季西太平洋副热带高压的南北位置、暖池对流和江淮降水关系的模拟
上 , GFDL2CM211能合理地表征三者之间的关系 ;在影响东亚夏季风年际变化的东亚太平洋遥相关
型的模拟上 , GFDL2CM211和 ECHAM5_MP I/OM能够较好地模拟出其特征 ,其中前者模拟结果要
明显好于后者。同时利用 GFDL2CM211在 SRES A1B情景下的试验结果 , EAP ( East A sia /Pacific)

指数与中国东部降水的变化关系得出 ,随着大气中二氧化碳浓度增加 ,在 21世纪前期 ,江淮偏旱的
概率较高 ; 21世纪后期 ,江淮降水可能偏多。
关键词 : IPCC AR4; 20世纪气候模拟 ;西北太平洋副热带高压 ;暖池对流 ;降水
中图分类号 : P46112　　文献标识码 : A　　文章编号 : 167427097 (2009) 0320351209

M erdional Location of W est Pac if ic Subtropica l High
in Summer in IPCC AR4 Simulation

HUANG Gang1 , QU Xia2, 3

(1. RCE2TEA, China Academy of Sciences, Beijing　100029, China;

2. Center forMonsoon System Research, Institute of A tmospheric Physics, China Academy of Sciences, Beijng　100090, China;

3. Graduate University of China Academy of Sciences, Beijing　100049, China)

Abstract: In terannual variab ility is a p rom inent character of East A sia summ er monsoon, and to what

exten t state2of2the2art clim ate system models can sim ula te its characters d raw s the atten tion of re2
searchers of East A sia Monsoon. The re lationship s among m erid ional location ofW est Pacific Subtrop2
ica l H igh (W PSH ) , convection above warmpool and p recip ita tion in the Yangtze and Huaihe R iver

V alley in summ er in in terannual sca le are investigated by using the eight IPCC AR4 sim ulations in 20

century, observations and reanalysis data. It is revealed that, of the eight clim ate system models,

GFDL 2CM 2. 1 can realistically rep resent the rela tionship s, and GFDL 2CM 2. 1 and ECHAM 5 _M P I/

OM can significantly sim ula te East A sia /Pacific ( EA P ) teleconnection while the resu lt of GFDL 2
CM 2. 1 shows nearly the same as that of reanalysis. It is also found that, in order to well simulate the mer2
dional location of EAP teleconnection, it is a p rerequisite that the model can well reflect the climatoligical

merdional location ofW PSH. W hen come to the simulation of the continual distribution ofW PSH merdion2
al location, models with higher merdional resolution tend to have better results. By analyzing the experi2
ment results of GFDL2CM2. 1 in scenario SRES A1B , it is found that, as the CO2 concentration in atmos2
phere increases, during first several decades in 21 st century, summer p recip itation in the Yangtze and



Huaihe R iver Valley tends to be below normal; while during last few decades in 21 st century, the rainfall

may be above average.

Key words: IPCC AR4; climate simulation in 20 th century; W est Pacific subtrop ical high; convection a2
bove warmpool; p recip itation

0　引言

工业的迅速发展 ,温室气体和气溶胶的排放 ,已

对复杂的自然界 ,尤其是气候系统产生重要的影响。

为此 ,政府间气候变化工作组 ( IPCC)每五年就不断

增加的温室气体和气溶胶对地球未来气候的影响进

行评估。每一次评估都集合了当今世界上最先进的

气候系统模式 ,按照指定的陆地框架和大气情景进

行数值模拟试验 ,并以此作为依据对未来地球的可

能气候状况做出估计。然而 ,由于各个气候系统模

式的性能问题 ,评估结果也存在很大的不确定性。

为了合理地作出评估 ,需要对模式在不同地区的表

现进行综合评估。

由于 IPCC和各相关领域的科学家对模式结果

的关注 ,气候系统模式为 IPCC第 4 次评估报告

(AR4)准备试验时 ,进行一项额外的模拟 ———按照

20世纪实际的温室气体、气溶胶排放和太阳辐射对

气候系统模式进行强迫试验 ,其试验名称为 20世纪

气候模拟。此项试验是用来检验参加 IPCC AR4的

气候系统模式对当今气候的模拟再现能力。

我国地处东亚季风区 ,东亚季风年际变化很大 ,

造成的气候灾害频繁出现 ,尤其是东亚夏季风的年

际变化造成了东亚地区大范围的旱涝灾害 ,给工农

业生产带来了重大损失。为此 ,许多科学家从不同

角度就东亚夏季风的变化规律进行了一系列研究。

西北太平洋副热带高压与东亚夏季风降水联系紧

密 [ 122 ]
,副高偏南时江淮流域降水偏多 ,副高偏北覆

盖在江淮流域上空时降水偏少 [ 325 ]
,副高脊线位置的

异常对我国夏季旱涝灾害有很重要的预测意义 [ 6 ]。

热带西太平洋暖池是世界上海表温度最高的海域 ,

这里的海气相互作用非常强烈 ;西太平洋暖池处于

W alker环流的上升支 ,这里的降水活动和对流活动

也相当强烈。西太平洋暖池是东亚附近强大的能量

源 ,其上空的对流变化对东亚夏季风的年际变化起

到了相当重要的作用。大量的研究 [ 3, 5, 729 ]表明 :菲

律宾上空对流活动能激发出沿东亚沿岸至北美的罗

斯贝波 ,在高度场上表现为东亚太平洋遥相关型

( East A sia /Pacific teleconnection pattern, EAP型 ) ,

其强弱能导致副高南北位置的变化 ,进而导致东亚

地区的降水异常。以东亚太平洋遥相关型的研究结

果为基础 , Huang
[ 10 ]定义了一个指数 ,该指数 (简称

EAP指数 )能够很好地表征东亚地区环流、降水的

年际变化特征。

早在 20世纪 90年代前后 ,一些 AGCM数值试

验 [ 5, 8, 11 ]已经成功模拟出西太平洋对流活动对副热

带高压的影响。时隔十几年 , IPCC AR4集合了当今

世界上最先进的气候系统模式 ,进行了 20世纪气候

模拟试验。这些模式的分辨率、动力框架和物理参

数化过程 ,相对 20世纪 90年代前后的模式都有了

不同程度的改进。但是参与 20世纪气候模拟的均

为气候系统模式 ,海温不是其强迫源 ,气候系统模式

对海温模拟的不确定性又对东亚夏季风的年际变化

的模拟产生影响。气候数值模拟是东亚夏季风研究

和预测的重要工具 ,究竟现在的气候系统模式对东

亚夏季风年际变化的可模拟性如何 ,是东亚夏季风

研究和预测需要解决的问题之一。因此 ,利用当今

先进气候系统模式对东亚夏季风的评估显得十分重

要。本文选取在东亚地区表现比较好的 8个模式的

模拟结果 ,就西太平洋副热带高压、暖池对流活动以

及东亚降水关系进行分析 ,并与相应的再分析资料

和观测资料结果进行比较 ,指出对三者关系模拟较

好的模式 ,并得出改进东亚夏季风年际变化模拟的

一些可能方法。最后 ,利用在东亚夏季气候模拟能

力较强的模式对未来情景下东亚夏季风可能的年际

变化趋势作出估计。

1　资料

本文分析基于 8个在东亚表现较好的气候系统

模式在 20世纪气候模拟试验中 1979—1998年的模

拟结果以及 GFDL2CM211模式在 SRES A1B情景下

2001—2100年的试验结果 ,表 1给出了这些模式的

名称、研发单位及其分辨率。为了验证这 8个模式

在这 20 a的模拟能力 ,使用了对应年份的多种观测

和再分析资料 , 包括 ECMW F 40 a 再分析资料

( ERA240 ) [ 12 ] 的 500 hPa 高度场、850 hPa 风场 ,

CMAP
[ 13 ]降水资料 ,美国国家海洋及大气管理局

(NOAA)插值的大气层顶出射长波辐射 (OLR )资

料 [ 14 ]。
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表 1　文中使用到的 AR4模式

Table 1　M odels partic ipating in analys is

模式名称 模式研发单位、国家 分辨率

CCSM 3 N ational Center for A tm ospheric Research, USA T85 (115°×115°) L 26

ECHAM 5 /M PI2OM M ax Plank Institu te for M eteoro logy, Germ any T63 (119°×119°) L 31

GFDL 2CM 210
U. S. D ep t. of Comm erce /NOAA /Geophysical

F lu id D ynam ics L aboratory, USA
210°×215°L 24

GFDL 2CM 211
U. S. D ep t. of Comm erce /NOAA /Geophysical

F lu id D ynam ics L aboratory, USA
210°×215°L 24

M IROC312 ( h ires)

Center for C lim ate System Research (U niversity of Tokyo) ,

N ational Institu te for Environm ental S tudies,

and Frontier Research Center for G lobal Change ( JAM STEC ) , Japan

T106 (～111°×111°) L 56

M IROC312 (m edres)

Center for C lim ate System Research (U niversity of Tokyo) ,

N ational Institu te for Environm ental S tudies,

and Frontier Research Center for G lobal Change ( JAM STEC ) , Japan

T42 (～218°×218°) L 20

U KMO 2HadCM 3 Hadley Center for C lim ate Prediction and Research /M et O ffice, U K 215°×318°L 19

U KMO 2HadGEM Hadley Center for C lim ate Prediction and Research /M et O ffice, U K ～113°×119°L 38

2　西太平洋副高南北位置指数定义

中国气象局国家气候中心气候系统诊断预测室

定义的西太平洋副高脊线 ,很大程度上依赖于人工

判断。而在分析大量模拟资料时 ,使用人工手段来

判断西太平洋副高脊线是一项非常繁琐的工作。有

鉴于此 ,为了更方便地比较再分析资料和大量模拟

结果中副高南北位置的变化 ,参照副高脊线的定义 ,

定义了一个平均的副高脊线南北位置 ,称之为副高

南北位置变化指数 ( Index of W est Pac if ic sub trop ica l

h igh ridge line M erid iona l D isp lacem ent, IWM D )。

其具体定义如下 :考虑到各模式模拟资料分辨率存

在差异 ,在保持纬向网格点数不变的情况下 ,将指定

区域 ( 110 ～ 150°E, 10 ～ 40°N ) 内夏季平均的

500 hPa高度场统一插值到经向网格距为 015°的网

格上 ,对插值后的数据做纬向平均 ,取出最大值所在

的纬度 ,以此纬度值作为副高南北位置变化指数。

利用 1979—1998 年 ERA 240 资料 , 得到了

IWM D 的一个时间序列 ,与中国气象局定义的西太

平洋副高脊线指数的相关性为 0145,通过了 95%的

置信 水 平 检 验。利 用 ERA 240 1979—1998 年

IWM D ,分别与 NOAA OL R、CM A P回归。结果显

示 : IWM D 指数高 ,即副高偏北时 ,西太平洋暖池对

流强 ,江淮经日本以南至日本以东降水偏少 ;反之 ,

IWM D 指数低 ,即副高偏南时 ,暖池对流弱 ,江淮经

日本以南至日本以东降水偏多。这与大量观测结果

一致 [ 3, 5, 729 ] 。因此 ,该指数能够较好地反映西太平

洋副高南北位置的变化特征。

3　20世纪气候模拟中夏季西太平洋
副高南北位置的年际变化特征

311　西太平洋副热带高压南北位置指数随纬度的

分布特征

　　图 1为 ERA 240和 8个模式结果中副高在各个

纬度出现次数的分布。 ERA 240结果 (图 1 )显示 ,

IWM D 分布频率最高的为 23～24°N , G FDL 2CM 210

和 M IRO C312 (m edres)能够准确模拟出这一特征 ,

G FDL 2CM 211、ECHAM 5_M PI /OM 和 CCSM 310中

副高指数分布最大的纬度偏高 , M IRO C312 ( h ires)、

U KM O 2H adCM 3和 U KMM O 2H adG EM 模拟出的纬

度范围偏低。

与此同时 , ERA 240中 IWM D 表现出随纬度连

续分布的特征 ,无一模式能准确模拟出此特征 ,但是

结合表 1的各模式水平分辨率可以看出 ,经向分辨

率高的模式 (如 M IRO C312 ( h ires)、CCSM 310)模拟

的 IWM D 随纬度连续分布特征明显优于经向分辨

率低 (如 U KM O 2H adCM 3)的模式。因此 ,要更好地

模拟出副高随纬度的连续分布特征 ,一个经向分辨

率较高的模式是必须的。

虽然 M IRO C312 ( h ires)能够相对较好地模拟出

西太平洋副高随纬度连续分布的特征 ,但是其模拟

的西太平洋副高分布频率最高的纬度偏低 ,在这一
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图 1　西太平洋副热带高压南北位置指数出现次数随纬度的分布 　　a. ERA 240; b. G FDL 2CM 210; c. GFDL 2CM 211; d. M I2
RO C312 ( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5_M PI/OM ; g. CCSM 310; h. U KM O 2HadCM 3; i. U KMM O 2HadG EM

Fig. 1　V ariations of occurrence num ber of W PSH m erd ional loca tion index w ith la titudes　　a. ERA 240; b. G FDL 2CM 210; c.

G FDL 2CM 211; d. M IRO C312 ( h ires ) ; e. M IRO C312 (m edres ) ; f. ECHAM 5 _M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i.

U KMM O 2H adG EM

项的模拟上不及分辨率略低的 G FDL 2CM 210 和

M IRO C312 (m ed res) ,说明在西太平洋副高位置的

数值模拟中 ,分辨率的高低没有起到决定性的作用。

312　暖池对流、东亚地区降水、环流与副高南北位

置的关系

　　许多学者就东亚地区的副高的南北位置与东亚

地区环流、降水、暖池对流的关系做过大量研

究 [ 3, 5, 729 ] 。当菲律宾上空对流活动活跃时 ,西太平

洋副高位置异常偏北 ,我国江淮地区、朝鲜半岛和日

本等地区的降水偏少 ;而菲律宾上空对流活动偏弱

的时候 ,西太平洋副高位置偏南 ,中国江淮地区、韩

国和日本南部的降水偏多。理论分析 [ 5, 7 ]表明 ,北

半球夏季环流存在着从热带暖池经东亚至北美西部

的东亚太平洋遥相关型 ( EA P型 ) ,它与西太平洋副

高之间的关系非常密切 ;数值模拟 [ 8, 11 ]也证实 , EA P

型与西太平洋对流活动之间存在一定关系。

NOAA OL R资料与 IWM D 回归结果 (图 2 )显

示 ,在菲律宾附近至日界线有一条高显著性的带状

区域 ,说明此区域内 OL R与西太平洋副高南北移动

有很好的对应关系 ,与黄荣辉等 [ 3, 5 ]的研究结果一

致。模拟结果中 , G FDL 2CM 211和 ECHAM 5_M PI /

OM 能比较正确地模拟出西太平洋暖池对流与副高

南北移动的显著关系 ,其中 ECHAM 5 _M PI/OM 的

显著性偏弱 ; G FDL 2CM 210、M IRO C312 (m ed res)和

CCSM 310在西太平洋暖池附近没有显著信号 , M I2
RO C312 (m ed res)和 CCSM 310的显著区域偏移到

日界线附近 ; M IRO C312 ( h ires)、U KM O 2H adCM 3和

U KMM O 2H adG EM 中暖池对流与副高南北移动有
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图 2　夏季 OL R与西太平洋副热带高压南北位置指数的回归结果 (等值线间隔为 1 W /m 2 ; 阴影区表示回归信度超过

90% ) 　　a. NOAA OLR; b. G FDL 2CM 210; c. GFDL 2CM 211; d. M IRO C312 ( h ires ) ; e. M IRO C312 (m edres ) ; f. ECHAM 5 _

M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2H adG EM

Fig. 2　Regress ion pa tterns of JJA OLR w ith respec t to index of m erd iona l loca tion of W PSH ( contour in te rva l is 1 W /m 2 ; sha2
ded areas denote reg ions of s ign if ican t by 90% confidence leve l) 　　a. NOAA OLR; b. GFDL 2CM 210; c. G FDL 2CM 211; d. M I2
RO C312 ( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5_M PI/OM ; g. CCSM 310; h. U KM O 2HadCM 3; i. U KMM O 2HadG EM

显著关系 ,但是它们的模拟结果与观测结果截然相

反。

CM A P资料与 IWM D 回归结果 (图 3)显示 ,在

东亚附近存在两条高显著性的带状分布 ,一条从中

国江淮地区经日本南部至日本岛以东 ,另一条在西

太平洋暖池北部。两个带状区域内降水与副高南北

移动的关系截然相反 ,即副高偏北 ,日本附近降水偏

少 ,暖池北部降水偏多 ;副高偏南 ,日本附近降水偏

多 ,暖池北部降水偏少。模拟结果中 , G FDL 2CM 211

和 CCSM 310能模拟出从中国江淮地区经日本南部

至日本岛以东降水与副高南北位置显著负相关的关

系 ,但是 CCSM 310没有能模拟出西太平洋暖池北

部降水与副高南北位置的合理关系 ; 除 G FDL 2
CM 211和 CCSM 310外的 6个模式都没有能合理模

拟出与 CM A P结果相似的两个带状区域与副高南

北位置的显著关系。

ERA 240 850 hPa风场与 IWM D 回归结果 (图

4)显示 ,副高位置偏北时 ,在东亚沿岸副热带、中纬

度、高纬度以及阿留申附近 ,依次为气旋、反气旋、气

旋、反气旋的配置 ,其中在东亚副热带地区气旋的范

围较大 ,从中国东南沿岸一直延伸至日界线附近 ;副

高位置偏南时 ,东亚至北美太平洋沿岸呈现出相反

的配置。模拟结果中 , G FDL 2CM 211相对合理 ,基

本能模拟出与再分析结果类似的配置。与再分析结

果相比 , G FDL 2CM 211的结果在副热带的气旋偏

小 ;中纬度反气旋不明显 ,反气旋环流偏北且略为西

伸。ECHAM 5 _M PI /OM 和 CCSM 310结果在东亚

中纬度呈现出一个大范围的反气旋环流 ,但是在东

亚副热带的气旋不显著。G FDL 2CM 210的结果在

东亚至北美阿拉斯加的太平洋沿岸无显著的气旋反

气旋环流配置。M IRO C312 ( h ires )、M IRO C312

(m ed res )、U KM O 2H adCM 3 和 U KMM O 2H adG EM

模拟结果偏南 ,与再分析结果中的气旋、反气旋配置

相反。

ERA 240 500 hPa 高度场与 IWM D 回归结果

(图 5)显示 ,所有结果均在东亚低中高纬呈现出异

常波列的分布。ERA 240结果在东亚地区副热带、

中纬度、高纬和阿留申附近分别存在显著的负、正、
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图 3　夏季降水与西太平洋副热带高压南北位置指数的回归结果 (等值线间隔为 012 mm / d; 阴影区表示回归信度超过

90% ) 　　a. CM A P; b. G FDL 2CM 210; c. G FDL 2CM 211; d. M IRO C312 ( h ires ) ; e. M IRO C312 (m edres ) ; f. ECHAM 5 _M PI/

OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2H adG EM

Fig. 3　Regression pa tterns of JJA p rec ip ita tion w ith respect to index of m erdional loca tion of W PSH ( con tour in te rva l is

012 mm / d; shaded areas deno te regions of s ignif icant a t 90% confidence level) 　　 a. CM A P; b. G FDL 2CM 210; c. G FDL 2
CM 211; d. M IRO C312 ( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5_M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2
H adG EM

负、正的高度场异常分布 ,即 EA P型。所有模拟结

果中 ,只有 G FDL 2CM 211和 ECHAM 5能够模拟出

副高南北位移与 EA P型的显著关系 ,模拟的分布型

相对再分析结果略偏北 ,模拟的正负高度场异常中

心的显著性相对偏高。其他模式均没有合理模拟出

西太平洋副高与 EA P型的显著关系。

结合图 2c、3c、4c、5c可见 , G FDL 2CM 211能够

合理模拟出东亚夏季风如下的年际特征 :西太平洋

暖池对流活动强盛时 ,西太平洋副热带高压偏北 ,江

淮降水偏少 ;反之 ,西太平洋暖池活动偏弱 ,西太平

洋副热带高压位置偏南 ,江淮流域多雨。相对其他

模式 , G FDL 2CM 211在东亚夏季风年际变化的模拟

上有其优势。

比较 500 hPa高度场与 IWM D 回归结果中高

度场正异常中心的纬度 ,以及再分析和模拟 IWM D

的平均纬度 ,可知模式中中纬度附近波列正中心位

置的纬度与平均西太平洋副热带高压所在的纬度对

应关系较好 (图 6)。因此 ,要比较合理地模拟出北

半球夏季 EA P型纬度位置 ,合理模拟出西太平洋副

热带高压平均态的纬度位置是一个先决条件。

4　未来情景下东亚环流、降水的可能
变化趋势

　　根据东亚夏季高度场存在 EA P型 , H uang
[ 10 ]定

义了 EA P指数 ,该指数能较好地反映东亚夏季风的

年际变化 ,与江淮流域降水有较高的相关性。EA P

指数为负时 ,西太平副热带高压偏南 ,对应江淮流域

容易出现洪涝灾害 ; EA P指数为正时 ,西太平副热

带高压偏北 ,对应江淮流域降水偏少 ,容易出现干旱

灾害。312节中分析显示 , G FDL 2CM 211能够显著

地模拟出 EA P型 ,并且能够较好地模拟出西太平洋

副热带高压以及江淮降水的合理关系 ,因此 ,可以利

用 G FDL 2CM 211在未来情景下的试验定性地对东

亚环流、降水可能的变化趋势作出初步估计。

IPCC
[ 15 ]定义了 3种排放情景 : SR ES A 2、SR ES

A 1B 和 SRES B 1。这 3种最明显的特征是大气中
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图 4　夏季 850 hPa风场与西太平洋副热带高压南北位置指数的回归结果 (阴影区表示回归信度超过 90% ;单位 : m / s)

a. ERA 240; b. G FDL 2CM 210; c. G FDL 2CM 211; d. M IRO C312 ( h ires ) ; e. M IRO C312 ( m edres ) ; f. ECHAM 5 _M PI/OM ; g.

CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2H adG EM

Fig. 4　Regress ion pa tterns of JJA 850 hPa w ind w ith respec t to index of m erdiona l loca tion of W PSH ( shaded areas deno te re2
gions of s ign if ican t a t 90% confidence level; units: m / s ) 　　 a. ERA 240; b. G FDL 2CM 210; c. GFDL 2CM 211; d. M IRO C312

( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5_M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2H adGEM

二氧化碳体积分数从 2000年的 368 ×10
- 6分别增

长到 2100年的 800 ×10
- 6以上、770 ×10

- 6和 550 ×

10
- 6

,其中 SRES A 1B 为相对中性的情景 ,也是本文

利用 G FDL 2CM 211对未来东亚夏季风变化作估计

所使用的情景。

结合 EA P指数的定义 ,考虑 G FDL 2CM 211模

拟的 EA P型的位置相对再分析结果略有偏移 ,对

EA P指数做出相应的调整 ,原先定义的 ( 125°E, 20°

N )、( 125°E, 40°N )和 ( 125°E, 60°N ) ,分别调整为

(125°E, 20°N )、( 140°E, 40°N )和 ( 160°E, 60°N )。

然后利用模式 SR ES A 1B 2001—2100年的试验结

果 ,得到 100 a的 EA P指数模拟结果。结果显示

(图 7 ) ,在 21世纪前 40 a,指数正值出现的次数偏

多 ,副高相对偏北 ,江淮流域偏旱的概率较大 ;随后

至 2080年左右 ,指数表现为正负交替 ,其振幅相对

2001—2040年的偏小 ,发生干旱和洪涝灾害的可能

性都比较小 ; 2080年至 21世纪末 ,指数偏负 ,副高

位置偏南 ,江淮流域降水偏多 ,发生洪涝的概率较

高。在大气中二氧化碳浓度逐渐增加的情景下 ,

EA P指数表现出减弱的趋势 ,江淮降水表现出增加

的趋势。

5　结论

在大量的模拟结果中利用人工判断的方法来确

定副高脊线位置 ,是一项非常繁琐的工作。为此 ,本

文定义了适用于判断再分析资料及模拟结果中西太

平洋副热带高压南北移动的指数 ,再分析资料中该

指数与中国气象局定义的副高脊线指数相关性通过

了 95%的置信水平检验 ,并能够反映出副高的南北

移动时暖池对流和江淮至日本以东降水的合理关

系。因此 ,该指数能比较好地表征副高的南北移动。

副高出现次数随纬度分布的比较中 ,经向分辨

率高的模式在模拟西太平洋副高分布位置的连续性

时存在一定优势 ,但经向分辨率对西太平洋副高模

拟结果的好坏并不起决定作用。

通过回归分析 ,研究了模式中西太平洋副热带

高压南北移动与暖池对流、东亚地区环流、降水之间

的关系 ,并与观测或再分析结果进行对比 ,结果显示

G FDL 2CM 211能够合理地再现再分析资料和观测

结果中上述系统之间的相互关系 ,并且能够比较理
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图 5　夏季 500 hPa高度场与西太平洋副热带高压南北位置指数的回归结果 (等值线间隔为 2 gpm;阴影区表示回归信度

超过 90% ) 　　a. ERA 240; b. GFDL 2CM 210; c. G FDL 2CM 211; d. M IRO C312 ( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5 _

M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2H adG EM

Fig. 5　Regress ion pa tterns of JJA 500 hPa geopo tentia l heigh t w ith respec t to index of m erd iona l loca tion of W PSH ( con tour in2
te rval is 2 gpm; shaded areas denote reg ions of s ign if ican t a t 90% confidence leve l) 　　a. ERA 240; b. G FDL 2CM 210; c. G FDL 2
CM 211; d. M IRO C312 ( h ires) ; e. M IRO C312 (m edres) ; f. ECHAM 5_M PI/OM ; g. CCSM 310; h. U KM O 2H adCM 3; i. U KMM O 2
H adG EM

想地模拟出 EA P型。

比较各个模式中 500 hPa高度场异常波列与平

均的西太平洋副热带高压南北移动指数之间的关

系 ,发现了合理模拟出 EA P型经向位置的必要条

件 ,即模式要合理模拟出西太平洋副热带高压的气

候态南北位置。

利用 G FDL 2CM 211在 SR ES A 1B 情景下的试

验结果 ,比较得出 ,在 21世纪前 40 a,副高相对偏

北 ,江淮流域偏旱的概率较大 ;随后至 2080年左右 ,

发生干旱和洪涝灾害的可能性都比较小 ; 2080年至

21世纪末 ,副高位置偏南 ,江淮流域降水偏多 ,发生

洪涝的概率较高。总体而言 ,随大气中二氧化碳浓

度增加 , EA P指数呈现出递减的趋势 ,而江淮流域

降水有增加的趋势。
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Based on observed daily precipitation data, monthly gridded radiosonde upper air temperature and sea surface temperature data 
from the UK Met Office Hadley Centre, monthly surface air temperature from the Climatic Research Unit at the University of 
East Anglia and the NCEP/NCAR monthly reanalysis data, this study investigates the spatial and temporal variations of light rain 
events over China and the mid-high latitudes of the Northern Hemisphere during 1961–2010, and discusses the relationship be-
tween the change of light rain events and atmospheric stability, sea surface temperature and atmospheric circulation. The light rain 
events over East China display a decreasing trend of 3.0%/10 a in summer and winter half years. Over Northwest China, an in-
creasing trend of 4.1%/10 a is found in winter half years, but there is no trend in summer half years. Using empirical orthogonal 
function (EOF) analysis, it is found that the first two principal components of light rain events over the mid-high latitudes of the 
Northern Hemisphere show long time scale variations in summer and winter half years. The first EOF modes (EOF1s) for summer 
and winter half years both depict a long-term increase in light rain events over North America and Southern Europe as well as 
Northwest China (except in summer half years), and a long-term decrease over most of the Eurasia (Central Europe, Eastern Eu-
rope, North Asia and East China). The second EOF mode (EOF2) for summer half year shows that light rain events increase over 
North America, Southern Europe and South China, but decrease over Eurasia north of 45°N from 1961 to early 1980s, while the 
trends reverse from late 1980s to 2010. The second EOF mode (EOF2) for winter half years indicates that light rain events in-
crease over North America and South and North China, but decrease over Eurasia north of 40°N from 1961 to early 1980s, while 
the trends reverse from late 1980s to 2009. Correlation analysis and linear regression analysis suggest that EOF1s may be related 
to the change in atmospheric static stability associated with global warming, and EOF2s are possibly linked to the AMO. 
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In recent decades, the global precipitation characteristic has 
changed significantly, following the continuous rise in the 
global temperature. In general, there have been increases in 
land precipitation at high latitudes, and deceases at the 
tropics and subtropics [1,2]. Precipitation in China as a 
whole has increased slightly since 1960s, with strong re-
gional and seasonal differences [3–6]. Regionally, precipi-
tation increased in Northwest China, but decreased in North 

China; seasonally, precipitation increased in winter and 
summer, but decreased in spring and autumn; precipitation 
extreme events increased in Northwest China and South 
China, but decreased in North China. Previous studies [7–12] 

mainly focused on the precipitation amount and extreme pre-
cipitation events, with little attention to the precipitation fre-
quency, especially the light rain frequency. Trenberth [13] 
indicated that the characteristics of precipitation are just as 
vital as the total amount, and they are more apt to change as 
climate changes. Additionally, light rain events account for 
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a large part of the precipitation events, while the proportion 
of extreme precipitation events is quite small [14,15]. 
Moreover, light rain soaks into the soil and benefit plants, 
while the heavy rain may cause local flooding and runoff, 
leaving soil much drier at the end [1,13]. Previous studies 
primarily investigated the long-term change of light rain in 
China. The results of Qian et al. [16] and Fu et al. [17] 
showed that the summer and annual light rain events (< 1 
mm/d) in East China decreased, and the change might be 
associated with global warming. However, the study of Qi-
an et al. [18] suggested that the light rain decrease in East 
China be a result of air pollution. Furthermore, Liu et al. [19] 
found that precipitation events of 0.1–0.3 mm/d decreased 
in whole China, and indicated that the reduction might be 
related with the decrease in solar radiation and cloud.  

The changes of light rain events over large spatial region 
have not been well documented, although the decrease in 
light rain events in East China has been found. Therefore, 
this study is expected to analyze the spatial and temporal 
variations of light rain events over the Northern Hemisphere. 
Although Qian et al. [20] has investigated the long-term 
change of light rain over North America, Europe and Asia 
using Global Summary of Day (GSOD) dataset, the results 
have some uncertainties due to errors and a number of 
missing values in the dataset that consists of real-time data 
from Global Telecommunication System (GTS) [21,22]. 
This study investigates the spatial and temporal variations 
of light rain events over China and the mid-high latitudes of 
the Northern Hemisphere based on daily rain gauge precip-
itation data with quality control, and then discusses the 
probable causes of these changes. 

1  Data and methods 

1.1  Data  

Data for this study consist of daily rain gauge precipitation 
dataset, monthly gridded radiosonde upper air temperature 
dataset [23] and sea surface temperature dataset [24] from 
the UK Met Office Hadley Centre (Hadley), monthly sur-
face air temperature dataset [25] from the Climatic Research 
Unit at the University of East Anglia (CRU) and the NCEP/ 
NCAR monthly reanalysis dataset [26].  

Daily rain gauge precipitation data includes Global His-
torical Climatology Network-Daily (GHCN-Daily) station 
precipitation dataset [21] from the National Climate Data 
Center (NCDC), European station precipitation dataset [27] 
from European Climate Assessment and Dataset (ECA&D) 
project and Chinese station precipitation dataset from China 
Meteorological Administration (CMA). We replace the pre-
cipitation data over China and Europe in GHCN-Daily da-
taset with those from CMA and ECA&D project, since the 
GHCN-Daily dataset contain fewer stations in China espe-
cially in western China and more missing values in China 
and Europe especially for some stations in China after late 

1990s and for some European stations after 2000.  
Monthly gridded radiosonde upper air temperature da-

taset has a horizontal resolution of 10°×5°, 9 levels from 
850 to 30 hPa, which is available starting in January 1958. 
Monthly sea surface temperature dataset has a horizontal 
resolution of 1°×1° and is available from January 1870 for-
ward. Monthly surface air temperature has a horizontal res-
olution of 5°×5°, available from January 1850 forward. The 
NCEP/NCAR monthly reanalysis dataset includes sea level 
pressure and air temperature on pressure levels (17 pressure 
levels from 1000 to 10 hPa), with a horizontal resolution of 
2.5°×2.5° and covering the period of January 1948 to present. 

1.2  Data quality control 

In order to ensure the reliability of the results, the daily pre-
cipitation dataset is quality controlled. NCDC has applied a 
set of quality assurance procedures to GHCN-Daily dataset 
to detect duplicate data, climatological outliers and various 
inconsistencies. A detail description was documented by 
Durre et al. [28]. We remove the data errors failing in qual-
ity checks and retain the valid data. ECA&D project has 
also checked the European station daily precipitation dataset 
and detected data errors including climatological outliers 
and negative values. We only use the data passing quality 
tests. Since the daily precipitation dataset from CMA hasn’t 
been quality controlled by CMA, we detect the climatolog-
ical outliers, negative values and world record exceedances 
referring to the quality checks applied to GHCN-Daily [28], 
and retain the valid data.  

In this study, the year with no missing value is classified 
as usable. A station with no less than 40 usable years during 
1961–2010 is accepted in this analysis. As a result, we se-
lect 3033 stations over the Northern Hemisphere, with 1135 
stations from GHCN-Daily, 1276 stations from ECA&D 
and 622 stations from CMA. The locations of these stations 
are shown in Figure 1. Since most of the stations locate over 
the mid-high latitudes of the Northern Hemisphere with a 
small number of exception at low latitudes (0°–30°N), the 
stations at low latitudes have not been excluded in this 
study.  

1.3  Methods 

CMA defines light rain as that with daily precipitation less 
than 10 mm. The 10 mm/d was also selected as the thresh-
old for light rain in Qian et al.’s [18] and Qian et al.’s [20] 
investigations of the changes of light rain events over East 
China and North America, Europe and Asia. According to 
this definition, almost all the stations’ light rain events in 
climatological mean account for more than 50% of precipi-
tation events over the mid-high latitudes of the North Hem-
isphere, with 50%–80% at mid latitudes and more than 90% 
at high latitudes and Northwest China (figure not shown). 
Therefore, a fixed threshold to define light rain may not be  
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Figure 1  The locations of 3033 precipitation stations and the thresholds for light rain events (the 50th percentile, mm/d). Circles, squares and triangles 
denote stations from GHCN-Daily, ECA&D, CMA, respectively.

appropriate. Considering regional differences in precipita-
tion, we use percentile threshold to define light rain. The 
50th percentile, which is the smallest percentage (47% ac-
tually) of precipitation days of less than 10 mm/d account-
ing for all the precipitation days in all stations, is chosen to 
be the threshold for light rain. Here, we want to point out 
that similar results are obtained when the analysis is based 
on the 30th or 40th percentile. For a station, if the daily pre-
cipitation is less than the threshold, then the precipitation 
event on that day is regarded as a light rain event. We refer 
to the method of Bonsal et al. [29] and Zhai et al. [30] to 
calculate the 50th percentile value. Daily precipitation dur-
ing 1961–1990 is first ranked in ascending order x1, x2, , 
xm,  , xn. The probability P that a random value is less 
than or equal to the rank of that value xm is estimated by the 
equation of p =(m−0.31)/(n+0.38), in which m is the se-
quence number of xm. The 50th percentile value is the xm 
when m makes p equal 50%. The thresholds for light rain 
event of every station are shown in Figure 1, ranging from 
6–12 mm/d in Southeast United States, 2–6 mm/d in South-
east China and less than 2 mm/d over most of the mid-high 
latitudes of the Northern Hemisphere. 

Considering the seasonal differences of climate back-
ground, this study divides a year into summer half year and 
winter half year, and analyzes the changes of light rain 
events in summer and winter half years respectively. Same 
as the study of Zhai et al. [6], summer half year is from 
April to September and winter half years is from October to 
March in the next year.  

Linear regression is used to analyze the long-term trends 
in light rain events over China. Empirical orthogonal func-
tion (EOF) analysis is employed to obtain the first two 
dominant EOF modes and principal components of the light 
rain events over the mid-high latitudes of the Northern 
Hemisphere. Like the method of Wu et al. [31], the EOF 
modes and principal component, are multiplied by the 
square root of the eigenvalues and the reciprocal of the 
square root of eigenvalues, respectively. Linear regression 
and correlation analysis are applied to the investigations of 
the relationship between the change of light rain events and 
atmospheric stability, sea surface temperature and atmos-
pheric circulation. The Student’s t-test is used to examine 

the significance of the linear regression and correlation.  

2  Results and discussion 

2.1  Long-term trends in light rain events over China 

Previous studies [16–18] mainly focused on the decrease in 
light rain events over East China, while the change in the 
rest of China was less studied. Moreover, fixed threshold 
was often used to define light rain. In this analysis, the 
changes of light rain events in summer and winter half years 
based on percentile thresholds are investigated over whole 
China.  

Figure 2(a) shows the long-term trends in light rain 
events of 622 stations over China for summer half years 
during 1961–2010. Decreasing trends in light rain events 
are obvious in East China (east of 100°E). Although more 
stations in Northwest China (west of 100°E, north of 30°N) 
have upward trends, most of the trends are not statistically 
significant. The regionally averaged light rain events in East 
China has a decreasing trend of 0.9 d/10a or equivalently 
3.0%/10 a (Figure 2(b)), which exceeds the 99% confidence 
level; while there is no significant tendency in regionally 
averaged light rain events over Northwest China (Figure 
2(c)).  

Figure 2(d) is the same as Figure 2(a) but for the winter 
half years during 1961–2009. The light rain events for win-
ter half years in East China primarily exhibit decreasing 
trends, although the trends for some stations over northern 
China are not statistically significant and a small number of 
stations in Northeast China show increasing trends. Howev-
er, the light rain events for most of the stations in Northwest 
China have increasing trends. The trend in regionally aver-
aged light rain events in East China is −0.8 d/10 a corre-
sponding to −3.0%/10 a (Figure 2(e)), and that in Northwest 
China is 0.6 d/10 a or 4.1%/10 a, which both exceed the 
99% confidence level (Figure 2(f)).  

2.2  Spatial and temporal variations of light rain events 
over the mid-high latitudes of the Northern Hemisphere 

The EOF analysis is applied to the light rain days of 3303  
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Figure 2  Trends (d/10 a) in light rain days of 622 stations over China (a) and light rain day anomalies (d) averaged over East China (east of 100°E) (b) and 
Northwest China (c) in summer half years during 1961–2010. (d), (e) and (f) are the same as (a), (b) and (c), respectively, but for winter half years. 

stations over the mid-high latitudes of the Northern Hemi-
sphere in summer and winter half years during 1961–2009 
respectively. The first two EOF modes and the correspond-
ing principal components for summer and winter half years, 
which explain about 10.2% and 5.2% of the total variances 
for summer half years and 10.3% and 6.5% for winter half 
years, are shown in Figure 3. 

 The first two principal components (PCs) for summer 
half years indicate slow variations of light rain events (Fig-
ure 3(c)). PC1 represents the long-term trends during 1961– 
2010 and, PC2 depicts the two opposite trends during 1961 
to early 1980s and during late 1980s to 2010. The first EOF 
mode (EOF1, Figure 3(a)) for summer half years is charac-
terized by a positive anomaly covering North America, 
Southern Europe and a negative anomaly covering most of 
the Eurasia including Central and Eastern Europe, North 
Asia (east of the Urals, about east of 60°E) and East China. 
As mentioned above, the corresponding principal compo-

nent (PC1) represents the long-term trends in recent 50 
years. Therefore, the EOF1 and PC1 indicate that the light 
rain events in summer half years increase over North 
America and Southern Europe during 1961–2010, but de-
crease over most of the Eurasia (Central and Eastern Europe, 
North Asia and East China), especially in East China. The 
second EOF mode (EOF2, Figure 3(b)) for summer half 
years is characterized by a negative anomaly in North 
America, Southern Europe and South China and a positive 
anomaly over Eurasia north of 45°N. The second principal 
component (PC2) depicts a decreasing trend from 1961 to 
early 1980s and an increasing trend from late 1980s to 2010. 
Hence, the EOF2 and PC2 reveal that the light rain events in 
summer half years increase in North America, Southern 
Europe and South China during 1961 to early 1980s, but 
decrease over Eurasia north of 45°N; the trends reverse in 
these areas during late 1980s to 2010. 

The leading two principal components of light rain events 
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Figure 3  The first EOF mode (a) and the second EOF mode (b) of light rain days over the mid-high latitudes of the North Hemisphere and the first princi-
pal components (c) and the second principal components (d) for summer half years during 1961–2010. (e), (f), (g) and (h) are the same as in (a), (b), (c) and 
(d), respectively, but for winter half years.  

in winter half years are similar to those for summer half 
years respectively, with PC1 (Figure 3(g)) depicting long- 
term change and PC2 (Figure 3(h)) describing opposite 
trends during periods of 1961 to early 1980s and late 1980s 
to 2009. The first EOF mode (EOF1, Figure 3(e)) for winter 
half years is also similar to that for summer half years ex-
cept for Northwest China where the long-term change of 
light rain events is significant. The EOF1 for winter half 
years is characterized by a positive anomaly covering North 
America, Southern Europe and Northwest China and a neg-
ative anomaly covering most of the Eurasia (Central and 
Eastern Europe, North Asia and East China). This indicates 
that the light rain events in winter half years increase over 
North America, Southern Europe and Northwest China 
during 1961–2010, but decrease over most of Eurasia (Cen-
tral and Eastern Europe, North Asia and East China). The 
second EOF mode (EOF2, Figure 3(f)) for winter half years 
is analogous to that for summer half years except for South-
ern Europe, where the change for winter half years is con-
trary to summer half years. The EOF2 for winter half years 
shows a negative anomaly in North America, South and 
North China and a positive anomaly over Eurasia north of 

40°N. This implies that the light rain events in winter half 
years increase in North America, South and North China 
during 1961 to early 1980s, and decrease over Eurasia north 
of 40°N; the trends reverse in these areas during late 1980s 
to 2009. 

2.3  Discussion 

Precipitation events are generally accompanying upward 
motions. The vertical motion is usually associated with the 
atmospheric stratification, in other words, it is associated 
with the vertical distribution of atmospheric temperature 
and humidity. Unstable atmospheric stratification favors 
upward motion and heavy precipitation, while stable at-
mospheric stratification suppresses the upward motion and 
is unfavorable for intense precipitation [32]. Thus the 
change of atmospheric static stability may influence the 
change of light rain events. While the atmospheric stability 
strengthens, the upward motion abates so that the precipita-
tion intensity decreases and light rain events increase. When 
the atmospheric stability weakens, the upward motion 
strengthens so that the precipitation intensity increases and 
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light rain events decrease. As mentioned above, the first 
principal component of light rain events in both summer 
and winter half years represent the long-term trend during 
1961–2010. This section mainly investigates the relation-
ship between the trend of light rain events and the atmos-
pheric stability over the mid-high latitudes of the Northern 
Hemisphere. 

Figure 4(a) and (b) shows the trend of lower troposphere 
temperature difference between lower and upper level in 
summer half years during 1961–2010, based on reanalysis 
air temperature from the NCEP/NCAR and upper radio-
sonde temperature from Hadley Centre, surface air temper-
ature from CRU, respectively. The result from NCEP/ 
NCAR reanalysis air temperature (Figure 4(a)) indicates 
that the temperature difference between 1000 and 700 hPa 
decrease over the mid latitudes of North America in recent 
50 years, where the temperature difference between surface 
air temperature from CRU and radiosonde temperature at 
700 hPa from Hadley Center (Figure 4(b)) also shows a 
decreasing trend. Thus, both datasets imply that the atmos-
pheric stability strengthens over the mid latitudes of North 
America. As mentioned above, the light rain events for 
summer half years increase over North America. The air 
temperature differences between lower level and upper level 
decrease and the atmospheric stability weakens over Central 
and Eastern Europe, North Asia and East China (Figure 4(a), 
(b)), where the light rain events decrease. The air tempera-
ture differences in winter half years from reanalysis data 

(Figure 4(d)) and from CRU data and Hadley Centre radio-
sonde data (Figure 4(e)) have decreasing trends over the 
mid latitudes of North America and Southern Europe (not 
shown in Figure 4(d) for statistical significance). This indi-
cates that the atmospheric stability strengthens. The air 
temperature differences in winter half years have increasing 
trends over Central and Eastern Europe, North Asia and 
East China (except for South China in reanalysis data) 
based on CRU and Hadley Centre data (Figure 4(e)) and the 
NCEP/NCAR reanalysis data (Figure 4(d)). This corre-
sponds to the light rain events decrease over Central and 
Eastern Europe, North Asia and East China. The reanalysis 
data (Figure 4(d)) show that the temperature differences 
between lower and upper level in winter half years decrease 
and the atmospheric stability strengthens over South and 
Northwest China, while the observed data (Figure 4(e)) in-
dicate that the atmospheric stability weakens over South and 
Northwest China. The contrary results from different data 
make it difficult to verify the association between the 
change of light rain events and atmospheric stability over 
South and Northwest China. From the above analysis, in 
most of the areas light rain events increase when atmos-
pheric stability strengthens and light rain events decrease 
when atmospheric stability weakens. However, there are 
still some exceptions. For example, the air temperature dif-
ference between surface and 700 hPa in summer half years 
based on observed data increase and atmospheric stability 
weakens over Southern Europe (Figure 4(b)), but the light  

 

 

Figure 4  Trends (°C/10 a) in air temperature difference between 1000 and 700 hPa based on NCEP/NCAR Reanalysis air temperature (a) and between 
surface and 700 hPa based on surface air temperature from CRU and radiosonde upper air temperature from Hadley Centre (b), and trends (K/10 a) in global 
sea surface temperature (c) in summer half years during 1961–2010. (d), (e) and (f) are the same as in (a), (b) and (c), respectively, but for winter half years. 
Shaded areas denote 90% confidence level.  
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rain events increase. So the change may be influenced by 
other factors. This study primarily discusses the probable 
causes for the change of light rain events on large spatial 
scale, and the local factors are not our concern in this study. 
The cause for the change of precipitation pattern on local 
scale may be complicated. We will investigate the local 
cause in the near future.  

The trends in sea surface temperature for summer and 
winter half years are shown in Figure 4(c) and Figure 4(f), 
respectively. A number of studies [2,33–35] have pointed 
out that the Earth surface (sea and land surface) and tropo-
sphere temperatures continuously increase. Following the 
increase in sea surface temperature, the evaporation in-
creases and more water vapor would be in the atmosphere. 
The latent heat from more water vapor condensation makes 
the upper air become warmer. Meanwhile, the Earth surface 
warming makes the surface air temperature increase. How-
ever, the magnitudes of warming of lower and upper air are 
different in different area. So the atmospheric stability 
changes, which induce the change in light rain events. 

In addition, the present analysis indicates an increase in 
light rain events for summer and winter half years over 
North America and Southern Europe, which is different 
from the result of Qian et al. [20] who showed that the light 
rain events decrease over North America and Europe (in-
cluding Southern Europe). Their results may be associated 
with too high threshold for light rain event and too much 
missing values (less than 10% of annual days, which is 36 
d/a) in the used data. 

A number of studies [36–42] have revealed the connec-
tion between the precipitation or extreme precipitation 
events and sea surface temperature and atmospheric circula-

tion. In order to investigate the relationship between the 
second EOF mode of light rain events and sea surface tem-
perature and atmospheric circulation, we calculate respec-
tively the correlation coefficient between the PC2 of the 
light rain events in summer and winter half years and global 
sea surface temperature (SST) and sea level pressure (SLP), 
which are shown in Figure 5. It can be seen from Figure 5(a) 
and (c) that high correlation between PC2 and SST are 
mainly located in North Atlantic and North Pacific in sum-
mer and winter half years. North Atlantic sea surface tem-
perature has multidecadal variation, which is known as At-
lantic Multidecadal Oscillation (AMO). The AMO can im-
pact the climate of North America, Europe and Asia 
[43–46]. We calculate the correlation coefficient between 
AMO index [47] and PC2 for summer and winter half years. 
The coefficients are 0.56 and 0.76, respectively, exceeding 
the 99% confidence level (correlation coefficient of 0.36).  

The observation and simulation results of previous stud-
ies [45,46,48] showed that during the AMO warm phase, 
the summer rainfall and river flows decrease in North 
America, while summer precipitation increase in Europe, 
which implies that there are negative correlation between 
the AMO and summer precipitation in North America and 
positive correlation in Europe. The AMO was changing 
from warm phase to cold phase during 1961 to early 1980s 
and from cold phase to warm phase after late 1980s (figure 
not shown), which is similar to the change of PC2. As men-
tioned above, the second EOF mode of light rain events in 
summer half years indicates that light rain events increase 
over North America and decrease over Europe (except for 
Southern Europe) during 1961 to early 1980s, while the 
trends reverse after late 1980s. Therefore, there are negative  

 

 

Figure 5  Correlation coefficient between the second principal component of the light rain days and sea surface temperature (a) and sea level pressure (b) in 
summer half years during 1961–2010. (c) and (d) are the same as in (a) and (b), respectively, but for winter half years. Shaded areas denote 95% confidence 
level. 
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correlation between the AMO and the second EOF mode of 
light rain events in summer half years over North America 
and positive correlation over most of Europe. Sutton et al. 
[45] found that there are two low-pressure anomaly centers 
over North Atlantic during the AMO warm phase, one lo-
cated to the southwest of United States, the other being to 
the west of Europe, and indicated that the two anomaly 
centers were associated with the precipitation change over 
North America and Europe. It can be seen from the pattern 
of the correlation between PC2 and sea level pressure (Fig-
ure 5(b)) that there are two significant correlative regions 
over North Atlantic, with the northern one corresponding to 
the anomaly center to the west of Europe, and the southern 
one located in the North Atlantic to the southwest of United 
States, to the southeast of the anomaly center. Thus, the 
AMO is probably linked to the second EOF mode of light 
rain events for summer half years over North America and 
Europe. The AMO influences the change of precipitation 
and precipitation days, and the change of light rain events 
probably keeps in line with the change of precipitation and 
precipitation days. Therefore, the second EOF mode of light 
rain events displays opposite trends in two periods. Howev-
er, whether the change of light rain events is accordance 
with precipitation and precipitation days or not should be 
investigated further. Using observed precipitation data, Li et 
al. [44] and Wang et al. [43] found that during the AMO 
warm phase, the autumn and winter precipitation decrease 
in South China. The result indicates that there is negative 
correlation between the AMO and autumn and winter pre-
cipitation in South China, which is in accordance with the 
fact that South China is covering negative anomaly in EOF2 
for winter half years. However, the mechanism how AMO 
influences the East Asian climate is not clear, and should be 
studied onward [49]. Although no research revealed the 
connection between the AMO and autumn and winter pre-
cipitation over North America and Europe, Knight et al.’s 
model results [48] showed that the AMO was directly re-
lated to autumn and winter precipitation over Europe, in 
agreement with the fact that Europe is covering positive 
anomaly in EOF2 for winter half years. Their results also 
indicated that the AMO was negatively correlated with the 
autumn and winter sea level pressure, which is similar to the 
pattern of correlation between PC2 and sea surface pressure 
in winter half years (Figure 5(d)). Thus, the AMO is possi-
bly associated with the second mode of light rain events in 
winter half years. It should be noted that the AMO is a mul-
tidecadal oscillation with a cycle of 65–80 years [49], but 
the temporal period in this study is only 50 years, which is 
less than a cycle of the AMO. Therefore, longer precipita-
tion data is needed to verify the association between the 
AMO and the second EOF mode of light rain events.  

The North Pacific sea surface temperature decreased 
during 1961 to early 1980s, and increased after late 1980s 
(figure not shown). Thus PC2 of light rain events in summer 
and winter half years is positively correlated with the North 

Pacific sea surface temperature. Nevertheless, we have not 
found the probable connection between the North Pacific 
sea surface temperature and the second EOF mode of light 
rain events. Aleutian low weakens during North Pacific 
warm phase and strengthens during cold phase [50]. Never-
theless, there is no significant correlation between PC2 for 
summer and winter half years and Aleutian low (Figure 5(b), 
(d)). In addition, the precipitation in coastal Southeast China 
increases during warm phase and decreases during cold 
phase [51,52]. The positive correlation disagrees with the 
negative anomaly in coastal Southeast China in EOF2 (Fig-
ure 3(b),(f)). Thus, it could not be determined that the 
change of light rain events is in accordance with the change 
of precipitation and precipitation days.  

3  Summary 

This study investigates the long-term trend in light rain 
events over China in summer and winter half years during 
1961–2010 based on daily precipitation data of 622 stations. 
The results show that the light rain events over East China 
in summer and winter half years decrease significantly by 
0.9 d/10 a and 0.8 d/10 a corresponding to 3%/10 a respec-
tively, while those in Northwest China increase by 0.6 d/10 a 
corresponding to 4.1%/10 a in winter half years, but display 
no trend in summer half years.  

In order to study the change of light rain events on large 
spatial scale, this investigation uses EOF analysis to obtain 
the first two EOF modes and corresponding principal com-
ponents of light rain events in summer and winter half years, 
based on station daily precipitation data over the mid-high 
latitudes of the Northern Hemisphere. The first two princi-
pal components (PCs) for summer and winter half years are 
characterized by long time scale changes, with PC1 for 
summer and winter half years both representing long-term 
trend during 1961 to 2010 and PC2 for summer and winter 
half years both standing for opposite trends during periods 
of 1961 to early 1980s and late 1980s to 2010. The first 
EOF modes (EOF1) for summer and winter half years both 
primarily depict that the light rain events increase over 
North America and Southern Europe and decrease over 
most of Eurasia (including Central and Eastern Europe, 
North Asia and East China) during 1961–2010. The EOF1 
for winter half years also shows that the light rain events 
increase in Northwest China. The second EOF mode (EOF2) 
for summer half years reveals that the light rain events in-
crease over North America, Southern Europe and South 
China during 1961 to early 1980s, and decrease over Eura-
sia north of 45°N, while the trends reverse after late 1980s. 
The second EOF mode (EOF2) for winter half years indi-
cates that the light rain events increase over North America, 
South and North China during 1961 to early 1980s, and 
decrease over Eurasia north of 40°N, while the trends re-
verse after late 1980s. 
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This study discusses the probable cause for the change of 
light rain events. The relationship between the pattern of the 
trend in atmospheric stability and the trend in light rain 
events depicted in EOF1 indicate that in most areas the light 
rain events increase when atmospheric stability strengthens, 
and decrease when atmospheric stability weakens. The 
long-term change of atmospheric stability is a probable 
cause for the long-term change of light rain events. The 
change of atmospheric stability is possibly related to differ-
ent vertical warming of troposphere associated with global 
warming. The second EOF modes may be linked to the 
AMO. Nevertheless, the influencing mechanism is not clear, 
and needs to be investigated further.  
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Abstract Based on observed daily precipitation data, this
study investigates the changes in the characteristics of precip-
itation over northern Eurasia during 1951–2010. Over the
majority of northern Eurasia (east of 20° E), the light precip-
itation days and amounts decrease, but those for the moderate,
heavy, and very heavy precipitation increase. Moreover, the
precipitation intensity increases, which is responsible for the
decrease in light precipitation days and amount and increase in
relatively more intense precipitation since there is no signifi-
cant trend in total precipitation days. However, the precipita-
tion characteristics are opposite over the Iberian Peninsula.
We find that the changes in precipitation characteristics are
possibly due to the changes in static stability. In the majority
region (the Iberian Peninsula), the static stability weakens
(strengthens) during 1951–2010. When static stability
weakens (strengths), the upward motion increases
(decreases) and thus the precipitation intensity increases
(decreases). Accordingly, the light precipitation events

decrease (increase) and heavy precipitation events increase
(decrease).

1 Introduction

The global mean temperature has experienced conspicuous
warming since the beginning of the twentieth century espe-
cially during the period after the 1970s (Trenberth and Jones
2007). Global warming is expected to have a considerable
impact on the global and regional hydrocycle (Trenberth
1999; Held and Soden 2006; Trenberth 2011). Under global
warming, moisture content in the atmosphere increases, which
in turn may lead to increase in total precipitation amount and
heavy precipitation events (Trenberth 1999; Karl and
Trenberth 2003; Trenberth et al. 2003; Allan and Soden 2008).

Based on observed precipitation data, the changes of total
precipitation in many countries and regions have been studied
for the periods ranging from century to several decades (Dai
et al. 1997; Karl and Knight 1998; Zhang et al. 2000; Klein
Tank et al. 2002; Zhai et al. 2005; Trenberth and Jones 2007;
Niedźwiedź et al. 2009; Tošić et al. 2013). In general, there
were increases in land precipitation at higher latitudes since
the beginning of the twentieth century, and deceases at the
subtropics and tropics outside of the monsoon trough after
about 1970 (Trenberth and Jones 2007; Trenberth 2011).
Precipitation over the USA, Canada, and Northern Europe
increased significantly in the twentieth century (Karl and
Knight 1998; Zhang et al. 2000; Trenberth and Jones 2007).
In contrast, precipitation in the Mediterranean, including the
central-western Mediterranean basin, Italy, and Spain, de-
creased in latter half of the twentieth century (Piervitali et al.
1998; Romero et al. 1998; Norrant and Douguédroit 2006;
Trenberth and Jones 2007). In China, the trend of total pre-
cipitation is weak during 1951–2000 (Zhai et al. 2005).
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Besides the total precipitation, the changes in precipitation
characteristics are also important. Heavy precipitation may
cause flood and runoff. Moderate and light precipitation can
directly soak into the soil, and thus the decrease in less intense
precipitation may lead to drought. Hence, changes in the char-
acteristics of precipitation are very important for agriculture,
hydrology, and water resources. Trenberth et al. (2003) argued
that the characteristics of precipitation are just as vital as the total
amount, and they are more apt to change as climate changes.

Several studies have revealed the changes in the character-
istics of precipitation in different regions. Over the USA, there
were century-long increasing trends for annual precipitation
frequencies and amounts in all intensity categories (Karl and
Knight 1998). Although there were regional and seasonal
different changes in the characters of precipitation, the de-
creasing trends in annual precipitation frequencies and
amounts in all intensity categories were obvious over the
northern China for 1960–2000 (Liu et al. 2005). Over India,
the heavy precipitation events increased at the cost of moder-
ate precipitation events for monsoon seasons (Goswami et al.
2006; Dash et al. 2009). Over Europe, the changing charac-
teristics of precipitation have been documented for some
countries, like UK (Osborn et al. 2000), Italy (Brunetti et al.
2004), Spain (Romero et al. 1998).

There are large areas over northern Eurasia. However, the
large-spatial-scale changes in the characteristics of the precipi-
tation over there have not been reported. European Climate
Assessment and Data (ECA&D) project has released a daily
station rain gauge precipitation dataset (Klein Tank et al. 2002).
This dataset covers most of Europe and the Asian part of Russia.
Based on this dataset, we investigate the changes in the precip-
itation characteristics. Moreover, we suggest a possible connec-
tion between the changes in the characteristics of precipitation
and the static stability by using reanalysis data andWRFmodel.

The rest of this paper is organized as follows: Section 2
introduces the data, model, and experimental design. Section 3
describes the changes in the characteristics of precipitation in
northern Eurasia. The possible mechanism for the impact of
the changes in static stability on the changes in the character-
istics of precipitation is discussed in Section 4. Finally, a
summary is given in Section 5.

2 Data and model

2.1 Data

Daily precipitation data for 2,565 stations from European
Climate Assessment and Dataset (ECA&D) project (Klein
Tank et al. 2002) are used. ECA&D project has checked the
dataset and detected data errors such as erroneous outliers and
negative values. Every observed value is accompanied with
quality label in the dataset. Quality labels indicate the

observed precipitation values valid, suspected or missing. In
order to ensure the reliability of the results, suspected values
are treated as missing values and only valid data are used here.
In this study, a year with no missing value is classified as
usable year. Stations with no less than 50 usable years during
1951–2010 are accepted in this analysis. As a result, a number
of 1,022 stations are selected.

Atmospheric data used in this study, including monthly
mean temperature and potential height fields, are derived from
the National Centers for Environmental Prediction-National
Center for Atmospheric Research (NCEP-NCAR) atmospher-
ic reanalysis dataset (Kalnay et al. 1996). The data have a
2.5°×2.5° horizontal resolution and extends from 1,000 to
10 hPa with 17 pressure levels in vertical, and is available
from January 1948.

2.2 Model and experimental design

This study utilizes the Advanced Research Weather Research
Forecasting (ARW-WRF) model version 3.4.1 developed by
NCAR, NCEP, and others. We use a 30-km horizontal grid
resolution, and 28 terrain-following vertical layers. The model
domain, covering a large part of Northern Eurasia, is centered at
55° N and 30° E and consists of 201 (west-east)×111 (south-
north) grid points. The model’s initial conditions and outmost
lateral boundary conditions are obtained from the NCEP global
final (FNL) analysis dataset (National Centers for Environmental
Prediction 2000) at 1°×1° resolution and 6-h intervals.

The following three experiments are performed using the
above model: control experiment EXP_CTL and sensitivity
experiments EXP_WEA and EXP_STR. In the EXP_CTL
run, the initial conditions and lateral boundary conditions for
the model are derived from NCEP-FNL analysis data. The
initial conditions and lateral boundary conditions in
EXP_STR and EXP_WEA are the same as those in
EXP_CTL except for the temperature field. In the
EXP_WEA runs, the temperatures from 1,000 to 200 hPa in
the initial conditions and lateral boundary conditions are added
1.8 to 0.0 K at an interval of 0.1 K, which make the lapse rate
increase and the static stability weaken. By contrast, in the
EXP_STR runs, the temperatures from 1,000 to 200 hPa in
the initial conditions and lateral boundary conditions are added
0.0 to 1.8 K at the interval of 0.1 K, which makes the lapse rate
decrease and the static stability strengthen. Every experiment
consists of 30 runs and every run is integrated for 24 h starting
from 0000 UTC of every day in July except for 31 July.

3 Changes in the characteristics of precipitation
over northern Eurasia

We class daily precipitation rates based on percentile for each
station. Following Allan and Soden (2008), daily precipitations
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are classed into four categories, including light (<30th), mod-
erate (30–60th), heavy (60–90th), and very heavy (≥90th).

The spatial patterns of trends in annual precipitation days
of the four intensities during 1951–2010 are shown in Fig. 1.
There are striking features for the trends of light precipitation
days. The majority of northern Eurasia exhibit downward

tendency. Almost all the stations east of 20° E have a signif-
icant decreasing trend (Fig. 1a). The significances of trends for
most stations exceed 95 % confident levels according to
Student’s t test. The regional-averaged light precipitation days
are reduced by 5.3 % per decade over the area east of 20° E
during 1951–2010 (Fig. 2a, averaged over 20° E–180° E, 40°

 

Fig. 1 Trends (%/decade,
relative to climatology, which is
the mean during 1961–2000;
climatology period is the same
hereafter) in annual a light, b
moderate, c heavy, and d very
heavy precipitation days over
northern Eurasia during 1951–
2010. Red and blue colors
represent the positive and
negative trends, respectively.
Dots and circles denote that the
trends are significant and
insignificant at the 0.05 level
according to Student’s t test,
respectively
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N–75° N). However, the Iberian Peninsula is an exception. On
the contrary, most of the stations over the Iberian Peninsula
have a conspicuous upward trend. The regional-averaged light
precipitation days are increased by 6.6 % per decade over the
Iberian Peninsula (Fig. 2e, averaged over 15°W–5° E, 35° N–
45° N).

Opposite to the changes of light precipitation days, there
are increasing trends in moderate (Fig. 1b), heavy (Fig. 1c)
and very heavy (Fig. 1d) precipitation days over the majority
of northern Eurasia, especially the area east of 20° E.
Although the significances and magnitudes are less than those
for light precipitation days, the increasing trends in moderate,
heavy, and very heavy precipitation days are widespread

among the stations east of 20° E. The regional consistencies
of the trends in heavy and very heavy precipitation days are
more obvious than those in moderate days. In addition, the
regional-averaged heavy and very heavy precipitation days
increase by 2.0 % (Fig. 2c) and 3.2 % (Fig. 2d) per decade
over the area east of 20° E, which are larger than increasing
trend of moderate precipitation days (0.8 % per decade,
Fig. 2b). Interestingly, similar with the trends in light precip-
itation days, the trends in moderate, heavy, and very heavy
precipitation days are contrary between the area east of 20° E
and the Iberian Peninsula. The decreases in moderate, heavy,
and very heavy precipitation days are prevalent among the
stations over the Iberian Peninsula. However, the trends in

Fig. 2 Regional-averaged annual
light (top row), moderate (second
row), heavy (third row) and very
heavy (bottom row) precipitation
days (day) over the area east of
20° E (left column) and the
Iberian Peninsula (right column)
during 1951–2010. Dashed lines
represent the trends (%/decade)
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regional-averaged heavy (−2.1 % per decade, Fig. 2g) and
very heavy (−2.2 % per decade, Fig. 2h) precipitation days are
also more considerable and significant than those in moderate
(−1.1 % per decade, Fig. 2f) precipitation days.

The spatial patterns of trends for the annual precipitation
amount of the four intensities, shown in Fig. 3, are similar to

those for annual precipitation days. Light precipitation
amounts (Fig. 3a) decrease, but moderate (Fig. 3b), heavy
(Fig. 3c), and very heavy (Fig. 3d) precipitation amounts
increase for most of the stations over the area east of 20° E.
The light precipitation amount is decreased by 1.7 % per
decade (Fig. 4a) over the area east of 20° E, and the moderate,

Fig. 3 Same as Fig. 1, but for the
precipitation amount
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heavy, and very heavy precipitation amounts are increased by
0.4 % (Fig. 4b), 1.4 % (Fig. 4c), and 2.7 % per decade
(Fig. 4d), respectively. By contrast, light (Fig. 3a) precipita-
tion amounts increase, but moderate (Fig 3b), heavy (Fig. 3c),
and very heavy (Fig. 3d) precipitation amounts decrease for
most of the stations over the Iberian Peninsula. The trends in
regional-averaged light, moderate, heavy, and very heavy
precipitation amounts are 2.0 % (Fig. 4e), −1.4 % (Fig. 4f),
−2.2 % (Fig. 4g) and −2.6 % (Fig. 4h) per decade,
respectively.

The inverse trends in precipitation days and amounts be-
tween lower and higher intensity indicate that the precipitation

probability distributions may change over northern Eurasia
during 1951–2010. However, the changes are opposite
between the area east of 20° E and the Iberian
Peninsula.

Considering the seasonality of precipitation, we also ana-
lyze the change in the seasonal characteristics of precipitation,
which is shown in Fig. 5. The spatial patterns of the trends in
seasonal light precipitation days for winter (DJF, Fig. 5a),
spring (MAM, Fig. 5b), summer (JJA, Fig. 5c), and autumn
(SON, Fig. 5e) are all similar with those for annual light
precipitation days. The majority of northern Eurasia has de-
creasing tendency for the light precipitation days in the four

Fig. 4 Same as Fig. 2, but for the
precipitation amount
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seasons. Most of the stations east of 20° E have a decreasing
trend. On the contrary, most of the stations over the Iberian
Peninsula have an increasing trend in every season. However,
the same as annual result, the precipitation events at the right
side of precipitation probability distribution are opposite to
those at the left side. There are increasing trends in very heavy
(Fig. 5e–h) precipitation days in all the seasons over the
majority of northern Eurasia, especially the area east of 20°
E. Upward trends in very heavy precipitation days are wide-
spread among the stations east of 20° E. To the opposite,
downward trends in very heavy precipitation days are preva-
lent among the stations over the Iberian Peninsula. The same
changes of light and very heavy precipitation in differ-
ent seasons over northern Eurasia indicate that there are
little seasonal differences in the changes of precipitation
characteristics.

4 Possible reasons for the changes in the characteristics
of precipitation over northern Eurasia

The changes in precipitation are largely affected by static
stability (Peppler and Lamb 1989; Richter and Xie 2008;
Johnson and Xie 2010). In this section, we discuss the changes
in static stability over northern Eurasia in recent decades and
their impacts on the changes in precipitation characteristics.

4.1 Changes in the static stability over northern Eurasia

The trends in seasonal temperature lapse rate between 1,000
and 700 hPa for winter (Fig. 6a), spring (Fig. 6b), summer
(Fig. 6c), autumn (Fig. 6d) over northern Eurasia are shown in
Fig. 6. The seasonal differences of spatial pattern of trends are
small. Upward tendencies are evident for temperature lapse

Fig. 5 Trends (%/decade) seasonal light (left column) and very heavy
(right column) precipitation days over northern Eurasia for winter (DJF,
top row), spring (MAM, second row), summer (JJA, third row) and
autumn (SON, bottom row) during 1951–2010. Red and blue colors

represent the positive and negative trends, respectively. Dots and circles
denote that the trends are significant and insignificant at the 0.05 level
according to Student’s t test, respectively
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rate over the majority of northern Eurasia, especially the area
east of 20° E in four seasons. The increase in temper-
ature lapse rate indicates that the static stability weakens
and the atmospheric stratification becomes less stable.
By contrast, the temperature lapse rate has a downward
tendency over the Iberian Peninsula. The decrease in
temperature lapse rate implies that the static stability
strengthens and the atmospheric stratification becomes
more stable.

We can also see the temporal changes in the seasonal static
stability over the two areas from the mean vertical temperature
profiles during the first and last 20 years in 1951–2010.
Figure 7 shows the mean vertical temperature profiles for
1951–1970 (blue line) and for 1991–2010 (red line) as well
as their difference (black line) between the two periods. The
temperatures increase for the mid-low level of troposphere
(below 500 hPa), and the temperatures decrease for the high
level (above 500 hPa) over the area east of 20° E (Fig. 7a–d).

Besides, the warming at mid-low level of troposphere is
reduced as altitude increases. The vertical temperature profiles
over the area east of 20° E have the same changing pattern in
four seasons. The changing patterns of vertical temperature
profiles indicate that the lapse rate increases and the static
stability weakens. As for the Iberian Peninsula, the tropo-
spheric temperatures increase for almost all the levels
(Fig. 7e–h) in four seasons. However, the low level (1,000–
700 hPa) gets less warmer than the mid-high level (above
700 hPa, Fig. 7e–h). The warming at low level of tropo-
sphere grows as altitude increases. Thus, the lapse rate de-
creases, especially for the low level, and the static stability
strengthens.

The different changes in the temperatures at different levels
make the static stability change. The inverse changes in static
stability lead to the facts that the atmospheric stratifications
become less stable over the area east of 20° E and more stable
over the Iberian Peninsula.

Fig. 6 Trends (°C km−1/decade) in seasonal temperature lapse rate (dT/
dH) between 1,000 and 700 hPa level fromNCEP-NCAR reanalysis data
(left column) and trends (%/decade) in seasonal precipitation intensity
(right column) over northern Eurasia for winter (top row), spring (second

row), summer (third row), autumn (bottom row).Dots in the right column
denote the grid points where the trend is significant at the 0.05 signifi-
cance level according to Student’s t test
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Fig. 7 The mean seasonal
tropospheric temperature profiles
(°C) in winter (top row), spring
(second row), summer (third
row), autumn (bottom row) for
1951–1970 (blue line) and for
1990–2010 (red line), and their
differences (°C, black line) during
two periods over the area east of
20° E (left column) and the
Iberian Peninsula (right column)
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4.2 Impact of static stability on precipitation

The occurrence of precipitation is generally accompanied with
upward motion. The vertical motion is usually associated with
the atmospheric stratification. Unstable atmospheric stratifica-
tion favors upward motion and heavy precipitation, while
stable atmospheric stratification suppresses the upward mo-
tion and is favorable for less intense precipitation. Therefore,
when the static stability weakens, the upward motion
strengthens so that the precipitation intensity increases.
Accordingly, the increase in precipitation intensity leads to
less light precipitation events and more heavy precipitation
events. While the atmospheric stability strengthens, the up-
ward motion abates so that the precipitation intensity de-
creases and light precipitation events increase and heavy
precipitation events decrease.

Associated with the weakening of static stability, the pre-
cipitation intensity in four seasons increases significantly over
the area east of 20° E (Fig. 6e–h). Furthermore, the trends in
total precipitation days are quite small and not significant
there (figure not shown). Therefore, the increase in

precipitation intensity leads to less light precipitation events
and more heavy precipitation events. On the contrary, the
strengthening of static stability results in decrease in precipi-
tation intensity over the Iberian Peninsula (Fig. 6e–h). There
are also no significant trends for total precipitation days there
(figure not shown). Hence, light precipitation events increase
and heavy precipitation events decrease.

However, the changing pattern of associated vertical ve-
locity is not same as that of the static stability (figure not
shown). It is because the monthly vertical velocity is the
monthly mean of daily values. The daily vertical velocity is
upward when precipitation events occur and is usually down-
ward when there are no precipitation events. Both the upward
and downward motions enhance (reduce) when static stability
weakens (strengths). Therefore, the influence of changing in
static stability on upward motion associated precipitation does
not appear on monthly vertical velocity field.

Therefore, we employ a model to examine the impact of
static stability on precipitation intensity through upward mo-
tion. The used model and the experimental design have been
mentioned above in Section 2. We present the model results

Fig. 8 The precipitation differences (mm) between the experiment EXP_WEA and EXP_CTL

662 G. Wen et al.



here. Figure 8 shows the precipitation differences between the
static stability weakening experiment (EXP_WEA) and con-
trol experiment (EXP_STR) for 30 days. Increases in most of
the precipitation indicate that the precipitation intensity in-
creases when static stability weakens. The precipitation dif-
ferences between the static stability strengthening experiment
(EXP_STR) and control experiment (EXP_CTL) are shown
in Fig. 9. Decreases in most of the precipitation imply that the
precipitation intensity decreases when static stability
strengthens. The regional-averaged precipitations (averaged
over an area with daily precipitation above 0.1 mm) in the
three experiments for the 30 days clearly reflect that precipi-
tation intensity (Fig. 10f) increases (decreases) when static
stability weakens (strengthens). The vertical velocities in the
experiments also change significantly as static stability chang-
es. The vertical velocities increase (decrease) when static
stability decreases (increases) at low and mid levels of tropo-
sphere (Fig. 10a–d), especially at the 500 hPa level (Fig. 10d).
The model results indicate that static stability can affect the
precipitation intensity through upward motion. The precipita-
tion intensity increases for the increase in upward motion
when static stability weakens, and vice versa.

5 Summary and discussion

In this study, we investigate the changes in the characteristics
of precipitation over northern Eurasia. The annual light pre-
cipitation days and amounts decrease over the majority of
northern Eurasia, especially the area east of 20° E, but the
moderate, heavy, and very heavy precipitation days and
amounts increase. In addition, the precipitation intensity in-
creases there. Since there is no significant trend in the total
precipitation days, the increase in precipitation intensity is
responsible for the decrease in light precipitation events and
increase in more intense precipitation events. However, the
precipitation characteristics over the Iberian Peninsula are
opposite to those in the area east of 20° E. The light precip-
itation days and amounts increase, but the moderate, heavy,
and very heavy precipitation days and amounts decrease over
the Iberian Peninsula, which are accompanied with the de-
crease in precipitation intensity. It is interesting that the change
in light precipitation is opposite to moderate, heavy, and very
heavy precipitation. Another interesting feature is that there
are inverse changing tendencies for precipitation characteris-
tics between the area east of 20° E and the Iberian Peninsula.

Fig. 9 Same as Fig. 8, but for the experiment EXP_STR and EXP_CTL
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The changing characteristics in winter, spring, summer, and
autumn are similar with the annual result. There are small
seasonal differences in the change of precipitation
characteristic.

The changes in the characteristics of precipitation are pos-
sibly due to the changes in static stability over northern
Eurasia. The same as the changes in precipitation characteris-
tic, the static stability exhibits inverse changes between the
area east of 20° E and the Iberian Peninsula. The static
stability weakens (strengthens) and the atmospheric stratifica-
tion becomes less (more) stable over the area east of 20° E (the
Iberian Peninsula). When the static stability weakens

(strengthens), the upward motion increases (decreases) so that
the precipitation intensity increases (decreases). The increase
(decrease) in precipitation intensity leads to less (more) light
precipitation events and more (less) intense precipitation
events. This mechanism is supported by model experiments.

Water vapor is one of the important factors affecting the
precipitation characteristics. However, we have not found
believable connection between them over northern Eurasia.
There are decreasing trends in total column water vapor over
the majority of northern Eurasia. This changing pattern could
not explain the increases in moderate, heavy, and very heavy
precipitation days and amounts over the area east of 20° E.
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Fig. 10 The regional-averaged vertical velocity (cm/s) at a 850 hPa, b
700 hPa, c 600 hPa, d 500 hPa, e temperature differences (°C) between
850 and 500 hPa and f precipitation (mm) over the areas with daily

precipitation above 0.1 mm in 30 simulated days of each experiment.
Blue, green and red lines and markers denote experiment EXP_STR,
EXP_CTL, EXP_WEA, respectively



Besides, we have not explained why the static stability
weakens over the area east of 20° E and strengths over the
Iberian Peninsula. Those are possibly associated with the
change in atmosphere circulation. We will investigate this
issue in the near future.
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Abstract Based on daily air temperature data from 745 sta-
tions in China, the present study investigates the regional
characteristics of temperature trend and the dependence of
temperature changes on the altitude during the period of
1963–2012. There is a consistent warming trend throughout
the country except for the southwest China where a cooling
trend is identified. Moreover, significant warming trend exists
in highland areas such as the Northeast, Inner Mongol, and the
Tibet region. Compared with other seasons, the warming trend
is most pronounced in highland regions in winter. In summer,
the temperature has no obvious increasing trend in north
China, while the cooling trend is found in south China.
The relationship between altitude and temperature trend is
further investigated by dividing China into three subregions
according to the altitude—below 200, 200–2,000, and above
2,000 m. Although there is no simple linear relationship

between elevation and warming trend on national scale, the
temperature trend–altitude relation is different among the
three regions. The temperature trend decreases with altitude
below 200mwhile increases from 200 to 2,000 m, and a weak
positive temperature trend–altitude relation is found over
2,000 m. The strongest temperature trend–altitude relations
are found in the subtropical regions, especially pronounced
south of 36°N in China. The magnitudes of decreases from
200 to 2,000 m are one order lower than the increases below
200 m. Low-altitude stations appear to be influenced more by
anthropogenic aerosols. High-altitude stations are mostly lo-
cated in flat terrain and sparsely populated region. Therefore,
temperature trends change with elevations.

1 Introduction

The Fifth Assessment Report of Intergovernmental Panel on
Climate Change indicated that human activity is the dominant
cause of observed warming since the mid-twentieth century.
The last three decades have been successively warmer at the
Earth’s surface than any preceding decades since 1850
(Stocker et al. 2013). Since 1950s, the recurring time of the
southwest mountain hazard has been shortened, correspond-
ing to the frequent occurrences of meteorological disasters and
loss in the southwest. Besides, with the potential increasing
trend of desertification in the semi-arid lands, the mountain
meadow boundary may rise from 380 to 600 m. In addition,
the distribution pattern of the Permafrost Regions of the
Tibetan Plateau has changed tremendously (Ding et al. 2006).

Plateaus and mountains cover about 25 % of continental
areas (Price and Butt 2000), and they are sources of many
major river systems, being a key element of the hydrological
cycle (Beniston et al. 1997). Particularly, China has a complex
topography and mountainous areas accounting for two-thirds
of nation territory. Meanwhile, regional climate is influenced
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by a combination of factors, such as continent position, lati-
tude, longitude, associated atmospheric circulation systems,
and topography. Those lead to an uneven response to global
changes in different ways (Lu et al. 2006). The large mountain
areas in China with huge latitude span are influenced by
multiple circulation systems and especially sensitive to cli-
mate change. Thus, the analysis of temperature change with
altitude in China not only deepens the understanding of global
warming, but also contributes to the study of hydrologic cycle,
ecological environment, and climate change regionally and
globally.

In terms of mountain areas, the Tibetan Plateau, as a
sensitive region to global climate, exerts huge influences on
atmosphere and hydrological cycle. Previous studies revealed
that there is an obvious warming trend over the entire Tibetan
Plateau (Wang et al. 2012). The warming trend is more sig-
nificant at higher elevations than lower elevations, especially
in winter and spring (Liu et al. 2009). The climate model
results also show that, on long-term time scale, the most
notable feature over the Tibetan Plateau is the significant
warming trends in both mean and extreme surface air temper-
ature (Liu et al. 2006). At the same time, there are researches
about the elevation dependency of warming in other moun-
tainous regions. For example, Fan et al. (2011) found that
temperature increases most pronouncedly in the southern and
northwestern (high-elevations) parts of the Yunnan Plateau.
Revadekar et al. (2013) revealed that the diurnal temperature
range, which decreases in most parts of globe, has the increas-
ing trends over many high-altitude stations in South Asia.
Throughout the country, Fang (1992) found that the effect of
latitude and altitude on temperature exhibits seasonal varia-
tion: Latitude is more important in winter, and altitude is more
important in summer, but longitude has little influence. Lu
et al. (2008) obtained similar results by using observed tem-
perature data for last 52 years. Király and Jánosi (2005) found
that the correlation coefficient of temperature tendency–lati-
tude decreases with increasing distance from equator and
proved that latitude is a dominant factor over Australia. On
spatial distribution of temperature trends in China, except
Sichuan Basin and the north of Yunnan Plateau, the warming
trend exists in most regions, especially in northern and north-
eastern China (Chen et al. 1998; Ren et al. 2005).

Because of the complex topography, the climate change
is far from uniform. Recent studies have investigated the
impact of topography on the climate change. Liu et al.
(2009) found that altitude dependency is most likely caused
by the combined impact of cloud-radiation and snow-
albedo feedbacks. Revadekar et al. (2013) examined trends
of temperature extremes over South Asia and suggested that
high-altitude sites appear to be more influenced by local
factors. In addition, temperature trend subjects to other
factors, such as changes in free atmosphere and effects of
urbanization (Pepin and Lundquist 2008). It is generally

accepted that altitude significantly influences the spatial
distribution of temperature in highland areas. Since 1950s,
most studies about temperature trend concentrated on the
characteristics of horizontal distribution in China but sel-
dom on the vertical distribution. This article uses observa-
tions to demonstrate the spatial features of the temperature
trend as well as its seasonal characteristics, explores wheth-
er its relation with altitude is significant, and explores
preliminarily the causes.

The rest of this paper is organized as follows: “Section 2”
introduces data and methods. “Section 3” shows the distribu-
tion of temperature trend and the temperature trend–altitude
relation. The possible physical processes are discussed in
“Section 4.” “Section 5” gives a brief summary.

2 Method and data

The dataset from 839 meteorological stations with daily tem-
perature data from 1963 to 2012 is provided by the National
Climatic Center of the China Meteorological Administration.
To guarantee data quality, the stations with missing data in
more than 3 months were removed. Ultimately, data collected
from 745 stations were analyzed. The distribution of 745
weather observation sites with respect to altitude in China is
shown in Fig. 1, located from near sea level to 4,800 m, from
16°N to 53°N and 75°E to 135°E.

The spatial distribution of temperature tendency was
mapped by the software of ArcGIS. The analysis can be
accomplished by the use of packages such as ArcGIS
Geostatistical Analyst, which offers a range of facilities for
smoothing data and exploring data variability and spatial
correlation (Peng et al. 2011). In this paper, the ordinary
kriging was selected as one of the interpolation methods.
Kriging is a geostatistical method that generates or interpo-
lates a probability surface that fits best to a scattered set of
point values in two-dimensional space, involving an interac-
tive investigation of the spatial behavior of the point value.
The best estimation method is selected to map the output
surface. And ordinary Kriging is the most general and widely
used of the Kriging method.

Simple linear regression was used to calculate the temper-
ature tendency rate, xt=a0+a1t, where a0 is the intercept, a1 is
the slope, t is the year from 1963 to 2012, and xt is the
estimated temperature by the linear regression. The tempera-
ture tendency rate is b=a1×10. The magnitude of b value is
response rate. In addition, the correlation coefficient means
the association between t and xt. The linear trends were
estimated by using ordinary least squares. The statistical sig-
nificance of the linear trends is tested by using the Student’s t
test (Santer et al. 2000).

Following the method in Yang et al. (2011), observation
sites are classified with the altitude change of every 10m (e.g.,
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the altitude below 10, from 10 to 20, from 20 to 30 m,
respectively). To facilitate the discussion of the elevation
dependency of climate warming, different elevation zones
are divided according to running ttest. The running ttest is
performed with a sliding window of 100 m. The results
showed an abrupt shift around 200 m, exceeding the 99 %
significance level (Fig. 2). Although there is no jump point at
2,000 m, most stations are below 2,000 m, while stations
above 2,000 m are mainly located in the Tibetan Plateau
(Wang et al. 2012). Figure 3 is the spatial distribution of
stations divided by 200 m and 2,000 m. In the high-altitude,
the stations are scattered, especially on the Tibetan Plateau,
where almost all stations are above 2,000 m. The altitudes of
the most regions of the Northeast, Inner Mongolia, and parts
of the Northwest are from 200 to 2,000 m. The region below
200 m includes the southern of northeastern China, the eastern
North China, the Yangtze-Huaihe River basin, and the south-
western of China.

The winter, spring, summer, and autumnmean respectively
denote the 3-month average of the following: December-to-
February, March-to-May, June-to-August, and September-to-
November (Wu and Yang 2013).

3 Results

3.1 Temperature characteristics

The statistical results of network stations generally exhibit
warming trend. The average annual temperature trend has a
magnitude of 0.26 °C/decade, and 94 % of the network
stations reach the 5 % significance level (Table 1).
Considering the seasonal characteristics, warming occurs in
all seasons, more remarkable in winter and autumn than in the
other two seasons. The temperature increases most signifi-
cantly in winter, up to 0.38 °C/decade, and most stations
experience warming. In summer, the number of warming
stations reaches minimum, and the number of cooling stations
reaches maximum (accounting for 12 %). On the other hand,
although the number of cooling stations reaches minimum in
winter (only accounting for 1 % of the total stations), the
temperature reduction has a maximum rate of −0.14 °C.

Figure 4 shows the spatial distributions of annual and
seasonal temperature tendency. In general, significant
warming is found in the whole country, but the magnitudes
of warming are different in different region. Figure 4a shows
the spatial distribution pattern of the temporal trends in annual
mean temperature. Apparently, the temperature increase in
South of the River and South China is much less than that in
the Inner Mongolia, the northern part of Northeast China, the
Northwest China, and the northern part of North China where
the altitude is above 200 m and the warming is more signif-
icant north of 35°N. The majority of stations in Tibetan
Plateau with altitude exceeding 2 km exhibit a slight warming.
However, significant cooling trend is found in the
Southwestern China. The statistical results for spring, sum-
mer, autumn, and winter are shown in Fig. 4b–e, respectively.
In spring, the air temperature cools over the Sichuan Basin
while warms in the rest of country, with the maximum in the
Northeast. In summer, the most notable feature is the cooling
maximum in the western part of the southern Yangtze River.
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In autumn, the cooling region extends from the north China to
Northern Hubei. Unlike the aforementioned seasons, the rest
of the country with warming trend has a significant increase,
and the maximums are located in Inner Mongolia, the north-
west, and northeast in winter. The strongest warming is found
during the winter and autumn, especially the winter. The
seasonal features of the temperature trend are consistent with
the results in Chen et al. (2002). The temperature change is of
strong seasonality: a warming trend in winter and a cooling
trend in summer.

According to the spatial distribution of temperature trend,
we discuss the dominant factors: altitude or latitude. Zhai and
Ren (1997) found that climate sensitivity generally increases
in high latitudes, especially north of 35°N, due to the influence
of changes in albedo and energy budgets. Lu et al. (2008)
proposed that, among the factors which affect the temperature
trend, topography is dominant in summer, and latitude is
dominant in winter. This explanation is applicable in this
study. Figure 4e presents contours of temperature trends in
winter in step with lines of latitude. Although there are closed
contours in Tibetan Plateau, the impact of topography on

temperature trend in winter is relatively small. Whether for
the seasonal or interannual variations, the Tibetan Plateau,
whose altitude is mainly above 2,000 m, is the most notable
warming area. In combination with the results in Wu et al.
(2005) who indicated that temperature trend has been increas-
ing by 0.24 °C/decade in Tibetan Plateau during 1971 to 2000,
most stations at high altitudes show significant durative
warming trends (Wang et al. 2012).

3.2 Temperature trend–altitude relationship

The main geographical causes of temperature distribution in
our country are latitude, altitude, and land–sea distribution
(Fang 1992). Temperature trends of all 745 stations are re-
spectively related with their latitude and longitude, as seen in
Fig. 5. The relationship between temperature trend and lati-
tude is positive, exceeding the 99 % significance level
(Fig. 5a). However, a negative relationship between tempera-
ture trend and longitude is found in Fig. 5b, but it is insignif-
icant. However, the numbers of stations in East or West China
are different. In order to further prove the little influence of
longitude, stations from 75°E to 135°E are classified with the
longitude change of every 10° (e.g., the longitude from 75°E
to 85°E, 85°E to 95°E, respectively). Then we calculated the
average of temperature trend and the linear regression be-
tween temperature and longitude (Table 2). The absolute
values of slope are very small, and the average of
temperature tendency rates at different longitude ranges does
not show obvious change. Therefore, annual temperature
tendency rates do not significantly vary with longitude not
only in every longitude ranges, but also the different longitude
ranges. Some previous studies have proved this. Fang (1992)
considered that effect of the distance from coast is unclear and
local. On seasonal mean features, the dominant factors of

Fig. 3 Distribution of 745
stations divided by 200 and
2,000 m China. The blue, yellow,
and red solid circles represent the
points below 200, 200–2,000, and
above 2,000 m, respectively

Table 1 Numbers of stations and temperature trends on an annual and
seasonal basis

Time period Warming Cooling

Number Temperature trend
(°C/10a)

Number Temperature trend
(°C/10a)

Annual 730 0.26 15 −0.09
Spring 701 0.26 43 −0.08
Summer 657 0.21 88 −0.08
Autumn 729 0.26 16 −0.09
Winter 737 0.38 8 −0.14

288 D. Dong et al.



controlling temperature distribution in China are latitude and
topography (Lu et al. 2008). Therefore, in the following, only
the effect of latitude needs to be eliminated when analyzing

the relationship between temperature trend and elevation. To
ensure the minimum sample number being not less than 30,
relationships between temperature trend and elevation are

Fig. 4 Distribution of average temperature trend in China for the period of 1963–2012. a, b, c, d, and e are the results of annual, spring, summer, autumn,
and winter mean, respectively
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analyzed at different latitudinal zones with 3.5° intervals.
Moreover, stations are divided into three subregions with
elevation: below 200, from 200 to 2,000, and above
2,000 m. According to this, temperature trends are shown in
Fig. 6, from low to high elevation ranges and from south to
north. In the south of 25.5°N, with each 1,000 m increase of
altitude, temperature tendency rate decreases by 0.65 °C/de-
cade below 200 m and increases by 0.09 °C/decade from 200
to 2,000 m (Fig. 6a and b). The same applies to the range of
latitude from 25.5°N to 29°N. With the altitude increasing
every 1,000 m, temperature tendency rate increases by 0.7 °C/
decade below 200 m and decreases by 0.05 °C/decade from
200 to 2,000 m. Compared with other latitudes, the amplitude
of temperature trend between 29°N and 32.5°N is the largest.
We note that the magnitudes from 200 to 2,000 m are one
order smaller than those below 200 m. Toward to the north
region, especially north of 36°N, the amplitude of annual
temperature tendency rates do not significantly vary with
altitude but increases for the entire region. This may be caused
by less stations below 200m south of 36°N, which leads to the
inaccuracy of data analysis and the effect of latitude.
Currently, some studies on the variation of temperature and
precipitation with latitude have divided the China into north–
south districts based on 35°N (Lu et al. 2006; Yang et al.
2011).

3.3 Seasonal features of temperature trend–altitude
relationship

Figure 6 shows the relationship between annual temperature
trend magnitudes at individual surface stations and altitude,
together with their linear regression equations. Positive rela-
tionships are shown at the altitude from 200 to 2,000 m and
negative ones below 200 m, especially south of 36°N
(Fig. 6a–h). North of 39.5°N, negligible opposite relationships
are seen at these altitude ranges. There is a slight positive
correlation between elevation and the trend magnitude above
2,000 m, but the correlation coefficient is weak (Fig. 6o).

To show the relationship between seasonal temperature
trend and altitude, we calculated the linear regression for

annual and seasonal temperature variations at different altitu-
dinal ranges (Table 3). A positive value indicates the temper-
ature trend magnitudes at individual stations increasing with
altitude, and a negative value indicates those decreasing with
altitude. Table 3 shows that, whether for seasonal or annual
characteristics, there are opposite temperature trend–altitude
relations at different altitude ranges, especially south of
32.5°N. At the latitudes from 29°N to 32.5°N, corresponding
to each 1,000 m increase of altitude, the temperature trend rate
reaches a peak descent rate of 1.2 °C/decade and reaches a
peak ascent of 0.16 °C/decade below 200 m. In contrast with
different seasonal statistical results, temperature trends of the
stations south of 32.5°N display significant correlation with
altitude, especially in winter and spring, mostly exceeding the
99 % significance level. At altitude from 200 to 2,000 m,
correlations reach the 95 % significance level mostly in au-
tumn and winter. Generally, the largest negative mean trend
magnitudes of temperature trend–altitude emerge in spring
and the largest positive ones, in winter. Above 2,000 m, in
addition to a negative value in summer, there exist small
increasing trend and weak positive correlations. This apparent
difference suggests that other factor affects the temperature
trends in different altitudes.

4 Discussion

In this section, we would like to provide a discussion on the
physical mechanisms.

Temperature trends in China are similar to global change
over recent 50 years, except in southwest China. There exists a
cooling center in Southwest all year round. Some researches
showed that the climate in southwest China is led by the
influence of the Tibetan Plateau. For example, Li et al.
(2008) found that mean temperature and highest temperature
of Southwest China are more sensitive to vegetation change
over Tibetan Plateau. Besides, Zhou et al. (2010) considered
that the winter snow cover in the plateau is an important index
for forecasting summer precipitation over Southwest China.
Li et al. (2005) found that the March–April cooling shift on
the lee side of the Tibetan Plateau is associated with the North
Atlantic Oscillation. The increased clouds caused by en-
hanced westerlies passing over the Tibetan Plateau during
positive NAO phases would induce a negative net cloud-
radiative forcing. On the other hand, some researches indicate
that the formation of cooling center is more likely due to the
radiative effect caused by increasing concentrations of aero-
sol. The movement of cooling center may be associated with
the transport of aerosols under the prevailing wind-forcing
(Wang et al. 2010). In addition, due to the rapid economic
development of regional scale and increasing pollution emis-
sions, aerosols of anthropogenic origins would have

Table 2 Temperature trend (°C/10a) at different longitude ranges

Longitude(°E) 75–85 85–95 95–105 105–115 115–125 125–135

B 0.01 0.01 −0.02 0.01 0.01 −0.003
R 0.23 0.17 0.36a 0.21a 0.36a 0.07

Average of
trends

0.3 0.35 0.26 0.2 0.27 0.35

Number of
sites

31 47 116 274 228 48

R and B represent the correlation coefficient and the slope of linear
regression, respectively
a Represents significance 99 % level
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significant climatic impact, especially over East Asia (Huang
et al. 2007). Moreover, China is the largest contributor to
global sulfur dioxide emissions. Sulfate aerosols can sup-
presses the signal of global warming by increasing cloudiness
that prevents solar radiation to the surface (Thompson et al.
1997). Qian and Giorgi (2000) observed a significant cooling
trend in the Sichuan Basin in accordance with increasing
atmospheric aerosol.

In our study, the different relationships between tempera-
ture trend and elevations at different altitude rangesmay be the
result of combined complex topographical and other local
effects. Figure 6 suggests that the relationships between tem-
perature trend and elevation display differences in different
zones, more significant in the south than north, probably due
to aerosol and urbanization effect. The main geographical
factors controlling the spatial distribution of annual-mean
aerosols are population density, elevation, and vegetation
coverage (Zheng et al. 2012). Because of the general increas-
ing continentality with latitude in China, the temperature
change in higher-latitude region is more sensitive to global
change than the lower latitude region. Temperature increases

more in North, caused by the dominance of latitude effect over
the cooling effect of sulfate aerosol. In addition, the gathering
of sulfate aerosols is influenced by different terrains between
the southern and northern China, such as the land cover
change in the north China driven by desertification (He et al.
2005). Below 200m, most stations are located in the southeast
of China, and the number of stations increases with altitude.
These regions experience rapid urbanization (Zheng et al.
2012), leading to increase of anthropogenic aerosols. This is
in agreement with Chen et al. (2009) who found that inferred
aerosol optical depths exhibit two maximums over Sichuan
Basin and Yangtze River Delta. Furthermore, by analyzing
global direct and diffuse solar radiation data of stations in
Shanghai, Nanjing, and Hangzhou, Zhang et al. (2004) found
that a decrease in direct radiation total and a slight increase in
diffuse radiation in eastern China. These phenomena may be
caused by effect of greenhouse gases, the increase in air
pollution, and decrease in relative sunshine (He et al. 2005;
Zhang et al. 2004). Therefore, temperature tendency rates of
stations below 200 m which show significant urbanization
effect decrease with altitude.
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On the other hand, high elevation sites are closer to free
atmosphere where there is less effect of anthropogenic factors
such as urbanization and pollution (Revadekar et al. 2013).
Beniston and Rebetez (1996) found that high elevation re-
cords show more significant interannual climatic signals
where possible greenhouse-gas warming would presumably
be detected with more clarity. The change over highlands
above 2,000 m is a good indicator for global warming, and
the exposedmountain summits showmore spatially consistent
temperature trends because of the increasing influence of the
free-air (Pepin and Lundquist 2008). Therefore, increases of
warming rates with altitude from 200 to 2,000m are consistent
with the result of global warming. Most stations above
2,000 m are located in the Tibetan Plateau, whose positive
feedback of ice or snow albedo reinforces warming at high-
altitude. High spatial resolution model results suggested that
snow-albedo and cloud radiation feedbacks are the main
physical causes of the elevation dependency of climate
warming (Liu et al. 2009). At the same time, because of global
warming, alteration of the glacier, snow cover, and permafrost
lead to desertification of lakes and rivers of the Tibetan
Plateau. Thus, to a certain extent, the resultant dust aerosols
suppress the warming in the Tibetan Plateau.

5 Summary

This study revealed surface warming and its elevation depen-
dency by using daily temperature data from 745

meteorological stations in China during 1963–2012. We cal-
culated the temperature trends for individual station and then
summarized trends for three elevation zones at different lati-
tudes. It is found that there is a general warming trend in
agreement with global warming, with the warming rate of
0.26 °C/decade. The Inner Mongolia, the northern part of
Northeast China, the Northwest Territories, and the northern
part of North China, whose altitudes are higher than 200 m,
exhibit a maximum of warming rate. The temperature in-
creases most rapidly in winter, up to 0.38 °C/decade and the
least in summer. In addition, there exists an obvious cooling
center in Sichuan Basin, and the cooling moves with the
seasons.

No consistent elevation–warming trend relation is found on
national scale. The relationship is analyzed by dividing China
into three subregions: below 200, 200–2,000, and above
2,000 m. Interestingly, we found that the temperature trend–
altitude relations are different among the three regions. The
temperature tendency decreases below 200 m and increases
from 200 m to 2,000 m with altitude, especially pronounced
south of 36°N. And a weak positive temperature trend–alti-
tude relation is found over 2,000 m. Further analysis shows
that magnitudes from 200 to 2,000 m are one order lower than
those below 200 m. Larger and more consistent warming is
found in winter at high latitude, especially north of 36°N. In
summer, the relationships between temperature trend and
altitude are weaker, and there is an obvious cooling center.

Above 2,000 m, the main physical mechanism of elevation
dependency of warming may be snow-albedo and cloud

Table 3 Correlation coefficient (r) between elevation and temperature trends in different latitude ranges classes on an annual and seasonal basis

Spring Summer Autumn Winter Annual

Latitude (°N) Elevation (m) a×10−3 r a×10−3 r a×10−3 r a×10−3 r a×10−3 r

16–25.5 0–200 −0.72 0.55a −0.59 0.48a −0.68 0.36a −0.64 0.41a −0.65 0.48a

200–2,000 0.13 0.44a 0.04 0.23 0.04 0.27 0.13 0.45a 0.09 0.41b

25.5–29 0–200 −1.20 0.60a −0.66 0.32b −0.66 0.39a −0.61 0.38b −0.71 0.48a

200–2,000 −0.08 0.35a 0.05 0.38a 0.04 0.32a 0.05 0.32a 0.05 0.38b

29–32.5 0–200 −1.39 0.67a −1.29 0.55a −1.20 0.60a −1.02 0.62a −1.20 0.68a

200-2,000 0.18 0.39a 0.14 0.33 0.12 0.30 0.22 0.44a 0.16 0.38b

32.5–36 0–200 0.21 0.10 −0.39 0.23 −0.60 0.29 −0.68 0.32 −0.34 0.20

200–2,000 −0.01 0.05 0.11 0.83a 0.07 0.70a 0.04 0.33b 0.11 0.52a

36–39.5 0–200 −0.81 0.27 −0.97 0.37 −0.22 0.08 −0.27 0.08 −0.65 0.24

200–2,000 −0.11 0.40a 0.15 0.40a 0.05 0.31b −0.05 0.11 0.03 0.09

39.5–43 0–200 −0.50 0.31 0.03 0.02 −0.14 0.06 0.19 0.06 −0.13 0.07

200–2,000 0.02 0.08 0.07 0.27b 0.06 0.24b −0.09 0.25b 0.04 0.15

43–53 0–200 1.08 0.57a 0.69 0.35 0.77 0.40b 0.80 0.20 0.85 0.37b

200–2,000 −0.01 0.04 0.03 0.08 0.01 0.03 −0.11 0.27b −0.03 0.13

27–39 2,000–4,800 0.006 0.02 −0.01 0.05 0.005 0.02 0.02 0.07 0.003 0.01

a Significant at the 99 % confidence level
b Significant at the 95 % confidence level
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radiation feedbacks. The combined effects of aerosols and
urbanization lead to an opposite relation below 200 and
200–2,000 m. Although human activities have a greater im-
pact on temperature trends locally and regionally, latitude and
topography are the primary factors that affect the warming
pattern in China.
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Abstract Based on daily station precipitation data, this study
investigates the trends in light precipitation events (less than
the 50th percentile) over global land during 1961–2010. It is
found that the frequency of light precipitation events de-
creases over East China (EC) and northern Eurasia (NE) but
increases over the United States of America (US), Australia
(AU), and the Iberian Peninsula (IP). However, the trends in
the intensity of light precipitation events are opposite to those
in frequency. We find that the trends in light precipitation
events are possibly associated with the changes in static sta-
bility. Over EC and NE (US, AU, and IP), the static stability
weakens (strengthens) during 1961–2010. The weakening
(strengthening) of static stability leads to increase (decrease)
in precipitation intensity due to the enhancement (reduction)
of upward motion; light (relatively heavier) precipitation
events accordingly shift toward relatively heavier (light) pre-
cipitation, and the frequency of light precipitation events de-
creases (increases) consequently.

1 Introduction

Observations show that the global mean surface temperature
has increased steadily since the beginning of the twentieth

century and this warming trend is particularly strong over
the past few decades (Trenberth et al. 2007). Global warming
is supposed to have a noticeable impact on global and regional
hydrological cycle (Trenberth 1999, 2011; Held and Soden
2006). The warming climate results in an increase in evapo-
ration and atmospheric moisture content, which in turn leads
to enhancement of total precipitation and heavy precipitation
(Trenberth 1999; Karl and Trenberth 2003; Trenberth et al.
2003; Allan and Soden 2008).

Additionally, it is expected that heavy precipitation in-
creases more than total precipitation based on theory and nu-
merical models (Hennessy et al. 1997; Allen and Ingram 2002;
Trenberth et al. 2003; Pall et al. 2007; Liu et al. 2009; Shiu
et al. 2012). Trenberth et al. (2003) hypothesized that heavy
precipitation should increase at about the same rate as atmo-
spheric moisture that increases 7% per Kelvin according to the
Clausius–Clapeyron relation. What is more, they argued that
the increase in heavy precipitation could even exceed 7 % per
Kelvin because of additional latent heat released from the in-
creasing water vapor. Climate models also support this result
despite different increasing magnitudes. On the other hand,
global mean precipitation increases at the same rate as global
evaporation which is constrained by global energy budget
(Boer 1993; Trenberth 1998). It is found that the increasing
rate of total precipitation is about 1–3 % per Kelvin (Allen and
Ingram2002; Held and Soden 2006; Sun et al. 2007). Thus, the
increase in heavy precipitation is more than that in total pre-
cipitation. The implication is that there must be a decrease in
relatively weaker precipitation events (Trenberth et al. 2003).

Observed records indicate that there are widespread in-
creases in heavy precipitation events over global land in recent
warming decades (Groisman et al. 1999, 2005; Easterling
et al. 2000; Alexander et al. 2006). Significant increases in
the heavy precipitation events have been reported over lots
of land areas, such as the USA (Karl and Knight 1998; Kunkel
et al. 1999), Canada (Zhang et al. 2001), the UK (Osborn et al.
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2000), Europe (Klein Tank and Können 2003), Northern Eur-
asia (Wen et al. 2015), Japan (Fujibe et al. 2005), Northwest
and South China (Zhai et al. 2005), India (Goswami et al.
2006), and Australia (Suppiah and Hennessy 1998). Thus,
the observations support the expectation that there would be
increases of heavy precipitation in warming climate.

Theory and climate models indicate that heavy precipita-
tion increases at the cost of light precipitation. The light pre-
cipitation would decline while the heavy precipitation rises.
Increases of heavy precipitation events are widespread over
global land areas. So it is reasonable to ask whether the light
precipitation events over land have deceased globally. To an-
swer this question, we collect a large number of observed
daily precipitation data covering a large part of global land
and use uniform method to define light precipitation event.
We analyze the trends in light precipitation events based on
observed data. Moreover, we discuss possible reason for the
trends in light precipitation events using reanalysis data and
numerical model as well.

The rest of this paper is organized as follows: section 2
introduces data, methods, and model; and section 3 describes
the trends in light precipitation events over global land. A
possible reason for the trends in light precipitation events is
discussed in section 4. Finally, conclusions and discussions
are given in section 5.

2 Data, methods, and model

2.1 Data

Daily station precipitation data from several organizations are
used in this study. These include Global Historical Climatol-
ogy Network (GHCN) daily precipitation dataset (Menne
et al. 2012) from the National Climate Data Center (NCDC),
European station daily precipitation dataset (Klein Tank et al.
2002) from European Climate Assessment and Dataset
(ECA&D) project, and Chinese station daily precipitation
dataset from China Meteorological Administration (CMA).
The GHCN dataset contains more than 70,000 stations across
global land except the Antarctic (Menne et al. 2012). The
lengths of the records span from more than one century to
several years. However, most of the data in South America
and Africa is not long enough to detect climate change. What
is more, the quality of GHCN data over Europe and China is
poorer than that in the data from ECA&D project and CMA,
which contain more stations and less missing records. Thus,
we replace the precipitation data over Europe and China in
GHCN dataset with those from ECA&D project and CMA.

Date quality control is taken into account in order to ensure
the reliability of the results in this study. NCDC has applied a
set of quality assurance procedures to GHCN dataset to detect
duplicate data, climatological outliers, and various

inconsistencies (Durre et al. 2010). ECA&D project has also
checked the European station daily precipitation dataset and
detected data errors such as climatological outliers and nega-
tive values. The daily precipitation dataset from CMA is also
quality controlled by detecting the climatological outliers,
negative values, and world record exceedances, referring to
the quality checks applied to GHCN dataset (Durre et al.
2010). The records failing in quality checks are regarded as
missing values, and the records passing all the checks are
taken as reliable values.

We select stations with data long enough based on some
standards after quality control. Ayear with no missing value is
classified as a usable year. A station with 40 or more usable
years during 1961–2010 is accepted. As a result, 3538 stations
across global land, shown in Fig. 1a, are picked up. However,
there are few stations over South America and Africa. Thus,
the trends in light precipitation events in these two continents
are not analyzed in this study.

Atmospheric data used, including monthly mean tempera-
ture, geopotential height, and precipitable water, are derived
from the National Centers for Environmental Prediction and
National Center for Atmospheric Research (NCEP-NCAR)
atmospheric reanalysis dataset (Kalnay et al. 1996). The data
have a 2.5×2.5° horizontal resolution and extend from 1000
to 10 hPa with 17 pressure levels in vertical. The data is avail-
able from January 1948.

2.2 Methods

Precipitation event with daily precipitation less than 10 mm/
day is commonly regarded as light precipitation event (Qian
et al. 2009, 2010). According to this definition, light precipi-
tation events account for a large part of the total over land,
about 50–80 % at mid latitudes and more than 90 % at high
latitudes and other arid and semi-arid areas (Huang and Wen
2013). Thus, a fixed threshold to define light precipitation
event may be inappropriate. We want the light precipitation
event defined in this study to represent the bottom tail of daily
precipitation probability distribution. Furthermore, there are
significant regional differences in precipitation. Therefore,
we use percentile threshold to define light precipitation event.
The 50th percentile based on 30-year (1971–2000) daily pre-
cipitation data is chosen to be the threshold for light precipi-
tation event. The 50th percentile is defined as the middle value
among daily precipitation of 0.1 mm/day or more. A day with
daily precipitation greater than or equal to 0.1 mm/day is
regarded as a precipitation day. For each station, if daily pre-
cipitation is less than the corresponding threshold (the 50th
percentile) and greater than or equal to 0.1 mm/day, then the
precipitation event on that day is taken as a light precipitation
event. The threshold for each station was calculated. Annual
and seasonal thresholds, shown in Fig. 1b–d, are computed
separately. The thresholds for most regions are around 1–
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5 mm/day. In general, the threshold at lower latitudes and wet
regions are larger than those at higher latitudes and arid re-
gions. The thresholds for boreal summer half year are gener-
ally larger than annual thresholds, and those for boreal winter
half year are less than annual thresholds. In addition, we want
to point out that similar results are obtained when either 30th
or 40th percentile is used as the threshold to define light pre-
cipitation event.

Considering the seasonal differences of climate back-
ground, this study divides a year into boreal summer half year
and boreal winter half year and analyzes the trends of light
precipitation events in boreal summer and winter half years,
respectively. Same as the study of Zhai et al. (2005), boreal
summer half year is from April to September and boreal win-
ter half year is from October to March in the next year. Linear
regression is used to analyze long-term trends and Student’s t
test is used to examine the significance of the trends.

The stations available for this study are not evenly distrib-
uted across the global land areas. Thus, a gridding method is
needed to interpolate the results onto regular latitude-
longitude grid. New et al. (2000) find that angular distance
weighting (ADW) algorithm (Shepard 1968, 1984) is the most
appropriate method for gridding irregularly spaced data when
comparing to several other methods. Several studies have used
a modified ADW algorithm to grid daily climate extreme in-
dices (Kiktev et al. 2003), such as maximum and minimum
temperature (Caesar et al. 2006) and heavy precipitation
events (Alexander et al. 2006). The global gridded climate
extremes indices, HadEX and HadEX2, managed by the Met
Office Hadley Centre, are based on this method. A more detail
description about this method is documented by Alexander
et al. (2006). The gridding method in this study is the same
as that used by Alexander et al. (2006) except for differences

in some parameters. The minimum number of stations re-
quired to calculate a grid point value is one, which is less than
previous works (Alexander et al. 2006; Donat et al. 2013). The
search radius is fixed to 200 km, which is close to the length of
the grid used. We calculate the anomaly and climate mean
(averaged during 1971–2000) of the indices relative to light
precipitation events separately for each station and then inter-
polate them onto 2.5×2.5° latitude–longitude grid using
ADW method.

2.3 Model and experimental design

This study utilizes the Advanced Research Weather Research
Forecasting (ARW-WRF) model (version 3.4.1) developed by
NCAR, NCEP, and others. We use a 30-km horizontal grid
resolution and 28 terrain-following vertical layers. The model
domain is centered at 55°N and 30°E and consists of 201
(west–east)×111 (south–north) grid points. The model’s ini-
tial conditions and outmost lateral boundary conditions are
obtained from the National Centers for Environmental Predic-
tion (NCEP) global final (FNL) analysis dataset (National
Centers for Environmental Prediction 2000) at 1×1° horizon-
tal resolution and 6-h intervals.

The following three experiments are performed using the
above model: control experiment CTL and sensitivity experi-
ments WEA and STR. In the CTL run, the initial condition
and lateral boundary condition for the model are derived from
NCEP-FNL analysis data. The initial condition and lateral
boundary condition for STR and WEA are the same as those
for CTL except for temperature field. In the WEA runs, the
temperatures from 1000 to 200 hPa in the initial conditions
and lateral boundary conditions are added by 1.8–0.0 K at an
interval of 0.1 K, in order to increase the lapse rate and weaken

Fig. 1 a Locations of 3538 precipitation stations (red dots) used and the
five regions (black rectangles) analyzed in this study and threshold values
(mm/day) for b the whole year, c boreal summer half year, and d boreal

winter half year. The scale bar at the bottom of figure is used for
measuring the threshold values and the unit is mm/day
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the static stability. In contrast, in the STR runs, the tempera-
tures from 1000 to 200 hPa in the initial condition and lateral
boundary condition are added 0.0–1.8 K at an interval of
0.1 K, which decreases the lapse rate and strengthens the static
stability. All the three experiments are repeated for 30 times
with each run integrated 24 h staring from 0000 UTC of every
day in July and January 2009 except for the last day of the
2 months, respectively. A summary of all the three experi-
ments is given in Table 1.

3 Trends in light precipitation events over global land
during 1961–2010

We first analyze the trends in annual light precipitation events.
Considering the seasonality, we investigate the trends in bore-
al summer and winter half year further.

3.1 Trends in annual light precipitation events

Frequency, intensity, and amount are the three aspects of pre-
cipitation events. The intensity is the amount divided by the
frequency. Thus, we calculate the long-term trends in the fre-
quency, intensity, and amount of light precipitation events,
respectively. The result is shown in Fig. 2.

There are evident regional differences for the trends in the
frequency of light precipitation events (Fig. 2). There are de-
creasing trends over East China (EC) and northern Eurasia
(NE, refer in particular to the area north of 50°N and east of
20°E), but increasing trends over the United States of America
(US), Australia (AU), and the Iberian Peninsula (IP). The fre-
quency of light precipitation events is reduced by 3.0 % per
decade (Fig. 3a) over EC (100–130°E, 20–50°N) and by
2.5 % per decade (Fig. 3d) over NE (20–180°E, 50–80°N).
Both decreasing trends are significant at more than 99.9 %
confidence level according Student’s t test (Fig. 3a, d). In
contrast, the frequency of light precipitation events increases
by 0.8 % (Fig. 3g), 3.1 % (Fig. 3j), and 2.7 % (Fig. 3m) per
decade over US (70–125°W, 25–50°N), AU (110–160°E, 10–

45°S), and IP (10°W–5°E, 35°–45°N), respectively. The
trends over AU (Fig. 3j) and IP (Fig. 3m) are both significant
exceeding the 99 % confidence level, and the trend over US
(Fig. 3g) is also significant above the 95 % confidence level.

The intensity of light precipitation events has changed
significantly as well. The changes in intensity are charac-
terized by increasing trends over EC and NE but decreas-
ing trends over US, AU, and IP (Fig. 2b), which are op-
posite to those in frequency. The intensity of light precip-
itation events is increased significantly by 0.9 % (Fig. 3b)
and 1.7 % (Fig. 3e) per decade over EC and NE,

Table 1 Summary of model experiment design

Experiment Initial and boundary conditions Sample size

July January

CTL Directly from FNL data 30 30

WEA Same as those for CTL expect
temperature field. The temperatures
at 1000–200 hPa are added 1.8–0.0
K at an interval of 0.1 K

30 30

STR Same as those for CTL expect
temperature field. The temperatures
at 1000–200 hPa are added
0.0–1.8 K at an interval of 0.1 K

30 30

Fig. 2 Trends (%/decade, relative to climatology, which is the mean
during 1971–2000; climatology period is the same hereafter) in annual
a frequency, b intensity, and c amount of light precipitation events over
land. Black dots denote the grid points where the trend is significant at
90 % confidence level according to Student’s t test
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respectively. In contrast, the intensity of light precipitation
events is decreased by 0.8 % (Fig. 3h), 1.7 % (Fig. 3k),
3.5 % (Fig. 3n) per decade over US, AU, and IP, respec-
tively. The trends in the intensity of light precipitation
events are all significant at more than 99.9 % confidence
level over the five regions (Fig. 3b, e, h, k, n).

However, there are no spatially consistent trends in the
amount of light precipitation events over most of land such
NE, US, AU, and IP, except for EC (Fig. 2c). The regional
average light precipitation amount does not have evident
trend over NE (Fig. 3f), US (Fig. 3i), AU (Fig. 3l), and
IP (Fig. 3o), since the linear trends are small and insig-
nificant at the 95 % confidence level. This is due to
opposite trends in the frequency and intensity.

3.2 Trends in light precipitation events in boreal summer
and winter half year

We further investigate the trends in the frequency, intensity,
and amount of light precipitation events in boreal summer and
winter half year, which are shown in Fig. 4.

The spatial pattern of trends in frequency for boreal
summer half year (Fig. 4a) resembles that for boreal winter
half year (Fig. 4b). There are spatial coherent decreasing
trends in the frequency of light precipitation events over
EC and NE. The regional average frequency for boreal
summer and winter half year is reduced by 2.9 and 2.6 %
per decade over EC, and 2.4 and 2.2 % per decade over
NE, respectively (Table 2). In contrast, increasing trends

Fig. 3 Anomaly percentage (%, solid line) of regional average frequency
(left column), intensity (second column), and amount (right column) of light
precipitation events during 1961–2010 over East China (EC, top row),

northern Eurasia (NE, second row), United States of America (US, third
row), Australia (AU, fourth row), and the Iberian Peninsula (IP, bottom
row), respectively. Dashed lines represent the trends (%/decade)
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are widespread over US, AU, and IP in both boreal summer
(Fig. 4a) and winter (Fig. 4b) half year. The frequency of
light precipitation events for boreal summer half year in-
creases by 1.0, 3.1, and 3.2 % per decade, and that for
boreal winter half year increases by 0.5, 3.4, and 3.3 %
per decade over US, AU, and IP, respectively (Table 2).
The trends in regional average frequency are all significant
at the 99 % confidence level except for that in boreal win-
ter half year over US.

Significant trends in the intensity of light precipitation
events are also found in boreal summer (Fig. 4c) and winter
(Fig. 4d) half year. What is more, the spatial patterns are quite
similar. However, the trends in intensity are opposite to those
in frequency. There are spatially coherent enhancing trends in
intensity over EC and NC but reducing trends over US, AU,
and IP. The intensity for boreal summer and winter half year is
increased by 0.7 and 1.5 % per decade over EC and 1.2 and
1.9 % per decade over NE, respectively (Table 2). By

Fig. 4 Trends (%/decade) in frequency (top row), intensity (second row),
and amount (bottom row) of light precipitation events in boreal summer
(left column) and winter (right column) half year. Black dots denote the

grid points where the trend is significant at 90 % confidence level
according to Student’s t test

Table 2 Trends (%/decade) in
light precipitation events in boreal
summer (Sum) and winter (Win)
half year over East China (EC),
northern Eurasia (NE), United
States of America (US), Australia
(AU), and the Iberian Peninsula
(IP), respectively

Frequency Intensity Amount

Sum Win Sum Win Sum Win

EC −2.9*** −2.6*** 0.7*** 1.5*** −2.1*** −1.9**
NE −2.4*** −2.2*** 1.2*** 1.9*** −1.3*** −0.2
US 1.0*** 0.5 −0.8*** −0.8*** −0.1 −0.5
AU 3.1*** 3.4*** −2.3*** −1.4*** 0.0 1.3

IP 3.2*** 3.3*** −3.6*** −4.2*** 0.6 0.3

*, **, and *** indicate the trends significant at the 90, 95, and 99% confidence level according to Student’s t test
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comparison, the intensity for both boreal summer and winter
half year is deceased by 0.8 % per decade over US (Table 2).
The decreasing trends are more dramatic over AU and IP,
where the intensity reduces by 2.3 and 3.6 % per decade in
boreal summer half year and reduces by 1.4 and 4.2 % per
decade in boreal winter half year (Table 2). All the trends in
regional average intensity are significant at the 99 % confi-
dence level (Table 2).

However, there is no distinct spatial consistence for the
trend in the amount of light precipitation events in both boreal
summer (Fig. 4e) and winter (Fig. 4f) half year. Magnitudes of
most of the trends in regional average amounts are less than
1.0 % per decade and even insignificant at the 90 % confi-
dence level (Table 2). This is because of the opposite trends in
frequency and intensity.

In general, the trends in light precipitation events are quite
similar in boreal summer and winter half years. The frequency
decreases and the intensity increases over EC and NE, but
there are opposite trends over US, AU, and IP.

4 Possible reason for the trends in light precipitation
events

Previous studies (Trenberth et al. 2003; Trenberth 2011) sug-
gest that the frequency of light precipitation events would

decrease following global warming. However, observed
trends here indicate that there is no widespread reduction in
light precipitation events over land in recent decade. Although
Most of Eurasia including EC and NE exhibits a significant
decreasing trend, the increase in the frequency of light precip-
itation events is common over US, AU, and IP. Hence, the
reasons for the trend in light precipitation events should be
investigated further.

4.1 Trends in precipitable water during 1961–2010

Water vapor is one of the important factors affecting
precipitation. Figure 5a and b show the trend in total
column precipitable water in boreal summer and winter
half year during 1961–2010. The precipitable water is
decreased over EC but is increased over NE in both
boreal summer (Fig. 5a) and winter (Fig. 5b) half year.
However, the light precipitation events exhibit the same
trends over EC and NE. In addition, the precipitable
water rises over US but declines over IP in boreal sum-
mer and winter half year. There are inverse trends in
precipitable water between US and IP, but there are the
same trends in light precipitation events. The precipitable
water in boreal summer does not show spatially coherent
trend over AU where the frequency of light precipitation
events is mainly increased. What is more, the

Fig. 5 Trends (kg m−2 decade−1) in total column precipitable water in
boreal summer (left column) and winter (right column) half year during
1961–2010 (top row) and 1979–2010 (bottom row) based on NCEP-

NCAR reanalysis data. Black dots denote the grid points where the trend
is significant at 90 % confidence level according to Student’s t test
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precipitable water consistently rises over NE and US in
both boreal summer and winter half year, but the trends
in light precipitation events are opposite. Hence, there
are no creditable linkage between the trends in light pre-
cipitation events and atmospheric water vapor.

The reliability of the trend detected by reanalysis data is
often cared about for the change in observing system. The
global observing system experienced three major stages: the
Bearly^ period from 1940s to the International Geophysical
Year in 1957, when the first global-scale upper-air observa-
tions were established; the Bmodern rawinsonde network^
from 1958 to 1978; and the Bmodern satellite^ era from
1979 to the present (Kistler et al. 2001; Zveryaev and Chu
2003). The change in observing systemmakes it more difficult
to detect trend associated with climate change. Even so, there
are some ways to test the reliability of the reanalysis data.
Computing trends for the period after 1979 and comparing
with other reanalysis data or observation data are commonly
suggested and used (Kistler et al. 2001). Figure 5 shows the
trends in precipitable water for the investigation period of
1961–2010 and the satellite period of 1979–2010. It can be
seen that the pattern of the trends are generally similar be-
tween the two periods though there are some difference in
some regions. Over EC and IP, the trends for boreal summer
and winter half year are both decrease during 1979–2010,
which are the same as those during 1961–2010. Although it
is not so consistent, the increasing trend, similar with that in
1961–2010, is also dominant over NE, US, and AU during
1979–2010.

Thus, EAR40 reanalysis data for 1961–2001 (not shown)
and studies based on observation data are also employed to
verify the reliability of the trends from NCEP-NCAR reanal-
ysis data. We find that the patterns are quite similar between
the two reanalysis data. There are widespread increasing
trends over EU, US, and AU and decreasing trends over IP
and EC, except for the boreal winter half year over EC, in
ERA40 reanalysis data, which are similar to those in NCEP-
NCAR reanalysis data. These trends are supported by some
studies based on radiosonde data. Ross and Elliott (1996,
2001) found that most of the stations over US had an increase
trend in precipitable water for all the seasons during 1973–
1995.Mattar et al. (2011) also detected decreasing trend for all
seasons over IP using radiosonde data for 1973–2003. Radio-
sonde data showed that most of the stations over EC had a
decrease trend in boreal winter during 1979–2005 (Xie et al.
2011). Therefore, the trends in precipitable water fromNCEP-
NCAR reanalysis data are reliable to a certain extent.

4.2 Trends in static stability during 1961–2010

Precipitation is partly connected with static stability (Peppler
and Lamb 1989; Richter and Xie 2008; Johnson and Xie
2010). Temperature difference between lower and upper level

are commonly used to reflect the static stability (Lee and
Wang 2014; Liu et al. 2013; Xiang et al. 2014). Actually lapse
rate γ=−dT/dz involving temperature and altitude differences
is more appropriate (Bryan and Fritsch 2000; Joshi et al.
2008). We use the difference of potential height to represent
the altitude difference (Stone and Carlson 1979). Figure 6
shows the trends in the atmospheric lapse rate within lower
(925–700 hPa) and middle troposphere (850–500 hPa) in bo-
real summer and winter half year.

It is shown that there are consistent increasing trends in
lapse rates within both lower (Fig. 6a) and middle (Fig. 6c)
troposphere over EC in boreal summer half year. The regional
average lapse rates also exhibit significant increasing trends
(Table 3). In boreal winter half year, the lapse rate within
lower troposphere is mostly increased over EC, despite an
insignificant decreasing trend over south part of EC
(Fig. 6b). Furthermore, the lapse rate within middle tropo-
sphere has consistent increasing trends over EC (Fig. 6d).
The increasing trends in regional average lapse rates within
lower and middle troposphere are both evident and signif-
icant at the 99 % confidence level (Table 3). The increase
in lapse rate is even more evident and consistent over NE.
Increasing trends in lapse rates within lower and middle
troposphere are widespread across the whole NE in boreal
summer and winter half year (Fig. 6). The regional average
lapse rates also exhibit significant increasing trends
(Table 3). The increase in lapse rates implies that static
stability weakens and atmospheric stratification becomes
less stable over EC and NE in both boreal summer and
winter half year.

In contrast, decreasing trends are found over US, AU, and
IP. In boreal summer half year, the lapse rates within lower
(Fig. 6a) and middle (Fig. 6c) troposphere decrease across US.
The trends in regional average lapse rates are significant at the
95 % confidence level (Table 3). The lapse rates within lower
(Fig. 6b) and middle (Fig. 6d) troposphere in boreal winter
half year are mainly decreased over US and the regional av-
erage lapse rates also have decreasing trends (Table 3). The
decline of lapse rates is more evident over AU, where decreas-
ing trends dominate the whole AU in both boreal summer
(Fig. 6a, c) and winter (Fig. 6b, d) half year. The trends in
regional average lapse rates within lower and middle tropo-
sphere are decreased significantly, reaching the 99 % confi-
dence level (Table 3). Over IP, the lapse rate within lower
troposphere is decreased consistently in boreal summer half
year (Fig. 6a), although the consistence is not so distinct for
the lapse rate within middle troposphere (Fig. 6c). What is
more, decreasing trends in lapse rates within lower
(Fig. 6b) and middle (Fig. 6b) troposphere dominate the
entire IP in boreal winter half year. The regional average
lapse rates also show decreasing trends in boreal winter
half year (Table 3). The decrease in lapse rates indicates
that the static stability strengthens and the atmospheric
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stratification becomes more stable over US, AU, and IP in
boreal summer and winter half year.

4.3 Possible impact of the change of static stability
on the trends of light precipitation events

Precipitation is connected with upward motion, and on the
other hand, upward motion is associated with atmospheric
stratification or static stability. Unstable atmospheric stratifi-
cation favors upward motion and heavy precipitation; in con-
trast, stable atmospheric stratification suppresses the upward

motion and precipitation. Hence, when the static stability
weakens, the upward motion strengthens and precipitation
intensity increases; when the static stability strengthens, the
upward motion abates and precipitation intensity decreases.

Associated with the weakening of static stability, the inten-
sity of light precipitation events in boreal summer (Fig. 4c)
and winter (Fig. 4d) half year is increased significantly over
the EC and NE. What is more, the mean intensity of all the
precipitation events is enhanced noticeably in the two regions
as well (figure not shown). The increase in intensity leads to a
change of the light precipitation events to relatively heavier
precipitation events and a decrease in the frequency of light
precipitation events correspondingly. In contrast, accompa-
nied with the strengthening of static stability, a decrease in
the intensity of light precipitation events is noticeable over
US, AU, and IP (Fig. 4c, d). The mean precipitation intensity
mainly decreases as well over AU, and IP (figure not shown).
The decrease in intensity results in a shift of relatively heavier
precipitation events toward light precipitation events and in-
crease in the frequency of light precipitation events
consequently.

Furthermore, we employ WRF to examine the impact of
static stability on precipitation intensity. The precipitation in-
tensity for the modeling is defined as the daily mean precipi-
tation during the given days (accumulated amount divided by
days). The difference of precipitation intensity between

Table 3 Trends (10−3 K km−1 decade−1) in lapse rate within 925–
700 hPa and 850–500 hPa in boreal summer (Sum) and winter (Win) half
year over EC, NE, US, AU, and IP, respectively

925–700 hPa 850–500 hPa

Sum Win Sum Win

EC 11.5*** 7.4*** 5.9*** 4.8***

NE 6.6*** 8.3*** 2.2*** 4.7***

US −4.4*** −1.0 −1.5* −0.3
AU −10.1*** −11.4*** −3.3*** −5.5***
IP −0.9 −4.1** 1.8** −1.2

*, **, and *** indicate the trends significant at the 90, 95, and 99 %
confidence level according to Student’s t test

Fig. 6 Trends (K km−1 decade−1) in atmospheric lapse rate within 925–
700 hPa (top row) and 850–500 hPa (bottom row) in boreal summer (left
column) and winter (right column) half year based on NCEP-NCAR
reanalysis data. Black dots denote the grid points where the trend is

significant at the 90% confidence level according to Student’s t test.Gray
color denotes the area where climatology (1981–2010) surface pressure is
less than the pressure at the bottom of lapse rate
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sensitivity experiments and control experiment indicates the
effect of static stability on precipitation intensity. The differ-
ences of ensemble average precipitation intensity between ex-
periment WEA and experiment CTL for July is dominated by
positive value (Fig. 7a), which indicates that precipitation in-
tensity increases as static stability weakens. In contrast, the
precipitation differences between experiment STR and exper-
iment CTL are characterized by decreasing change (Fig. 7c),
implying that precipitation intensity decreases as static stabil-
ity strengthens. The regional average precipitation intensity in
the three experiments for each day in July (Fig. 8a) reflects
that precipitation intensity increases when static stability
weakens, and the precipitation intensity decreases when static
stability strengthens. The results in January simulation have
the same features (Figs. 7b, d; 8b).

The change in precipitation intensity is associated with the
change in vertical velocity. The vertical velocities in experi-
mentWEA are larger than those in experiment CTL, but those
in experiment STR are smaller (Fig. 8c–f). The differences
between control experiment and sensitivity experiment indi-
cate that the vertical velocities increase as static stability
weakens and decrease as static stability strengthens. The mod-
el results indicate that static stability affects precipitation in-
tensity through upward motion. Precipitation intensity is in-
creased due to the enhancement in upward motion as static
stability weakens, and is decreased due to the reduction in
upward motion as static stability strengthens.

Hence, the probable mechanism for the impact of static
stability on light precipitation events can be summarized as
follows: the weakening of static stability leads to increasing of
precipitation intensity through the enhancement of upward
motion; some light precipitation events become relatively
heavier precipitation events and the frequency of light precip-
itation events decreases correspondingly over EC and NE; in
contrast, the strengthening of static stability results in decreas-
ing of precipitation intensity through the reduction of upward
motion; some relatively heavier precipitation events turn to-
ward light precipitation events, and the frequency of light
precipitation events increase consequently over US, AU, and
IP.

5 Conclusions and discussions

In this study, we investigate the trends in light precipitation
events over global land and their possible reasons during
1961–2010. Light precipitation event is defined as precipita-
tion event with daily precipitation less than the 50th percentile
and above or equal to 0.1 mm/day based on 30-year (1971–
2010) daily records. Although reduction is expected according
to theoretical speculation and climate models, there is no con-
sistent decreasing trend in the frequency of light precipitation
events over global land. There are decreasing trends in annual
frequencies of light precipitation events over EC and NE, and

Fig. 7 Precipitation intensity differences (mm/day) between experimentWEA and CTL (top row), and between experiment STR and CTL (bottom row)
in July (Jul, left column) and January (Jan, right column) simulation

170 G. Wen et al.



in contrast, increasing trends over US, AU and the IP. The
trends in the intensity of light precipitation events are opposite
to those in frequency. The intensity is increased over EC and
NE, but is decreased over US, AU, and IP. However, there are
no consistent and significant trends in the amounts of light
precipitation events except over EC for reverse trends in fre-
quency and intensity. It is interesting to note that the trends in
light precipitation events for boreal summer and winter half
year are similar to the trends for annual events. The frequency
is decreased and the intensity is increased over EC and NE in
boreal summer and winter half year, but the frequency is in-
creased and the intensity is decreased over US, AU, and IP.

Although we reveal the trends in light precipitation over a
large part of global land, there are still some regions including
Africa and South America where the trends are unknown due
to data deficiency. The lack of data makes it unable to detect
climate change of extreme precipitation events over Africa

and South America (Alexander et al. 2006; Giorgi et al.
2011; Donat et al. 2013).

Additionally, we investigate the possible reasons for the
trends in light precipitation events. We have examined the
change of atmospheric water vapor. However, we have not
found creditable linkage between atmospheric water vapor
and light precipitation. Further analysis suggests that the
trends in light precipitation events are possibly due to the
changes in static stability. The static stability weakens and
the atmospheric stratification becomes less stable over EC
and NE, but the static stability strengthens and the atmospher-
ic stratification becomesmore stable over US, AU, and IP. The
weakening of static stability leads to increasing of precipita-
tion intensity through the enhancement of upward motion;
light precipitation events turn to relatively heavier precipita-
tion events and the frequency decreases correspondingly over
EC and NE; in contrast, the strengthening of static stability

Fig. 8 Regional average (over
the areas with daily precipitation
above 0.1 mm) precipitation
intensity (mm/day, top row) and
vertical velocity (W, cm/s) at 700
(second row) and 500 hPa
(bottom row) for 30 days in July
(left column) and January (right
column). Blue, black, and red
lines and markers denote
experiment STR, CTL, and
WEA, respectively
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results in decreasing of precipitation intensity due to the re-
duction of upward motion; relatively heavier precipitation
events shift toward light precipitation events and the frequen-
cy of light precipitation events increases consequently over
US, AU, and IP.

However, the cause of the change of static stability is still
unknown. It is largely associated with the change of tropo-
sphere temperature, which is possibly connected with the
change of atmospheric radiation and atmospheric circulation.
We will investigate this issue in the near future.
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Abstract Based on daily air temperature data from 772 sta-
tions in China, the present study uses absolute index and per-
centile index to investigate the spatial and temporal features of
summer extreme temperature over China during the period
1960–2013. The analysis indicates that Xinjiang and south-
eastern China are two major domains where extreme heat
events frequently occur and that the number of heat day
(NHD) and the frequency of heat wave (FHW) both show
an increasing trend throughout the country except for
Shandong and Henan provinces where a decreasing trend is
identified. Although the two leading empirical orthogonal
function (EOF) modes of the NHD and the FHW based on
the absolute index and percentile index have differences, the
time series of the first principal components (PC1) are consis-
tent; PC1 depicts opposite trends from 1960 to late 1990s and
during the late 1990s to 2013. According to the climatology
and EOF modes, four sub-regions are chosen: Chuanyu,
Huanghuai, Southeast, and Xinjiang area. The inter-decadal
variation over the four sub-regions differs, but the NHD and
the FHW significantly increase after the mid-1990s. Based on
Mann-Kendall method, it is found that the NHD and the FHW
over Chuanyu exhibited abrupt shifts in 1978 and 2000;

sudden shifts occurred in 1973 and 2000 over Huanghuai;
an abrupt shift occurred over the Southeast area in 2003.

1 Introduction

Extreme temperature is a low-probability event but exerts
great influences on social economy, agricultural production,
people’s lives, and property. In recent years, the extreme tem-
perature has been attracting increasing attentions (Easterling
et al. 2000; Meehl and Tebaldi 2004). For instance, extreme
temperature events happened in Western Europe and Russia,
respectively, in 2003 and 2010 (Luterbacher et al. 2004; Dole
et al. 2011), leading to a serious damage of property. Extreme
weather and climate events occurred frequently over China,
for example, in the summer of 2003, 2006, 2007, and
2013(Yang and Li 2005; Chen and Fan 2007; Chen and Fan
2008; Peng 2014). All of the events caused serious influences
on agriculture, energy, and human health.

The Fourth Assessment Report of the Intergovernmental
Panel on Climate Change indicated that the frequency and
intensity of the most extreme weather and climate events pre-
sented an increasing trend in the twentieth century and may
continue to increase in the twenty-first century (Solomon et al.
2007). The Fifth Assessment Report also analyzed the changes
of extreme events (Hartmann et al. 2013). Under background of
climate change, the intensity, scope, and occurrence frequency
of extreme weather and climate events are likely to change
(Wang et al. 2012; Rummukainen 2013).

Numerous studies show that the frequency of global heat
wave has increased in the second half of the twentieth century
(e.g., Easterling et al. 2000; Alexander et al. 2006). Manton
et al. (2001) and Choi et al. (2009) found that the hot days and
warm nights of most stations over Asia-Pacific region show an
increasing tendency. Using global station-observed data, Frich
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et al. (2002) found that the duration of heat wave over
Southeast China was reduced in the second half of the twen-
tieth century.

Due to the complex terrain and climate of China, the chang-
es of extreme temperature over China exhibit spatial features.
Average surface temperature increased by 1.1 °C over the past
50 years (Ren et al. 2005), resulting in the changes of extreme
temperature events. Former researches indicated that extreme
temperature had a weakening trend over China with even a
decreasing trend in east and south China (Zhai and Ren 1997;
Ren and Zhai 1998; Yan and Yang 2000; Zhai and Pan 2003;
Tang et al. 2005; Zhang and Qian 2008; Zhang et al. 2008).
Recent researches indicated that there is a consistent increas-
ing tendency in China, especially in eastern China (except for
east central China) (Ding et al. 2009; Wang et al. 2012; Zhou
and Ren 2011; Xu et al. 2013; Sun et al. 2014).

In addition to the spatial features, change of extreme tem-
perature exhibits obvious temporal features. Shi et al. (2009)
found that the daily maximum temperature and extreme heat
days over east China had an inter-decadal variation. Sun et al.
(2011) suggested that the frequency of heat wave shows inter-
decadal variability in the past 50 years, with an obvious in-
crease throughout the country since 1990s, especially over
northwest and east China. Qi and Wang (2012) indicated that
extreme heat days exhibit an abrupt shift in the early 1990s
over China.

Different researches show different spatial and temporal
features of summer extreme temperature over China. This is
mainly due to various choices of extreme temperature indices,
target periods, and regions. Continuous extreme temperature
events have great impacts on human society, but former re-
searches focusing on the duration of extreme temperature are
not adequate. The objective of this paper is to provide a com-
prehensive analysis of observed extreme temperature over
China. Thus, we use absolute index and percentile index and
adopt the definition of a heat wave from the former work
(Ding et al. 2009) to analyze the spatial and temporal features
of a heat day and heat wave over China during 1960–2013.

2 Data and methods

The dataset with daily temperature is collected and processed
by the National Meteorological Information Center (NMIC)
of the ChinaMeteorological Administration (CMA). The tem-
peratures were recorded according to the standard observation
rules for China (CMA. 1979). The observed values are quality
controlled using the NMIC conventional procedures, includ-
ing the climatological limit check, the station or regional ex-
tremes check, the internal consistency check, the temporal and
spatial consistency checks, etc. (Li et al. 2004; Li et al. 2009;
Xu et al. 2013). The target months are June, July, and August
(JJA). In this study, the year with nomissing value is judged as

available. A station with no less than 50 available years during
1960–2013 is adopted in this analysis. Thus, we select 772
stations over China, and the distribution of 772 weather ob-
servation stations in China is shown in Fig. 1.

Present investigation uses absolute index and percentile
index to characterize the extreme temperatures. CMA defines
extreme temperature as daily maximum temperature more
than 35 °C. Considering the regional differences of extreme
temperature, we use the 90th percentile value of daily maxi-
mum temperature to define extreme temperature simulta-
neously. Daily maximum temperatures during 1960–1989
are ranked in an ascending order and then the 90th percentile
is chosen from the order as the percentile threshold.

The day when daily maximum temperature exceeds the
threshold is defined as a heat day. When the daily maximum
temperature exceeds the threshold for three consecutive days
or more, it is defined as a heat wave event. The present study
emphatically analyzes the spatial and temporal features of the
number of heat day (NHD) and the frequency of heat wave
(FHW). The descriptions of two extreme temperature indices,
heat day and heat wave, are showed in Table 1.

Linear regression, 9-year sliding average, and empirical
orthogonal function (EOF) are used to analyze a long-term
variation of the NHD and the FHW. Student’s t test is used
to examine the significance of linear regression. Mann-
Kendall method and 11-year sliding t-test are applied to detect
sudden shifts.

3 Results

3.1 Climatology

Figure 2a shows climatology of the NHD based on absolute
index over 772 weather observation stations in China during
1960–2013. The domains with frequent heat days mainly re-
side over Xinjiang, south of the Yangtze river, and Chuanyu
area. The summer-averaged NHD increased gradually from
northwest to southeast. A high-value center of the NHD is
present in Xinjiang, which is due to long sunshine time and
large covering areas of sand. One reason for high value of the
NHD over south of the Yangtze river is the influence of the
western Pacific subtropical high.

Figure 2b shows distribution of 90th percentile values of
daily maximum temperature based on 1960–1989 over China.
The low-value zones include the Tibetan Plateau, most of the
northeast China, and Yunnan province. High value mainly
located in Xinjiang, Huanghuai basin, and south of the
Yangtze river. Compared with the high value areas of the
NHD (Fig. 2a), distribution of the high value regions of 90th
percentile is more extensive, especially in Huanghuai basin.

Figure 3a shows climatology of the FHW based on abso-
lute index over 772 weather stations in China during 1960–
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2013. Major domains of the FHW reside over south Xinjiang
and south of the Yangtze river. The FHW increases gradually
from northwest to southeast. Figure 3b is the same as Fig. 3a
but for the FHW based on percentile index. There is only one
high-value center located in the south of the Yangtze river and
low-value areas are observed in Shandong, Henan, and
Yunnan province.

3.2 Long-term variation

3.2.1 EOF

The EOF analysis is applied to investigate the main spatial and
temporal features of the NHD and the FHW of 772 stations
over China during 1960–2013. Figure 4 displays the first two
EOF modes and corresponding principal components for the
NHD based on absolute index. The two modes explain about
38.4 % and 12.5 % of the total variances, respectively.

The first two principal components (PCs) for the NHD
based on absolute index display inter-decadal variations
(Fig. 4c, d). The EOF1 (Fig. 4a) features a positive anomaly
covering northeast China and north of Xinjiang and a negative

anomaly covering most regions of China. The corresponding
PC (Fig. 4c) depicts opposite trends during 1960 to the late
1990s and during late 1990s to 2013. The EOF1 and PC1
indicate that from 1960 to the late 1990s, the NHD increased
over northeast China and north of Xinjiang, while it decreased
over most regions of the China, especially in southeast China;
the trends reversed in these areas during the late 1990s to
2013. The second EOF mode (EOF2, Fig. 4b) features a neg-
ative anomaly in south China and a positive anomaly over
Huanghuai area and west Xinjiang. The corresponding PC
(PC2, Fig. 4d) represents a decadal variation with 10a period.
The EOF2 and PC2 revealed that the NHD increases
(decreases) over Huanghuai area and west Xinjiang (south
China) from the 1960s to 1970s and during the 1990s, and
that the trends reversed in these areas during the 1980s and
2000s.

For the NHD based on percentile index, the first two EOF
modes, are shown in Fig. 5, explain about 30.2% and 14.7% of
the total variances. The first EOF mode (EOF1, Fig. 5a) fea-
tures a consistent negative anomaly over China, and the first
principal component (PC1, Fig. 5c) depicts opposite trends
during 1960 to late 1990s and during the late 1990s to 2013.
It indicates that the NHD based on percentile index decreased
over China during 1960 to the late 1990s, especially in the
Yangtze river basin, but increased during the late 1990s to
2013. The second mode (EOF2, Fig. 5b) shows a negative
anomaly over north China (north of 35° N) and a positive
anomaly over south China (south of 35° N). The corresponding
PC (PC2, Fig. 5d) represents the opposite trends between 1960
and 1995 and 1995–2013. Thus, the NHD based on percentile
index decreases in north China (north of 35° N) during 1960 to
1995, but increased in south China (south of 35° N). The trends
reversed in these areas during 1995 to 2013.

The modes and PCs of the FHW based on two indices over
China during 1960–2013 (figures are omitted) are consistent

Fig. 1 Locations of 772
meteorological stations

Table 1 Descriptions of two indices, heat day and heat wave

Description

Absolute index 35 °C

Percentile index 90th percentile value of daily
maximum temperature during
1960–1989

Heat day Daily maximum temperature
exceed threshold

Heat wave Daily maximum temperature exceed
threshold for three consecutive
days or more
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with the results of the NHD. The first two EOFmodes explain
about 23.9 % and 9.1 % of the total variances for the FHW
based on absolute index, and 19.6 % and 12.9 % for the FHW
based on percentile index.

For the FHW based on absolute index, the EOF1 and PC1
indicate an increase over north of Xinjiang, but a decrease
over most regions of China, especially over southeast China,
from 1960 to late 1990s. The trends reversed in these areas
during the late 1990s to 2013. The EOF2 and PC2 reveal that
the FHW increases (decreases) in Huanghuai area and west
Xinjiang (south China) during the 1960s to 1970s and the late
1990s. The trends reversed in these areas during 1980s to early
1990s and 2000s.

For the FHWbased on percentile index, the EOF1 and PC1
indicate a decrease over China during 1960 to the late 1990s

and an increase during the late 1990s to 2013. The EOF2 and
corresponding PC2 reveal a decrease in north China (north of
35° N) during 1960 to 1995, but an increase in south China
(south of 35° N). The trends reversed in these areas during
1995 to 2013.

3.2.2 Linear trend

According to the climatology and EOF modes of the NHD
and the FHW, four sub-regions are chosen: Xinjiang region
(75–92° E, 35–48° N), Huanghuai region (110–122° E, 30–
38° N), Southeast region (110–122° E, 22–30° N), Chuanyu
region (105–110° E, 28–33° N). The scopes of the four sub-
regions are depicted in Fig. 2a. The four sub-regions are the
regions where extreme temperatures frequently occur

Fig. 2 Climatology of the NHD based on absolute index over China
during 1960–2013 (a), the blue box represents Xinjiang region, the
green box represents Chuanyu region, the purple box represents

Huanghuai region, the red box represents Southeast region; distribution
of 90th percentile values of daily maximum temperature during 1960–
1989 over China (b)

Fig. 3 Climatology of the FHW (frequency/JJA) based on absolute index (a) and percentile index (b)
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(including NHD and FHW) and have a significant variation in
the EOF modes. The regional averaged NHD (the stations
where the averagedNHD is less than 1 day had been removed)
and FHW are denoted as regional NHD and regional FHW.

Figure 6a displays the linear trend of the NHD based on
absolute index over China during 1960–2013. The NHD in-
creased in most part of China during 1960–2013, especially
over Xinjiang and south of the Yangtze river, and most of the
stations exceed the 95 % significance level. A decreasing
trend is identified in Henan and Shandong province, but the
change trend is not obvious as the trends at most of the stations
do not exceed the 95 % significance level.

Figure 6b is the same as Fig. 6a but for the NHD
based on percentile index. The NHD increased over
most of China during 1960–2013. Compared with linear
trend of the NHD based on absolute index, the increas-
ing tendency based on percentile index is larger and the
increasing areas are more scattered. A decreasing trend
is also identified in Henan and Shandong provinces;
however, the trends over most of the stations do not
exceed the 95 % significance level.

Linear trends of FHW based on absolute index and percen-
tile index over China during 1960–2013 (figures are omitted)
are the same as those of NHD (Fig. 6). A decreasing trend is
identified in Henan and Shandong provinces, but the trends
over most of the stations do not exceed the 95 % significance
level. The FHW increased during 1960–2013 in most regions,
especially in south of the Yangtze river.

Table 2 shows linear trends of the NHD and FHWbased on
absolute index and percentile index in four sub-regions. The
linear trends are more obvious for the NHD and FHW based
on percentile index than based on absolute index. All regions
exceed the 90 % significance level except Huanghuai area.
The most significant linear trend exists in Southeast area,
followed by Chuanyu area and then Xinjiang area. The linear
trends of Southeast and Chuanyu areas are larger than national
average, indicating that the NHD of these regions increased
considerably. Based on the linear trends of the FHW in four
sub-regions, the most significant linear trend appeared in
Southeast area, followed by Xinjiang and Chuanyu areas.

Compared to the linear trend of the NHD and FHW based
on absolute index (Ding et al. 2009), the pattern is almost

Fig. 4 The first EOFmode (a) and the second EOFmode (b) of the NHD based on absolute index over China and the first principal components (c) and
the second principal components (d) during 1960–2013
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Fig. 5 The first EOF mode (a) and the second EOF mode (b) of the NHD based on percentile index over China and the first principal components (c)
and the second principal components (d) during 1960–2013

Fig. 6 Linear trend of the NHD based on absolute index (a) and percentile index (b) during 1960–2013 over China, the plus signs indicate station
exceeds the 95 % significance level
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consistent, but the values of linear trend are smaller than the
former research. For the linear trend of theNHDand FHWbased
on percentile index, both the pattern and value of the trends are
basically consistent with the former research (Ding et al. 2009;
Zhou and Ren 2011; Wang et al. 2012; Xu et al. 2013).

3.2.3 Inter-decadal variation

We use relative variations of the NHD and FHW every
10 years (the latter decade minus the former decade) to char-
acterize the inter-decadal variation. Figure 7 indicates relative
variations of the NHD based on absolute index every decade
over China during 1961–2010. The changes of the NHD dis-
play obvious east-west characteristics during the 1960s to
1970s. Most stations in east China (east of 105° E) showed a
significant decreasing trend, and an increasing trend is identi-
fied in west China (west of 105° E). From the 1970s to 1980s,
the NHD reduced in north of the Yangtze river and increased
in south of the Yangtze river. The most significant increasing
trend occurred in Southeast China. In contrast, the NHD in-
creased in north of the Yangtze river and decreased in south of
the Yangtze river from the 1980s to 1990s. There is a consis-
tent increasing trend of the NHD throughout the country from
1990s to 2000s, especially in south of the Yangtze river.

The relative variations of the NHD based on percen-
tile index over China during 1961–2010 are showed in
Fig. 8. Compared to the results based on absolute index
(Fig. 7), the differences are located in the Tibetan
Plateau (TP: Xizang, Qinghai) and Northeast China
(NEC: Liaoning, Jilin, Heilongjiang). From the 1960s
to 1970s, the NHD increased in the TP and NEC. The
NHD had a decreasing tendency in the TP and an in-
creasing tendency in the NEC from the 1970s to 1980s.
From the 1980s to 1990s, most stations in the TP
showed an increasing trend and a decreasing trend was
identified in most stations of NEC. There is an increas-
ing trend in the TP and NEC from the 1990s to 2000s.
The relative variations of the NHD based on percentile
index are more significant than those based on absolute
index in the Tibetan Plateau and Northeast China. Inter-

decadal variations of the NHD in north China and TP
regions are obvious based on percentile index.

Relative variations of the FHW based on absolute
index and percentile index over China (figures are omit-
ted) are consistent with the NHD, respectively (Figs. 7
and 8) during 1960–2013. Most stations in east China
(east of 105° E) show a significant decreasing trend and
an increasing trend is identified in west China (west of
105° E) from the 1960s to 1970s. From the 1970s to
1980s, the FHW reduced over north of the Yangtze
river and increased over south of the Yangtze river.
The most significant increasing trend occurred over
Southeast China. In contrast, the FHW increased in
north China and decreased in south China from the
1980s to 1990s. There is a consistent increasing trend
of the FHW throughout the country from the 1990s to
2000s, especially in south of the Yangtze river.
Therefore, the FHW has significant inter-decadal varia-
tion and regional characteristics.

We analyze the changes and inter-decadal variability
of the four sub-regions through a 9-year sliding average.
From the changes of regional NHD based on absolute
index for four sub-regions during 1960–2013 (Fig. 9), it
is found that all the four sub-regions exhibit inter-
decadal variation. Figure 9a indicates that the NHD
over Chuanyu area during 1960–2013 exhibits a varia-
tion of Bincrease-decrease-increase,^ and the NHD
decreased dramatically in the 1980s and then increased
since the end of 1980s. The linear regression coefficient
of the NHD over Huanghuai area was −0.04d/decade,
which showed a slight reduction during 1960-2013. It
can be concluded that the NHD reduced from the 1960s
to 1980s and increased since 1990s over Huanghuai
area (Fig. 9b). There is a tendency of Bdecrease-increase^
in Southeast area (Fig. 9c). The NHD show a slight decreasing
trend from the 1970s to 1990s and an increasing trend after the
late 1990s, especially since 2000. Figure 9d indicates that the
NHD displays a variation of Bincrease-decrease-increase^
over Xinjiang (slight increase from the 1960s to 1980s,
decrease during the 1980s to the late 1990s, and increases after

Table 2 Linear trends of the
regional NHD (day/decade) and
FHW (frequency/decade) based
on two indices over four
sub-regions

Regions NHD FHW

Absolute index Percentile index Absolute index Percentile index

National 0.05** 0.14** 0.07** 0.19**

Chuanyu 0.70* 1.80** 0.06 0.15**

Huanghuai −0.04 0.30 −0.001 0.05

Southeast 1.20** 1.70** 0.21** 0.25**

Xinjiang 0.59** 0.92** 0.09** 0.14**

* represents exceeding the 90 % significance level

** represents exceeding the 95 % significance level
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the end of the 1990s). Changes of regional averaged NHD
based on percentile index for sub-regions during 1961–2013
(figures are omitted) are consistent with those based on abso-
lute index (Fig. 9).

Changes of regional averaged FHW based on abso-
lute index and percentile index for four sub-regions dur-
ing 1960–2013 (figures are omitted) are consistent with
those based on the NHD (Fig. 9). The FHW of the four
sub-regions increased rapidly since 1990s. It is found
that all of the four sub-regions have the significant
inter-decadal variation.

The results of trend and inter-decadal variation of the
regional-averaged NHD and FHW are compared with the
EOF modes. It is found that the linear trends for the
sub-regions are basically consistent with the features of

EOF1 mode. Inter-decadal variations for the sub-regions are
generally in accord with the results of EOF2 mode.

3.2.4 Abrupt shifts

Although the NHD and the FHW of the four sub-regions ex-
hibit obvious inter-decadal variation, the abrupt shift is not
clear. The Mann-Kendall method and 11-year sliding t-test
are used to examine whether the four regional NHD and
FHW exhibited sudden shifts during 1960–2013.

Mann-Kendall statistic curves of the regional NHD
based on absolute index for four sub-regions during
1960–2013 are displayed in Fig. 10. The intersection
points appeared in 1978 and 2000 over Chuanyu area
(Fig. 10a), indicating that there were two sudden shifts

Fig. 7 Decadal variations of the summer averaged NHD based on
absolute index during 1961–2010 over China. Difference of average
NHD between 1971–1980 and 1961–1970 (a), between 1981–1990 and

1971–1980 (b), between 1991–2000 and 1981–1990 (c), between 2001–
2010 and 1991–2000 (d)
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(1978 and 2000) of regional NHD in recent 54 years.
Figure 10b shows that abrupt shifts in Huanghuai area
basically coincided with Chuanyu area, with sudden
shifts in 1973 and 2000. Based on the results of
Mann-Kendall method, it is found that a sudden shift
of the regional NHD occurred in 2003 over Southeast
area (Fig. 10c). However, no abrupt shift of the regional
NHD in Xinjiang area is found in the recent 54 years
(Fig. 10d).

Mann-Kendall statistic curves of the NHD based on
percentile index for sub-regions during 1960–2013 (fig-
ures are omitted) are consistent with the curves based
on absolute index (Fig. 10). Table 3 shows the years of
abrupt shifts of the regional NHD and FHW based on
absolute index and percentile index over the four sub-
regions during 1960–2013. It is found that the years of

abrupt shifts of the regional NHD based on percentile
index are 2–3 years earlier compared with those of the
NHD based on absolute index.

The abrupt shifts of the regional FHW based on absolute
index and percentile index during 1960–2013 (figures are
omitted) are similar to those of the NHD. When the
regional FHW is investigated based on absolute index,
the two sudden shifts appeared in 1978 and 2000 over
Chuanyu area in recent 54 years; abrupt shifts occurred
over Huanghuai area in 1973 and 2000; one sudden
shift occurred in 2000 over Southeast area; no abrupt
shift of regional FHW is found over Xinjiang area in
recent 54 years. Table 3 also indicated that the years of
abrupt shifts of the regional FHW based on percentile
index are 2–3 years earlier compared with those results
based on absolute index.

Fig. 8 Decadal variations of the summer averaged NHD based on
percentile index during 1961–2010 over China. Difference of average
NHD between 1971–1980 and 1961–1970 (a), between 1981–1990 and

1971–1980 (b), between 1991–2000 and 1981–1990 (c), between 2001–
2010 and 1991–2000 (d)
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In addition, the 11-year sliding t-tests are performed on the
above variation of the regional NHD and the regional FHW

over the four sub-regions; the results are consistent with those
based on the Mann-Kendall method.

Fig. 9 Changes of the regional NHD based on absolute index during
1960–2013 for Chuanyu (a), Huanghuai (b), Southeast (c), and
Xinjiang (d). The blue solid line depicts the number of heat days; the

red dashed line depicts binomial 9a sliding average of regional NHD; the
black dotted line depicts a linear trend; the black solid line depicts the
average of regional NHD during 1960–2013

Fig. 10 Mann-Kendall statistic curves of the regional NHD based on absolute index for Chuanyu (a), Huanghuai (b), Southeast (c), and Xinjiang (d)
during 1960–2013 (the blue line depicts UF, the red line depicts UB, the two black lines are the significance level of 0.05)
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4 Discussion

In order to investigate the relationship between the two indi-
ces, we calculate the correlation coefficients over each station
between the absolute index and the percentile index for the
NHD and the FHW during 1960–2013. The national averaged
coefficients over China are 0.76 and 0.58, respectively, both
exceeding the 95 % significance level. Differences between
the two indices for the NHD and the FHW mainly existed in
west and north China. Because daily maximum temperatures
over west and north China are generally below 35 °C, the
quantitative values of the NHD and the FHW are tiny when
the threshold is 35 °C. If using the percentile index, the spatial
and temporal features for the NHD and the FHW are well
displayed. Therefore, the percentile index is more reasonable
than absolute index over China.

To demonstrate the relationship between the NHD and the
FHW, we calculate the correlation coefficients over each sta-
tion between the NHD and the FHW for the absolute index
and the percentile index during 1960–2013. The national av-
eraged coefficients over China are 0.77 and 0.78, respectively,
exceeding the 95 % significance level, indicating that the
NHD and the FHW are well associated. The results of the
EOF analysis show that the explained variance of the FHW
is smaller than the NHD, indicating that the spatial and tem-
poral features of the FHWare more complicated. Heat wave as
a continuous extreme temperature event, the occurrence
mechanism, and sustaining mechanism are complicated.

Comparing with recent researches which focus on clima-
tology and tendency of a hot day and heat wave (Ding et al.
2009; Zhou and Ren 2011; Xu et al. 2013), our results are
generally consistent with the researches. For the decadal var-
iations of NHD based on the two indices (Figs. 7 and 8), the
conclusions found in our manuscript are consistent with for-
mer researches (Shi et al. 2009; Sun et al. 2011). Our results
are more comprehensive because the updated temperature da-
ta frommore stations and length are used. Qi andWang (2012)
found that extreme heat days exhibit an abrupt shift in the
early 1990s for the average of whole China, but our manu-
script indicated that abrupt shifts occurred in 1970s and
around 2000 for the four sub-regions; the differences may be
attributed to updated dataset and significant regional
characteristic.

Under the background of global warming, the cooling trend
is identified in east-central China. From the decadal variations
(Figs. 7 and 8) and the changes of regional NHD for
Huanghuai area (Fig. 9b), we found that the cooling trend in
east-central mainly occurred before 1990. The possible mech-
anisms for this unexpectedly cooling trend include two major
aspects. One possible reason is the increasing of atmospheric
aerosols. Most aerosols reflect sunlight to space and have a
global cooling effect (Penner et al. 2004). Therefore, it may
contribute to a decreasing tendency of extreme temperature.
Yu et al. (2004) and Yu and Zhou (2007) indicated that the
cooling trend in central China may be connected to strato-
spheric temperature changes and involves interaction between
the troposphere and stratosphere. Model simulations sug-
gested a significant contribution by sulfate aerosols to the
cooling, which induces a positive gradient of air temperature
in the middle-upper troposphere and an enhanced East Asian
summer monsoon, leading to more clouds over central China
(Li et al. 2007).

Present investigation found that under global warming, the
NHD and the FHW exhibit significant inter-decadal variation
with obvious regional features. There are numerous factors
responsible for the spatial and temporal features of extreme
temperature events, such as atmospheric circulation, sea-air
interaction, and land surface. Further studies are needed to
explore the mechanism of the spatial and temporal features
of extreme temperature events.

5 Summary

Based on daily air temperature data from 772 stations over
China, present study adopts absolute index and percentile in-
dex to investigate the spatial and temporal features of summer
extreme temperature over China during the period of 1960–
2013. Xinjiang and southeastern China are twomajor domains
where heat days and heat waves frequently occur. The NHD
and the FHW have a consistent increasing trend throughout
the country except for Shandong and Henan provinces where
a decreasing trend is identified. Compared with the trend of
the NHD and the FHW based on absolute index, there is a
larger tendency of increasing for the NHD and the FHWbased

Table 3 Years of abrupt shifts of
the regional NHD and FHW
based on two indices over four
sub-regions during 1960–2013

Regions NHD FHW

Absolute index Percentile index Absolute index Percentile index

Chuanyu 1978, 2000 2000 1978, 2000 1976, 2000

Huanghuai 1973, 2000 1973, 1998 1973, 2000 1973, 1997

Southeast 2003 1999 2000 1999

Xinjiang – – – –
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on percentile index and the distribution of great increasing
areas are more scattered with strong regional characteristics.

For the NHD and the FHW based on absolute index, the
most significant feature, revealed by EOF1 and PC1, is that
the NHD and the FHW decreased over south China during
1960 to late 1990s and increases during the late 1990s to 2013.
The EOF2 and PC2 display a decadal variability with 10a
period, indicating an opposite anomaly between Huanghuai
area and south China. For the NHD and the FHW based on
percentile index, the most prominent feature revealed by
EOF1 and PC1 is a uniform variation over China, with a
decrease over China during 1960 to late 1990s, and an in-
crease during the late 1990s to 2013. EOF2 and PC2 reveal
that the NHD and the FHW decreased in north China during
1960 to 1995, but increased in south China; the trends re-
versed in these areas during 1995 to 2013.

Both the NHD and the FHW display significant inter-
decadal variations over China. Although the changes for four
regions (Xinjiang, Huanghuai, Chuanyu, and Southeast)
displayed differences, the NHD and the FHW for all regions
increased significantly after mid-1990s. Based on the Mann-
Kendall method and 11-year sliding t test, Chuanyu had
abrupt shifts in 1978 and 2000; Huanghuai had sudden shifts
in 1973 and 2000; southeast China had an abrupt shift in the
late 1990s; Xinjiang had no sudden shift during 1960–2013.
The years of abrupt shifts of the regional NHD and the region-
al FHW based on percentile index are generally 2–3 years
earlier compared with those based on absolute index.
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Abstract Using multiple datasets, including three grid
datasets (ERA-Interim, WFDEI, and SURF) and one station
dataset, we analyzed the climatological distributions and
trends of daily maximum air temperature (DMAT) and num-
ber of heat days (NHD) over China from 1979 to 2012. In
general, all the three grid datasets show the highest climato-
logical DMAT and NHD values in Xinjiang and southeast
China, and increasing trends of DMAT and NHD in most of
China. Nevertheless, both the climatological condition and
trend exhibit differences in detail among the three grid
datasets. Using the observed grid dataset (SURF) as a refer-
ence, the results show that the WFDEI dataset is closer to
SURF than ERA-Interim in characterizing climatological fea-
tures of DMAT and NHD, and the values from ERA-Interim
dataset are lower than the SURF in most part of China. Since
the trends of NHD in WFDEI are smaller than those in the
other two grid datasets, especially in the middle and lower
beaches of the Yangtze River, ERA-Interim is better than
WFDEI in representing the trends of NHD. In four regions:
Chuanyu, Huanghuai, Xinjiang, and Southeast where the
NHD occurs frequently and increases rapidly, the WFDEI is
more reliable than ERA-Interim due to the fact that the chang-
es of regional NHD in WFDEI are more consistent with those

in observed datasets. Because there exist biases in the records
of DMAT between the ERA-interim andWFDEI, it is better to
adopt percentile index than absolute threshold to study the
changes of China extreme air temperature when using reanal-
ysis datasets.

Keywords Multiple datasets . Extreme air temperature . Root
mean square difference . Trend differences

1 Introduction

The occurrence and change of extreme air temperature have
attracted much attention globally because of their high impacts
(Coumou and Rahmstorf 2012; Perkins et al. 2012; Zander
et al. 2015; Zhao et al. 2016). Extreme air temperature events
have significant influences on society and ecosystem, affecting
the consumption of electricity and water, and inducing forest
fires and crop losses (Peng et al. 2004; Coumou and Rahmstorf
2012). Besides, since prolonged exposure to extreme high air
temperature could lead to heat-related illnesses, such as heat-
stroke, heat exhaustion, heat cramps, and respiratory diseases
(Luber and McGeehin 2008; Lu and Chen 2016), heat waves
have disastrous consequences on occupational safety and hu-
man health (Robine et al. 2008; Kjellstrom et al. 2009; Dunne
et al. 2013; Gu et al. 2016) and result in an increase of morbid-
ity and mortality, especially in the elderly persons (Kilbourne
1997). The European heat wave in August 2003 caused more
than 70,000 excess deaths, with 14,800 heat-related deaths in
France alone (Bouchama 2004; Robine et al. 2008). In themore
recent 2013 heat wave in eastern China, over 5600 heat-related
illnesses were reported (Gu et al. 2016; Zhao et al. 2016).
Comparing to the decade before (1991–2000), the number of
deaths (136,000) due to heat waves increased rapidly (by
2300%) during the most recent decade (2001–2010), and the
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increase in deaths caused by heat events was much larger than
the overall increase of 20% due to various extreme weather
events including heat, cold, drought, storm, and floods
(WMO 2013; Lu and Chen 2016).

Extreme air temperature weathers have become more fre-
quent on the global scale under global warming (IPCC 2013).
Climate models have projected an increasing trend in the fre-
quency, intensity, and duration of air temperature extremes in
the future (Kharin et al. 2007; Perkins et al. 2013). The changes
of air temperature extremes over China exhibit significant spa-
tial and temporal features. Recent researches indicated that ex-
treme air temperature showed an increasing tendency through-
out the country, especially in southeast China and Xinjiang
province where the increasing values of heat days are more
than 5 days/10 year (Wei and Chen 2009; Ding et al. 2010;
Wang et al. 2012; Xu et al. 2013; Sun et al. 2014; Hu et al.
2016), while a weak decreasing trend which may partly due to
the increasing of atmospheric aerosols and stratospheric tem-
perature changes (Penner et al. 2004; Li et al. 2007; Yu and
Zhou 2007) was identified in east central China. In addition, the
details of trend show complex structures and regional charac-
teristics, with the trend being dependent on the time period and
the latitude of stations (Lu and Chen 2016). Some studies have
suggested that the frequency of air temperature extremes
showed a decadal variation with an obvious increase through-
out the country since 1990s (Shi et al. 2009; Sun et al. 2011; Hu
et al. 2016) and exhibited abrupt shifts in the 1990s (Qi and
Wang 2012; Hu et al. 2016). Circulation anomalies are consid-
ered as a major factor affecting extreme heat, and the diversity
and regional features of circulations should be emphasized (Lu
and Chen 2016). Besides, high temperature extremes in China
are affected by remote factors, including North Atlantic
Oscillation (Sun 2012), Indian Ocean SST anomalies (Hu
et al. 2012), and ENSO (Hu et al. 2013). Meanwhile, other
studies indicate the impacts of underlying land surface on ex-
treme temperature (Zhang et al. 2015).

Due to the complex structures and regional characteristics
of the spatial and temporal features in extreme heat, the results
are sensitive to the choice of datasets. Therefore, to improve
the objectivity of results, it is important to choose a credible
one among the various datasets before it could be used in
analyzing the extreme air temperature. Previous studies indi-
cated that each dataset has its own advantages and disadvan-
tages, with inconsistent performances depending on the re-
gion, target period, and physical quantity, and there exist dif-
ferences between various datasets to some extent (Huang
2006; Zhao and Fu 2006). However, there is lack of researches
on comparison of datasets focusing on extreme heat events.
For instance, Huang (2006) indicate that temperature at lower
troposphere derived from ERA-40 is more reliable than from
NCEP, and NCEP is more reliable than ERA-40 at upper
troposphere. The objectives of present paper are to examine
the performance of multiple datasets in characterizing the

changes of extreme air temperature over China with providing
the spatial and temporal features of extreme air temperature
among the various datasets and to examine the credibility of
the two reanalysis datasets (ERA-Interim and WFDEI) with
using the observed datasets as references in terms of the cli-
matological features and trends of daily maximum air temper-
ature (DMAT) and number of heat days (NHD).

2 Data and method

2.1 Meteorological data

The records of daily maximum air temperature are obtained
from four datasets (three grid datasets and one station dataset)
in present study, and the three grid datasets have a 0.5° ×
0.5° horizontal resolution (equal to 55 × 55 km approximately)
covering the China region. Due to the fact that two reanalysis
datasets (WFDEI and ERA-Interim) are available from 1979
forward, the present study mainly focuses on the period 1979–
2012. The details of these datasets are introduced as follows.

The ERA-Interim is the global atmospheric reanalysis pro-
duced by the European Centre for Medium-Range Weather
Forecasts (ECMWF) and has substantial improvements com-
pared to ERA-40 in many aspects, such as the representation
of the hydrological cycle, the quality of the stratospheric cir-
culation, and the consistency in time of the reanalysis fields
(Dee et al. 2011).

The WATCH-Forcing-Data-ERA-Interim (WFDEI) cli-
mate dataset (Weedon et al. 2014) is generated by applying
bias correction to the ERA-Interim reanalysis product (Dee
et al. 2011), following the same methodology implemented
for a widely used WATCH Forcing Data (WFD) (Weedon
et al. 2011). This dataset has the advantage of a high spatio-
temporal resolution and a wide use for land surface modeling
forcing (Zhao et al. 2015).

The China surface temperature grid dataset (SURF) is col-
lected and processed by National Meteorological Information
Center (NMIC) of the China Meteorological Administration
(CMA). This dataset is obtained by spatial interpolation based
on 2472 national stations over China, using the Thin Plate
Spline (TPS) and combining with 3D geographical informa-
tion. Therefore, it is reasonable to consider this dataset as a
reference when examining the credibility of the reanalysis
datasets (ERA-Interim and WFDEI).

In Sect. 3 and Sect. 4, we analyze the DMAT and NHD
only based on the three grid datasets, which are conductive to
quantitative comparison with serving the SURF dataset as a
reference. In Sect. 5, we use the station dataset as well, which
is derived from NMIC of CMA, for authentication, and the
temperature was recorded according to the standard observa-
tion rules for China. The observed values are quality con-
trolled using the NMIC conventional procedures, including
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the climatological limit check, the station or regional extremes
check, the internal consistency check, the temporal and spatial
consistency checks, etc. (Li et al. 2009; Xu et al. 2013). The
year with no missing values is judged as available, and a
station with 30 or more available years during 1979 to 2012
is adopted in this analysis.

2.2 Methods

Present investigation chose two widely used indicators to
characterize the extreme air temperature: absolute threshold
and percentile index. CMA considers 35 °C of DMAT as a
threshold to define extreme air temperature (absolute thresh-
old). DMAT from 1981 to 2010 in June, July, and August are
ranked in an ascending order, and then, the 90th percentile is
chosen from the order as the percentile threshold (percentile
index). The day when DMATexceeds the threshold is defined
as a heat day, and the number of heat days (NHD) is analyzed
emphatically in present study.

3 The climatological condition and trend of DMAT

The climatological condition of DMAT in summer from 1981
to 2010 derived from three grid datasets is shown in Fig. 1a–c.
Spatial patterns for the climatological conditions of DMAT
among the three grid datasets are generally similar to each
other, with high values (more than 30 °C) over Xinjiang prov-
ince, Chuanyu area, and southeast China, and low values (less
than 25 °C) in the Qinghai-Tibet Plateau and northeast China.
Pattern correlation coefficients among three grid datasets are
high, with 0.992 between ERA-Interim and SURF, 0.996 be-
tween WFDEI and SURF, and 0.995 between ERA-Interim
and WFDEI. Since the SURF dataset is interpolated from
high-resolution observed dataset directly, it features more re-
gional characters than the other two reanalysis datasets (ERA-
Interim and WFDEI).

Figure 1d–f shows the root mean square difference (RMSD)
between ERA-Interim and SURF, betweenWFDEI and SURF,
and between ERA-Interim andWFDEI, respectively. There is a
common feature to note. The distribution of RMSD shows
obvious east-west characteristics, with high values in western
China and low values in eastern China basically. It indicates
that the DMAT among datasets are diverse largely in the west-
ern China and consistent in the eastern China. If we consider
that the DMAT record in SURF dataset is true, the DMAT
record in WFDEI and EAR-Interim exists significant errors in
the western China. And we found that the RMSD between
WFDEI and SURF are smaller than those between ERA-
Interim and SURF, with values less than 2.0 in most of regions
throughout the country, suggesting that the DMAT records in
WFDEI is relatively better than EAR-Interim.

Figure 2a–c displays the trends of DMAT during 1979 to
2012 obtained from ERA-Interim, WFDEI, and SURF. The
DMAT increases almost in all the country, with higher values
in northern China than southern China, and in inland than
coastal regions. Increasing rate of DMAT is more than
0.6 °C/10 years in most parts of northern China and lower than
0.2 °C/10 years in southern China except for the Yangtze River
Basin where the trends are significantly larger than surrounding
regions. In detail, the trends of DMAT derived from ERA-
Interim are higher over most regions, especially in northern
China, while the tendency obtained from WFDEI is lower
compared to the other two datasets (ERA-Interim and SURF)
over middle and lower reaches of the Yangtze River and ex-
hibits a weak decreasing trend over Guangxi province. Pattern
correlation coefficients of the trends are 0.90 between ERA-
Interim and SURF, 0.91 between WFDEI and SURF, and 0.87
between ERA-Interim and WFDEI. The result shows that
WFDEI is slightly better than EAR-Interim in capturing the
trends of DMAT over China.

To assess the significance of trend differences between
datasets, we calculate the difference from two time series of
DMAT from two datasets: d(t) = x(t)–y(t), and then determine
whether the trend in d(t) is significantly different from zero
(Santer et al. 2000). The details of this approach applied to
present study are illustrated as follows:

dERA−SURF ¼ e tð Þ−s tð Þ ð1Þ
dWFDEI−SURF ¼ w tð Þ−s tð Þ ð2Þ
dERA−SURF ¼ e tð Þ−w tð Þ ð3Þ

The e(t), w(t), and s(t) are the time series of DMAT derived
from ERA-Interim, WFDEI, and SURF; and dERA − SURF ,
dWFDEI − SURF , dERA − SURF are the time series of difference be-
tween ERA-Interim and SURF,WFDEI and SURF, and ERA-
Interim and SURF, respectively.

Figure 2d–f shows the trends of difference between ERA-
Interim and SURF, WFDEI and SURF, and ERA-Interim and
SURF. The trends of dERA − SURF (Fig. 2d) display that regions
passing the test of statistical significance are mainly located in
Xinjiang province, eastern Tibet, and coastlands. This indi-
cates that the trends of DMAT obtained from ERA-Interim
and SURF have significant discrepancies over these regions
and are generally consistent over the other areas. As Fig. 2e
shows, the areas where the trend of dWFDEI − SURF exceeds the
95% significance level are scattered and the values of trend are
small basically, illustrating that the trends of DMAT derived
from WFDEI and SURF have similar values. Figure 2f man-
ifests that the trends of DMAT calculated from ERA-Interim
and WFDEI exhibit obvious deviation over mid-western
China and coastal regions.

The above comparisons show that the results derived from
WFDEI are more consistent with SURF than ERA-Interim.
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Thus, WFDEI is better than ERA-Interim to capture the cli-
matological condition and tendency of DMAT from compre-
hensive comparisons.

4 The climatological condition and trend of NHD

4.1 Climatological condition

The present study adopts absolute threshold (35 °C) and per-
centile threshold (90 percentile of DMAT from 1981 to 2010
in summer) to define the heat day. The climatological distri-
butions of NHD based on absolute threshold during 1981 to
2010 obtained from ERA-Interim, WFDEI, and SURF are

displayed in Fig. 3a–c. Spatial patterns derived from three
datasets are consistent with each other, with heat days that
occur frequently over Xinjiang province and southeast
China, but the values of NHD obtained from three datasets
exhibit obvious differences. In comparison, the climatological
values of NHD derived from ERA-Interim (Fig. 1a) are small-
er than those from the other two datasets (WFDEI and SURF),
especially in two regions—Xinjiang province and southeast
China. In addition, Fig. 3c shows more detailed regional char-
acteristics of NHD in SURF than in the other two reanalysis
datasets (ERA-Interim and WFDEI), especially in southeast
China. Pattern correlation coefficients are 0.71 between ERA-
Interim and SURF, 0.85 betweenWFDEI and SURF, and 0.90
between ERA-Interim and WFDEI, respectively. Once again,

Fig. 1 The climatological distribution (unit: °C) of DMAT during 1981 to 2010 obtained from a ERA-Interim, b WFDEI, and c SURF, and the root
mean square difference (RMSD) of DMAT between ERA-Interim and SURF (d), WFDEI and SURF (e), and ERA-Interim andWFDEI (f), respectively
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the WFDEI is better than ERA-Interim in recording the clima-
tological conditions of NHD.

Figure 3d–f shows the root mean square difference
(RMSD) between ERA-Interim and SURF, WFDEI and
SURF, and ERA-Interim and WFDEI of NHD based on ab-
solute threshold. A common feature is that the values of
RMSD are large in the regions where heat days occur fre-
quently, such as Xinjiang province and southeast China, indi-
cating that the NHD based on absolute threshold is diverse
largely over these regions among the three datasets. In com-
parison, RMSD calculated from two reanalysis datasets

(ERA-Interim and WFDEI) are the smallest (Fig. 3f), follow-
ed byWFDEI and SURF (Fig. 3e), while the values of RMSD
derived from ERA-Interim and SURF are the largest (Fig. 3d).

Spatial patterns of the 90th percentile from DMAT (TX90)
in summer from 1981 to 2010 calculated from ERA-Interim,
WFDEI, and SURF are generally comparable (Fig. 4a–c),
with high values in Xinjiang province and southeast China.
In comparison, there are two major different features of TX90
between the three grid datasets. First, the values of TX90
obtained from ERA-Interim are smaller than WFDEI and
SURF, especially over Xinjiang province and southeast

Fig. 2 The trend (unit: °C/10y) of DMAT during 1979 to 2012 derived
from a ERA-Interim, bWFDEI, and c SURF, and trend of difference time
series between d ERA-Interim and SURF, e WFDEI and SURF, f ERA-

Interim and WFDEI. The point signs indicate grids exceed the 95%
significance level

Performance of datasets in charactering extreme temperature 623



China. Second, the spatial distribution of TX90 derived from
SURF displays distinct regional features, which are not appar-
ent in two reanalysis datasets: ERA-Interim and WFDEI.
Spatial pattern correlation coefficients of TX90 between the
three datasets are larger than those based on absolute thresh-
old, with 0.97 between ERA-Interim and SURF, 0.98 between
WFDEI and SURF, and 0.98 between ERA-Interim and
WFDEI.

The values of RMSD among the three gird datasets of
NHD based on percentile index (Fig. 4d–f) are smaller than
those based on absolute threshold generally. The RMSD is
generally higher over the south China (south of 35° N) than

north China (north of 35° N), implying that NHD based on
percentile index obtained from the three datasets is more con-
sistent in north China than in south China.

From the values of pattern correlation coefficient and
RMSD, the climatological conditions of NHD based on per-
centile index derived from the three grid datasets are more
consistent than those based on absolute threshold, partly due
to the existence of uniform bias in DMAT among the three
grid dataset. In addition, the results obtained fromWFDEI are
more consistent with SURF than ERA-Interim, revealing that
WFDEI is more credible than ERA-Interim in charactering the
climatological conditions of NHD.

Fig. 3 The climatological condition (unit: days/JJA) of number of heat
days (NHD) based on absolute threshold during 1981 to 2010 obtained
from a ERA-Interim, b WFDEI, and c SURF, and the root mean square

difference (RMSD) between ERA-Interim and SURF (d), WFDEI and
SURF (e), and between ERA-Interim and WFDEI (f)
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4.2 Trend

Figure 5a–c displays the trends of NHD based on absolute
threshold from 1979 to 2012 obtained from ERA-Interim,
WFDEI, and SURF. The NHD increased in most parts of
China, especially over Xinjiang province and southeast
China where the NHD increases by more than 3.0 days/
10 years generally. From Fig. 5b, it can be clearly seen that
the trends obtained fromWFDEI are significantly smaller than
those from the other two datasets (ERA-Interim and SURF),
especially in middle and lower reaches of the Yangtze River,
and have slight decreasing trends in Shandong and Guangxi
province. Pattern correlation coefficients from the trends of

NHD based on absolute threshold are 0.74 between ERA-
Interim and SURF, 0.71 between WFDEI and SURF, and
0.57 between ERA-Interim and WFDEI.

Using the method introduced in Sect. 3 to assess the signifi-
cance of trend differences between datasets, the time series of
difference (dERA − SURF , dWFDEI − SURF , dERA − SURF) for NHD
based on absolute threshold are derived from ERA-Interim and
SURF,WFDEI and SURF, and ERA-Interim and SURF, respec-
tively; then, the trends of difference are calculated, which are
shown in Fig. 5d–f. The regions where the trends of difference
among the three datasets exceed 95% significance level aremain-
ly observed in Xinjiang province. This reveals that a significant
discrepancy exists in the trends of NHD obtained from the three

Fig. 4 The 90 percentile of DMAT (unit: °C) in summer during 1981 to 2010 obtained from a ERA-Interim, bWFDEI, and c SURF, and the root mean
square difference (RMSD) between ERA-Interim and SURF (d), WFDEI and SURF (e), and between ERA-Interim and WFDEI (f)
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datasets in Xinjiang province and the trends tend to be generally
consistent in most parts of China.

The NHD based on percentile index increased throughout the
country from 1979 to 2012, with most parts exceeding the 95%
significance level (Fig. 6a–c). Compared with the trends of NHD
based on absolute threshold, the increasing tendency based on
percentile index is large. The regions where NHD increasedmost
rapidly are mainly in north China from the two reanalysis
datasets, and in central China from SURF. In comparison with
WFDEI and SURF, the trends of NHD based on percentile index
obtained from ERA-Interim are smaller in Tibet Plateau and are

larger in northwest China (Fig. 6a). From Fig. 6b, the values of
trend calculated from WFDEI are smaller than those from the
other two datasets (ERA-Interim and SURF) in most parts of
China, and a decreasing tendency is identified over Guangxi
province. Pattern correlation coefficients calculated from the
trends of NHD based on percentile index are larger than those
based on absolute threshold, with 0.81 between ERA-Interim
and SURF, 0.79 between WFDEI and SURF, and 0.73 between
ERA-Interim and WFDEI.

The trends of difference for NHD based on percentile index
derived from ERA-Interim and SURF, WFDEI and SURF, and

Fig. 5 The trend (unit: days/10 years) of NHD based on absolute
threshold during 1979 to 2012 derived from a ERA-Interim, b WFDEI,
and c SURF, and trend of difference time series between d ERA-Interim

and SURF, e WFDEI and SURF, f ERA-Interim and WFDEI. The point
signs indicate grids exceed the 95% significance level
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ERA-Interim and WFDEI are displayed in Fig. 6d–f. It can be
concluded from the figures that the trends of NHD based on
percentile index have significant differences in middle-west
China between the three datasets, while they are generally con-
sistent in eastern China.

Among the three grid datasets, the trends of NHD based on
percentile index are more consistent than those based on absolute
threshold, with the values of pattern correlation coefficients larger
and trends of difference from time series among datasets smaller
when based on percentile index. Since the trends of NHD based
on two indices derived from WFDEI are smaller than ERA-
Interim and SURF over middle and lower reaches of the
Yangtze River, the spatial distribution of trends from ERA-

Interim is more consistent with SURF relatively, indicating that
the ERA-Interim is better than WFDEI in discussing the trend
features of heat days.

5 Variations of extreme air temperature in typical
regions

According to the climatological distribution and trend of NHD
based on two indices, four typical regions are chosen:
Xinjiang region (75–92°E, 35–50°N), Huanghuai region
(110–120°E, 30–38°N), Southern region (110–122°E, 22–
30°N), and Chuanyu region (103–108°E, 28–33°N). The four

Fig. 6 The same as Fig. 5 but based on percentile index
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typical regions are the areas where the heat day occurs fre-
quently and displays significant increasing trends. In addition
to the three grid datasets, the analysis in this section includes
the station dataset as well.

The changes of regional-averaged NHD based on ab-
solute threshold from the four datasets over the
Chuanyu, Huanghuai, Xinjiang, and Southern regions
are shown in Fig. 7a–d. From Fig. 7a, the NHD over
Chuanyu had little change from 1979 to late 1990s and
increased rapidly since the late 1990s. Figure 7b, c in-
dicates that the NHD over Huanghuai and Xinjiang
maintained a steady increasing tendency during 1979
to 2012. The NHD over Southern region showed a
slight decreasing trend from 1979 to late 1990s and a
significant increasing trend after the late 1990s (Fig.
7d). Over the four typical regions, the NHD based on
absolute threshold showed an increasing trend basically,
but the details of change features exhibited regional
characteristics. In comparison, the changes of regional
averaged NHD display different features among the four
datasets. First, the values of regional-averaged NHD de-
rived from station dataset are obviously larger than
those in the three grid datasets, especially over
Chuanyu and Southern areas. Besides, over the four
typical regions, linear trends of regional NHD during
1979 to 2012 from station datasets and SURF are larger
than those from the two reanalysis datasets (ERA-
Interim and WFDEI). Second, the variation features of

regional-averaged NHD derived from four datasets are
consistent generally, with the correlation coefficients be-
tween four datasets all above 0.9. Third, from the two
reanalysis datasets, the values of regional-averaged
NHD calculated from WFDEI are closer to SURF and
station dataset than ERA-Interim, especially in Xinjiang
and Southern areas.

Figure 8a–d reveals the changes of the regional-
averaged NHD based on percentile index during 1979
to 2012 derived from the four datasets in typical re-
gions. The temporal features of NHD based on percen-
tile index are consistent with that based on absolute
threshold, with an increasing tendency generally. Basic
coincidences are found among the curves calculated
from the four datasets, indicating that the values and
change features agree with each other among the
datasets. However, the linear trends of regional-
averaged NHD derived from station dataset and SURF
are larger than those from ERA-Interim and WFDEI.

From the above comparisons, it can be concluded that the
percentile index is a better choice than the absolute threshold
in analyzing the regional changes of extreme air temperature
from the reanalysis datasets, such as ERA-Interim and
WFDEI. In addition, the values and temporal features calcu-
lated from WFDEI are more consistent with the observed
datasets than those from the ERA-Interim, suggesting that
WFDEI is better than ERA-Interim in charactering regional
features in typical regions.

a

c

b

d

Fig. 7 Changes of the regional NHD (unit: days/JJA) based on absolute threshold during 1979 to 2012 over aChuanyu, bHuanghuai, cXinjiang, and d
Southern regions. The black lines depict station dataset, blue lines depict ERA-Interim, red lines depict WFDEI, green lines depict SURF
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6 Discussions

Over mainland China on the whole, we have shown in the
present study that DMATandNHD have evidenced increasing
trends, and global warming plays a key role in the variations
of extreme temperature (Wei and Chen 2009). Else, both the
black carbon produced by incomplete combustion
(Ramanathan and Carmichael 2008) and increasing radiation
associated with reduced clouds (Wild et al. 2005) contribute to
warming and increasing of DMATand NHD. Comparing with
recent researches which focus on climatological condition and
tendency of hot days and heat waves (Ding et al. 2010; Zhou
and Ren 2011; Xu et al. 2013; Hu et al. 2016), the results in
this paper are generally consistent with the finding in previous
publications. The trends of DMAT and NHD here are gener-
ally a bit significant than those in the previous studies, and
these differences mainly ascribed to the difference data pro-
cessing methods used and time periods analyzed.

From the trend of NHD based on two indices, we found a
weak decreasing trend in central China. The previous studies
indicate that high temperature extremes in central China ex-
perienced a weak cooling trend during 1970s to early 1990s
and a significant increasing trend since the middle 1990s (Wei
and Chen 2009; Hu et al. 2016). There are two possible mech-
anisms contributing to this unexpectedly cooling trend. As
most aerosols reflect sunlight to space and have a global
cooling effect (Penner et al. 2004), the increasing of atmo-
spheric aerosols in central China lead to a decreasing tendency
of high temperature extremes to some extent. Yu and Zhou
(2007) showed that the cooling trend in central China

connected to stratospheric temperature changes and interac-
tion between the troposphere and stratosphere. As global
warming continued to develop, the competition between re-
gional cooling and global warming became biased toward the
latter one, which then leads to the abrupt change in climate
event extremes (Wei and Chen 2009).

According to the RMSD distributions and trends for differ-
ences between datasets, central-west parts of China are the
major domains where most significant difference of results
based on different datasets occurred. Since conventional ob-
servation is insufficient in central-west China, more uncon-
ventional observations are used in the reanalysis datasets.
Biases are produced from assimilating unconventional datum
including satellite and radar into reanalysis and other data
processing. Else, the differences of results between datasets
are more significant based on absolute index than percentile
index, and this may be due to the biases in the records of
DMAT between datasets.

A significant warming impact of urbanization on both
mean and extreme temperature has been evaluated from pre-
vious studies (Zhou et al. 2004; Ren and Zhou 2014). The
magnitudes of warming due to urbanization are different for
daily maximum and daily minimum temperature and for dif-
ferent seasons, with stronger warming in winter and spring as
opposed to summer, and larger increases in daily minimum
temperature than daily maximum temperature (Wen Han et al.
2013; Ren and Zhou 2014; Sun et al. 2014). After providing
some quantification of urbanization effect on summer temper-
atures, Sun et al. (2014) indicated that extreme summer heat is
increasing with little urbanization effects. As present study

a b

c d

Fig. 8 The same as Fig. 7 but based on percentile index
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focuses upon daily maximum air temperature and warm days
in summer over China, we did not eliminate the urbanization
effect.

Although it is well known that grid datasets have no similar
reliability as station datasets, there are no quality-controlled
station datasets in some regions, such as desert areas and high-
latitude localities. Thus, reanalysis datasets have to be chosen,
and the present study can provide basis for selection of reanal-
ysis datasets to some extent.

7 Summary

It is important to examine the performance of a dataset before
it could be used in analyzing the spatial and temporal character
of extreme air temperature in China. Using observed datasets
as references, this study examines the climatological features
and trends of daily maximum air temperature (DMAT) and
number of heat days (NHD) in two widely used reanalysis
datasets: ERA-Interim and WFDEI. The primary findings of
the present study are as follows:

(1) All the datasets show that the maximum climatological
conditions of DMAT mainly occurred in Xinjiang prov-
ince and Southeast China, and the DMAT increased al-
most in all of the China, with the largest trends in north
China and decreasing gradually from north to south. The
main discrepancy of climatological conditions of DMAT
between the reanalysis datasets and observed datasets is
found in the west China, and main biases for the trends of
DMAT among the datasets mainly exist in west China
and coastal regions. Moreover, we found that the results
derived from WFDEI are more consistent with SURF
than those from ERA-Interim, suggesting that the
WFDEI is better than ERA-Interim in analyzing the spa-
tial and temporal characters of DMAT in China.

(2) We use two indices: the absolute threshold and percentile
index to define the heat day. All the datasets show that
Xinjiang and southeast China are two regions where heat
days happened frequently. The NHD had an increasing
tendency over the whole country, with high values in
Xinjiang and southeast China based on absolute thresh-
old and in north China and central China based on per-
centile index. The climatological values of NHD obtain-
ed from ERA-Interim are smaller than those from
WFDEI and SURF, and there are significant differences
in the trends of NHD in middle-west China among the
three datasets, while the trends are generally consistent in
eastern China. WFDEI is better in capturing the climato-
logical features of NHD than ERA-Interim, and ERA-
Interim is slightly better to characterize the trends of
NHD. Besides, the climatological conditions and trend
of NHD derived from the three grid datasets are more

consistent based on percentile index than those based on
absolute threshold, with the values of pattern correlation
coefficient larger and trends of difference from time se-
ries smaller based on percentile index.

(3) According to the climatological distribution and trend of
NHD based on the two indices, four typical regions are
selected: Xinjiang (75–92°E, 35–50°N), Huanghuai
(110–120°E, 30–38°N), Southern (110–122°E, 22–
30°N), Chuanyu (103–108°E, 28–33°N). The NHD in
the four regions displays an increasing trend with their
respective regional features. Percentile index is a better
choice when analyzing extreme air temperature over
China based on reanalysis datasets as significant discrep-
ancies are found between the reanalysis datasets and ob-
served datasets based on absolute threshold. Besides, the
WFDEI is better than ERA-Interim to analyze the varia-
tion features of regional NHD in the selected regions.

Results are sensitive to the choice of datasets due to the
fact that discrepancies exist between the changes of DMAT
and NHD derived from multiple datasets in various de-
grees, and present study exhibits the difference quantita-
tively. It can be concluded that WFDEI is more reliable
than ERA-Interim in charactering the spatial and temporal
features of extreme air temperature from the comprehen-
sive qualitative and quantitative analyses for DMAT and
NHD over China. Besides, present study indicates that per-
centile index is a better choice when the features of ex-
treme air temperature variations over China are obtained
from reanalysis datasets.
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ABSTRACT

Central Africa (CA) is identified as a location of a large positive trend of the occurrence of heat waves

(HWs) during 1979–2016, appearing to result mostly from a regime shift around the year 2000. Therefore, we

study the evolution of synoptic features associated with the occurrence of HW events in CA. It is found that

the HW-related circulation is typically characterized by an anomalous convergence in the upper troposphere

but there are important differences for HW events occurring in the south region of CA (CA_S) versus the

north region (CA_N). For the occurrence of the HW events in CA_S, the anomalous subsidence associated

with upper troposphere anomalous convergence is the dominant factor for their occurrence and magnitude:

the strong subsidence leads to warming through greater solar insolation. The HW events in CA_S are also

accompanied by an anomalous surface anticyclone in the north with anomalous northerly flow transporting

heat into the CA_S region. In contrast, although the HW events in CA_N are also associated with upper

troposphere anomalous convergence, the intensity of the convergence is weak with small solar insolation.

Instead, the anomalous warm advection is the main factor for determining the magnitude of the HW events in

CA_N, induced by the prevailing northerly winds acting on the anomalous temperature gradient. Thus, the

synoptic features associated with HW events in the CA_N and CA_S are quite different despite their nearby

locations. The discovered dominant factors for the HW events in CA can be used to improve the forecast skill.

1. Introduction

As a result of anthropogenic global warming, extreme

heat (EH) is projected to become more intense, more

frequent, and longer lasting in the coming decades and

has attracted great attention by society and in the sci-

entific literature (e.g., Meehl and Tebaldi 2004; Kunkel

et al. 2010; Alexander et al. 2013; Lau and Nath 2012;

Weaver et al. 2014). EH exerts notable influences on

both socioeconomic and public health, increasing the

consumption of electricity and water, causing forest

fires, crop losses, and heat-related illness, such as heat

stroke, heat exhaustion, and various respiratory and
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cardiovascular diseases (Zhang and Wang 2002;

Meehl and Tebaldi 2004; Luber and McGeehin 2008;

Coumou and Rahmstorf 2012; IPCC 2012; Lu and Chen

2016). For example, western Russia suffered a record-

breaking heat wave in 2010, causing 55 000 heat-related

deaths, 500 wildfires, and a 30% reduction in its grain

harvest (Dole et al. 2011; Grumm 2011; Coumou and

Rahmstorf 2012). In fact, EH is reported to be the most

dominant cause of weather-related human mortality

among heat, cold, drought, storm, and flood events

(Alexander et al. 2013). Therefore, the increasing threat

of EH calls for a detailed understanding of the physical

causes of its occurrence.

EH is often accompanied by notable changes in

the ambient atmospheric circulation and precipitation

fields, as well as in the condition of the nearby land and

ocean surface (Hu et al. 2011, 2012; Lau and Nath 2012,

2014; Luo and Lau 2017). Since large-scale circulation

is generally considered as a major factor affecting

temperature, previous studies have suggested that an-

ticyclonic anomalies induce the occurrence of EH in

various regions (Meehl and Tebaldi 2004; Maheras

et al. 2006; Gershunov et al. 2009; Chen and Lu 2015;

Lu and Chen 2016; Luo and Lau 2017). Air tempera-

ture is increased through both adiabatic heating and

increasing solar radiation at the surface induced by

subsidence, which is associated with anomalous anti-

cyclones (Zaitchik et al. 2006; Loikith and Broccoli

2012; Chen and Lu 2015).

Not only the vertical flow but also the horizontal flow

affects air temperature through temperature advection.

During July–August over the eastern Mediterranean

region, Ziv et al. (2004) found that the temperature

anomaly is attributable to the combined effect of hori-

zontal advection by prevailing northwesterly winds and

the warming associated with subsidence. Moreover,

Harpaz et al. (2014) concluded that the occurrences of

EH in the eastern Mediterranean region are controlled

by the intensity of the temperature advection, but not by

the prevailing subsidence: the weakening of the north-

easterly winds prior to hot events is the dominant factor.

However, the features of the atmospheric general

circulation associated with the occurrence of EH in

different regions exhibit significant spatial differ-

ences. The circulation affecting neighboring cities

(such as Madrid, Spain and Lisbon, Portugal) can be

quite different (García-Herrera et al. 2005). For in-

stance, southerly anomalies transporting heat from

the south are the dominant factor for the occurrence

of EH in Madrid, while anomalous easterly airflows

that have been previously heated are important to the

EH in Lisbon. In the North America, Loikith and

Broccoli (2012) investigated the characteristics of

observed atmospheric circulation patterns associated

with temperature extremes and found that patterns

vary based on latitude, season, and distance to im-

portant geographic features (e.g., mountains and

coastlines) and pointed out that the anomalous cir-

culation responsible for EH over the southern domain

is distinct from the typical anticyclonic anomaly for

other regions. EH in China also has a similar dis-

crepancy. Chen and Lu (2015) compared the com-

posite synoptic circulation anomalies associated with

extreme heat in eastern China and classified them

into three categories: typical extratropical pattern,

monsoonal pattern, and foehn pattern (strong winds

blowing from the mountains to the plains result in the

foehn effect, which involves drier and warmer air) (Lu

and Chen 2016). This indicates that the impacts of

monsoon and topography should be taken into con-

sideration. Hence, it is necessary to consider the di-

versity and regional features when studying the

circulation associated with the occurrence of EH in

each location.

Engelbrecht et al. (2015) found that temperatures

over parts of the subtropics and central tropical Africa

have been rising at more than twice the global rate.

Both the relatively strong signals of projected climate

change in Africa and the relatively low economic de-

velopment of Africa increase its vulnerability to the

adverse impacts of climate change (Engelbrecht et al.

2015; Nangombe et al. 2018). Africa is one of the most

vulnerable continents due to its high exposure and low

adaptive capacity (IPCC 2014). In particular, there are

tens of millions of subsistence farmers in Africa who

depend on agriculture. In the past three decades, Af-

rica suffered 27% of the world’s reported fatalities

from natural catastrophes (614 250 people) and expe-

rienced 1560 weather-related catastrophes, such as

drought, heat waves, storms, and floods (Munich Re

2011; Russo et al. 2016).

Previous studies mainly focus on the synoptic cir-

culation associated with EH in extratropical regions

(Loikith and Broccoli 2012; Chen and Lu 2015; Luo

and Lau 2017). However, there are few studies that

focus on the heat wave (HW)-related circulation in

tropical regions. For example, Fontaine et al. (2013)

analyzed the recent changes in heat wave occurrences

and atmospheric circulation in Northern Africa dur-

ing spring and summer, but did not investigate the

synoptic features that are responsible for heat waves

events. In the present study, we analyze synoptic

features and circulation patterns accompanying the

occurrence of heat wave events in central Africa

(CA), a location of strong multidecadal trends of EH.

This study is expected to improve the understanding
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of EH in CA that may help improve the forecast of the

occurrence of EH in this region.

The remainder of this paper is organized as follows.

Section 2 introduces the datasets used in this research

and definitions of EH. In section 3, CA is chosen be-

cause of its strong multidecadal trends and further it is

divided into two subregions for detailed analysis. Sec-

tion 4 provides a discussion of the evolution of synoptic

and circulation patterns associated with HW events.

Section 5 examines the dominant factor affecting the

magnitude of HW events. The main conclusions and

discussion are presented in section 6.

2. Data and definitions

a. Data

For the analysis focusing on the satellite era (1979–

2016), daily maximum temperature Tmax datasets are

provided by one observationally based gridded prod-

uct and retrieved from two atmospheric reanalyses.

These datasets are listed below.

1) The Berkeley Earth Surface Temperature (BEST;

Rohde et al. 2013a,b), which provides data on a 18 3 18
grid from 1880 until recent years.

2) The European Centre for Medium-Range Weather

Forecasts (ECMWF) interim reanalysis (ERA-

Interim; Dee et al. 2011), which provides data on a

horizontal resolution of 0.758 latitude 3 0.758 longi-

tude and 23 pressure levels from 1000 to 200 hPa.

3) The National Centers for Environmental Predic-

tion (NCEP)–U.S. Department of Energy (DOE)

AMIP-II reanalysis (NCEP2; Kanamitsu et al. 2002)

during 1979–2016 on a 1.9048 3 1.8758 grid.

We primarily make use of the daily Tmax anomalies

in this study, which are computed by subtracting the

climatological seasonal cycle (1979–2016). The latter is

obtained by computing the 38-yr averages for individu-

al calendar days and then performing a 31-day running

mean. Anomalies rather than actual temperatures are

used to avoid temporal biases associated with seasonal

variations in climatological mean temperature; such

biases could be acute during the transition seasons (e.g.,

Loikith and Broccoli 2012).

To analyze the pertinent synoptic features responsible

for HW events, we have to use reanalysis data. Barbier

et al. (2018) indicated that ERA-Interim is better than

NCEP2 in characterizing heat waves in Sahel, with

fewer departures from BEST for ERA-Interim.

Hence, ERA-Interim reanalysis data are used to de-

fine extreme heat first, and then compared with BEST

gridded data and NCEP2 reanalysis data due to the

fact that data are sparse in Africa. The observed re-

sults presented in this study are obtained from daily

grids retrieved from reanalysis data of mean 2-m

temperature (Tmean), surface temperature (Ts), pre-

cipitation (Pr), surface pressure (Ps), surface wind at

10 m, wind from 1000 to 200 hPa, 500-hPa vertical

velocity (omega), 850-hPa specific humidity (q), sur-

face solar radiation (ssrd), and downward surface

sensible heat flux (hfss). To calculate the daily anom-

alies of these variables, we utilized the same method for

the temperature anomalies.

b. Definitions

Prolonged exposure to extremely high temperatures

can lead to heat-related illnesses and result in an in-

crease in mortality, especially in the elderly (Kilbourne

1997; Sandor and Howe 1997; Luber and McGeehin

2008; Lippmann et al. 2013). Mortality risk begins to

rise as the temperatures increases from population-

specific threshold values, producing a J- or V-shaped

relation. There are important differences in vulnera-

bility between populations, depending on climate,

culture, infrastructure (housing), and other factors

(Curriero et al. 2002; Baccini et al. 2008; Kovats and

Hajat 2008). Kovats and Hajat (2008) indicated that

most homes have an indoor temperature of 638–878F
(17.28–30.68C), and people do not comfortably live in

temperatures outside this range. Even the tolerance

range of an individual is usually much less than this,

and the range becomes narrower with age or illness

(Kovats and Hajat 2008).

Kim et al. (2017) investigated the trend of outbreak of

thermal illness patients based on temperature during

2002–13 in South Korea. They found that the number of

patients with heat-related illnesses increased as the daily

maximum temperature increased 18C above 29.58C. In

addition, other studies showed that temperatures above

808F (26.78C; Deschênes and Moretti 2009) and 908F
(32.28C; Barreca 2012; Barreca et al. 2016) lead to the

increasing of mortality. The specific temperature

thresholds associated with human health are around

308C although differences exist among the previous

studies.

The 90th percentile of the Tmax anomaly distribution

(TX90) on a given day d is defined by all 31-day inter-

vals from 1979 to 2016 centered on the calendar day.

Therefore, the impact of the jump between the monthly

climatology has been avoided. To analyze EH associ-

ated with human health, hot days (HDs) are defined as

those days when daily Tmax anomaly is above the TX90

and daily Tmax exceeds 308C. When HDs last for three

consecutive days or more, HW events are identified. We

examine the HW events with two measures, the yearly
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number of HW events (HWN) and yearly sum of HW

days (HWD).

3. Region selection and subregion classification

The climatology and trends of HDs, HWN, and

HWD during 1979–2016 derived from the ERA-Interim

reanalysis data are depicted in Fig. 1. Spatial dis-

tributions of the climatology of these variables dis-

play a zonally elongated structure with the maximum

located around 108–308N. EH frequently occurs over

central and North Africa and the Arabian and In-

dian peninsulas. Both the HDs and HW indices

(HWN and HWD) show an increasing trend in the

most parts of the Northern Hemisphere except the

Indian peninsula, where an insignificant decreas-

ing trend is identified. The results clearly show that

central Africa (CA; 08–158N, 158–308E) is a loca-

tion with strong multidecadal trends of EH. During

1979–2016, the HDs have increased significantly

by approximate 20 days decade21, HWN by 2.5

events decade21, and HWD by 15 days decade21.

Because of the increasing threat of EH in the CA, it is

important to improve our understanding of the phys-

ical mechanisms for EH that underpin the forecast

of EH.

Regime shift is defined as a rapid shift of climate status

from one that is relatively stable to another. It is de-

tected by a method developed by Rodionov (Rodionov

2004, 2006) based on a sequential t test (details of regime

shift detection are provided by NOAA, available at https://

www.beringclimate.noaa.gov/regimes/#userconsent#). As

shown in Fig. 2, both the HDs and HW indices exhibit

prominent upward trends during 1979–2016 but with ap-

parent regime shifts around 2000. There are 14.79 hot days,

1.54 heat wave events, and 6.85 heat wave days per year on

average during 1979–2000, and 45.96 hot days, 5.25 heat

wave events, and 25.56 heat wave days on average during

2001–16. Due to the low spatial and temporal coverage of

observational data prior to 1979 and the availability of

satellite data for assimilation in reanalysis since 1979, our

analysis is focused on the period of 1979–2016 only. We

note that the regime shift around the year 2000 might be

induced by multidecadal variability or global warming or

the combination of the both. This warrants future studies

possibly with longer historical records. We found that the

multidecadal linear trends during the two periods before

and after 2000 are actually small (Fig. 2). This indicates that

the multidecadal trends of EH in CA during 1979–2016

largely result from the regime shift, not from a linearly

steady increase. To eliminate the effects of the regime

shift on identifying EH and compositing synoptic features

FIG. 1. Climatology and linear trend of (a),(b) HDs, (c),(d) HWN, and (e),(f) HWD during 1979–2016 derived

from the ERA-Interim reanalysis data in the North Hemisphere. Dots denote significance at the 95% confidence

level according to the Student’s t test. Black boxes denote the CA region.
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during HW events, the daily anomaly is calculated by re-

moving the 31-day running mean of climatological sea-

sonal cycle based on two periods, 1979–2000 (period 1) and

2001–16 (period 2), from actual values, respectively.

In addition, ERA-Interim, NCEP2, and BEST were

compared to evaluate the uncertainties of ERA-Interim

reanalysis data. Spatial distributions of climatology

of extreme heat are similar between ERA-Interim

(Figs. 1a,c,e) and BEST (see Figs. A1a,c,e in the ap-

pendix) with pattern correlation coefficients valued

0.902, 0.905, and 0.902, respectively, but the results de-

rived from ERA-Interim underestimate the mean state

of extreme temperature to some extent. Although

some differences of linear trends are found, CA is a lo-

cation with strong multidecadal trends of EH both in

ERA-Interim and BEST. As shown in Fig. A2, both the

HDs and HW indices based on the BEST exhibit posi-

tive trends with an interdecadal shift around 2000, which

is consistent with the results based on the ERA-Interim

generally. And the correlation coefficients of the time

series of regionally averaged HDs, HWN, and HWD in

CA between the BEST and the ERA-Interim data are

0.79, 0.74, and 0.74, respectively. In contrast the corre-

lations between the BEST and the NCEP2 data are 0.26,

0.24, and 0.30. Therefore, compared to the NCEP2,

ERA-Interim is better in capturing the EH in CA with

fewer discrepancies from the BEST. Hence we use the

Tmax and pertinent variables derived from ERA-

Interim.

To examine the spatial structure of the daily Tmax field

in the CA, an empirical orthogonal functions (EOF)

analysis is conducted of the daily Tmax anomalies over

this region during 1979–2016. The first and second EOF

mode explains 51.3% and 22.3% of the total variance,

respectively. It is seen from Figs. 3a and 3b that the EOF

modes exhibit a dipole pattern between the south and

north region of CA (the boundary is around 78N). This

indicates that CA could be divided into two subregions

considering its spatial discrepancy of variations: south-

ern region of CA (CA_S; 08–78N, 158–308E) and the

northern region of CA (CA_N; 78–158N, 158–308E).

In addition, correlation coefficients are computed

between the individual daily Tmax anomalies in each

grid and the spatial mean of CA_S (Fig. 3c) and CA_N

(Fig. 3d) for verifying the rationality of the classification.

As shown in Fig. 3c, high correlation coefficients mainly

occur between 08 and 78N, suggesting that the Tmax

anomaly in each grid in CA_S covaries with the spatial

mean of CA_S. Meanwhile, high correlation coefficients

mainly reside between 78 and 158N in Fig. 3d, and this

indicates that Tmax anomaly in each grid in CA_N co-

varies with the spatial mean of CA_N. In addition,

both the seasonal cycle of temperature and precipitation

are different in CA_S and CA_N. The southward and

FIG. 2. Time series of the annual number of regionally averaged (a) HDs, (b) HWN, and (c) HWD in CA derived

from the ERA-Interim reanalysis data during 1979–2016. Also shown are the detected regimes with each regime

shift significant at the 5% level.
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northward movement of the zonal precipitation band

contribute to difference climate feature in CA_S and

CA_N. Hence, it is necessary and rational to divide CA

into two subregions for better exploring the synoptic

features responsible for the HW events in the two regions.

After the subregion classification, regional HW events

are identified by the spatial average of daily Tmax

anomalies and Tmax in the CA_S and CA_N, re-

spectively. The 90th percentile values of the spatial

mean Tmax anomaly distribution are calculated using

the same method for individual grid TX90. A regional

HW event is identified in the region when the spatial

mean of Tmax anomaly is higher than TX90 and spatial

Tmax exceeds 308C for three consecutive days or more.

For example, the daily spatial mean of Tmax, Tmax

anomaly, and TX90 time series in 2016 depicts that 6

HW events and 13 HW events occurred in CA_S and

CA_N, respectively (Fig. 4). As shown in Fig. 4, CA_S

experiences HW events mostly during winter, whereas

HWs in CA_N occur during autumn and spring. This

indicates that HW events in the two subregions do not

take place simultaneously.

Heat waves in CA_S mostly occur in winter and

spring, with 40 events in winter and 26 events in spring

(out of the total 69 events). In CA_S, since the daily

maximum temperature are below 308C during the rainy

seasons, heat waves mostly occur during dry seasons

(winter and early spring). The heat waves in CA_N oc-

cur throughout the year, with 54 events in spring, 49

events in summer, 51 events in autumn, and 50 events in

winter. There are 21 HW events (94 HW days) that took

place simultaneously in CA_S and CA_N, indicating

that 30.4% (10.3%) of HW events and 27.4% (9.7%) of

HW days in CA_S (CA_N) are concomitant with CA_N

(CA_S). Therefore, the level of concomitance between

the heat wave occurrences over CA_S and CA_N is low,

which is consistent with the results from the EOF anal-

ysis of deseasonalized time series of Tmax.

4. Evolution of synoptic features during HWs

Based on the spatial average of Tmax and Tmax

anomaly, 69 and 204 HW events are found in CA_S and

CA_N, respectively. In CA_S, there are 40 and 29 HW

events during 1979–2000 and 2001–16 with the average

length of HWs being 4.8 and 5.2 days, respectively. In

CA_N, there are 115 and 89 HW events during 1979–

2000 and 2001–16 with the average length of HWs being

5.0 and 4.4 days, respectively.

In this section, to depict the typical synoptic patterns

associated with the occurrence of HW events, we use the

identified HW events to construct composite patterns.

The synoptic features are examined with the composite

anomalies of the pertinent variables responsible for the

HW events. The evolution of the average composite

patterns are shown from 5 days before the occurrence to

5 days after the end of HW events. To find out if there is

contamination between the events that occur close to

each other, we composite the cases only when the days

before the beginning and after the end of HW events

are not superimposed with the period of another HW

events. With this criterion, the numbers of cases used in

composite analysis for the evolution of HW events are

shown in Table 1.

a. CA_S

Since the composite evolution features of the Tmax,

Tmax anomaly, and pertinent variables during two de-

cadal epochs before and after 2000 are similar (Fig. 5)

after removing the regime shift, the cases of HW events

in the two periods are composited together. The dis-

cussion of two periods separately in Fig. 5 is to verify the

existence of the regime shift which impact needs to be

removed. Due to the significant increase of Tmax from

period 1 (p1; 1979–2000) to period 2 (p2; 2000–16), a

FIG. 3. The (a) first and (b) second EOF mode of daily Tmax

anomalies, and correlation coefficients of daily Tmax anomaly be-

tween the individual grids and spatial mean of (c) CA_S and

(d) CA_N. Dots denote significance at the 95% confidence level

according to the Student’s t test, and green lines indicate 78N
latitude.
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majority of HW events occur during p2 if the anomalous

Tmax and pertinent variables are calculated without re-

moving the impact of the regime shift.

As shown in Fig. 5c, a positive anomaly of Tmax occurs

during the whole period from ds 2 5 to de 1 5 (see

Table 1 for definitions of ds and de). The anomaly is

1.128C at ds 2 5 and basically persists until ds 2 2, and

then the anomaly rapidly increases to 2.698C at ds 2 0.

After the end of HW events, the anomaly decreases

dramatically to 1.458C at de 1 1 and then slowly de-

creases to 0.868C at de 1 5. The Tmax anomaly decays

more rapidly after the HW events than the increases

before the HW events. The dramatic increase and de-

crease of temperatures during the HW events suggest

that the occurrences of HW events are mostly induced

by synoptic disturbances (Chen and Lu 2015). Due to

the large spread among the HW events, especially be-

fore ds 2 2 and after de 1 1, strong case-to-case dif-

ferences exist. Hence, composite analysis based on a

large number of cases is necessary to obtain statistically

robust results; this is another reason why we composite

the cases of HW events during the two periods together.

Associated with the positive anomaly of Tmax, a dry con-

dition with precipitation anomaly of about 26mmday21

during the HW events is detected (Fig. 5d). In accor-

dance with an upper-tropospheric convergence (i.e.,

positive anomalies of velocity potential at 200 hPa)

(Fig. 5e) and a lower-tropospheric divergence in-

dicated by negative anomalies at 850 hPa (Fig. 5f)

before and during the HW events, the anomalous

subsidence of about 3 3 1024 hPa s21 occurs during

the HW events (Fig. 5g). The subsidence not only can

induce the negative specific humidity anomaly at

850 hPa (Fig. 5h), but also can increase the solar ra-

diation at the surface (Fig. 5i) and increase the

surface temperature (Fig. 5b). Because the surface

temperature is larger than 2-m air temperature

(Figs. 5a,b), it provides positive sensible heat flux

from surface to air (Fig. 5j) and hence increases the

surface air temperature. In addition, HW events are

FIG. 4. The daily spatial average of Tmax (blue line), Tmax anomaly (red line), and TX90

(green line) time series in 2016 over the (a) CA_S and (b) CA_N regions. The black dashed

line indicates the occurrence of regional HW events, as each peak represents an HW event.

TABLE 1. The number of cases used in composite analysis for the

evolution of HW events in CA_S/CA_N. The notation is as follows:

ds 2 0 denotes the day when HW events begin, ds 2 1 (11) denotes

one day before (after) ds 2 0; d-avg denotes the average between the

beginning and end of HW events; de 1 0 denotes the day when HW

events end, de 1 1 denotes one day after the end of HWs, and so on.

ds 2 5 ds 2 4 ds 2 3 ds 2 2 ds 2 1

57/174 61/181 63/188 65/198 69/204

ds 2 0 ds 1 1 ds-avg de 2 1 de 1 0

69/204 69/204 69/204 69/204 69/204

de 1 1 de 1 2 de 1 3 de 1 4 de 1 5

69/204 65/198 63/188 61/181 57/174
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also partly attributed to a northerly wind anomaly

of 20.4 m s21 (Fig. 5k) that brings about a weak warm

advection anomaly of 0.18C day21 at the beginning of

HW events despite large spread among the events

(Fig. 5l). The anomalous northerly wind and the warm

temperature advection decrease gradually afterward.

Most of the features associated with the heat wave

events in CA_S show a signal before the event, but not

after, with a quick transition to neutral conditions,

especially the velocity potential at 200 (Fig. 5e) and

850 hPa (Fig. 5f), vertical velocity at 500 hPa (Fig. 5g),

and specific humidity at 850 hPa (Fig. 5h). Most fields

return to around zero soon after the heat wave events,

suggesting that the evolution of HW event is asymmetric

and these events have little downstream effect or ability

to precondition other events.

Figure 6 shows the evolution of velocity potential and

divergent wind at 850 and 200 hPa, vertical velocity at

FIG. 5. Evolution of the composite of the (a) maximum air temperature and (b) maximum surface temperature, and anomalous (c),(d)

maximum air temperature and precipitation, (e),(f) velocity potential at 200 and 850 hPa, (g) vertical velocity at 500 hPa, (h) specific

humidity at 850 hPa, (i) surface solar radiation, (j) downward sensible heat flux, (k) meridional wind at 10 m, and (l) horizontal tem-

perature advection during the period from 5 days before to 5 days after the HW events in the CA_S. Note that ds 2 0 denotes the day when

HW events begin, ds 2 1 (11) denotes one day before (after) ds 2 0; de 1 0 denotes the day when HW events end, de 1 1 denotes one day

after the end of HW events, and so on. Red, blue, and black lines indicate the composite based on 1979–2000, 2001–16, and 1979–2016,

respectively, and the markers denote significance at the 95% confidence level according to the Student’s t test. Light gray shading indicates

the spread (i.e., 61 standard deviation) of the cases during 1979–2016.
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500 hPa, and a latitude–altitude cross section of wind

between 158 and 308E, associated with the HW events

in the CA_S. Composite maps in Fig. 6 are shown from

top to bottom for the days from ds 2 3 to de 1 1. As

shown in Fig. 6, a prominent convergence center in

the upper troposphere and a divergence center in

the lower troposphere appear in the north of CA_S

(around 258N) during three and two days before

the HW events onset (ds 2 3 and ds 2 2). This is as-

sociated with downward air motion over the north of

CA_S, with the greatest subsidence occurring be-

tween 500 and 400 hPa. On one day before the HW

events (ds 2 1), the upper troposphere convergence

center split into two centers (Fig. 6, second column).

Its southern center becomes dominant with a re-

gional subsidence center occurring over the CA_S.

The southern center then intensifies and reaches a

peak on the day of HW events beginning (ds 2 0),

accompanying by a strong subsidence from 700 hPa to

the upper troposphere (fourth column in Fig. 6). Af-

terward, the anomalous upper-troposphere conver-

gence and whole column subsidence over the CA_S

weaken (ds-avg, defined in Table 1) and diminish in

the following days, as the system moves gradually

eastward (de 1 0; de 1 1).

Figure 7 shows the evolution of near-surface anoma-

lies, including the (from left to right) Tmax anomaly,

surface pressure anomaly, daily mean surface air tem-

perature, and 10-m wind anomaly, and precipitation

anomaly. The results depict strong localized features

with the warm Tmax anomaly in the CA_S accompanied

by a cold Tmax anomaly at north of CA_S, especially

before the occurrence of HW events (from ds 2 3 to

ds 2 1). The evolution features of the Tmax anomaly

and precipitation anomaly are similar in the CA_S,

as a warm Tmax anomaly and a dry anomaly rapidly

strengthen from ds 2 2 to ds 2 0, and persist during the

HW events. Finally, these anomalies decrease dra-

matically after the end of HW events (de 1 1). The

evolution of anomalous Tmax and precipitation are asso-

ciated with the warm and dry air column above CA_S,

resulting from the anomalous upper-troposphere con-

vergence and whole column subsidence. The persisting

negative precipitation anomaly leads to the negative soil

moisture anomaly, which is conducive to the occurrence

of heat wave through increasing sensible heat flux and

reducing latent heat flux (Lorenz et al. 2010; Alexander

2011; Perkins 2015). In addition, there is a positive surface

pressure anomaly in the north of CA_S from ds 2 3 to

ds 2 0. Because the maximum mean temperature locates

around 108N, the anomalous northerly wind induced by

the surface anomalous anticyclone brings a weak warm

advection to CA_S.

For HW events in CA_S, the occurrences of an

anomalous convergence center in the upper tropo-

sphere and divergence center in the lower troposphere

induce strong subsidence anomalies, which leads to

warming through greater solar insolation. Meanwhile,

small amount of significant warm advections associated

with HW events across the entire period are found from

ds 2 1 to ds 1 1 (Fig. 5l). Therefore, the enhanced solar

radiation induced by strong subsidence anomalies is the

major contribution to the occurrences of HW events

over CA_S, while anomalous temperature advection is

the minor contribution.

b. CA_N

In CA_N, HW events in the two decadal epochs be-

fore and after 2000 are composited together, in terms of

the similar composite evolution features of the Tmax, Ts,

Tmax anomaly, and anomalous pertinent variables be-

tween the two epochs (Fig. 8). As shown in Fig. 8c, the

Tmax anomaly is 0.608C at ds 2 5 and slowly increases to

1.118C at ds 2 2. Then the anomalous Tmax rapidly in-

creases to 2.518C at the beginning of HW events. After

the end of HW events, the anomaly decreases dramati-

cally to 1.518C at de 1 1 and then slowly decreases to

0.508C at de 1 5.

A negative anomaly of precipitation of about23mmday21

is detected during the HW events (Fig. 8d). An

anomalous subsidence of about 1.5 3 1024 hPa s21

(Fig. 8g) occurs before and during the HW events,

especially at ds 2 1, ds 2 0, and ds 1 1, which is as-

sociated with the anomalous convergence at the upper

troposphere (Fig. 8e) and divergence at the lower

troposphere (Fig. 8f). Associated with the downward

air motion, temperature is increased through positive

anomalous solar radiation at the surface (Fig. 8i).

Since the surface temperature is increased due to the

positive solar radiation anomaly and is larger than the

2-m air temperature (Figs. 8a,b), more sensible heat

flux is released from the surface to the air (Fig. 8j).

The HW events are accompanied by an anomalous

southerly wind, which increases gradually during the

HW events and reaches a peak of 0.4 m s21 at de 2 0,

whereas an anomalous warm advection occurs with a

peak value of 0.428C day21 at ds 2 0, and then de-

creases gradually during the HW events. Hence, the

evolutions between the anomalous southerly wind and

the warm advection during the HW events are oppo-

site, suggesting that the anomalous southerly wind is

not the dominant factor responsible for the anoma-

lous warm advection in the CA_N.

Compared to the evolution of the pertinent vari-

ables associated with HW events in the CA_S (Fig. 5),

the magnitudes of anomalous precipitation, velocity
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FIG. 6. Composite maps of the evolution of (first and second columns) anomalous velocity potential (shading) and

divergent wind at 850 and 200 hPa, respectively, (third column) anomalous vertical velocity at 500 hPa, and (fourth

column) vertical–meridional cross sections of anomalous winds from 1000 to 200 hPa of the 158–308E and vertical

velocity (filled contours) before, during, and after the occurrence of HW events in the CA_S. Here, ds 2 0 denotes the
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potential at 200 and 850 hPa, subsidence at 500 hPa,

specific humidity at 850 hPa, surface solar radiation, and

downward sensible heat flux are smaller in the CA_N.

But the value of anomalous horizontal temperature

advection is larger in the CA_N than in the CA_S.

Otherwise, anomalous features associated with HW

event tend to last longer in the CA_N than in the CA_S.

Figure 9 shows the evolution of velocity potential and

divergent wind at 850 and 200 hPa, vertical velocity at

500 hPa, and a latitude–altitude cross section of wind

between 158 and 308E, associated with the HW events in

the CA_N. Composite maps in Fig. 9 are displayed from

top to bottom for the days from ds 2 3 to de 1 1. A

dipole pattern of a large negative velocity potential

anomaly in the northwest and a large positive anom-

aly in the southeast at 200 hPa occurs at ds 2 3 and

strengthens gradually from ds 2 3 to ds 2 0; especially

the positive anomalous velocity potential (i.e., conver-

gence) becomes stronger (Fig. 9, second column). After

the occurrence of HW events, the dipole pattern mi-

grates toward the east with the negative anomalous ve-

locity potential getting stronger. The evolution of the

anomalous velocity potential and divergent wind at 850

and 200 hPa induces the evolution of vertical air motion.

A dipole pattern of an anomalous ascent motion mainly

around the Mediterranean and subsidence from the

Arabian Peninsula to CA_N exists at ds 2 3. The dipole

pattern of the anomalous subsidence intensifies gradu-

ally and reaches a peak at ds 2 0, and then becomes

weak and moves eastward from ds-avg to de 1 1. At

ds 2 0 (Fig. 9, third column), an anomalous subsidence

center at 500 hPa appears in the CA_N with the largest

downward air motion between 500 and 400 hPa (Fig. 9,

fourth column). This subsidence center weakens and

diminishes in the following days.

Figure 10 shows the evolution of near-surface anom-

alies associated with the HW events in CA_N, including

the (from left to right) wind at 10 m and anomalousTmax,

surface pressure anomaly, daily mean temperature

and anomalous wind at 10 m, and precipitation anomaly.

Over the Mediterranean, an anomalous cyclone as-

sociated with the anomalous divergence in the upper

troposphere and convergence in the lower tropo-

sphere occurs at ds 2 3 and strengthens gradually

from ds 2 3 to ds 2 1. Because the maximum mean

temperature is located near 108N (figure not shown),

the anomalous southerly wind induced by the anom-

alous cyclone brings an anomalous warm advection to

the north of CA_N. Hence, positive Tmax anomalies in

the north of CA_N are larger than those in the CA_N

during the days from ds 2 3 to ds 2 0 (Fig. 10, first

column). Based on this anomalous temperature gra-

dient before and in the beginning of HW events, an

anomalous warm advection is transported from north

to CA_N by the mean northerly wind. As the anom-

alous cyclone weakens and migrates eastward from

ds-avg to de 1 1, an anomalous northerly wind occurs,

and hence there is no warm advection anomaly in the

north of CA_N. Meanwhile, associated with the in-

creasing Tmax anomaly in the CA_N, an anomalous

temperature gradient between the north and CA_N

decreases after the onset of HW events, and thus the

anomalous warm advection decreases gradually during

the HW events. This is consistent with the evolution of

horizontal anomalous temperature advection (Fig. 8l).

In addition, the evolution of the negative precipitation

anomaly in the CA_N is associated with the warm and

dry air column, resulting from the anomalous sub-

sidence and upper-troposphere convergence.

The occurrence of HW events in the CA_N is partly

attributed to the positive solar radiation anomaly at the

surface due to the subsidence induced by the anomalous

convergence in the upper troposphere and divergence in

the lower troposphere. Associated with the anomalous

temperature gradient between the CA_N and the area

to its north resulting from the anomalous cyclone in the

north, the anomalous warm advection associated with

mean northerly wind plays an important role in the

evolution of the positive Tmax anomaly in the CA_N,

especially before and at the beginning of the HW events.

In addition, both the intensity and pattern of the

anomalous convergence in the upper troposphere are

different during the HW events over CA_S (Fig. 6,

second column) and over CA_N (Fig. 9, second col-

umn). There is an anomalous convergence center over

CA_S when HW events occur, whereas no anomalous

convergence occurs during the CA_N HW events. In

addition, the anomalous velocity potential shows a uni-

form pattern when HWs occur over CA_S, in contrast to

the dipole pattern in the CA_N HW events.

For the HW events in CA_S, Fig. 7 (first column) in-

dicates that positive Tmax anomalies dominate the CA_S

 
day when HW events begin, ds2 1 (11) denotes one day before (after) ds 2 0; de1 0 denotes the day when HW events

end, de 1 1 denotes one day after the end of HW events, and so on. The thick black rectangle denotes the location of

CA_S. Dots denote significance at the 95% confidence level according to the Student’s t test. For the winds, black

vectors indicate that either the zonal (vertical) or meridional wind anomaly is significant.
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FIG. 7. As in Fig. 6, but for composite maps of the evolution of (from left to right) anomalous Tmax, anomalous surface

pressure, Tmean (shading) and anomalous 10-m wind, and anomalous precipitation before, during, and after the occurrence

of HWs in the CA_S. For the winds, black vectors indicate that either the zonal or meridional wind anomaly is significant.
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with negative or neutral Tmax anomalies over CA_N.

For HW events in CA_N, Fig. 10 (first column) shows

that positive Tmax anomalies occur over CA_N and

north of CA_N with neutral anomalies over CA_S.

Therefore, the level of concomitance between the heat

wave occurrences over CA_S and CA_N is low, which is

consistent with the results from the EOF analysis of

deseasonalized time series of Tmax.

5. Factors contributing to the magnitude of HWs

We have illustrated the evolution of synoptic features

associated with the HW events occurring in the CA_S

and CA_N in the previous section. Because the magni-

tude of the HW events is one of the most important

aspect of the HW activity and exerts notable influences

on both socioeconomic and public health, it is important

to explore dominant factors that influence the magni-

tude of the HW events.

As listed in Table 2, for the HW events during both p1

(1979–2000) and p2 (2001–16) in the CA_S, correlation

coefficients between the Tmax anomaly and the anomaly

of 500-hPa omega (omega_500 hPa), surface solar radi-

ation (ssrd), surface temperature (Ts), and downward

sensible heat flux (hfss) are statistically significant at the

95% confidence level according to the Student’s t test. In

contrast, anomaly correlation coefficients between Tmax

and the 10-m meridional wind (v_10m) and horizontal

temperature advection (T_adv) are small and insig-

nificant. Note that concerning the HW events in the

CA_N, as shown in the previous section, anomalous

wind is not the cause for the anomalous temperature

FIG. 8. As in Fig. 5, but for the composite results of the HW events in CA_N and the difference in the y axes.
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FIG. 9. As in Fig. 6, but for the results of HW events in CA_N.
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FIG. 10. As in Fig. 6, but for composite maps of the evolution of (from left to right) wind at 10 m and anomalousTmax, anomalous surface

pressure, Tmean (shading) and anomalous 10-m wind, and anomalous precipitation before, during, and after the occurrence of HWs in

the CA_N.
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advection, so it does not make sense to discuss the cor-

relation coefficients between anomalous v_10m and Tmax.

The results show that the anomaly correlation coeffi-

cient between Tmax and T_adv is significant; the correla-

tions with other variables are insignificant. This indicates

that the main factors responsible for the magnitude of HW

events in the CA_S and CA_N are different.

For HW events in the CA_S during the period 1979–

2016, a statistically significant positive correlation (with

a correlation coefficient of 0.42) between the Tmax

anomaly and the 500-hPa vertical velocity anomaly is

found for all years, indicating that the intensity of HW

events increases with stronger subsidence. Since surface

solar radiation is enhanced by subsidence, there is also a

positive correlation coefficient of 0.46 between Tmax and

the surface solar radiation anomaly. Solar radiation in-

creases surface temperature directly and then raises air

temperature indirectly through positive sensible heat

fluxes from surface to air; this relation is reflected by the

negative correlation coefficient of 20.71 between Tmax

and downward sensible heat flux. Hence, in the CA_S

region, the magnitude of the HW events is associated

with the intensity of the sensible heat flux released from

the surface to the air due to increased surface temper-

ature, which is affected directly by increasing surface

solar radiation resulting from the stronger subsidence.

For HW events in the CA_N region, a positive cor-

relation coefficient of 0.41 is seen between the anoma-

lous Tmax and temperature advection during the period

1979–2016, indicating that a large portion of the variance

in the magnitude of HW events in CA_N is explained by

anomalous warm advection. In the previous section, we

have identified that the anomalous warm advection in

CA_N is induced by the mean northerly wind of the

anomalous temperature gradient between CA_N and

areas north of there.

6. Summary and discussion

In this study, we have identified central Africa (CA) as a

location with a strong multidecadal trend of extreme heat

(EH) during 1979–2016 in the Northern Hemisphere. We

examined the evolution of synoptic features associated

with heat wave (HW) events in CA. The regional averaged

EH in CA depicts a strong multidecadal trend owing to a

regime shift around the year 2000; no linear steady increase

is observed. The results show that the HW-related circu-

lation is characterized by an anomalous convergence in the

upper troposphere and a divergence anomaly in the lower

troposphere. In general, surface temperature is increased

by enhanced solar radiation at surface due to the stronger

subsidence, which is induced by an anomalous conver-

gence at 200 hPa. Consequently, air temperature is heated

by the positive sensible heat flux released from the surface

to the air due to the increased surface temperature. How-

ever, distinctive features exist for the HW events in the

southern and northern CA regions (CA_S and CA_N).

During the evolution before the occurrence of HW

events in the CA_S, the upper-troposphere convergence

anomaly occupies a broad area with a center appearing

first in the north of CA_S; then the center splits into two

centers with the southern one overlaying the CA_S re-

gion. Hence, the CA_S region is dominated by a strong

subsidence anomaly, which enhances the insolation at

the surface, thus increasing the surface temperature. In

the CA_N, a dipole pattern with an anomalous conver-

gence in the southeast and a divergence anomaly in the

northwest occurs and gradually strengthens before the

occurrence of HW events. The CA_N region is covered

by a weak convergence anomaly without a convergent

center. Therefore, the positive solar radiation anomaly at

the surface associated with the anomalous subsidence is

larger in the CA_S than that in the CA_N. These findings

suggest that the subsidence associated with the anomalous

convergence in the upper troposphere contributes to the

occurrence of HW events, especially in the CA_S.

The horizontal flow also plays an important role in in-

creasing the air temperature via warm temperature advec-

tion. Because the maximum mean temperature is located

around 108N, the northerly wind anomaly induced by the

surface anomalous anticyclone brings a weak anomalous

warm advection to CA_S. Based on the anomalous tem-

perature gradient between the CA_N and regions to its

north, the anomalous warm advection by the mean north-

erly wind contributes to the positive Tmax anomaly in the

CA_N, especially at the beginning of HW events.

In the CA_S, the subsidence associated with the

anomalous convergence in the upper troposphere is the

TABLE 2. Correlation coefficients (CCR) between the anomalies of Tmax and v_10m, T_adv, omega_500 hPa, ssrd, Ts, and hfss during

HWs for the two decadal epochs (p1 vs p2). An asterisk (*) indicates statistical significance at the 95% confidence level according to the

Student’s t test.

CCR v_10m T_adv omega_500 hPa ssrd Ts hfss

CA_S p1 20.25 0.18 0.42* 0.47* 0.48* 20.77*

CA_S p2 20.23 0.09 0.42* 0.46* 0.50* 20.65*

CA_N p1 0.30* 0.29* 20.10 20.02 0.61* 20.10

CA_N p2 0.42* 0.51* 20.13 20.06 0.77* 20.08
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dominant factor in both the occurrence and magnitude

of HW events. Surface temperature increases due to the

increased solar radiation at surface; this leads to a higher

air temperature due to the positive sensible heat flux

anomaly released from surface to air. In CA_N, how-

ever, the occurrence of the HW events is subject to the

combined effect of the warming associated with a weak

subsidence and horizontal warm advection. The latter is

induced by prevailing northerly wind acting on the

anomalous temperature gradient, and the anomalous

warm advection is a main factor responsible for the

magnitude of the HW events in the CA_N.

Our work finds the synoptic features and circulation

patterns responsible for heat wave events in CA, as well

as the factors responsible for their magnitudes. Based on

these results, we can utilize the circulation patterns that

lead to heat wave events as predictors to improve the

forecast skill to some extent.

Because the synoptic features associated with HW

events are quite different in the two regions (i.e., CA_S

and CA_N), the diversity and locality features should

be paid attention to when analyzing the EH-related

synoptic factors. Previous studies suggested that ex-

treme heat and its variation can be affected by various

processes (Stefanon et al. 2012; Chen and Lu 2015; Lu

and Chen 2016; W. Wang et al. 2013; Wang et al. 2016).

Both the circulation anomalies and other factors such as

urbanization and land-cover changes have been em-

phasized (Avila et al. 2012; M. Wang et al. 2013; Oleson

et al. 2018; Luo and Lau 2017). For example, Luo and

Lau (2017) investigated the urbanization effects on HW

events in southern China, and found that the urbaniza-

tion contributes to nearly 50% of the increase in HW

frequency in the Pearl River delta region.

Previous studies indicated that high temperature

weather can be classified into two types: extreme heat,

which features a very high Tmax; and tropical nights,

which feature an extremely high minimum temperature

Tmin (Wei and Sun 2007; Park et al. 2012; Lu and Chen

2016). Tropical nights have a significant impact on sleep

comfort and inhibit a person’s recovery from heat

during daytime, thus increasing the threat of tem-

perature extremes on human health (Yang et al.

2010). The processes controlling Tmax and Tmin are

likely to be distinct (Lu and Chen 2016): maximum

temperature is often influenced by the incoming sur-

face shortwave radiation whereas the minimum tem-

perature is very sensitive to the amount of water vapor

sometimes (Barbier et al. 2018). Hence, it is valuable

to perform similar analyses based on tropical nights.

While public human health depends largely on tem-

perature, other variables such as specific humidity,

FIG. A1. Climatology and linear trend of (a),(b) HDs, (c),(d) HWN, and (e),(f) HWD during 1979–2016 derived

from the BEST gridded data in North Hemisphere. Dots denote significance at the 95% confidence level according

to the Student’s t test. Black boxes denote the CA region.
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wind speed, and solar radiation are also important;

human health is more severely influenced by the si-

multaneous occurrence of high temperature, high hu-

midity, and weak wind (Robinson 2001; Epstein and

Moran 2006; Blazejczyk et al. 2012; Pal and Eltahir

2016). Under hot conditions, high humidity reduces

sweat evaporation from the human body needed for

cooling, and hence consequently increases heat stress.

Similarly, weak wind fails to remove heat due to small

evaporation (Wu et al. 2017). Hot days and HW events

are defined based on the temperature criterion in

the present study. It is of great necessity to extend the

definition of EH by combining temperature and the

other pertinent variables in future studies.
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APPENDIX

Verify the Changes of Extreme Temperature from

Observation Data

Figure A1 shows the climatology and linear trend of

HDs, HWN, and HWD derived from the BEST gridded

data and verifies the results from ERA-Interim. Figure

A2 displays times series of the annual number of re-

gionally averaged HDs, HWN, and HWD in CA and the

correlation coefficients between the BEST and the

ERA-Interim/NCEP2, indicating that the ERA-Interim

is better in capturing the features of extreme tempera-

tures in CA than NCEP2.
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Abstract
The present study investigated the changes of high-temperature extremes and their links with atmospheric circulation over the
Northern Hemisphere during 1979–2012 based on daily records of maximum temperature and geopotential height fields. We
mainly used the 90th percentile of daily maximum temperatures as a threshold to identify hot day. The number of hot days (NHD)
shows significant increasing trends over the East Asia (EA), Mediterranean (TM), and United States of America (USA) from
1979 to 2012, suggesting that these regions may suffer from increasing high-temperature extremes The regional mean linear trend
over EA is 0.18 days/year and showed an increase in 1996, with the maximum trends inMongolian Plateau and Loess Plateau. In
the TM region, NHD increased with a rate of 0.35 days/year and showed an increase in 1997, and most significant trend was
found in the Arabian Peninsula. In the USA, the NHD had a significant inter-annual variability and increased with a rate of
0.1 days/year. Moreover, high-temperature extremes over most parts of the three regions are associated with barotropical
anticyclonic anomalies and subsidence, which may enhance solar radiation to surface.

1 Introduction

High-temperature extremes have a significant impact on eco-
nomic and social activities, affecting the consumption of elec-
tricity and water and inducing the forest fires, crop losses, and
heat-related working costs (Valor et al. 2001; Peng et al. 2004;
Coumou and Rahmstorf 2012; Zhao et al. 2016). In addition,
prolonged exposure to high-temperature extremes can lead to
heat-related illnesses, including heatstroke, heat exhaustion,
heat cramps, and respiratory diseases (Leechiong and Stitt
1995; Luber and McGeehin 2008), and result in an increase
in mortality, especially in the elderly (Diaz et al. 2002).

Climate change has the potential to increase the frequency
and magnitude of heat waves (Meehl and Tebaldi 2004). The
twenty-first century has already featured a number of serious
heat waves with negative impacts on crop production and
human health (Kovats and Hajat 2008; Battisti and Naylor
2009; Dole et al. 2011). In August 2003, 22,000–35,000
heat-related deaths (14,800 in France) were caused by the heat
wave that took place across Europe (Bouchama 2004; Schar
and Jendritzky 2004). In the summer 2010, Moscow suffered
a heat wave with unprecedented high mean temperature in
July (Dole et al. 2011). In the more recent 2013 heatwave over
China, over 5600 heat-related illnesses were reported, roughly
two times more than in the previous years (Gu et al. 2016;
Zhao et al. 2016). According to the World Meteorological
Organization (WMO 2013), compared to the number of
deaths due to heat waves (6000) in the decade before (1991–
2000), the number (136,000) increased rapidly (by 2300%)
during the most recent decade (2001–2010). And even after
excluding the 2003 heat wave in European and 2010 heat
wave in Russian, the THE-related deaths increased by
800%, which is much larger than the overall increase of
20% due to various extreme weather events including heat,
cold, drought, storms, and floods.

In addition, global temperature is very likely to continue
rising in the foreseeable future (Hansen et al. 2006; IPCC
2013). Temperature extremes have been studied on global,
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regional, and national scales (You et al. 2011). The frequency
of global heat wave has increased in the second half of the
twentieth century (Easterling et al. 2000; Alexander et al.
2006). There is a remarkable consistency among the results
obtained from previous studies which focus on regional and
national scales. For example, hot days and warm nights
showed an increasing tendency at most stations over the
Asia-Pacific region (Choi et al. 2009). Dynamical model pro-
jections show increases in the frequency, intensity, and dura-
tion of temperature extremes over at least the next century
(Kharin et al. 2007; Perkins et al. 2013).

Temperature extreme events are often accompanied by
prominent anomalies in atmospheric circulation and precipi-
tation, as well as in the conditions of the nearby land and
ocean surfaces. The extreme 2003 European and 2010
Russian heat waves have been shown to be associated with
blocking (Dong et al. 2016). Surface weather conditions are
closely governed by the large-scale circulation of the Earth’s
atmosphere (Horton et al. 2015). Although a substantial por-
tion of the observed change in extreme temperature occur-
rence has resulted from regional and global scale thermody-
namic changes, the risk of extreme temperatures over some
regions has also been altered by recent changes in frequency,
persistence, and maximum duration of regional circulation
patterns (Horton et al. 2015).

Although temperature extremes in most land regions show
robust increasing trends, the pattern of change has not been
spatially uniform. So it is reasonable to display the changes of
temperature extremes globally and compare the differences
and similarities over various regions. The objective of this
study is to quantify changes of temperature extremes over
the Northern Hemisphere during 1979–2012 and analyze spa-
tial and temporal features of hot day in details over typical
regions chosen according to the climatology and trend of hot
day over the Northern Hemisphere. Moreover, we discuss
possible relationship between temperature extremes and atmo-
spheric circulation. The rest of this paper is organized as fol-
lows. Section 2 introduces the data and method. Section 3
describes climatology and change of high-temperature ex-
tremes over the Northern Hemisphere. Section 4 discusses
the high-temperature extremes over sub-regions and their
links with atmospheric circulation. Finally, discussions and
conclusions are given in Section 5.

2 Data and method

2.1 Data

The records of daily maximum temperature are from the
WATCH-Forcing-Data-ERA-Interim (WFDEI) climate
dataset (Weedon et al. 2014). This dataset has the advantage
of a high spatiotemporal resolution (at 0.5° × 0.5° resolution

for the global land surface and at sub-daily/daily time steps for
the period of 1979–2012) and a wide use for land surface
modeling forcing (Zhao et al. 2015). This dataset was gener-
ated by applying bias correction to the ERA-Interim reanalysis
product (Dee et al. 2011), following the same methodology
implemented for the widely used WATCH Forcing Data
(WFD) (Weedon et al. 2011). WFDEI includes a correction
of T using the Climate Research Unit TS3.1/TS3.101 dataset
(CRU) (Mitchell and Jones 2005). Else, Previous studies an-
alyzed extreme temperatures based onWFDEI dataset both in
global (Zhao et al. 2015) and regional (Zhao et al. 2016) scale
and indicated that WFDEI is better than ERA-Interim in char-
acterizing extreme temperatures in China (Hu et al. 2018).

The daily height fields and monthly reanalysis data are
derived from the European Centre for Medium-Range
Weather Forecasts Interim Reanalysis (ERA-Interim) (Dee
and Uppala 2009) with a resolution of 0.5° × 0.5°, which is
available from 1979 forward, but the analyzed time period is
from 1979 to 2012. The ERA-Interim is the latest global at-
mospheric reanalysis produced by the European Centre for
Medium-Range Weather Forecasts (ECMWF) and has sub-
stantial improvements compared to ERA-40 in many aspects,
such as the representation of the hydrological cycle, the qual-
ity of the stratospheric circulation, and the consistency in time
of the reanalysis fields (Dee et al. 2011).

2.2 Method

Twowidely used indicators are chosen in present investigation
to characterize the extreme temperature: absolute index and
percentile index. The absolute index considers 35 °C of daily
maximum temperature as a threshold to define extreme tem-
perature. Besides, the records of daily maximum temperature
from 1981 to 2010 in June, July, and August are ranked in an
ascending order, and then the 90th percentile (TX90) is chosen
from the order as a percentile threshold. The present study
defines a hot day when the daily maximum temperature ex-
ceeds the threshold and emphatically analyzes the spatial and
temporal features of the number of hot day (NHD).

Linear regression and empirical orthogonal function (EOF)
are used applied to analyze long-term variations of the NHD,
and Student’s t test is used to examine the significance of
linear regression. In addition, since regime shifts are defined
as rapid reorganizations of ecosystems from one relatively
stable to another, decadal shifts are detected by a method
developed by Rodionov (2004) based on a sequential t test
(details of regime shift detection are provided by NOAA,
available at https://www.beringclimate.noaa.gov/regimes/#
userconsent#).

To examine the relationship between the spatial and temporal
variability of the summer (June–August (JJA) mean) atmospher-
ic circulation and extreme temperature, we perform a singular
value decomposition (SVD) analysis on the summer 200 hPa
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height field and simultaneous NHD from 1979 to 2012 (details
of the SVD method are provided on the NCAR Command
Language (NCL) website at http://www.ncl.ucar.eud/).

3 Climatology and changes
of high-temperature extremes

Figure 1 shows the climatology of NHD based on absolute
index and the distribution of 90th percentile values of daily
maximum temperature over the Northern Hemisphere from
1981 to 2010. The regions with frequent hot days based on
absolute index mainly reside in North Africa and West Asia,
with the NHD close to 90 days/JJA (Fig. 1a). The large values
mean that almost all the days in whole summer are hot. These
areas are located in tropical or subtropical regions where the
surfaces are mainly composed of desert with scanty rainfall.
Besides, Western USA is another domain where hot days fre-
quently occur, especially in the west coast. It is evident from
Fig. 1b that 90th percentile of daily maximum temperature
displays a zonal structure with increasing first and then de-
creasing with the latitude from equator to the North Pole. The
spatial features of TX90 are consistent with the climatology of
NHD based on the absolute index, with larger values over
subtropical regions, especially over North Africa and West
Asia, and the maximum of TX90 in Sahara and the Arabian
Peninsula.

The NHD based on absolute index increased in most part of
the Northern Hemisphere from 1979 to 2012 and had most

significant increasing trends over subtropical regions (Fig. 2a),
especially in the Mediterranean, Caspian Sea region, and the
USA, with values more than 6 days/10 years. However, over
the major parts of Sahara and the Arabian Peninsula where hot
days frequently occur, the trends of NHD are not significant (Fig.
2a). As theNHD in these regions is close to ormore than 90 days
in summer (92 days in total), the absolute index fails to display
the changes of extreme temperature there. Figure 2b shows the
linear trends of NHD based on percentile index over the
Northern Hemisphere during 1979–2012. Significant increasing
trends are seen in most parts of subtropical region and the most
significant positive trends are seen in the Mediterranean and
West Asia, especially in the Arabian Peninsula with trends more
than 8 days/10 years. Compared to trends based on absolute
index, East Asia is another region of significant trends based
on the percentile index. In addition, percentile index magnifies
the information of extreme temperature over Polar Regions, such
as the significant increasing in Greenland (Fig. 2b).

Thus, absolute index is not proper for analyzing the trends
over Sahara and the Arabian Peninsula, and it fails to reflect
the extreme temperature in middle and high latitude where the
NHD above 35 °C is 0. These problems are resolved when the
analysis is based on percentile index that can reflect the ex-
treme high temperature objectively. Percentile index is more
comparable across different climatic regions, so the following
analysis focuses on the results based on percentile index.

According to the climatology and tendency of NHD over the
Northern Hemisphere, three sub-regions are chosen to do more
detailed analysis: East Asia (EA) (30–55° N, 90–125° E),

Fig. 1 Climatology of the NHD
(units: days/JJA) based on
absolute index (a) and
distribution of 90th percentile
(units: °C) values of daily
maximum temperature (b) over
the Northern Hemisphere
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Mediterranean (TM) (20–50° N, 10° W–60° E), and the USA
(20–50° N, 105–65°W), and the scopes of the three sub-regions
are depicted in Fig. 2b. These three sub-regions are selected
because they are the areas where extreme temperature frequently
occurs and exhibits significant increasing trends of NHD.

To investigate the main spatial and temporal features of
NHD over the Northern Hemisphere, we show the first two
EOF modes and corresponding principal components for the
NHD based on percentile index from 1979 to 2012 in Fig. 3.
The two modes explain about 20.2% and 7.3% of the total
variance, respectively.

As Fig. 3a shows, the first leading EOFmode is characterized
by uniform positive anomalies in the most parts of the Northern
Hemisphere, and the corresponding PC (Fig. 3b) mainly features
increasing trend. The EOF1 and PC1 indicate that NHD based
on percentile index was depicted by negative anomalies from
1979 to 1997 and positive anomalies from 1997 to 2012.
Hence, the NHD increased over the Northern Hemisphere, espe-
cially in North Africa and West Asia. The three sub-regions
chosen above are the areas where NHD shows a significant
variation according to the first leading EOF mode.

Additionally, the second leading EOF mode (Fig. 3c)
shows a seesaw NHD pattern between the USA, East
Europe, North Asia, and the other parts of the Northern
Hemisphere. The second principal component (Fig. 3d) de-
picts negative phases from 1979 to 2000 and positive phases
from 2000 to 2012 mainly. Thus, in the USA, East Europe,
and North Asia, the NHD based on percentile index was
above normal during 1979–2010 and below normal during
2000–2012, while the patterns reversed in the other parts of
the Northern Hemisphere.

4 High-temperature extremes
over sub-regions and their links
with atmospheric circulation

Atmospheric general circulation is a direct factor which causes
extreme high events. For example, the serious heat wave in
Europe in 2003 fromMay to August is partly due to persistent
anticyclonic conditions (Black et al. 2004). To examine the
relationship between the atmospheric circulation and NHD,
linear trends have been subtracted to remove long time-scale
variations. For a 34-year time series, a correlation coefficient
of 0.44 reaches the 99% confidence level based on the
Student’s t test.

Correlations of NHD with height fields in each grid over
the Northern Hemisphere during 1979–2012 are shown in
Fig. 4. Apparently, the distribution of correlation coefficient
is remarkably similar between two pressure levels, but the
coefficients of NHD with 500 hPa height field are larger than
with 200 hPa. Significant positive correlation appears in major
parts of the Northern Hemisphere, with positive centers in
middle and high latitudes. This suggests a potential link be-
tween the NHD based on percentile index and anomalous
height fields. Over the three sub-regions chosen above, the
correlation coefficients between NHD and geopotential height
are significant.

4.1 East Asia

The regional averaged NHD in the EA region increased with a
linear trend of 0.18 days/year and showed a decadal increase
via binomial 9a sliding average (red line) (Fig. 5a). Regime

Fig. 2 Linear trends of NHD
based on the absolute index (a)
and percentile index (b) during
1979–2012 over the Northern
Hemisphere, the point signs de-
note the grid points where the
trend is significant at 99% confi-
dence level according to Student’s
t test. The rectangular black boxes
from left to right denote the re-
gions that are chosen as the
United States of America (USA),
Mediterranean (TM), and East
Asia (EA), respectively
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shift detection indicates that regional NHD over EA had a
regime shift in 1996. Therefore, the period is divided into
two periods: low NHD period (pre-period: 1979–1996) with

9.11 days/JJA and high NHD period (post-period: 1997–
2011) with 15.73 days/JJA. Averaged NHD patterns during
1979–1996, 1997–2011, and difference between two periods

Fig. 4 Correlation coefficients of NHD based on percentile index with
500 hPa (a) and 200 hPa (b) height fields respectively from 1979 to 2012
over the Northern Hemisphere. The point signs denote the grid points
where the correlation is significant at 99% confidence level according

to Student’s t test. Green arc areas from 150° W to east indicate the
regions of the United States of America (USA), Mediterranean (TM),
and East Asia (EA), respectively

Fig. 3 The first EOF mode (a) and second EOF mode (c) of NHD based
on percentile index over the Northern Hemisphere and the first principal
component (b) and second principal component (d) during 1979–2012.

The rectangular black boxes from the left to the right denote the regions
that are chosen as the United States of America (USA), Mediterranean
(TM), and East Asia (EA), respectively
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over EA are shown in Fig. 5c–e, respectively. From the pre-
period to post-period, an increasing trend was found overmost
parts of EA, especially around the Mongolian Plateau and
Loess Plateau.

To find out the atmospheric circulation associated with the
decadal shift of NHD in the EA region, the differences of
atmospheric circulation and downward shortwave radiation
between two periods are shown in Fig. 6. There is an anom-
alous anticyclone during the post-period compared with pre-
period in both the upper and lower troposphere over the most
parts of EA (Fig. 6a, c). Associated with the anticyclonic
anomalies, there are subsidence at 500 hPa (Fig. 6b) and
downward shortwave radiation anomalies in the surface,
which may heat air temperature indirectly through heating
surface soil temperature.

The first and second SVD modes on the summer 200 hPa
geopotential height field and simultaneous NHD from 1979 to
2012 are shown in Fig. 7, aiming at analyzing the correlation
between the atmospheric circulation and extreme temperature
over the EA. The first two modes explain about 92.1% and

5.7% of the total variance, indicating that the first mode is the
main pattern.

The first homogeneous SVD modes (Fig. 7a, b) are char-
acterized by positive height anomalies with maximum center
at the latitude around 45° N and remarkable above-normal
NHD around the Mongolian Plateau and Loess Plateau, con-
sistent with the most significant increases of NHD (Fig. 5e).
The correlation coefficient between the two corresponding
principal components (PCs) is 0.86, suggesting a close rela-
tionship between geopotential height and NHD. There is an
evident change that the values of standardized PCs are mainly
below zero during 1979–1995 and above zero during 1996–
2012 (Fig. 7c). Therefore, anticyclonic anomalies and above-
normal NHD over the EA mainly appear during 1996–2010,
while cyclonic anomalies and below normal NHD mainly
appear during 1979–1995. The second SVD mode indicates
a dipole pattern of anomalies of 200 hPa geopotential height
and NHD between north part and south part of EA (Fig. 7d, e),
and the correlation of PCs is 0.77 (Fig. 7f). Else, the inter-
annual variability of PCs is significant.

Fig. 5 Changes (a) and a regime
shift (b) of the regional averaged
NHD based on percentile index
and averaged NHD during 1979–
1996 (c), 1997–2011 (d) and dif-
ference between two periods (e)
in the EA region
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4.2 Mediterranean

Figure 8 shows the changes of NHD in the TM region. The
regional mean NHD in the TM shows an increasing trend
during 1979–2012 (linear trend valued 0.35 days/year).
Specifically, there is a gradual increasing trend from 1979 to
1990s and a prominent increasing trend from 1990s to 2012
(Fig. 8a). A regime shift of regional NHD in 1997 is detected,
with 9.74 days/JJA during 1979–1997 (pre-period) and
18.74 days/JJA during 1998–2012 (post-period). Areas where
hot days frequently occurred are located in theWestern Sahara
during 1979–1996 and in the Arabian Peninsula during 1997–
2012 (Fig. 8c, d). From the pre-period to the post-period, an
increasing trend was found over the whole TM region, espe-
cially around the Arabian Peninsula.

Figure 9 shows the differences of atmospheric circulation
and downward shortwave radiation between pre-period and
post-period. The whole TM had a regime increasing shift of
NHD in 1997, but the factors for this shift are different in the
north part and south part of TM (Fig. 9). Over the north part
(from 40° N to north), there is an anomalous anticyclone dur-
ing the post-period compared with pre-period in both the up-
per and lower troposphere over the north part of TM (Fig.
9a, c), and subsidence anomalies occur at 500 hPa (Fig. 9b),
resulting from the anomalous high pressure. Meanwhile,

downward shortwave radiation in the surface demonstrates a
positive anomaly (Fig. 9d), favoring the occurrence of ex-
treme heat. Over the south part (from 40° N to south), there
is ascent at 500 hPa, and downward shortwave radiation
decreased. Harpaz et al. (2014) indicated that horizontal ad-
vection is the dominant factor in the occurrence of HETs in the
eastern Mediterranean region, but not the warming associated
with subsidence.

The first and second SVD modes on the summer 200 hPa
geopotential height and simultaneous NHD from 1979 to
2012 are shown in Fig. 10, and the first two modes explain
about 89.9% and 3.0% of the total variance, respectively, sug-
gesting that the first mode is the dominant mode. As
Fig. 10a, b shows, the first homogeneous SVDmode indicates
a positive geopotential height and hot days anomalies over the
TM. NHD is above normal when the TM region is controlled
by positive height anomalies, with a localizedmaximumNHD
around the Arabian Peninsula. The correlation of PCs is 0.77
(Fig. 10c). The second SVD mode is characterized by a see-
saw pattern of geopotential height and NHD between western
and eastern TM, with a localized minimum over Sahara region
(Fig. 10d, e). The correlation of PCs is 0.74, suggesting a close
relationship between the 200 hPa geopotential height and
NHD, and the PCs show a significant inter-annual variability
(Fig. 10f).

Fig. 6 Differences of (a) 200-hPa wind (units: m/s), (b) 500-hPa vertical
pressure velocity (dp/dt) (units: 10−4 hPa/s), (c) 850-hPa wind (units:
m/s), and (d) surface downward shortwave radiation (units: W/m2)

between 1997–2011 and 1979–1996 in the EA region. The red rectangu-
lar boxes denote the regions that are chosen as the EA
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4.3 United States of America

The changes of regional NHD over the USA display an inter-
annual variation with a linear trend of 0.1 day/year (Fig. 11a).
We define hot years when the standardized anomaly of region-
al NHD is larger than 1.0, and cold years when the standard-
ized is smaller than − 1.0. Hence, hot years over the USA are
chosen including 1980, 1983, 1988, 1995, 1998, 2005, 2006,
2010, 2011, and 2012, while cold years including 1979, 1982,
1984, 1985, 1992, 1994, 1996, 1997, 2000, and 2004
(Fig. 11b). Over the USA, the most significant difference

between hot years and cold years was in the west of the
Mississippi River (Fig. 11c, d, f).

Figure 12 displays the difference of atmospheric circulation
and downward shortwave radiation between hot years and
cold years. Comparing to cold years, there is an anomalous
anticyclone in both the upper and lower troposphere over the
USA region in hot years (Fig. 12a, c), and subsidence anom-
alies occur at 500 hPa (Fig. 12b), resulting from the anoma-
lous high pressure. Cloud is inhibited due to subsidence, fa-
voring extreme temperature through enhancing solar radiation
at the surface (Fig. 12d).

Fig. 7 First (a–c) and second (d–
f) leading SVD homogeneous
correlation map of summer 200-
hPa height field (a, d) and simul-
taneous NHD (b, e) over the EA
region and standardized homoge-
neous time series of first (c) and
second (f) leading SVD mode.
SVD analysis is based on the data
from 1979 to 2012
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Fig. 9 Differences of (a) 200-hPa wind (units: m/s), (b) 500-hPa vertical
pressure velocity (dp/dt) (units: 10−4 hPa/s), (c) 850-hPa wind (units:
m/s), and (d) surface downward shortwave radiation (units: W/m2)

between 1998–2012 and 1979–1997 in the TM region. The red rectan-
gular boxes denote the regions that are chosen as the TM

Fig. 8 Changes (a) and a regime
shift (b) of the regional averaged
NHD based on percentile index
and averaged NHD during 1979–
1997 (c), 1998–2012 (d), and
difference between two periods
(e) in the TM region
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To analyze the links between the general circulation
and extreme temperature event over the USA, the first
two SVD modes on summer 200 hPa geopotential
height field and simultaneous NHD from 1979 to 2012
are shown in Fig. 13, and the first and second modes
explain about 79.8% and 14.3% of the total variance,
respectively.

The correlation coefficient between two corresponding
PCs of geopotential height field and NHD from first mode
is 0.82 (Fig. 13c), which suggests a close relationship
between geopotential height field and NHD. As
Fig. 13a, b shows, the first homogeneous SVD modes
are characterized by uniform geopotential height fields
and NHD anomalies in the USA region. NHD is above
normal when the USA is controlled by an anomalous an-
ticyclone. The standardized PCs of the first mode display
a significant inter-annual variation with an increasing
trend (Fig. 13c). The second mode indicates a dipole

anomaly of 200 hPa geopotential height and NHD be-
tween the Northern and Southern USA. The correlation
coefficient of PCs is 0.75, and the inter-annual variability
of PCs is significant with a decreasing trend (Fig. 13f).

In the EA and TM, the NHD increased significantly with a
regime shift around the late 1990s, but the NHD in the USA
increased with significant inter-annual variability. Both the
decadal increases of NHD in EA and north part of TM and
positive anomalies NHD in the USA are associated with an
anomalous anticyclone in both upper and lower troposphere,
resulting subsidence at 500 hPa and downward shortwave
radiation anomalies in the surface.

5 Discussion and conclusion

In this study, we have investigated the changes of high-
temperature extremes and their links with atmospheric

Fig. 10 a–f The same as Fig. 7 but over the TM region
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circulation over the Northern Hemisphere during 1979–2012
based on daily records of maximum temperature and
geopotential height fields. Hot day is defined as daily maxi-
mum temperature exceeding 35 °C (absolute index) or 90th
percentile (percentile index) based on 30-year (1981–2010)
daily records of daily maximum temperature.

Based on absolute index, the regions with frequent hot
days are mainly located in the North Africa and West
Asia, with the NHD close to 90 days/JJA. The spatial
features of TX90 indicate a zonal structure and are con-
sistent with the climatology of NHD based on absolute
index, with larger values over the subtropical regions.
The NHD increased with regional characteristics in most
part of the Northern Hemisphere from 1979 to 2012 and
had most significant increasing trends over the subtropical
regions, especially around the Mediterranean. According
to the features of climatology and trend, three sub-regions
are chosen to do more detailed analysis: East Asia (EA),

Mediterranean (TM), and United States of America
(USA). These three regions are the areas where high-
temperature extremes frequently occur and have signifi-
cant increasing trends. In addition, the first EOF mode is
characterized by a uniform increasing trend, with signifi-
cant variations over the EA, TM, and USA.

In the EA region, regional NHD increased with a linear
trend of 0.18 days/year, and showed a decadal increasing with
a regime shift in 1996. Compared with the pre-period (1979–
1996), hot days occur more frequently during the post-period
(1997–2012), especially in the Mongolian Plateau and Loess
Plateau. The atmospheric circulation and surface downward
shortwave radiation associated with the decadal increasing of
regional NHD are characterized by an anomalous anticyclone
both in the upper and lower troposphere and the subsidence
due to high pressure. This circulation pattern is conducive to
the occurrence of hot days through enhancing downward solar
radiation at the surface.

Fig. 11 Changes (a) and
standardized anomalies (b) of
regional averaged NHD based on
percentile index during 1979–
2012 and averaged NHD during
hot years (c), cold years (d), and
difference between hot years and
cold years (e) in the USA region
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In the TM region, regional NHD increased with a rate
of 0.35 days/year and showed a decadal increasing with
a regime shift in 1997. Factors associated with this shift
are different over the north part and south part of TM.
For the north part (from 40° N to north), the anomalous
anticyclone and subsidence are responsible for the ex-
treme temperature through enhancing solar radiation at
surface. For the south part (from 40° N to south), there
is no obvious anomalous anticyclone, but there are
anomalous ascending and negative anomalous solar radi-
ation at surface.

In the USA region, regional NHD increased with a
linear trend of 0.1 days/year, and displayed an inter-
annual variation. After defining hot years when the stan-
dardized anomaly of regional NHD is larger than 1.0, and
cold years when the standardized is smaller than − 1.0, we
chose 10 hot years and 10 cold years to do a composite
analysis. Anticyclone and subsidence anomalies are con-
ducive to the occurrence of hot years.

Anticyclonic anomalies play an important role in af-
fecting extreme heat events in various regions from the
previous studies (Meehl and Tebaldi 2004; Gershunov
et al. 2009; Chen and Lu 2015). Subsidence resulting
from anomalous anticyclone can increase the air

temperature through adiabatic heating and also through
enhancing solar radiation at surface due to the subsidence
and reducing of cloud cover (Zaitchik et al. 2006; Loikith
and Broccoli 2012). The decadal increasing over both the
EA region and north part of TM region and also hot years
over the USA region can be explained by mechanism
mentioned above, but not the decadal increasing over
south part of TM region.

Else, several previous studies indicated that the hori-
zontal flow is responsible for extreme temperature
through temperature advection over Mediterranean re-
gion. July–August temperature was analyzed over the
eastern Mediterranean region (Ziv et al. 2004). The re-
sults indicated that the temperature anomaly is resulted
from the combined effect of horizontal clod advection
by prevailing northwesterly winds and the warming due
to subsidence, and they tend to balance each other. In
addition, Harpaz et al. (2014) did dynamical analysis of
extreme summer temperatures in the east Mediterranean
and implied that extreme heat is controlled by the in-
tensity of the negative temperature advection, but not by
the prevailing subsidence: high temperature is caused by
the reducing of cold advection because of the weakened
northwesterly wind.

Fig. 12 Differences of (a) 200-hPa wind (units: m/s), (b) 500-hPa vertical
pressure velocity (dp/dt) (units: 10−4 hPa/s), (c) 850-hPa wind (units:
m/s), and (d) surface downward shortwave radiation (units: W/m2)

between hot years and cold years in the USA region. The red rectangular
boxes denote the regions that are chosen as USA
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摘  要  本文利用中国740个气象台站1963～2012年均一化逐日最高温度和最低温度资料，分析了中国地区最高、

最低气温和日较差变化趋势的区域特征及其与海拔高度的关系。结果表明：近 50 年气温的变化趋势无论是年或

季节变化，最低温度的增温幅度都高于最高温度，且其增温显著区域都对应我国高海拔地区。除了春季，其他季

节最高、最低温度及日较差的升温幅度随着海拔高度的升高而增大，其中最高温度的变化趋势与海拔高度的相关

性最好。同一海拔高度上，最高、最低温度在不同年代的增幅具有不一致性：20 世纪 80 年代，二者变化幅度最

小；20 世纪 90 年代，二者增幅最大，尤以低海拔地区最为明显。2000 m 以上高海拔地区：最高温度和最低温度

的变化趋势在 20 世纪 90 年代以前变化较小，而在近十年增幅十分明显；日较差季节变化大：夏季减小，冬季增

加。20 世纪 90 年代以前，最高、最低温度随海拔高度变化不大，而近 20 年随海拔高度升高，最高、最低温度的

变化趋势几乎都是先减小后增加。高海拔地区比低海拔地区对全球变化反应更明显。 
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stations, the present study investigates the regional characteristics of the temperature trend and the dependence of 
maximum and minimum temperature and diurnal temperature range changes on the altitude during the period 1963–2012. 
It is found that the magnitude of minimum temperature increase is larger than that of the maximum temperature increase. 
The significant warming areas are located at high altitude, all of which increase remarkably in size during the study period. 
The maximum and minimum temperature and diurnal temperature range trends increase with altitude, except in spring. 
The correlation coefficients between the maximum temperature trend and altitude are the highest. At the same altitude, the 
amplitudes of maximum and minimum temperature show inconsistency: They exhibit increasing trends in the 1990s, with 
significant change at low altitude; they change minimally in the 1980s; and at high altitudes (above 2000 m), the 
magnitudes of their changes are weak before the 1990s but stronger in the last 10 years of the study period. The seasonal 
variability of the diurnal temperature range is large over 2000 m, decreasing in summer but increasing in winter. Before 
the 1990s, there is no significant variation between maximum and minimum temperature and altitude. However, their 
trends almost all decrease and then increase with altitude in the last 20 years. Additionally, the response to climate in 
highland areas is more sensitive than that in lowland areas. 
Keywords  Maximum temperature, Minimum temperature, Diurnal temperature range, Altitude, Temperature trend 

 

1  引言 

联合国政府间气候变化专门委员会（IPCC）公

布的第五次气候评估报告显示，从上世纪 50 年代

以来，全球平均气温不断上升。在北半球，过去 30
年，每十年的增温幅度高于 1850 年以来的任何时

期；并有专家表示尽管在过去的 15 年里，全球变

暖曾出现停滞现象，但这并不能反映全球气候长期

以来的变化趋势。而在温度上升的时期内，年均最

低气温的增长趋势高于年均最高气温，导致全球日

较差的下降（Stocker et al., 2013）。联合国“气候变

化科学纲要”上提到尽管全球平均温度在 21 世纪

以来没有上升，但变暖的长期影响不仅仍旧存在，

且有日益加强的趋势（Balint et al., 2009）。而变暖

趋势之所以受阻，可能是因 21 世纪以来的拉尼娜

事件，且太阳辐射由弱到强，这在相当大程度上抵

消了人类活动造成的变暖。而中国气候在近十年继

续变暖，特别是东北地区是全球变暖最强烈的地区

之一，其中原因较为复杂，除了温室效应、ENSO、

太阳辐射、火山活动外，城市热岛效应及与海洋热

盐环流有关的年代际变化，也可能有一定影响（王

绍武等，2010）。全球变暖不仅表现在平均温度的

升高，极端温度及日较差也有明显变化，并存在显

著的区域差异（Easterling et al., 2000）。与最高、最

低温度变化不同的是，日较差可以反映全球和区域

性的温度变化幅度特征，有着重要的生态学意义，

对人类生存环境的变化、气候异常的影响有特殊的

参考价值（陈铁喜和陈星, 2007）。因此，在年代际

变化尺度上，日较差能独立于平均温度的变化，较

好反映系统的内在变化（Braganza et al., 2004）；并

且，日较差与最高、最低温度也有很大关系，因此

对日较差的分析比单纯分析平均温度的变化更能

为气候变化研究提供支持（汪凯等，2010）。 
观测结果表明，上世纪日较差显著减小，这不

可能仅由自然变化因素导致（Braganza et al., 
2004）。Vose et al.（2005）通过分析全球台站温度

观测数据后，认为 1950～1980 年，由于全球几乎

所有地区最低温度和最高温度都在增加，导致日较

差下降比较明显，而 1979 年以后日较差下降趋势

不再显著。国内对日较差变化的研究有很多。就全

国区域分析来看，年平均最高、最低温度变化在年

代际尺度上变化基本一致，从 20 世纪 70 年代开始

缓慢升温，80 年代中期升温迅速，在 90 年代后期

达历史最高，后又回落；相应地，日较差从 20 世

纪 60 年代初开始在波动中呈下降趋势，并持续到

90 年代初，从 20 世纪 90 年代开始，日较差下降趋

势仍持续，但下降幅度有所减缓（Liu et al., 2004; 唐
红玉等, 2005）。从季节变化上来看，各季最低气温

呈增长趋势，日较差呈减少趋势，并在我国北方尤

为明显，以冬季趋势最为明显（任国玉等, 2005; 唐
红玉等, 2005）。此外，最高、最低气温的非对称变

化在夏季最为显著，夏季最高气温降低，最低气温

增加（王凯等, 2010）。日较差的变化有明显的区域

和季节性，平均减小幅度为高纬度地区大于低纬度

地区（唐红玉等, 2005；陈铁喜和陈星, 2007），并

且西部的青藏高原和新疆地区的日较差变化与东

部地区差异尤其明显（陈铁喜和陈星, 2007）。一些

研究在对 20 世纪后半期青藏高原地区日较差的特

征分析后，发现高原大部分地区平均气温和最高、

最低气温普遍升高，最低气温上升速率是最高气温
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的 1～3 倍，日较差显著减小（马晓波和李栋梁, 
2003）；另外，青藏高原东部地区日照时数与日较

差有密切的正相关，总云量与日较差则有反相关关

系（李跃清，2002）。 
中国地形多种多样，山区面积占全国总面积的

2/3。由于区域所处的陆地位置、纬度位置以及大气

环流系统位置的不同，加上地形等的影响，区域对

全球变化的响应是千差万别的（卢爱刚等，2006）。
Dong et al.（2014）在研究平均温度在不同海拔高度

上的变化时，发现以 200 m 高度为界，200 m 以下

随着海拔高度的升高，平均温度的增温趋势减弱，

200 m 以上地区平均温度的增温趋势加强。中国山

区面积广大，纬度跨度大，受多种气流影响，因此

对垂直空间上温度变化的分析，可从另一方面揭示

全球变暖对不同海拔高度地区的作用强度；而且高

山具有较大的热力和动力作用，对区域和全球的气

候变化、水循环、生态环境产生至关重要的影响。

此外，许多平均温度的变化与最高、最低温度的变

化紧密相连，因此进一步分析最高、最低温度以及

日较差的变化有助于全面了解中国垂直方向上的

气候变化特征。关于 20 世纪 50 年代以来中国温度

变化趋势的研究重点着眼于气温的空间分布特征，

对于垂直高度上温度变化的研究，目前大部分仅限

于青藏高原等高海拔地区的温度变化与海拔高度

的关系。如 Rebetez and Beniston（1998）等发现阿

尔卑斯山的日较差与日照时数在低海拔测站有很

强的相关性，而高海拔地区没有这样明显的关系。

本文拟研究近 50 年全国最低气温、最高气温以及

日较差变化的区域差异和季节变化对比及其与海

拔高度的关系，并初步探讨日较差变化随海拔高度

变化在时空上所遵循的规律及其主要成因。这可以

揭示各海拔高度对全球变化的响应速度与程度存

在一定的差别，为进一步揭示中国不同海拔高度地

区的气候特征做一些探索。 

2    资料与方法 

2.1  资料来源 
所用资料来自《中国均一化气温数据集 1.0 版》

的升级版本
①
，升级版本的数据包含中国 825 个国

家基本、基准站 1951 年至 2012 年逐日最高、最低

以及平均气温均一化数据集。气象资料由于建站、

迁址等问题存在非均一性，所以本文基于均一化气

温数据对温度的变化在海拔高度上的变化进行分

析。由于我国地面气象观测规范曾做过多次修改，

尤其是在 1962 年以前，包括观测时制、时间、次

数、观测场地以及观测仪器有较大的变化，所以分

析时段选取 1963～2012 年共 50 年（吴增祥，2005；
李百超等，2009）。为保证资料准确、可靠，剔除

50 年中缺测资料达 3 个月以上的气象站点，最终得

到全国 740 个测站资料，包括日平均气温、日最高

气温和日最低气温以及测站的位置数据，其中测站

的海拔高度范围为 0～4700 m，纬度范围为 16°～
53°N，经度范围为 75°～133°E。 

根据选取的全国 740 个气象站点的海拔高度分

布统计情况（图 1）可知：在我国东北南部、华北

东部、黄淮及江南、华南大部分地区台站高度在 200 
m 以下，在东北大部分地区、内蒙古、新疆、西北

东南部以及西南地区，其测站海拔高度在 200～
2000 m 之间，其余在西藏、西北地区中部，测站海

拔在 2000 m 以上，且最为集中。 
2.2  资料处理与研究方法 

（1）空间平面分布图采用 Arcgis 地理信息系统

软件绘制，插值方法选用地统计学模块中的克里格

法。克里格法是从变量相关性和变异性出发，在有

限区域内对区域化变量的取值进行无偏、最优估计

的一种方法，也是对空间分布的数据求线性最优、

无偏内插估计的一种方法（彭彬等，2011）。 
（2）单个站点计算气温变化趋势采用一元线性

回归： 
              0 1tx a a t= + ,            （1） 

其中，t 为 1963～2012 年的时间序列，xt为利用线

性回归估计得到的气温估计值，a0 和 a1 是回归系

数。气温趋势倾向率为 b=10a1，单位为°C (10 a)−1。

线性倾向率估算采用最小二乘法，为判断变化趋势

的程度是否显著，采用 t 检验法对相关系数进行显

著性检验，本文给定显著性水平为 0.05（Santer et al., 
2000）。 

（3）季节上采用气象季节划分方法，即上年 12
月至当年 2 月为冬季、3～5 月为春季、6～8 月为

夏季、9～11 月为秋季，年平均值为当年 12 个月的

算术平均。 
（4）日较差（Diurnal Temperature Range, TDTR）

 

① 中国气象局国家气象信息中心. 2013. 中国均一化气温数据集 1.0 版（CHHT1.0）升级版本 [M]. 北京 
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为日最高气温（Maximum Temperature, Tmax）与日

最低气温（Minimum Temperature, Tmin）之差，可表

示为 
               maxDT minR =T T T－ .          （2） 

本文的设计思路为：首先利用（2）式计算各

个站点的逐日日较差，再用线性方法计算出每个

站点 40 年各年、季节平均最高气温、最低气温和

日较差的变化趋势。最高、最低气温距平基于

1971～2000 年 30 年的气候态值为基础。为研究气

象要素变化与海拔高度的关系，在不同的海拔高

度范围上计算平均最高温度、平均最低温度和平

均日较差，以及对其变化趋势做区域平均，分析

这三个气象要素的趋势变化、年际变化及年代际

变化。 

3  结果分析 

3.1  1963～2012 年全国地区气温变化特征 
由全国台站气温倾向率统计数据（表 1）可以

看出近 50 年全国最高温度和最低温度大致呈增温

趋势。变化趋势无论是年际或季节变化，最低温  
度的增温幅度都高于最高温度；相应地，最低温度

的降温幅度也都小于最高温度。最高温度除夏季

外，其他季节增温明显；最低温度各季增温都很明

显，尤其冬季达到 0.5°C (10 a)−1。尽管有个别测站

有降温趋势，但几乎没有站点通过显著性检验。大

部分测站的日较差呈下降趋势，冬季减小幅度最

大，达−0.27°C (10 a)−1；在春季，日较差增大的测

站数最多且为四季中上升幅度最大的季节，但下降

幅度却也比夏秋两季大。 
从全国地区近 50 年气温倾向率的分布与等高

线叠加的空间图来看（图 2），我国最高、最低温度

为一致的增长趋势。最高温度和最低温度在我国东

北北部、内蒙古和华北北部一带，以及青藏高原东

部地区为增温高值区，这些区域都对应我国高海拔

地区，海拔几乎都在 200 m 以上，且在 35°N 以北

尤其明显。在我国黄淮地区和西南地区东部，最高

温度增温趋势不明显。除西南地区东部外，最低温

度的增温幅度要比最高温度更为明显。日较差的变

化趋势的空间分布与最低温度较为一致，在我国东

北、内蒙古、华北及黄淮东部地区有下降低值区，

西北西部及青藏高原为较明显的下降趋势。值得注

意的是在我国西北地区东南部、长江流域中部地

区，日较差有微弱的增加趋势。这种空间分布，周

雅清和任国玉（2010）在分析中国极端气温事件变

化特征时也得出相似的结论：日最高气温的极大值

整体都有上升趋势，最高、最低气温的极大值在北

方上升较明显，而在长江中下游和西南地区有下降

的趋势。翟盘茂和任福民（1997）在分析 1950～1990
年的气象要素变化时，认为最高温度在黄河以北、

95°E 以西以增温为主，最低温度在全国表现出一致

的增温。 

表 1  1963～2012 年全国气温倾向率统计（包含增温、降温

的站点统计及相应的气温倾向率） 
Table 1  Statistics of the temperature trend in China during 
1963–2012 (including the numbers of stations with a positive 
and negative trend and the corresponding temperature trend)  
 最高温度 

 
 

增温站点数

气温倾向率/ 
°C (10 a)−1 

 
降温站点数 

气温倾向率/
°C (10 a)−1 

年 737(619) 0.21 3(0) −0.03 
春季 690(350) 0.24 50(1) −0.06 
夏季 585(372) 0.19 155(0) −0.08 
秋季 736(509) 0.23 4(0) −0.05 
冬季 726(342) 0.27 14(0) −0.03 

 最低温度 

 
 

增温站点数

气温倾向率/ 
°C (10 a)−1 

 
降温站点数 

气温倾向率/
°C (10 a)−1 

年 735(716) 0.36 5(0) −0.02 

春季 689(572) 0.33 51(1) −0.05 

夏季 725(667) 0.29 15(1) −0.05 

秋季 736(640) 0.33 4(0) −0.05 

冬季 738(704) 0.5 2(0) −0.02 

 日较差 

 
 

上升的测站数

日较差倾向率/ 
°C (10 a)−1 

 
下降的测站数 

日较差倾向率/
°C (10 a)−1 

年 164(34) 0.08 576(400) −0.18 

春季 256(117) 0.14 484(299) −0.23 

夏季 123(77) 0.07 617(373) −0.18 

秋季 206(75) 0.09 534(259) −0.18 

冬季 66(12) 0.1 674(426) −0.27 

注：括号内为通过 0.05 显著性水平检验的站点数。 
 

从最高温度、最低温度和日较差的距平变化来

看（图 3），最高温度在 1990 年前有微弱的下降趋

势，且变化波动大，在 1990 年后期为明显的上升

趋势，到了 2000 年以后增温达到最大值；最低温

度在这两个时期内则是先微弱增加后增加迅速；日

较差在 20 世纪 90 年代以前迅速减小，之后有微弱

的减小。周雅清和任国玉（2010）在分析极端温度

时也得出最高温度和最低温度的极大值在 20 世纪

90 年代中期迅速升高，在进入 2000 年以后仍然保
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持在较高水平上。 
综上所述，变化趋势无论是年际或季节变化，

最低温度的增温幅度都高于最高温度的增幅，且其

增温明显区域都对应我国高海拔地区，海拔几乎都

在 200 m 以上，在 35°N 以北尤其明显。大部分测

站的日较差呈下降趋势，冬季减小幅度最大，其变

化趋势的空间分布与最低温度较为一致。最高温度

除夏季外，其他季节增温明显；最低温度各季增温

都很明显，尤其冬季，增温达 0.5°C (10 a)−1。最高、

最低温度在 20 世纪 90 年代后期增温迅速，在

2000～2012 年间增温达最大值，对应日较差在 90
年代后由迅速减小变为微弱的下降趋势。 
3.2  1963～2012 年全国地区温度与海拔高度的关系 

表 2 是最高温度、最低温度和日较差的年和四

季的变化趋势与海拔高度的相关分析结果统计。对

比这三个气象要素的变化趋势与海拔高度的回归

结果可以发现，除了春季，其他三季以及年际变化

规律都随着海拔高度的升高，最高温度和最低温度

的升温幅度也越大，日较差的增加趋势也越大。其

中最高温度的变化趋势与海拔高度的相关性最好，

其次是日较差，最低温度的变化趋势与海拔高度性

关系最弱，仅在夏季相关。最高温度和日较差的变

化趋势与海拔高度的关系在秋季最为相关。黄琰等

（2011）在分析中国气温极值分区的时空变化特征

时发现，气温分区形式与中国地形和站点的纬度相

关性较大，其中秋冬季节极值分区与海拔高度的相

关性高。 

表 2  1963～2012 年中国气温要素变化趋势及其与海拔高

度的相关性统计 
Table 2  Temperature trends and correlation coefficients 
(R) between altitude and temperature trends on an annual 
and seasonal basis in China for the period 1963–2012 

最高温度 最低温度 日较差 

b/°C (10 a)−1 R b/°C (10 a)−1 R b R 

年  2.22×10−5 0.253**  1.07×10−5 0.063*  1.75×10−5 0.108**

春 −4.30×10−5 0.279** −1.00×10−6 0.058 −3.10×10−6 0.138**

夏  4.97×10−5 0.353**  3.42×10−6 0.219**  1.55×10−6 0.108**

秋  3.82×10−5 0.432**  5.12×10−7 0.030  3.31×10−6 0.198**

冬  3.60×10−5 0.258**  2.48×10−7 0.011  3.35×10−6 0.168**

注：b 表示温度变化趋势；R 表示温度要素变化趋势与海拔高度的相关

系数。 
*达到 95%的信度检验，**达到 99%的信度检验。

图 1  中国站点海拔分布。蓝色三角形、黄色圆点、红色五角星分别代表海拔位于 200 m 以下、200～2000 m、2000 m 以上台站位置 

Fig. 1  The distribution of the 740 Chinese meteorological stations whose data are used in this study, delineated by altitude: 0–200 m (blue triangles); 

200–2000 m (yellow circles); 2000–4700 m (red stars) 
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图 2  1963～2012 年全国（a）最高、（b）最低温及（c）日较差倾向率的空间分布。图中等值线为海拔高度，单位：m 

Fig. 2  Distribution of the (a) maximum temperature trend, (b) minimum temperature trend, and (c) diurnal temperature range trend in China for the period 

1963–2012. The isolines are contour lines, units: m 
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3.3  1963～2012 年全国地区日较差在不同海拔高 

度范围内的年际变化 
为了进一步分析不同海拔高度上，各气温要素

变化趋势的异同点，将台站按不同海拔高度段进行

分类讨论。对于目前已有的温度在垂直高度上变化

的研究，大部分仅限于青藏高原、云贵高原等区域

的温度变化与海拔高度的关系，这些研究对海拔高

度的分类只是粗略地将海拔高度以 500 m 为单位进

行划分（You et al., 2008, 2010; 王朋岭等，2012）。
本文研究的是全国区域不同海拔高度上气温变化

的特征，500 m 以下台站数占总数的一半左右，为

了尽量缩小不同的海拔高度范围内测站数目的差

异，现把海拔高度分为 8 段：0～50 m、50～100 m、

100～200 m、200～500 m、500～1000 m、1000～
1500 m、1500～2000 m、2000～4700 m。 

从不同海拔高度上日较差距平值的变化可以

看出（图 4），200 m 以下的区域日较差变化较为相

似，在近 50 年为一致的下降趋势，变化波动幅度

在 20 世纪 80 年代后期变小。200 m 到 2000 m 地区

的日较差年际变化较为一致，以 80 年代中期为结

点，之前日较差为明显的下降，之后日较差有微弱

的上升，在 2000 年以后又变成微弱的下降趋势。

2000 m 以上的台站，几乎都位于青藏高原地区，可

以看出在 20 世纪 80 年代初期开始日较差的下降趋

势不再持续，但其年际变化振幅依然很大。 
根据日较差在不同海拔高度上距平变化的特

点，绘制了最高温度和最低温度在 0～200 m、200～
2000 m、2000～4700 m 这三个海拔高度范围上的距

平变化（图 5）。从图中可以看出，每个海拔段内最

低温度的增温趋势都要比最高温度明显，但其振动

幅度没有最高温度强烈。最低温度在 2000 m 以下

地区为明显的增温趋势（图 5e）。最高温度在 20 世

纪 90 年代以后有明显的增温趋势，但近十年趋势

变缓；在 20 世纪 80 年代中期以前，200 m 以下的

地区最高温度有下降趋势（图 5a），200～2000 m
范围内最高温度没有明显的变化（图 5b），到了 2000 
m 以上地区有微弱的增温趋势（图 5c）。究其原因，

可能是由于 20 世纪 90 年代以前，城市化进程较快，

工业发展等产生的气溶胶导致降温，致使我国城市

化较快地区即 200 m 以下地区最高温度有微弱下降

趋势；而 2000 m 以上的青藏高原地区的气温变化

大部分是由自然因素所导致，因此由 2000 m 以上

最高温度和最低温度的变化曲线可以明显看出近

图 3  1963～2012 年（a）最高（Tmax）、（b）最低温度（Tmin）和（c）

日较差（TDTR）的距平（相对于 1971～2000 年气候态标准）。红色线表

示平均变化趋势 

Fig. 3  Anomalies of (a) maximum temperature (Tmax), (b) minimum 

temperature (Tmin), and (c) diurnal temperature range (TDTR) (relative to the 

1971–2000 standard climatology) and their linear trends (red lines)  
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五十年中国气温大致呈增长趋势，且在近二十年有

所加强。 
综上所述，随着海拔高度的升高，日较差变化

幅度越大，且 20 世纪 90 年代前日较差的下降趋势

也更迅猛，20 世纪 90 年代后下降趋势减弱。最高

温度随高度的升高，变化趋势由下降变为上升。 
3.4  1963～2012 年全国地区日较差在不同海拔高

度范围内的年代际变化 
图 6 为不同年代，随海拔高度的升高，气温要

素的变化特征。从图中可以看出，气象要素在年、

季节特征上都表现为，最高、最低温度在 20 世纪

90 年代（图 6c、g、k）的增温最为明显。最高温

度和最低温度的变化趋势较为一致：最低温度除了

在 2000～2012 年间冬季有下降趋势外（图 6l），其

他年份都为增加趋势，其中以 20 世纪 90 年代增温

幅度最大（图 6k），尤以低海拔地区最为明显；除

20 世纪 90 年代冬季外，最高温度的增幅都小于最

低温度；最高温度在 20 世纪 80 年代变化最弱，最

低温度除冬季外变化也很小；2000 m 以上的高海拔

地区，最高温度和最低温度的增幅在 20 世纪 90 年

代以前较小，仅在 2000～2012 年间增幅最为明显。

因此，在同一海拔高度上，最高、最低温度在不同

年代的增幅具有不一致性。日较差在 20 世纪 80 年

代以前都为明显的下降趋势，到了 90 年代，日较

差有所增加，尤以冬季最为显著，增加的幅度在 500 
m 以上更明显；在 2000～2012 年，日较差又近乎

图 4  不同海拔高度上，1963～2012 年日较差距平序列（相对于 1971～2000 年气候态标准） 

Fig. 4  Diurnal temperature range anomalies at different altitudes for the study area from 1963 to 2012 (relative to the 1971–2000 standard climatology) 
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为一致的下降趋势，2000 m 以上的高海拔地区则表

现为夏季减小，冬季增加的不一致性（图 6d、h、l）。 
图 7 为不同的海拔高度上，气象要素的年代际

变化特征柱状图。20 世纪 90 年代，低海拔地区最

高、最低温度增温幅度大于高海拔地区，且低海拔

地区最低温度增幅大于最高温度，高海拔地区则相

反。在 2000 m 以上地区，2000～2012 年最高温度

和最低温度的是近五十年增幅最高的十年。对于日

较差，大部分为减小趋势，仅在 20 世纪 90 年代且

海拔在 200 m 以上地区为增加趋势，直接因素是此

时最高温度的增加幅度大于最低温度所导致的。 
由于以上的分析说明，在 20 世纪 90 年代前后

温度要素的变化差异较大，因此将所分析的近 50
年的时间长度分为两个时期：1963～1990 年和

1991～2012 年，分别在这两段时期内分析不同海拔

高度上气温要素的变化特征（图 8）。 
从气温要素的年际变化特征来看，20 世纪 90

年代以前（图 8a），最高温度变化不明显；而最低

温度的增温趋势和日较差的下降趋势较为明显，且

垂直方向上变化不大。1991～2012 年（图 8f），最

高、最低温度为明显的上升趋势，最低温度的增温

幅度都大于最高温度，且除 100 m 以下的低纬度地

区最低温度增幅较大外，随着海拔的升高增温幅度

明显增大；而 1500 m 以上的高海拔地区，日较差

下降趋势有所减缓。从季节特征来看（图 8b–e、
8g–j），除冬季外，最高温度和最低温度在近二十年

的增幅都要高于 1990 年以前；冬季 1990 年以前最

高温度和最低温度都为增加趋势，但在 1991～2012
年 2000 m以下最低温度和最高温度为下降，2000 m
以上地区温度增长明显。同样，1990 年以前气温随

海拔高度的变化没有明显特征，但在 1990 年以后，

温度随海拔高度升高，气温变化率先减小后增加。

日较差在 20 世纪 90 年代以前四季都为减小趋势，

平均下降幅度在冬季最大；20 世纪 90 年代后，日

较差仅在秋冬两季为减小趋势，在春季为一致的增

加趋势。周杰等（2013）在分析华北地区气温日较

差的时空特征时也发现，夏季日最高温度在 1990
年左右出现较为明显的趋势突变，1990 之前呈较明

显的下降，之后则呈现非常明显的上升；最低温度

变化亦如此，1990 年以前为不太明显的上升，突变

图 5  不同海拔高度上，1963～2012 年（a–c）最高温度和（d–e）最低温度的距平序列（相对于 1971～2000 年气候态标准） 

Fig. 5  The (a–c) maximum and (d–e) minimum temperature anomalies at different altitudes for the study area from 1963 to 2012 (relative to the 1971–2000 

standard climatology) 
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后呈现更加显著的上升趋势。 

4    结论与讨论 

本文利用我国 740 个台站的观测资料，初步分

析了中国 1963～2012 年最高温度、最低温度及日

较差与海拔高度的关系。现将结果归纳如下： 
（1）无论是年或季节变化，最低温度的增温幅

度都高于最高温度，且其增温显著区域都对应我国

高海拔地区。大部分地区的日较差呈下降趋势，冬

季减小幅度最大。最高温度除夏季外，其他季节增

温明显；最低温度各季增温都很明显，尤其是冬 
季。最高、最低温度在 20 世纪 90 年代后期增温迅

速，2000～2012 年增幅最大，对应日较差在 20 世

纪 90 年代以前迅速减小，20 世纪 90 年代后变为  
微弱的下降趋势。 

（2）从气温的变化趋势与海拔高度的相关关系

可知：夏、秋、冬三季及年变化规律为，随着海拔

高度的升高，最高温度和最低温度的升温幅度越

大，日较差也增加。其中最高温度的变化趋势与高

度的相关性最好。 
（3）同一高度上，最高温度和最低温度在不同

年代的增幅具有不一致性：20 世纪 80 年代，二者

变化幅度最弱；20 世纪 90 年代二者增幅最大，尤

以低海拔地区最为明显；2000 m 以上高海拔地区，

图 6  年（左）、夏季（中）、冬季（右）最高温度、最低温度和日较差在四个时期的平均温度相对于前十年的平均温度差随海拔高度变化：（a、e、

i）20 世纪 70 年代、（b、f、j）20 世纪 80 年代、（c、g、k）20 世纪 90 年代、（d、h、l）2000～2012 年。红（蓝）色矩形框代表最高（低）温度，

灰色矩形框代表日较差 

Fig. 6  At different altitudes, annual (left), summer (middle), and winter (right) in maximum temperature (red bars), minimum temperature (blue bars), and 

diurnal temperature range (grey bars) of the differences between the averages of maximum temperature, minimum temperature, and diurnal temperature range 

and the averages in the previous decade: (a, e, i) 1970s, (b, f, j) 1980s, (c, g, k) 1990s, and (d, h, l) 2000–2012  
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二者在 20 世纪 90 年代以前变化趋势较弱，在

2000～2012 年增幅十分明显。 
（4）随着海拔高度的升高，日较差变化幅度越

大，且 20 世纪 90 年代前日较差的下降趋势也更迅

猛，20 世纪 90 年代后下降趋势减弱。2000 m 以上

地区，日较差季节变化大：夏季减小，冬季增加。

最高温度随高度的升高，变化趋势由下降变为升

高。 

（5）20 世纪 90 年代以前，最高、最低温度     
随海拔高度变化不大，而近 20 年随海拔高度升  
高，最高、最低温度的变化趋势近乎都是先减小后

增加；日较差在 20 世纪 90 年代以前四季都为减 
小，20 世纪 90 年代后日较差仅在秋冬两季减小。 

对于产生日较差变化的可能原因，目前也有一

些学者对此进行研究。最高、最低温度的变化趋势

不同，是决定日较差变化的直接原因（陈铁喜和陈

图 7  不同海拔高度上，最高温度、最低温度和日较差在不同时期相对于前 10 年的变化。红（蓝）色矩形框代表最高（低）温度，灰色矩形框代表

日较差 

Fig. 7  At different altitudes, the decadal changes in maximum temperature (red bars), minimum temperature (blue bars), and diurnal temperature range (grey 

bars)  
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星, 2007; 汪凯等, 2010）。许多自然因素，如太阳辐

射、云、气溶胶等都会对最高、最低温度的变化产

生影响；人为因素，如城市化效应、下垫面的变化

等也会使最高、最低温度产生差异。日最高气温一

图 8  （a–e）1963～1990 年和（f–j）1991～2012 年两个时期内，年、季节最高、最低温度和日较差变化趋势与海拔高度关系。红（蓝）色矩形框

代表最高（低）温度，灰色矩形框代表日较差 

Fig. 8  At different altitudes, the trends of maximum temperature (red bars), minimum temperature (blue bars), and diurnal temperature range (grey bars) 

during (a–e) 1963–1990 and (f–j) 1991–2012 



5 期 
No. 5 

董丹宏等：中国最高、最低温度及日较差在海拔高度上变化的初步分析 
DONG Danhong et al. Relationship between Altitude and Variation Characteristics of the Maximum Temperature, …

 

 

 

1023

般主要受太阳的短波辐射控制，日最低气温则主要

与地面和大气云层的长波辐射有关（汪凯等 , 
2010）。有研究发现太阳辐射自 20 世纪 60 年代开

始呈下降趋势，到 80 年代停止，这是导致 80 年代

以前日较差下降的原因之一；从 90 年代开始太阳

辐射上升，从一定程度上减缓了日较差的下降

（Wild et al., 2005, 2007）。云可对地表的辐射状况

产生影响，白天通过反射太阳辐射使最高温度减

小，夜间通过吸收和发射长波辐射使最低温度增

加，从而导致日较差的减小（Ramanathan et al., 
1989）。早前对日较差的研究认为云与日较差有很

好的相关性：云量和日较差有反相关。显著区域在

我国东南部多云区，该区域平均云量随纬度的增高

而减小，相应日较差随纬度的增高而增大（曾昭美

等, 1993; 陈铁喜和陈星, 2007）。然而由于中国地理

状况不同，区域气候特征的复杂性和特征性，使东

西部地区日较差变化存在明显的差异（陈铁喜和陈

星, 2007），所以云量对日较差的影响具有很大的不

确定性。近年来，人为因素对气候造成的影响越来

越显著。与人类活动有关的气溶胶对辐射、云、降

水等产生的直接或间接的影响可能对日较差的变

化趋势发挥了重要作用（Gong et al., 2007）。Zhou
（Zhou et al., 2009）也认为日较差的减小可归因于

云量、降水和土壤水分的增加。大气环流和土地利

用的改变以及温室气体，气溶胶的增加通过影响云

量和土壤水分或通过改变地表性质来对温度变化

产生一定影响。我国地域辽阔，气候类型复杂多样，

接下来应利用资料深入详细分析、探讨引起最高、

最低温度及日较差变化的原因。 
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摘  要  基于高温日数存在受不同物理因子影响不同时间尺度变率的特征，应用滤波对华南夏季高温日数进行时

间尺度分离，得到高温日数的年代际分量和年际分量。统计分析高温日数总量、年代际分量和年际分量在各自对

应时间尺度上的影响因子，采用“向前”交叉检验逐步回归法，分别建立高温日数总量、年代际分量和年际分量

的回归模型。高温日数总量的回归模型即为高温日数不区分时间尺度的直接回归模型，而两个分量回归模型拟合

结果的叠加，即为高温日数时间尺度分离统计模型对总量的拟合。利用十折交叉检验法，对高温日数直接回归模

型和时间尺度分离统计模型的拟合结果进行比较：相比高温日数直接回归模型，时间尺度分离统计模型的年代际

分量均方根误差由 2.6 降低到 2.3，与观测数据的相关系数由 0.69 提高到 0.73（显著性水平 α=0.01）；年际分量均

方根误差由 3.2 降低到 2.9，与观测数据的相关系数由 0.4（α=0.1）提高到 0.48（α=0.01）；高温日数总量均方根误

差由 4.1 降低到 3.7，与观测数据的相关系数由 0.48 提高到 0.62（α=0.01）。1979～2010 年拟合时段华南夏季高温

日数的回报结果表明：两模型回报结果与观测数据均存在明显相关（α=0.01），直接回归模型的相关系数为 0.57，
时间尺度分离统计模型提高到 0.72。2011～2013 年独立检验时段的预测结果表明：直接回归模型预测结果的平均

均方根误差为 26.4%，时间尺度分离统计模型降低到 12.3%。初步结果表明，两模型对华南夏季高温日数均有一

定的预测能力，而时间尺度分离统计模型的预测结果有所改进。 
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Abstract  A time-scale decomposition (TSD) method to statistically downscale the predictand and predictors is used for 
seasonal forecast of summer extreme high temperature events (hot days) in South China. The hot days present a 
significant variability that is associated with distinct possible predictors. Both the hot days and the possible predictors are 
decomposed into inter-decadal and inter-annual components by fast flourier transformation filtering. Three downscaling 
regression models are then separately set up for the total hot days and the inter-decadal and inter-annual components of 
hot days. The downscaling regression model of the total hot days is named as direct regression model, while the 
downscaled inter-decadal and inter-annual regression models are combined together and named as TSD statistical 
regression model to obtain the total hot days. The fitting results of the direct regression model and TSD statistical 
regression model are tested by 10-fold cross-validation. The results show that compared to the direct regression model, 
the TSD statistical regression model decreases the root-mean-square error (RMSE) from 2.6 d to 2.3 d and increases the 
correlation coefficient with observations from 0.69 to 0.73 for the inter-decadal component; the TSD statistical regression 
model also decreases the RMSE from 3.2 d to 2.9 d and increases the correlation coefficient from 0.4 to 0.48 for the 
inter-annual component; for total hot days, the TSD statistical regression model decreases the RMSE from 4.1 d to 3.7 d 
and increases the correlation coefficient from 0.48 to 0.68. The hindcast results of hot days during 1979−2010 show that 
the correlation coefficient between observations and outputs of the direct regression model is 0.57, while the value is 
improved to 0.72 by the TSD statistical regression model. The forecast results of hot days during the independent 
validation period (2011−2013) show that the relative RMSE is 26.4% by the direct regression model, and it is 12.3% by 
the TSD statistical regression model. Compared with observations, both of the direct regression model and the TSD 
statistical regression model can predict the hot days to some extent in South China, and the TSD statistical regression 
model performs better for forecasts during 1979−2013. 
Keywords  South China, Time-scale decomposition, Summer hot days, Prediction 

 

 
1  引言 
    
     联 合 国 政 府 间 气 候 变 化 专 门 委 员 会

（ Intergovernmental Panel on Climate Change，
IPCC）第五次评估报告表明（IPCC，2013），1880～
2012 年全球平均气温升高约 0.85 °C（从 0.65 °C 到

1.06 °C），未来全球气候很可能进一步变暖。在全

球变暖的背景下，中国平均气温每 10 年升高 0.2～
0.8 °C，与此同时极端高温事件频繁发生（任国玉

等，2010a；Cao et al.，2013；Ren and Zhou，2014）。
近几十年，极端高温在我国每 10 年增加 5.22 d，呈

明显增多趋势，而且未来增长趋势也将持续存在

（张勇等，2008；Ding et al.，2010；Wei and Chen，
2011；Zhou and Ren，2011；李娟等，2012；李纵

横等，2015）。频繁发生的极端高温事件，对于人

口老龄化以及高速城市化发展的我国造成了严重

的社会和经济损失，甚至威胁到人们生命（杨宏青

等，2013；李湉湉等，2014；刘华军等，2014；杨

续超等，2015；Xia et al.，2016）。因此，建立夏季

极端高温短期气候预测具有重要意义。 
    近年来，越来越多的研究开始关注极端高温事

件（雷杨娜等，2009；史军等，2009；任国玉等，

2010b；孙建奇等，2011；Qian et al.，2011；Hu et al.，
2012，2013；周晓和黄菲，2015）。目前对于我国

夏季极端高温已有研究中，多数观点认为西北太平

洋副热带高压（简称副高）和东亚夏季风是直接影

响夏季极端高温的主要系统（施能等，1996；杨辉

和李崇银，2005；史军等，2009；龚志强等，2014；
Chen and Lu，2015；Lu and Chen，2016；Chen et al.，
2016）。2013 年夏季西太平洋副高加强西伸并持续

稳定地控制我国南方大部分地区，导致该地区受异

常下沉气流控制，造成了我国南方破历史记录极端

高温事件的发生（龚志强等，2014）。而东亚夏季

风偏强时，我国也可能出现大范围高温天气（施能

等，1996）。偏强的东亚夏季风导致华南地区西南

季风异常增强，水汽被更多的输送到北方，造成华

南上空比湿降低，有利于更多太阳辐射入射地表，

促使华南地区极端高温的发生（Chen and Lu，2015；
Chen et al.，2016）。而副高和东亚夏季风形势异常

则是由多种外强迫因子综合作用的结果（陈烈庭，

1991；陈月娟等，2002；吴国雄等，2003；周连童

和黄荣辉，2003；朱益民和杨修群，2003；任国玉

等，2005；杨辉和李崇银，2005；李双林，2009；
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袁媛和李崇银，2009；梁乐宁和陈海山，2010；张

井勇和吴凌云，2011；左金清等，2012；陈丽娟等，

2013；何超等，2015；黄刚等，2016）。例如，梁

乐宁和陈海山（2010）指出春季华南地区土壤湿度

负异常有利于西太平洋副高西伸发展，导致该地区

地表温度异常升高；张井勇和吴凌云（2011）发现

土壤湿度反馈能够显著增加中国东部及西南地区

的高温热浪；陈烈庭（1991）提出印度洋影响东亚

夏季风模型，指出阿拉伯海至南海海温东暖西冷型

造成印度洋上空沃克环流加强，导致副高脊偏南西

伸同时印度季风和东亚夏季风偏强；Hu et al.（2012，
2013）、黄刚等（2016）进一步研究表明印度洋偏

暖导致我国夏季华南气温偏高，同时长江流域以南

地区极端高温增加；陈月娟等（2002）指出冬季

Nino1＋2 区海温偏暖时，后期夏季西太平洋副高偏

强并向西向南伸展，影响东亚夏季风。除此以外，

大西洋年代际振荡（AMO）、北大西洋涛动（NAO）、

北极涛动（AO）和太平洋年代际涛动（PDO）通

过影响大气环流对中国夏季高温同样具有重要影

响（李崇银等，2002；朱益民和杨修群，2003；任

国玉等，2005；杨辉和李崇银，2005；李双林等，

2009；左金清等，2012；Chen and Lu，2015；Xia et 
al.，2016）。目前，关于中国夏季极端高温影响因

子的研究已较多，然而针对极端高温短期气候预测

的研究相比其他极端天气和气候灾害（如，降水、

台风等）还远远不够（Chen and Lu，2015）。 
在短期气候预测的研究中，从前期信号找出有

效预报因子，建立有效预报因子与气候变量的统计

关系，有利于对区域气候做出准确预测，这是目前

研究短期气候预测的常用统计方法（郭彦和李建

平，2012；何文平等，2012；封国林等，2013；刘

娜和李双林，2015）。近年来，封国林等（2013）
通过发展动力与统计相结合的短期气候预测技术

连续 8 年准确预测出我国汛期降水的主雨带位置。

但是，区域气候变量存在多时间尺度变率特征，不

同时间尺度变率可能受不同物理因子影响（阮成卿

和李建平，2016）。因此，有必要对区域气候变量

进行时间尺度分离，分别研究各时间尺度的影响因

子和预报模型，再将不同模型结果叠加作为对该变

量总体的预测，这一方法被称为时间尺度分离的降

尺度预测方法（李建平等，2013；刘娜和李双林，

2015）。已有研究表明，针对夏季降水利用时间尺

度分离降尺度预测方法能够有效提高区域降水预

测的准确率（万仕全等，2005；Wan et al.，2005；
刘娜和李双林，2015；Gong et al.，2016；He et al.，
2016；阮成卿和李建平，2016）。那么对于夏季极

端高温，时间尺度分离降尺度预测方法是否同样适

用？相比不区分时间尺度直接建立单一统计降尺

度回归模型，极端高温的时间尺度分离统计降尺度

预测模型结果是否也更准确？本文将尝试在华南

地区利用时间尺度分离统计降尺度预测方法，建立

夏季极端高温时间尺度分离的统计预测模型，并将

预测结果与不区分时间尺度建立的统计预测模型

进行比较。 
 

2  资料与方法 
     

本文研究区域为我国华南（18°N～26°N，

110°E ～120°E），时间段为 1979～2013 年（共 35
年），用夏季（6～8 月）高温日数指代夏季极端高

温。高温日数是衡量夏季极端高温天气的一个重要

指数，代表夏季日最高气温达到或者超过 35 °C 的

天数。文中根据高温日数的定义，计算出研究时段

每年夏季华南地区日最高气温大于等于 35 °C 的天

数，得到 1979～2013 年华南夏季高温日数序列。

建立高温日数预测模型之前，待挑选的物理因子由

已有研究结果统计得到（李崇银等，2002；朱益民

和杨修群，2003；任国玉等，2005；杨辉和李崇银，

2005；李双林等，2009；梁乐宁和陈海山，2010；
张井勇和吴凌云，2011；Hu et al.，2012，2013；左

金清等，2012；Chen and Lu，2015；黄刚等，2016）。
预测模型的建立和拟合回报时段为 1979～2010 年，

独立样本检验时段为 2011～2013 年。 
2.1  资料 

气温数据来源于国家气象信息中心提供的全

国 753 个气象站点日最高气温资料，并经过均一化

处理（Li et al.，2015）。华南区域包括 61 个气象站

点（图 1）。土壤湿度资料来自于欧洲中心（European 
Centre for Medium-Range Weather Forecasts ，

ECMWF）的 ERA-Interim 日数据（http://apps.ecmwf. 
int/datasets/data/interim-full-daily/levtype=sfc/[2017-
02-24]），水平分辨率 0.5°（纬度）×0.5°（经度），

选取春季（3～5 月）第 2 层（7～28 cm）数据；印

度洋海温资料来自美国国家海洋和大气管理局

（National Oceanic and Atmospheric Administration，
NOAA）ERSST v4 月平均数据（https://www.ncdc. 
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noaa.gov/data-access/marineocean-data/extended-reco
nstructed-sea-surface-temperature-ersst-v4 [2017-02- 
24]），水平分辨率 2°（纬度）×2°（经度），选取

春季（3～5 月）海表温度（Surface Sea Temperature，
SST）；大尺度气候指数，包括 AMO 指数、NAO 指

数、AO指数、PDO指数和Nino1+2指数均来自NOAA
（ http://www.esrl.noaa.gov/psd/data/climateindices/list/ 
[2017-02-24]），并选取前一年秋季（秋季，9～11 月）、

前冬（冬季，12～2 月）和当年春季（春季，3～5
月）的信号作为建立模型的待挑选前期预报因子。 
2.2  方法 
    华南夏季高温日数具有明显的年代际和年际

变率特征（雷杨娜等，2009）。而高温日数不同时

间尺度分量受物理因子在不同时间尺度变率的影

响可能不尽相同。因此，利用傅里叶分解将高温日

数和待挑选物理因子进行时间尺度分离，得到各自

的年代际变率和年际变率。周期 7 年以上的作为年

代际变率，7 年及以下为年际变率。为便于计算，

本文将傅里叶分解得到的年代际变率定义为物理

量的年代际分量，而分解得到的年际变率减均值的

差作为年际分量。年代际分量与年际分量之和即为

原物理量的总量，即： 
Y=Yd+Ya ，             （1） 
X=Xd+Xa ，            （2） 

其中，Y 为华南夏季高温日数总量，Yd、Ya 分别为

华南夏季高温日数的年代际分量和年际分量；X 为

待挑选物理因子总量，Xd、Xa分别为待挑选物理因

子的年代际分量和年际分量。然后，采用相关分析

法在各时间尺度上初步选出与高温日数高度相关

的物理因子。统计各时间尺度影响高温日数的物理

因子，得到高温日数在各时间尺度的可能预报因

子。 
    在初步选出各时间尺度高温日数的可能预报

因子后，采用“向前”交叉检验逐步回归法，分别

筛选出建立高温日数总量、年代际分量和年际分量

统计预测模型的有效预报因子。“向前”交叉检验

逐步回归法能够避免多个因子之间可能存在的共

线性，逐步筛选出对预报量贡献较大的有效预报因

子（阮成卿和李建平，2016）。每一步筛选时，挑

选出的预报因子需使拟合回归方程在交叉检验中

的均方根误差最小。同时，拟合回归方程的交叉检

验均方根误差还需比上一步显著减小。均方根误差

显著减小的判定，采用的是误差平方序列的均值 t
检验和方差 F 检验，只有当两个检验的显著性水平

同时高于显著性水平 α=0.1 时才能判定均方根误差

显著减小。最终选中的预报因子，必须保证回归系

数和回归方程显著性水平均高于 α=0.05，并进行物

理过程分析，确保回归方程的物理基础。然后，使

用最小二乘法在各时间尺度上拟合回归预报方程，

建立高温日数不区分时间尺度的直接回归模型（后

称直接回归模型）和时间尺度分离的统计降尺度回

归模型（后称时间尺度分离统计模型），即： 
        ( ) ,Y f X′=1                     （3） 

  2 d a  ,Y Y Y′ ′ ′= +                    （4） 

其中，Y ′
1 为华南夏季高温日数的直接回归模型， 2Y ′

为华南夏季高温日数的时间尺度分离统计模型， dY ′

和 aY ′ 分别为华南夏季高温日数的年代际分量和年

际分量的回归模型， d d a a( ),  ( )Y f X Y f X′ ′= = 。 
    为检验模型的拟合能力，通常采用交叉检验法

对模型拟合结果与观测值进行比较（郭彦和李建

平，2012；刘娜和李双林，2015）。本文采用十折

交叉检验法对高温日数直接回归模型和时间尺度

分离统计模型的拟合结果与观测值进行比较分析。

主要步骤为，在各时间尺度上，依次选取拟合时段

（32 年）十分之一（3 年）的资料作为预报测试集，

利用剩余资料建模并对预留测试集进行预报，重复

该过程直到所有时段都被预报了一次，得到十折交

叉检验的预报结果。 
最后，为了验证直接回归模型和时间尺度分离

统计模型的预测能力，计算两模型在拟合时段的回

报值以及独立检验时段的预测值，并对比分析观测

图 1  华南地区（18°N～26°N，110°E～120°E）61 个气象站点分布 

Fig. 1  Distribution of the 61 meteorological stations in South China 

(18°N−26°N, 110°E−120°E) 
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值与两模型预测结果的差异。 
 

3  结果与分析 
    

首先对 1979～2010 年夏季华南地区高温日数

进行时间尺度分离（图 2），利用傅里叶分解得到高

温日数的年代际分量和年际分量。高温日数年代际

分量在 20 世纪 90 年代后期以前，大部分低于均  
值（约 15 d），随后呈增长趋势并且整体高于均   
值，这一结果与已有研究一致（Wei and Chen，2011；
叶殿秀等，2013；周晓和黄菲，2015；张英华     
等，2016）；同时高温日数还存在明显的年际变率

特征，年际变化范围在 5～24 d，结合高温日数功

率谱曲线（图略）在 2～3 年出现的显著谱峰，表

明高温日数存在 2～3 年的年际变率周期。 
3.1 可能的预报因子 
    根据已有研究统计影响高温日数的物理因子

（春季土壤、春季印度洋海温和 AMO、NAO、AO、

PDO、Nino1+2 指数），通过傅里叶分解得到物理因

子的年代际和年际分量。在各时间尺度上分别对高

温日数与物理因子进行相关分析。 
    图 3 为 1979～2010 年春季土壤湿度总量、年

代际分量和年际分量与对应时间尺度华南夏季高

温日数相关的空间分布情况。空间分布显示，春

季土壤湿度与夏季高温日数在总量和年代际分量

上呈负相关，年际分量大体为正相关。总量在华

南南部小部分区域相关显著；年代际分量在整个

区域均相关显著；年际分量在 23°N 以北地区相关

显著。计算各时间尺度华南春季土壤湿度区域平

均与夏季高温日数的相关系数（表 1），总量为

−0.26（不显著），年代际分量为−0.73（α=0.01），
年际分量为 0.37（α=0.1）。春季土壤湿度与夏季

高温日数在总量上的相关不显著，可能是由年代

际分量的显著负相关和年际分量的显著正相关叠

加造成。图 3 和表 1 结果显示，1979～2010 年华

南地区春季土壤湿度对夏季高温日数在年代际和

年际分量上均存在显著影响，而在总量上影响不

显著。 

图 3  1979～2010 年华南夏季高温日数（a）总量、（b）年代际分量和（c）年际分量与对应时间尺度春季土壤湿度相关空间分布图。图中打点区域

表示通过相关系数显著性水平 α=0.1 的显著性检验 

Fig. 3  Correlation maps of (a) summer hot days, (b) its inter-decadal component, and (c) its inter-annual component with the spring soil moisture on 

corresponding time scales over 1979–2010 in South China. The dotted regions indicate correlation coefficients significant at α=0.1 level 

图 2  1979～2010 年华南夏季（6～8 月）高温日数总量（黑实线）、年

代际分量（红实线）、年际变率（蓝短线）、年际分量（年际变率减均值，

蓝实线）时间序列 

Fig. 2  Time series of the total amount (black solid line), the inter-decadal 

component (red solid line), the inter-annual variability (blue short line), and 

the inter-annual component (the inter-annual variability minus average 

value; blue solid line) of summer (June–July–August) hot days over 

1979–2010 in South China 
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表 1  1979～2010 年华南夏季高温日数总量、年代际分量和

年际分量与对应时间尺度华南春季土壤湿度区域平均的相

关系数 
Table 1  Correlation coefficients on different time scales 
between time series of summer hot days and spring soil 
moisture on corresponding time scales in South China 
during 1979–2010 
高温日数总量与土 
壤湿度相关系数 

高温日数年代际分量与 
土壤湿度相关系数 

高温日数年际分量与

土壤湿度相关系数 
−0.26 −0.73** 0.37* 

*、**分别代表通过显著性水平 α=0.1、α=0.01 的显著性检验。 
 

    1979～2010 年春季印度洋海温与华南夏季高

温日数相关系数的空间分布显示（图 4），春季印度

洋海温与夏季高温日数在各时间尺度均呈正相关。

相关系数大值区主要出现在（10°S～10°N，40°E～
90°E）（图 4 矩形框所示区域），将该区域定义为春

季印度洋海温影响华南夏季高温日数的关键区。在

各时间尺度上，关键区内相关系数显著性水平均高

于 α=0.1，同时年代际分量相关性较强，总量次之，

年际分量较弱。计算各时间尺度春季印度洋关键区

海温区域平均与华南夏季高温日数的相关系数（表

图 4  1979～2010 年华南夏季高温日数（a）总量、（b）年代际分量和（c）年际分量与对应时间尺度春季印度洋海表温度相关空间分布。图中打点

区域表示通过相关系数显著性水平 α=0.1 的显著性检验 

Fig. 4  Correlation maps of (a) summer hot days, (b) its inter-decadal component, and (c) its inter-annual component with the spring sea surface temperature in

the Indian Ocean on corresponding time scales during 1979–2010. The dotted regions indicate correlation coefficients significant at α=0.1 level 

图 5  1979～2010 年华南夏季高温日数（a）总量、（b）年代际分量和（c）年际分量与对应时间尺度气候指数的相关柱状图。五角星代表通过相关

系数显著性水平 α=0.1 的显著性检验 

Fig. 5  Correlation coefficients of (a) summer hot days, (b) its inter-decadal component, and (c) its inter-annual component with seasonal climate indices on 

the corresponding time scales during 1979–2010. The stars represent correlation coefficients significant at α=0.1 level 
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2），总量为 0.57，年代际分量为 0.8，年际分量为

0.47，显著性水平均高于 α=0.01。图 4 和表 2 结果

显示，在各时间尺度上春季印度洋海温对华南夏季

高温日数均有不同程度的影响。 

表 2  1979～2010 年华南夏季高温日数总量、年代际分量和

年际分量与对应时间尺度春季印度洋关键区海温区域平均

的相关系数 
Table 2  Correlation coefficients on different time scales of 
time series of summer hot days and spring sea surface 
temperature over the Indian Ocean region marked by the 
box in Fig. 4 during 1979–2010 
高温日数总量与关键 
区海温相关系数 

高温日数年代际分量与 
关键区海温相关系数 

高温日数年际分量与

关键区海温相关系数

0.57** 0.8** 0.47** 

**代表通过显著性水平 α=0.01 的显著性检验。 
 
    1979～2010 年大尺度气候指数 AMO、NAO、

AO、PDO、Nino1+2 的前期信号与华南夏季高温日

数在各时间尺度的相关显示（图 5），夏季高温日数

总量受三季 AMO 以及秋季和冬季 Nino1+2 指数的

影响显著；年代际分量受对应时间尺度的三季

AMO、秋季和春季 AO、三季 PDO 和秋季 Nino1+2
指数影响显著；年际分量受对应时间尺度的春季

AMO、三季 PDO 以及秋季和冬季 Nino1+2 指数影

响显著。图 5 结果显示，大尺度气候指数的前期信号

在各时间尺度上对华南夏季高温日数的影响不同。 
    根据初步相关分析，表 3 统计得到 1979～2010
年华南夏季高温日数在各时间尺度建立回归模型的

可能预报因子。对同一大尺度气候指数在不同季节均

有显著影响的，选取信号最强的季节作为该指数影

响华南夏季高温日数的可能预报因子（详见表 3）。 
3.2  各时间尺度建立回归模型 

图 6是各时间尺度华南夏季高温日数的可能预

报因子进行逐步回归筛选时，不同预报因子拟合回

归方程在交叉检验中的均方根误差，其中图 6a 为

高温日数总量；图 6b 为高温日数年代际分量；图

6c 为高温日数年际分量。对高温日数总量预报因子

的筛选结果显示（图 6a），第一步挑选出春季印度

洋关键区海温，其交叉检验均方根误差最小为 4.02
且拟合回归系数和回归方程的显著性检验均高于

α=0.05。第二步继续加入其余剩余预报因子，加入

因子后得到的交叉检验均方根误差均大于 4.02，因

此停止筛选。直接对华南夏季高温日数总量进行

“向前”交叉检验逐步回归，仅筛选出春季印度洋

关键区海温一个有效预报因子，来建立华南夏季高

温日数的直接回归模型。 

表 3  1979～2010 年华南夏季高温日数总量及其年代际和

年际分量的可能预报因子 
Table 3 Potential predictors for summer hot days, its 
inter-decadal component, and inter-annual component in 
South China during 1979–2010 
夏季高温日数总量

可能的预报因子 

夏季高温日数年代际分量可

能的预报因子 

夏季高温日数年际分

量可能的预报因子 

春季关键区海温 

（SST） 

春季AMO 

冬季Nino1+2 指 

数 

春季土壤湿度年代际分量

（SM_d） 

春季关键区海温年代际分量

（SST_d） 

秋季 AMO 年代际分量

（AMO_d） 

春季AO 年代际分量（AO_d） 

春 季 PDO 年 代 际 分 量

（PDO_d） 

秋季Nino1+2 指数年代 

际分量（Nino1+2_d） 

春季土壤湿度年际分

量（SM_a） 

春季关键区海温年际

分量（SST_a） 

春季 AMO 年际分量

（AMO_a） 

春季 PDO 年际分量

（PDO_a） 

冬季Nino1+2指数年际

分量（Nino1+2_a） 

 
    对高温日数年代际分量和年际分量分别进行

“向前”交叉检验逐步回归，预报因子筛选结果显

示：高温日数年代际分量（图 6b）挑选出的第一个

有效预报因子，为春季印度洋关键区海温年代际分

量，其交叉检验均方根误差最小为 2.07 且拟合回归

系数和回归方程的显著性检验均高于 α=0.05。第二

步加入其余剩余预报因子，当加入 PDO 年代际分

量时交叉检验均方根误差减小最多为 1.87，但相比

第一步交叉检验均方根误差的减小并不显著（误差

平方序列的方差 F 检验显著性水平高于 α=0.1，但

均值 t 检验不显著），因此停止筛选。高温日数年际

分量（图 6c）在第一步挑选出冬季 Nino1+2 指数年

际分量为有效预报因子，其交叉检验均方根误差最小

为 2.79 且拟合回归系数和回归方程的显著性水平均

高于 α=0.05。第二步加入其余剩余预报因子，当加

入 PDO 年际分量时交叉检验均方根误差减小最多为

2.76，但相比第一步交叉检验均方根误差的减小并不

显著（误差平方序列的方差 F 检验和均值 t 检验均不

显著），停止筛选。最终，筛选出春季印度洋关键区

海温年代际分量作为华南夏季高温日数年代际分量

回归模型的有效预报因子，以及冬季 Nino1+2 指数年

际分量作为年际分量回归模型的有效预报因子，来建

立华南夏季高温日数时间尺度分离统计模型。 
为确保回归模型的物理意义，下面简单地分析

两个模型筛选出的有效预报因子（春季印度洋海温

和冬季 Nino1＋2 指数）影响华南夏季极端高温的
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可能物理过程。印度洋具有电容器效应，春季印度

洋海温异常能维持到夏季，海温的异常增暖将激发 
印度洋上空暖性开尔文波动，导致西北太平洋低层

反气旋异常形成和维持，西太平洋副热带高压异常发

展，华南地区受异常下沉气流控制，高温日数增多

（Hu et al.，2012，2013；黄刚等，2016）。Nino1＋2
区海温是用于指示 ENSO 事件的指数之一。ENSO
事件发生时，东太平洋海温异常影响 Walker 环流和

东亚地区局地 Hadley 环流从而影响东亚冬季风；西

太平洋暖池北部的海温异常影响该地对流活动，进

而影响西太平洋副热带高压，导致东亚夏季风异常

（陈文，2002）。这些与 ENSO 事件有关的海温异

常通过影响东亚冬、夏季风循环，导致东亚冬季风

与随后的夏季风存在着紧密的联系（陈文，2002）。
而夏季东亚夏季风异常将直接影响我国季风区极

端高温的发生（施能等，1996；杨辉和李崇银，2005；
Wei and Chen，2011；龚志强等，2014）。同时，Nino1
＋2 区海温指数与西太平洋副热带高压的年际变化

较为一致（陈月娟等，2002）。前期冬季 Nino1＋2
指数偏暖时夏季西太平洋副高较强，范围向西和向

南伸展，影响我国华南高温（陈月娟等，2002）。 
    综上，1979～2010 年拟合时段华南夏季高温日

数的直接回归模型由一个预报因子（春季印度洋关

键区海温）建立，形式如下： 
292.9+10.5  ,Y T′= −1               （5） 

其中，T 为春季印度洋关键区海温。而华南夏季高

温日数时间尺度分离统计模型，年代际分量回归模

型的有效预报因子为春季印度洋关键区海温的年

代际分量，年际分量回归模型的有效预报因子为冬

季 Nino1+2 指数的年际分量，形式如下： 

2 d a  ,Y Y Y′ ′ ′= +                （6） 

d d579.5+20.2  ,Y T′ = −         （7） 

a a61.6+2.5  ,Y I′ = −           （8） 

其中，Td 为春季印度洋关键区海温的年代际分量，

Ia为冬季 Nino1＋2 指数的年际分量。 

图 6  1979～2010 年华南夏季高温日数逐步回归筛选过程中不同预报因子拟合回归方程在交叉检验中的均方根误差：（a）总量；（b）年代际分量；

（c）年际分量 

Fig. 6  Root mean square errors between observed and cross-validation estimated summer hot days by different equations regressed by distinct predictors in 

stepwise regression screening for (a) the total summer hot days model, (b) the inter-decadal model, and (c) the inter-annual model 
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3.3  回归模型拟合结果检验 
    为检验时间尺度分离统计模型和直接回归模

型对华南夏季高温日数的拟合能力，图 7 给出了拟

合时段两模型在不同时间尺度的十折交叉检验拟

合结果，以及观测值的时间序列。对于华南夏季高

温日数的年代际分量，时间尺度分离统计模型的拟

合结果比直接回归模型更接近观测值（图 7a）。尤

其是在 20 世纪 90 年代初期以前和 20 世纪 90 年代

后期以后，时间尺度分离统计模型的拟合结果能较

好的反应华南夏季高温日数的年代际波动特征和

年代际增长趋势。表 4 显示，直接回归模型年代际

分量拟合结果的均方根误差为 2.6，而时间尺度分

离统计模型减小到 2.3。同时，直接回归模型年代

际分量的拟合结果与观测数据年代际分量的相关

系数为 0.69（α=0.01），时间尺度分离统计模型增加

到 0.73（α=0.01）。华南夏季高温日数的年际分量中，

时间尺度分离统计模型比直接回归模型更好的拟合

出高温日数的年际波动特征（图 7b）。表 4 显示直接

回归模型年际分量拟合结果的均方根误差为 3.2，时

间尺度分离统计模型减小为 2.9。同时，与观测数据

年际分量的相关性，直接回归模型为 0.4（α=0.1），
时间尺度分离统计模型增加到 0.48（α=0.01）。对于

华南夏季高温日数总量，时间尺度分离统计模型的拟

合结果比直接回归模型整体更接近观测值（图 7c）。
直接回归模型拟合结果的均方根误差为 4.1，时间尺

度分离统计模型减小为 3.7。与观测数据的相关系数，

直接回归模型为 0.48（α=0.01），时间尺度分离统计

模型增加到 0.62（α=0.01）。综上，在拟合时段时间

尺度分离统计模型相比直接回归模型能更好地拟

合出高温日数的变化特征。 

表 4  1979～2010 年华南夏季高温日数直接回归模型和时

间尺度分离统计模型在各时间尺度十折交叉检验拟合值的

均方根误差和与观测数据的相关系数 
Table 4  Root mean square errors and correlation 
coefficients between observed and estimated values by 
10-fold cross-validation for summer hot days, and the 
inter-decadal and inter-annual components in South China 
during 1979–2010 

均方根误差 与观测数据的相关系数  

年代际 
分量 

年际 
分量 总量 

年代际 
分量 

年际 
分量 总量 

直接回归模型 2.6 3.2 4.1 0.69** 0.4* 0.48**

时间尺度分离 
统计模型 

2.3 2.9 3.7 0.73** 0.48** 0.62**

*、**分别代表通过显著性水平 α=0.1、α=0.01 的显著性检验。 

3.4  模型的回报和预测 
为检验两模型的预测能力，在整个研究时段

（1979～2013 年）对模型所需的前期信号进行时间

尺度分离，并利用公式（5）和公式（6）分别在拟

合时段（1979～2010 年）和独立检验时段（2011～
2013 年）计算出直接回归模型和时间尺度分离统计

模型的回报值和预测值（图 8）。拟合时段，华南夏

季高温日数观测值和两模型回报结果的均值都约

为 15 d。但相比观测值的标准差 4.7 d，直接回归模

型的标准差偏小为 2.7 d，而时间尺度分离统计模型

的标准差更接近观测为 3.4 d。同时，直接回归模型

回报结果的均方根误差为 3.8，与观测值的相关为

0.57（α=0.01），而时间尺度分离统计模型的均方根

误差减小到 3.2，与观测值的相关提高到 0.72
（α=0.01）。拟合时段两模型的回报结果显示，直接

回归模型和时间尺度分离统计模型都能基本的预

测出华南夏季高温日数，而时间尺度分离统计模型

的预测结果相对较好。独立检测时段，直接回归模

型预测结果与观测值的误差绝对值分别为 6.4 d、1 d
和 2.3 d，平均均方根误差（均方根误差/1979～2013
年平均高温日数）为 26.4%；而时间尺度分离统计

模型预测结果与观测值的误差绝对值大部分有所

减小分别为 1.2 d、2.6 d 和 1.4 d，平均均方根误差

减小为 12.3%。独立检测时段两模型对华南夏季高

温日数的预测结果显示，时间尺度分离统计模型的

预测结果相比直接回归模型总体更接近观测值。 
 

4  总结与讨论 
    
    对 1979～2010 年华南夏季高温日数及其影响

因子进行时间尺度分离，通过“向前”交叉检验逐

步回归法筛选出不同时间尺度上影响华南夏季高

温日数的有效预报因子，建立直接回归模型和时间

尺度分离统计模型。采用十折交叉检验法对直接回

归模型和时间尺度分离统计模型的拟合结果进行

检验，并利用两模型对 1979～2010 年拟合时段和

2011～2013 年独立检验时段的华南夏季高温日数

进行回报和预测，得到如下主要结论： 
   （1）华南夏季高温日数具有明显的年代际和年

际变率特征，通过滤波对高温日数及其影响因子进

行时间尺度分离，相关分析表明在不同时间尺度上

影响高温日数的物理因子不同。 
   （2）在 1979～2010 年拟合时段对华南夏季高 
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图 7  1979～2010 年华南夏季高温日数观测值（黑色实线）、直接回归模型（蓝色实心圆）和时间尺度分离统计模型（黄色实心圆）十折交叉检验拟

合值的（a）年代际分量、（b）年际分量和（c）总量 

Fig. 7  (a) Inter-decadal component, (b) inter-annual component, and (c) total amount of the observed (black solid lines), 10-fold cross-validation estimated 

values (black solid lines) regressed by the regression model (blue dot), and the statistically downscaled mode (yellow dot) of the summer hot days in South 

China during 1979–2010 

图 8  华南夏季高温日数在 1979～2013 年的观测值（黑实线）、拟合时段（1979～2010 年）统计模型的拟合值（蓝、黄实线）和独立检验时段（2011～

2013 年）统计模型的预测值（蓝、黄实心圆）：直接回归模型（蓝）；时间尺度分离统计模型（黄） 

Fig. 8  Time series of observed summer hot days during 1979−2013 (black solid line) and the estimated values during the training period of 1979−2010 

(yellow and blue solid lines) and the validation period of 2011−2013 (yellow and blue dots) regressed by the regression model (blue) and statistically 

downscaled mode (yellow) 
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温日数建立直接回归模型，筛选出春季印度洋关键

区海温一个有效预报因子；而建立时间尺度分离统

计模型时，筛选出春季印度洋关键区海温的年代际

分量和冬季 Nino1+2 指数的年际分量，两个有效预

报因子建立时间尺度分离统计模型的年代际分量

部分和年际分量部分。 
   （3）时间尺度分离统计模型相比直接回归模型

能更好地拟合出高温日数的年代际和年际变率特

征以及年代际增长趋势，从而较好地拟合高温日数

总量的变化特征。对比两模型在各时间尺度交叉检

验的拟合结果显示：年代际分量中，直接回归模型

的均方根误差为 2.6，与观测数据的相关系数是 0.69
（显著性水平 α=0.01），而时间尺度分离统计模型

的均方根误差则减小到 2.3，与观测数据的相关系

数提高到 0.73（α=0.01）；年际分量中，直接回归模

型的均方根误差为 3.2，与观测数据的相关系数是

0.4（α=0.1），而时间尺度分离统计模型的均方根误

差减小到 2.9，与观测数据的相关系数提高到 0.48
（α=0.01）；高温日数的总量中，直接回归模型的均

方根误差为 4.1，与观测数据的相关系数是 0.48
（α=0.01），而时间尺度分离统计模型的均方根误差

减小到 3.7，与观测数据的相关系数提高到 0.62
（α=0.01）。 
   （4）在 1979～2010 年拟合时段，时间尺度分

离统计模型和直接回归模型对华南夏季高温日数

的回报结果表明，两模型对华南夏季高温日数均有

一定的预测能力。模型回报结果与观测数据均存在

明显相关（α=0.01），其中直接回归模型的相关系数

为 0.57，均方根误差为 3.8；而时间尺度分离统计

模型的相关系数为 0.72，均方根误差为 3.2。 
   （5）在 2011～2013 年独立检验时段，时间尺

度分离统计模型和直接回归模型对华南夏季高温

日数的预测结果表明，时间尺度分离统计模型的预

测能力相比直接回归模型有所提高。直接回归模型

预测结果的平均均方根误差为 26.4%，时间尺度分

离统计模型降低为 12.3%且预测结果整体更接近观

测值。 
本文采用时间尺度分离法对华南夏季高温日

数进行建模并预测。相比直接回归模型，时间尺度

分离统计模型的预测结果有所改进。但由于资料的

限制，本文仅对 2011～2013 年进行了独立检验，

今后的工作将结合其他资料进一步验证时间尺度

分离统计模型的预测能力，并增加模型在不同区域

的应用研究。文中采用“向前”交叉检验逐步回归

法避免了因子间的共线性，筛选出影响高温日数各

时间尺度分量的有效预报因子，但由于统计方法的

局限性以及不同时间尺度上高温日数与因子间可

能为非线性关系，该方法不能清晰的揭示出有效预

报因子影响预报量的物理机制，也并未考虑因子可

能存在的非线性作用。例如，文中在说明回归模型

的物理意义时，简单分析了筛选出的有效预报因子

影响华南夏季高温日数的可能物理过程，但该说明

并未涉及因子时间尺度分离的概念和时间尺度分

离后的物理意义。又例如，建立时间尺度分离统计

模型用到的两个预报因子——春季印度洋海温的

年代际分量和冬季 Nino1＋2 指数的年际分量，分

别反应的是春季印度洋海温和冬季太平洋海温的

变化情况，而春季印度洋海温和冬季太平洋海温是

相互影响的，春季印度洋海温的信息中可能包含了

冬季太平洋海温的信号。那么，这两个预报因子对

华南夏季高温日数影响的物理机制是否独立或也

存在相互作用？针对这些问题，未来将利用模式深

入研究模型对应的物理机制。 
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Instead of using complicated general circulation models (GCMs), a simple semi-analytical model based on ray theory has been 
used to study energy evolution and ray path of Rossby waves in slowly varying mean flows. Our model yields similar results to 
those calculated from barotropic models, and also provides a chance to study Rossby waves in the slowly varying flows with both 
vertical and meridional shears. The model results show that upward Rossby waves can only grow in westerlies, and decay when 
further ascend. The baroclinic Rossky waves are restrained by the β effect in lower latitude. In the westerly jet with meridional 
and vertical shears, the barotropic Rossby waves originated from south of the westerly jet, and these can grow while propagating 
upper-northward. The baroclinic Rossby waves originated from north of the westerly jet and can grow while propagating upward 
and southward. Such a semi-analytical model provides a simple forecasting tool to allow study of the local weather anomalies to 
the heating/topography forcing associated with the global warming.  
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Global teleconnection provides an important way to im-
prove prediction on different temporal and spatial scales. 
Usually the teleconnection can be separated into the extra-
tropical responses of the ENSO mode [1–10], the extratrop-
ical responses of monsoon mode [11–19], and the down-
stream responses to the upstream wave sources [17–20]. 
The Chinese winter ice storms in 2008 and the worst South 
China drought in 2010 may also result from local telecon-
nection responses to the tropical or high latitude anomalies.  

In fact, it is usually Rossby waves that transport energy 
in global teleconnection [7,20,21]. In sub-equatorial regions, 
Rossby waves can propagate in the westerly jet [13,20,22]. 
Such Rossby wave sources may come from tropical heating 
coupled with mean vertical shear [23], or higher-latitude 

topography [24].  
To understand global teleconnection, it is necessary to 

study the growth and ray path of Rossby waves under mean 
flow conditions. This allows prediction of the local weather 
or climate based on the pre-existent mean flows and wave 
sources. Earlier theories of Rossby waves identified the 
theoretical instability criteria [21, 25–29]: (a) consistent with 
the results of Hoskins and Karoly [7], “great circle” propaga-
tion was simulated in a uniform westerly; (b) the “guided” 
Rossby waves (l/k > 0) develop on the south of the westerly 
jet, where ∂U/∂y > 0, and the “trailing” Rossby waves (l/k > 0) 
develop on the north side of the westerly jet, where ∂U/∂y < 

0 [21]; (c) in positive (∂U/∂y > 0) sheared mean flow, 
northward Rossby waves turn back at a turning point, while 
the southward Rossby waves approach the critical level direct-
ly [30,31]; (d) the divergent effect is necessary for the prop-
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agation of Rossby waves [32]; and (e) in a strong westerly 
jet, the Rossby waves oscillate and propagate downstream 
[20,33–35]. 

Although previous works identified the instability criteria, 
these works are usually limited to the barotropic or baro-
clinic modes separately, and are hardly used for realistic 
prediction [27–31,36]. It is difficult to find an analytical 
solution of Rossby waves under realistic mean flows that 
have both meridional and vertical shears. In this situation, 
general circulation models (GCMs) or two-layer models 
have to be used [37,38].  

To study the evolution of Rossby waves in realistic mean 
flows, a simple semi-analytical model based on ray theory 
has been developed [39]. Under the WKBJ approximation, 
the free wave solutions can be obtained from the potential 
vorticity equation, and the Rossby waves propagate along a 
ray with energy transported by the group velocity. For ini-
tial Rossby waves, this simple model not only proves the 
works of Huang [20] and Chen and Chao [21], but also pro-
vides the ray path and energy evolution of Rossby waves 
under realistic mean flows without complicated calculation 
of GCMs. 

1  Formulation 

On the β-plane, the quasi-geostrophic potential vorticity 
equation becomes [29] 
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where 2 2G r . By the WKBJ approximation, the solu-
tion of a nearly-plane wave takes the form of   

 ( , , , )eiA T X Y Z   , (5) 

where the phase ,kx ly nz t      k, l, n are the zonal, 

meridional and vertical wavenumber, respectively.  is the 
frequency. This model has the scale relation of  

 ,  ,  ,  ,T t X x Y y Z z        (6) 

where   is a small number and 1  . Substituting (5) 
and (6) into (4) we obtain the zero-order dispersion equation: 
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Without considering the temporal variation of mean 

flows, the ray theory gives [39]  
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 is the varia-

tion in the Lagrange coordinate. (7) and (8) describe the 
path of Rossby waves by integrating from any initial loca-
tions (X0, Y0, X0) and wave characteristics (k0, l0, n0, 0). 
The kinetic energy, 2 2 2 2

0( ) ,E K r A   along a ray can be 

determined by [21]  
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So this semi-analytical model, (7) and (9), forms a self- 
contained system, which can be calculated by the Runge- 
Kutta method for any initial disturbances. In the following 
experiments, we selected k0 = 1.  

2  Rossby waves in baroclinic mean flows 

Using this semi-analytical model, Rossby waves can be 
studied under baroclinic ( 0ZU  ) mean flows. The poten-

tial vorticity gradient, 2 22cos( ) 2 ,A Z ZZrU U       is 

determined not only by β, but also by the vertical variation 
of mean flows. In this work, 0 = 35° is used. 

Scenarios with positive (UZ > 0) and negative (UZ < 0) ver-
tical shears have been studied. The basic flows are given as  

 ZU U Z          0ZU  , (10a) 

 5 Z ZU U U Z      0ZU  ,  (10b) 

and all upward Rossby waves are initiated at Z = 0.2.  
For positive vertical shears, Figure 1(+) shows that up-

ward Rossby waves are unstable, they ascend slowly and 
grow, but then decay as they rise higher. Under conditions 
of strong vertical shear, Rossby waves propagate upward 
rapidly and have a short life cycle. Under conditions of 
negative vertical shear, Figure 1() shows that the Rossby 
waves propagate upward but decay rapidly, and this be-
comes more obvious under strong negative vertical shear. 
This is consistent with the results obtained from the two- 
layer model, which shows that vertical easterly shear will 
trap the energy in the lower troposphere [23]. In the summer, 
the tropical easterly occurs in the upper troposphere and 
restricts the upward propagation of Rossby waves [36]. The 
Rossby waves can propagate upward and grow in the weak 
westerly, but decay in the strong westerly.  

The downward (n < 0) Rossby waves are initiated at Z = 1. 
Under conditions of positive vertical shear, Figure 2 shows 
that the Rossby waves propagate downward and grow first,  

 

 

Figure 1  Energy evolution (a) and ray path (b) of upward Rossby waves. 
The vertical shears UZ are ±5 m s1 H0

1, ±10 m s1 H0
1, and ±20 m s1 H0

1, 
marked by 1±, 2±, 3±, respectively. Here k0 = 1. 

 

Figure 2  Energy evolution (a) and ray path (b) of downward Rossby 
waves. The vertical shears UZ are 20 m s1 H0

1 and 20 m s1 H0
1, marked 

by 1 and 2, respectively. Here k0 = 1. 

but then decay rapidly as they sink lower. Under conditions 
of negative vertical shear, Figure 2 shows that the Rossby 
waves can grow and propagate downward. Here we assume 
that the boundary layer acts as a mirror to reflect the wave 
energy upward without damping, and n = n when Z < 0. 
After reflection, the Rossby waves ascend and decay in the 
upper troposphere.  

The  effect can be studied using this model. Under con-
ditions of positive vertical shear UZ = 5 m s1 H0

1, four up-
ward Rossby wave sources are located at 5°N, 25°N, 35°N, 
and 45°N, respectively. As shown in Figure 3, it is difficult 
for Rossby waves to develop near the tropics, where  is 
large (line 1 of Figure 3). On the other hand, Rossby waves 
can propagate upward and grow rapidly in higher latitudes 
because of the small  effect (line 4 of Figure 3). Hence the 
 effect restrains the growth of Rossby waves.  

 

 

 

Figure 3  Ray path (a) and energy evolution (b) of upward Rossby waves, 
which are initiated at 5°N, 25°N, 35°N, 45°N, and marked by 1, 2, 3, and 4, 
respectively. Here n0 = 1. 
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3  Rossby waves in the westerly jet with both 
the meridional and vertical shears 

Using this model, we can study Rossby waves under realistic 
westerly jet conditions with both meridional and vertical 
shears. We assume a jet of semi-columniform form, which 
can be described as 

 0
0 0

1 cos( π / )
{cos( / 1)π}

2
U U z z

    
 

,  (11) 

where 0  = 35°, z0 = 1, U0 = 15 m s1. To obtain the fre-

quency equation of Rossby waves, the WKBJ approxima-
tion was used, which means that the mean flows must vary 
more slowly than the Rossby waves on a spatial scale. We 
have adopted a small magnitude of 15 m s1 for the westerly 
jet to satisfy the criteria of WKBJ (eq. 5.22 of [7]).   

To describe the evolution of Rossby waves originated 
from every point in the y-z field, we define the instability of 
Rossby waves as 

 0{Days of | },R tI  t E E   when 1/ 4day 0E E ,  (12a) 

0

1
| 0.8 ,

Days ofR tI E E
 t

 
   
 

 when 1/4day 0E E .  (12b) 

When the energy on the 1/4 day (E1/4) is larger than the 
original energy (E0), we assume that the Rossby waves will 
develop, and when the energy on the 1/4 day is less than the 
original energy, we assume that the Rossby waves will decay.  

For initial northward Rossby waves (l > 0), the unstable 
field occurs to the south of the westerly jet (Figure 4(a), (b)), 
especially the lower and southerly part of westerly jet. Even 
for more barotropic Rossby waves with n = 0.2 (Figure 4(e), 
(f)), the south part of the jet becomes more unstable. This 
means that the Rossby waves with a more barotropic com-
ponent can propagate upper-northward and grow in the west-
erly jet when initiated from the south of the westerly jet.  

For initial southward Rossby waves (l < 0), the unstable 
field occurs to the lower and northerly part of the westerly 
jet (Figure 4(c), (d), (g), (h)), and Rossby waves can propa-
gate upward and southward and grow in the westerly jet. 
The more baroclinic Rossby waves with n = 1 (Figure 4(c),  
(d)) can develop more strongly than the barotropic Rossby 
waves with n = 0.2 (Figure 4(g), (h)), because the baroclinic 
Rossby waves can absorb more available potential energy 
from the baroclinic mean flow.  

4  Summary and discussion 

In this paper, a simple semi-analytical model based on ray 
theory [39] has been used to study Rossby waves under 
mean flow conditions. Unlike the analytical solutions of 
previous theories, this semi-analytical model can predict the 
path and energy evolution of Rossby waves under realistic 
mean flows that have both barotropic (meridional) and 
baroclinic (vertical) shears.  

When omitting the vertical variables, this model becomes 
a barotropic model and produces similar results to those  

 

 

Figure 4  Rossby instability (IR) in the westerly jet that has vertical and meridional shears. The red circle represents the westerly center, where U = 0.9U0. 
The red/blue shade represents the unstable/stable field of Rossby waves.  



 Liu F, et al.   Chinese Sci Bull   September (2011) Vol.56 No.25 2731 

from other the previous work. Under conditions of mean 
flows with vertical shear, our model shows that Rossby 
waves propagate upwards in weak westerlies [36]. Baro-
clinic Rossby waves become more unstable at the high lati-
tudes, because the  effect restrains the growth of Rossby 
waves (Figure 3).  

Under mean flow regimes that have both meridional and 
vertical shears, the barotropic Rossby waves grow when 
propagating upward and northward from the south part of 
westerly jet (Figure 4(e)). The baroclinic Rossby waves also 
grow when propagating upwards and southward from the 
north part of the westerly jet (Figure 4(c)).  

Such a semi-analytical model provides a very simple 
prediction tool to study Rossby waves, which are important 
for the global teleconnection. In this work we have only 
studied idealized mean flows, and observed mean flows 
should be included in the future work. With this simple 
model, we can study the mid- and high-latitude teleconnec-
tion associated with Chinese climate [17,18,20,40].  
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Abstract In observations, the 2-day waves, identified as
the convectively coupled equatorial inertio-gravity (IG)
waves, only propagate westward. To understand this
feature, a simple theoretical model is presented for the
convectively coupled equatorial waves (CCEWs). Under
the assumption that the convective heating is proportional
to the vertical velocity on the first baroclinic mode, the
nonlinear governing equation for the meridional velocity of
the CCEWs can be derived. The optimal method is used to
obtain the dispersion relation from this nonlinear equation,
and the results show that the deep convection can slow
down the IG waves by decreasing the mean state static
stability, but the key leading to the westward propagation of
the IG waves is the full meridional variation of the sea
surface temperature (SST). The warm SST trapped near the
equator excites long westward propagating IG waves,

whereas the warm SST trapped near the ITCZ centered at
10° N excites short westward propagating IG waves. This
theoretical model provides a simple tool to study the
CCEWs in understanding the tropical circulation.

1 Introduction

1.1 Properties of 2-day waves

The 2-day waves feature the zonal wavelength of 2,000–
4,000 km and westward propagation of 10–30 ms−1

convective systems with a life cycle of about 2 days
(Takayabu 1994a; Takayabu et al. 1996; Haertel and
Johnson 1998; Haertel and Kiladis 2004; Haertel et al.
2008), which mainly occur in the equatorial western Pacific
during the northern winter (Takayabu 1994a). Actually,
many 2-day waves prevail during the active phase of the
Madden–Julian Oscillation (MJO) (Nakazawa 1988;
Hendon and Liebmann 1994; Madden and Julian 1994;
Schrage et al. 2001; Clayson et al. 2002) and are important
to modify the low-frequency eastward propagating Kelvin
waves (Kikuchi and Wang 2010) and even the MJO
(Biello and Majda 2005; Kikuchi and Wang 2010).

1.2 Equatorial waves associated with the 2-day waves

High-resolution soundings of the Tropical Ocean Global
Atmosphere Coupled Ocean–atmosphere Response Exper-
iment (TOGA COARE) have given chances to explore the
complex feature of the 2-day waves: the shallow convection
phase associated with congestus clouds leading the initial
tower and mature phase associated with deep convective
cloud, and then the decaying phase associated with
stratiform clouds (Takayabu et al. 1996). The multi-cloud
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structure has explained (Haertel and Kiladis 2004; Haertel
et al. 2008) why the dispersion characteristics of 2-day
waves resemble those of classical shallow-water equatorial
waves (Matsuno 1966) with equivalent depths of 12–50 m
(Emanuel et al. 1994; Takayabu 1994b; Mapes 2000; Majda
and Shefter 2001; Lindzen 2003; Majda and Biello 2004).
The first baroclinic vertical mode associated with the deep
convective heating has an equivalent depth of about 50 m,
while the second baroclinic vertical mode associated with
congestus and stratiform has an equivalent depth of one
fourth of the first mode, about 12.5 m (Haertel and Kiladis
2004). Albeit its complex structure, the spectral signal of
2-day waves usually lies along the dispersion curve for the
n=1 westward propagating inertio-gravity (IG) waves
(Takayabu 1994a; Takayabu et al. 1996; Wheeler and
Kiladis 1999). The horizontal structure from TOGA
COARE also indicates that the 2-day waves are controlled
by the n=1 westward propagating IG waves, although they
have complex vertical structures (Takayabu et al. 1996;
Haertel and Kiladis 2004).

1.3 Why do 2-day waves usually move westward?

The dry equatorial IG waves show both eastward and
westward propagation (Matsuno 1966), whereas the 2-day
waves always propagate westward (Takayabu 1994a;
Takayabu et al. 1996; Haertel and Johnson 1998; Haertel
and Kiladis 2004; Haertel et al. 2008). Why do the 2-day
waves only propagate westward? Not only the symmetric but
also the anti-symmetric IG waves propagate westward.
Actually the eastward propagating equatorial convective
systems can only be related to the equatorial Kelvin and
n=0 mixed Rossby-gravity waves (Wheeler and Kiladis
1999; Kiladis et al. 2009). The horizontal structures of 2-
day waves, with the maximum clouds at the equator
(Takayabu et al. 1996; Haertel and Kiladis 2004), show
much accordance with those of the westward IG waves. This
feature gives a hint to explain why the 2-day waves usually
propagate westward.

In this paper, we will explain this westward propa-
gation according to the spectrum of convectively
coupled equatorial waves (CCEWs). Section 2 derives
the model, and the mathematic method is presented in
section 3. The model results are given in section 4, and
section 5 gives the physical explanation. This paper ends
with a discussion.

2 The model

Based on the moisture-stratiform instability (Kuang 2008),
Andersen and Kuang (2008) built a toy model to study the
instability of the CCEWs while their model is complicated.

From the observations (Haertel and Kiladis 2004), the first
baroclinic mode still dominates in the 2-day waves, and the
first baroclinic diabatic heating can exceed three times that
of the second baroclinic mode. So the first baroclinic mode
can represent the deep convection of the 2-day waves very
well (Haertel and Kiladis 2004), which provides an easy
way to understand the 2-day waves. In this paper, we
discuss the CCEWs based on the shallow-water equations
on a β-plane (Matsuno 1966), but the diabatic heating is
included in this model. Assuming that the equivalent height
is he, so velocity, length, and time scales are Cref ¼

ffiffiffiffiffiffiffi
ghe

p
,

Lc ¼ Cref=bð Þ1=2 and Tc ¼ Crefbð Þ�1=2, respectively, where
b ¼ fy ¼ 2� 10�11m�1s�1(f is the Coriolis parameter).
The nondimensional shallow-water equations can be
written as

ut � yv ¼ �fx; ð1Þ

vt þ yu ¼ �fy; ð2Þ

ft þ ux þ vy
� � ¼ �Q; ð3Þ

where x and y represent the horizontal disturbances, t is
time. u and v denote the x and y components of velocity. f
is the geopotential height, and Q is the diabatic heating. The
diabatic heating can simply be represented by the moisture
convergence (Wang 1988), and this relation has the
observational support for the 2-day waves (Haertel and
Kiladis 2004; Haertel et al. 2008),

Q ¼ �bðyÞ ux þ vy
� �

; ð4Þ
where b(y) is the mean state moisture parameter associated
with the sea surface temperature (SST), which is larger on
the warmer SST (Wang 1988). This study mainly focuses
on the direction selection of the 2-day waves, so only the
meridional variation of the moisture is considered.

We now seek solutions to Eqs. 1–4 of the form

u; v; fð Þ ¼ Re UðyÞ;V ðyÞ;6ðyÞ½ �ei kx�stð Þ; ð5Þ

Where k and σ are the wavenumber and frequency,
respectively. By substituting Eq. 5 into Eqs. 1–4, we can
obtain the governing equation for V(y) only

F k; sð Þ ¼ Vyy � ay
a
Vy þ 1

b� 1ð Þ y
2 þ ay

as
ky� 1

s
k � a

� �
V ¼ 0;

ð6Þ
where

a ¼ s2

b� 1ð Þ þ k2; ay ¼ � s2by

b� 1ð Þ2 : ð7Þ
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3 Optimal solution

For the dry equatorial waves, b(y)=0, Eq. 6 reduces to
the well-known equation for the equatorial waves
(Matsuno 1966) and the dispersion relation can be
obtained easily. For the CCEWs, b(y)>0, it is hard to
find an analytical solution for Eq. 6. While for the given
meridional structures of V(y) and b(y), we can obtain the
optimal solution of Eq. 6, which is determined by the
function of

OðFÞ ¼ 1=
1

2yb

Zyb

�yb

Fdy

0
B@

1
CA; ð8Þ

Where −yb and yb are the south and north boundaries,
respectively, and yb=50° in this paper, and the experi-
ments show that the selection of the meridional band (yb)
does not affect the results. In all four figures of this
paper, the normalized O(F), divided by the maximum
value of each experiment, is plotted in the wavenumber-
frequency filed, where the bigger the O(F) is, the better
the solution becomes, and the equatorial waves are more
easy to occur at that wavenumber and frequency. For the
analytical solutions, O(F)=1 along the analytical dispersion
curves.

Following Matsuno’s work (Matsuno 1966), the merid-
ional (y) structure of the waves is given in terms of
parabolic cylinder function (D), which takes the form

Dn y=y0ð Þ ¼ exp � y=y0ð Þ2
h i

Pn y=y0ð Þ; ð9Þ

Where Pn is a polynomial of degree n, and y0 is the
trapping scale given by y0=Lc. The meridional structure of
the b(y) takes the form of

b ¼ b0D0½ y� ycð Þ=LbÞ; ð10Þ

Where yc is the latitude of the SST center, Lb is the trapping
scale of the SST. Equation 10 means that the SST is
trapped at latitude yc with a trapping scale of Lb, and b0 is
the amplitude, which is usually less than 1 (Wang 1988).

4 Results for the n = 1 IG waves

When the V(y) takes the anti-symmetric structure with respect
to the equator, D1, which represents the IG or the Rossby
waves. Here we only discuss the IG waves, and the Rossby
waves are not talked about in this paper. Our results show
that the dispersion curves (red lines in Fig. 1) are the same
with the analytical solutions of Matsuno (1966) for the dry
IG (n=1) waves (upper pattern in Fig. 1), and even for the
Rossby waves (lower pattern in Fig. 1), which means that
this model is reliable. We only consider the convectively
coupled IG waves with the same equivalent length of 50 m.
When b0=0, Fig. 1 shows that the dry IG waves (the brown
shade) can propagate eastward or westward in accordance
with the analytical result. But when the diabatic heating is
included (b0>0), the IG waves mainly propagate westward
with a period of about 2 days, represented by the blue shade
for a cool SST, b0=0.3, and by the green shade for a warm
SST, b0=0.6. Usually, the diabatic heating slows down the dry
equatorial waves, but why the convectively coupled IG waves
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Fig. 1 Dispersion curves for the
n=1 dry equatorial waves (red
lines), which are plotted for the
equivalent depths of 12, 25,
50 m. The curves are plotted
when O(F)>0.99. The shades
are plotted for the equatorial
waves without coupled heating
(brown shade, b0=0), with a
cool SST (blue shade, b0=0.3),
and with a warm SST (green
shade, b0=0.6), respectively. In
all shades, the equivalent depth
is 50 m, yc=0 and Lb=Lc. The
brown shade is plotted when O
(F)>0.99 while the blue and
green shades are plotted when O
(F)>0.8
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only move westward is still unclear. (Note: the dot line in the
left part of the shade is the characteristic line where a→0, and
the numerical solution by this method will be singular there.)

To understand why the convectively coupled IG waves
always propagate westward, we further study them with
different meridional structures of SST centered at the
equator. Here, we take a warm SST, b0=0.6 as in Fig. 1.
Three meridional cases are studied in Fig. 2: (a) constant
SST (brown shade), which has no meridional variation, b=
b0; (b) polarward decaying SST (green shade), which has

the trapping scale of Lb=Lc, but in this case we omit the
terms including ay in Eq. 6, as done by Lindzen (1974); and
(c) full polarward decaying SST (blue shade), which is the
same as in (b) but ay≠0. Fig. 2 shows that when the full
meridional variation of the SST is considered, the IG waves
can only propagate westward (blue shade of Fig. 2).
Although Lindzen (1974) gave the most unstable IG mode
for the ITCZ, his work could not explain why the IG waves
only propagate westward, and the IG waves can still
propagate eastward in his case (green shade in Fig. 2).
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Fig. 2 Curves are the same as
in Fig. 1. Shades are plotted for
the equatorial waves with dif-
ferent meridional SST centered
at the equator: a constant SST
(brown shade, b=b0); b polar-
ward decaying SST (green
shade, Lb=Lc and ay=0); c full
polarward decaying SST (blue
shade, Lb=Lc and ay≠0). In all
shades, the equivalent depth is
50 m, b0=0.6 and yc=0. The
brown shade is plotted when O
(F)>0.99, while the blue and
green shades are plotted when O
(F)>0.8
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Fig. 3 Curves are the same as
in Fig. 1. Shades are plotted for
the equatorial waves with dif-
ferent SST center, where the
SST is centered at a the equator
(red shade), b 10° N (yellow
shade), and c 30° N (blue
shade), respectively. In all
shades, the equivalent depth is
50 m, b0=0.6 and Lb=Lc. All
shades are plotted when
O(F)>0.8
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In Fig. 3, the location of the SST center also affects
the propagating properties of the IG waves. When the
warm SST is centered at the equator and decays
polarward, the IG waves only propagate westward, but
have a long wavelength, with a wavenumber smaller
than 5 (red shade in Fig. 3); for the ITCZ case, where the
warm SST is centered at 10° N, the IG waves show a
more obvious westward propagation, and they prefer
short waves, with wavenumber of 5∼10 (yellow shade in
Fig. 3); the high latitude warm SST will excite high
frequency IG waves which can propagate westward or
eastward (blue shade in Fig. 3), although such a SST
pattern is unrealistic.

5 Physical explanation

Figures 1 and 2 show that IG waves coupled with the
equatorial-trapped convection will propagate westward.
This can be understood from the meridional structure of
dry IG waves, for n=1, the analytical meridional structure
of the vertical velocity is c0

Cref k�sD2 þ c0
Cref kþs D0, where C0 is

the amplitude. For the westward propagating IG waves,
k<0, c0= Cref k � sð Þj j < c0= Crefk þ sð Þj j, and the meridio-
nal structure is dominated by D0; while for the eastward
propagating IG waves, the meridional structure is domin-
ated by D2. Usually above the ocean, the mean state
moisture, in phase with the SST, has its biggest projection
on D0, which has a maximum value near the equator (Wang
1988). So the westward propagating IG waves will be
enhanced while the eastward propagating IG waves will be
damped.

6 Conclusions

The theoretical model presented here provides a simple
tool to understand why the 2-day waves, the convec-
tively coupled IG waves only move westward: the deep
convection can slow down the IG waves by decreasing
the mean state static stability, but the key leading to the
westward propagation of IG waves is the full meridional
variation of the SST. The warm SST trapped near the
equator will excite long westward propagating IG waves
while the warm SST trapped near the ITCZ will excite
short westward propagating IG waves.

Observations show that the IG waves on the high mode
(n=2) also propagate westward (Wheeler and Kiladis
1999). When taking the n=2 structure in this model,
Fig. 4 still gives the same results as Fig. 3, but long IG
waves are preferred when compared with the n=1 waves,
which is in accord with the observation (Wheeler and
Kiladis 1999).

The simple theoretical model provides a new tool to
study the CCEWs. It can be useful to study tropical
circulation. In the future works, the role of the boundary
layer Ekman pumping and high baroclinic modes should
also be implemented into this simple model to give a more
reasonable explanation.
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Abstract To understand the nature and role of multi-scale
interaction involved in the Madden–Julian oscillation (MJO),
a dynamical model is built based on two essential processes:
the convective complex of the MJO modulates the strength
and location of synoptic-scale motions, which in turn feed
back to the MJO through the convective momentum transfer
(CMT). Our results exhibit that: (1) The lower tropospheric
easterly CMT coming from the 2-day waves slows down the
MJO dramatically; (2) although the lower tropospheric
westerly CMT coming from the superclusters can produce
the horizontal quadrupole vortex and vertical westerly wind-
burst structures of theMJO, it drives the large-scale motions to
propagate eastward too fast; (3) the planetary boundary layer
provides an instability source for the MJO and pulls the MJO
to propagate eastward at a speed of 0∼10 ms−1; and (4) the
optimal structure of the multi-scale MJO should be: the
stronger superclusters/2-day waves prevail in the rear/front
part of the MJO and produce lower tropospheric westerly/
easterly CMT there. These theoretical results emphasize the
role of CMT and encourage further observations in the multi-
scale MJO.

1 Introduction

Madden–Julian oscillation (MJO) is a tropical planetary-
scale phenomenon with high-frequency eastward-moving
super cloud clusters and westward-propagating 2-day
waves coupled in its convective complex (Nakazawa
1988). It features an equatorially trapped, planetary-scale,
baroclinic circulation with a period centered at 40 to
50 days (Madden and Julian 1971, 1994). Earlier theories
on the MJO focused on the direct interaction between large-
scale dynamics and convective heating (Lau and Peng
1987; Emanuel 1987; Wang 1988; Hu and Randall 1994;
Grabowski and Moncrieff 2004). Recent observations
discovered that the MJO is usually coupled with a multi-
scale convective complex (Nakazawa 1988; Hendon and
Liebmann 1994; Houze et al. 2000; Straub and Kiladis
2003; Haertel and Kiladis 2004; Moncrieff 2004; Slingo et
al. 2003; Kikuchi and Wang 2010), where the eastward-
propagating superclusters and westward-propagating 2-day
waves are enhanced.

These observations motivate studies of understanding
roles of multi-scale interaction (MSI) in the MJO using
multi-cloud models (Khouider and Majda 2006, 2007;
Majda et al. 2007) and multi-scale models (Majda and
Biello 2004; Biello and Majda 2005; Majda et al. 2009a).
Majda et al. (2009b, 2011) used a dynamical model to study
the MSI in the MJO, by treating the wave activity of
synoptic motions as a heating source for the MJO. The
convective momentum transfer (CMT) process, however, is
missed in their works. While the CMT is on an average
downscale (damping large scale) in the westerly burst
regime of the MJO, the CMT can change from downscale
to upscale (Tung and Yanai 2002a, 2002b). The lower
tropospheric CMT in the westerly regime can drive the
horizontal quadrupole vortex and vertical westerly wind-
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burst structures of the MJO (Majda and Biello 2004; Biello
and Majda 2005). Actually, these models only consider the
one-way interaction, and the instability and phase speed of
the MJO cannot be represented by these one-way interac-
tion models. Based on the work of Majda and Biello (2004)
and Biello and Majda (2005), Wang et al. (2011)
parameterized the CMT of synoptic-scale motions and built
a two-way interaction model. Their work emphasized the
role of CMT in sustaining the MJO. In their work, however,
the location of synoptic-scale motions was specified in the
MJO convective complex. In order to study the role of
CMT coming from synoptic-scale motions, we improve the
MSI model of Wang et al. (2011) to a location-flexible
model, in which the location of synoptic-scale motions is
no longer specified.

Section 2 summarizes the MSI model of Wang et al.
(2011). The role of CMT is illustrated in section 3, and
section 4 presents the optimal structure for the multi-scale
MJO. This paper ends with a discussion in the last section.

2 The MSI model

2.1 Physical consideration

The model used here is based on the MSI model built by
Wang et al. (2011) for studying the role of CMT in the
multi-scale MJO, which integrates three essential elements:
(a) large-scale equatorial wave dynamics driven by the
planetary boundary layer (PBL) frictional convergence
instability (Wang 1988; Wang and Li 1994), (b) effects of
multi-cloud heating and an instability arising from meso- to
synoptic-scale system induced CMT (Majda and Biello
2004; Biello and Majda 2005), and (c) interaction between
the planetary-scale and meso- to synoptic-scale systems.
The key process of the MSI, the CMT, is usually controlled
by the vertical tilt of the synoptic-scale systems. The
westward-tilted structure will produce lower tropospheric
westerly CMT, while the eastward-tilted structure will
produce lower tropospheric easterly CMT (Majda and
Biello 2004; Biello and Majda 2005).

In the MJO convective complex, two synoptic-scale
motions are observed to be enhanced (Nakazawa 1988): the
eastward propagating super cloud clusters and the westward
moving 2-day waves. The eastward propagating super cloud
clusters have horizontal convective scale of ∼1,500 km, time
scale of ∼10–15 days, and eastward phase speed of 15–
20 ms−1 (Nakazawa 1988; Wheeler and Kiladis 1999;
Wheeler et al. 2000). They involve heavy precipitation and
fully developed deep convection and stratiform clouds, and
show a westward tilt in the Rossby-gyre region of the active
MJO (Moncrieff and Klinker 1997; Houze et al. 2000). The
westward-propagating 2-day waves, identified as n=1 west-

ward Inertio-gravity waves (Takayabu 1994; Haertel and
Kiladis 2004; Haertel et al. 2008; Liu and Wang 2011; Liu et
al. 2011), have zonal convective scale of ∼1,000 km, time
scale of ∼2 days, and westward propagation speed of 10–
30 ms−1. They involve the interaction between the congestus
cloud heating, the deep convective heating, and the stratiform
heating, and show an eastward tilt in the front of the MJO
(Kikuchi and Wang 2010).

2.2 Parameterization of the CMT

The westward/eastward tilt of the superclusters/2-day
waves in the MJO convective complex produces lower
tropospheric westerly/easterly CMT (Majda and Biello
2004; Biello and Majda 2005). Based on the assumptions:
(a) synoptic-scale motions have weak temperature gradient
(Majda and Klein 2003), (b) synoptic heating involves two
vertical modes: deep convective (sin (z)) and stratiform/
congestus (sin(−2z)/sin(2z)), and (c) the stratiform/conges-
tus heating lags/leads (with respect to the propagating
direction of synoptic-scale motions) the deep convective
heating by a spatial phase of f0. So the CMT that comes
from superclusters or 2-day waves can be parameterized as
(Majda and Biello 2004; Biello and Majda 2005)

FU ¼ � 1

2
AFðX Þ2að1� aÞ sinðf0ÞVerðPÞMðyÞ: ð1Þ

The positive/negative sign represents the westerly/east-
erly CMT coming from the superclusters/2-day waves. A
represents the dimensional amplitude. F(X) is the zonal
envelope function of synoptic-scale motions, and its
structure will be described in the MSI model. α stands for
the relative strength of deep convective to the total heating.
The strength of the stratiform and congestus heating is
assumed to be equal, i.e., (1−!)/2. Then, the amplitude of
the CMT is !(1−!)/2, the product of the amplitude of
stratiform/congestus and deep convective heating. Keep in
mind that in the works of Majda and Biello (2004) and
Biello and Majda (2005), ! denotes the strength of
stratiform heating relative to the direct deep convective
heating. The vertical structure VerðPÞ ¼ cos½ðPe �
PÞ=ðPe � PtÞp� � cos½3ðPe � PÞ=ðPe � PtÞp� results from
the interaction between the stratiform/congestus and deep
convective heating. Pe and Pt denote the pressure at the top
of the PBL and the free troposphere, respectively. MðyÞ ¼
2H2 þ yHHy with H ¼ e�2y2denote the meridional struc-
ture of planetary- or synoptic-scale waves.

In the following, U, V, and W denote the zonal (X),
meridional (y) wind, and vertical pressure (P) velocity,
respectively. T and Φ are the temperature and geopotential

height, respectively. Use characteristic velocity scale C0 ¼ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
SΔp2=2

p � 49ms�1 (the gravest internal gravity wave
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speed, Wang 1988), length scale Lc ¼
ffiffiffiffiffiffiffiffiffiffiffi
C0=b

p � 1460km,

time scale Tc ¼ 1=
ffiffiffiffiffiffiffiffi
bC0

p ¼ 0:34Day, and geopotential
height scale C2

0 , where S ¼ ðT=qÞ@q=@P ¼ 3� 10�6

m2s�2Pa�2 (the static stability parameter), b ¼ fy ¼ 2�
10�11m�1 s�1(where f is the Coriolis parameter). The
nondimensional governing equations for the MSI model
on the first baroclinic mode becomes (Wang et al. 2011)

U1t � yV1 þ 61X ¼ FU
1 ; ð2Þ

yU1 þ 61y ¼ 0; ð3Þ

61t þ ðU1X þ V1yÞ ¼ �aq1; ð4Þ

q1 ¼ c2ðr261 � 61X Þ � c3ðU1X þ V1yÞ; ð5Þ

For simplicity, we neglect the damping terms in the
momentum and thermodynamic equations. q1 is the lower
tropospheric moisture convergence, which comes from the
PBL Ekman pumping and the free tropospheric conver-

gence. The nondimensional coefficients c2 ¼
ffiffiffiffiffiffi
bC0

p
E

Δpb
PM

ðqb �
qcÞ LqR

C2
0Cp

and c3 ¼ ΔP
PM

qc
LqR
C2
0Cp

denote, respectively, parame-

ters associated with the PBL moisture convergence, and
the lower tropospheric moisture convergence. R ¼
287J=ðkg � KÞ i s the speci f ic gas constant , and
Cp ¼ 1004J=ðkg � KÞis the specific heat at constant pres-

sure. Lq ¼ 2:5� 106J=kg is the latent heat of condensa-

tion, E ¼ 3� 10�5s�1 is the Ekman damping coefficient,
pe ¼ 900hPa is the pressure at the top of the PBL, and
ΔPb ¼ Ps � Pe is the PBL depth. The others are surface
pressurePs ¼ 1; 000hPa, top tropospheric pressure Pt ¼
100hPa, free troposphere depthΔP ¼ ðPe � PtÞ=2, and

mid-tropospheric height PM ¼ ðPe þ PtÞ=2. qb ¼ 1
Δp

RPs

Pe

qðPÞdP and qc ¼ 1
Δp

RPe

Pm

qðPÞdP denote the mean specific

humidity in the PBL and the lower troposphere, respec-
tively. The mean state moisture profile q(P) is assumed to
decrease upward exponentially from qs at the surface with
an e-fold scale of 2.2 km. The surface specific humidity is
a function of sea surface temperature (SST): qs ¼
ð0:972SST� 8:92Þ� 10�3(Wang 1988). In this study,
SST is taken as a constant value of 28°C at the equator
and decays exponentially poleward with an e-fold scale of
15° of latitude.

Assuming that the CMT envelope of synoptic-scale
motions is determined by the planetary-scale moisture
convergence, q1. The zonal (F(X)2) and meridional (M(y))

structures of CMT envelope can both be represented by

q, i.e., FðX Þ2MðyÞ ¼ q1 in Eq. 1, because we only
separate different scales in the zonal variables while not
in the meridional variables. So the first baroclinic CMT
can be written as

FU
1 ¼ �c1að1� aÞq1; ð6Þ

where c1 ¼ 4A sinðf0Þ=ð3pC0
ffiffiffiffiffiffiffiffi
bC0

p Þ, is the nondimensional
coefficient associated with the CMT (Wang et al. 2011), here
f0 ¼ p=4. The dimensional amplitude of the CMT is taken
as A ¼ 0:1ms�2, to produce að1� aÞc1 ¼ 10 with !=0.5.
Similar amplitude was used in Majda and Biello (2004).

The MJO have a large Kelvin wave component (Wang et
al. 1990), and we seek an analytical solution of moist
Kelvin waves to study the multi-scale MJO. The solution of
the moist Kelvin waves has the structure of

ðU1;V1;61; q1Þ ¼ ðU10;V10;610; q10ÞeiðkX�stÞ; ð7Þ
where σ and k are the frequency and wave number,
respectively.

In the work of Wang et al. (2011), the westward-tilted
superclusters and eastward-tilted 2-day waves were pre-
specified in the rear and front part of the MJO, respectively.
The planetary-scale zonal wind was used to parameterize
the direction of CMT, for example, in the rear part of the
MJO, the westerly CMT coming from the superclusters is
denoted by the positive sign of the westerly of the MJO;
while in the front part of the MJO, the easterly CMT
coming from the 2-day waves is represented by the
negative sign of the easterly of the MJO. Here we remove
this pre-specified limitation, and discuss the roles of
synoptic-scale motions in different parts of the MJO. In
Eq. 6, the positive sign represents the lower tropospheric
westerly CMT coming from the superclusters while the
negative sign represents the lower tropospheric easterly
CMT coming from the 2-day waves. So we introduce a
phase lag +, which represents the lag between the CMT
envelope coming from the 2-day waves and the MJO
convective center. Eq. 6 can be rewritten as

FU
1 ¼ �c1að1� aÞq1e�ig : ð8Þ
In Fig. 1, the dependence of phase relation between the

CMT envelope (black dash lines), the planetary-scale
moisture convergence (red lines), and the planetary-scale
zonal wind (blue lines) is plotted on different phases +.
When +=0, FU

1 ¼ �c1að1� aÞq1, which means that the
CMT in the MJO convective complex are all easterlies
coming from the 2-day ways. When +=π, FU

1 ¼ �c1að1�
aÞ q1, which means that the CMT in the MJO convective
complex is all westerly coming from the superclusters. In
the left/right part of the circle, the CMT mainly comes from
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the superclusters/2-day waves in the MJO convective
complex. The upper/lower part of the circle denotes that
the lower tropospheric CMT is in/out of phase with the
lower tropospheric planetary-scale zonal wind. The abso-
lute in-phase relation between the CMT and planetary-scale
zonal wind happens at +=π/2 without the PBL, while it
occurs at p=4 < g < p=2 when the PBL is included
because of the precondition of PBL moisture (Wang 1988).

The simple frequency equation for the MJO can be
obtained by setting V and y to zero (Majda et al. 2009b).
Substitution of Eqs. 7–8 into Eqs. 2–5 gives

s2 þ kc3c1e
�igð1� aÞs � ik2c2as þ k2ðc3a � 1Þ

� ik3c2c1e
�igð1� aÞ ¼ 0:

ð9Þ

The phase speed and growth rate, represented by the real
and imaginary part of σ, can be calculated from Eq. 9.
Here, we only discuss the planetary-scale MJO of wave-
number one. Experiments show that the results with k=2
also have the same features.

3 The roles of CMT

Here we use !=0.5, which means that half of total clouds
happen at the stratiform/congestus clouds. The role of CMT
on the multi-scale MJO can be summarized in Fig. 2
without the PBL and in Fig. 3 with the PBL included.

In Figs. 2 and 3, the contours of phase speed and growth
rate are drawn in the radius−+ space, where the radius
scales the phase speed and growth rate. On each phase +,
phase speed is plotted in log10 scales, which is represented
by the radius. Two reference speeds, 10 and 100 ms−1 are
denoted by dashed lines 10 and 100, respectively. For
example, when all CMT comes from 2-day waves, i.e., +=
0, the system propagates eastward at a speed of about 7 m
s−1; when all CMT comes from superclusters and +=π, the
system propagates eastward at a speed above 100 ms−1

(Fig. 2a). Growth rate is also drawn by the same way,
except that its original value is plotted. Two reference
growth rates, 0 and 0.2 day−1, are drawn by dashed lines 0
and 0.2, respectively. For example, the growth rate is about
0.02 day−1 when +=π/2 and −0.02 day−1 when +=3π/2.

From Figs. 2 and 3, we can conclude:

1. The CMT coming from 2-day waves/superclusters
tends to slow down/fasten the MJO as shown by the
right/left part of Fig. 2a. This can be explained by
taking +=0 for 2-day waves and +=π for superclusters.
The phase speed of the MJO interacted with 2-day
waves (c2d) and superclusters (csu) becomes:

c2d ¼ s=k ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ð1� c3aÞ þ ½c1c3að1� aÞ=2�2

q

� c1c3að1� aÞ=2; ð10aÞ

π /2

3π /2

π 0

PBL

NPBL

2−day wavessuperclusters

out of phase

in phaseFig. 1 Dependence of phase
relation among the CMT
envelope (black dashed line),
planetary-scale moisture con-
vergence (red line), and
planetary-scale zonal winds
(blue line) on different phase γ.
The squares in/out of the circle
represent experiments without/
with the frictional planetary
boundary layer (PBL)
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csu ¼ s=k ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ð1� c3aÞ þ ½c1c3að1� aÞ=2�2

q

þ c1c3að1� aÞ=2: ð10bÞ

With increasing CMT, i.e., increasing c1, c2d decreases to a
minimal value of 0 while csu will increase monotonously.
2. Two-day waves try to shrink the phase speed circle into

the MJO domain (<10 ms−1) in the right part of Fig. 2a
while the superclusters seem to destroy the MJO by
driving it into an unrealistic domain of >100 ms−1. It
seems that the superclusters cannot drive the MJO
alone, although they can produce the horizontal
quadrupole vortex and vertical westerly wind-burst
structure (Majda and Biello 2004; Biello and Majda
2005).

3. The in/out-of-phase CMT seems to destabilize/decay
the MJO as shown by the upper/lower part of Fig. 2b.
For example, the frequency at +=π/2 and +=3π/2 can
be calculated as

sðp=2Þ ¼ ikc3c1að1� aÞ=
2�

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
4ð1� c3aÞ � ½kc3c1að1� aÞ�2

q
;

ð11aÞ

sð3p=2Þ ¼ �ikc3c1að1� aÞ=
2�

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
4ð1� c3aÞ � ½kc3c1að1� aÞ�2

q
:

ð11bÞ

Because the second term is always less than the first
term in the right side of Eq. 11a, the growth rate, Im(σ), is
always positive for Eq. 11a, but negative for Eq. 11b.
4. Two stationary systems appear at +=π/2 and +=3π/2,

because when c1>6.6 with the standard parameters, the
last term of Eq. 11 becomes an imaginary number.
Under current parameters, c1 can reach 20 (Majda and
Biello 2004; Biello and Majda 2005).

5. It seems that there are two equilibria near +=π/2 and +=
3π/2 (Fig. 2b). Keep in mind, in this work, we did not
show the other solution in the left part, which is the same
but in the mirror as the drawn solution in the right part.
This solution means that the CMT coming from the
superclusters will slow down the westward planetary-
scale mode. While in the real atmosphere, the planetary-

  10

100

π /2

3π/2

π 0

a.
 P

ha
se

 s
pe

ed
 (

m
s−

1 )

0

π/2

3π/2

π 0

b.
 G

ro
w

th
 r

at
e 

(D
ay

−
1 )

 0.2

Fig. 2 Dependence of phase speed (a) and growth rate (b) on
different phase γ without the PBL. Phase speed (a) and growth rate (b)
both increase with increasing radius, and the damping domain is
located where growth rate is <0. Red and black lines represent the
experiment with (c1=20) and without (c1=0) CMT, respectively. In
the left part of the circles, the red lines are dashed to represent the fast
mode. Here, α=0.5, and phase speed is plotted by log10
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Fig. 3 Same as Fig. 2 except with the frictional PBL included
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scale, westward-propagating systems are seldom ob-
served, and we do not emphasize this solution.

6. Compared with Fig. 2b, Fig. 3b shows that the
frictional PBL does provide an instability source for
the atmosphere by preconditioning moisture conver-
gence (Wang 1988), especially in the MJO domain
(right part of Fig. 3b). This instability even occurs in
the original damping domain when 3π/2<+<2π
(Fig. 3b).

7. Without the PBL, the in-phase CMT, which is
absolutely in phase with the planetary-scale zonal
wind, i.e., +=π/2, produces a stationary system
(Fig. 2a). When the PBL is included, this in-phase
CMT occurs at π/4<+<π/2, and this model presents an
eastward propagating system (Fig. 3a). This means that
the Ekman pumping of the PBL, which is under the
easterly (Wang 1988), will lead the wave convergence
and pull the system forced by the in-phase CMT to
propagate eastward (Fig. 3a).

4 The optimal structure for the multi-scale MJO

Based on above results, we obtain the favorable domain for
the multi-scale MJO in the !−+ space. In Fig. 4, only
domain with phase speed between 1 and 9 ms−1 is shaded.

When the 2-day waves are more active than the super-
clusters (in the right part of Fig. 4), the unstable system
always appears in the MJO domain (0∼10 ms−1) with a
broad band of cloud structures, 0.4<!<0.8, especially for !
=0.5 associated with strong stratiform/congestus clouds.
This result is in accord with previous works that strong
stratiform clouds are necessary for sustaining the MJO
(Schumacher and Houze 2003; Fu and Wang 2009). The
most unstable system usually occurs at π/4<+<π/2, where
easterly/westerly CMT is located in the front/rear part of the
MJO, and is almost in phase with the planetary-scale zonal
wind (Fig. 1): the 2-day waves prevail in front part of the
MJO convective complex and produce low tropospheric
easterly CMT, while the superclusters overwhelm the 2-day
waves in the rear part, i.e., the Rossby-gyre region of the
MJO (Moncrieff and Klinker 1997), and produce low
tropospheric westerly CMT. Such optimal structure is
consistent with the multi-scale structure of observed MJO
(Moncrieff and Klinker 1997; Kikuchi and Wang 2010).
Using this structure, Biello and Majda (2005) obtained the
horizontal quadrupole vortex and vertical westerly wind-
burst structures of the MJO, and Wang et al. (2011) also
successfully simulated the phase speed and structures of the
unstable MJO.

5 Concluding discussion

Based on the dynamical MSI model, we present that the
CMT coming from 2-day waves tends to slow down the
MJO. In the multi-cloud model (Majda et al. 2007), the
popular westward moving inertio-gravity waves coupled in
the MJO convective complex may be the key for maintain-
ing the slow eastward propagation of the MJO. Although
the CMT coming from the superclusters can explain the
horizontal quadrupole vortex and vertical westerly wind-
burst structures of the MJO (Majda and Biello 2004; Biello
and Majda 2005), it alone cannot maintain the MJO system
because it will increase the speed of the original fast moist
Kelvin waves. The PBL still produces an instability source
to the atmosphere (Wang 1988) and pulls the MJO to
propagate eastward. Usually, the most optimal structure for
the multi-scale MJO is: the superclusters, coupled with the
deep convection and stratiform clouds, prevail in the rear
part of the MJO, while 2-day waves prevail in the front part
of the MJO (Fig. 4). This optimal structure is consistent
with the observations (Moncrieff and Klinker 1997;
Johnson and Lin 1997; Houze et al. 2000; Kikuchi and
Wang 2010), and consistent with the structure used in the
previous one-way (Biello and Majda 2005) or two-way
(Wang et al. 2011) interaction model of the MJO.

The theoretical results emphasize the role of CMT in the
multi-scale MJO and encourage high-resolution observa-

Fig. 4 Phase speed (a) and growth rate (b) contours in the α−γ space.
The solid dark line in (a) denotes constant speed line of 5 ms−1. In the
radial direction, from inside to outside, the dotted circles represent α=
0.8, 0.6, 0.4, and 0.2, respectively

476 F. Liu et al.



tions on these multi-scale structures. The multi-scale
parameterization can be improved in current general
circulation models to improve their ability of the MJO
simulation.
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Abstract The intraseasonal oscillation (ISO) is one of the
most important modes of the tropical atmosphere, which
influences global livelihood of hundreds of millions of people.
The meridional structure of sea surface temperature (SST) has
been found to be important for the ISO simulation in general
circulation models (GCMs). Using a theoretical frictional
skeleton model for the ISO, we investigate the effects of
different SST structures on the ISO in this study. The model
results show that the observed Madden-Julian oscillation
(MJO), boreal summer ISO (BSISO) and quasi-biweekly
oscillation can be simulated in this model with different SST
structures. The Ekman pumping of the boundary layer asso-
ciated with equatorially trapped SST favors the growth of
eastward propagating Kelvin waves and prefers the fast east-
ward propagating signal. A broad SST provides a strong
instability source for the Rossby waves, which will slow down
the MJO. In the boreal summer, the high SSTcenter in the off-
equatorial region can trigger strong off-equatorial moisture

pumping from the boundary layer, which enhances the
Rossby waves and can simulate the northwest-southeast tilted
rain band associated with the BSISO. When the Rossby
component overwhelms the Kelvin component, the low-
frequency westward component of the BSISO and the
higher-frequency quasi-biweekly oscillation can be simulated.

1 Introduction

The intraseasonal oscillation (ISO) is one of the most impor-
tant modes of the tropical atmosphere (Zhang 2005). It is
composed of the Madden-Julian oscillation (MJO) in the
boreal winter (Madden and Julian 1971, 1972, 1994) and the
boreal summer ISO (BSISO) in the boreal summer (Yasunari
1979; Krishnamurti and Subrahmanyam 1982; Wang et al.
2009). Although trapped in the tropical Eastern Hemisphere,
the ISO affects the monsoon regions directly via global
teleconnection. Current general circulation models (GCMs),
however, cannot simulate the ISO well (Kim et al. 2008).
Many studies have been carried out to improve the ISO
simulation in the GCMs (Fu and Wang 2009; Li et al. 2009;
Maloney et al. 2010).

In a recent study (Kang et al. 2013), the role of sea surface
temperature (SST) meridional structure in theMJO simulation
has been discussed in an aqua-planet GCM. The meridional
scale of the SSTwas found to be a key for simulating theMJO,
and the GCM experiment with a broad SST meridional scale
produced slowly eastward propagating signals related to the
MJO, and that with a narrow SST meridional scale simulated
fast eastward propagating signals associated with the moist
Kelvin waves. Although a simple discussion was provided to
help understand the model results, this simple theory of SST
meridional scale mainly represents the moist Kelvin waves,
not the MJO and the BSISO. To understand the role of the
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SST meridional structure on the ISO, we need a new theoret-
ical model.

In the observations, the MJO features an equatorially
trapped, slowly eastward propagating, planetary-scale
baroclinic circulation cell in the Eastern Hemisphere
(Knutson and Weickmann 1987; Wang and Rui 1990;
Hendon and Salby 1994; Maloney and Hartmann 1998;
Kiladis et al. 2005). In the boreal summer, the BSISO exhibits
significant northward/northeastward propagation over the
Indian Ocean (Yasunari 1979; Krishnamurti and
Subrahmanyam 1982; Lau and Chan 1986; Annamalai and
Sperber 2005; Wang et al. 2005) or northward/northwestward
propagation over the western North Pacific (Murakami 1984;
Kemball-Cook and Wang 2001). Vertical shear (Wang and
Xie 1997), convective momentum transfer (Kang et al. 2010),
and beta-drift (Boos and Kuang 2010) may contribute to this
northward propagation.

In terms of physics, the MJO comprises equatorial Kelvin
waves and Rossby waves and exhibits a quadrupole vortex
horizontal structure when the MJO convection is located over
the equatorial Indian Ocean and the western Pacific Ocean
(Rui and Wang 1990; Hendon and Salby 1994). Furthermore,
a phase lag is observed between the leading planetary bound-
ary layer (PBL) moisture convergence and the mid-
tropospheric counterparts (Hendon and Salby 1994; Hsu and
Li 2012). These observations suggest that the MJO is a
coupled system of tropical Kelvin and Rossby waves led by
PBL moisture convergence. The BSISO can also be seen as a
coupled system (Wang and Xie 1997).

Coupling of Rossby waves and Kelvin waves of the ISO
can be represented by the theoretical frictional skeleton model
of the MJO (Liu and Wang 2012b). We extend their work to
study how different SSTmeridional structures control the ISO
type. The frictional skeleton model of the ISO is summarized
in Section 2. We discuss the roles of different SST meridional
structures in Section 3 and summarize the results and discuss
future work as well as the limitations of this study in Section 4.

2 The frictional ISO skeleton model

2.1 The model equations

To understand the essential dynamics of the ISO, we need to
include two theories, the wave dynamics (Wang 1988; Wang
and Rui 1990) and the thermodynamics of moisture processes
(Sobel andMaloney 2012, 2013). The first theory neglects the
moisture processes and only cares about the frictional wave
dynamics, while the second theory neglects the wave dynam-
ics so the instability is only caused by thermodynamics.

By coupling wave dynamics and moisture processes,
Majda and Stechmann (Majda and Stechmann 2009) built a
neutral skeleton model for the ISO, which was developed into

a frictional skeleton model for the ISO by Liu and Wang (Liu
and Wang 2012b). In the frictional skeleton model, the effects
of synoptic wave activity (Wang and Liu 2011; Liu et al. 2012;
Liu and Wang 2012c, 2013a) are parameterized as an oscilla-
tor in the temperature and moisture equations, which drives
the ISO skeleton. An assumption was made: the temporal
tendency of wave activity a is determined by moisture anom-
aly q, i.e., at ¼ Γaq , where Γ is a constant of proportionality; it
means that positive lower-tropospheric moisture anomaly fa-
vors the growth of synoptic-scale wave activity. The moisture
convergence of the PBL provides an instability source for the
free troposphere (Wang 1988); therefore, the steady PBL
model of Li and Wang (Li and Wang 1994) is used to couple
with the neutral skeleton model of Majda and Stechmann
(Majda and Stechmann 2009). Taking C=50 m⋅s−1 (the low-
est internal gravity wave speed) as the reference speed and the

characteristic temporal and spatial scales as
ffiffiffiffiffiffiffiffiffiffiffi

1=Cβ
p ¼ 8:5 h

and
ffiffiffiffiffiffiffiffiffi

C=β
p ¼ 1; 500 km , respectively, where β represents the

leading-order curvature effect of the Earth at the equator; the
non-dimensional frictional skeleton model can be written as
(Liu and Wang 2012b):

ut−yvþ px ¼ 0;

yuþ py ¼ 0;

pt þ ux þ vy ¼ −a;

qt þ Qe ux þ vy
� � ¼ −aþ rb θs−9:18ð Þwb;

αt ¼ Γ āq;

ð1Þ

where u and v are zonal (x) and meridional (y) velocities,
respectively, and p is pressure. The magnitude of non-

dimensional vertical gradient of the background moisture eQ
is taken as 0.9, a standard value for low-frequency motions
(Yano and Emanuel 1991; Frierson et al. 2004). Γ=1.5 (≈
0.3 K−1⋅day−1 in dimensional units), while Γa≈0:03 acts as a
dynamic growth/decay rate of the wave activity envelope, in
response to moisture anomaly. The standard PBL coefficient
is rb=0.06. θs is the SST. The Ekman pumping of the PBL,wb,
is

wb ¼ Hb

HT
d1∇2pþ d2px þ d3py

� �

; ð2Þ

where d1=E/(E
2+y2), d2=−(E2−y2)/(E2+y2)2, and d3=−

2Ey/(E2+y2)2. The boundary layer depth Hb=1 km, and tro-
posphere depth scale is HT=16/π=5.1 km (Majda and Biello
2004). Friction of the PBL, E, is selected to represent a
damping of one third of a day, and its non-dimensional value
is 1.1.
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2.2 Eigenvalue problem and the Rossby/Kelvin component

The frictional skeleton model of Eqs. (1) and (2) is a linear
system, so it can be readily solved as an eigenvalue problem.
For the zonally propagating plane waves, the structure of ei(kx
−σt) is assumed first, where k is wavenumber and σ is frequen-
cy. The phase speed and growth rate are defined by Re(σ)/k
and Im(σ), respectively. Following the work of Liu and Wang
(Liu and Wang 2012b), when only keeping the lowest N
meridional modes of each variable for the meridional expan-
sion of parabolic cylinder functions, the frictional skeleton
model can be projected on to the σ−k space, which gives us
a linear matrix of (5° N×5° N) for the five variables in Eq. (1).
Here, N = 1 represents the lowest equatorially trapped mode.
The frequency and eigenvectors are calculated through the
matrix inversion corresponding to each wavenumber. Because
of the longwave approximation, only the Kelvin and Rossby
waves are kept in Eq. (1). The Rossby and Kelvin waves, for
the lowest meridional modes, can be studied by using N = 3,
and sensitive experiments showed that a higher N does not
affect the results qualitatively.

Following the work of Kang et al. (Kang et al. 2013), we
use the ratio of the wave activity magnitude between the off-
equatorial region (15°–25° N) and equatorial region (5°S–5°
N) to represent the ratio between Rossby and Kelvin compo-
nents. The simplest structure of the SSTcan be represented by
exp(−((y−y0)/yL)2), where y0 is the center latitude of the
maximum SST. The SST decreases from its center with an
e-fold scale of yL. In the observation (Kang et al. 2013), this
value is about yL=30

o.

3 Roles of different SST structures

3.1 Neutral modes

The skeleton model with or without the PBL can capture three
important features of the MJO (Majda and Stechmann 2009;
Liu and Wang 2012b), namely, (i) the peculiar dispersion
relation of dσ/dk≈0, (ii) the slow phase speed of ~5 m/s, and
(iii) the horizontal quadrupole vortex structure. In their stud-
ies, only the first meridional mode, the equatorially trapped
mode associated with the observed wave activity, was includ-
ed. In order to study the roles of SSTmeridional structures, we
include all first three modes. Without the frictional boundary
layer, this model still simulates the peculiar dispersion relation
and phase speed of theMJO over the uniform SST (Fig. 1a, b),
while it only captures the Kelvin-wave-like structure and has
no quadrupole vortex structure (Fig. 2a). In the observation,
the background moisture field associated with the SST is
equatorially trapped, and the observed SST has a meridional
structure with an e-fold scale of yL=30

o (Kang et al. 2013).

With this equatorially trapped SST, the solution of this model
still stays in the MJO spectrum domain (Fig. 1a), and it also
captures the quadrupole vortex structure of the MJO (Fig. 2b).

3.2 Role of meridional scale of the SST structure

The Ekman pumping of the PBL can transfer additional
moisture to the stable troposphere to sustain the growth of
the MJO (Liu and Wang 2012b). Here, we study the role of
SST with different meridional scales by changing parameter
yL, since larger yL represents broader SST structure (Fig. 3).
For a narrow SSTwith yL<20

o, the most unstable mode stays
in the planetary eastward propagating domain (Fig. 3b), be-
cause the equatorially trapped Ekman pumping has the largest
projection on the planetary moist Kelvin waves and favors the
growth of the longest Kelvin waves (Liu and Wang 2012b).
This fast growing Kelvin component dominates (Fig. 3c) and
causes the MJO to propagate eastward fast (Fig. 3a). For the
westward propagating modes, the equatorially trapped Ekman
pumping damps the Kelvin component. The model also has
small projection on the Rossby waves to support the growth of
the Rossby component; thus, this model presents damped
westward modes.

When the SST becomes broader with larger yL, the Rossby
component becomes stronger for both eastward and westward
modes (Fig. 3c), because the off-equatorial Ekman pumping
associated with broad SST enhances the Rossby waves
(Fig. 2b). As a result, the stronger Rossby component will
suppress the Kelvin component. For the eastward modes, the
increasing Rossby component will drag the system and slow
down the MJO, which is consistent with the results of Kang
et al. (Kang et al. 2013), in which the GCM with broader SST
simulated slower eastward propagating modes. For the west-
ward modes, the increasing Rossby component leads the
coupled system to propagate westward faster (Fig. 2a).

3.3 Role of off-equatorial SST

In the monsoon region, the off-equatorial monsoon trough
usually provides enough moisture for the growth of the
BSISO (Liu and Wang 2012a, 2014). For simplicity, we
assume that this off-equatorial moisture be determined by
asymmetric SST, which can be represented by y0>0 in this
model. Following the observation (Kang et al. 2013), the SST
has a meridional e-fold scale of 30°. When the SST is
equatorially trapped, the frictional skeleton model presents
the most unstable, planetary, eastward propagating mode,
which stays in the MJO domain (Fig. 4a). This mode is
dominated by the eastward propagating Kelvin component
(Fig. 4c), which is consistent with the results of Liu and
Wang (Liu and Wang 2012b).

When the summer season arrives, the SST center moves
northward and the Rossby component increases for both
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eastward and westward modes (Fig. 4c). The most unstable
mode also changes from the eastward mode to the westward
mode (Fig. 4b). For the unstable eastward propagating mode,
the northwest-southeast tilted rain band associated with the
BSISO, observed over the Indian Ocean (Yasunari 1979;
Krishnamurti and Subrahmanyam 1982; Lau and Chan
1986; Annamalai and Sperber 2005; Wang et al. 2009), is
simulated (Fig. 5a), because the equatorial Kelvin waves lead

the off-equatorial Rossby waves and cause this tilted rain
band. The instability, as well as the period of the eastward
modes, decreases as the SST center moves northward
(Fig. 4b), because the colder equatorial SST increases the
static instability and induces faster Kelvin waves.

For the westward modes, the off-equatorial wave activity
suppresses the equatorially trapped waves (Fig. 4c) and can
obtain enough moisture from the PBL. The westward

Fig. 1 Results from the neutral
skeleton model. Shown are the
frequency (a) and phase speed (b)
as functions of wavenumber for
low-frequency modes. Gray and
black dots denote the neutral
modes for the uniform SST
(yL=∞) and equatorially trapped
SST (yL=30

o), respectively

Fig. 2 Eigenvectors for eastward
wavenumber 2 shown in Fig. 1.
Normalized velocity (vector) and
wave activity (shading) with
lower-tropospheric pressure
(contour) of the experiments with
a uniform SST and b equatorially
trapped SST are plotted for the
eastward propagating
wavenumber 2. Solid (dashed)
contours are for positive
(negative) values. Contour
interval is one fifth of the
magnitude, and zero contours are
not drawn. Dark (light) gray
shading is for positive (negative)
value. Only wave activity above
one fifth of the magnitude is
shaded. The four values in the
parentheses in each panel denote
the magnitudes of zonal wind,
meridional wind, wave activity,
and pressure anomalies,
respectively
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propagating component of the BSISO, observed over the
western North Pacific (Murakami 1984; Kemball-Cook and
Wang 2001;Wang et al. 2009), is simulated (Fig. 5b), which is
controlled by the planetary-scale Rossby waves. The short

Rossby waves simulated in this model has a short period of
about 2 weeks (Fig. 4a), which may explain the quasi-
biweekly oscillation observed over the Indo-western North
Pacific region (Kikuchi and Wang 2009).

Fig. 3 Role of meridional scale
of SST in the frictional skeleton
model. Shown are the simulated
period (a), growth rate (b), and
Rossby/Kelvin ratio (c) as
functions of wavenumber and
meridional scale of SST. White
dashed line denotes the period of
30 days

Fig. 4 Role of off-equatorial SST
in the frictional skeleton model.
Shown are the simulated period
(a), growth rate (b), and log10 of
Rossby/Kelvin ratio (c) as
functions of wavenumber and
latitude of the SST center. White
dashed line denotes the period of
30 days
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4 Concluding remarks

This theoretical work demonstrates the important roles of the
coupling of Rossby and Kelvin waves in determining the ISO
type: different meridional SST structures control relative
strengths of the Kelvin and Rossby components of the cou-
pling system, which will determine the direction and speed of
the propagation of the most unstable modes. Narrow
equatorially trapped SST favors the growth of fast eastward
propagating Kelvin waves, while broad SST provides enough
moisture for the growth of Rossby waves and the model
presents a slowly eastward propagating mode associated with
the MJO, which explains why the GCMs with narrow SST
only simulated the fast eastward propagating signal related to
the moist Kelvin waves (Kang et al. 2013). The location of the
maximum SST is important for the simulation of the BSISO.
The maximum SST centered in off-equatorial region
provides enough moisture for the Rossby waves, which
couple with the equatorial Kelvin waves to form the
northwest-southeast tilted rain band of the BSISO
(Fig. 5a). Without the role of vertical shear (Wang and
Xie 1997; Jiang et al. 2004), convective momentum
transfer (Kang et al. 2010), and beta-drift (Boos and
Kuang 2010), the northward propagation of the BSISO
cannot be produced in this model. When Rossby com-
ponent suppresses the Kelvin component when the max-
imum SST is centered in the monsoon region, the west-
ward propagating Rossby waves provide an explanation

for the westward propagating component of the BSISO
and the quasi-biweekly oscillation.

This linear instability analysis suggests that the SST
meridional structure is important for the GCMs to sim-
ulate the ISO. These theoretical results, however, are
based on the linear system, while nonlinear processes
are important in the GCMs. The linear model is also
parameter-dependent; for example, the solution with
smaller precipitation parameter Γ<1 is always in the
MJO domain whether the SST meridional structure is
narrow or broad, though the model with broader SST
still simulates slower eastward propagating mode. Thus,
the roles of different SST meridional structures on the
ISO simulation need to be further studied using GCMs.

In this work, we neglected the zonal variation of the
SST. The zonal variation of the SST associated with
warm SST over the warm pool region and cold SST
over the eastern Pacific may also have important im-
pacts on the ISO. The zonal variation of the SST,
however, cannot be calculated as an eigenvalue problem
in this model. The meridional propagation of the BSISO
is also important, which cannot be solved as an eigen-
value problem. These call for a study as an initial
condition problem. The air-sea interaction (Liu and
Wang 2013b) and multi-scale interaction (Majda and
Biello 2004; Wang and Liu 2011) of the ISO may be
different for different SST structures, these also need to
be investigated using the frictional skeleton model.

Fig. 5 Horizontal structures of
two different unstable modes of
wavenumber two. Same as Fig. 2,
except for velocity (vector) and
wave activity (shading) with
lower-tropospheric moisture
(contour) of a eastward mode and
bwestwardmode with SSTcenter
at 20° N
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Abstract Intraseasonal variability (ISV) is a primary source
for the sub-seasonal prediction that affects the livelihood of
billions of people. Interannual variation of ISV intensity is
important for seasonal prediction of ISV impacts on severe
weathers. Existing measures of overall tropical ISV intensity,
however, do not show any significant simultaneous relation-
ship with external sea surface temperature anomalies (SSTAs).
In this study, it is proposed that the ISV intensity, represented
by the seasonal standard deviation of the 30–90-day filtered
outgoing longwave radiation (OLR), has a good relation with
the external SSTAs. With this measure, two major compo-
nents of the interannual variability of global ISV intensity
are detected for both boreal summer and winter: EOF1 calls
its variability over the central Pacific and EOF2 is associated
with the variability over the Indo-Pacific Warm Pool region.

More importantly, each of these two components is signifi-
cantly related to SSTAs over a specific tropical region. The
central Pacific ISV intensity is strong during central Pacific
warming, while the ISV intensity is strong over the Indo-
Pacific Warm Pool region during eastern Pacific cooling.
The eastern and central Pacific warming has very different
impacts on the ISV intensity: The eastern Pacific warming
largely reduces the winter ISV intensity over the Indian
Ocean, while the central Pacific warming only induces neutral
winter ISV intensity anomalies over the Indian Ocean. In the
summer, the ISV intensity variability is confined near the
equator associated with the central Pacific warming; the east-
ern Pacific warming, however, induces large ISV intensity
variability over the western North pacific because of strong
northeastward propagation of the boreal summer ISV under
the easterly vertical shear.

1 Introduction

Intraseasonal variability (ISV) with time scales of 30–90 days
is an important mode in the tropical atmosphere, which ex-
hibits strong multi-scale interaction (Wang and Liu 2011; Liu
et al. 2012; Liu and Wang 2012a, 2013a) and prominent sea-
sonal variation (Madden 1986;Wang and Rui 1990; Salby and
Hendon 1994; Zhang and Dong 2004; Kikuchi et al. 2012). In
the boreal winter, the dominant mode of ISV is the Madden-
Julian Oscillation (MJO; Madden and Julian 1971, 1972)
characterized by a planetary scale of wavenumbers 1–3, low
frequency of 30–90 days, and a slow eastward propagation. In
the boreal summer, the dominant boreal summer intraseasonal
oscillation exhibits significant northward/northeastward prop-
agation over the Indian Ocean (Yasunari 1979; Krishnamurti
and Subrahmanyam 1982; Lau and Chan 1986; Annamalai
and Sperber 2005; Wang et al. 2005) and northward/
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northwestward propagation over the western North Pacific
(Murakami 1984; Kemball-Cook and Wang 2001).

Although prevailing over the tropics at the intraseasonal
time scale, the ISV has large impacts on a wide variety of
climate phenomena across different spatial and temporal
scales, such as the onsets and breaks of various monsoon
systems (Yasunari 1979; Wang and Xie 1997; Martin and
Schumacher 2011; Liu and Wang 2012b; Zhou and
Murtugudde 2014), formation of tropical cyclones
(Liebmann et al. 1994; Maloney and Hartmann 2000a, b;
Serra et al. 2010), and other related climate anomalies
(Zhang 2013). Further, the ISV also affects the onset of some
El Niño events (Zhang 2005).

Due to the widespread impacts of the ISV on various
weather and climate events, it is important to find out what
controls the year-to-year variability of the ISV intensity. The
ISV was found to exhibit a considerable interannual variation
(Salby and Hendon 1994; Hendon et al. 1999; Slingo et al.
1999). There have been a few studies on the interannual var-
iation of the ISVand its relationship with sea surface temper-
ature anomalies (SSTAs), but the results remained controver-
sial. Most studies demonstrated that the overall ISV intensity
was uncorrelated with the SSTAs (Salby and Hendon 1994;
Hendon et al. 1999; Slingo et al. 1999; Lawrence andWebster
2001). When using zonal mean 200-hPa zonal wind to mea-
sure the MJO intensity, a very weak linkage between the MJO
intensity and SSTAs was found (Slingo et al. 1999). A weak
relation between the MJO intensity and SSTAs was also re-
ported by Hendon et al. (1999). The ISV intensity can be
monitored by Wheeler-Hendon (WH) index (Wheeler and
Hendon 2004; Hendon et al. 2007).When using the amplitude
of the real-time multivariate MJO series 1 (RMM1) and 2
(RMM2), i.e., by summing the squares of RMM1 and
RMM2 over the whole season, to represent the seasonal mean
ISV strength, this WH intensity has no significant correlation
with the SSTA over the Pacific (Fig. 1).

In the WH index, the RMM1 and RMM2 are associated
with the convection anomalies of the ISV over the Maritime
Continent and over the Pacific Ocean, respectively (Wheeler
and Hendon 2004). The WH intensities representing by the
seasonal mean standard deviation of RMM1 and RMM2 show
the region-dependent ISV intensity. Similar results, as in
Fig. 1, have been obtained (figure not shown). In the winter,
both the WH intensity over the Maritime Continent
(representing by RMM1) and over the Pacific Ocean
(representing by RMM2) do not have significant correlation
with the SSTA. In the summer, the WH intensity over the
Maritime Continent is significantly correlated to the local
SSTA over the Maritime Continent and the SSTA over the
equatorial Atlantic; no significant correlation, however, has
been found over the Pacific. The summer WH intensity over
the Pacific also has no significant correlation with the global
SSTA. These results show that the overall WH intensity and

the region-dependent WH intensity all have no significant
correlation with the equatorial Pacific SSTA associated with
the El Niño-Southern Oscillation (ENSO).

Since the ENSO is the most energetic and predictable mode
on the interannual time scale, the relation between the ISV
intensity and ENSO has been extensively studied (Lau and
Chan 1988; Lau and Shen 1988; Weickmann 1991;
Takayabu et al. 1999; Kessler and Kleeman 2000; Bergman
et al. 2001; Zhang and Gottschalck 2002; Teng and Wang
2003; Hendon et al. 2007; Yun et al. 2008); large discrepan-
cies, however, exists for this relation. Some studies suggested
that the overall amplitude of the ISV intensity has no relation
with the ENSO (Hendon et al. 1999; Slingo et al. 1999), and
the model calculations show very little interannual predictabil-
ity of the ISV intensity (Waliser et al. 2001). In theory, how-
ever, the warm SSTshould enhance the deep convection of the
MJO (Salby et al. 1994). Thus, during La Niña conditions, the
MJO is mostly confined west of the date line, with largest
activity located over the Indian Ocean and the western
Pacific. In warm El Niño conditions, the convective anomalies
associated with the oscillation appear to penetrate farther into
the central pacific (Gualdi et al. 1999; Moon et al. 2011). The
MJO strength in the western Pacific was correlated to the
eastward extension of the Warm Pool’s eastern edge
(Anyamba and Weare 1995; Hendon et al. 1999; Kessler
2001), the increased ISV activity over the central Pacific dur-
ing El Niño event was found (Liess et al. 2004), and the MJO
activity over the equatorial Pacific from 160° E to the coast of
South America is highly correlated to the collocated SSTAs
(Fink and Speth 1997). Teng and Wang (2003) found that the
relation between ISV and ENSO is seasonally and regionally
dependent; the wintertime MJO is uncorrelated with the
ENSO, but the boreal summer ISV in May–July is intensified
during El Niño developing years. In the models, the leading
empirical orthogonal function (EOF) modes of boreal summer
ISV intensity are closely linked to the models’ ENSO, which
resembles the observed boreal summer ISV and ENSO rela-
tionship (Kim et al. 2008).

The unresolved issue is why the current measures of overall
ISV intensity, such as theWH intensity and Slingo et al. index,
showweak linkage between ISV intensity and SSTAs. Amore
general question is whether SSTAs affect the ISV. If they do,
to what extent is the ISV determined by SSTAs and how?
These questions call for a re-examination of the relationship
between the ISV and the SSTAs.

2 Data

The outgoing longwave radiation (OLR) has also been widely
used as a primary variable in the development of indices for
the MJO (Waliser et al. 1999; Lo and Hendon 2000; Wheeler
and Hendon 2004) and for the boreal summer ISV (Lee et al.
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2013). We use the seasonal standard deviation of 30–90-day
filtered OLR to represent the ISV intensity in this study.

The data sets used include the 30-year (1981–2010) daily
advanced very high-resolution radiometer (AVHRR) OLR
with 2.5° horizontal resolution based on the National
Oceanic and Atmospheric Administration (NOAA) polar
orbiting satellites (Liebmann and Smith 1996), the monthly
mean winds and specific humility at 850 hPa from the
NCEP/Department of Energy (DOE) Reanalysis II
(Kanamitsu et al. 2002) with 2.5° horizontal resolution, and
the monthly mean SST from the Improved Extended
Reconstructed SST (ERSST.v3b) data set developed by the
NOAA (Smith et al. 2008) with 2° horizontal resolution.
The period of June–October is selected to represent the boreal
summer (Kikuchi et al. 2012; Lee et al. 2013). The period of
November–March is selected to represent the boreal winter
and the extended Australian summer season (Hendon et al.
1999).

3 Interannual variability of ISV intensity and their
SST control

In order to find out what controls the interannual variability of
ISV intensity, a clear picture of the year-to-year variation of
ISV intensity has to be obtained and we prefer using the EOF
analysis. The climatological ISV intensity at each grid is ob-
tained for the boreal summer and winter separately with the
30-year average (from 1981 to 2010) and is then removed
from the total ISV intensity. In this work, only the ISV inten-
sity within the tropical (20° S–20° N) channel is analyzed. The
spatial structures of the two leading EOFs of ISV intensity are
presented in Fig. 2. The percentage variance accounted for by

each EOF mode is 18.1 and 13.7 % for boreal winter and is
14.9 and 9.7 % for boreal summer. Thus, the first two leading
EOF modes can account for 31.8 % (24.6 %) of total variance
in the boreal winter (summer) tropics. They are well separated
from the EOF3 (explains only 6.3 %) for winter, but not well
separated for summer (explains only 6.4 %) based on the
criteria of North et al. (North et al. 1982). Hence, we mainly
focus on the first two EOFs.

In the winter, the variability of EOF1 is mainly located over
the central Pacific region (Fig. 2a). The EOF2, however, is
dominated by a strong variability in the Indo-Pacific Warm
Pool region (Fig. 2b), although an out-of-phase variability is
located over the eastern South Pacific. This means that the
interannual variability of the boreal winter ISV intensity can
be separated into two different components, which capture the
ISV intensity over the central Pacific and Indo-Pacific Warm
Pool regions, respectively. In the summer, the boreal summer
ISV intensity can also be separated into two different compo-
nents: The variability of EOF1 is mainly located over the
central Pacific (Fig. 2c), and the EOF2 is dominated by a
strong variability in the western North Pacific (Fig. 2d).

The simultaneous correlation maps between the SSTAs and
each PC of the ISV intensity components are also
superimposed in Fig. 2. Note that both components are signif-
icantly correlated to the seasonal mean SSTA for both sea-
sons: EOF1 is related to the central Pacific SSTA (Fig. 2a,
c), while EOF2 is related to the eastern Pacific SSTA
(Fig. 2b, d). The highest correlation coefficients exceed 0.65
(above the 99 % confidence level) for both EOFs and both
seasons, which means that these two EOFs are related to the
central or eastern Pacific SSTA associated with the develop-
ing, developed, or decaying phase of the ENSO or associated
with different types of the ENSO, i.e., the eastern Pacific

Fig. 1 Simultaneous correlation
between WH intensity and
seasonal mean SSTA for the a
boreal winter and b boreal
summer. Positive (negative)
correlation is denoted by red
(blue). The contour interval is
0.05, and 0 contour is omitted. No
simultaneous correlations are
significant (r=0.36) above the
95 % confidence level

SSTAs induced ISV intensity variation



ENSO and the central Pacific ENSO. Strikingly, the relation-
ship between these two components and the SSTA are out of
phase in the tropical Pacific: EOF1 has a positive correlation
with the central Pacific SSTA, while EOF2 has a negative
correlation with the eastern Pacific SSTA. This out-of-phase
relationship may explain why the overall tropical ISV intensi-
ty, the WH intensity that represents the global ISV intensity,
has no significant correlation with seasonal mean SSTAs.

The physical processes behind SSTA controlling of these
two ISV intensity components are discussed with the help of
Fig. 3, which shows the regressed boreal winter anomalies of
some fields with respect to each PC of the two ISV intensity
EOFs. To compare with PC1 (Fig. 3a, c) more easily, the
regressed maps with respect to –PC2 are given (Fig. 3b, d),
so the regressed SSTAs over the central to eastern Pacific are
both positive.

Before discussing how SSTA controls the ISV intensity,
existing mechanisms should be mentioned first. Generally
speaking, the rich moisture supply usually favors the growth
of the ISV (Li and Wang 1994; Zhang 2005). The positive
zonal moisture gradient also favors the growth of the ISV

(Maloney et al. 2010). The air–sea interaction is positive over
low-level westerly wind for the ISV, and the evaporation feed-
back is negative for the ISV under the seasonal mean easterly
wind (Emanuel 1987; Wang 1988; Wang and Xie 1998; Liu
andWang 2013b). The enhanced preceding ISVover the west-
ern Pacific will enhance the downstream out-of-phase ISV
over the Indian Ocean through moisture and temperature ad-
vection (Zhao et al. 2013). In the boreal summer, the strong
easterly vertical shear favors the northward propagation of the
ISV (Jiang et al. 2004), and the ISV is enhanced over the
western North Pacific (Liu and Wang 2014). In the year when
these feedbacks are positive, the ISV is much active; thus, on
the interannual time scale, the ISV intensity is strong com-
pared to neutral years.

We first discuss the boreal winter ISV. During the years
when the ISV intensity over the central Pacific is strong
(Fig. 3a), there is a warming in the central Pacific, with pos-
itive seasonal mean moisture anomalies and strong low-level
westerly wind anomalies located over the central Pacific. In
the Indo-Pacific Warm Pool region, the moisture anomalies
are negative, and they are accompanied by low-level easterly

Fig. 2 Two major components of ISV intensity variability and their
relationship with seasonal mean SSTA. Shadings denote spatial patterns
of the first two EOFs of a, b boreal winter (November–March) ISVand c,
d boreal summer (June–October) ISV intensity. The ISV intensity is
represented by the seasonal standard deviation of 30–90-day band-pass

filtered OLR. Contours denote simultaneous correlation coefficients
between the seasonal mean SSTA and each PC of first two EOFs.
Purple (green) contours denote positive (negative) correlation, and they
are all significant (r=0.36) above the 95% confidence level. For clarity of
presentation, only ISV intensity with amplitude above 3 Wm−2 is shaded
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wind anomalies. Over the central Pacific, the rich moisture
supply favors the growth of the ISV (Zhang 2005). Under
the seasonal mean low-level easterly wind, the air–sea inter-
action is a negative feedback for the ISV because the ISV
easterly wind anomalies will cool down the SST in front of
the ISV through increasing the evaporation and oceanic en-
trainment, and the cold SSTwill suppress the ISV (Wang and
Xie 1998; Liu andWang 2013b). Thus, the low-level westerly
wind anomalies will reduce the climatological easterly wind in
the central Pacific and suppress this negative feedback. As a
result, the ISV is enhanced over the central Pacific. Over the
Indo-PacificWarm Pool, although the seasonal meanmoisture
anomalies are negative, anomalies of seasonal mean zonal
moisture gradient are positive, and the zonal moisture advec-
tion favors the growth of the ISV (Maloney et al. 2010); thus,
the ISV still can grow there (Fig. 2a).

In the years when the boreal winter ISV intensity over the
Indo-Pacific Warm Pool is weak (Fig. 3b), positive SSTA
occurs over the eastern Pacific, and positive seasonal mean
moisture anomalies are located over the eastern South
Pacific. Due to this eastern Pacific warming associated with
the El Niño, the Walker circulation anomaly is reversed; thus,
negative seasonal mean moisture anomalies and low-level

easterly wind anomalies appear in the Indo-Pacific Warm
Pool region. Although the seasonal mean moisture is en-
hanced over the eastern South Pacific, the climatological mean
moisture there is too low, and the ISV cannot be enhanced
much (Fig. 2b). In the Indo-Pacific Warm Pool region, the
negative mean moisture anomalies and low-level easterly
winds are not favorable to the ISV. Meanwhile, the anomalies
of seasonal mean zonal moisture gradient are also weak be-
cause the moisture anomalies in the eastern South Pacific are
too far away. The ISV thus is much suppressed in the Indo-
Pacific Warm Pool region. Conversely, the ISV is very strong
in the Indo-Pacific Warm Pool region due to the eastern
Pacific cooling.

In boreal summer, similar processes also exist (Fig. 3c, d).
The EOF1 is more like the ENSO-related ISV mode in the
observation (Teng and Wang 2003) and in the models (Kim
et al. 2008), and the strong easterly vertical shear related to the
El Niño is favorable for the growth of the ISV. Because of
strong northward propagation of the ISV, the strong variations
are observed over the western North Pacific (Fig. 2d).

Although the anomalous moisture and low-level flow pat-
terns are generally similar over the Indian Ocean in the winter
(Fig. 3a, b), the ISV intensity is almost neutral over the Indian

Fig. 3 Anomalies of seasonal mean state associated with the first two
EOFs. Shown are regressed seasonal mean SSTA (contours; in °C), 850-
hPa specific humility anomalies (shadings; g kg−1), and 850-hPa wind

anomalies (vectors) of each of the first two PCs for a, b the boreal winter
ISVand c, d the boreal summer ISV

SSTAs induced ISV intensity variation



Ocean associated with the central Pacific warming (Fig. 2a),
while it is much reduced associated with the eastern pacific
warming (Fig. 2b). This difference is induced by different
mean states over the western Pacific. When the central
Pacific is warm, the ISV is much enhanced over the western
Pacific (Fig. 2a) because of the positive zonal moisture gradi-
ent and low tropospheric westerly (Maloney 2009; Liu and
Wang 2013b). The easterly wind anomalies of the down-
stream Rossby waves response to a preceding suppressed
phase ISVover the western Pacific usually increase the mois-
ture and temperature anomalies over the western Indian Ocean
and initiate the ISV there (Zhao et al. 2013), and the enhanced
preceding ISVover the western Pacific will also enhance the
downstream out-of-phase ISV over the Indian Ocean. This
positive feedback will compete against the negative feedback
of the Indian Ocean mean states and produce a neutral varia-
tion of the ISV intensity over the Indian Ocean. When the
eastern Pacific is warm, the positive seasonal mean moisture
and low-level westerly winds are far away from the western
Pacific (Fig. 3b). The ISV cannot be enhanced over the west-
ern Pacific, and the positive feedback of the preceding ISV
disappears over the Indian Ocean; thus, the ISV over the
Indian Ocean will be largely reduced by the negative feedback
of the Indian Ocean mean states.

In the summer, although the easterly vertical wind shear
plays a critical role in regulating the northward propagation of
the boreal summer ISV, the ISV intensity of EOF1 is more near
the equator (Fig. 2c), while the ISV intensity of EOF2 is largely
off-equator (Fig. 2d). This is because the strong climatological
mean easterly vertical shear with a magnitude of 25 m/s exists
over the Indian Ocean and western North Pacific, while strong
climatological meanwesterly vertical shear with a magnitude of
15 m/s exists over the central North Pacific (Teng and Wang
2003). When the eastern Pacific is cold, the easterly vertical
shear still exists over the Indian Ocean and western North

Pacific, and the enhanced boreal summer ISV can propagate
northeastward to the western North Pacific. When the central
Pacific is warm, over the central North Pacific the westerly
vertical shear still prevails, and the northward propagation dis-
appears and the enhanced boreal summer ISV is confined near
the equator. Thus, these two EOFs show ISV intensity near and
off the equator respectively. Keep in mind that we are focusing
on the anomalous ISV. When the central Pacific is warm, the
northwestward propagation of ISV still exists over the western
North Pacific. This western North Pacific ISV, however, is not
stronger than that of neutral years because the enhanced ISV is
located over the central Pacific.

For both seasons, there is a phase lag between the Pacific
warming related to these two EOF modes (Fig. 3). We con-
clude that it is this phase lag that controls these different ISV
intensity–SSTA relationships. When the SSTwarming occurs
in the central Pacific, the associated rich moisture and low-
level westerly wind anomalies or easterly vertical shear favor
the growth of the ISVover the central Pacific. When the SSTA
occurs in the eastern Pacific, the ISV convection cannot be
enhanced there because of the low climatological SST there.
The Indo-Pacific Warm Pool region, however, is strongly im-
pacted by the eastern Pacific SSTA through the Walker circu-
lation, and the seasonal mean moisture anomalies affected by
the eastern Pacific SSTAwill control the strength of ISV in the
Indo-Pacific Warm Pool region.

4 Concluding remarks

In this paper, we show that the two major components of ISV
intensity variability, namely EOF1 associated with the central
Pacific variability and EOF2 associated with the Indo-Pacific
Warm Pool variability, are highly controlled by the SSTA

Fig. 4 Relationship between two
components of ISV intensity
variability andWH intensity. PC1
(red dashed curve), PC2 (blue
dashed curve) associated with the
first two EOFs in Fig. 2, and WH
intensity (black curve) are drawn
for the a boreal winter ISV and b
boreal summer ISV. The
correlation between WH intensity
and PC1 (WH intensity and PC2)
is 0.53 (0.63) for the boreal winter
ISVand is 0.41 (0.45) for the
boreal summer ISV
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forcing for both the boreal winter and boreal summer ISV
intensity (Figs. 2 and 3).

Although local SST increasewill enhance the ISVintensity by
increasing convection (Salby et al. 1994), the seasonal mean
zonal moisture gradient (Maloney 2009), zonal winds induced
evaporation (Emanuel 1987;Wang 1988), and the preceding ISV
induced ISV initiation at the western Indian Ocean (Zhao et al.
2013) all can affect the ISV intensity. Thus, the central and east-
ern Pacific warming induces very different ISVintensity patterns.
The eastern Pacific warming largely reduces the winter ISV
intensity over the Indian Ocean, while neutral winter ISV inten-
sity is induced over the Indian Ocean by the central Pacific
warming. In the summer, the ISV intensity variability is confined
near the equator associated with the central Pacific warming; the
eastern Pacific warming, however, induces large ISV intensity
variability over the western North pacific because of strong
northeastward propagation of the boreal summer ISV under the
easterly vertical shear over the Indo-Pacific Warm Pool region.

Since EOF1 and EOF2 are the two major components of the
interannual variability of global ISV intensity and account for
about 30 % of the total variance, do they have any relationship
with the overall tropical ISV intensity, such as theWH intensity?
We checked the relationship between each of these two EOFs
and the WH intensity that is represented by the seasonal mean
amplitude of the WH index RMM1 and RMM2 (Hendon et al.
2007). Figure 4 shows that each of these two components has a
significant (above 99 % confidence level) positive correlation
with the WH intensity for both seasons. Since these two compo-
nents have out-of-phase correlations with the SSTA over the
Pacific (Fig. 2), the sum of them only gives a weak correlation
with the SSTA in the Pacific (not shown). This explains why the
WH intensity has no significant correlation with the SSTA be-
cause it is more like the sum of these two separated components.

The OLR, representing the convective anomaly, prevails in
the eastern Hemisphere; the circulation anomaly, however, is
not confined to the eastern Hemisphere (Hendon and Salby
1994; Adames and Wallace 2014). In recent works (Kiladis
et al. 2014), the more local and convection based, the more
will the index of ISV be influenced by the SSTA. In this work,
we use the OLR to measure the ISV intensity, which may
overemphasize the local stationary oscillation. To better com-
pare with the Slingo’s index or WH index, the circulation
anomaly of the ISV propagating around the globe should be
further studied in the future works.

In this work, we studied the direct relationship between the
ISV intensity and SSTAs rather than the ISV intensity–ENSO
relationship. The complicated relationship between the ISV
intensity and different phases and different types of ENSO
should be discussed in the following works. Since each of
these two major components is well determined by the
SSTA forcing, the seasonal prediction of ISV intensity can
be made using an empirical model, which is also our ongoing
research.
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Abstract The power spectrum of Madden-Julian oscillation
(MJO) has a peculiar dispersion relation and is well separated
from the convectively coupled equatorial waves (CCEWs).
The authors present a theoretical model coupling the equato-
rial Rossby and Kelvin waves to understand this spectral fea-
ture of MJO. In this model, a delay process for triggering the
deep convection from the additional planetary boundary layer
(PBL) pumped moisture is implemented. This model has a
moist Kelvin wave-like dispersion relation, and short waves
grow fast when all moisture pumped by the PBL excites the
deep convection instantly. When the moisture pumped by the
PBL is delayed to stay in the lower troposphere for a time
scale on the order of a day before triggering the deep convec-
tion, this model simulates a MJO-like mode, for which three
features of the MJO, the peculiar dispersion relation, the hor-
izontal quadrupole-vortex structure, and longest waves having
maximum growth rate, have been simulated. Both moist Kel-
vin wave-like mode and MJO-like mode are simulated simul-
taneously when part of the deep convection is delayed, where
the strong instability occurs at low-frequency longwavelength

for the MJO-like mode and at high-frequency short wave-
length for the moist Kelvin wave-like mode. These results
suggest the importance of the delay process of deep convec-
tion in simulating the MJO.

1 Introduction

The Madden-Julian oscillation (MJO), named after its discov-
erers, is one of the most important modes in the tropical at-
mosphere (Madden and Julian 1971, 1972, 1994). The MJO
features an equatorially trapped planetary-scale baroclinic cir-
culation cell that propagates eastward slowly (about 5 m s−1)
in the eastern hemisphere (Knutson and Weickmann 1987;
Wang and Rui 1990; Hendon and Salby 1994; Maloney and
Hartmann 1998; Kiladis et al. 2005; Zhang 2005). Whereas it
prevails in the equatorial region, the MJO has significant im-
pacts on a wide variety of climate phenomena across different
spatial and temporal scales (Zhang 2005; Zhou and Miller
2005; Mori and Watanabe 2008).

In observations, the power spectrum of MJO is distinct
from all convectively coupled equatorial waves (CCEWs)
(Wheeler and Kiladis 1999; Kiladis et al. 2005; Zhang 2005;
Kiladis et al. 2009). For the eastward-propagating signals, the
moist Kelvin waves have a linear dispersion relation between
the frequency and wavenumber, and its power spectrum is
maximum at the wavenumbers from 4 through 8. The MJO
is very different, which power spectrum is maximum on the
planetary scale and has a peculiar dispersion relation, for
which the frequency is wavenumber independent.

When located over the equatorial Indian Ocean and the
western Pacific, the MJO has a quadrupole-vortex horizontal
structure, and it can be treated as a coupling of equatorial
Rossby wave and Kelvin wave (Rui and Wang 1990; Hendon
and Salby 1994). In the frictional wave dynamics, the
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planetary boundary layer (PBL) pumps additional moisture in
front of the MJO convective center to support the deep con-
vection, and the eastward-propagating mode has the strongest
instability at the planetary scale when longwave approxima-
tion was used in the PBL (Wang and Rui 1990). The moisture
pumped by the PBL, however, was parameterized as the deep
convective heating directly, and this frictional wave dynamics
only simulates the moist Kelvin wave-like dispersion relation,
for which the frequency increases linearly with increasing
wavenumber. This is dramatically different from the peculiar
dispersion relation of MJO.

Recently, the effects of the moisture feedback were
found to be important to simulate the MJO dispersion re-
lation. A Bmoisture mode^ isolating the moisture feedback
was presented by Sobel and Maloney (Sobel and Maloney
2012, 2013), in which the moisture perturbation is the only
prognostic variable and the instability comes from the ther-
modynamic feedback. In their works, the wind-evaporation
feedbacks were found to induce westward propagation in
an easterly mean low-level flow, while zonal advection,
modulation of synoptic eddy drying by the MJO-scale wind
perturbations, and frictional convergence all help in
destabilizing the easterlies and favors the eastward propa-
gation. In their work, the simulated eastward propagation is
well separated from the CCEWs. Since no wave dynamics
was included, the eastward propagation of the Bmoisture
mode^ is too slow compared to the observation. Consider-
ing both wave dynamics and moisture feedback, Majda and
Stehmann (Majda and Stechmann 2009) proposed a MJO
skeleton model, in which a neutral mode with slow east-
ward propagation was simulated along with a peculiar dis-
persion relation ∂σ=∂k ¼ 0, where σ and k are frequency
and wavenumber, respectively. The PBL moisture conver-
gence was found to provide an instability source for this
slow eastward propagation (Liu and Wang 2012a).

Whereas these theories all provide some insight into the
mechanism ofMJO, it is still not clear what the critical process
is for simulating the peculiar dispersion of the MJO and why
the MJO is well separated from the CCEWs, especially from
the moist Kelvin waves. In the present study, we intend to
answer these questions by using a simple theoretical model,
in which the delay process of the deep convection triggered
from the PBL pumped moisture is parameterized.

2 The frictional wave dynamics with delayed deep
convection

The large-scale MJO involves semi-geostrophic, low-
frequency equatorial Kelvin wave and Rossby wave. Based
on the important interaction of the equatorial waves, boundary
layer dynamics and collective effects of convective heating
(Wang 1988; Zhang 2005), Wang and Rui (1990) built up a

frictionally coupled Kelvin-Rossby wave model that includes
PBL moisture convergence jointly generated by the Kelvin
and Rossby waves. In this model, the instability mainly comes
from the PBL moisture convergence, which can be obtained
from the steady PBL model (Wang and Li 1994; Liu and
Wang 2012a).

Without additional moisture source from the PBL, the
troposphere is stable for the moist Kelvin wave and moist
Rossby wave (Wang 1988), and the moist Kelvin and
Rossby waves should propagate eastward and westward
separately. The Rossby and Kelvin waves both excite up-
ward Ekman pumping to their east sides (Wang and Rui
1990), thus the additional moisture coming from the PBL
will support the growth of the convection, which couples
the Rossby and Kelvin waves and results in an eastward-
propagating Gill-like pattern.

To obtain the nondimensional equations, we take C ¼ 50
ms−1 (the lowest speed of internal gravity waves) as the refer-
ence speed, and the characteristic temporal and spatial scales

as
ffiffiffiffiffiffiffiffiffiffiffi

1=Cβ
p ¼ 8:5 h and

ffiffiffiffiffiffiffiffiffi

C=β
p ¼ 1500km; respectively,

where β ¼ 2:3� 10−11m−1s−1 representing the leading order
curvature effect of the Earth at the equator. Assuming that the
PBL motion is forced by the pressure anomalies in the lower
troposphere, the nondimensional PBL moisture convergence
can be written as:

qek ¼ rb SST−9:18ð ÞHb

HT
d1∂xxϕþ d1∂yyϕþ d2∂xϕþ d3∂yϕ
� � ð1Þ

where ϕ is the lower tropospheric pressure anomaly. The PBL

coefficients are d1 ¼ E= E2 þ y2
� �

; d2 ¼ − E2−y2
� �

=

E2 þ y2
� �

2, and d3 ¼ −2Ey= E2 þ y2
� �

2. The standard
PBL coefficient is rb ¼ 0:06 (Liu and Wang 2012a). SST is
the sea surface temperature (SST), and a temperature of 30 °C
has been used at the equator. The PBL depth Hb ¼ 1 km and
troposphere depth scale is HT ¼ 16=π ¼ 5:1 km (Majda and
Biello 2004). The frictional scale of the PBL, E, is selected to
represent a damping time scale of one-third day. The nondi-
mensional frictional wave dynamics can be written as (Wang
and Rui 1990):

∂tu − y v þ ∂xϕ ¼ 0 ;
y u þ ∂yϕ ¼ 0 ;

∂tϕþ 1−~Qf

� �

∂xuþ ∂yv
� � ¼ −F;

ð2Þ

where u and v are the zonal and meridional velocities, respec-
tively, and F is the diabatic heating caused by the additional
moisture pumped by the PBL. The nondimensional magni-

tude of vertical gradient of the background moisture ~Qf is

taken to be 0.95 above a warm SST with a value of 30 °C
(Liu and Wang 2012a).

In the frictional wave dynamics (Wang and Rui 1990), the
moisture pumped by the PBL is parameterized as the deep

314 Liu F. et al.



convective heating directly, which means that the moisture con-
vergence from the PBLwill excite the deep convection instantly
without any delay. While in the framework including moisture
process, the PBL moisture convergence is parameterized into
moisture tendency, and a phase lag between the deep convection
and PBL moisture convergence exists. This phase lag was also
introduced in the frictional MJO skeleton model (Majda and
Stechmann 2009; Liu and Wang 2012a). Here, we assume that
a part of the moisture pumped by the PBL, i.e., αqek ; should be
delayed before triggering the deep convection with an adjust-
ment time of τ , and the remaining part 1−αð Þqek will excite the
deep convection instantly; thus, the total convective heating
coming from the PBL moisture convergence is

F ¼ FD þ FS ; ð3Þ

where

FD ¼ 1−αð Þqek ;
∂t FS ¼ αqek

τ
:

ð4Þ

In the above equations, FD denotes the deep convective
heating coming from the PBLmoisture convergence instantly,
and FS is the delayed part. The tendency of FS is assumed to
be proportional to the PBL moisture convergence, which
means that the positive (negative) PBL moisture convergence
anomalies create a tendency to enhance (decrease) the deep
convection. In the observation, the deep convection of the
MJO usually lags its leading PBL moisture convergence by
a time scale on an order of 1 day (Mapes et al. 2006; Hsu and
Li 2012; Jiang et al. 2015), and a time scale of 1 day is used
here for the delay time τ . The sensitivity experiments for this
critical parameter will be reported in the next section.

Equations (1–4) are a set of linear partial differential equations,
for which the eigenvalue problem can be readily solved. For the
zonally propagating planetary waves, we assume which have a
structure of ei kx−σtð Þ. The phase speed and growth rate are de-
finedbyRe σð Þ=k andIm σð Þ ; respectively.Afterprojected(1–4)
ontothefrequency-wavenumberspace, theeigenvaluesandeigen-
vectors can be calculated throughmatrix inversion corresponding
to each wavenumber. Because of the longwave approximation in
the troposphere, onlyKelvin andRossbywaves arekept, and their
lowest modes can be represented by the lowest three meridional
modesofthemeridionalexpansionofparaboliccylinderfunctions.
TheRossby andKelvinwaves can be represented by usingN≤ 3,
and sensitivity experiments indicate that a higherNdoesnot affect
theresults(notshown).Intheobservation,theclimatologicalmean
SST is usually maximum at the equator and decays poleward
(Kangetal.2013;Liuetal.2014); thus,only the lowestmeridional
mode (lowestmode of parabolic cylinder functions) of the associ-

ated ~Qf and SST is used.

In order to see the relative contributions of the equatorial
Kelvin and Rossby waves to these linear waves, we simply
define a Rossby-Kelvin ratio by the rate of the maximum
geopotential anomalies between the subtropical region (15°–
25°N) and equatorial (5°S–5°N) region.

3 Model results

Figure 1 shows the frequency and growth rate for different
processes. When the moisture pumped by the PBL is not de-
layed (α ¼ 0 ), that is, all of it excites the deep convection
instantly, the model has a dispersion relation in which the
frequency increases linearly with the increasing wavenumber.
This dispersion relation is similar with that of the moist Kelvin
waves. The horizontal structure of this mode is also dominated
by the Kelvin waves, in which the Rossby component is very
weak, and the Rossby-Kelvin ratio is only 0.1. In this solution,
all modes are unstable, among which shorter waves have
stronger instabilities. The longwave approximation in the
PBL can suppress the short waves and solve this Bultraviolet
catastrophe^ problem (Wang and Rui 1990).

When all the moisture pumped by the PBL is parameter-
ized to be delayed for some hours (with a time scale of 1 day)
before triggering the deep convection (α ¼ 1; Fig. 1b), a new
MJO-like solution, which has a wavelength-independent dis-
persion relation, is introduced. The introduction of this new
solution can be shown by taking the Kelvin wave as an exam-
ple. The formula for the frequency of the frictional moist Kel-
vin waves is a quadratic equation; only one solution exists for
the eastward-propagating mode and another solution exists for
the westward propagating mode (Wang 1988). When the de-
lay process is included, a formula for the intraseasonal oscil-
lation frequency of this model can be obtained by considering
an even simpler case of flow above the equator. In this case, v
and y are set to zero, and the meridional derivatives are ig-
nored. We take the PBL longwave approximation and ignore
the zonal derivatives in the PBL

qek ¼ rb SST−9:18ð ÞHb

HT
d1ϕyy; ð5Þ

and the formula for the frequency can be written as:

σ3− 1−~Qf

� �

k2σ−d1
~Qb

τ
k ¼ 0; ð6Þ

which is a cubic equation. The coefficient
~Qb ¼ −rb SST−9:18ð ÞHb

HT
. A new solution is introduced in

Eq. (6).
It is interesting that, for this new solution, the longest wave

has the strongest instability, which can be explained by the
wavelength-dependent delay process (Fig. 2): The short

Delayed deep convection in the MJO 315



waves have a large phase lag between the deep convection and
PBLmoisture convergence. As a result, the available potential
energy is small for short waves and may even become nega-
tive for wavenumber 4 (not shown). The wavenumber-
dependent relation between deep convection and PBL mois-
ture convergence can be explained by Eq. (4): the phase lag
between deep convection and PBL moisture convergence is
determined by, and inversely proportional to, the magnitude of
the frequency σ. From Fig. 1b, we can see that the frequency is
small for short waves; thus, the phase lag is large for short
waves. From Eq. (6), the first-order term and zero-order term

with respect to the frequency are proportional to k2 and k,
respectively, which means that two solutions are proportional
to k associated with the eastward/westward linear dispersion
relations and the third solution is inversely proportional to k
associated with the peculiar dispersion relation.

This conclusion about wavelength-dependent delay process
and associated longwave selection is important to understand
the MJO’s scale selection. This conclusion, however, is based
on this simple theoretical model, and it needs further works on
observation analysis to test this finding in the future works.

The successful representation of the MJO dispersion rela-
tion in this model prompted us to explain why the delay pro-
cess of deep convection can slow down the eastward propa-
gation. As noted in previous work (Wang 1988), the tropo-
sphere is usually stable for the wind convergence, and the
additional diabatic heating coming from the PBL moisture
convergence is an important instability source. Without the
delay process of deep convection, the additional middle-
tropospheric diabatic heating, coming from the PBL moisture
convergence, is in phase with the Ekman pumping (Fig. 3a),
which leads the tropospheric moisture convergence and

induces fast eastward propagation. The model with delay pro-
cesses has behavior that can be qualitatively different from
that without delay processes (Fig. 3b), and the additional
middle-tropospheric diabatic heating is collocated with the
tropospheric convergence and lags the Ekman pumping. This
additional middle-tropospheric diabatic heating should en-
hance the wind convergence and slow down the eastward
propagation.

It is interesting that the horizontal quadrupole-vortex struc-
ture is also simulated associated with the slow eastward prop-
agation of the MJO-like mode (Fig. 3b). This horizontal
quadrupole-vortex structure, with a stronger Rossby compo-
nent, was also simulated by the skeletonmodel when the delay
process was included (Majda and Stechmann 2009; Liu and
Wang 2012a, 2013a).

This slowdown of eastward propagation caused by a delay
process of deep convection was also shown by the Bmoisture
mode^ theory (Sobel and Maloney 2012, 2013). In their
works, a very slow eastward propagation, which is well sep-
arated from the CCEWs, was simulated with a convective
time scale on the order of a day. Since no wave dynamics
was included there, the simulated eastward propagation is
much slower than observation.

For different delay time, the first eastward-propagating so-
lutions are always strong damping modes having a moist Kel-
vin wave-like dispersion relation (not shown). The second
solution introduced by the delay process is very different,
and Fig. 4 shows that this new MJO-like solution is very
sensitive to the delay time τ . For this second solution, the
model presents stationary modes at some wavenumbers. The-
se stationary modes are very different from the propagating
ones, and their pressure and PBL convergence anomalies are

Fig. 1 Linear wave oscillation
frequency as functions of
wavenumber for eastward-
propagating modes. Two
experiments are carried out, in
which a no moisture pumped by
the PBL is delayed (α ¼ 0 ) and b
all moisture pumped by the PBL
is delayed (α ¼ 1 ) before
triggering the deep convection.
Red and gray denote unstable and
damped modes, respectively.
Marker diameter corresponding
linearly to growth rate and the
maximum growth rate is
0.3 day−1

316 Liu F. et al.



zero, which means that a balance between the wind conver-
gence and diabatic heating exists and the PBL process is not
included. As we focus on the role of the PBL moisture con-
vergence, we delete this stationary solution in which the PBL
tropospheric circulation and PBL process are not coupled.

When the delay process is short that represents the moisture
pumped by the PBLwill stay in the lower troposphere for only
few hours, this new solution only exist since wavenumber 4,
in which only wavenumber 4 is unstable and this new solution
does not exist for the long waves. When the delay process is

Fig. 2 Horizontal structures of
normalized precipitation
(shading), winds (vectors),
geopotential (thin contours), and
upward Ekman pumping (thick
contour) for a the unstable
wavenumber 1, b the unstable
wavenumber 2, and c the unstable
wavenumber 3 when all moisture
pumped by the PBL is delayed
(α ¼ 1 ). Contour interval is 0.2,
and positive (negative) values are
indicated by solid (dashed)
contours. Only upward Ekman
pumping with a value of 0.8 is
contoured. To show their relative
phase relationship, only one cycle
has been drawn for different
wavenumbers

Fig. 3 Horizontal structures of
normalized precipitation
(shading), winds (vectors),
geopotential (thin contours), and
upward Ekman pumping (thick
contour) for the unstable
wavenumber 2 in the experiments
a with and b without the delay
processes. The white lines denote
the diabatic heating FS in (a) and
FD in (b), respectively. Contour
interval is 0.2, and positive
(negative) values are indicated by
solid (dashed) contours. Only
upward Ekman pumping with a
value of 0.8 is contoured
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long, namely, the moisture pumped by the PBLwill stay in the
lower troposphere for some hours before triggering the deep
convection, this new solution exists on the planetary scale
having an oscillation period of 30–90 days, while this new
solution does not exist for short waves.

Sensitivity experiments with respect to the PBL coefficient
~Qb, the PBL damping E, and the vertical gradient of mean

moisture ~Qf all show this new solution drastically changes near

wavenumber 4. For the frictional Kelvin waves with delay pro-
cess of deep convection, this new eastward-propagating modes
exist for all wavenumbers (figure not shown), whichmeans that
the drastic change in this new solution may be caused by the
coupling of Rossby waves, Kelvin waves, and PBL moisture
convergence. The frequency of this MJO-like mode is maxi-
mum at wavenumbers 2 and 3 when the delay time is about 1–
2 days. In Eq. (6), the frequency is determined by the wave-
number and other parameters such as the moist static instability
and delay time. The explanation may be of interest in future
studies but is not considered here.

To understand why the MJO only propagates eastward, our
explanation which based on these theoretical results are in
broad agreement with the observation analysis (Hsu and Li
2012) and GCM simulations (Hsu et al. 2014); the eastward
propagation of the MJO is caused by the moisture asymmetry.
Because of the intrinsic character of the eastward-propagating
Kelvin waves, the low-level negative pressure anomalies will
excite upward Ekman pumping to the east side of the convec-
tive center, which tends to moisten the lower troposphere and
generates this moisture asymmetry, i.e., positive/negative
moisture anomaly in front of/behind the convective center.
This moisture asymmetry will induce the eastward propaga-
tion of the MJO-like mode.

In observations, the congestus clouds were observed to pre-
vail in front of the convective center of the MJO (Benedict and
Randall 2007; Zhang and Song 2009; Del Genio et al. 2012),
where the fast eastward-propagating Kelvin waves coupled
with deep convection were also observed (Roundy 2008). The-
se observations mean that some of the moisture coming from
the PBLEkman pumping becomes the deep convection instant-
ly relative to the MJO, while some of them tends to form the
shallow congestus cloud that accumulates the moisture to the
eruption of deep convection (Khouider andMajda 2006, 2007).
To mimic this process, we make a simple assumption that only
a half part of the PBLmoisture convergence is delayed (Fig. 5).
This model gives both unstable high-frequency short waves and
unstable low-frequency planetary-scale waves, associated with
the first and second solutions, respectively. The first solution
has a moist Kelvin wave-like dispersion relation, and the short
waves grow fast. The second MJO-like solution has a peculiar
dispersion relation and the planetary-scale waves are most un-
stable. This result means that the delay process will select the
planetary-scale waves to have the strong instability, while the
frictional instability without delay process will select the high-
frequency short waves. This simulated power spectrum in
Fig. 5 mimics the observed power spectrum of the MJO and
moist Kelvin waves well (Kiladis et al. 2009).

Figure 6 shows the horizontal structures of the unstable
wavenumber 4 and wavenumber 1 in Fig. 5. The horizontal
structure of the unstable short wave is dominated by the equa-
torial moist Kelvin waves, and the Rossby component is very
weak, represented by a small Rossby-Kelvin ratio with a value
of 0.2. The unstable wavenumber 1 shows a coupled Rossby-
Kelvin structure with a strong Rossby component, and the
Rossby-Kelvin ratio is 0.6.

Fig. 4 MJO-like solution
associated with the eastward-
propagating mode for different
delay time scales. Frequency
(shading) and growth rate
(contour) as functions of
wavenumber and delay time are
shown for the calculationwhen all
moisture pumped by the PBL is
delayed (α ¼ 1 ). Positive and
negative values are denoted by
black and white contours,
respectively. Over the blank
regions, the MJO-like solutions
do not exist
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4 Concluding remarks

The authors present a simple theoretical model, including the
planetary boundary layer (PBL) moisture convergence and the
delay process of deep convection, to simulate the unstable low-
frequency Madden-Julian oscillation (MJO)-like mode and

unstable high-frequency moist Kelvin wave-like mode simulta-
neously, which is in broad agreement with the observations
(Kiladis et al. 2009). The delay process of deep convection is
responsible for the selection of planetary-scale waves having the
strongest instability and for the separation of MJO-like mode
from the convectively coupled equatorial waves (CCEWs).

Fig. 5 Same as in Fig. 1, except
for the case when half of the
moisture pumped by the PBL is
delayed (α ¼ 0:5 )

Fig. 6 Same as in Fig. 2, except
for a the unstable wavenumber 4
and b the unstable wavenumber 1
in the calculation when half of the
moisture pumped by the PBL is
delayed (α ¼ 0:5 )
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The frictional wave dynamics without the delay process will
select the short waves to have the strongest instability.

The delay process of the deep convection is also found in
the observation and in the general circulation models (GCMs)
simulation for the MJO. In recent model analysis (Jiang et al.
2015), the GCMs with good MJO simulations all show sig-
nificant delay of deep convection, and an upward vertical and
westward tilt exists. In front of the deep convection of the
MJO, the congestus clouds were observed to prevail (Benedict
and Randall 2007; Zhang and Song 2009; Del Genio et al.
2012), which accumulates the moisture pumped from the PBL
and delays the eruption of deep convection (Khouider and
Majda 2006, 2007). Thus, our theoretical results demonstrate
that proper simulation of the moisture accumulation and the
delay process of deep convection are important for adequately
simulating the MJO in the GCMs.

In this theoretical model, the propagation mechanism relies
on the role of intraseasonal pressure anomalies near the equa-
tor (Wang and Rui 1990; Salby and Hendon 1994). In the
tropics, there are also a number of works based on the weak
temperature gradient (WTG) approximation against these
strong pressure asymmetry (Sobel et al. 2001; Sobel and
Maloney 2012, 2013). Examination of this PBLWTG approx-
imation on the intraseasonal time scale is of interest in future
studies. Here, the convective instability mainly comes from
moisture convergence. Whereas theoretical works (Wang
1988) and observation analysis (Hsu and Li 2012) all demon-
strated the importance of moisture convergence in the MJO
and in the boreal summer intraseasonal oscillation (Liu et al.
2015), other parts of convection is also important for theMJO;
for example, the enhanced stratiform favors the good simula-
tion of MJO in GCMs (Fu and Wang 2009), the upscale mo-
mentum and heat transfer from small to large scale may also
play an important role in maintaining the MJO (Wang and Liu
2011; Liu et al. 2012; Liu and Wang 2012a, b, 2013a,, b), and
other processes are reviewed by Zhang (2005). These process-
es should be also included in the future works.
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a  b  s  t  r  a  c  t

Prediction  of  the  Pacific  sea  surface  temperature  (SST)  anomaly  in  the  coming  decades  is  a
challenge as  the  SST  anomaly  changes  over  time  due  to  natural  and  anthropogenic  climate
forcing. The  climate  changes  in the  mid-1970s  and  late-1990s  were  related  to  the decadal
Pacific  SST  variability.  The  changes  in  the mid-1970s  were  associated  with  the  positive
phase  of  decadal  El  Niño-Southern  Oscillation  (ENSO)-like  SST  variation,  and  the  changes
in the  late-1990s  were  related  to its negative  phase.  However,  it  is  not  clear  whether  this
decadal  SST  variability  is  related  to any  external  forcing.  Here,  we  show  that the  effec-
tive  solar  radiation  (ESR), which  includes  the net  solar  radiation  and  the  effects  of  volcanic
eruption, has  modulated  this  decadal  ENSO-like  oscillation.  The  eastern  Pacific  warming
(cooling)  associated  with  this  decadal  ENSO-like  oscillation  over  the  past  139  years  is  sig-
nificantly related  to  weak  (strong)  ESR.  The  weak  ESR  with  strong  volcanic  eruption  is  found
to strengthen  the  El  Niño,  resulting  in  an  El  Niño-like  SST  anomaly  on  the decadal  time  scale.
The  strong  eruptions  of  the  El  Chicho’n  (1982)  and  Pinatubo  (1991)  volcanoes  reduced  the
ESR during  the 1980s  and  1990s,  respectively.  The  radiation  reduction  weakened  the  Walker
circulation  due  to  the  “ocean  thermostat”  mechanism  that  generates  eastern  Pacific  warm-
ing associated  with  a decadal  El  Niño-like  SST  anomaly.  This mechanism  has  been  confirmed
by the  millennium  run  of  ECHO-G  model,  in which  the  positive  eastward  gradient  of SST
over the  equatorial  Pacific  was  simulated  under  the  weak  ESR  forcing  on the decadal  time
scale. We now  experience  a  reversal  of the  trend  in  the  ESR.  The  strong  solar  radiation  and
lack of strong  volcanic  eruptions  over  the past  15 years  have resulted  in  strong  ESR,  which
should enhance  the  Walker  circulation,  leading  to  a La Niña-like  SST  anomaly.
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1. Introduction
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Greenhouse gasses are known to cause centennial global warming and reduce the strength of the tropical Pacific Walker
irculation (Held and Soden, 2006; Vecchi et al., 2006). The Pacific Walker circulation, which is associated with the zonal
radient of the tropical Pacific sea surface temperature (SST) anomaly, has a natural inter-decadal oscillation (Zhang et al.,
997; Vecchi et al., 2006) with global impacts (Horel and Wallace, 1981; Kousky et al., 1984; Meehl and Hu, 2006); the
alker circulation change contributes to the inter-decadal shift of the climate in the mid-1970s and late-1990s (Wang and
ehta, 2008; Meehl et al., 2009b; Wang et al., 2013).
This inter-decadal variation of the Pacific Walker circulation, which was associated with eastern Pacific warming from the

id-1970s to the late-1990s and with eastern Pacific cooling in the last 15 years, is related to the negative and positive phases
f the mega El Niño-Southern Oscillation (ENSO) (Wang et al., 2013), which is referred to as the decadal ENSO (Zhang et al.,
997), the Pacific Decadal Oscillation (Mantua and Hare, 2002), or the Inter-decadal Pacific Oscillation (Power et al., 1999).
he decadal La Niña-like SST anomaly is responsible for the recent intensification of the Northern-Hemisphere summer
onsoon (Wang et al., 2013) and for the frequent occurrence of the Central Pacific El Niño (Xiang et al., 2013).
Whereas  many studies emphasized that the decadal ENSO-like variation could be generated through an internal process

f atmosphere-ocean coupling (Timmermann and Jin, 2002; Rodgers et al., 2004; Dewitte et al., 2007; Choi et al., 2009), some
tudies demonstrated the importance of external forcing on this decadal variation. Solar radiation and volcanic eruption are
mportant natural forcing that acts upon the earth system and are represented by the effective solar radiation (ESR) (Crowley,
000). The solar radiation change can force the decadal variability of the Pacific SST anomaly, and the eastern Pacific SST

s found to be colder during the peak of the 11-year solar cycle (Meehl et al., 2009a). On the decadal time scale, recent
imulations argued that volcanic eruptions could induce a La Niña-like response (Otterå et al., 2010; Wang et al., 2012;
anchettin et al., 2012). The negative radiative forcing trends from volcanic eruptions are also found to cause the recent
lobal warming hiatus (Santer et al., 2014, 2015), and this warming hiatus is found to be related to the La Niña-like SST
nomaly (Kosaka and Xie, 2013). These results mean that both strong solar radiation and large explosive volcanism tend to
nduce the La Niña-like response on the decadal time scale. However, there is an opposite view on the total natural forcing.
he strong ESR with strong solar radiation and weak volcanic eruptions will excite the tropical Pacific zonal SST gradient
ncreases with a La Niña-like pattern and anomalous east wind stress (Liu et al., 2013; Song and Yu, 2015), which means
hat the weak ESR with large volcanic eruptions induces an El Niño-like pattern. Thus, it is necessary to reexamine the effect
f the ESR change (composed of the net solar radiation and effects of volcanic eruption) on the decadal variability of the
quatorial Pacific SST anomaly.

A  detailed description of the data and methodology is presented in Section 2. In Section 3 the external forcing is presented.
e discuss the spatial distribution of the decadal Pacific SST variability and its relation to the ESR in Section 4. Model

imulation is used to prove the effect of the ESR in Section 5. The main results are summarized in Section 6.

.  Data and method

To  analyze the decadal variability, two sets of long-term SST data for 1870–2008 were used in this study. One dataset
s the interpolated monthly mean SST obtained from the extended reconstructed sea surface temperatures (ERSST, version
b) (Smith et al., 2008). Because the Hadley Centre Ice and SST (version 1; HadISST1) includes artificial trends that are

nappropriate for analysing long-term trends (Deser et al., 2010; Tokinaga et al., 2012), the un-interpolated HadISST2 was
lso used (Rayner et al., 2006). The monthly mean precipitation was  obtained from the merged statistical analyses of historical
onthly precipitation anomalies (20C RECG) at a 2.5◦ spatial resolution for the period from 1900 to 2008 (Smith et al., 2010).
Outputs from the millennial simulation of the ECHO-G model (Zorita et al., 2005) were analyzed. This forced run, named

RIK, covering the period AD 1000–1990, is externally forced by solar variability, effective radiative effects from strato-
pheric volcanic aerosols, and greenhouse-gas concentrations in the atmosphere, including CO2 and CH4, for the period AD
000–1990.

The annual mean of external forcing data was used. Since the SST anomaly associated with the ENSO is strong during
oreal winter time, the boreal winter averaged (November-March) SST and precipitation anomalies were studied. To study
he decadal variability, a simple low-pass filter, i.e., a 5-year running mean, was  applied. The half-point of the response
unction for this 5-year running mean was approximately 10 years; thus, it largely removed the interannual ENSO signal that
as a periodicity of 2–7 years. To identify the decadal variation mode, a principal-component (PC) analysis of the smoothed
ST was performed. For two time series (X and Y) with smoothing, we must calculate the effective degree of freedom.
ollowing Livezey and Chen (1983), a measure of the effective time between independent samples can be estimated from
he autoregressive properties of both time series.

� =

[
1 + 2

N∑
i=1

CXX (i�t) CYY (i�t)

]
�t,  (1)



54 F. Liu et al. / Dynamics of Atmospheres and Oceans 72 (2015) 52–61

where �t is the sampling time, N is the number of samples, and Cs are the autocorrelations at lag i�t for the time series.
From �, the effective number of independent samples (or effective degree of freedom) in the time series � = N�t/� can be

determined. The Student t-test for assessing significance is

t =
r
√

� − 2√
1 − r2

, (2)

where r is Pearson’s correlation coefficient.
We use superposed epoch analysis (Haurwitz and Brier, 1981) to evaluate the influence of the explosive volcanic eruption

on the global SST and precipitation anomalies. A conventional bootstrapped resampling with replacement is used, and the
confidence intervals are calculated by repeating the superposed epoch analysis using repeated (n = 10,000) random draws of
pseudo—“event” year from the available time span. Significance is then evaluated by comparing percentiles from the random
draw to the composite mean of the real data. Following Adams et al. (2003) and Anchukaitis et al. (2010), we normalized
the data in the event window by each volcanic strength to avoid the possibility that any single eruption would dominate
the epochal signal.

3.  External forcing

The  ESR was obtained from the dataset reconstructed by Crowley (2000); the data ended in 1990. To include climate
change over the past decade, we must extend the data. Here, the net radiation data (Lean, 2000) and volcanic eruption
data (Gao et al., 2008) from 1979 to 2008 are used (Fig. 1). Because the solar radiation datasets of Lean and Crowley have
a systematic bias of 1.5 W m−2 and different variation (Crowley, 2000; Lean, 2000), we projected the solar radiation data
of Lean onto that of Crowley after adding a mean of 1.5 W m−2 and by amplifying the variation by a factor of 1.5. In the
work of Crowley (2000), the volcanic forcing was parameterized as a simple reduction of the annual mean solar constant
over a couple of years, which began in a year with a volcanic eruption. In the past 30 years (1979–2008), two large volcanic
eruptions had strong effects on the solar radiation (Gao et al., 2008), i.e., El Chichón (14 Tg) and Pinatubo (31 Tg), which
erupted in 1982 and 1991, respectively. We  project these two eruptions based on the data of Crowley; the value proposed by
Crowley was also used for 1982, and a larger value (a ratio of 31/14 relative to 1982) was  used for 1991. During 1979–2008,
the volcanic eruption effect was zero for all the other years. The CO2 emission data after 1979 originated from the Scripps
Institution of Oceanography (Keeling et al., 2001). We  reconstructed the ESR and CO2 data by extending the data of Crowley.
Fig. 1. External forcing. (A) Solar radiation data are obtained from Crowley (black; 2000) and Lean (green; 2000). The blue line represents the projected
solar  radiation of Lean onto that of Crowley. (B) The black line is the volcanic eruption effect obtained by Crowley, and the blue line is the projected effect of
the  eruption data of Gao et al. (2008) onto that of Crowley. (C) The effective solar radiation (ESR; including effects of solar radiation and volcanic eruption) of
Crowley  (black), the projected data (blue) and the reconstructions (red). (D) CO2 emission data from Crowley (black), Scripps (blue) (Keeling et al., 2001)and
the  reconstructions (red) (p.p.m. = parts per million). (For interpretation of the references to colour in this figure legend, the reader is referred to the web
version  of this article.)



F. Liu et al. / Dynamics of Atmospheres and Oceans 72 (2015) 52–61 55

The data of Crowley were used for 1870–1978; the average of Crowley and the projected data of Lean (2000) and Gao et al.
(2008), as well as the Scripps Institution of Oceanography, were used for 1979–1990; and the projected data were used for
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he last 18 years (1991–2008).
Based  on Fig. 1A, the solar radiation increased over the past 139 years, mainly during 1930 to 1960. During that time,

olcanic eruptions were weak (Fig. 1B), and the strong volcanic eruptions during the late 19th and late 20th centuries dramat-
cally reduced the ESR (Fig. 1C). Thus, the ESR experienced significant decadal variability with lower values during 1880–1920
nd 1960–1995 and higher values during 1930–1960 and 1995–2008. The CO2 emissions only showed a monotonic increase
Fig. 1D).

.  Decadal ENSO-like variation

The global SST anomalies based on the ERSST mainly show two  leading Empirical Orthogonal Function (EOF) modes, which
re easily distinguished from the higher modes (not shown). The first EOF mode, which shows global warming (Fig. 2A), is
ighly correlated to the CO2 emissions (Fig. 2C). The second EOF mode (Fig. 2B), which shows a La Niña-like SST anomaly, is

dentified as the decadal ENSO-like mode, whose index can be represented by PC2 (Wang et al., 2013). The global mean SST
f EOF2, however, is very small (−0.01 ◦C) compared to that of EOF1 (0.28 ◦C), which means that EOF2 only contributes to a
ery small portion of the global mean SST anomaly.

Strikingly, PC2 is significantly correlated to the ESR (Fig. 2C; r = 0.53, p < 0.01, and nedof = 29, which is the effective degree
f freedom). This positive correlation means that the decadal La Niña-like pattern is associated with the enhanced ESR. From
he late-1970s to the late-1990s, the ESR had low values due to the eruptions of the strong volcanoes of El Chicho’n and
inatubo in 1982 and 1991, when the eastern Pacific was in a warm El Niño-like phase. Since the mid-1990s, no strong
olcanic eruptions occurred (Fig. 1B), while the net solar radiation was strong (Fig. 1A); thus, the ESR was enhanced and
he Pacific entered a decadal La Niña-like phase, which was accompanied by enhanced precipitation over the Indo-Pacific
arm pool region (Fig. 3 B). Although the CO2 emissions increased the global mean SST, precipitation was  enhanced over

he equatorial Pacific but reduced over the Indo-Pacific warm pool region (Fig. 3A); the global circulation weakened due to
his anthropogenically induced warming (Vecchi and Soden, 2007). The equatorial zonal SST gradient was  dominated by the
ecadal ENSO-like variability.

The HadISST2 dataset was also studied. Because the HadISST2 is un-interpolated, we  mainly examined the Niño-3.4 SST
nomaly, which represents the ENSO strength. The Niño-3.4 is defined by the area (120◦W–170◦W,  5◦S–5◦N) averaged SST
nomaly. Associated with the increasing CO2 emissions, the Niño-3.4 of the two  datasets show significant increases; the
ncrease in the ERSST is stronger than that in the HadISST2 (Fig. 4). After removing this increase, the detrended Niño-3.4
ig. 2. Spatial patterns and time series with reference to CO2 and ESR forcing. The SST anomalies are shown for the first EOF (A) and the second EOF (B)
ased  on the ERSST; the first two  EOFs explain 49% and 10% of the total variance, respectively. (C) The time series of the reconstructed CO2 emissions
solid  light blue), ESR (solid dark red), PC1 (dashed blue), and PC2 (dashed red). Five-year running mean is used for all data over 1870–2008. A cosine area
eighting  was  applied in the EOF analysis. The global mean SSTs of (A) and (B) are 0.28 ◦C and −0.01 ◦C, respectively. (For interpretation of the references

o  colour in this figure legend, the reader is referred to the web version of this article.)
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Fig. 3. Spatial patterns of precipitation anomalies regressed to (A) PC1 and (B) PC2 during 1900–2008 shown in Fig. 2. The positive (negative) anomalies
are  represented by solid (dashed) contours, and the precipitation contour interval is 0.05 mm d−1. The shaded anomalies are significant above the 95%
confidence  level. Five-year running mean was applied.

Fig. 4. Relation among Niño-3.4, CO2 and ESR forcing. (A) The time series of the reconstructed CO2 emissions (blue), Niño-3.4 in the ERSST (thick grey),
Niño-3.4  in the HadISST2 (dark), and regressed Niño-3.4 to CO2 in the ERSST (solid red) and to the HadISST2 (dashed red). (B) The time series of the ESR
(solid  maroon) and detrended Niño-3.4 by removing the regressed Niño-3.4 to CO2 in the ERSST (grey) and in the HadISST2 (purple). Five-year running
mean  was  applied to all the data over 1870–2008. (For interpretation of the references to colour in this figure legend, the reader is referred to the web
version  of this article.)

in the two datasets agreed well; both datasets are significantly correlated to the ESR (r = −0.43, p < 0.05, and nedof = 27 for
average of two datasets).
The  ESR was largely controlled by five strong volcanic eruptions over the past 139 years, which occurred in 1883, 1902,
1912, 1982, and 1991. The enhanced probability of La Niña was found within one year of a large eruption (McGregor and
Timmermann, 2011), while Ohba et al. (2013) found the opposite response. In recent research, a large volcanic eruption was
found to increase the occurrence of El Niño, which only lasted one or two  years (Li et al., 2013). Our results support the
latter (Fig. 5A), in which a significant El Niño-like SST pattern was excited lasting three years after the volcanic eruption.
The 10-year-averaged SST anomaly also has a significant El Niño-like pattern after the strong volcanic eruption (Fig. 5B),
which means that the recent strong El Chicho’n (1982) and Pinatubo (1991) volcanoes would reduce the ESR and induce the
decadal El Niño-like SST anomalies during the late-1970s and late-1990s.

We further analyze the Niño-3.4 SST anomaly related to the ESR change, including the strong volcano variability (Fig. 6).
Both ERSST and HadISST2 gave similar results. When a volcano erupted, the ensemble mean Niño-3.4 showed that a warm
El Niño-like set-up. Year 0 denotes the year when the volcanic eruption occurred. Since we  studied the boreal winter from
November of the eruption year to March of the following year, the positive Niño-3.4 SST anomaly in the boreal winter
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Fig. 5. Superposed Epoch Analysis of the SST after the volcanic eruptions. (A) The composite difference of the 3-year-mean SST after and before the five
large  volcanic eruptions since 1870 based on the ERSST. (B) Same as (A), except for the 10-year mean. The five large volcanic eruptions occurred in 1883,
1902,  1912, 1982, and 1991. Statistically significant (90% one-tailed) epochal anomalies based on the Monte Carlo resampling (n = 10,000) are indicated by
crosses.  The linear trend with respect to CO2 was  removed in the ERSST result.

Fig. 6. Superposed Epoch Analysis using the Niño-3.4 SST anomaly related to the five strong volcanic eruptions in Fig. 5. The ensemble mean Niño-3.4 SST
anomaly  before and after the five strong volcanic eruptions in the ERSST (solid red) and in the HadISST2 (solid blue), as well as their 5-year running means
(dashed  red and blue), are shown. Significance levels (90%) derived from Monte Carlo block resampling (n = 10,000) of the actual event year windows are
indicated  by horizontal dashed lines in the plots for the original and smoothed Niño-3.4. The linear trend with respect to CO2 has been removed in both
ERSST  and HadISST2. (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)
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Fig. 7. External ESR used in the millennium run of ECHO-G model during four windows: (A) 1201–1350, (B) 1351–1500, (C) 1501–1650, and (D) 1651–1800.
Five-year  running mean was applied for each window.

already existed in the eruption year. Before the volcanic eruption, the Niño-3.4 experienced an oscillation with a period
of 2-7 years; the Niño-3.4 was symmetric; thus, El Niño and La Niña had comparable amplitudes, and the Niño-3.4 on the

decadal time scale should be negligible, which can be seen from their 5-year smoothing. After the volcanic eruption, the El
Niño was followed by a La Niña, while the Niño 3.4 experienced a stronger positive anomaly than a negative anomaly, which
can be confirmed by the significant positive Niño-3.4 SST anomaly of 5-year smoothing after the volcanic eruption. For a
pure symmetrical internal oscillation, an external volcanic eruption diminished the symmetry. Here, we  do not exclude the
internal variability of the ENSO. We  conclude that the weak ESR with strong volcanic eruption tended to strength the El Niño
and induce a decadal El Niño-like SST anomaly.

Because of global warming, the zonal gradient of tropical Pacific SST increased when solar radiation increased and
decreased when greenhouse gasses increased (Liu et al., 2013). The greenhouse gas effect increased atmospheric static
stability and weakened tropical circulations, which were accompanied by weaker SST gradients (Fig. 2A) and negative pre-
cipitation anomalies over the Indo-Pacific warm pool region (Fig. 3A). This weak Walker circulation hypothesis is supported
by the Intergovernmental Panel on Climate Change (IPCC) model projection for the 21st century (Vecchi et al., 2008). The ESR
seemed to prefer the “ocean dynamical thermostat” mechanism (Clement et al., 1996; Cane et al., 1997; Bauer et al., 2003),
i.e., increased heating at the surface warmed the SST in the west because the heating in the east was offset by the upwelling
of cold water (Fig. 2B). The strong SST gradient produced an enhanced pressure gradient and a stronger Walker circulation,
which in turn enhanced the SST gradient through the “Bjerknes feedback.” As a result, strong precipitation occurred in the
Indo-Pacific warm pool region (Fig. 3B). These findings support the “wet region getting wetter” argument (Held and Soden,
2006).

5. Model simulation

The  effects of the ESR forcing are simulated in the millennium run during 1000–1990 by the ECHO-G model (Legutke and
Voss, 1999). Details of this millennium run can be found in Liu et al. (2013). In the millennium simulation, the continuous
aerosol concentration associated with the volcanic eruption was used, which could last 1-3 years for each eruption. We
analyzed the simulation from 1201 to 1800 to avoid model initial response and greenhouse gas effect in the recent history.
Consistent with the observation analysis, we split this 600-year simulation into four windows of 150 years each, and a 5-year
running mean is performed for each window (Fig. 7).
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Fig. 8. ESR-induced La Niña-like pattern in the ECHO-G millennium run. Ensemble spatial patterns of (A) SST and (B) precipitation anomalies regressed
to  the simultaneous external ESR of each window given in Fig. 7 are shown. The shaded anomalies significant above the 95% confidence level are marked
by  crosses. Five-year running mean was applied for each window. (C–D) and (E–F) are the same as (A–B), except for the SST and precipitation anomalies
regressed  to the 3-year and 6-year lagged ESR.

Fig. 8 shows the ensemble regression of SST and precipitation anomalies of these four epochs with respect to the ESR
forcing. Under the ESR forcing, though the eastern Pacific SST variability were not well simulated, the La Niña-like SST gradient
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nd precipitation distribution, i.e., negative eastward SST gradient over the equatorial Pacific and enhanced precipitation
ver the Indo-Pacific warm pool region, were well simulated (Fig. 8A and B). This means that the model with weak ESR
ed to the El Niño-like SST gradient or positive eastward SST gradient over the equatorial Pacific. Fig. 8C–F show the lagged
egression with respect to the ESR. We  can see that the effect of the ESR with a strong volcanic component lasted for some
ears, although the effect became weaker over time after the eruption. Although the role of ESR on decadal SST variation
as confirmed by the model simulation, we would like to conclude that the ESR variability is only one of the reasons for the
ecadal Pacific SST variation.

.  Concluding remarks

Predictions  of Pacific SST in the coming decades are a challenge because SST changes involve internal natural variability,
xternal natural (e.g., solar and volcanic activity) and anthropogenic (e.g., greenhouse gasses, aerosols and land use) climate
orcing. In this study, we  demonstrated that the ESR, which includes net solar radiation and volcanic eruption, is responsible
or the decadal ENSO-like variation. The enhanced solar radiation and lack of large volcanic eruptions over the past 15 years
ncreased the ESR and may  have induced the recent decadal La Niña-like SST anomalies. Previous studies demonstrated that

 volcanic eruption tended to affect the ENSO within a few years (Li et al., 2013; Ohba et al., 2013); our analysis showed that
he weak ESR with strong volcanic eruption tended to enhance the El Niño, which resulted in a El Niño-like SST anomaly on
he decadal time scale.

Over  the past 15 years or so, the global warming “slow-down” or global warming “hiatus” received considerable scientific,
olitical and media attentions. In recent years many studies have been conducted to explain the phenomenon. The global
arming “hiatus” may  be caused by the eastern Pacific cooling (Kosaka and Xie, 2013), which is related to the enhanced deep

cean heating (Meehl et al., 2011; Chen and Tung, 2014; Drijfhout et al., 2014), the Atlantic warming induced Pacific cooling
England et al., 2014), or the tropical Pacific easterly wind anomalies (England et al., 2014). Recent studies also showed
hat a series of moderate volcanic eruptions over the past 15 years contributed to the global warming “hiatus” through
nfluencing the solar radiation (Fyfe et al., 2013; Santer et al., 2014, 2015; Schmidt et al., 2014). In our analysis, although
he eastern Pacific was found to be cold associated with the enhanced ESR, the global mean SST variation associated with
he ESR change was negligible (Fig. 2). Thus, we conclude that the enhanced external ESR in the recent 15 years helps to
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select the La Niña-like SST anomalies, while the internal variability was  also important for this decadal oscillation, and the
strong internal process of the decadal La Niña-like mode transported heating into deep ocean and slowed down the global

warming (Meehl et al., 2011; Drijfhout et al., 2014).

We  also analyzed the simulated decadal ENSO-like variation using 20 models of the Coupled Model Intercomparison
Project  Phase 5 (CMIP5). The 20 models are listed in Table 1 of Lee and Wang (2014). When defining the decadal index by
projecting the observed La Niña-like pattern (Fig. 2B) onto these modelled SSTs, no correlation between modelled index and
observation (PC2 in Fig. 2C) is significant for any of the models. In future, it will be necessary to explain why  the models
cannot capture the correct phase of this decadal ENSO-like oscillation.
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Abstract By conducting idealized experiments in a general
circulation model (GCM) and in a toy theoretical model, we
test the hypothesis that shallow convection (SC) is responsible
for explaining why the boreal summer intraseasonal oscillation
(BSISO) prefers propagating northward. Two simulations are
performed using ECHAM4, with the control run using a stan-
dard detrainment rate of SC and the sensitivity run turning off
the detrainment rate of SC. These two simulations display
dramatically different BSISO characteristics. The control run
simulates the realistic northward propagation (NP) of the
BSISO, while the sensitivity run with little SC only simulates
stationary signals. In the sensitivity run, the meridional
asymmetries of vorticity and humidity fields are simulated un-
der the monsoon vertical wind shear (VWS); thus, the friction-
al convergence can be excited to the north of the BSISO.
However, the lack of SC makes the lower and middle tropo-
sphere very dry, which prohibits further development of deeper
convection. A theoretical BSISO model is also constructed,
and the result shows that SC is a key to convey the asymmetric
vorticity effect to induce the BSISO to move northward. Thus,
both the GCM and theoretical model results demonstrate the
importance of SC in promoting the NP of the BSISO.

1 Introduction

The Indian summer monsoon (ISM) always experiences a
dominant 20–50-day oscillation, which is controlled by the
boreal summer intraseasonal oscillation (BSISO)
(Krishnamurti and Bhalme 1976; Gadgil 2003). Along
with strong self-induced oscillation in the ISM (Liu and
Wang 2012a, 2014), the northward propagation (NP) of
BSISO is demonstrated to be responsible for these wet
and dry events of the ISM (Annamalai and Slingo 2001).
The BSISO over the western North Pacific, which is often
modulated by El Niño/Southern Oscillation (ENSO) (Liu
et al. 2016), also can contribute to the intraseasonal varia-
tion in the East Asian monsoon. Although the BSISO has
attracted many years of studying, current climate model
still suffers low ability of BSISO simulation (Lin et al.
2008).

To improve the BSISO simulation, a large amount of
previous works try to explain why the BSISO prefers mov-
ing poleward. Internal atmospheric dynamic processes
have been well studied to understand the BSISO. In the
first time, Lau and Peng (1990) demonstrated the role of
the equatorial Rossby waves in monsoon NP, which is trig-
gered by the interaction between the monsoon mean flows
and the Madden-Julian oscillation (MJO). The NP of the
BSISO can also be caused by the Rossby wave emanation,
which tends to form the northwestward slanted rain band
(Wang and Xie 1997). The general circulation model
(GCM) simulations also confirm this result (Wu et al.
2006). In one landmark study, the barotropic vorticity
(BV) generated by baroclinic-barotropic interaction under
the easterly vertical wind shear (VWS) was found to be
important for the independent poleward migrating event
of the BSISO (Jiang et al. 2004). This north-of-
convection BV was also found to be generated by vertical
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transport of monsoon mean winds (Drbohlav and Wang
2005), by poleward transport of anomalous vorticity
(Bellon and Sobel 2008), and by cumulus momentum
transport (Liu et al. 2015). By using a cloud-resolving
model, the NP of the BSISO was also generated by the beta
drift near the equator, in which the planetary boundary
layer (PBL) will interact with these drifting gyres and en-
hance the low-tropospheric moisture (Boos and Kuang
2010). In the GCM simulations, the cumulus momentum
transport was also found to be the key process to control
the NP of the BSISO (Kang et al. 2010).

Apart from the internal atmospheric processes, external
surface heat fluxes were also found to contribute to the pole-
ward migration of the BSISO. Existences of meridional gra-
dients in seasonal-mean moist static energy and surface heat
flux were found to favor the NP of the BSISO (Webster 1983;
Gyoswami and Shukla 1984). Atmosphere-ocean interaction
was also shown to contribute to the NP, because warm sea
surface temperature (SST) will be favorable for the growing
of new convection in the poleward of the original rain band,
resulting in the NP of BSISO (Fu et al. 2003; Sperber and
Annamalai 2008).

Although affected by external forcing, the BSISO has
been known as an internal mode in the tropical atmosphere
(Madden and Julian 1994; Wang 2005; Ajayamohan et al.
2011). The PBL moisture transport and the role of BV were
found to be keys for inducing the poleward propagation of
the BSISO, as well as the BV effect (DeMott et al. 2013).
Based on recent high-resolution observations, the shallow
convection (SC) has been found to prevail leading the
BSISO convection to the north (Abhik et al. 2013). The
SC is favorable for preconditioning the atmosphere for
deep convection, and the BSISO tilts backward against
its NP (Abhik et al. 2013). Based on the satellite and re-
analysis data (Stephens et al. 2002; Simmons et al. 2007),
this dominant vertical-tilted profile has also been found in
the cloud water for the poleward-propagating BSISO
(Jiang et al. 2011). The multi-cloud structure, consisted
of low-level shallow congestus, deep convection, and
upper-level stratiform, was discovered for the BSISO.
These observations should suggest that the SC should be
important in the NP of the BSISO.

Considering the importance of SC in simulating the boreal
winter MJO by using the atmospheric GCM (Zhang and Song
2009), this paper focuses on the role of SC in the BSISO
simulated by ECHAM4 AGCM. We also use a theoretical
BSISO skeleton model to explain the AGCM results.

In Section 2, the observational data, the atmospheric
GCM simulations, and the theoretical model for the
BSISO are discussed. In Section 3, the model results are
presented. Experiments based on the toy theoretical model
are reported in Section 4. The last section will summarize
the paper.

2 Models and data

2.1 Data

Monthly mean winds and specific humidity used in this paper
are obtained from the NCEP Reanalysis II (Kanamitsu et al.
2002). The high-frequency Tropical Rainfall Measuring
Mission (TRMM) 3B42 precipitation is also analyzed to ob-
tain the BSISO signal for the period of 1998–2012 (Huffman
et al. 2007). To isolate the intraseasonal signal, the 20–100-
day band-pass filter is performed on eachmeteorological field.

2.2 GCM experiments

To simulate the BSISO, we employ the ECHAM version 4
(ECHAM4) that has a good simulation of BSISO (Jiang et al.
2004). In this study, a coarse resolution of T30 for horizontal
direction and 19 vertical levels are used. The modified Tiedtke
convection scheme is used (Nordeng 1994). Previous works
have shown a good simulation of NP of the BSISO by using
the ECHAM4 (Fu et al. 2003; Jiang et al. 2004). Two domi-
nant mechanisms, i.e., the BVeffect (Jiang et al. 2004) and the
air-sea interaction effect (Fu et al. 2003) for the NP of the
BSISO, can be well captured by ECHAM4. Thus, we still
use this old version of ECHAM. In order to explore how the
SC works in the BSISO, two simulations are carried out in this
study. In the first experiment, referred to as CTL (for control),
the standard ECHAM4 is used. This is the same simulation as
that used by Jiang and his colleagues (Jiang et al. 2004). In the
second experiment, referred to as Exp WS (for weak SC), the
detrainment of cloud water from SC is turned off. After the
spin up, we run this model for 15 years for each case. In these
two case runs, the boundary forcing is the same by using
climatological monthly mean SST for the period of 1990–
2010.

2.3 A theoretical model for the BSISO

To understand the role of SC, we use a two-and-a-half-layer
model that was designed to study the BSISO (Liu et al. 2015).
This model is originally built for the neutral MJO skeleton
(Majda and Stechmann 2009) and developed by Liu and
Wang (2012b) for the unstable eastward moving MJO. This
model includes the dominant mechanisms for the MJO, the
wave, and the moisture feedbacks (Liu and Wang 2016a,
2016b). In order to describe the moisture process, we consider
the full moisture equation. The moisture anomalies, neglected
in the wave dynamics, have been added. The precipitation has
been parameterized based on the observation that the positive
moisture anomaly tends to enhance the precipitation (Majda
and Stechmann 2009).

Cumulus convection has been found to be very sufficient to
mix the VWS (Wu and Yanai 1994); thus, cumulus

1388 F. Liu et al.



momentum transport is included in this model. In this skeleton
model, the BV induced by cumulus momentum transport will
produce strong moisture convergence in the PBL in the front
of the BSISO rain band, which should induce the NP of the
BSISO (DeMott et al. 2013). In this theoretical model, the
effect of the cumulus convection is parameterized following
the work of Schneider and Lindzen (1976); we assume that the
barotropic cumulus momentum transport is proportional to the
anomalous vertical velocity and the monsoon VWS. In the
monsoon region which has a strong easterly VWS, the anom-
alous upward wind in the positive phase of the BSISO tends to
enhance the barotropic westerly wind anomalies, while the
anomalous downward wind anomalies will enhance the east-
erly winds.

Observational studies have demonstrated the role of SC,
which tends to moisten the low-level atmosphere in front of
the ISO through the positive moisture convergence in the PBL
(Hendon and Salby 1994). To mimic the role of SC, we as-
sume that the moisture anomaly is proportional to the positive
moisture convergence in the PBL in the moisture equation, as
did in the frictional skeleton model (Liu and Wang 2012b).
Thus, deep convection can be enhanced by the moist lower
troposphere in this simple model.

The temporal and spatial scales are represented by
[T ] = (Cβ )−1 /2and [L ] = (C /β )1 / 2 where β (=2.29 ×
10−11 m−1s−1) is the equatorial curvature effect of the earth
for the first order andC(=(gH)1/2, 50 ms−1) is the gravity wave
velocity. The non-dimensionalized equations for the model
are expressed as follows,

∂tu−− yv−− ∂xT− ¼ − du−;
yu−− ∂yT− ¼ 0 ;
∂tT−− ∂xu−− ∂yv− ¼ P − dT−;

∂tq− þ ~Q ∂xu− þ ∂yv−
� � ¼ −P þ rb Ts−9:18ð Þwb;

∂tP ¼ Γ q−;
∂tuþ−yvþ−∂xTþ ¼ CMT−duþ;
yuþ− ∂yTþ ¼ 0 ;
∂xuþ þ ∂yvþ þ wb ¼ 0 ;

wb ¼ − d1∇2 þ d2∂x þ d3∂y
� �

T− þ Tþð Þ ;

ð1Þ

where u and v are the horizontal velocities, T is the tempera-
ture, P is the diabatic heating associated with deep convection,
and q is the moisture anomaly. wb is the Ekman pumping in
the PBL, and CMT is the barotropic cumulus momentum
transport. Subscript B−^ denotes the baroclinic mode, sub-
script B+^ denotes the barotropic mode, and subscript Bb^
stands for the PBL.

In this model, the same value of d has been used for the

Rayleigh friction and Newtonian cooling. ~Q demonstrates the
vertical profile of mean humidity in the troposphere. Γ is a
precipitation coefficient measuring how strongly the precipi-
tation responds to the anomalous moisture.

rb is a PBL coefficient that represents the efficiency of
moisture transfer from the PBL to the lower troposphere
caused by SC. Large rb means strong SC that moistens the
lower troposphere. The PBL coefficients are d1 = HbE/
HT (E

2 + y 2 ) , d 2 = − Hb (E
2 − y 2 ) /HT (E

2 + y 2 ) , and
d3 = − 2HbEy/HT(E

2 + y2)2, where Hb is the PBL depth, HT

is the tropospheric depth, and E measures the PBL friction.
The barotropic cumulus momentum transport is measured by
the anomalous precipitation P and seasonal-mean VWS U.
This transport can by parameterized as CMT = − sUP, where
s is the cumulus momentum transport coefficient, which mea-
sures how strong the momentum transport will be excited by
the anomalous vertical motions. U is the background easterly
VWS. Ts is the zonally averaged SST. More details of these
parameters are referred to Table 1.

3 GCM results with strong and weak SCs

Figure 1a–c shows the climatological precipitation and VWS
of the boreal summer (June–September) for these 15 years.
VWS is defined as the difference of zonal winds between the
upper (200 hPa) and lower (850 hPa) troposphere in both
observation and model simulations. Compared to the observa-
tion (Fig. 1a), the dominant precipitation distribution has been
simulated by the CTL, for example, the simulated precipita-
tion centers in the western North Pacific as well as in the
equatorial Indian Ocean agree with the observations well, al-
though the model overestimates the precipitation in the Indian
Ocean. A large bias in the rainfall has also been simulated in
the Bay of Bengal region. Exp WS has strong precipitation to
the south of the equator and over the Bay of Bengal. The
seasonal-mean easterly VWS, an essential factor for exciting
the BV by barotropic-baroclinic interaction (Jiang et al. 2004)
or by cumulus momentum transport (Liu et al. 2015), is well
simulated over the Bay of Bengal. Figure 1d–f compares the
observed and simulated BSISO propagation over the Bay of
Bengal in these two runs. By defining the BSISO index as the
box (2.5°–7.5° N, 85°–95° E) averaged 20–100 day filtered
precipitation, the propagation can be calculated through the
lead-lag correlation for the 85°–95° E latitude belt. In the
observation, significant NP is present (Fig. 1d). In CTL
(Fig. 1e), anomalous convection also shows significant NP
with a speed of about 0.9° day−1. The NP, however, disappears
in Exp WS; instead, it shows a stationary mode (Fig. 1f).

Figure 2 displays the meridional-vertical distributions of
climatological specific humidity for both the observation
and simulations. During the boreal summer, the Bay of
Bengal has more moisture than the equatorial Indian
Ocean in the observation (Fig. 2a), and the CTL simulation
well captures this northward gradient of seasonal-mean
moisture (Fig. 2b). In Exp WS with the SC suppressed
(Fig. 2c), although this northward gradient can be
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simulated, the simulated lower-tropospheric atmosphere is
much drier than that in the observation and in the Exp
CTL. Since the atmospheric column cannot be moistened
due to the lack of moistening process of SC, all kinds of
convection, from the seasonal mean (Fig. 2c) to the
intraseasonal and synoptic scales (figure not shown), are
weak in Exp WS.

Figure 3 gives the meridional-vertical section of the
regressed northward propagation in Exp CTL and the

stationary oscillation in Exp WS. In the Exp CTL
(Fig. 3a–d), the maximum clouds are simulated in the
mid troposphere (near 300 hPa), which is consistent with
the simulated convective center. Because of the convec-
tion, lower-tropospheric convergence and up-level diver-
gence have been simulated. A significant asymmetry has
been simulated in the vorticity and specific humidity.
Strong BV anomalies have been found to lead the convec-
tive center to the north by a phase of 6° (Fig. 3c). Such BV

Table 1 Parameters and their
standard values used in the
theoretical model

Parameter Description Typical value utilized
here (non-dimensional)

d Tropospheric damping coefficient 0.07 (1/5 day)

~Q
Vertical gradient of background moisture in lower troposphere 0.9 (7.3 g kg−1)

Ts0 Magnitude of the sea surface temperature 29 °C

Γ Precipitation coefficient 0.018 (0.2 K−1 day−1)

rb Coefficient of moisture transfer by SC 0.06

s Cumulus momentum transport coefficient 1.25 (0.5 cm−1)

U0 Magnitude of background VWS 0.2 (20 ms−1)

E Ekman number in the PBL 1.1 (1/8 h)

Hb PBL depth 1 km

HT Lower-tropospheric depth 5.1 km

Fig. 1 Top: June–September averaged climatological precipitation
(mm day−1, shading) and vertical wind shear (m s−1, contour) defined
by U200hPa minus U850hPa from a observation, bCTL, and c ExpWS. The
observational precipitation and wind are obtained from TRMM and
NCEP Reanalysis II. Contour interval is 5 m s−1 and zero contours are
not drawn. Positive and negative values are denoted by solid and dashed

lines. Bottom: latitude-lag regression plots against the BSISO index using
longitude (85°–95° E) averages of precipitation anomalies (mm day−1,
shading) with time scales of 20–100 days from d observation, eCTL, and
f Exp WS. Thin black contour represents zero. The BSISO index is
defined by the box-averaged (2.5°–7.5° N, 85°–95° E) precipitation
anomalies with time scales of 20–100 days
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Fig. 2 Height-latitude cross
section of June–September
averaged climatological specific
humidity (g kg−1, shading)
averaged over 85°–95° E from a
observation (NCEP Reanalysis
II), b CTL, and c Exp WS

Fig. 3 Regressed meridional-vertical structure averaged over 85°–95° E
against the BSISO index in CTL and ExpWS: a, e cloud cover (fract.); b,
f divergence (s−1); c, g vorticity (s−1); and d, h specific humidity (g kg−1).

The horizontal axis is latitude, and the vertical axis is pressure (hPa).
Thick black vertical line denotes the convective center where maximum
precipitation occurs, and thin black contour represents zero
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anomalies tend to produce the moisture convergence in the
PBL. The SC is also found to be increased in the front of
the convective center, which prefers moistening the lower
troposphere, resulting in the NP of the convection
(Fig. 3d).

Figure 3e–h shows the results from Exp WS, in which the
cloud is suppressed in the lower troposphere and the SC is
much prohibited due to the lack of detrainment for SC. The
significant asymmetric structure has also been simulated for
the vorticity and PBL convergence in Exp WS. In front of the
convective center, the BV as well as the PBL moisture con-
vergence has been excited. The moisture, however, cannot be
transported to the lower troposphere due to the lack of strong
SC. The dry lower and mid troposphere prohibits the trigger-
ing of deep convection; thus, no NP can be induced.

4 Theoretical model results

In this section, we tend to explore the role of SC through a
theoretical model developed by Liu et al. (2015). Assuming
that the background easterly VWS U is centered at 10° N and
has a meridional damping scale of 15° (Fig. 4a) centered, thus,
it can be represented asU = −U0 exp (−((y − 0.75)/1.1)2). The
zonally averaged SST is assumed to have a meridional struc-
ture of Ts0 exp (−(y/2.3)2), which maxima are centered on the
equator and also have a poleward damping scale of 30°
(Fig. 4b).

To study the role of SC, two experiments are carried out
using rb = 0.06 K−1 (for strong SC, Exp SSC) and
rb = 0.006 K−1 (for weak SC, Exp WSC). The experiments
use the same initial baroclinic wavenumber-one disturbances,

Fig. 4 Meridional distributions
of zonal-mean a SST (°C) and b
VWS (m s−1) used in the
theoretical model

Fig. 5 Hovemöller plots of precipitation anomalies (shading) averaged
over 85°–95° E from day 20 through day 70 for different experiments of
the theoretical model: a strong SC (SSC) rb = 0.06 K−1 and b weak SC
(WSC) rb = 0.006 K−1. Black contours denote upward Ekman pumping

that has a value of one third of its magnitude. The x-axis shows model
days, and the y-axis, latitude. Global precipitation and Ekman pumping
are normalized by their maximum values on each day

1392 F. Liu et al.



which have the maxima at the equator with a meridional
damping scale of 30°. We integrate the model using the finite
difference method.

Figure 5 shows the model evolution in the two experi-
ments. In Exp SSC, a robust NP is simulated (Fig. 5a). The
simulated BSISO shows a NP speed of 0.77°/day, which is
consistent with the observed value of 0.75°/day over the
Bay of Bengal (Kang et al. 2010). The cumulus moment
transport, accelerating the barotropic westerly (easterly)
wind when the precipitation anomalies are positive (nega-
tive), excites a dipole-like barotropic wind tendency in the
meridional direction, resulting in BV anomalies in front of
the precipitation center; thus, the moisture convergence is
excited in the PBL by this vorticity forcing. Because of the
strong SC, the moisture convergence in the PBL prefers
moistening the atmosphere and induces the NP by enhanc-
ing the deep convection.

When the SC is much suppressed in Exp WSC, the NP
disappears (Fig. 5b). The cumulus momentum transport still
accelerates the barotropic zonal velocity and excites the BV
which leads the convective center to the north. Although the
resulting upward Ekman pumping can be excited, the dry
lower troposphere, however, is still caused, since the moisture
cannot be transported upward in front of the convective center.
This means that the deep convection cannot be triggered to
induce the NP. This result confirms that SC is essential for
conveying the asymmetric vorticity effect to induce the NP
of the BSISO.

Since this theoretical model is a linear system, the role of
SC can be easily included or removed by a coefficient setting.
The theoretical model presents a clear figure showing how the
SC affects the NP of the BSISO. In the GCM, the PBL effect is
always included, and why the poleward movement of the
BSISO is suppressed when turning off the SC? From the

Fig. 6 Regressed meridional-
vertical structure averaged over
85°–95° E against the BSISO
index in Exp WD: a cloud cover
(fract.), b vorticity (s−1), and c
specific humidity (g kg−1). The
horizontal axis is latitude, and the
vertical axis is pressure (hPa).
Thick black vertical line denotes
the convective center. d Latitude-
lag regression plot using the
longitude average of 85°–95° E
for precipitation anomalies
(mm day−1) with time scales of
20–100 days. Thin black contour
represents zero
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analysis of this linear theoretical model, we can see the reason
is that the PBL effect and the tropospheric circulation are not
coupled without the SC.

In this toy model, only the convective momentum transport
is included to induce the asymmetric BV for the poleward
movement of the BSISO. Another important BVWS
mechanism,^ or baroclinic-barotropic interaction within the
monsoon VWS responsible for this NP (Jiang et al. 2004), is
neglected. Relative roles of these two mechanisms in produc-
ing the asymmetric BV need to be investigated through obser-
vation analysis, model simulation and theoretical analysis.

5 Discussion

We investigate the roles of SC in the BSISO simulations using
a GCM of ECHAM4 and the theoretical BSISO model. It is
shown that both complex GCM and simple theoretical model
can simulate the NP of the BSISO, only when they include
strong SC. These results confirm that the SC is critical for the
NP of the BSISO, as shown in the observational study of
Abhik et al. (2013). Within the monsoon region, the BV can
be excited to lead the convection to the north through cumulus
momentum transport (Liu et al. 2015) or by barotropic-
baroclinic interaction (Jiang et al. 2004). Such BV can also
excite PBL convergence. However, it is the SC that acts to
convey this asymmetric structure to induce the NP of the
BSISO. Even with this asymmetric vorticity structure, the
lower troposphere, however, can only be moistened when
the SC is presented; otherwise no NP of deep convection
would appear. Although plenty of previous works have dem-
onstrated the importance of BV in inducing the NP of the
BSISO under the monsoon easterly VWS (Jiang et al. 2004),
our new finding shows that the SC is the key to transfer this
BVeffect to the NP of the BSISO by coupling the tropospheric
circulation and PBLmoisture convergence. Recent works also
show that the longwave radiation is important for the MJO
(Chikira 2014; Kim et al. 2015), and the longwave radiation
effect on the BSISO can also be studied through another sen-
sitivity experiment by turning off the longwave radiation in
future works.

Considering the importance of SC in the MJO simulation
(Zhang and Song 2009), SC is shown to be indispensable for
simulating the NP of the BSISO. There is no doubt that deep
convection is critical to simulate the NP of the BSISO. An
experiment, referred to as Exp WD (for weak deep convec-
tion), is carried out using ECHAM4, which is the same as Exp
WS except using default SC detrainment and turning off pen-
etrative convection detrainment. This experiment simulates a
weak equatorward propagation (Fig. 6). Although the asym-
metric BV can be excited to the north of the convective center,
as well as sufficient moisture transport to the lower tropo-
sphere, the deep convection is largely suppressed by the lack

of detrainment of penetrative convection; so, the NP cannot be
simulated. A good simulation of multi-cloud interaction is a
key to the BSISO simulation.

Acknowledgements This work was supported by the National Natural
Science Foundation of China (41275083, 91337105, 41425019 and
41420104002), the China National 973 Project (2015CB453200), the
Natural Science Foundation of Jiangsu (BK20150907), and the public
science and technology research funds projects of ocean (201505013).
This paper is ESMC Contribution No. 146.

References

Abhik S, Halder M, Mukhopadhyay P, Jiang X, Goswami B (2013) A
possible new mechanism for northward propagation of boreal sum-
mer intraseasonal oscillations based on TRMMandMERRA reanal-
ysis. Clim Dynam 40:1611–1624

Ajayamohan R, Annamalai H, Luo J-J, Hafner J, Yamagata T (2011)
Poleward propagation of boreal summer intraseasonal oscillations
in a coupled model: role of internal processes. ClimDynam 37:851–
867

Annamalai H, Slingo J (2001) Active/break cycles: diagnosis of the
intraseasonal variability of the Asian summer monsoon. Clim
Dynam 18:85–102

BellonG, Sobel AH (2008) Instability of the axisymmetric monsoon flow
and intraseasonal oscillation. Journal of Geophysical Research:
Atmospheres 1984–2012:113

Boos WR, Kuang Z (2010) Mechanisms of poleward propagating,
intraseasonal convective anomalies in cloud system-resolving
models. J Atmos Sci 67:3673–3691

Chikira M (2014) Eastward-propagating intraseasonal oscillation repre-
sented by Chikira–Sugiyama cumulus parameterization. Part II: un-
derstanding moisture variation under weak temperature gradient bal-
ance. J Atmos Sci 71:615–639

DeMott CA, Stan C, Randall DA (2013) Northward propagation mech-
anisms of the boreal summer intraseasonal oscillation in the ERA-
Interim and SP-CCSM. J Clim 26:1973–1992

Drbohlav H-KL, Wang B (2005) Mechanism of the northward-
propagating intraseasonal oscillation: insights from a zonally sym-
metric model*. J Clim 18:952–972

Fu X, Wang B, Li T, McCreary JP (2003) Coupling between northward-
propagating, intraseasonal oscillations and sea surface temperature
in the Indian Ocean*. J Atmos Sci 60:1733–1753

Gadgil S (2003) The Indian monsoon and its variability. Annu Rev Earth
Pl Sc 31:429–467

Gyoswami B, Shukla J (1984) Quasi-periodic oscillations in a symmetric
general circulation model. J Atmos Sci 41:20–37

Hendon HH, Salby ML (1994) The life cycle of the Madden-Julian os-
cillation. J Atmos Sci 51:2225–2237

Huffman GJ, Bolvin DT, Nelkin EJ, Wolff DB, Adler RF, Gu G, Hong Y,
Bowman KP, Stocker EF (2007) The TRMM multisatellite precip-
itation analysis (TMPA): quasi-global, multiyear, combined-sensor
precipitation estimates at fine scales. J Hydrometeorol 8:38–55

Jiang X, Li T, Wang B (2004) Structures and mechanisms of the north-
ward propagating boreal summer intraseasonal oscillation*. J Clim
17:1022–1039

Jiang X, Waliser DE, Li J-L, Woods C (2011) Vertical cloud structures of
the boreal summer intraseasonal variability based on CloudSat ob-
servations and ERA-Interim reanalysis. ClimDynam 36:2219–2232

Kanamitsu M, Ebisuzaki W, Woollen J, Yang S-K, Hnilo J, Fiorino M,
Potter G (2002) NCEP-DOE AMIP-II reanalysis (R-2). Bull Am
Meteorol Soc 83:1631–1643

1394 F. Liu et al.



Kang I-S, Kim D, Kug J-S (2010) Mechanism for northward propagation
of boreal summer intraseasonal oscillation: convective momentum
transport. Geophys Res Lett 37:24804

Kim D, Ahn M-S, Kang I-S, Del Genio AD (2015) Role of longwave
cloud–radiation feedback in the simulation of the Madden–Julian
oscillation. J Clim 28:6979–6994

Krishnamurti TN, Bhalme H (1976) Oscillations of a monsoon system.
Part I. Observational aspects. J Atmos Sci 33:1937–1954

Lau K, Peng L (1990) Origin of low frequency (intraseasonal) oscillations
in the tropical atmosphere part III: monsoon dynamics. J Atmos Sci
47:1443–1462

Lin J-L, Weickman KM, Kiladis GN, Mapes BE, Schubert SD, Suarez
MJ, Bacmeister JT, Lee M-I (2008) Subseasonal variability associ-
ated with Asian summer monsoon simulated by 14 IPCC AR4
coupled GCMs. J Clim 21:4541–4567

Liu F, Wang B (2012a) A conceptual model for self-sustained active-
break Indian summer monsoon. Geophys Res Lett 39:L20814

Liu F,Wang B (2012b) A frictional skeletonmodel for theMadden-Julian
oscillation. J Atmos Sci 69:2749–2758

Liu F, Wang B (2014) A mechanism for explaining the maximum
intraseasonal oscillation center over the Western North Pacific*. J
Clim 27:958–968

Liu F, Wang B (2016a) Effects of moisture feedback in a frictional
coupled Kelvin-Rossby wave model and implication in the
Madden-Julian oscillation dynamics. Clim Dynam:DOI:10.1007/
s00382–00016-03090-y

Liu F, Wang B (2016b) Role of horizontal advection of seasonal-mean
moisture in the Madden-Julian oscillation: a theoretical model anal-
ysis. J Climate:DOI:10.1175/JCLI-D-1116-0078.1171.

Liu F, Wang B, Kang I-S (2015) Roles of barotropic convective
momentum transport in the intraseasonal oscillation. J Clim
28:4908–4920

Liu F, Li T, Wang H, Deng L, Zhang Y (2016) Modulation of boreal
summer intraseasonal oscillations over the western North Pacific
by ENSO. J Climate:DOI:10.1175/JCLI-D-1115-0831.1171.

Madden RA, Julian PR (1994) Observations of the 40-50-day tropical
oscillation—a review. Mon Weather Rev 122:814–837

Majda AJ, Stechmann SN (2009) The skeleton of tropical intraseasonal
oscillations. Proc Natl Acad Sci U S A 106:8417–8422

Nordeng TE (1994) Extended versions of the convective parametrization
scheme at ECMWF and their impact on the mean and transient
activity of the model in the tropics. European Centre for Medium-
Range Weather Forecasts

Schneider EK, Lindzen RS (1976) A discussion of the parameterization
of momentum exchange by cumulus convection. J Geophys Res 81:
3158–3160

Simmons A, Uppala S, Dee D, Kobayashi S (2007) ERA-Interim: new
ECMWF reanalysis products from 1989 onwards. ECMWF Newsl
110:25–35

Sperber KR, Annamalai H (2008) Coupled model simulations of boreal
summer intraseasonal (30–50 day) variability, part 1: systematic
errors and caution on use of metrics. Clim Dynam 31:345–372

Stephens GL, Vane DG, Boain RJ, Mace GG, Sassen K, Wang Z,
Illingworth AJ, O’Connor EJ, Rossow WB, Durden SL (2002)
The CloudSat mission and the A-Train: a new dimension of space-
based observations of clouds and precipitation. Bull Am Meteorol
Soc 83:1771–1790

Wang B (2005) Theories. In: Lau, K.-M., Waliser, D.E. (Eds.),
Intraseasonal variability of the atmosphere-ocean climate system.
Springer-Verlag, Heidlberg, Germany

Wang B, Xie X (1997) A model for the boreal summer intraseasonal
oscillation. J Atmos Sci 54:72–86

Webster PJ (1983) Mechanisms of monsoon low-frequency variability:
surface hydrological effects. J Atmos Sci 40:2110–2124

Wu X, Yanai M (1994) Effects of vertical wind shear on the cumulus
transport of momentum: observations and parameterization. J
Atmos Sci 51:1640–1660

Wu M-LC, Schubert SD, Suarez MJ, Pegion PJ, Waliser DE (2006)
Seasonality and meridional propagation of the MJO. J Clim 19:
1901–1921

Zhang GJ, Song X (2009) Interaction of deep and shallow convection is
key to Madden-Julian oscillation simulation. Geophys Res Lett 36:
9708

Shallow convection-promoted northward propagation of BSISO 1395

http://dx.doi.org/10.1007/s00382-00016-03090-y
http://dx.doi.org/10.1007/s00382-00016-03090-y
http://dx.doi.org/10.1175/JCLI-D-1116-0078.1171
http://dx.doi.org/10.1175/JCLI-D-1115-0831.1171


E: the article selected the other issues  

Catalogue 

The first or corresponding author (* for corresponding author) :        

1. Wang, L., G. Huang*, W. Zhou and W. Chen, 2016: Historical change 

and future scenarios of sea level rise in Macau and the adjacent waters. 

Advances in Atmospheric Sciences, 33(4), 462-475 (SCI)  

(IF=1.819,2018) 

2. Zhang, S., G. Huang*, Y. Qi and G. Jia, 2018: Impact of Urbanization  

on Summer Rainfall in Beijing-Tianjin-Hebei Metropolis under 

Different Climate backgrounds, Theoretical and Applied Climatology, 

133(3-4) :1093-1106, DOI: 10.1007/s00704-017-2225-3   (SCI) 

(IF=2.72,2018) 

3. Wen,G.*, G. Huang*, H. Huang, C. Liu and X. Bi, 2019：Observed 

rainfall asymmetry of Tropical cyclone in the process of making 

landfall in Guangdong, South China, International Journal of 

Climatology,39(7):3379-3395,DOI:10.1002/joc.6027 (SCI)  

(IF=3.601,2018) 

4. Tian,Q.，G. Huang∗, K. Hu and D. Niyogi, 2019: Observed and global 

climate model based changes in wind power potential over the Northern 

Hemisphere during 1979-2016, Energy,167(2019),1224-

1235,https://doi.org/10.1016/j.energy. 2018.11. 027  (SCI) 

(IF=5.537,2018) 

5. Wang, S., G. Huang*, J. Lin, K. Hu*, L. Wang and H. Gong, 2019: 



Chinese Blue Days: A novel index and spatiotemporal variations, 

Environmental Research Letters,14(2019)074026,https://doi.org/ 

10.1088/1748-9326/ab29bb (SCI) (IF=6.192,2018) 

6. Li, S., L. Chen, G. Huang*, J. Lin*, Y. Yan, Y. Wang, Y. Huo and Z. 

Wang, 2020: Retrieval of surface PM2.5 mass concentrations using 

visibility measurements and GEOS-Chem simulations: application and 

validation in North China Plain,  Atmospheric Environment, 

222(2020): 117121,https://doi.org/10.1016/j.atmosenv.2019.11712  

(SCI) (IF=4.012,2018) 

7. Zhou, C., P. Liu, G. Huang,* J. Lin,**, K. Hu, L. Chen, J. Wang, S. Li, S. 

Wang and R. Ni, 2020: The impact of secondary inorganic aerosol 

emissions change on surface air temperature in the Northern 

Hemisphere, Theoretical and Applied Climatology, DOI: 

10.1007/s00704-020-03249-6 (SCI)  (IF=2.72,2018) 

8. Miao, H., D. Dong, G. Huang*, K. Hu, Q. Tian and Y. Gong，2020：

Evaluation of Northern Hemisphere surface wind speed and wind 

power density in multiple reanalysis datasets，Energy，200 (2020) 

117382, DOI: https://doi.org/10.1016/j.energy.2020.117382 (SCI)  

(IF=5.537,2018) 

9. Huang, G.*,X. Qu and P. Wang, 2010: Design of meteorological data 

analysis and diagnosis visualization system and its realization on the 

internet. Transactions of Atmospheric Sciences, 33(2):153-159( in 



Chinese) (CSCD) 

10. Zhang,S, G. Huang*, J. Wang, Y. Liu, G. Jia, G. Ren.2015.Impact of 

Urbanization on Summer Rainfall in Beijing-Tianjin-Hebei Area. 

Chinese Journal of Atmospheric Sciences, 39(5):911-925 (in Chinese) 

(CSCD) 

11. Zhao,W., K. Hu and G. Huang*,2016: Establishing, maintaining, and 

fading processes of summer pollution in urban Beijing, Climatic and 

Environmental Research (in Chinese), DOI: 10.3878 /j.issn.1006- 

9585.2016.15242 (CSCD) 

12. Wang, S., G. Huang*, K. Hu and L. Wang.2020. An Analysis of the 

Multi-scale Variations of Persistent Haze Events in Central and Eastern 

China from 1980 to 2014 [J]. Climatic and Environmental Research (in 

Chinese), 25(1): 103-112. doi:10.3878/j.issn. 1006-9585.2019.19049 

（CSCD）  

13. Li, H. , K. Fang *, J. Du, F. Zhou, Z. Dong, P. Zhang and G. Huang *

，2020：Modulations of the West Pacific Sea Surface Temperature on 

the covarying Eurasian droughts since the Little Ice Age，Quaternary 

2020, 3(2), 16; 1-13，https://doi.org/10.3390/quat3020016 (ESCI) 

14. Huang, G*., X. Dai, D. Dong, L. Lu and Z. Yan, 2015, Du-zheng Ye 

scientific contribution and research methods (chapter 14), Atmospheric 

Science Research Methods; Science Press,P296-307 (in Chinese) 

 



ADVANCES IN ATMOSPHERIC SCIENCES, VOL. 33, APRIL 2016, 462–475

Historical Change and Future Scenarios of Sea Level Rise in
Macau and Adjacent Waters

Lin WANG1, Gang HUANG∗2,3, Wen ZHOU4, and Wen CHEN5

1Key Laboratory of Regional Climate–Environment for Temperature East Asia, Institute of Atmospheric Physics,

Chinese Academy of Sciences, Beijing 100029
2State Key Laboratory of Numerical Modeling for Atmospheric Sciences and Geophysical Fluid Dynamics,

Institute of Atmospheric Physics, Chinese Academy of Sciences, Beijing 100029
3Joint Center for Global Change Studies, Beijing 100875

4Guy Carpenter Asia–Pacific Climate Impact Centre, School of Energy and Environment, City University of Hong Kong, Hong Kong
5Center for Monsoon System Research, Institute of Atmospheric Physics, Chinese Academy of Sciences, Beijing 100190

(Received 9 February 2015; revised 26 May 2015; accepted 15 June 2015)

ABSTRACT

Against a background of climate change, Macau is very exposed to sea level rise (SLR) because of its low elevation,
small size, and ongoing land reclamation. Therefore, we evaluate sea level changes in Macau, both historical and, especially,
possible future scenarios, aiming to provide knowledge and a framework to help accommodate and protect against future
SLR. Sea level in Macau is now rising at an accelerated rate: 1.35 mm yr−1 over 1925–2010 and jumping to 4.2 mm yr−1

over 1970–2010, which outpaces the rise in global mean sea level. In addition, vertical land movement in Macau contributes
little to local sea level change. In the future, the rate of SLR in Macau will be about 20% higher than the global average, as a
consequence of a greater local warming tendency and strengthened northward winds. Specifically, the sea level is projected
to rise 8–12, 22–51 and 35–118 cm by 2020, 2060 and 2100, respectively, depending on the emissions scenario and climate
sensitivity. Under the +8.5 W m−2 Representative Concentration Pathway (RCP8.5) scenario the increase in sea level by
2100 will reach 65–118 cm—double that under RCP2.6. Moreover, the SLR will accelerate under RCP6.0 and RCP8.5, while
remaining at a moderate and steady rate under RCP4.5 and RCP2.6. The key source of uncertainty stems from the emissions
scenario and climate sensitivity, among which the discrepancies in SLR are small during the first half of the 21st century but
begin to diverge thereafter.

Key words: Macau, sea level rise, emissions scenario, climate sensitivity, vertical land movement, uncertainty
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1. Introduction
Macau (22◦10’N, 113◦33’E), a special administrative re-

gion of China, is located on the southern coast of China, on
the South China Sea (Fig. 1). Its territory consists of Macau
Peninsula and the islands of Taipa and Coloane, totaling 30.3
km2 up to 2014. In fact, the total area of Macau was only 2.78
km2 in the 17th century, but it has been enlarged by 50% since
1912 because of land reclamation efforts. Currently, land
reclamation in Macau is still ongoing. In addition, Macau has
generally flat terrain, with the lowest point being 0 m. Due to
its low-lying elevation and significant coastal development,
Macau faces huge risks from sea level rise (SLR).

As reported by Church and White (2006) and Nerem et

∗ Corresponding author: Gang HUANG
Email: hg@mail.iap.ac.cn

al. (2010), global mean sea level (GMSL) has been rising at a
rate of 1.7±0.3 mm yr−1 over the last century, while during
the last 20 years it has risen to 3.3±0.4 mm yr−1, suggesting
that SLR is accelerating. SLR due to global warming is a se-
rious global threat, especially for Macau, where a large popu-
lation, economic activity, and important cultural features are
situated. Generally, SLR has a far-reaching and pronounced
impact on coastal assets through increased coastal erosion,
higher surge flooding, landward intrusion of seawater, and
more extensive coastal inundation. As indicated by Nicholls
and Cazenave (2010), the future of China’s coastline appears
to be highly threatened by SLR.

To reduce the risk of current and future SLR, great ef-
fort has been expended in studying it at both global and
local scales. Here, we focus on sea level change at the local
level, which has particular relevance for local policymaking.
Several research teams have conducted assessments of sea
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Fig. 1. Geographical location of Macau (red dot) along with Zha
Po, Tai Po Kau and North Point Quarry Bay (NPQB) (brown
dots) in China.

level change associated with a given city: for example, Chen
and Omstedt (2005) discussed the climate-induced sea level
variation in Stockholm from 1873 to 1995; Moron and Ull-
mann (2005) investigated the relationship between sea level
pressure and sea level height in Camargue; and Stephens and
Bell (2009) reviewed the coastal inundation and SLR in Nel-
son, New Zealand. Regarding coastal cities in China, Ding
et al. (2001), BakiIz and Shum (2000), Li and Mok (2011)
and Wong et al. (2003) all examined the long-term sea level
change in Hong Kong, the other special administrative region
of China; and He et al. (2014) estimated regional sea level
change in the Pearl River Delta. Despite significant sea level
research, there are no studies dealing specifically with sea
level change in Macau. Moreover, few studies have empha-
sized future changes in sea level, which is crucial to advance
planning for adaptive strategies.

Generally, the rise of sea level not only has tremendous
impact on Macau, but affects any coastal lowland. Neverthe-
less, compared to other port cities along the coastal margins
of China, Macau is most susceptible to SLR-induced hazards.
On the one hand, because of limited land areas, the landward
migration of coastal assets and communities will be much
more constrained. On the other hand, Macau has the largest
land reclamation programs in China, which in turn exacer-
bates the threats from SLR. Hence, Macau is most concerned
about the potential SLR in future brought by climate change
and mitigation strategies to deal with associated detrimen-
tal consequences. In light of the high priority for addressing
sea level-related issues in Macau, we carry out a comprehen-

sive evaluation of historical and possible future changes in
Macau. Meanwhile, although concentrating on the Macau
region, this study is expanded to encompass the neighboring
corridor along the coasts of southern China (SC).

This paper is structured as follows: The tide gauge, satel-
lite and model-based data are described in section 2. Section
3 presents the detail of the methodology used for construct-
ing a relative sea level (RSL) scenario. The historical change
of sea level in Macau and adjacent waters is demonstrated in
section 4, followed by projected future scenarios in section 5.
Finally, section 6 summarizes the key conclusions with some
discussion of related issues.

2. Data
2.1. Tide gauge measurements

Hourly tidal data in Macau for the period 1925–2010,
gathered by the Macau Meteorological and Geophysical Bu-
reau, are used in this study. To remove short-term fluctuation,
such as diurnal and semidiurnal oscillations, the monthly
mean sea levels are computed from hourly tidal records. Note
that tide gauges measure the sea level relative to a fixed
benchmark on nearby land, so tide gauge observations con-
sist of signals from both sea level change and vertical land
motion. Therefore, tide gauges measure RSL change.

To detect how global change influences local sea level in
Macau, the GMSL dataset of the same time span is retrieved
from the Commonwealth Scientific and Industrial Research
Organisation, available at http://www.cmar.csiro.au/sealevel/
sl data cmar.html. The reconstruction product is developed
by Church and White (2011) based on in-situ sea level data
from coastal tide gauges worldwide.

Historical tide gauge observations other than Macau
along the SC coast are obtained from the Permanent Service
for Mean Sea Level (PSMSL) databank (http://www.psmsl.
org/). Established in 1933, the PSMSL has been responsible
for the collection, publication, analysis and interpretation of
sea level data from the global network of tide gauges. The
time series of tidal measurements produced by the PSMSL
have been adjusted to a common datum, called Revised Lo-
cal Reference, which is defined to be approximately 7000
mm below the mean sea level. Only stations with sufficient
records that span at least 30 years are considered for this
study. The names, geographic distribution and data length
of the three selected stations are shown in Table 1 and Fig. 1.

2.2. Satellite altimetry data
Gridded satellite data of sea level anomalies are ob-

tained from AVISO (Archiving, Validation and Interpretation
of Satellite Oceanographic Data) (Dibarboure et al., 2014),
which is a merged product based on altimetry data from
Topex/Poseidon, Jason-1, ERS-1 and ERS-2, and EnviSat.
The near-global sea level anomaly data are available on a
0.25◦× 0.25◦ latitude–longitude grid from 1993 to 2012 at
monthly intervals. In addition, the AVISO data are provided
in the form of anomalies compared to the 20-yr mean from
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1993 to 2012. Relevant information about the altimetry data
and detailed procedures used in the generation of AVISO can
be found at http://www.aviso.altimetry.fr. In contrast to tide
gauge observations, satellite altimetry measurements are car-
ried out in a geocentric reference frame; in other words, rel-
ative to the center of the Earth. Therefore, satellite altimetry
measures absolute sea level (ASL) change.

2.3. CMIP5 multi-model outputs
To assess potential future changes in sea level, data from

24 coupled climate models are downloaded from the Cou-
pled Model Intercomparison Project Phase 5 (CMIP5) (Tay-

lor et al., 2012). Table 2 summarizes information about the
models used in this study and their associated organizations.
Thanks to SimCLIM software, the sea level data have been
processed with a pattern scaling technique and subsequently
downscaled to a common 0.5◦×0.5◦ latitude–longitude grid.
Therefore, we employ the refined data provided by the Sim-
CLIM software rather than the raw model output. To en-
compass a broad range of scenarios in expected sea level
change, a full suite of emissions levels, including the +2.6
W m−2 Representative Concentration Pathway(RCP2.6) sce-
nario, RCP4.5, RCP6.0, and RCP8.5 (Moss et al., 2010), is
used. Besides model-based sea level data, forcing scenar-

Table 1. Tide gauge stations along the SC coast used for this study, along with their latitude–longitude locations and recording periods.

Station name Location Recording period Data source

Macau (22.2◦N, 113.55◦E) 1925–2010 Macau Meteorological and Geophysical Bureau
Zha Po (21.583◦N, 111.817◦E) 1959–2014 PSMSL

Tai Po Kau (22.443◦N, 114.184◦E) 1963–2013 PSMSL
North Point Quarry Bay (22.291◦N, 114.213◦E) 1950–2013 PSMSL

Table 2. Summary of the 24 climate models from CMIP5 used in this study.

Model Modeling center

bcc-csm1-1 Beijing Climate Center, China Meteorological Administration
bcc-csm1-1-m Beijing Climate Center, China Meteorological Administration

CanESM2 Canadian Centre for Climate Modelling and Analysis
CCSM4 National Center for Atmospheric Research

CMCC-CMS Centro Euro-Mediterraneo per I Cambiamenti Climatici
CMCC-CM Centro Euro-Mediterraneo per I Cambiamenti Climatici

CNRM-CM5 Centre National de Recherches Météorologiques/Centre Européen de Recherche et Formation Avancée en
Calcul Scientifique

CSIRO-Mk3-6-0 Commonwealth Scientific and Industrial Research Organization in collaboration with Queensland Climate
Change Centre of Excellence

GFDL-CM3 NOAA Geophysical Fluid Dynamics Laboratory
GFDL-ESM2G NOAA Geophysical Fluid Dynamics Laboratory
GFDL-ESM2M NOAA Geophysical Fluid Dynamics Laboratory
GISS-E2-R-CC NASA Goddard Institute for Space Studies

GISS-E2-R NASA Goddard Institute for Space Studies
HadGEM2-CC Met Office Hadley Centre (additional HadGEM2-ES realizations contributed by Instituto Nacional de

Pesquisas Espaciais)
HadGEM2-ES Met Office Hadley Centre (additional HadGEM2-ES realizations contributed by Instituto Nacional de

Pesquisas Espaciais)
inmcm4 Institute for Numerical Mathematics
MIROC5 Atmosphere and Ocean Research Institute (The University of Tokyo), National Institute for Environmental

Studies, and Japan Agency for Marine-Earth Science and Technology

MIROC-ESM Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute (The
University of Tokyo), and National Institute for Environmental Studies

MIROC-ESM-CHEM Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute (The
University of Tokyo), and National Institute for Environmental Studies

MPI-ESM-LR Max-Planck-Institut für Meteorologie (Max Planck Institute for Meteorology)
MPI-ESM-MR Max-Planck-Institut für Meteorologie (Max Planck Institute for Meteorology)
MRI-CGCM3 Meteorological Research Institute
NorESM1-M Norwegian Climate Centre

NorESM1-ME Norwegian Climate Centre
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ios of relevant variables including ocean heat content (OHC)
for total column, and meridional wind under RCP4.5 and
RCP8.5, are also investigated, in order to gain better insight
into sea level issues. OHC in this study is defined as the ver-
tical average of ocean potential temperature from the surface
to the sea floor, according to the equation

OHC =
1
z

∫ z

0
θ(z)dz , (1)

in which θ is the potential temperature and 0 and z repre-
sent sea surface and sea floor depth. Note that the definition
of OHC here differs from the classical one, but they have
essentially the same physical sense. In addition, following
the latest progress by the Intergovernmental Panel on Climate
Change (IPCC), the 30-yr period from 1986 to 2005 is chosen
for the baseline climate.

3. Methodology
3.1. Components of RSL change

It is relative rather than absolute SLR that requires plan-
ning in a given region. In general, RSL change for a specific
site can be attributed to a combination of three main compo-
nents (Nicholls et al., 2011):

(1) GMSL rise. This reflects the change in the global vol-
ume of the ocean, which is primarily due to thermal expan-
sion of the ocean as it warms and the melting of glaciers and
ice sheets.

(2) Departures from the global average. This is caused by
non-uniform distributions of temperature change, along with
spatially varying responses of atmospheric and oceanic cir-
culation to climate change. The regional departures can be as
much as 50%–100% from the global average.

(3) Vertical land movement (VLM). In general, VLM oc-
curs owing to various natural and anthropogenic geological
processes. The former include tectonic activity, glacial iso-
static adjustment, and earthquakes, while the latter involve
groundwater extraction and drainage. The inclusion of VLM
is critical to the determination of RSL change, since its mag-
nitude could be appreciable in its effects on SLR itself. A
landmass can rise, subside, or remain stable. The subsidence
of land exacerbates the adverse impact of SLR, while uplift
processes alleviate it. For example, the sea level at Stock-
holm is falling by a few millimeters per year because of land
emergence in response to the disappearance of ice during the
last deglaciation; in contrast, Manila has experienced consid-
erable land settlement induced by intensive ground pumping,
which enhances the local SLR.

Direct monitoring of VLM is accomplished through con-
tinuous GPS. Unfortunately, there is no such measurement
at Macau. Nevertheless, an alternative and indirect approach
is still available to recover the VLM. Because altimetry and
tide gauges measure ASL and RSL, respectively, and ASL,
RSL and VLM are interrelated by RSL = ASL−VLM, on
the one hand the sea level difference between altimetry and
tide gauge data is dominated by VLM, while on the other

hand geological processes are so slow that they are usually
considered linear on a time scale of a few centuries (Chen and
Omstedt, 2005). Consequently, the linear trend of sea level
difference (altimetry minus tide gauge) is the proxy of the lo-
cal rate of VLM. This method has been extensively explored
and validated in many works, e.g., Cazenave et al. (1999),
Garcı́a et al. (2007), and Ray et al. (2010).

In short, regional RSL rise can be readily derived by inte-
grating the above three components of sea level change using
the following expression:

∆RSL = ∆GMSL+∆SLR−∆VLM , (2)

where ∆RSL is the change in RSL for a given site, ∆GMSL
is the change in GMSL, ∆SLR is the regional deviation in sea
level from the global average, and ∆VLM is the change in
local VLM.

3.2. SimCLIM software

SimCLIM is an integrated software package designed for
impact and adaptation assessment related to climate change
and variability (Warrick et al., 2005). It is one of the tools rec-
ommended by the United Nations Framework Convention on
Climate Change in the area of impact and vulnerability anal-
yses. Currently, SimCLIM runs on the latest CMIP5 datasets
and supports four RCP emission scenarios (RCP2.6, RCP4.5,
RCP6.0, and RCP8.0). One of the major features of Sim-
CLIM is a sea level scenario generator. For generating fu-
ture projected sea level changes, SimCLIM adopts a “pat-
tern scaling” method that involves the use of spatial output
from complex coupled atmosphere–ocean circulation mod-
els in conjunction with projections of global-mean climate
changes deduced from a simple climate model. The pattern
scaling method was initiated by Santer et al. (1990) and has
received widespread use in the construction of climate sce-
narios (Walsh et al., 1998; Mitchell, 2003). This technique
is based on the theory that a simple climate model is capa-
ble of representing a global climate response, even when the
response is nonlinear and a wide range of climatic variables
are a linear function of the amount of global warming. To de-
rive the scaling pattern, the spatial sea level change, produced
by a coupled climate model, is divided by the corresponding
global mean obtained from a simple climate model. The ra-
tio, also called the scaling factor, in each grid is interpreted
as the local change with respect to the per unit change in the
global mean. Therefore, the scaling factor indicates whether
the local SLR will be equal to (scaling factor = 1), greater
than (>1), or less than (<1) the global average value. For
example, if the local ratio is 1.25, then for every centimeter
rise of GMSL, the local rise will be 1.25 cm.

4. Historical sea level change and estimate of
VLM

The monthly mean sea level at Macau relative to the local
chart datum is given in Fig. 2. The chart datum in Macau
is defined to be 1.8 m and 2.34 m below mean sea level for
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Fig. 2. Temporal evaluation of RSL at Macau (units: mm) in
reference to local chart datum.

the periods 1925–1966 and 1967 to present, respectively. To
remove the datum discontinuity, the monthly means have
been reduced to a common datum: 2.34 m below mean sea
level. An overall upward trend of RSL is revealed at a rate of
1.35 mm yr−1. However, the rising trend is not monotonic but
dominated by multidecadal variability. From the mid-1950s

to 1970s, the sea level generally falls, with a linear trend of
−9.6 mm yr−1. Since the 1970s, the sea level in Macau has
risen significantly, at a rate of 4.2 mm yr−1.

Figure 3 illuminates the possible links between sea level
changes in Macau and GMSL. Although seemingly close to
linear, the evolution of GMSL does contain decadal-scale
fluctuation, as illustrated in Fig. 3d. It is noticeable that the
GMSL also experienced a similar regime shift from the 1950s
to the early 1970s, but with weak amplitude. Further, the
27-yr sliding correlation shown in Fig. 3e confirms the tem-
poral consistency between the detrended sea level in Macau
and the GMSL before the mid-1970s, suggesting that global-
scale change may have played a crucial role in shaping the
sea level in Macau prior to the mid-1970s. However, such
an association tends to break down after 1970, implying that
sea level change due to local and regional factors dominates
from the mid-1970s onward. These conjectures need to be
proven through extensive diagnoses and experimentation, but
it is beyond the scope of this study to go into such detail.

The historical perspective of sea water levels adjacent to

Fig. 3. (a, b) Time Series of annual sea level anomalies in Macau relative to the entire period and those with secular trend
removed; (c, d) same as a and b, but for global mean sea level (GMSL); (e) 27-year running correlation between detrended
sea level in Macau and GMSL. Correlations are computed over 27-year segments moving from the beginning to the end of
the records. The blue dashed line marks the critical correlation coefficient (0.32) at a confidence level of 90%.
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Fig. 4. Annual sea level anomalies at Zha Po (a), Tai Po Kau
(b), North Point Quarry Bay (c) from 1950 to 2014. Red dashed
line denotes the linear trend over the period of 1993 to 2012.

Macau is examined next. Figure 4 demonstrates the evolution
of annual sea level with the long-term climatological mean
removed at Zha Po, Tai Po Kau and North Point Quarry Bay,

which have record lengths of more than 30 years. It is no-
ticeable that the temporal pattern of sea level observed at Zha
Po, Tai Po Kau and North Point Quarry Bay are remarkably
similar to that over Macau, with a rapid decline from 1950 to
around 1970 followed by a general upward trend since then.
The sea levels at the three tide gauge sites are highly cor-
related with that for Macau, with correlation coefficients of
0.79, 0.69 and 0.73, respectively. Also, the sea level at these
three tide gauges rose at a rate of 2.6, 2.5 and 2 mm yr−1 dur-
ing the period 1993–2012, significant at the 95% confidence
level. On the whole, the sea level oscillations in the histor-
ical perspective are found to exhibit regional-scale spatially
coherent signals across the shoreline band of SC.

From the perspective of satellite altimetry, as shown in
Fig. 5 [also reported by the IPCC’s Fifth Assessment Re-
port (AR5)], sea level has not risen uniformly worldwide dur-
ing the satellite era (1993–2012). In some regions, such as
the eastern Pacific, rates of sea level change are slower than
the global average, or even negative. However, the western
Pacific is characterized by pronounced greater-than-average
SLR. This is also the case for Macau, whose rate of SLR
since 1993 amounts to 3.2 mm yr−1, higher than the global
mean rate of about 2.9 mm yr−1. Moreover, as we will see in
section 5, the sea level at Macau will continue to rise faster
than the global mean in the future.

Since VLM is essential to the local effects of SLR, the
most important task is to estimate the VLM at Macau fol-
lowing the procedure outlined in section 3.1. The monthly
sea level difference, altimetry minus tide gauge, is calculated
over 1993–2010. Figure 6a displays the monthly altimetry
and tide gauge sea level at Macau. These two time series are
highly coherent, with a correlation coefficient of 0.83. The
sequence of altimeter minus gauge differences is shown in
Fig. 6b, with the linear fit imposed. As indicated by the linear
trend, the rate of VLM at Macau is estimated at −0.153 mm
yr−1, accumulating only 1.53 cm of subsidence over a span
of one century. An identical outcome can also be achieved if
we rely on the annual average time series (figure not shown).

Fig. 5. Spatial pattern in sea level trends (units: mm yr−1) for the period 1993 to 2012 based on AVISO.
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Fig. 6. (a) Altimetric (blue dashed line) and tide gauge (red
solid line) sea level anomalies at Macau from 1993 to 2010 at
monthly intervals, and (b) their difference (green dots) along
with the fitted linear regression (blue line).

Consequently, it can be concluded that Macau has virtually
no vertical motion. Finally, it is necessary to emphasize that
the tendency of VLM is computed indirectly; if geodetic mea-
sures from GPS are launched in the future, VLM will be es-
timated more accurately.

5. Future scenarios of SLR
Prior to model projections of future sea level in Macau

and adjacent waters, it is necessary to test model perfor-
mance. Essentially, state-of-the-art climate simulations re-
flect the part of variability due to long-term signals, but do
not account for interannual/decadal variability. Thus, it is
more relevant to evaluate the skill of climate models to simu-
late trends. Unfortunately, the downscaled outputs of histori-
cal simulations offered by SimCLIM cover a short time span
starting from 1995. With readily available data, it is found
that the observed trend for 1995–2010 falls within the mod-
els’ range, approaching the upper bound exactly (figure not
shown), which demonstrates their ability to capture present
climate tendency during the given period. Despite uncertain-
ties in simulations, models are unanimous in their prediction
of substantial SLR at Macau under greenhouse gas (GHG)
increases, as we will see below.

As clarified in section 3.1, regional sea level change con-
tains three contributions: GMSL change, departures from
GMSL, and VLM. First, the future projected GMSL relative
to 1986–2005 under four emissions scenarios is shown in Fig.
7. For each scenario, low, medium and high climate sensitiv-

ity projections are provided. Generally, climate sensitivity
refers to the equilibrium change in surface air temperature
following a unit change in radiative forcing. Since different
GCMs produce different results for the same GHG emission
scenarios, GCMs have different climate sensitivities. The
GMSL is expected to rise for all emissions scenarios and
climate sensitivities. Furthermore, the highest SLR is pro-
jected under the RCP8.5 scenario, and the lowest under the
RCP2.6 scenario, which corresponds to the highest and low-
est global warming in the future. In particular, the ranges of
global SLR in 2100 are 28–61 cm, 36–71 cm, 38–73 cm and
53–98 cm under RCP2.6, RCP4.5, RCP6.0, and RCP8.5, re-
spectively. If we combine emissions uncertainty and climate
sensitivity uncertainty, the plausible GMSL change by 2100
ranges from 28 to 98 cm. Table 3 reports details of the GMSL
changes, including the central estimate and likely range, for
2020, 2060, and 2100. At the beginning of this century, the
magnitude of change in GMSL among different emission sce-
narios is fundamentally identical, indicating the limited effect
of GHG concentration on the response of GMSL. However,
the discrepancies in GMSL rise among different RCP sce-
narios become more and more noticeable as time progresses,
especially at the end of the 21st century. Finally, it is note-
worthy that the results yielded here are quite consistent with
IPCC AR5 (Church et al., 2013).

Second, the regional departure from the GMSL in the
scenario period is subsequently examined. The projected
scaling factors in Macau for all climate models and their
average are given in Fig. 8. There is a clear consensus
among models (probability >85%) that sea level in Macau is
likely to rise more rapidly than the global average, with the
maximum scaling factor of 1.76 being recorded by CNRM-
CM5. The scaling factors from HadGEM2-CC, HadGEM2-
ES, and MIROC5, although less than 1, are very close to
1. Based on the multimodel ensemble mean, the ratio of
local sea level change to the global average is 1.23, sug-
gesting that the rate of SLR in Macau is 20% higher than
the GMSL. In addition, as indicated by Fig. 9, faster SLR
than the ocean as a whole occupies not only just Macau
but indeed all over the coastal areas along SC, with a high
degree of inter-model consistency. But what are the driv-
ing forces behind the greater-than-average SLR in Macau?

Table 3. Central estimate and range of GMSL change (cm) relative
to 1986–2005 climatology under four emissions scenarios (RCP2.6,
RCP4.5, RCP6.0, and RCP8.5). Results are presented for each emis-
sions scenario. Values are the central estimate with the range in
parentheses. The projected changes in the case of medium, low and
high climate sensitivities are adopted as the central estimate, lower
and upper bounds of the range.

2020 2060 2100

RCP2.6 8 (6–10) 26 (18–35) 44 (28–61)
RCP4.5 8 (6–10) 28 (21–37) 53 (36–71)
RCP6.0 8 (6–10) 27 (19–35) 55 (38–73)
RCP8.5 8 (6–11) 33 (24–42) 74 (53–98)
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Fig. 7. Future projected changes in GMSL relative to 1986–2005 for low (green), medium (red) and high (blue)
climate sensitivity under (a) RCP2.6, (b) RCP4.5, (c) RCP6.0 and (d) RCP8.5.

Fig. 8. Scaling factor in Macau for each model (blue diamonds)
and the multimodel ensemble mean (red dot).

To address this problem, regional thermal conditions and dy-
namic processes that influence regional sea level are illumi-

nated. In terms of local thermal conditions, Fig. 10 shows
the departures of local full depth OHC changes from the
global average. The ocean along China’s coastline appears
to be warming more quickly than the global average, indicat-
ing an enhanced thermal expansion effect and thus higher sea
level. In particular, the area adjacent to Macau is character-
ized by much stronger inter-model agreement, which persists
throughout the 21st century. The inhomogeneous spatial pat-
tern of projected oceanic heat gain is primarily a response
to changes in air–sea fluxes and ocean circulation (Palmer,
2014). The downward net surface heat flux—the sum of
shortwave radiation, longwave radiation, sensible heat flux
and latent heat flux—around Macau and its adjacent seawa-
ters exhibits an evident positive trend, indicating increased
heat penetrating into the ocean (figure not shown). Apart
from the influence of non-uniform increases in OHC, changes
in regional atmospheric circulation also play an important
role in generating an in situ sea level response through phys-
ical forcing of the wind. Based on the projected meridional
wind signatures shown in Fig. 11, intensified southerlies with
high inter-model coherence prevail over South China and the
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Fig. 9. Multimodel median for the projected scaling factor. Values greater than 1 indicate faster local sea level
rise than global, and vice versa. Stippling indicates where at least 80% of all participating climate models have
a scaling factor greater than 1 or less than 1.

surrounding region, which causes future SLR in Macau to be
higher than the global average via the piling up of local wa-
ter. But why does southerly wind tend to strengthen in future?
With global warming, the temperature increase over land will
be more rapid than that over the oceans, and the continental-
scale land–sea thermal contrast will become larger in sum-
mer and smaller in winter. Therefore, it follows that the
summer monsoon will be stronger and the winter monsoon
weaker in the future, promoting intensified southerly anoma-
lies (Sun and Ding, 2010). In short, faster SLR in Macau
is connected with a stronger thermal expansion of local sea
water and strengthened southerlies in the future.

The last component essential to creating a RSL rise sce-
nario is the VLM-related trends. In Macau, however, the
VLM makes little contribution to RSL change. Figures 12
and 13 illuminate the projected change in ASL and RSL
(ASL combined with VLM), respectively. There is obvious
high agreement between ASL and RSL, so in the following
investigation we focus mainly on RSL (Fig. 13), which is
the ultimate objective in this study. Despite the sea level in
Macau tracking close to the global average (Fig. 7) through-
out the entire 21st century, its amplitude is stronger. If we
consider the worst-case RCP8.5 together with high climate
sensitivity, for instance, sea level in Macau will rise by 118
cm, 20 cm above the global mean. The values associated with
the projected SLR in Macau are shown in Table 4. Based on
Fig. 13 and Table 4, three basic characteristics can be iden-
tified: (1) The higher emissions scenario leads to a more
remarkable SLR than the lower emissions scenario: 90 cm
under RCP8.5 versus 54 cm under RCP2.6 by 2100, for ex-
ample, as a consequence of stronger ocean thermal expansion

Table 4. As in Table 3 but for Macau (units: cm).

2020 2060 2100

RCP2.6 10 (8–12) 32 (22–43) 54 (35–74)
RCP4.5 10 (8–12) 34 (26–45) 65 (44–86)
RCP6.0 10 (8–12) 33 (24–43) 67 (47–88)
RCP8.5 10 (8–13) 40 (30–51) 90 (65–118)

and loss of mass from glaciers and ice sheets due to more
rapid warming. Moreover, under RCP8.5 the linear trends
for the periods 2020–2060 and 2060–2100 are 0.75 mm yr−1

and 1.25 mm yr−1, respectively, highlighting the accelerating
SLR in the future, which is also the case for RCP6.0. How-
ever, under RCP2.6 and RCP4.5, the SLR will remain at a
moderate and steady rate. (2) The different emissions scenar-
ios do not lead to dramatically different sea level responses
during the beginning of the 21st century, but thereafter the
projections begin to diverge. As shown in Table 4, all emis-
sions scenarios predict a SLR of 10 cm, with a probable range
from 8 cm to 12 cm, by 2020; however, by 2100 the projected
sea levels under RCP8.5 reach 65–118 cm, double those un-
der RCP2.6. (3) The climate sensitivity–related uncertainty
tends to broaden with time, since the full ranges for 2020,
2060 and 2100 under RCP4.5 are 4 cm, 19 cm and 42 cm,
respectively. In contrast, given the same climate sensitivity,
the random uncertainty bounds are rather narrow, as indicated
by the shading in Fig. 13. Consequently, the majority of the
uncertainty originates from poor knowledge of climate sensi-
tivity along with emissions levels, whereas other factors are
likely to be secondary.
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Fig. 10. Spatial pattern of the departure of local OHC change from the global average (units: ◦C) for (a, b)
2010–2039, (c, d) 2040–2069 and (e, f) 2070–2099 under (a, c, e) RCP4.5 and (b, d, f) RCP8.5. Stippling
indicates where at least 75% of all GCMs agree on the sign. The red end of the color scale implies a faster
rate of OHC increase compared to the global average, while the blue end denotes the opposite.

In short, the SLR in Macau by 2100 will span between
a minimum of 35 cm and a maximum of 118 cm, depending
on the emissions scenario and climate sensitivity. In addition,
CMIP5 simulations give analogous patterns and magnitudes
of future SLR along the entire coastline of SC compared to
the changes in Macau, but are not detailed here.

6. Conclusions

Global warming-related SLR constitutes a substantial
threat to Macau, due to its low elevation, small size and on-
going land reclamation. This study was devised to determine
the long-term variation of sea level change in Macau, as well
as to develop future scenarios based on tide gauge and satel-
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Fig. 11. Spatial pattern of meridional wind change at 1000 hPa (units: m s−1) from the reference period
(1986–2005) to (a, b) 2010–2039, (c, d) 2040–2069 and (e, f) 2070–2099 under (a, c, e) RCP4.5 and (b, d,
f) RCP8.5. Stippling indicates where at least 75% of all GCMs agree on the sign. The cyan end of the color
scale indicates southerly anomalies, while the brown end indicates the opposite.

lite data and GCM simulations, aiming to provide knowledge
for SLR mitigation and adaptation.

Based on local tide gauge records, the rate of SLR shifted
from about 1.35 mm yr−1 over 1925–2010 to 4.2 mm yr−1

over 1970–2010, reflecting an apparent acceleration of SLR.
Despite the overall upward trend, the sea level in Macau also
exhibits decadal variability. Furthermore, satellite altimetry
data reveal that the sea level near Macau rose 10% faster than
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Fig. 12. As in Fig. 7 but for absolute SLR at Macau. Shading denotes the interquartile range across all climate
models.

the global mean during the period from 1993 to 2012. Since
the local sea level could be significantly adjusted by the rate
of VLM, we subsequently derived it by calculating the lin-
ear trend of sea level difference between satellite altimetry
and tide gauge measurements. The result indicates almost
no rising or sinking of the landmass in Macau. However,
complementary measurements based on high-accuracy GPS
equipment co-located with the tide gauge at Macau should be
implemented in the future to better monitor the rate of VLM.

As projected by a suite of climate models, the Macau
SLR deviates positively from the global average by about
20%, indicating a 1.2 m SLR in Macau, corresponding to
a unit increase of global average SLR. This is induced pri-
marily by a greater-than-average rate of oceanic thermal ex-
pansion in Macau, together with enhanced southerly anoma-
lies that lead to a piling up of sea water. Specifically, RSLs
with the local rate of VLM added indicate a rise of 8–12,
22–51, and 35–118 cm by 2020, 2060 and 2100 with respect
to the 1986–2005 baseline climatology, respectively, with the
amount of rise dependent on the emissions scenario and cli-
mate sensitivity. If we consider the medium emissions sce-
nario RCP4.5 along with medium climate sensitivity, Macau
can expect to experience an SLR of 10, 34 and 65 cm by

2020, 2060 and 2100. If the worst case happens (RCP8.5
plus high climate sensitivity), the SLR will be far higher than
that in the medium case; namely, 13, 51 and 118 cm by 2020,
2060, and 2100, respectively. The SLR under the lower emis-
sions scenario is expected to be less severe than that under the
higher emissions scenarios: by 2100, an SLR of 65–118 cm
in Macau under RCP8.5, almost twice as fast as that under
RCP2.6. Moreover, the SLR will accelerate under RCP6.0
and RCP8.5, while remaining at a moderate and steady rate
under RCP4.5 and RCP2.6. The GHG forcing scenario has
virtually no influence on the projected change during the be-
ginning of this century, but its impact on divergent sea level
responses becomes noticeable after the middle of the century.
The majority of the projection uncertainty comes from the
emissions scenario and poor knowledge of climate sensitiv-
ity. By 2020, the uncertainty range is only 4 cm, yet by 2100
the range will be increased to 83 cm. Moreover, the sea level
changes in the past and future over the whole of SC to a large
extent resemble that in Macau.

This study concerns scenario development, which is only
the first step in the whole process. Additional problems need
to be addressed, as follows: (1) Given the large uncertainties
in future projections, the obvious question is how to select
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Fig. 13. As in Fig. 12 but for relative SLR (incorporating VLM) at Macau.

appropriate SLR values. Consequently, continuous monitor-
ing of actual SLR, and understanding of which emissions sce-
nario and climate sensitivity is the most realistic, are essential
to the scenario choice. (2) Extreme high-water events (short-
term phenomena) in Macau are not examined in this study,
but they must be recognized in impact analysis. Although ris-
ing sea level will increase the probability of storm surges and
waves, quantitative assessments of such risks are inevitable in
the future. (3) And last but not least, what are the most suit-
able adaptation policies and planning objectives in Macau?
In general, we need to combine the consequences of SLR and
the potential costs incurred in future adaptations. Therefore,
feasible mitigation and adaptation strategies should be initi-
ated to address SLR.
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Abstract The Beijing–Tianjin–Hebei region experienced the
most rainfall in 1994 and the least rainfall in 1997 during the
last 20 years. Utilizing the Weather Research and Forecasting
(WRF) model coupled with a single-layer urban canopy mod-
el (UCM), we investigate the possible effects of urbanization
on summer precipitation under different climate backgrounds
using the two extreme years. By comparing the results of
control and sensitivity runs, we find totally different effects
in the 2 years. In 1994, the rainfall and rainfall frequency
decrease in most areas due to urbanization, and decreases in
the rainfall intensity occur in urban areas of Beijing,
Tangshan, and Shijiazhuang. In 1997, the rainfall, rainfall fre-
quency, and intensity are reduced in southwest of Beijing–
Tianjin–Hebei, while the change is opposite in northeast.
Urbanization alters the diurnal distribution of rainfall, the en-
ergy budget, and the water vapor content in the atmosphere.
Due to the decrease in city evaporation and transpiration, the

surface latent heat flux is reduced. The water vapor mixing ratio
in urban area decreases apparently from surface to 850 hPa,
while it increases from 850 to 600 hPa. Overall, the reduction
of water vapor mixing ratio in 1994 is more than that in 1997,
which implies that the Bdry island effect^ caused by urbani-
zation is stronger in the wet year than that in the dry year.
Results also show that the inhibition (enhancement) of deep
convection may explain the modification of precipitation.

1 Introduction

The urban population has grown at a rate of 1.7% in the past
20 years (Angel et al. 2005). It is expected that the population
would be 70% higher in 2050 (Nations United 2007). In com-
parison with rural areas, urban areas have a larger heat-storage
capacity, Bowen ratio, and surface roughness (Oke 1982);
these differences lead to the modification of dynamic process-
es in the atmospheric boundary layer and the surface energy
budget, which ultimately affects the regional climate in and
around urban areas (Bornstein and Lin 2000; Liu et al. 2006).

Both observational data and numerical models were used to
study the impact of urbanization on climate. Horton found that
heavy rain is more likely to occur in big cities in 1982.
Changnon (1979) and Huff and Changnon (1972) indicated
that, by urbanization, the precipitation increased by 9–17% in
Saint Louis and its leeward region of 50–75 km in warm
season. With the development of modern observation
technology and the use of numerical models, studies have
found that the urbanization can affect the regional climate.
Utilizing long time station data, Hideo (2003) pointed out that
the increasing trend of precipitation was clearer in the densely
populated area of Tokyo. Chen et al. (2007) showed that the
frequency of thunderstorms in Taipei increased by 67% in the
afternoon due to urbanization. A case study conducted
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by Shepherd et al. (2010) indicated that simulations without
urban produced less cumulative rainfall in the area to the west-
northwest of Houston than simulations with the urban repre-
sented. Wang et al. (2012) conducted a simulation of 5 years
using WRF to detect the urbanization effects. Their results
showed that urban expansion led to increase in surface air
temperature of about 1 °C, and this climatic forcing of urban-
ization on temperature is more pronounced in summer and
nighttime than in other seasons and daytime.

In recent years, the process of urbanization in China is very
rapid, particularly in the three vast urban agglomerations: the
Pearl River Delta, the Yangtze River Delta, and the Beijing–
Tianjin–Hebei metropolis. The impact of urbanization on re-
gional climate change may occur at larger spatial-temporal
scales (Feng et al. 2014). Such urban expansion may result
in increased heat wave, more city water-logging, enhanced
urban pollution, and more thunderstorm days. In order to un-
derstand urban precipitation, improve air quality, and ensure a
pleasant and healthy environment for urban dwellers,

understanding the impacts of urbanization becomes more
and more important.

The Beijing–Tianjin–Hebei metropolis is located in the
East Asian monsoon region. In general, there is more precip-
itation in northern part of eastern China when the summer
monsoon is stronger, and vice versa (Yu 2001; Guo et al.
2003; Lü et al. 2006; Ding et al. 2007; Hao et al. 2016).
Especially, the East Asian summer monsoon was strong in
1994 (Yu 2001; Lü et al. 2006), but weak in 1997 (Yu 2001;
Sun and Ding 2002). Zhang et al. (2015) have investigated the
impact of urbanization on summer rainfall in Beijing–Tianjin–
Hebei area using WRF coupled with UCM. They found that
due to urbanization, the rainfall and rainfall frequency in the
urban area of Beijing, Tianjin, and Tang Shan decreased,
while they increased in the downwind area. However, the
impact of urbanization process under different climate back-
grounds is still unclear. Moreover, few studies have compared
the urbanization effects under the dry and wet climate situa-
tion, respectively.

Fig. 2 The land use classifications used in WRF/UCM simulations. aWith the urban land use fraction updated based on the 2009 remote sensing data
products. b With the urban land use removed

Fig. 1 The simulated domain and
terrain distribution (unit: m). a
Nested configuration of D1, D2,
and D3. b D3 (Beijing–Tianjin–
Hebei) region
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In this paper, we selected the extreme dry and wet years
(1994 and 1997) to compare the impact of urbanization on
summer rainfall in Beijing–Tianjin–Hebei metropolis.

The motivations for this study are summarized as follows:
(1) to explore whether the urbanization has different influence
on summer rainfall in the dry and wet year, (2) to determine
quantitatively the difference, and (3) to explore the potential
mechanism.

2 Data and methodology

In this study, WRF (version 3.5) coupled with a single-layer
urban canopy model (SLUCM) is used. SLUCM takes the

urban building geometry and the associated radiative, thermal,
and moisture effects into account in its surface energy budgets
and wind shear calculations (Miao et al. 2009, 2010). This
model includes shadows from buildings, canyon orientation,
diurnal variation of azimuth angle, reflection of short and long
wave radiation, wind profiler in the canopy layer and multi-
layer heat transfer equation for roof, wall, and road surfaces
(Kusaka and Kimuro 2004; Lin et al. 2008). WRF/SLUCM
improves the characteristics of urban thermodynamic and dy-
namic influences, which accurately reproduces the diurnal
range and spatial distribution of the urban heat island, diurnal
variation of wind speed and wind direction, the mountain
breeze circulation and heat island circulation, and atmospheric
turbulence of boundary layer (Miao et al. 2009; Kusaka et al.

Fig. 3 Spatial pattern of 1994 and 1997 summer rainfall (unit: mm) in Beijing–Tianjin–Hebei: U09 (a, c), observation(b, d)
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2009; Wang et al. 2012). It can also well describe the variation
of meteorological elements and the distribution of precipita-
tion in severe convective weather process (Zhang et al. 2007;
Wu and Tang 2011; Zheng et al. 2013). Such coupled meso-
scale atmospheric–urban modeling system enables us to study
urban effects.

Three one-way nested model domains with spatial resolu-
tions of 30, 10, and 3.3 km are configured for the current study.
The Lambert conformal map projection is used for the model
horizontal coordinates with the central point at 38°N, 118°E. In
the vertical, the grid contained 35 terrain-following eta levels
from the surface up to 50 hPa. As shown in Fig. 1, the inner-
most domain provides a full coverage of the Beijing–Tianjin–
Hebei metropolitan region. The main physical parameteriza-
tions include the rapid radiative transfer model (RRTMG)
(Iacono et al. 2008), theWRF single-moment five-class scheme
microphysical parameterization (WSM5) (Hong et al. 2004),
the Kain–Fritsch convective parameterization (K-F) (Kain
2004), the Yonsei University (YSU) planetary boundary layer
(PBL) scheme (Noh et al. 2003), and the Noah land surface
model (Chen and Dudhia 2001) with SLUCM. Initial and
boundary conditions of the large-scale atmospheric conditions
are provided by the six-hourly 0.75° × 0.75° European Center
for Medium range Weather Forecasts (ECMWF) reanalysis da-
ta, including surface and upper air. We perform the simulations
from 00:00 UTC on 21 May to 00:00 UTC on 1 September for
the years 1994 and 1997. Mode results in summer (June to
August) over the innermost domain (D3) are used for further
analysis. The results are output 1 h a time.

The land cover data used in this study is the Model Land
Cover Data sets version 1.0, obtained from Earth Observation
of Climate Change (EOCC) research group (see http://green.
tea.ac.cn/) (Hu and Jia 2010). It includes data of 2009 with
three horizontal resolutions (30, 10, and 3.3 km), providing

the nested land surface information input for regional climate
model simulation. We design two different urban land use
scenarios for numerical experiments (Fig. 2): (1) U09
(control simulation; Fig. 2a), the urban land cover fractions
are updated based on the 2009 land use data; (2) NoUB
(sensitivity simulation; Fig. 2b), with all urban land cover
fractions removed and other land cover fractions increased
proportionately. If the urban land cover fraction in a grid cell
is 100%, we replace the urban land cover fraction by interpo-
lating from the fractions of surrounding land cover types. The
boxes in Fig. 2a represent the urban regions including Beijing,
Tianjin, Tangshan, and Shijiazhuang, as well as downwind
area of these urban agglomerations. The downwind area is
consistent with our previous study (Zhang et al. 2015), which
we can see from the 10 m and 850 hPa wind (figure ellipsis).
The 10-m wind field showed that southerly winds dominate
over Beijing and Tangshan, followed by southeasterly and
southwesterly winds. Southeasterly winds are the most fre-
quent over Tianjin. According to the 850-hPa wind field, there
is a uniform southwesterly trend at Beijing–Tianjin–Hebei
region. We define the downwind intersection region as
BDOWN^ region (Fig. 2a). The ranges of light rain, moderate
rain, heavy rain, and rainstorm are 0–10, 10–25, 25–50, and
≥50 mm, respectively.

3 Validation of control case

We used the gridded precipitation dataset with resolution of
0.5° latitude by 0.5° longitude to validate the performance of
the model. The gridded data is based on the interpolation from
over 2400 observing stations in China Meteorological Data
Sharing Service System. The thin plate spline (TPS) method
is applied in this interpolation.

Fig. 4 Spatial pattern of the difference in 1994 (a) and 1997 (b): summer precipitation between control run and sensitivity run (unit: mm)
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Figure 3 displays the spatial pattern of simulated and ob-
served 1994 and 1997 summer rainfall in Beijing–Tianjin–
Hebei region. The simulated results were from U09 (control
run; Fig. 3a, c), which was more consistent with the observa-
tions compared with NoUB run (sensitivity simulation; fig-
ures not shown). In general, the impact of urban land use on
precipitation is well captured by the WRF/UCM model. For
the year 1994 (Fig. 3a, b), the simulated spatial distribution of
precipitation is consistent with the observation, so was the
location and intensity of precipitation center. There were some

small differences between the observed and simulated precip-
itation due to their different resolutions. The simulated inten-
sity of precipitation center is slightly larger than that of the
observation. For 1997 (Fig. 3c, d), WRF model reproduces
well both the strong and weak precipitation centers in north-
eastern and southwestern part of Beijing–Tianjin–Hebei re-
gion. However, the model tends to underestimate the precip-
itation in Beijing and south region of Beijing. On the whole,
the simulated results are reasonable and credible to do further
analysis.

Fig. 5 The difference in rainfall amount (light rain, moderate rain, heavy rain, and rainstorm) of 1994 and 1997 betweenU09 andNoUB tests (unit: mm)

Table 1 The difference in rainfall amount between U09 and NoUB of different regions

Unit: mm Beijing Tianjin Tangshan Shijiazhuang DOWN Beijing–Tianjin–Hebei

1994 −141.35 −29.23 −133.95 −46.43 −87.96 −80.13
1997 −2.93 45.07 103.8 −128.73 124.84 14.70
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4 Urbanization effect on summer rainfall under dry
and wet backgrounds

4.1 Urbanization effect on summer rainfall amount

Figure 4 shows the pattern of difference in rainfall amount
between the U09 and NoUB tests, for 1994 (Fig. 4a) and
1997 (Fig. 4b), respectively. It can be seen that the patterns
differ in the two extreme years, and this indicates that urban-
ization effect on precipitation cannot be generalized even in
the same city area. The impacts may vary under different
climate backgrounds. In 1994, rainfall amount decreases over
the urban areas and most of the surrounding areas of the me-
tropolis because of urbanization effect, even in the downwind
area. Table 1 shows the region mean values of rainfall amount
difference between the U09 and NoUB in different regions. It
can be seen that the precipitation differences in Beijing,
Tianjin, Tangshan, Shijiazhuang, and DOWN are negative in
1994, and the decreases are most in Beijing and Tangshan
(−141.35 and −133.95 mm). In the dry year 1997, there is also
a decrease in southwestern area of Beijing–Tianjin–Hebei,
and the average rainfall in Shijiazhuang city is reduced by
more than 100 mm (Table 1) due to urbanization. In contrast,
the rainfall amount increases over the downwind area of the
northeast metropolis and Tangshan region, with the average
increment reaching 100 mm. Thus, it is inferred that the

existence of the urban agglomeration intensifies the drought
in the southwestern part of metropolis in 1997.

For the wet year 1994, the light rain, moderate rain, heavy
rain, and rainstorm are reduced in different degrees (Fig. 5)
over the urban area of Beijing due to the urban land use mod-
ification. The rainstorm (above 50 mm) is decreased in all five
regions, including Beijing, Tianjin, Tangshan, Shijiazhuang
city, and the downwind area. However, the responses of other
levels are not consistent. For the dry year 1997, the rainstorm
amount increased over Beijing and Tangshan city due to ur-
banization, while the light rain, moderate rain, and heavy rain
are decreased. In details, the light rain is decreased in all re-
gions in addition to the downwind of the urban area; the rain-
storm amount is increased in all regions except for
Shijiazhuang city. The rainfall produced by rainstorm ac-
counts for 30–40% of the total precipitation in Beijing–
Tianjin–Hebei, which is an important factor to the change in
total precipitation.

4.2 Urbanization effect on summer rainfall frequency

Figure 6 shows the pattern of differences in rainfall frequency
between the U09 and NoUB for 1994 (Fig. 6a) and 1997 (Fig.
6b). It can be seen that the urbanization has significantly dif-
ferent impact on the precipitation frequency in the two ex-
treme years. In 1994, due to urbanization, the precipitation

Fig. 6 The same as Fig. 4, but the difference of rainfall frequency (unit: day)

Table 2 The difference in rainfall frequency between U09 and NoUB of different regions

Unit: day Beijing Tianjin Tangshan Shijiazhuang DOWN Beijing–Tianjin–Hebei

1994 −2.16 −3.99 −2.01 −1.17 −4.0 −2.06
1997 −0.69 0.40 −1.29 −2.35 2.83 0.16
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frequencies are decreased in most urban areas and the sur-
rounding areas. The decrease value of each region is shown
in Table 2. Tianjin city experienced the most reduction (up to
−3.99d). In 1997, the rainfall frequencies are increased in both
the upwind and downwind of the urban agglomerations,

reaching 5 days at most. However, the rainfall frequencies
are decreased to different degrees over the urban areas of
Beijing, Shijiazhuang, and Tangshan City (Table 2).
Figure 7 shows the histogram of rainfall frequency differ-
ences, including light rain, moderate rain, heavy rain, and

Fig. 7 The same as Fig. 5, but the difference of rainfall frequency (unit: day)

Fig. 8 The same as Fig. 4, but the precipitation intensity (unit: mm/day)
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rainstorm. The change of rainfall frequency is similar to that of
rainfall amount, and it is not repeated here.

4.3 Urbanization effect on summer rainfall intensity

Figure 8 shows the pattern of differences in precipitation in-
tensity. The precipitation intensity is defined as total summer
rainfall frequency divided by total summer rainfall amount. In
1994, the precipitation intensity is decreased in most urban
areas of Beijing, Tangshan, and Shijiazhuang, but increased
in Tianjin due to urban expansion (Fig. 8a, Table 3). However,
the difference is small in downwind area. In 1997, there is an
obvious precipitation intensity increase over the urban areas of
Tianjin, Tangshan, and the downwind areas (Fig. 8b), and the
increase amounts are 6.4, 9.28, and 4.3 mm/day, respectively
(Table 3). In addition, the precipitation intensity is decreased

remarkably due to urbanization in the southwestern area of
Beijing–Tianjin–Hebei metropolis. The average decrease in
Shijiazhuang urban area was 19.78 mm/day, while the change
in Beijing area was not obvious in the dry year 1997.

4.4 Urbanization effect on diurnal variation of summer
precipitation

In 1994, due to urbanization, the precipitation is decreased in
most urban areas. In 1997, the precipitation over the urban
areas of Tianjin, Tangshan, and downwind is increased, while
that in the southwestern area is decreased. To investigate these
changes, we also provide the diurnal variation of summer
precipitation from simulated results for both the wet year
and the dry year. Figures 9 and 10 show the simulated diurnal
variation of rainfall amount in different regions for 1994 and

Fig. 9 1994 diurnal variation of summer precipitation depends on U09 and NoUB (unit: mm). a Beijing, b Tianjin, c Tangshan, d Shijiazhuang, e
DOWN, f Beijing–Tianjin-Hebei (the x-coordinate signifies Beijing time, the value at 8:00 represents 07:00–08:00 cumulative rainfall, and so on)

Table 3 The difference in rainfall intensity between U09 and NoUB of different regions

Unit: mm/day Beijing Tianjin Tangshan Shijiazhuang DOWN Beijing–Tianjin–Hebei

1994 −3.76 3.27 −3.56 −1.64 0.51 −1.38
1997 −0.03 6.4 9.28 −19.78 4.3 0.67
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1997. It can be seen that the urbanization had significantly
different impact on the diurnal variation of summer rainfall
in the two extreme years. For the whole region, the precipita-
tion is decreased in most of the day due to urban expansion
in1994 (Fig. 9f), while it is increased in the period of 12:00

local standard time (LST) to 0:00 LST in the dry year 1997
(Fig. 10f). For Beijing city, the precipitation is decreased in the
period of 12:00 LST to 0:00 LST. However, urban land use
condition does not cause obvious change for other periods in
1994 (Fig. 9a). The urbanization does not cause obvious

Fig. 10 The same as Fig. 9, but of 1997

Fig. 11 Spatial pattern of the difference in summer latent heat flux (unit: W/m2) between U09 and NoUB
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difference in the dry year 1997 except for the increase in the
period of 3:00 LST to 6:00 LST (Fig. 10a). There was no
apparent difference between U09 and NoUB for all periods
of the wet year 1994 in Tianjin city (Fig. 9b). The urbanization
intensifies the precipitation mainly in daytime in the dry year
1997 (Fig. 10b). Similar change occurred in Tangshan and the
downwind areas (Fig. 10c, e). In the wet year 1994, the pre-
cipitation of Tangshan decreased in the period of 1:00 LST to
11:00 LST (Fig. 9c), Shijiazhuang (15:00 LST to 20:00 LST
and 3:00 LST to 4:00 LST, Fig. 9d), and the downwind area
(all day, Fig. 9e), respectively. In the dry year 1997, the ur-
banization weakens the precipitation for most of the day in
Shijiazhuang city (Fig. 10e).

5 The mechanisms related to urban-induced
precipitation

There are two possible mechanisms that are related to urban-
induced precipitation. One is the urban thermal effect and
increased surface roughness which can bring about the en-
hancement of convergence in lower atmosphere. The other is

the reduced water vapor evaporation of urban areas, which
results in the decrease of vapor in the boundary layer. The
convergence in lower atmosphere is in favor of the develop-
ment of convection, while the decrease of water vapor in the
boundary layer can reduce the convective available potential
energy (CAPE) and then the convection is suppressed (Zhang
et al. 2009). In this chapter, we will discuss which mechanism
is dominant for the wet year 1994 and dry year 1997.

5.1 The change of surface latent heat flux

The dense population in city, the decrease of vegetation cover,
and the increase of cement surface lead to the reduction of
evaporation and transpiration, and then the surface energy
budget and vapor content in lower atmosphere change.
Figure 11 shows the spatial distribution of differences in sur-
face latent heat flux between U09 and NoUB. We can see that
the surface latent heat flux is decreased in the four urban areas.
Compared to the wet year 1994, the augment in the downwind
area was more obvious in 1997. The change of surface latent
heat flux can affect the vapor content in atmosphere and then
modifies precipitation.

Fig. 12 Diurnal variation of difference in summer water vapor mixing
ratio between U09 and NoUB tests in troposphere for 1994 (unit: cm/s): a
Beijing, b Tianjin, c Tangshan, d DOWN (the corresponding Eta values

for 0–14 in y-coordinate are 0.997, 0.988, 0.977, 0.962, 0.944, 0.921,
0.895, 0.860, 0.821, 0.782, 0.742, 0.688, 0.620, 0.558, and 0.500)
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5.2 The change of water vapor mixing ratio

Figures 12 and 13 display the diurnal variation of difference in
summer water vapor mixing ratio between U09 and NoUB in
lower troposphere. For the four urban areas in both 1994 and
1997, due to urbanization, the water vapor mixing ratio de-
creased in lower atmosphere (surface to about 850 hPa), with
the largest decrease in Beijing city in 1994 with the maximum
value reaching −1.2 g/kg. Overall, the reductions were more
visible in the wet year 1994, especially in Beijing, Tianjin, and
Tangshan. This indicates that the Bdry island effect^ may be
stronger in wet year. In Beijing, Tianjin, and Tangshan, for the
year 1994, the reductions were obvious from 9:00 LST to
22:00 LST, while for 1997, the reducing peak was from
19:00 LST to 22:00 LST. For the downwind area, the water
vapor mixing ratio had a slight increase from 10:00 LST to
16:00 LST in 1997. Based on the two mechanisms we have
mentioned before, we infer that the suppression effect was
stronger than the enhancement effect for the wet year 1994,
while it was opposite for Tianjin and Tangshan of 1997. At the
height from about 850 to 600 hPa, due to urbanization, the
water vapor mixing ratio increased instead, and this change
may be caused by the enhancement of convection in the lower
atmosphere, which may strengthen the vertical transport of

water vapor. Additionally, the positive center in the dry year
1997 was higher than that in 1994.

5.3 The change of the vertical velocity

Zhang et al. (2015) compared the diurnal variation of precip-
itation and differences of tropospheric vertical velocity be-
tween U09 and NoUB for the summer of 2008–2010. They
found that the urban land use may suppress (strengthen) the
vertical motion in the upper troposphere, resulting in the de-
crease (increase) of precipitation. By analyzing the vertical
velocity of 1994 (Fig. 14) and 1997 (Fig. 15) in the five re-
gions, and comparing with the corresponding diurnal variation
of precipitation (Figs. 9 and 10), we also came to the same
conclusion.

For the wet year 1994, the precipitation is decreased in five
regions (Beijing, Tianjin, Tangshan, Shijiazhuang, and the
downwind area) due to the urbanization (Fig. 9). The decrease
time periods mainly correspond to the reduction of vertical
velocity in upper troposphere (Fig. 14). In 1997, the urbani-
zation induces the increase of precipitation in Tianjin,
Tangshan, and the downwind areas (Fig. 10), which coincides
with the positive center of the vertical velocity in upper tro-
posphere (Fig. 15). The precipitation is decreased over

Fig. 13 The same as Fig. 12, but the difference of water vapor mixing ratio for 1997
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Shijiazhuang inmost of the day due to urbanization (Fig. 10d),
corresponding to the negative value in upper troposphere (Fig.
15d). As for the city of Beijing, the vertical velocity in upper
troposphere is not weakened significantly (Fig. 15a), and so,
the variation of precipitation is not obvious (Fig. 10a).
Therefore, the inhibition (enhancement) of the deep convec-
tion may be an important reason for the decrease (increase) of
precipitation. The urbanization has significant different impact
on vertical motions for the years 1994 and 1997. It could be
mainly due to the differences between the two climate back-
grounds, partly because of the different urbanized modifica-
tion on water vapor condition.

6 Summary

In this study, we conduct a comparative study on the potential
sensitivity of summer rainfall to the influence of urban expan-
sion at different climate situations using WRF-SLUCM mod-
el. The wet year 1994 and the dry year 1997 are selected for
comparison. We find that the influence of urbanization on
summer precipitation differs apparently in the two extreme

years, indicating that urbanization effect on precipitation can-
not be generalized even in the same metropolis. The effect of
urbanization should be discussed under a particular climate
background. The main results are summarized as follows.

(1) In 1994, the rainfall and rainfall frequency are decreased
due to urbanization over the urban areas and most of the
surrounding areas of the metropolis. Among them, the
rainfall is decreased most in Beijing and Tangshan. The
precipitation intensity is decreased inmost urban areas of
Beijing, Tangshan, and Shijiazhuang, but increased in
Tianjin, due to urbanization. In 1997, there is a remark-
able decrease in both the rainfall amount and intensity in
the southwestern area of Beijing–Tianjin–Hebei metrop-
olis. In contrast, there is an increase over the downwind
area of the northeast metropolis, Tianjin, and Tangshan
region. In addition, the urbanization has a significant
impact on the diurnal variation of summer precipitation
and the effects differ in the two extreme years.

(2) Surface latent heat flux is suppressed to different degrees
in the urban areas due to urbanization, while it was en-
hanced in downwind area of the urban agglomerations,

Fig. 14 1994 diurnal variation of difference in summer vertical velocity
between U09 and NoUB in troposphere (unit: cm/s): a Beijing, b Tianjin,
c Tangshan, d DOWN (the corresponding Eta values for 0–19 in y-

coordinate are: 0.997, 0.988, 0.977, 0.962, 0.944, 0.921, 0.895, 0.860,
0.821, 0.782, 0.742, 0.688, 0.620, 0.558, 0.500, 0.447, 0.398, 0.353,
0.312, and 0.274)
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and the enhancement was more obvious in 1997. Urban
expansion reduces the water vapor mixing ratio appar-
ently from surface to 850 hPa in urban area of Beijing,
Tianjin, Tangshan, and Shijiazhuang, while the water
vapor mixing ratio is increased from 850 to 600 hPa. In
general, the reduction of water vapor mixing ratio in
1994 is greater than that in 1997. This result indicates
that the Bdry island effect^ in the lower atmosphere
caused by urbanization is stronger in the wet year than
that in the dry year. For the wet year 1994, the inhibition
of convective activity induced by the Bdry island effect^
is greater than the enhancement of convergence from not
only the Burban heat island effect^ but also the increased
surface roughness. Therefore, the precipitation is de-
creased in most urban areas of Beijing–Tianjin–Hebei
metropolis. The situation may be opposite in Tianjin,
Tangshan, and downwind areas of 1997.

(3) Through the analysis of the vertical velocity, we find that
the urbanization has significant impact on the vertical
motion in the troposphere and the effects largely differ
in the wet year and the dry year. Results also indicate that
urbanization may suppress (strengthen) the vertical mo-
tion in the upper troposphere, resulting in the decrease

(increase) of precipitation, which is consistent with the
results of Zhang et al. (2015) for 2008–2010.

The results in our study suggest the potential sensitivity of
summer rainfall to urbanization at different climate situations
to some extent. However, the conclusions require further ex-
aminations with more case studies. And the effects cannot be
generalized as well.
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This study investigates the rainfall asymmetry of tropical cyclones (TCs) in the
process of making landfall in Guangdong (GD), south China, on the basis of
satellite-based and reanalysis precipitation data. We mainly focus on TC rainfall
asymmetry, its main influencing factor and its change in the process of landfall,
and the difference between different El Niño–Southern Oscillation (ENSO) phases.
The results reveal that vertical wind shear (VWS) is the dominant influencing fac-
tor of TC rainfall asymmetry in GD. The rainfall maximum is located in downshear
left of VWS. The TC rainfall asymmetry has little change in the process of making
landfall, though the rain rate decreases. Both the phase and amplitude of TC rain-
fall asymmetry have no significant change from 24 hr prior to landfall to 12 hr
after landfall. The rainfall maximum steadily lies in downshear left. The amplitude
of rainfall asymmetry is about 50%, suggesting that the asymmetric rainfall is about
half of the axisymmetric rainfall. There is no obvious difference in TC rainfall
asymmetry between El Niño, La Niña, and neutral years.

KEYWORDS

rainfall asymmetry, TRMM, tropical cyclone, vertical wind shear

1 | INTRODUCTION

A tropical cyclone (TC) is a rotating, organized system of
clouds and thunderstorms that originates over tropical or
subtropical ocean surface. There are about 80 TC geneses on
average over global ocean annually (Emanuel, 2003). Some
of the TCs would make landfall before dissipating. TCs can
cause tremendous damages and large losses in coastal areas
when they make landfall. One of the disaster-causing factors
for landfalling TCs is heavy rainfall. TCs often bring about
extreme rainfall. A large portion of extreme rainfall is con-
tributed by TCs along coastal areas (Khouakhi et al., 2016;
Zhang et al., 2017; Rios Gaona et al., 2018; Zhang et al.,

2018). Chang et al. (2012) found that 50–70% of extreme
rainfall along the southeastern coast of China was associated
with TCs. Numbers of extreme rainfall events are related to
landfalling TCs (Yu et al., 2008; Chen et al., 2010a; Dong
et al., 2013). The highest 24-hr rainfall record in China,
which is 1748.5 mm observed at Ali Mountain, is associated
with Super Typhoon Herb (9602) when it landed in Taiwan
Island on July 31, 1996 (Chen et al., 2010b). Extreme TC
rainfall tends to result in widespread inland flood and other
secondary disasters such as mudslides, causing huge losses
in property and human lives. For example, the strongest rain-
fall event on mainland China occurred at Linzhuang of
Henan province in August 1975 when Typhoon Nina (7503)
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made landfall in China and moved inland. The 24-hr rainfall
amount is up to 1,062 mm. This extreme rainfall event
caused severe floods and killed tens of thousands of people
(Chen et al., 2010b). Therefore, investigation of TC rainfall
is very important and necessary for the society and
economy.

The spatial distribution of TC rainfall determines the
region that experiences more rainfall or extreme rainfall. An
adequate understanding of the rainfall distribution of land-
falling TC is crucial in rainfall forecast and disaster mitiga-
tion (Chan et al., 2001; Chan, 2008; Zhang et al., 2010; Li
et al., 2013; Li et al., 2015; Zhu et al., 2015; Zhang et al.,
2016; Emanuel and Zhang, 2017). Many observations (Chan
et al., 2004; Lonfat et al., 2004; Chen et al., 2006; Liu et al.,
2007; Yuan et al., 2010; Xu et al., 2014; Yu et al., 2015)
showed that TC rainfall has asymmetric distribution over the
ocean and on land. The rainfall of TCs is generally not sym-
metrically distributed and is usually more pronounced in a
certain position of TCs. Some early studies (Marks, 1985;
Burpee and Black, 1989) found that TCs over the ocean
have a precipitation maximum in the front quadrant (front-
right or front-left) of the storm when they analysed the rain-
fall distribution of TC cases. Composite analysis based on
large number of TCs also showed a front rainfall maximum
in some studies (Rodgers et al., 1994; Lonfat et al., 2004).
Lonfat et al. (2004) indicated that the maximum rainfall for
the average of global TCs is located in the front quadrants,
and the location of the maximum rainfall is in the front-left
quadrant for tropical storms and in the front-right for hurri-
canes and typhoons. This kind of asymmetry is related to
asymmetric boundary layer convergence caused by storm
motion (Shapiro, 1983; Lonfat et al., 2004). In addition, the
right side of storm track favours more rainfall when a TC
makes landfall (Tuleya and Kurihara, 1978; Jones, 1987;
Chen et al., 2010b). Chen et al. (2010b) found that the maxi-
mum rainfall rates in the inner eyewall, outer eyewall, and
rainband regions occurred in the right quadrant relative to
the storm track for Typhoon Saomai (0608) when it got
close to land. As a TC approaches land, surface friction gra-
dient between land and sea induces a frictional convergence
to the right side of the storm motion in the Northern Hemi-
sphere (Xu et al., 2014). Recently, more and more studies
(Corbosiero and Molinari, 2002; Chen et al., 2006; Wingo
and Cecil, 2009; Yuan et al., 2010; Chen and Fang, 2012;
Xu et al., 2014 ; Yu et al., 2015) indicated that TC rainfall
asymmetry is more related to the environmental vertical
wind shear (VWS). These studies showed that a maximum
of convection and rain rate occurs in downshear or down-
shear left of VWS. Some studies (Xu et al., 2014; Yu et al.,
2015) even pointed out that environmental VWS is the dom-
inant factor that produces TC rainfall asymmetry comparing
to other factors.

The El Niño–Southern Oscillation (ENSO) is a tropical
atmosphere–ocean interaction that modifies the

thermodynamic and dynamic states that influence the
weather and climate system (Bjerknes, 1969). The ENSO
phenomenon plays an important role in modulating the
activity of TCs in the western North Pacific (WNP). Num-
bers of evidences indicate that ENSO significantly influ-
ences TC genesis (Wu and Lau, 1992; Chan et al., 2001;
Wang and Chan, 2002), track (Wu et al., 2004; Fudeyasu
et al., 2006; Zhang et al., 2012), and intensity (Wang and
Chan, 2002; Camargo et al., 2007; Hong et al., 2011; Li and
Zhou, 2012) in the WNP. For example, strong El Niño
(La Niña) enhances TC genesis in the southeastern (north-
western) quadrant of the WNP (Wang and Chan, 2002;
Yonekura and Hall, 2014). More intense typhoons tend to
occur during El Niño than La Niña because of the eastwards
shift in TC genesis and a longer time spent over warmer
water and within a moister environment (Wang and Chan,
2002; Zhang et al., 2015). There are more recurving TCs
during the El Niño than the La Niña phase (Wang and Chan,
2002; Hong et al., 2011). The influence of ENSO on TC
activity in the WNP results in the fact that landfalling TCs in
East Asia are modulated by ENSO. The number of TCs
landfalling in the landmasses rimming the WNP is signifi-
cantly reduced during the late season (September–
November) of El Niño years, with an exception for Japan
and the Korean Peninsula (Wu et al., 2004). More (less) TCs
are likely to make landfall over China, Indochina, the Malay
Peninsula, and the Philippines during the peak TC season
(June–October) of La Niña (El Niño) years because of a
westwards shift of TC genesis and of the subtropical high
(Zhang et al., 2012). Landfalling TCs in south China are
associated with ENSO as well. A strong El Niño event
reduces the number of landfalling TCs in south China
whereas more TCs tend to make landfall in years associated
with La Niña events (Liu and Chan, 2003; Saunders et al.,
2000; Wu et al., 2004). Additionally, the chance of a TC
striking the south China coast increases (decreases) signifi-
cantly in May and June after a La Niña (El Niño) event (Liu
and Chan, 2003).

The south China coast is one of the coastlines around the
world that are most frequently affected by TCs (Chan et al.,
2004). Guangdong (GD) province, in the south of China, is
the province with greatest occurrence of landfalling TCs in
China. There are 3.9 landfalling TCs on average in GD
every year, and up to a maximum of 7 in some years. Land-
falling TCs frequently cause great losses to GD every year
due to their rainfall. Therefore, it is necessary and beneficial
to study the rainfall distribution of landfalling TCs in
GD. Some studies (Yu et al., 2015; Wen et al., 2017) inves-
tigated the feature of rainfall distribution of landfalling TCs
in GD. Yu et al. (2015) mainly compared the differences of
TC rainfall asymmetry in different provinces over China.
However, the characteristic of TC rainfall asymmetry in GD
and its change in the process of making landfall were not
clearly documented. In addition, there were only
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22 landfalling TCs used for GD in their study. Wen et al.
(2017) only focused the rainfall asymmetry on land after TC
making landfall and its regional and seasonal differences in
GD. This study focuses on TC rainfall asymmetry before,
during, and after landfall and their influencing factors. This
study is going to address four issues associated with the rain-
fall asymmetry of landfalling TCs in GD. What is the char-
acteristic of rainfall asymmetry of landfalling TCs in GD?
How does the TC rainfall asymmetry change in the process
of making landfall? Is the rainfall asymmetry of landfalling
TCs in GD related to storm motion or VWS? Is there differ-
ence in TC rainfall asymmetry during different ENSO
phases? To answer these questions might help to improve
TC rainfall forecast and reduce disaster loss in GD.

2 | DATA SET AND ANALYSIS METHODS

2.1 | Best track data, rainfall data, and ERA-Interim
reanalysis data

Tropical cyclone best track data set from Shanghai Typhoon
Institute, China Meteorological Administration (CMA) is
used in this study. This data set provides 6-hourly informa-
tion of TCs in the WNP (including South China Sea)
since1949. The information includes TC latitude, longitude,
minimum centre pressure, and maximum sustained surface
wind. In order to be consistent with the rainfall data, only
the best track data from 1980 to 2015 are used in this study.

TRMM 3B42 precipitation data (Huffman et al., 2007),
version 7, is used to analyse the TC rainfall distribution.
TRMM 3B42 data has 3-hourly temporal resolution and
0.25 × 0.25� spatial resolution, covering the globe from
50�S to 50�N, available from 1998 to the present. Previous
studies (Jiang et al., 2008a; 2008b; Yu et al., 2009; Chen
et al., 2013) have shown that TRMM 3B42 product could
give quite reasonable rainfall patterns in landfalling TCs
when compared with the gauge data or radar estimates.
Some studies (Shen et al., 2010; Zhao and Yatagai, 2014)
indicated that TRMM 3B42 rainfall data performed reason-
ably well over south China.

Two different reanalysis precipitation data, the Modern-
Era Retrospective analysis for Research and Applications,
version 2 (MERRA2) and the European Centre for Medium-
Range Weather Forecasts (ECMWF) interim reanalysis
(ERA-Interim), are also utilized to validate the results based
on TRMM satellite data. MERRA2 is the latest atmospheric
reanalysis of the modern satellite era produced by NASA’s
Global Modeling and Assimilation Office (GMAO).
MERRA2 features several major advances, including the use
of observations-based precipitation data products to correct
the precipitation and the allowance of the near-surface air
temperature and humidity to respond to the improved precip-
itation forcing, which results in more self-consistent surface
meteorological data (Reichle et al., 2017). It has a native

resolution of 0.5� latitude × 0.625� longitude. Hourly time-
average data since 1980 are analysed. The spatial resolution
of ERA-Interim precipitation reanalysis data used is
0.25 × 0.25� and the temporal resolution is 6-houly.

ERA-Interim reanalysis data (Dee and Uppala, 2009) is
used to calculate mean environmental VWS in this study.
Only the meridional and zonal winds at 850 and 200-hPa
levels are extracted. The horizontal resolution of the data is
1.0 × 1.0� and the temporal resolution is 6-hourly.

2.2 | Methods

2.2.1 | Landfalling time and storm motion of TC

GD has a long coastline and is affected by TCs every year
(Figure 1). There are 109 (54) TCs making landfall in GD
during 1980–2015 (1998–2015). For some TCs, the landfall-
ing time is not consistent with the recorded time in the best
track data, since the data set is 6-hourly. If the actual land-
falling time of a TC do not agree with the recorded time in
best track data, the nearest recorded time is treated as land-
falling time. For example, if a TC makes landfall at
0700 UTC (1000 UTC), 0600 UTC (1200 UTC) is regarded
as landfall time. This study investigates the rainfall asymme-
try of TCs before, during, and after making landfall. The
period from 24 hr before landfall to 24 hr after landfall is
treated as the process of making landfall in the study of Yu
et al. (2015). However, a TC weakens quickly after landfall
due to the friction of land surface and the cutting off of
energy source. About 25% TCs used in this study has no
record in best track data 18 hr after landfall. Therefore, the
period from 24 hr before landfall to 12 hr after landfall is
selected to study the TC rainfall asymmetry in this study.

Storm motion vector is calculated from TC centre posi-
tion in best track data using a 6-hours centred differencing
scheme. For a selected time, the storm motion vector is the
average of the past and next 6-hours motion vectors based
on adjacent two points. If there is no next (past) 6-hours
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FIGURE 1 Tracks of TCs making landfall in GD during 1980–2015.
Storm intensity is indicated by different colours. Tropical depression (TD),
tropical storm (TS), severe tropical storm (STS), typhoon (TY), severe
typhoon (STY), and super typhoon (SuperTY) are indicated by cyan,
yellow, orange, red, dark red, and purple, respectively [Colour figure can be
viewed at wileyonlinelibrary.com]

WEN ET AL. 3381

http://wileyonlinelibrary.com


motion vector for the last (first) record of the track being at
the selected time, the past (next) 6-hours motion vector is
regards as the storm motion vector for the selected time.

2.2.2 | Rainfall interpolation

Following Lonfat et al. (2004) and Yu et al. (2015), the grid
rainfall data is interpolated into storm-relative coordinate to
show the rainfall distribution of TCs, since the centres of
TCs are not the same. The coordinate is 10 km × 1� azimuth
polar grid centred on the storm centre outwards to 500 km.
After interpolation, the rainfall for each TC is in the same
coordinate system, and it is convenient to make composite
analysis for the rainfall distribution of TCs.

2.2.3 | Vertical wind shear

VWS is computed following the methodology of Hanley
et al. (2001). The zonal and meridional winds at 850 and
200-hPa levels are first interpolated onto a 100 km × 22.5�

azimuth polar grid centred on the storm centre outwards to
500 km, respectively. These winds are then averaged over a
radius of 500 km from storm centre to remove symmetric
vortex so that the winds provide a better measure of the
environmental flow across the storm. The 200–850-hPa
VWS is then calculated form these area-averaged winds over
the inner 500 km of radius. This methodology was widely
used to calculate VWS in other studies (Hanley et al., 2001;
Chan et al., 2004; Qian et al., 2016).

2.2.4 | Rainfall analysis

The rainfall distribution in a TC can be decomposed into axi-
symmetric and asymmetric components. We use Fourier
transformation to decompose TC rainfall into wavenumber-0
component and a series of lower-wavenumber components
of TC rainfall. The wavenumber-0 component, which is the
azimuthal mean, represents the TC rainfall symmetry. The
lower-wavenumber components depict the TC rainfall asym-
metry. As will be found in section 3.1, wavenumber-1 rain-
fall asymmetry can depict the main feature of TC rainfall
asymmetry. Thus wavenumber-1 Fourier coefficient is used
to characterize the asymmetric rainfall distribution of TCs in
this study. This method was widely used in studies (Lonfat
et al., 2004; Chen et al., 2006; Yu et al., 2015) on TC rain-
fall asymmetry.

As mentioned above, the TC rainfall in polar coordinate
is in 10-km-wide annuli from TC centre to 500-km radius.
In each annulus, the wavenumber-1 Fourier coefficients are
computed using all rainfall in all azimuths:

a1 =Σi Ri cos θið Þ½ �and b1 =Σi Ri sin θið Þ½ �,
where Ri is the individual rainfall in each azimuth and θi is
the phase angle of the rainfall relative to azimuth reference.
The azimuth reference can be either the spatial direction
(e.g., the north), storm motion, or VWS. The wavenumber-1
rainfall asymmetric component can be represented by

M1 = a1 cos θð Þ+ b1 sin θð Þ½ �:
M1 is the spatial distribution of wavenumber-1 rainfall

component, which can display the TC rainfall asymmetry.
The azimuth reference is storm motion (VWS) when

wavenumber-1 rainfall relative to storm motion (VWS) is
calculated. However, the storm motion (VWS) of each TC is
different. Thus the azimuth references are not the same.
Same azimuth reference for each TC is needed to composite
wavenumber-1 rainfall. Therefore, wavnumber-1 rainfall and
storm motion (VWS) for each TC are rotated clockwise until
the angle of storm motion (VWS) is at 90� in polar coordi-
nate before composition. In addition, the wavenumber-1
rainfall relative to storm motion (VWS) means that the azi-
muth reference is storm motion (VWS) when Fourier trans-
formation is performed.

3 | RESULTS

3.1 | TC rainfall asymmetry and main influencing
factor

We first examine the rainfall distribution of landfalling TCs
during 1998–2015 based on TRMM 3B42 rainfall data to
provide an overview of TC rainfall asymmetry in GD. Fi-
gure 2a,d shows the average rainfall distributions of landfall-
ing TCs in GD at different stages in the process of landfall.
There are significant rainfall asymmetries in the TC rainfall
distributions, and the asymmetric distributions are similar at
different stages (Figure 2a,d). The rainfall distributions show
that the southern side has more rainfall than the northern
side, and the rainfall maximum is located in the south near
the TC centre. This feature is more obvious from the distri-
butions of wavenumber-1 rainfall in Figure 2e,h. The
wavenumber-1 rainfall gives a better illustration for TC rain-
fall asymmetry. There are generally negative values in north-
ern side and positive values in southern side for
wavenumber-1 rainfall. The maximum of the wavenumber-1
rainfall is in the south near the TC centre as well. The distri-
butions of average TC rainfall and wavenumber-1 rainfall
indicate that the southern side of TC would have more rain-
fall for landfalling TCs in GD. What is more, the feature of
rainfall maximum located in the south exists from 24 hr
before landfall to 12 hr after landfall.

In addition to the phase (or position) of maximum rain-
fall, storm motion and VWS are relatively steady during the
landfall process. In general, the storm motion is northwest-
wards, and the VWS is southwestwards (Figure 2). The rain-
fall maximum is located in the left or rear-left of storm
motion (Figure 2). At the same time, the rainfall maximum
lies in downshear left of VWS (Figure 2). From this point of
view, both the storm motion and VWS could be the
influencing factor of TC rainfall asymmetry in GD. In order
to figure out the main influencing factor, we make a
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composite analysis of wavenumber-1 rainfall relative to
storm motion and VWS, respectively.

The average storm motion of all landfalling TCs is north-
westwards (Figure 2). Same as the average, most TCs have
northwestwards storm motion as well. For example, 49 TCs
out of 54 moved northwestwards 12 hr prior to landfall dur-
ing 1998–2015 (Table 1). The northwest moving TCs are
still the majority at other time (Table 1). Therefore, we
divide landfalling TCs into two groups: northwest moving
TCs, and non-northwest moving TCs. We composite the
wavenumber-1 rainfall relative to storm motion for the two
types of TCs. Since the distribution of wavenumber-1 rain-
fall of northwest moving TCs is quite similar with that for
all TCs, we only show the average wavenumber-1 rainfall of
all TCs and non-northwest moving TCs (Figure 3). It can be
seen that there are positive values in the left side and nega-
tive values in the right side in the distribution of
wavnumber-1 rainfall for all TCs. The rainfall maximum is
located in the left or rear-left of storm motion. However,
those for non-northwest moving TCs are totally different.
There is no similar wavenumber-1 rainfall distribution for
non-northwest moving TCs. More than that the
wavenumber-1 rainfall distributions are diversified at differ-
ent time and the locations of positive and negative values are
disordered. The significant discrepancy of wavenumber-1
rainfall relative to storm motion between all TCs
(or northwest moving TCs) and non-northwest moving TCs

indicates that the position of rainfall maximum relative to
storm motion changes significantly as the direction of storm
motion changes. Thus storm motion cannot well explain the
TC rainfall asymmetry in GD. In addition, certain studies
(Lonfat et al., 2004; Chen et al., 2010b) showed that the
rainfall maximum is ahead of the storm centre on open sea
or at the right of the track for a TC close to land when storm
motion plays a leading role on rainfall asymmetry. However,
the average maximum rainfall of all TCs is located in the left
or rear-left of storm motion during the landfall process.
Thus, storm motion could not be the main influencing factor
of TC rainfall asymmetry in GD.

Figure 2 shows that the average VWS for all landfalling
TCs is southwestwards. Table 1 also exhibits that most of
the TCs, same as the average, have southwestwards VWS.
Accordingly, TCs are classified into two groups based on
the directions of VWS: TCs with southwestwards VWS, and
TCs with non-southwestwards VWS. The wavenumber-1
rainfall relative to VWS is composited for all TCs, TCs with
southwestwards VWS, and TCs with non-southwestwards
VWS, respectively. The wavenumber-1 rainfall of TCs with
southwestwards VWS is not displayed in Figure 4, since it is
similar with that of all TCs. Figure 4a,d shows that there are
positive values in downshear left and negative values in
upshear right in the average wavenumber-1 rainfall of all
TCs. The rainfall maximum occurs in downshear left of
VWS. TCs with southwestwards VWS have almost the same

FIGURE 2 Average TC rainfall (top row) and wavenumber-1 rainfall (bottom row) 24 hr prior to (left column), 12 hr prior to (second column), at the time
of (third column), and 12 hr after landfall (right column) derived from TRMM 3B42 data. Black and white arrows represent VWS and storm motion,
respectively [Colour figure can be viewed at wileyonlinelibrary.com]
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wavenumber-1 rainfall (not shown). Similarly, the
wavenumber-1 rainfall of TCs with non-southwestwards
VWS still have positive values in downshear left and nega-
tive values in upshear right. The rainfall maximum is
steadily located in downshear left of VWS. These results
indicate that the position of rainfall maximum relative to
VWS changes little regardless of the variations of VWS.
Therefore, the consistent rainfall asymmetry in different
environmental VWS suggests that VWS is the main factor
that determines the rainfall asymmetry of landfalling TCs in
GD. The relative location of rainfall maximum is in down-
shear left of VWS. Since the average VWS shear is south-
westwards (Figure 2), the position of downshear left is
mainly in the south. This explains the preceding result that
the spatial location of rainfall maximum is in the
south of TC.

Some numerical studies (Frank and Ritchie, 1999; Rogers
et al., 2003; Ueno, 2007) suggested certain processes to
explain the impact of VWS on TC rainfall asymmetry. These
processes involve downshear tilt of TC vortex, a combination
of downshear tilt and strength of TC vortex, the latent heat
release due to water vapour saturation. However, they did not
give a complete physical mechanism. Black et al. (2002)
presented a physical mechanism to explain the VWS-induced
rainfall asymmetry based upon observations. Differential
advection of the axisymmetric vorticity by the shearing
storm-relative flow induces a vertical motion dipole with
ascent on the downshear side and descent on the upshear side
(Frank and Ritchie, 2001). Convection form near the down-
shear side of the eyewall and move more slowly than the
swirling wind. Convection cells grow as they move around
the eye and reach maturity where the greatest rainfall
occurred on the left side of VWS. When the hydrometeors
advect farther around the eye and migrated outwards, the
condensate fell out of them on the upshear right side. There-
fore, the rainfall maximum is in downshear left of VWS.

The above analysis shows that wavenumber-1 rainfall
clearly characterizes TC rainfall asymmetry in
GD. However, It is unknown to what extent it depicts the
actual TC rainfall asymmetry. Therefore, we compare the
wavenumber-1 rainfall with total asymmetric rainfall, which
is TC rainfall minus axisymmetric rainfall. The axisymmet-
ric rainfall, that is the azimuthal mean, is represented by
wavenumber-0 rainfall. Since VWS is the main influencing

factor of rainfall asymmetry, total asymmetric rainfall is
derived relative to VWS as well. It can be seen from
Figure 4i,l that total asymmetric rainfall also has positive
values in downshear left and negative values in upshear
right. Similar spatial patterns between wavenumber-1 rain-
fall (Figure 4a,d) and total asymmetric rainfall (Figure 4i,l)
indicate that wavenumber-1 rainfall is able to depict the
main feature of TC rainfall asymmetry in GD. Therefore, it
is reasonable to use wavenumber-1 rainfall to analyse the
rainfall asymmetry of TCs.

We extend our analysis to 1980 in order to examine the
rainfall asymmetry with more TC samples using reanalysis
precipitation data. There are 109 landfalling TCs in GD dur-
ing 1980–2015. Same analysis method used above is applied
to diagnosing the relationship between rainfall asymmetry
and storm motion and VWS. Table 1 shows that northwest-
wards storm motion is the majority during 1980–2015. TCs
are divided into northwest moving TCs and non-northwest
moving TCs. We composite the wavenumber-1 rainfall rela-
tive to storm motion for the two types of TCs (figure not
shown). Diverse wavenumber-1 rainfall distributions are
found between the two groups of TCs, which agree with the
result based on TRMM 3B42 data during 1998–2015. The
result also supports that storm motion could not explain the
rainfall asymmetry of landfalling TCs in GD.

Table 2 shows that most of VWSs are southwestwards
during 1980–2015. Similarly, we classify landfalling TCs
into two groups: TCs with southwestwards VWS and TCs
with non-southwestwards VWS. Wavenumber-1 rainfall rel-
ative to VWS is composited for the two groups. The
wavenumber-1 rainfall of TCs with southwestwards VWS is
not displayed in Figure 5, since it is similar with that of all
TCs. Figure 5a,d shows that average wavenumber-1 rainfall
of all TCs (or TCs with southwestwards VWS) derived from
MERRA2 data has positive values in downshear left and
negative values in upshear right. The rainfall maximum is
mainly located in downshear left of VWS. The distribution
of wavenumber-1 rainfall of TCs with non-southwestwards
VWS (Figure 5e,h) is similar with that of all TCs (or TCs
with southwestwards VWS). The average wavenumber-1
rainfall of all TCs derived from ERA-Interim data also has
positive values in downshear left and negative values in
upshear right. Although it is a little different from that of all
TCs, the wavenumber-1 rainfall of TCs with non-
southwestwards VWS has positive values in downshear to
dwonshear left and negative value in upshear to upshear
right. Overall, these results are consistent with those derived
from TRMM 3B42 rainfall during 1998–2015. The differ-
ence in the positions of positive values and negative values
between MEERA2 and ERA-Interim data is probably related
to the different temporal resolutions of two reanalysis data.
Therefore, both satellite-based and reanalysis precipitation
data support that VWS is the main factor that determines the

TABLE 1 Number of landfalling TCs with northeastwards (NE),
southeastwards (SE), southwestwards (SW), and northwestwards
(NW) storm motion 24 hr prior to, 12 hr prior to, at the time of, 12 hr after
landfall during 1998–2015 (1980–2015)

NE SE SW NW

−24 hr 6 (14) 0 (0) 2 (4) 46 (91)

−12 hr 4 (8) 0 (0) 1 (1) 49 (100)

0 hr 8 (12) 0 (0) 2 (2) 44 (95)

12 hr 8 (15) 0 (0) 6 (10) 33 (73)
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rainfall asymmetry of landfalling TCs in GD. The rainfall
maximum is located in downshear left of VWS.

However, it should be noted that the wavenuber-1 rain-
fall in reanalysis data is weaker than that in satellite-based
data. It is probably associated with a general defect in reana-
lysis system and atmospheric model. Models tend to under-
estimate heavy precipitation and overestimate light
precipitation (Kimoto et al., 2005; Dai, 2006; Sun et al.,
2006). Some evaluations also indicate that reanalysis prod-
ucts show similar systematic behaviours in overestimating
small and medium precipitation amounts and underestimat-
ing high amounts (Pfeifroth et al., 2012; Zhou and Wang,
2017). Still, the pattern of rainfall asymmetry and its rela-
tionship with VWS is reliable.

The analysis above reveals the average characteristics of
TC rainfall asymmetry in GD using composite wavenumber-
1 rainfall. We further discuss the significance of the compos-
ite results. We would like to know whether the composite
rainfall asymmetry is able to represent the rainfall asymme-
try of most TCs. Similar with Corbosiero and Molinari
(2003), we calculate the wavenumber-1 rainfall at different
octants and figure out the location (the octant) of the maxi-
mum wavenumber-1 rainfall for each TC. And then we
count the number and proportion of TCs at each octant
where the maximum wavenumber-1 rainfall is located dur-
ing the process of landfall. Only the proportions, which are
shown in Figure 6, are displayed since they are better to
reflect the difference in quantity between different octants.

Figure 6a,c displays the proportions derived from TRMM
data during 1998–2015. The bold numbers represent the
octants in which the maximum wavenumber-1 rainfall is
most frequently observed. These octants are referred to as
the preferred octants where the TC rainfall maximum
occurrs. Figure 6a,c shows that the maximum wavenumber-
1 rainfall, no matter within inner 100 km, the radii of
100–300 km, or 300–500 km, frequently occurs in down-
shear to downshear left of VWS, especially in downshear
left. Up to 70.3, 82.5, and 65.4% of TCs have the maximum
wavenubmer-1 rainfall in downshear to downshear left
within the radii of 0–100, 100–300, and 300–500 km,
respectively. Of note is the very significant decrease in the
proportions at the octants away from downshear. The pro-
portions are consistent with the composite rainfall asymme-
try based on satellite-based data. The proportions of TCs
during 1980–2015 is calculated as well based on MERRA2
(Figure 6d,e) and ERA-Interim (Figure 6g,i) reanalysis data.
The proportions derived from MERRA2 data are quite simi-
lar with those derived from TRMM data. Figure 6d,e shows
that the octants in downshear to downshear left have the
most frequent occurrence of maximum wavenumber-1 rain-
fall. The proportions there are 62.8, 71.2, and 61.2% within
the radii of 0–100, 100–300, and 300–500 km, respectively.
The proportions are consistent with the composite rainfall
asymmetry based on MERRA2 data as well. The proprotions
derived from ERA-Interim data have slight difference with
those based MERRA2 and TRMM data. The proportions are

FIGURE 3 Average wavenumber-1 rainfall relative to storm motion 24 hr prior to (left column), 12 hr prior to (second column), at the time of (third
column), and 12 hr after landfall (right column) derived from TRMM 3B42 data. The top row is the average of all TCs, and the bottom row is the average of
non-northwest moving TCs. The storm motion is pointed to the top in all panels [Colour figure can be viewed at wileyonlinelibrary.com]
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in downshear left to left within the radii of 100–300 and
300–500 km. These are associated with the temporal resolu-
tion of ERA-Interim data as mentioned earlier. Still, the pro-
portions are consistent with the composite rainfall
asymmetry based on ERA-Interim data. The total propor-
tions are 56.8, 69.7, and 63.6% in the preferred octants in
which maximum wavenumber-1 rainfall occurrs. These
results based on seatellite-based data and reanalysis data
indicate that the composite rainfall asymmetry is able to
reflect the rainfall asymmetry of most TCs.

3.2 | Change in TC rainfall asymmetry in the process
of making landfall

The overall TC rainfall asymmetry in GD has been revealed
in front. Change in TC rainfall asymmetry in the process of
making landfall is still our concern. Only satellite-based pre-
cipitation data is used to analyse change in rainfall asymme-
try, since reanalysis precipitation data has a defect in
intensity. Figure 7 displays the quadrant average rainfall at
different radii from centre to outwards. The quadrants are
relative to VWS, since VWS is the main influencing factor
of TC rainfall asymmetry. Figure 7a shows that the quadrant
average rainfall within inner 500 km decreases in the pro-
cess of making landfall in all quadrants, including down-
shear left, downshear right, upshear left, and upshear right.
The axisymmetric (wavenumber-0) and asymmetric (wave-
number-1) rainfall in downshear left also has a significant
decrease. These results are consistent with the spatial distri-
butions of TC rainfall in Figure 2 and wavenumber-1 rainfall

FIGURE 4 Average wavenumber-1 rainfall (top two rows) relative to VWS and TC rainfall minus axisymmetric (wavnubmer-0) rainfall (bottom row) 24 hr
prior to (left column), 12 hr prior to (second column), at the time of (third column), and 12 hr after landfall (right column) derived from TRMM 3B42 data.
The top row is the average of all TCs, and second row is the average of TCs with non-southwestwards VWS. The VWS is pointed to the top in all panels
[Colour figure can be viewed at wileyonlinelibrary.com]

TABLE 2 Same as Table 1, but for VWS

NE SE SW NW

−24 hr 2 (7) 3 (7) 39 (75) 10 (20)

−12 hr 5 (14) 5 (9) 39 (72) 5 (14)

0 hr 4 (14) 7 (12) 35 (70) 8 (13)

12 hr 8 (18) 5 (14) 28 (54) 6 (12)

3386 WEN ET AL.

http://wileyonlinelibrary.com


in Figure 4, where the rainfall shows an obvious
decrease in the process of making landfall. What is
more, the decrease in rainfall is also seen at different
radii from centre to outwards (Figure 7b,d). There are
generally decrease trends within the radii of 0–100 km
(Figure 7b), 100–300 km (Figure 7c), and 300–500 km
(Figure 7d), especially after making landfall (0–12 hr).
In general, TC rainfall decreases from centre to out-
wards in the process of making landfall. That is because

friction of land and the cutting off of energy source
cause TC to weaken.

Another distinct feature is that the downshear left quad-
rant almost has the largest rainfall during TC landfall process
(Figure 7). The rainfall in downshear left is significant larger
than that in other quadrants. For example, the average rain-
fall in downshear left (~4.1 mm/hr) is nearly twice of that in
downshear right (~2.3 mm/hr) or upshear left (~2.2 mm/hr)
at 24 hr prior to landfall. This feature can also be seen from

FIGURE 5 Average wavenumber-1 rainfall relative to VWS 24 hr prior to (left column), 12 hr prior to (second column), at the time of (third column), and
12 hr after landfall (right column) derived from MERRA2 (top two rows) and ERA-Interim (bottom two rows) reanalysis data. The top row and the third row
are the average of all TCs, and the second row and the bottom row are the average of TCs with non-southwestwards VWS. The VWS is pointed to the top in
all panels [Colour figure can be viewed at wileyonlinelibrary.com]
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the distributions of TC rainfall at different stages (Figure 2a,
d), where the rainfall always leans to downshear left of
VWS. In addition, the positive values in wavenumber-1 rain-
fall relative to VWS are invariably located in downshear left
of VWS as well (Figure 4a,d). These results indicate that the
phase of TC rainfall asymmetry in GD hardly changes in the
process of making landfall.

We further analyse the change in the amplitude of TC
rainfall asymmetry. Following Chen et al. (2006), the ampli-
tude of TC rainfall asymmetry is defined as the ratio
between wavenumber-1 rainfall (asymmetric component)
and wavenumber-0 rainfall (axisymmetric component) in
downshear left. Figure 8 displays the amplitude of rainfall
asymmetry in the process of TC making landfall. It can be
seen from Figure 8a,d that the largest amplitude of rainfall
asymmetry is within the radius of 100–300 km. The ampli-
tude is up to 60% (Figure 8e), implying that the
wavenumber-1 rainfall (asymmetric rainfall) reaches up to
60% of wavenumber-0 rainfall (axisymmetric rainfall). The
inner area (0–100 km) has smaller rainfall asymmetry ampli-
tude, which is about 40% (Figure 8a,e). The rainfall asym-
metry amplitude in outwards area (300–500 km) has small
variation in the landfall process at the range of 20–50%. The
overall rainfall asymmetry amplitude within inner 500 km is
about 50%, suggesting that the asymmetric rainfall is half of
the axisymmetric rainfall. Although there are some differ-
ences, the variations in the amplitude of rainfall asymmetry
are small in the process of making landfall based on the spa-
tial distributions in Figure 8a,d. The quadrant average also
indicates that the amplitude has no significant change from
24 hr prior to landfall to 12 hr after landfall. The amplitudes
of rainfall asymmetry also hardly change at different radii
from centre to outwards (Figure 8e). These results make
sense since the VWS, the main factor influencing rainfall
asymmetry, is relatively stable in the process of making
landfall (Figure 2).

In general, although TC rainfall decreases, the phase and
amplitude of TC rainfall asymmetry have no significant
change in the process of making landfall.

3.3 | TC rainfall asymmetry in El Niño and La Niña
years

ENSO strongly impacts the climate and weather in WNP
and East Asia (Lau and Nath, 2000; Wang et al., 2003; Wu
et al., 2003; Karori et al., 2013; Hu et al., 2014). The large-
scale circulation is quite diverse during different ENSO
phases (Wang et al., 2000; Wu et al., 2010; Karori et al.,
2013). Thus we further investigate the TC rainfall asymme-
try in GD during El Niño and La Niña years. The entire
36-year period from 1980 to 2015 is subdivided into El Niño
years, La Niña years, and neutral years according to Oceanic
Niño Index (ONI) of TC season (July–September). The ONI
is 3-month running mean of ERSST.v5 SST anomalies in
the Niño3.4 region (5�N–5�S, 120�–170�W). It is El Niño

(La Niña) year when ONI is equal or greater (less) than 0.5
(−0.5). It is neutral year when ONI range from −0.4 to 0.4.
The classification is given in Table 3. There are 4 (9) El
Niño years, 6 (9) La Niña years, 8 (18) neutral years during
1998–2015 (1980–2015).

Table 4 shows the proportion of VWS in different direc-
tions during 1998–2015 and 1980–2015. Southwestwards
VWS dominants no matter whether it is El Niño year or La
Niña year. There are 60–70% southwestwards VWS.
Although El Niño years have a slight more northeastwards
VWS and less southeastwards VWS than La Niña years,
they only account for a small proportion. In general, there is
no significant difference in VWS in different ENSO phases.

Figure 9 displays spatial distributions of average
wavenumber-1 rainfall during El Niño, La Niña, and neutral
years derived from satellite-based data and reanalysis data.
TRMM 3B42 data shows that distributions of wavenumber-
1 rainfall are quite similar between El Niño, La Niña, and
neutral years (Figure 9a,c). There are no differences in the
patterns of wavenumber-1 rainfall. They are characterized

FIGURE 6 Proportion (unit: %) of TCs at each octant where the maximum
wavenumber-1 rainfall is located during the process of landfall within the
radii of 0–100 km (left column), 100–300 km (centre column), and
300–500 km (right column), derived from TRMM 3B42 data (top row),
MERRA2 data (centre row), and ERA-Interim data (bottom row),
respectively. The three largest proportions are shown in bold font. The
VWS is pointed to the top in all panels
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by positive values in the south and negative values in the
north. Reanalysis data also indicates that there are
remarkable resemblance in the features of wavenumber-1
rainfall between El Niño, La Niña, and neutral years.
MERRA2 data shows that wavenumber-1 rainfall has
positive values in the south and negative values in the
north in El Niño, La Niña, and neutral years (Figure 9d,
f ). This feature is analogous to that derived from TRMM
data. The wavenumber-1 rainfall derived from ERA-
Interim data also has similar features in different ENSO
phases (Figure 9g,i). The positive values are in the south-
east quadrant and negative values are in the northwest
quadrant. The phases of positive values and negative
values are a little different with those in MERRA2 data.
It is associated with the temporal resolution of ERA-
Interim precipitation data and the movement of TCs.
ERA-Interim precipitation is the cumulative rainfall over
the past 6 hr. In addition, most of TCs have a northwest-
wards moving track. Therefore the rainfall maximum is in
southeastern quadrant. Both satellite-based data and

reanalysis data indicate that there is no obvious difference
in TC rainfall asymmetry between different ENSO
phases.

The relationship between rainfall asymmetry and VWS
in El Niño, La Niña, and neutral years is examined as well.
Figure 10 displays the average wavenumber-1 rainfall rela-
tive to VWS in El Niño, La Niña, and neutral years derived
from satellite-based data and reanalysis data. TRMM data
shows that the wavenumber-1 rainfall has the same features
in El Niño, La Niña, and neutral years (Figure 10a,c). It is
characterized by positive values in downshear left and nega-
tive values in upshear right. The rainfall maximum is in
downshear left of VWS. Thus satellite-based data indicates
that there is no difference in TC rainfall asymmetry between
El Niño, La Niña, and neutral years. Reanalysis data also
shows similar feature. Both MERRA2 (Figure 10d,f) and
ERA-Interim (Figure 10g,i) reanalysis precipitation data
show that there is no significant difference in wavenumber-1
rainfall in different ENSO phases. The patterns of
wavenumber-1 rainfall are quite similar between El Niño, La

FIGURE 7 Quadrant average rainfall, wavenumber-0, and wavenumber-1 rainfall derived from TRMM 3B42 data from 24 hr prior to landfall to 12 hr after
landfall within the radii of 0–500 km (a), 0–100 km (b), 100–300 km (c), 300–500 km (d). Red, orange, green, blue, black, and grey lines represent rainfall in
downshear left (R_DSL), downshear right (R_DSR), upshear left (R_USL), upshear right (R_USR), wavnumber-0 rainfall (W0_DSL), and wavenumber-1
rainfall (W1_DSL), respectively [Colour figure can be viewed at wileyonlinelibrary.com]
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Niña, neutral years. Positive values are generally in down-
shear left and negative values are in upshear right. The dif-
ference in the positions of positive values and negative
values between MEERA2 and ERA-Interim data is related
to the difference in temporal resolution of data. Thus, VWS
is still the main influencing factor of rainfall asymmetry of
landfalling TCs in GD no matter in El Niño years or La Niña
years.

4 | SUMMARY AND DISCUSSION

In this study, we investigate the rainfall asymmetry of TCs
in the process of making landfall in GD based on best track
data and satellite-based and reanalysis precipitation data. TC
rainfall is decomposed into different wavenumber compo-
nents through Fourier transformation. Same as previous
studies (Lonfat et al., 2004; Chen et al., 2006; Yu et al.,
2015), wavenumber-1 rainfall is used to analyse the TC rain-
fall asymmetry, since it has a similar distribution with TC
rainfall minus axisymmetric rainfall (wavenumber-0
rainfall).

We first composite the rainfall distribution of landfalling
TCs in GD and their storm motion and VWS. It is found that
there is more rainfall in the southern side than the northern
side of TC and the rainfall maximum is in the south near the
centre. In order to figure out the relationship between rainfall
asymmetry and storm motion and VWS, TCs are classified
into different group based on storm motion and VWS,

FIGURE 8 Average amplitude (W1/W0) of rainfall asymmetry 24 hr prior to (a), 12 hr prior to (b), at the time of (c), and 12 hr after landfall (d) and
quadrant average amplitude (e) of rainfall asymmetry in downshear left from 24 hr prior to landfall to 12 hr after landfall within the radii of 0–500 km (red),
0–100 km (orange), 100–300 km (green), and 300–500 km (blue) [Colour figure can be viewed at wileyonlinelibrary.com]

TABLE 3 Years classified according to ONI of TC season (JAS)

El Niño La Niña Neutral

1982 1985 1980

1986 1988 1981

1987 1995 1983

1991 1998 1984

1997 1999 1989

2002 2000 1990

2004 2007 1992

2009 2010 1993

2015 2011 1994

1996

2001

2003

2005

2006

2008

2012

2013

2014

TABLE 4 Percentage of VWS in different directions during 1998–2015
(1980–2015)

NE SE SW NW

El Niño 17.5 (17.5) 5.0 (8.4) 67.5 (55.9) 10.0 (18.2)

La Niña 7.5 (10.9) 10.3(11.6) 63.6 (61.7) 18.6 (15.8)

Neutral 6.7 (11.6) 10.0 (7.8) 72.2 (70.6) 11.1 (10.0)
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respectively. The wavenumber-1 rainfall relative to storm
motion is quite different between northwest moving TCs and
non-northwest moving TCs. The position of rainfall maxi-
mum relative to storm motion changes significantly as the
storm motion changes. This indicates that storm motion can-
not explain the rainfall asymmetry of TCs in GD. On the
contrary, TCs with southwestwards VWS and TCs with non-
southwestwards VWS have similar distributions of
wavenumber-1 rainfall relative to VWS. Wavenumber-1
rainfall relative to VWS changes little as VWS changes. The

consistent rainfall asymmetry in different VWS implies that
VWS is the main influencing factor of TC rainfall asymme-
try in GD. The rainfall maximum is located in downshear
left of VWS.

In addition, we analyse the change in rainfall asymmetry
of TCs in the process of making land in GD. The rainfall
decreases during the landfall process, especially after mak-
ing landfall. However, the location of rainfall maximum is
consistently in downshear left from 24 hr prior to landfall to
12 hr after landfall. The amplitude of rainfall asymmetry,

FIGURE 9 Average wavenumber-1 rainfall during El Niño (left column), La Niña (centre column), and neutral (right column) years derived from TRMM
3B42 data (top row), MERRA2 (centre row), and ERA-Interim (bottom row) reanalysis data [Colour figure can be viewed at wileyonlinelibrary.com]
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which is defined as the ratio between wavenumber-1 (asym-
metric) rainfall and wavenumber-0 (axisymmetric) rainfall,
has no significant change in the process of landfall as well.
The area within the radius of 100–300 km has the largest
amplitude of rainfall asymmetry, which is about 60%. The
average amplitude is about 50% within inner 500 km, sug-
gesting that the asymmetric rainfall is about half of the axi-
symmetric rainfall.

We finally analyse the difference in rainfall asymmetry
of landfalling TCs in different ENSO phases. Both satellite-
based data and reanalysis data indicate that there is no obvi-
ous difference in TC rainfall asymmetry between El Niño,
La Niña, and neutral years. VWS is the main influencing
factor of rainfall asymmetry of landfalling TCs in GD
whether in El Niño, La Niña, or neutral years. The rainfall
maximum consistently lies in downshear left of VWS.

FIGURE 10 Average wavenumber-1 rainfall relative to VWS during El Niño (left column), La Niña (centre column), and neutral (right column) years
derived from TRMM 3B42 data (top row), MERRA2 (centre row), and ERA-Interim (bottom row) reanalysis data. The VWS is pointed to the top in all
panels [Colour figure can be viewed at wileyonlinelibrary.com]
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The rainfall asymmetry and main influencing factor of
GD is consistent with those over south China reported by
Xu et al. (2014). However, the two areas are not the same,
although two areas have some overlaps. Xu et al. (2014)
reported the TC rainfall asymmetry and its association with
VWS based on the composited total TC rainfall and its rela-
tive location to VWS and storm motion. In addition to total
TC rainfall, wavenumber-1 rainfall is used to display the
rainfall asymmetry in this study. The wavenumber-1 rainfall
gives a better illustration for TC rainfall asymmetry than
total TC rainfall as used by Xu et al. (2014).What is more,
we divide TCs in different groups based on VWS to examine
the relationship between rainfall asymmetry and VWS. We
find the relative location of maximum rainfall to VWS is the
same in different VWSs. The result in this study gives a
more robust relationship between rainfall asymmetry and
VWS than that in the study of Xu et al. (2014). Last but not
the least, this study reveals the change in the amplitude of
TC rainfall asymmetry in the process of making landfall,
which is not involved in the study of Xu et al. (2014).
Although Yu et al. (2015) analysed the TC rainfall asymme-
try in GD, the characteristic of TC rainfall asymmetry in GD
was not clearly documented. They mainly compared the
rainfall asymmetry in different regions of China and found a
cyclonic rotation of rainfall maximum from south China to
east China. In addition, there are only 22 landfalling TCs
over GD and 15 TCs 24 hr after landfall in the study of Yu
et al. (2015), which is far less than the 109 TCs used in this
study. Furthermore, the method that we use to examine the
relationship between rainfall asymmetry and VWS is more
elaborate. More TCs used and more elaborate analysis make
the results of this study more robust.

GD is the province that has the most landfalling TCs in
China. This study reveals the rainfall asymmetry, its main
influencing factor, its change in the process of landfall, and
its difference between different ENSO phases in
GD. Results of this study can increase the scientific under-
standing of TC rainfall asymmetry in GD. More importantly,
they are useful for making prediction of rainfall distribution,
especially the heavy rainfall area of landfalling TCs.
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a b s t r a c t

Using an observed dataset, we study the changes of surface wind speeds from 1979 to 2016 over the
Northern Hemisphere and their impacts on wind power potential. The results show that surface wind
speeds were decreasing in the past four decades over most regions in the Northern Hemisphere,
including North America, Europe and Asia. In conjunction with decreasing surface wind speeds, the wind
power potential at the typical height of a commercial wind turbine was also declining over the past
decades for most regions in the Northern Hemisphere. Approximately 30%, 50% and 80% of the stations
lost over 30% of the wind power potential since 1979 in North America, Europe and Asia, respectively. In
addition, the evaluation of climate models shows their relatively poor ability to simulate long-term
temporal trends of surface winds, indicating the need for enhancing the process that can improve the
reliability of climate models for wind energy assessments.

© 2018 Elsevier Ltd. All rights reserved.
1. Introduction

Renewable energy contributed more than 19% to global final
energy consumption in 2015 [1]. In the Paris Agreement, as well as
Marrakech Climate Change Conference, renewable energy was a
central topic, for it provides a key component of efforts to mitigate
climate change [2,3]. Of all renewable energy sources presently
used for electricity generation, wind is one of the leaders in terms of
installed generating capacity, only exceeded by hydropower [4]. At
the end of 2016, the global cumulative wind energy installationwas
486.8 GW. In 2016 alone, 54.6 GW was installed worldwide, among
which 23.4 GW were installed in China. By the end of 2016, 29
countries had more than 1000MW installation, including 17 in
Europe, five in Asia-Pacific (China, India, Japan, South Korea and
Australia), three in North America (Canada, Mexico, the United
merical Modeling for Atmo-
titute of Atmospheric Physics,
States), three in Latin America (Brazil, Chile, Uruguay) and one in
Africa (South Africa) [3].

Wind energy is generated by air flow through a wind turbine
and a process to transform the kinetic energy of the air into electric
power. According to the continuity equation of fluid mechanics, the
mass flow rate, through a rotor disc of area A, is a function of air
density r, and air velocity (assumed uniform) U, and is given by [5]:

dm
dt

¼ rUA (1)

The kinetic energy per unit time, or power of the flow is given
by:

P ¼ 1
2
dm
dt

U2 ¼ 1
2
rAU3 (2)

The wind power per unit area, or wind power density is:

E ¼ P
A
¼ 1

2
rU3 (3)
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Nomenclature

Abbreviations
AOGCM Atmosphere-Ocean General Circulation Model
ASOS Automated Surface Observing System
CMA Chinese Meteorological Administration
CMDC China Meteorological Data Service Center
CMIP5 World Climate Research Programme Fifth Coupled.

Model Intercomparison Project
ENSO El Nin~o-Southern Oscillation
ISD Integrated Surface Database
NAO North Atlantic Oscillation
NCEI National Centers for Environmental Information
NOAA National Oceanic and Atmospheric Administration
PDO Pacific Decadal Oscillation
PLI Power law index
QC Quality Control
RMSD Root-Mean-Square Difference

Greek symbols
a Power law index
G Gamma function
k Shape parameter in Weibull distribution
r Density of air, kg=m3

Mathematical symbols
A Area of a rotor, m2

c Scale parameter in Weibull distribution
C Cumulative change in wind speed, %
D Root-Mean-Square Difference
E Wind power density, W=m2

m Mass of air, kg
P Kinetic energy per unit time, W
R Correlation coefficient
Rg Regression function of wind speed time series
t Time, s
U Wind speed, m=s
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It can be assumed that conforms to a probability distribution, for
example, two-parameter Weibull distribution [2]:

FðUÞ ¼ 1� exp
�
�
�
U
c

�k�
(4)

The expectation of wind power density can be expressed as:

E ¼ 1
2
rc3G

�
1þ 3

k

�
(5)

Given that wind power density is the cube of wind speed
(Equation (3)), a small change in wind speed can have substantial
consequences for wind energy resources. In terms of wind elec-
tricity output and grid integration, wind speed variability at a short
time scale, such as diurnal or synoptic variability, is vital and thus
needs to be forecasted. However, when it comes to site selection of
wind farms, variability at longer time scales becomes a major
concern. While there have been a number of papers on this subject,
we focus on long-term temporal trend studies.

Recently, many studies have found that the surface wind speeds
were decreasing in recent decades (termed “stilling” [6]). In North
America, a change of �0.05 ms�1decade�1 was reported in Canada,
while decreases ranging from �0.10 to �0.19 ms�1decade�1 were
reported in the United States [7e9]. In Europe, downward trends
were also found in many countries, such as Germany (�0.01
ms�1decade�1), the Czech Republic (�0.08 ms�1decade�1),
Switzerland (�0.09 ms�1decade�1), France (�0.05 ms�1decade�1)
and Greece (�0.01 ms�1decade�1) [10e14]. Similar circumstances
occur in Asia, where declines in wind speeds were found in Japan
(�0.03 ms�1decade�1), India (�0.27 ms�1decade�1) and P.R. China
(ranging from �0.12 to �0.18 ms�1decade�1) [15e19]. In one study
covering continental areas in the Northern Hemisphere, a decrease
of 5� 15% from 1979 to 2008 was reported [20], suggesting that
stilling is an increasingly common phenomenon in Europe, North
America and Asia. Determining the impact of the stilling on wind
energy resources across the Northern Hemisphere is the first
question we aim to answer in the current study.

Knowing the changes in the past is not sufficient, a study of how
wind energy might evolve over the coming decades becomes
necessary. Future climate evolution depends not only on natural
variability, but also on anthropogenic forcing. The atmosphere-
ocean general circulation model (AOGCM), the primary tool for
the investigation of climate system, is currently able to reproduce
large-scale natural variability such as El Ni~no-Southern Oscillation
(ENSO) [21]. Although future anthropogenic forcing is hard to
predict, possible anthropogenic forcing scenarios were proposed by
the World Climate Research Programme Fifth Coupled Model
Intercomparison Project (CMIP5), a globally coordinated set of
global coupled AOGCMs simulations to project future climate [22].
Simulations of four future scenarios defined by four level of
anthropogenic forcing were performed in the CMIP5 and have
become themost commonly used dataset for climate projections. In
the design of CMIP5, simulations for the historical period are also
included, in order to evaluate the performance of models. Chen
et al. [23] assessed the performance of several CMIP5 models for
reproducing surface wind speeds from 1971 to 2005 over China.
Among the nine models chosen for their study, two of them have a
large bias to the observations in terms of the annual mean wind
speeds, while none exhibits a substantial decline for the historical
period. It raises the basic question in wind energy projection: Are
CMIP5 simulations of surface wind speeds reliable? This is the
second question we aim to answer in this study.

Herein, we analyze changes in surface wind speed by using a
carefully quality-controlled dataset consisting of 1038 stations
covering the globe (mostly the Northern Hemisphere) for 1979 to
2016. Analysis of surface wind speeds from reanalysis datasets (e.g.
NCEP/NCAR, NCEP/DOE, ERA-Interim) is not included in this study,
because previous studies suggest that reanalysis datasets are un-
able to reproduce observed surface wind speed trends [17,20,24]. In
addition, we extrapolate surface wind speeds to the typical height
of a commercial wind turbine (considered as 80m) using an
empirical algorithm, and examine changes inwind power potential
over the past decades. We then conduct a comprehensive evalua-
tion of the simulations for surface wind speeds from 1979 to 2005
from out of the 34 AOGCMs in CMIP5, providing a reference for the
reliability of CMIP5 models for wind energy projection.

2. Data and methods

2.1. Data

Observational wind speed time series are available from two
sources:

1. The Integrated Surface Database (ISD) [25], initiated by



Table 1
Top 10 cumulative wind power capacity by the end of 2016a.

Country MW %Share

P.R. China 168,732 34.7
USA 82,184 16.9
Germany 50,018 10.3
India 28,700 5.9
Spain 23,074 4.7
UK 14,543 3
France 12,066 2.5
Canada 11,900 2.4
Brazil 10,740 2.2
Italy 9257 1.9
Rest of the world 75,576 15.5

Total top 10 411,214 84
World total 486,790 100

a Source: Sawyer and Dyrholm, 2017 [3].
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National Centers for Environmental Information (NCEI), National
Oceanic and Atmospheric Administration (NOAA) in 1998, consists
of global hourly observations compiled from more than 100 sour-
ces. The database includes over 35,000 stations worldwide, of
which 14,000 are currently “active” stations updated daily in the
database. ISD contains 54 quality control (QC) algorithms which
serve to process each of the observations through a series of validity
checks, extreme value checks, internal (within the same observa-
tion) consistency checks, and external (versus another observation
for the same station) consistency checks.

Surface wind speeds from 1979 to 2016 are selected for this
study because the number of stations remained stable since late
1970, whereas the spatial coverage of ISD is much less before the
early 1970s [25]. To ensure the quality of the wind speed time se-
ries, extensive QC processes are conducted and include:

i) Removing stations that were moved from one place to a
distant other place, keeping only the stations with less than
0.02� (about 2 km horizontally) and 20m in elevation relo-
cation, compared to the coordinate of reference time
(January 1, 1979, in this case).

ii) Removing records with inhomogeneity, keeping records that
passed all the QC checks of ISD and rejecting the others. The
remaining hourly records are processed into dailymean data.

iii) Removing stations with large gaps, first, only years with
sufficient coverage (more than 360 days) are kept. If one year
does not fulfill this requirement, it is removed from the data.
Then stations which cover less than 90% of the study period
are removed from the list, i.e. stations covering less than 35
years from 1979 to 2016 are excluded.

2. Dataset of Daily Climate Data from Chinese Surface Stations
(V3.0) (http://data.cma.cn/data/detail/dataCode/SURF_CLI_CHN_
MUL_DAY_V3.0/keywords/v3.0.html), produced by the China
Meteorological Data Service Center (CMDC), Chinese Meteorolog-
ical Administration (CMA), consists of daily values from 824 Chi-
nese surface stations. QC processes of this dataset include extreme
value checks, internal consistency checks, external consistency
checks and manual verification and correction. The surface wind
speed time series for 1979 to 2016 is checked using the extensive
QC processes, as is also the case for ISD.

After QC processes, 785 stations remain in NCEI ISD and 351 in
the CMDC daily surface observation V3.0. The CMDC dataset is
supplementary to NCEI ISD because only 194 Chinese surface sta-
tions are openly available for global meteorological data exchange.
Consistency check between these two datasets is conducted. The
results show that the mean wind speeds for 98 repetitive stations
from two sources are consistent, as are the temporal trends. We
merge these two datasets into one and name the new dataset the
NCEI-CMDC ensemble dataset. The NCEI-CMDC ensemble dataset
consists of 1038 stations, including 351 stations from the CMDC
dataset and 687 stations from NCEI ISD (98 repetitive stations are
excluded).

Surface wind speed simulations are obtained from 34 AOGCMs
in CMIP5. Summary of the models used in this work is listed in
Table 2. Monthly values from historical runs with both natural and
anthropogenic forcing are used in the analyses. It is worthy to note
that surface wind speeds derived from CSIRO-MK3.6 are for a
nominal height of 2m, while surface wind speeds from all other
AOGCMs are outputted at 10m. In order to compare with obser-
vations, we interpolated the monthly model outputs from different
spatial resolutions onto the observed sites of the NCEI-CMDC
ensemble dataset using bilinear interpolation (i.e., a linear inter-
polation function on two-dimensional grids [26]).
2.2. Method

For the trend analysis of the observations and CMIP5 simula-
tions, we compute a first-degree polynomial regression for annual
mean wind speeds using the least square method and conduct
significance test using t-test. The cumulative changes in wind
speeds are computed according to the regression functions:

C ¼ RgðtendÞ � RgðtstartÞ
RgðtstartÞ (6)

We adopt this method instead of directly using values of the
starting and ending year, because the latter approach would inev-
itably introduce interannual variabilities into the analysis, and can
be regarded as noise in this case.

To examine the issues with respect to wind speeds from rela-
tively low to high values, we compute the percentiles using daily
values of each year. The resulting time series are analyzed for trends
using first degree polynomial regression and t-test to determine
whether trends are significant.

In terms of estimating wind power potential, there are typically
two approaches according to existing literatures. One directly uses
the kinetic energy flux formula (Equation (3)) with observed wind
speeds [48,49]. The other employs a wind speed distribution model
with parametric fit to the observational data [50e53]. A common
model used in the second approach is the two parameter Weibull
distribution (see in section 1 (Equation (4) & (5))). The former
approach is chosen for this study, because it can provide a
straightforward answer on how atmospheric stilling impacts wind
energy resources. In order to simplify the discussion, we assume
that air density remains constant. Hence, changes in wind power
potential are proportional to changes in the cube of wind speeds.
The cumulative changes in wind power potential are computed
using Equation (6).

Differences in the spatial fields of wind speeds between CMIP5
models and observations in terms of the standard deviation, the
correlation coefficient and RMSD are computed. The correlation
coefficient is defined by

R ¼
1
N
PN

n¼1

�
fn � f

�
ðrn � rÞ

sf sr
(7)

where f and r are the mean values, and sf and sr are the standard
deviations of spatial fields f and r, respectively. The RMSD is defined
by

http://data.cma.cn/data/detail/dataCode/SURF_CLI_CHN_MUL_DAY_V3.0/keywords/v3.0.html
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Table 2
Summary of CMIP5 AOGCMs. Monthly surface wind speeds from 34 AOGCMs are included in this study. Atmospheric resolution of each model is expressed in the form of
longitude� latitude grid.

Model name Institute (country) Atmospheric resolution Reference

ACCESS1.0 CSIRO-BOM (Australia) 1.875+� 1:25+ Dix et al., 2013 [27]
ACCESS1.3 CSIRO-BOM (Australia) 1:875+� 1:25+ Dix et al., 2013 [27]
BCC-CSM1.1 BCC-CMA(P.R. China) 2:8+ � 2:8+ Xin et al., 2013 [28]
BCC-CSM1.1(m) BCC-CMA(P.R. China) 160� 320 T106 Liu et al., 2015 [29]
BNU-ESM GCESS(P.R. China) 2:8+�2:8+ Ji et al., 2014 [30]
CanESM2 CCCMA(Canada) 2:8+ � 2:8+ Arora et al., 2011 [31]
CMCC-CESM CMCC(Italy) 3:75+ � 3:75+ Fogli et al., 2009 [32]
CMCC-CM CMCC(Italy) 0:75+ � 0:75+ Fogli et al., 2009 [32]
CMCC-CMS CMCC(Italy) 1.875+�1:875+ Fogli et al., 2009 [32]
CSIRO-Mk3.6.0 CSIRO-QCCCE(Australia) 1.875+�1:875+ Gordon et al., 2010 [33]
FGOALS-s2 LASG-IAP-CAS(P.R. China) 2:81+ � 1:66+ Bao et al., 2013 [34]
GFDL-CM3 NOAA GFDL(USA) 1.875+�1:875+ Griffies et al., 2011 [35]
GFDL-ESM2G NOAA GFDL(USA) 2:5+ � 2+ Dunne et al., 2012 [36],

Dunne et al., 2013 [37]
GFDL-ESM2M NOAA GFDL(USA) 2.5+�2+ Dunne et al., 2012 [36],

Dunne et al., 2013 [37]
GISS-E2-H NASA GISS(USA) 2.5B� 2B Schmidt et al., 2014 [38]
GISS-E2-H-CC NASA GISS(USA) 1+ � 1B Schmidt et al., 2014 [38]
GISS-E2-R NASA GISS(USA) 2.5? � 2B Schmidt et al., 2014 [38]
GISS-E2-R-CC NASA GISS(USA) 1+ � 1B Schmidt et al., 2014 [38]
HadCM3 MOHC(UK) 3:75+ � 2.5B Jones et al., 2003 [39]
HadGEM2-AO MOHC(UK) 1:875+ � 1.25B Collins et al., 2011 [40]
HadGEM2-CC MOHC(UK) 1:875+ � 1.25B Collins et al., 2011 [40]
HadGEM2-ES MOHC(UK) 1:875+ � 1.25B Collins et al., 2011 [40]
INM-CM4 INM(Russia) 2+ � 1.5B Volodin et al., 2010 [41]
IPSL-CM5A-LR IPSL(France) 3:75+ � 1.9B Dufresne et al., 2013 [42]
IPSL-CM5A-MR IPSL(France) 2:5+ � 1.25B Dufresne et al., 2013 [42]
IPSL-CM5B-LR IPSL(France) 3:75+ � 1.9B Dufresne et al., 2013 [42]
MIROC4h MIROC(Japan) 0:56+� 0.56B Sakamoto et al., 2012 [43]
MIROC5 MIROC(Japan) 1:4+ � 1.4B Watanabe et al., 2010 [44]
MIROC-ESM MIROC(Japan) 2:8+ � 2.8B Watanabe et al., 2011 [45]
MIROC-ESM-CHEM MIROC(Japan) 2:8+ � 2.8B Watanabe et al., 2011 [45]
MPI-ESM-LR MPI-M(Germany) 1:8+ � 1.8B Giorgetta et al., 2013 [46]
MPI-ESM-MR MPI-M(Germany) 1:8+� 1.8B Giorgetta et al., 2013 [46]
MPI-ESM-P MPI-M(Germany) 1:8+ � 1.8B Giorgetta et al., 2013 [46]
MRI-CGCM3 MRI(Japan) 320� 160 TL159 Yukimoto et al., 2012 [47]
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D ¼
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1
N

XN

n¼1
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fn � f

�
� ðrn � rÞ

#2)1
2

(8)

HereD is used to quantify differences in the patterns of the fields
f and r, while differences in themean states of the two fields are not
included. The standard deviation, correlation coefficient and RMSD
are computed using climatological mean wind speeds for 1979 to
2005 and summarized using Taylor diagrams [54].
3. Results

3.1. Temporal trends of surface wind speeds

Using the NCEI-CMDC ensemble dataset, we find that wind
speeds at 73% of stations have declined over the past 38 years
(Fig. 1), with 67% being statistically significant (p < 0.01). Since
only a fewobservations were reported in the Southern Hemisphere,
we focus our study on the Northern Hemisphere and divide it into
three regions: North America (20e55BN, 50e140BW), Europe
(30e70BN, 20BW-50BE) and Asia (0e55BN, 50e150BE). In North
America, Europe and Asia, the median wind speed trend
are �0.075, �0.105 and �0.075 ms�1decade�1, respectively, which
correspond to �6.5%, �9.6% and �11.2% changes over the past 38
years. China, in particular, leads the wind power industry in ca-
pacity (Table 1), and has a notable median trend of �0.110
ms�1decade�1 (-17.5% over the past 38 years). Instead of the
average trend, the median trend is employed because it is more
robust, and thus gives a better idea of a typical tendency within the
given area. We also check the average wind speed trends and get
similar results (Table 3).

The wind speed trends vary from a low to high percentile of
wind speeds. Globally, wind speeds exhibit sharper trends in higher
values (Fig. 2 d and Table 4), which is noteworthy because wind
power generation is largely dictated by the upper percentiles of the
wind speed distribution [2]. In Europe, wind speeds exhibit
considerable interannual variability (Fig. 2 a). In terms of linear
trends in wind speed percentiles, low percentile wind speeds show
few trends, while higher wind speeds exhibit sharper downward
trends. The average trend of high speed winds (90th percentile) is
more than twice as large as median speed winds (50th percentile).
This is also the case in Asia where high speed winds slow down
muchmore rapidly thanmedian speed winds (Table 4). Meanwhile,
the interannual variability in Asia is rather slight, and therefore
wind speed variations are dominated by long-term trends. (Fig. 2 c).
In North America, interannual variability appears to be dominant
because of the modest long-term trend in the wind speed time
series (Fig. 2 a). Wind speeds in lower percentiles display a sharper
decline than higher percentiles (Table 4). This might be an artifact
caused by the introduction of the ASOS measurement in the United
States in the early 1990s. The ASOS system reported higher speeds
at the high end and lower speeds at the low end when compared
with the former surface observation system [55].

3.2. Changes in wind power potential over the past decades

The typical height of a modern commercial wind turbine is



Fig. 1. Observed surface wind speed trends. The trends are computed using first degree polynomial regression for annual mean wind speeds from 1979 to 2016, expressed in
ms�1decade�1. The area boundaries and the number of stations for the three regions are, North America: 20e55BN, 50e140BW, 214 stations; Europe: 30e70BN, 20BW-50BE, 224
stations; and Asia: 0e55BN, 50e150BE, 531 stations.
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around 80m while surface wind observations are around 10m. To
obtain reasonable wind power potential assessments, daily mean
wind speeds at the anemometer height are extrapolated to 80m
using the power law [56]:

U2

U1
¼

�
z2
z1

�a

(9)

where U2 and U1 are the mean wind speeds at heights z2 and z1,
respectively. The power law index (PLI) a is an empirically-derived
coefficient depending on such factors as surface roughness and
atmospheric stability. For neutral stable conditions, a is approxi-
mately 0.14, which is widely applicable to low surface roughness
and well-exposed sites. A number of studies pertaining to the wind
Table 3
Summary of observed surface wind speed trends. The temporal trends from previously
Studies listed here are selected due to the relatively large number of stations used in the

Source Location

Wan et al., 2010 [7] Canada (42e71BN,53e136BW)
Pryor and Ledolter, 2010 [9] a the contiguous United States (25e

Vautard et al., 2010 [20] North America (30e75BN,50e170
Present study North America (20e55BN,70e140
Walter et al., 2006 [10] Germany(47e55BN, 6e15BE)
Br�azdil et al., 2009 [11] Czech Republic (48e51BN, 12e19B

McVicar et al., 2010 [13] Switzerland (46e48BN, 6e10BE)
Najac et al., 2011 [12], McVicar et al., 2012 [8] France (43e51BN, 5BW-8BE)
Papaioannou et al., 2011 [14] Greece (35e41BN, 20e28BE)
Vautard et al., 2010 [20] Europe (30e75BN,20BW-40BE)
Present study Europe (30e70BN,20BW-50BE)
Fujibe, 2009 [16] Japan (31e46BN, 129e146BE)
Bandyopadhyay et al., 2009 [15] India (9e34BN, 69e95BE)
Guo et al., 2011 [18] P.R. China (18e54BN,73e135BE)
Yin et al., 2010 [19]
Chen et al., 2013 [17]
Present study
Vautard et al., 2010 [20] Central Asia (30e75BN,40e100BE

Eastern Asia (30e75BN,100e160B

Present study Asia (0e55BN,50e150BE)

a Temporal trends in this study are spatial median values, while all other studies are
b 1 km resolution monthly grid using 73e113 sites per month.
energy climatology use this value [50,57e59]. This value for a is
chosen for our assessments as such. Note that while the quantita-
tive results would be sensitive to the choice of PLI or the non-
neutral stability consideration in Equation (9), the trend assess-
ment, which is the focus of this study, is lesser impacted.

The results show that a reduction in wind power potential oc-
curs inmost of the areas (Fig. 3), as deduced from analysis of section
3.1. There are 59 out of 214 (27.6%) stations in North America that
have lost over 30% of their wind power potential since 1979 (Fig. 4).
Stations located in Wisconsin, Kentucky, Tennessee, Louisiana,
Virginia and Maine in the United States are among those which
appear experienced notable impact. There are also 37 stations
showing considerable growth (over 10%) in wind power potential
(Fig. 4). Those stations are located in Wyoming, Montana, New
published studies are computed by spatially averaging, expressed in ms�1decade�1.
analysis, and because they consider a period similar to the present study.

Number of stations Duration Temporal trends

117 1953e2006 �0.05
49BN,65e125BW) 329 1973e2000 �0.19

291 �0.19
188 1973e2005 �0.10
168 �0.13

BW) 170 1979e2008 �0.07
BW) 214 1979e2016 �0.08

73e113b 1951e2001 �0.01
E) 23 1961e2005 �0.08

25 1983e2006 �0.09
51 1984e2003 �0.05
20 1959e2001 �0.01
276 1979e2008 �0.09
224 1979e2016 �0.105
327 1979e2008 �0.03
133 1971e2002 �0.27
652 1969e2005 �0.18
603 1971e2008 �0.12
540 1971e2007 �0.17
351 1979e2016 �0.13

) 96 1979e2008 �0.16
E) 190 1979e2008 �0.12

531 1979e2016 �0.10

spatial average.



Table 4
Surface wind speed trends for different percentiles. Trends are computed using
first degree polynomial regression for annual wind speed percentiles for the period
1979 to 2016, in ms�1decade�1a. The domain considered for North America, Europe
and Asia is the same as that in Fig. 1, while d)Global considers all the all sites
available in the dataset.

North America Europe Asia Global

5th ¡0.084 0.008 0.028 ¡0.010
10th ¡0.084 �0.006 0.027 ¡0.008
20th ¡0.083 ¡0.028 0.003 ¡0.023
30th ¡0.082 ¡0.049 ¡0.021 ¡0.040
40th ¡0.082 ¡0.071 ¡0.047 ¡0.057
50th ¡0.082 ¡0.093 ¡0.074 ¡0.076
60th ¡0.081 ¡0.114 ¡0.101 ¡0.095
70th ¡0.078 ¡0.141 ¡0.134 ¡0.118
80th ¡0.072 ¡0.171 ¡0.174 ¡0.177
90th ¡0.057 ¡0.218 ¡0.237 ¡0.184
95th �0.040 ¡0.261 ¡0.296 ¡0.222

a Bold values denote that the trends are significant (p < 0.01).

Fig. 2. Percentile wind speed trend. Evolution, as a function of year, of annual percentile for observed surface wind speeds. 5th, 10th - 90th in 10 percentile increment and 95th
percentile are shown. The domain considered for a)North America, b)Europe, c)Asia is the same as in Fig. 1, while d)Global considers all the sites available in the dataset.

Fig. 3. Spatial distribution of cumulative changes in wind power potential. Cum
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Mexico, Texas, South Dakota, Nebraska and Florida in the United
States (Fig. 3 a). In Europe, wind power potential in 118 out of 224
(52.7%) stations have decreased bymore than 30%. Meanwhile, only
25 stations have a more than 10% increase (Fig. 4). Stations having
the sharpest reduction are located in the Republic of Belarus, cen-
tral France and Ireland, while stations in northern Italy, western
Switzerland and western Austria show considerable growth(Fig. 3
b). Notably, France and Italy are among the top five countries in
terms of installed wind power capacity in Europe and among the
top 10 in the world [3] (Table 1). Among the 12 stations located on
the African continent, half of them display a 30% decrease in wind
power potential or more, while only two document a 30% increase
or more. There are four out of five stations in Morocco with a sig-
nificant decline, however, the three Tunisian stations show a slight
or even significant increase. One Egyptian station has a remarkable
decrease, while the other shows a slight increase. The remaining
two African continental stations are located in Mauritania and they
ulative changes over a)North America, b)Europe and c)Asia from 1979 to 2016.



Fig. 4. Frequency distribution of cumulative changes in wind power potential.
Cumulative changes in the wind power potential from 1979 to 2016. The domain for
North America, Europe and Asia is the same as that in Fig. 1.

Fig. 5. Seasonal cumulative changes in wind power potential. Computation of cumulative
mean. The three columns correspond to North America, Europe, and Asia. The four season
Winter (Dec, Jan & Feb) patterns are shown in the four rows for each of the continents.
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both exhibit a considerable decrease in wind power potential.
Remarkable alterations occur in Asia, where 65.0% of the stations
show more than a 30% decrease with 50.5% with more than a 50%
decrease (Fig. 4). Since most of the accessible stationary observa-
tions in Asiawere collected in three of the leading countries inwind
energy generation (P.R. China, India and Japan: see Table 1), we
focus our discussion on these three countries. There are 276 out of
351 (78.6%) stations in China that lost more than 30% of their wind
power potential over the past decades. A significant decrease in
wind power potential occurs in the northwest and northeast re-
gions of China, whereas stations with an increase in wind power
potential are scattered around the central and southeast coast
(Fig. 3 c). For all 10 Indian stations included in the study, nine have a
considerable decrease in wind energy resource with a median
change of �70%. This result is remarkable but reasonable consid-
ering an extreme trend of �0.27 ms�1decade�1 was reported in
India using observations for 1971e2002 derived from 133 stations
(Table 3). Nevertheless, Japan seems to be an exception in this
widespread stilling, where an increase inwind power potential was
discovered in almost half of the stations (51 out of 103), most of
which are located in Hokkaido, and the northern and western
coastal of Honshu (Fig. 3 c).
changes is the same as in Fig. 3, except using seasonal mean values rather than annual
s: Spring (Mar, Apr & May), Summer (Jun, Jul & Aug.), Autumn (Sept, Oct & Nov), and



Table 5
CMIP5 historical simulations of surface winds. The spatial median speeds corre-
sponding to everymodel are computed using temporalmean speeds for 1979e2005,
in ms�1, and the spatial median trends are computed using temporal trends for
1979e2005, expressed in ms�1decade�1. The heights are vertical coordinates of
model outputs, expressed in m.

Indicator Model Name Height Median speed Median trenda

B ACCESS1.0 10 2.99 �1.18
C ACCESS1.3 10 3.32 �6.44
D BCC-CSM1.1 10 4.92 12.0
E BCC-CSM1.1(m) 10 4.39 5.71
F BNU-ESM 10 4.391 �7.26
G CanESM2 10 4.98 2.75
H CMCC-CESM 10 3.65 5.88
I CMCC-CM 10 3.52 �8.08
J CMCC-CMS 10 3.56 �8.55
K CSIRO-Mk3.6.0 2 2.02 �8.57
L FGOALS-s2 10 3.84 16.0
M GFDL-CM3 10 3.34 3.28
N GFDL-ESM2G 10 3.31 �4.82
O GFDL-ESM2M 10 3.16 3.03
P GISS-E2-H 10 3.20 �9.02
Q GISS-E2-H-CC 10 3.18 �6.08
R GISS-E2-R 10 3.35 �4.63
S GISS-E2-R-CC 10 3.34 �7.94
T HadCM3 10 3.87 �3.74
U HadGEM2-AO 10 2.95 �5.10
V HadGEM2-CC 10 2.91 3.41
W HadGEM2-ES 10 2.91 �14.0
X INM-CM4 10 3.61 8.32
Y IPSL-CM5A-LR 10 3.27 10.0
Z IPSL-CM5A-MR 10 3.30 �5.66
a IPSL-CM5B-LR 10 3.48 �5.81
b MIROC4h 10 2.70 �1.60
c MIROC5 10 3.51 �27.0
d MIROC-ESM 10 3.30 �9.25
e MIROC-ESM-CHEM 10 3.36 �10.0
f MPI-ESM-LR 10 3.94 20.0
g MPI-ESM-MR 10 3.91 1.70
h MPI-ESM-P 10 3.84 13.0
i MRI-CGCM3 10 3.27 12.0
A Observation 10 3.40 ¡95.0

a All median trends have been multiplied by 104.
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Since wind power potential varies greatly among seasons, it is
necessary to examine seasonal changes and their differences. The
results show that a widespread decline in wind power potential
appears for all seasons in the Northern Hemisphere (Fig. 5), with
the comparable magnitude. The largest median decrease rate oc-
curs in the seasonwith the largest medianwind power potential in
Asia (spring), as well as in North America (winter). In northwest
region of China, the strongest decline occurs in the spring (Fig. 5 i-l).
Since spring is also the season with the largest meanwind speed in
China [18], it can have a substantial impact on Chinese wind energy
generation. In Texas, the leading state in the wind energy industry
in terms of installed capacity in the United States, wind power
potential declines more rapidly in the autumn and winter (Fig. 5 a-
d). However, the largest median decrease rate in Europe occurs in
the autumn (the season with the 3rd largest median wind power
potential) exceeded by winter and spring. In Germany, the largest
wind energy generating country in Europe, downward trends are
sharper in the autumn and winter, during which hardly any regions
have a considerable increase (Fig. 5 e-h).
3.3. Evaluation of CMIP5 simulations on surface wind speeds

The most straightforward approach to evaluate model perfor-
mances is by comparing simulated quantities with corresponding
observationally-based estimates [60]. Herein, CMIP5 simulations of
surface wind speeds for 1979 to 2005 over the Northern
Hemisphere are quantified and compared with the observations. In
order to evaluate model simulations on wind speed climatology,
the spatial median value for every model is computed using
climatological meanwind speeds. The results show that among the
34 models included in this study, 14 of them are highly consistent
(the difference in median values being less than 0.17 ms�1, which
account for 5% of the observations) with the observation. However,
there are 6 models that exhibit a large bias (the difference in me-
dian values being more than 0.7 ms�1, accounting for 20% of the
observations): MIROC4h, CSIRO-Mk3.6.0, BCC-CSM1.1, BNU-ESM,
BCC-CSM1.1(m) and CanESM2 (Table 5). It is worthy to note that
surface wind speeds of CSIRO-Mk3.6.0 are reported at 2m, while
for all other models, they are obtained at 10m.

In terms of long-term trends, 18 out of 28 models (those with a
large bias in median wind speed, i.e., BCC-CMS1.1, BCC-CMS1.1(m),
BNU-ESM, CanESM2, CSIRO-Mk3.6.0 and MIROC4h are excluded)
exhibit negative median trends while the other 10 models exhibit
positive values as shown in Fig. 6. Unfortunately, none of the
AOGCM-simulated median wind speed trends are of the same
magnitude as the observational value (Table 5). Even for the model
with the sharpest decline: MIROC5, the rate of change is less than
30% of the observation. A similar conclusion can be drawn in
anomalies (Fig. 7), indicating that the CMIP5models included in the
study have a challenge in simulating long-term changes in wind
speeds. Another study [61] analyzing the CMIP3 results, it was re-
ported that those models also perform poorly in terms of climate
models' ability to reproduce recent trend in the observations.

The standard deviation, correlation coefficient and RMSD of
model simulations for climatological mean states from 1979 to
2005 are computed and summarized in Fig. 8. The results show that
wind speeds from a number of models correlated well with the
observations of spatial patterns (e.g., ACCESS1.0, CanESM2, CMCC-
CM and HadGEM2-ES), while some other model outputs are
poorly correlated with observed wind speeds (e.g. FGOALS-s2 and
BCC-CSM1.1(m)). The correlation coefficients between model sim-
ulations and observation are mostly between 0.3 and 0.6 with 13
values larger than 0.5. As for RMSD, most of the models (24 out of
34) range from 1 to 1.5. ACCESS1.0, CanESM2, CMCC-CM and GFDL-
ESM2G are the models with relatively small values, suggesting that
they are the ones most similar in pattern to the observations.
However, the RMSD values for MIROC-ESM andMIROC-ESM-CHEM
are far larger than the other models (see Fig. 8), indicating modest
performance in reproducing wind speed patterns for the historical
period.

4. Conclusion and discussion

Wind energy is one of the most commonly used renewable
energy around the world and is hugely beneficial to climate change
mitigation. A comprehensive analysis on changes of wind power
potential in recent decades is conducted in the current study, with
the propose of addressing concerns regarding the possible impact
of atmospheric stilling on wind energy resources. Unlike most
previous studies focusing on a regional domain, this study conduct
analysis on a hemisphere scale covering North America, Europe and
Asia.

The results from analysis of observational surface wind speeds
reemphasize that atmospheric stilling is a widespread and poten-
tially global phenomenon. Among the three continents included in
this study, the decline in Asia is much sharper compared to North
America and Europe. In terms of wind speed percentiles, strong
winds decline faster than weak winds in Asia and Europe, while in
North America, weak winds exceed strong winds in decline ratio.

Consistent with the decrease of surface wind speeds, the wind
power potential was also decreasing in most regions of the



Fig. 7. Evolution of CMIP5 simulated surface wind speed anomalies. Same as Fig. 6 b), but for surface wind speed anomalies.

Fig. 6. Evolution of CMIP5 simulated surface wind speeds. a) Evolution, as a function of year, of median values of surface wind speeds simulated by 28 AOGCMs in CMIP5. b)
Trendline for the surface wind speeds. 17 models exhibit downward trends while the remaining models show upward trends. Evolution of the median values for the observation
winds are also shown.
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Northern Hemisphere in the past decades. Around one third of the
stations in North America, have experienced a huge decrease (over
30%) in wind power potential while over half of the stations in
Europe and around four-fifths in Asia have the same magnitude of
decrease. For China, the country with the largest installed wind
energy capacity, regions which have a considerable decrease are
mainly regions with abundant wind energy resources and where a
number of gigantic commercial wind farms were built. Changes in



Fig. 8. Taylor diagram of CMIP5 simulated surface wind speeds. Each of the 35
letters denotes a 1979e2005 temporal mean surface wind field, among which A de-
notes the observation while B-Z and a-i denotes each of the 34 model simulation field.
The letters correspond to the models listed in Table 5. The radial distance from the
origin is proportional to the standard deviation of a surface wind climatology. The
RMSD between the model (shown by arcs) and the observation fields are proportional
to their distance. The correlation between the model simulation and observation fields
are given by the azimuthal position of the model simulation fields. So for example,
point ’d’ indicates MIROC-ESM model. Whose RMSD is close to 2, and correlation co-
efficient is between 0.3 and 0.4m with standard deviation of wind speed between 1.5
and 2 m=s.
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all four seasons are of the similar magnitude despite the large
differences in their mean states. For Asia and North America, the
sharpest decrease appears along with the largest meanwind power
potential. However, this is not the case for Europe, where the
sharpest decrease in wind power potential appears in the autumn,
while the largest mean value occurs in the winter.

We evaluated the skill of the CMIP5 models in simulating the
changes in surface wind speeds. No model could replicate the
Northern Hemisphere median long-term trends of surface wind
speeds. Model outputted wind speeds exhibit either a slight in-
crease or a slight decrease in recent decades, in contrast to a sig-
nificant decline in the observations. The pattern of climatological
wind speeds in CMIP5 simulations is also not consistent with the
observations compared to the surface temperature simulation [62].
Thus the CMIP5 simulations of the changes in surface wind speeds
should be used with considerable caution and likely not reliable.
Hence, wind energy projections based on CMIP5 surface wind
speed simulations should also be usedwith careful consideration to
the model performance.

It is worthy to note that historical wind speed trends cannot be
simply interpreted as a likely future outcome since wind speed
trends are subject to complicated internal variability and external
forcings. Large-scale climate modes of variability, such as the ENSO,
Pacific Decadal Oscillation (PDO) and North Atlantic Oscillation
(NAO) have a large impact on regional or global climate [63e65].
These internal climate modes maymanifest as large-scale temporal
trends inwind climate [66], but how theywill evolve in the future is
still uncertain. There are also meso (regional) scale land changes
that can affect the surface roughness and winds. Therefore, it is a
challenge to project a future scenario using historical records.

There remain continuing uncertainties associated with the
coverage of surface wind observations and the vertical extrapola-
tion algorithm. Although data from more than 1000 surface sta-
tions have been included, there are still places with limited
coverage of our analysis in places such as Africa, the Middle East
and also high latitude Asia and North America (see Fig. 1). These
places either have a lack of surface stations or their observation
records did not qualify for our climatological study. Therefore, un-
certainties remain in the tropical and polar regions. The extrapo-
lation algorithm we adopt, namely the power law, is a empirical
wind speed profile and the index varies from different terrains and
wind speeds. Although long-term trends are less sensitive to the
choice of profile power law term, they might still have been
amplified or diminished. We tested a sample with two values
PLI¼ 0.14 (as used in this study) and an exaggerated value of
PLI¼ 0.25. The corresponding trends were nearly identical with
some extreme wind values exhibiting difference if any.

Overall, the study finds systematic wind “stilling” in many parts
of the Northern Hemisphere. The climate models have high un-
certainty in their ability to simulate the surface winds. This chal-
lenge should be addressed by better boundary layer, land-
atmosphere interaction considerations. Tests are also needed
regarding difference vertical scaling approaches for wind profiles.
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Abstract
As part of the Blue-Sky ProtectionCampaign, we develop theChinese BlueDays Index based on
meteorology data from385 stations inChina during 1980–2014. This index is defined as the dayswith
no rain, low cloud cover�75th percentile, and visibility�15 km at 2 pm. The spatio-temporal
variations and possible driving factors of Chinese BlueDays (CBD) are further investigated, revealing a
steadily rising rate of 1.6 day (d)/10 year (y) for the nationally averagedCBDduring 1980–2014. At
regional scales, the CBD exhibit an increasing trend>4 d/10 y inwesternChina and a decreasing
trend<−2 d/10 y in southeasternChina, northwestern Xinjiang, andQinghai. Theminimum/
maximum trends (−7.5/9.5 d/10 y) appear in Yangtze–Huai River Valley (YHRV)/southwestern
China (SWC). The interannual variations inCBD are highly related towind speed andwindless days in
YHRVbut are closely associatedwithwind speed, rainless days and relative humidity in SWC,
suggesting that the two regions are governed by differentmeteorological factors.Moreover, a dynamic
adjustmentmethod called partial least squares is used to remove the atmospheric circulation-related
CBD trend. The residual CBD contributions for the total trend in summer andwinter are 43.62%and
35.84% inYHRVand are 14.25% and 60.38% in SWC. The result indicates that considerable parts of
theCBD trend are due to the change of atmospheric circulation in the two regions.

1. Introduction

As the largest developing country in the world, China is
troubled by serious air pollution with the accelerated
industrialization process, (Zhang et al 2012, Han et al
2014, Wang et al 2018). Haze pollution has been a fatal
problem, affecting people’s daily lives and causing
seriouseconomic losses (RamanathanandRamana2005,
Gultepe et al 2007). As such, the variations in haze days
have been studied intensively (Ding and Liu 2014, Chen
andWang 2015, Su et al 2015, Zhang et al 2015,Han et al
2016,Cai et al2018).

When discussing blue skies, climatologists only
consider cloud cover, while environmentalists mainly
focus on air quality. A blue day, which means a day
with blue sky and clean air, combines conceptually the
effects of the two factors. Although it occurs fre-
quently, it is easily ignored by researchers. Up until
2015, as one of the ten clean air keywords published by
the Beijing Environmental Protection Publicity Cen-
ter, the phrase ‘Beijing blue’ has attracted people’s
attention. OnMarch 5th, 2016, the 18th CPCNational
Congress put forward a brand-new idea of building a
beautiful China. The Chinese government rolled out
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a three-year plan called the Blue-Sky Protection
Campaign in 2018 (State Council of China 2018) to
eliminate haze and avoid air pollution, andfinally con-
struct a blue China. To examine the effectiveness for
this blue-China plan, a direct indicator needs to be
developed from studying the blue days based on a
long-term record.

Up until now, researchers have only focused on
typical blue events, such as ‘Olympic blue’ (Streets et al
2007,Wang et al 2010, Yang et al 2010, Zhou et al 2010,
Schleicher et al 2012), ‘APEC blue’ (Meng et al 2015,
Wang et al 2016, Li et al 2017, Liu et al 2017), and ‘Par-
ade blue’ (Li et al 2016, Liu et al 2016, Li et al 2017, Xue
et al 2018). Effects of emission controls and meteor-
ological conditions on the occurrence of blue sky have
been hotly disputed. However, there is neither a clear
definition for Chinese blue days, nor a quantitative
attribution of its long-term trend. Thus, this study is
innovative in focusing on a phenomenon neglected by
both climatologists and environmentalists.

Unlike researches on air quality, the cloudy days
with clean air are removed to focus on the Sunny days.
Understanding the spatio-temporal distributions of
Chinese blue days could help us to provide a reference
for policy-making and the selection of time for large-
scale events, such as the Olympic Games and Asian
Games. Additionally, it favors studies on the relation-
ship between mortality rates (disease) and weather
(Pope et al 2002, Pope and Dockery 2006, Lim et al
2012). This would benefit determining liveable cities
and national energy strategy and formulating a better
energy-saving emission reduction inventory. Mean-
while, the change of blue days greatly affects the living
arrangements, mood, and health of residents. Overall,
studying the natural and anthropogenic contributions
to blue day changes helps to examine the implementa-
tion of sustainable developmentmore directly.

In this study, we develop a novel Chinese Blue
Days Index (CBDI) to represent the variations of
Chinese BlueDays (CBD), and investigate their spatio-
temporal distributions, and then analyze possible
driving factors during 1980–2014.

2.Data andmethod

2.1.Data
Daily average meteorological observations, including
precipitation, wind speed at 10 m above the ground,
temperature, relative humidity, cloud cover, low cloud
cover and visibility (observed four times per day at
2:00, 8:00, 14:00, 20:00 BJT) during 1980–2014 from
385 ground stations are used to identify the blue days
in China. The dataset was obtained from the National
Meteorological Information Center (http://data.cma.
cn/), which has been under strict quality control
(Husar et al 2000, An et al 2013, Lin et al 2014, Guo
et al 2016). The observed monthly sea-level pressure
(SLP) data, with a resolution of 2.5°×2.5°, from the
National Centers for Environmental Prediction Rea-
nalysis 2 (Kanamitsu et al 2002) is used to provide
atmospheric circulation background for the blue days.
In addition, hourly data of the air quality index (AQI)
in 2013 and 2014 from the China National Environ-
mental Monitoring Center (Zheng et al 2014; http://
www.cnemc.cn/) and the daily weather phenomena
records in 2011–2014 in 32 provinces (see supplemen-
tary section 2 is available online at stacks.iop.org/
ERL/14/074026/mmedia) are used to examine
whether the CBDI defined in this study can accu-
rately represent the blue days variations in China.
Finally, a Community Emissions Data System for
historical emissions (Hoesly et al 2018; http://www.
globalchange.umd.edu/ceds/) is used to study the
anthropogenic contribution.

Figure 1.Box-and-whisker plot of the distribution of low cloud cover, total cloud cover, and visibility in selected sunny days in 32
cities. The red solid line represents themedian, the blue solid lines represent the lower and upper quartile, and the black solid line
represents themaximum in data other than outliers.
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2.2.Method
2.2.1. CBDI index definition and validation
There are two criteria to determine CBDI. First, the
selected day should have a blue sky, with no rain,
which represents a sunny day. Second, it should have
clean air, which represents good air quality. The details
for the definition are shown as follows:

(1) First, we identify a sunny day as a day with daily
precipitation�0.1 mm and low cloud cov-
er�75th percentile. The criteria are selected
based on a statistical analysis of the daily weather
phenomenon record from 2011–2014 (see sup-
plementary, section 2) in 32 provinces. After
selecting all sunny days (recorded as sunny and no
rain) in this dataset and comparing their meteor-
ological factors on that day, the results shown in
figure 1 prove that the excursion of the total cloud
cover is too large to be used in the definition, and
the outliers of low cloud cover belonging to
frequently cloudy and rainy areas (like Beihai,
Guangzhou) show that a percentile index can
better represent change in all stations rather than
an absolute index. In all, the AX30 (low cloud
cover�30%), TX70 (low cloud cover�70th
percentile), and TX75 (low cloud cover�75th
percentile) account for 93%, 95.5%, and 96.5% of
low cloud cover on recorded sunny days, respec-
tively. According to visibility ranks for distance in
table 1 and the median visibility in figure 1, we
choose ‘great’ visibility (�20 km) as part of our
definition. Taking cloudy and rainy areas into
consideration, we also choose the lower quartiles
visibility (�15 km) in figure 1 as a comparison.
Then, we obtain 6 alternative CBDI indexes
(shown in table 2).

(2) Early studies find the relative humidity (RH)
affects the visibility, indicative of an error in
relation to human observation (Deng et al 2011,
Bai et al 2014, Chen et al 2017, Liu et al 2017).
Thus, dry visibility (equivalent visibility in dry
conditions) is used to reduce the effect of RH. RH
values greater than 40% on non-rainy days were

converted by formula (1) (Rosenfeld et al 2007,
Xu et al 2017):

where RH is in percent and VIS is the observed
visibility (km).

(3) Next, daily average AQI values of 8 stations (four
in North China and four in South China) are
calculated. The values in March and June in 2013
and September andDecember in 2014 are selected
to test whether the CBDI can correspond to grade
II air quality (AQI �100) and which definition
can explain the dual effects of meteorology and
pollution. We conduct a precision analysis by
comparing with the forecast score (table 3) used
in CMA (2007). The accuracy of prediction is
calculated using formula (2)–(4):

=
+

+ + +
´ ( )TS

NA ND

NA NB NC ND
100% 2

the rate of missing reports (PO) and the empty reports
(FAR) are:

=
+ +

´ ( )PO
NC

NA NC ND
100%, 3

=
+ +

´ ( )FAR
NB

NA NB ND
100%. 4

The results (table 4) show that all 6 indexes fit into
the category of good air quality in summer and
autumn. After using the percentile index, the TS
improves largely in Guangzhou and Kunming, almost
to 75% (not shown). Furthermore, among all 6
indexes, the low75_2 index has the highest PC
(65.18%) and lowest PO (22.79%). Additionally, the
FAR is 19.29%.Wemust pot out that the frequent dust
activities and consistently sufficient moisture lead to

Table 1.Visibility ranges in each level.

Ranks Range (km) Grade

0 <0.05 Worst grade

1 0.05–2 Bad grade

2 2–10 Medium grade

3 10–20 Good grade

4 >20 Great grade

Table 2.The alternative CBDI index definitions.

AX30 TX70 TX75

Visibility>=20 km Blue_1 Low70_1 Low75_1

Visibility>=15 km Blue_2 Low70_2 Low75_2

Table 3.Test classification list.

Definition

Observation CBDI NOTCBDI

AQI<=100 NA NC

AQI>100 NB ND

=
+ ´ - <

>

⎧⎨⎩( )
( ) ( )VIS

VIS dry

0.26 0.4285 log 10 100 RH , 40% RH.428

0.26, RH 99%
, 1
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low TS in some cities, such as Xining and Hangzhou,
making the average TS not exceed 70%.

Although there are some subjective parts of our
index due to the lack of long-time actual observation
records for sunny days and AQI, it is still the first time
we try to combine pollution data with meteorology
data to define a reasonable blue day, which demon-
strates good agreement with reality. Therefore,
finally, we put out the following CBDI definition:
no rain (daily precipitation�0.1 mm), low cloud
cover�TX75, and the observed visibility in 14:00�
15 km.

2.2.2. Statistical methods
Student’s t-test is used to examine the significance of
linear regression at the 95% confidence level. Follow-
ing Yue and Wang (2004), a revised non-parametric
Mann–Kendall test is used to assess the abrupt change.
The details of the method can be found in supplemen-
tary section 3. The partial least squares (PLS) method
(Abdi 2010) is applied to remove the components of
CBD related to atmospheric circulation and the
residual parts are also discussed.

3. Results

3.1. Climatology and long-term trends of Chinese
blue days inChina
Figure 2(b) illustrates the spatial distribution of
climatological annual mean CBD in China during
1980–2014. The climatological CBD is relatively large
in northwest China but small in southeast China with
three low-value centers in the southeast SichuanBasin,
southern Hebei, and northeast Guangxi. The largest
value, above 170 d/y (day per year), is located in
Yunnan Province, while the lowest value is recorded in
Hebei Province, with only 15.06 CBD a year, likely due
to its high anthropogenic emissions induced by heavy
industries (Wu et al 2013, Li et al 2016, Kong et al
2017).

Among 385 stations in China, approximately 42%
of stations show a prominent, increasing trend and
approximately 23.4% of stations show a decreasing
CBD trend (figure 2(c)). The averaged CBD for all sta-
tions in China is increasing at a rate of 1.6 d/10 y,
above the 95% confidence level. Most stations in
western China (west of 107 °E) are dominated by
an increasing trend exceeding 4 d/10 y. A distinct

Table 4.The results of the prediction accuracy.

Blue_1 Blue_2 Low70_1 Low70_2 Low75_1 Low75_2

TC 53.91 56.07 59.81 63.78 60.89 65.18

PO 39.86 33.65 33.39 24.76 31.97 22.79

FAR 16.13 21.65 14.58 19.27 14.70 19.29

Figure 2. Locations and altitudes of 385meteorological stations inChina. (a)The annualmean average of CBD (b) and the trend
coefficients (d/y) between 1980 and 2014 inChina forCBD. (c) Stations exceeding a significance t-test at the 95% confidence level are
indicatedwith dot. Themean anomaly of CBDbyMann–Kendal test inChina (d) between 1980 and 2014.
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decreasing CBD trend is found in most stations in the
Yangtze–Huai River Valley (YHRV), southern North
China Plain, and part of Northeast China, with a rapid
decreasing trend below −2 d/10 y. Moreover, we use
the revised Mann–Kendal method to test whether the
annual CBD in China has experienced interdecadal
change during 1980–2014 (figure 2(d)). The result
shows that there is a significant interdecadal shift in
CBDnear themid-1990s.

To analyze the regional characteristics of CBD var-
iations, two typical subregions, which share the most
significant variations, are selected based on topo-
graphic distribution and results of EOF (figure S2).
One subregion is the YHRV (30°N–35°N, 115°E–122°
E), including 35 stations, and the other is southwestern
China (SWC; 26°N–34°N, 98°E–107°E), including 40
stations. Their scopes are shown infigure 2(c) in black.

The time series of average CBD during 1980–2014
in the two areas are shown in figure 3(a). In YHRV, the
averaged value of CBD changes from 148.44 d/y in
1980–1996 to 134.41 d/y in 1997–2014, suggesting
that CBD in this region likely has experienced a nota-
ble interdecadal change around 1996. In SWC, the
annual CBD increases gradually from 1980 to 2014 at
the rate of 9.5 d/10 y, which is likely related to the
severe and sustained droughts in SWC during these
years (Niu et al 2014, Wang et al 2015, Wang et al
2018). With more rainless days and lower relative
humidity, the low visibility events caused by meteor-
ological conditions decrease obviously, which may
increase CBD.

Figure 3(b) shows the month-year evolutions of
CBD in YHRC. The highest occurrence of CBD hap-
pens in autumn, with an occurrence rate of 44.92%,
and it shows an increasing trend in the 1980s (8.41 d/
y) and then turns to a decreasing trend after that
(−5.81 d/y). CBD in winter has the lowest occurrence
(36.12%), and it increases from 24.85% to 41.33% in
the 1990s and then reduces to 20.70% by 2014; the
average trend is −3.04 d/y. CBD in summer slightly
increases in the 1980s and thenmaintains a decreasing
trend of−3.74 d/y. In spring, CBD in YHRV is stable
before the 2000s; it starts to increase at the rate of 9.29
d/y and then decreases rapidly after 2010 (−28.8 d/y).
Overall, the annual average CBD in YHRV exhibits a
decreasing trend of−7.5 d/10 y.

For SWC (figure 3(c)), where it is perennially wet,
a steadily increasing trend is observed. CBD mainly
occurs in winter and autumn, with an average occur-
rence of 51.02% and 37.98%. In winter it exhibits an
increasing change at 10.69 d/y in the 1980s, 7.795 d/y
in the 1990s, and 3.62 d/y from 2000 to 2014; the
annual average trend is 3.23 d/y. In autumn and
spring, CBD grows stably in 2.82 d/y and 4.29 d/y,
and it increases rapidly at the rate of more than 20 d/y
after 2000. However, in summer, it exhibits a decadal
trend, that is, it increases in the 1980s (6.85 d/y) and
after the 2000s (5.10 d/y) but decreases in the 1990s
(−6.06 d/y).

3.2. Impact ofmeteorological conditions onCBD
Four climate factors, including RH, wind speed, wind-
less days, and gale days are chosen to analyze the

Figure 3. (a)Time series of average CBD and 9-point smoothed curve in SWCandYHRV from1980 to 2014. The blue horizontal line
indicates the interdecadal averageCBD for YHRV, and the red horizontal line indicates the annual average CBD in SWC. The seasonal
change of sumofCBD inYHRV(b) and SWC(c) from 1980 to 2014.
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correlations with CBD. The summary of the Pearson
correlation results is shown in table 5. In the annual
mean, correlation coefficients with all these factors
pass the 95% confidence level at national scales,
showing a close relationship with CBD in China. The
correlations of wind speed and gale days with CBD are
−0.43 and −0.41, respectively. The negative correla-
tion is somewhat counterintuitive, as large wind speed
is generally considered to be favorable for blue sky (Fu
and Dan 2014). This means that under adverse wind
conditions, some other factors play a role, such aswind
direction in a specific region. RH is negatively
correlated with CBD at the national scale, with a
correlation coefficient of −0.40. Reducing RH may
decrease the growth of hygroscopic condensation
nucleus (CNN), which is a key for the formation of
aerosol particles, thereby increasing the possibility of
sunny days. In summer and winter, CBD is weakly
correlated with wind conditions but is obviously
negatively correlatedwith the RH.

In YHRV, CBD is significantly and positively cor-
related with wind speed and number of gale days, and
negatively correlated with windless days all year
round, with correlation coefficients of 0.5, 0.39, and
−0.52. This means that weakened wind conditions
does lead to decreasing CBD. However, RH is not
associated with the change of CBD annually. In sum-
mer, CBD in YHRV is strongly correlated with all fac-
tors. Whereas in winter, it is only negatively correlated
with RHwith a correlation coefficient of−0.59.

In SWC, there is a drop in RH yearly and season-
ally (summer andwinter), with high correlation coeffi-
cients of−0.78,−0.81, and−0.87, respectively. Thus,
increasing RH leads to increasing CBD. Wind condi-
tions show a completely inverse relationship between
the two regions at the annual scale, which agrees with
the results of Cheng et al (2013). They found an ‘east
plus west minus’ distribution between visibility and
wind speed in China, and obviously, visibility is posi-
tively correlated with CBD. In summer and winter,
wind speed shows almost no correlation with CBD,
andwindless days and gale days showweak correlation
coefficients. Considering the special basin topography

andmountainous terrain, CBD in SWC should be stu-
died further.

3.3. The reasons forCBD trends
Previous studies (Chen andWang 2015, Jian et al 2016,
Cai et al 2017) show that the change of haze days in
China is significantly modulated by atmospheric
circulation. Does atmospheric circulation contribute
to the change of blue days in China? To address the
question, we apply a dynamic adjustment method
developed by Wallace et al (2012) to isolate the role of
atmospheric circulation on the trend in CBD accord-
ing to the following procedure.

Following Hu et al (2018), SLP is seen as an indi-
cator of atmospheric circulation. First, a PLS regres-
sion is performed by correlating the time series
of seasonally averaged CBD T(n) at each station
with standardized SLP in the domain of East Asia
(20°N–60°N, 70°E–150°E) to obtain a one-station
regression map, and the regression map is used as an
SLP predictor for the CBD trend. Then, we project the
standardized SLP field to the correlation pattern,
weighting each station by the cosine of the latitude,
and obtain a score index S(n), which shows the relative
score with which the predictor is expressed. Next, we
use the least squares method to compute the residual
T1(n) and SLP trends by removing the linear comp-
onent associated with the S(n). The above steps are
repeated for the residualT(n) and SLP until we find the
variance in residual T(n) explained by the third pre-
dictors is too small to be ignored (not shown). Thus,
we only use two SLP trend predictors to dynamically
adjust the CBD trend at each station, and the residual
CBDT2(n) is considered to be the adjusted CBD trend.
The procedure is the same as that in Wallace et al
(2012) andHu et al (2018).We also apply 500 hPa geo-
potential height as a predictor and find similar results,
which are not discussed here. Finally, the raw CBD is
analyzed for comparison. The results are shown in
figure 4.

Both the spatial patterns of the raw CBD trend in
summer (figure 4(a)) andwinter (figure 4(b)) resemble
the annual CBD trend pattern (figure 1(b)). In both

Table 5.Relationships between climatic factors andCBDover China and subregions.

Correlation coefficient

Area Season Trend(d/10 y) Wind speed Windless days Gale days RH

National Annual 1.62 −0.43a 0.32a −0.41a −0.40a

Summer 0.33 −0.11 0.14 −0.13 −0.50a

Winter 0.44 −0.19 0.11 −0.16 −0.70a

YHRV Annual −7.52 0.50a −0.52a 0.39a 0

Summer −1.89 0.64a −0.59a 0.42a −0.45a

Winter −3.64 0.04 −0.14 −0.09 −0.59a

SWC Annual 9.53 −0.51a 0.76a −0.72a −0.78a

Summer 2.00 −0.02 0.28 −0.33a −0.81a

Winter 2.43 −0.05 0.27 0.20 −0.87a

a Above the 95% confidence level.
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Figure 4.The average trends (d/35 y) of raw and adjustedCBD change in the 385 stations inChina during summer (a), (c) andwinter
(b), (d) from1980–2014.

Figure 5.The time series of raw and adjustedCBD change (d/y) in SWCandYHRVduring summer (a), (b) andwinter (c), (d) from
1980 to 2014.
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winter and summer, most stations in West China
show a positive trend, while considerable stations in
East China show notable negative trends. After
dynamic adjustment, the residual CBD trend is weaker
than the raw one nationwide in summer (figure 4(c)).
Some stations in northern Yunnan and the Pearl River
Delta even reveal an opposing trend. The national
average trend is 0.39 d/35 y and 0.28 d/35 y for raw
and adjusted CBD, respectively. In winter
(figure 4(d)), the residual CBD trend also becomes
weak in most stations after dynamic adjustment. The
results suggest that the observed CBD trends in sum-
mer and winter are partly caused by atmospheric
circulation.

Figure 5 provides an overview of the historical
change of the raw and adjusted CBD change in SWC
and YHRV in summer and winter during 1980–2014.
In SWC, the average contributions of residual parts for
the total CBD trend in summer (figure 5(a)) and winter
(figure 5(c)) are 14.25% and 60.38%, indicating the
dominant role for atmospheric circulation in summer.
As shown in figure 5(b), the raw summer CBD in
YHRV features a notable decreasing trend during
1980–2014. After adjustment, the summer residual
CBD in YHRV still decreases although its magnitude is
weaker than the raw trend. Additionally, it is clear that
the residual CBD in YHRV (figures 5(b) and (d)) still
exhibits notable long-term changes, suggesting that
other factors such as air pollutionmay contribute to the
change of CBD. Therefore, in figure 6, we depict the
contemporaneous variations in anthropogenic emis-
sions of SO2, NOX, and VOC in YHRV, which are the
main precursors of fine particles. We find that the
downtrend in the residual CBD mainly appears after
1990, which is coincident with the rapid increase in
emissions of SO2, NOX, and VOC after 1990
(figure 6(a)), suggesting that air pollutionmay also con-
tribute to the decrease in summerCBD inYHRV. Simi-
lar results are obtained in winter (figures 5(d) and (b)).
Overall, the average contributions of residual CBD to

total CBD trend in summer and winter are 43.62% and
35.84% separately, indicating that atmospheric circula-
tion contributes to a larger part of CBD variations in
YHRV. Generally, PLS is effective in reducing atmo-
spheric circulation-induced variability and revealing
the role of anthropogenic emissions inYHRV.

4. Summary anddiscussions

In this paper, we define a CBD index to analyze the
spatial-temporal variations of CBD. The results show
that the averaged CBD in China increases at the rate of
1.6 d/10 y during 1980–2014. However, the trends vary
among different regions. An overt increasing trend in
China is observed at 42% of stations, and most stations
in the west of 107 °E reveal an increasing trend
exceeding 4 d/10 y, while stations in YHRV, SNCP,
northwesternXinjiang andQinghai Provinces in south-
ernChina showanopposite trendbelow−2 d/10 y.

Overall, the average CBD inChina is strongly asso-
ciated with wind speed, rainless days and RH, and
their correlation coefficients are −0.43, 0.35, and
−0.40, respectively. For SWC, CBD mainly occurs in
winter andmaintains an increasing trend at 9.5 d/10 y
annually. We find that the drop in RH and surge in
rainless days do contribute to its upward trend, and
their correlation coefficients with CBD are −0.51 and
−0.78. Meanwhile, the highly negative relationship
between CBD and wind speed needs further study.
CBD in YHRV, with the most obvious decreasing
rate of −7.5 d/10 y, has the highest occurrence of
44.92% of CBD in autumn. Meanwhile, the annual
variations of CBD are closely related towind speed and
windless days, with correlation coefficients of 0.50 and
−0.52, but are unrelated toRH.

Using a dynamic adjustment method called PLS,
we find that the trend of CBD in many stations is rela-
ted to the change of atmospheric circulation. After
removing atmospheric circulation-induced variations

Figure 6.The time series of anthropogenic emissions of SO2,NOX, VOC and adjustedCBD change (d/y) in YHRVduring summer (a)
andwinter (b) from1980 to 2014.
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of CBD trends, the residual trends in most stations are
weaker than the raw one both in summer and winter.
Specifically, the residual CBD contributions for the
total trend in summer and winter are 43.62% and
35.84% inYHRV and are 14.25% and 60.38% in SWC.
The results indicate that the change in atmospheric
circulation plays an important role in CBD change in
China. Understanding the change of atmospheric cir-
culation may help us to make projections of the
change of CBD in China, which deserve further study
in the future.

In addition to atmospheric circulation, we found
that the changes in the emissions of SO2, NOX, and
VOC also coincide with the trend of CBD to some
degree. This suggests that reducing the emissions of air
pollutants will help increase CBD inChina.
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Retrieval of surface PM2.5 mass concentrations over North China using 
visibility measurements and GEOS-Chem simulations 

Sixuan Li a,b, Lulu Chen c, Gang Huang a,b,d,*, Jintai Lin c,**, Yingying Yan c, Ruijing Ni c, 
Yanfeng Huo e, Jingxu Wang c, Mengyao Liu c, Hongjian Weng c, Yonghong Wang f, Zifa Wang b,g 

a State Key Laboratory of Numerical Modeling for Atmospheric Sciences and Geophysical Fluid Dynamics (LASG), Institute of Atmospheric Physics, Chinese Academy of 
Sciences, Beijing, 100029, China 
b University of Chinese Academy of Sciences, Beijing, 100000, China 
c Laboratory for Climate and Ocean-Atmosphere Studies, Department of Atmospheric and Oceanic Sciences, School of Physics, Peking University, Beijing, 100871, China 
d Laboratory for Regional Oceanography and Numerical Modeling, Qingdao National Laboratory for Marine Science and Technology, Qingdao, 266237, China 
e Anhui Institute of Meteorological Sciences, Hefei, 230031, China 
f Institute for Atmospheric and Earth System Research / Physics, Faculty of Science, P.O. Box 64, 00014, University of Helsinki, Helsinki, Finland 
g State Key Laboratory of Atmospheric Boundary Layer Physics and Atmospheric Chemistry, Institute of Atmospheric Physics, Chinese Academy of Sciences, Beijing, 
100000, China   

H I G H L I G H T S  

� We integrate visibility data and GEOS-Chem simulations to estimate PM2.5 concentrations in 2014 over North China. 
� Visibility converted PM2.5 are spatiotemporally consistent with PM2.5 measurements. 
� Our method provides a novel, plausible way to retrieve long-term variation of PM2.5.  

A R T I C L E  I N F O   
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A B S T R A C T   

Despite much effort made in studying human health associated with fine particulate matter (PM2.5), our 
knowledge about PM2.5 and human health from a long-term perspective is still limited by inadequately long data. 
Here, we presented a novel method to retrieve surface PM2.5 mass concentrations using surface visibility mea-
surements and GEOS-Chem model simulations. First, we used visibility measurements and the ratio of PM2.5 and 
aerosol extinction coefficient (AEC) in GEOS-Chem to calculate visibility-inferred PM2.5 at individual stations 
(SC-PM2.5). Then we merged SC-PM2.5 with the spatial pattern of GEOS-Chem modeled PM2.5 to obtain a gridded 
PM2.5 dataset (GC-PM2.5). We validated the GC-PM2.5 data over the North China Plain on a 0.3125� longitude x 
0.25� latitude grid in January, April, July and October 2014, using ground-based PM2.5 measurements. The 
spatial patterns of temporally averaged PM2.5 mass concentrations are consistent between GC-PM2.5 and 
measured data with a correlation coefficient of 0.79 and a linear regression slope of 0.8. The spatial average GC- 
PM2.5 data reproduce the day-to-day variation of observed PM2.5 concentrations with a correlation coefficient of 
0.96 and a slope of 1.0. The mean bias is less than 12 μg/m3 (<14%). Future research will validate the proposed 
method using multi-year data, for purpose of studying long-term PM2.5 variations and their health impacts since 
1980.   

1. Introduction 

Particulate matter with diameter less than 2.5 μm (PM2.5) affects the 

climate, visibility and human health (Lelieveld et al., 2015; Allen et al., 
2014; Wang et al., 2015). According to a Global Burden of Disease study 
(Lim et al., 2012), global PM2.5 pollution accounted for 3.1 million 
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deaths in 2010, predominantly in China and India. A recent study 
revealed that transboundary PM2.5 pollution associated with interna-
tional trade and atmospheric transport together caused 0.76 million 
premature deaths worldwide in 2007 (Zhang et al., 2017). Studies on 
fine particle matter health impacts and climate influences require his-
torical PM2.5 data. Therefore, to fully assess the health impacts of PM2.5, 
it is crucial to get access to long-term PM2.5 data across multiple de-
cades. However, to our knowledge, long-term PM2.5 data are lacking 
especially in developing countries. 

Surface PM2.5 mass concentrations in China are measured typically 
by either Tapered Element Oscillating Microbalances (TEOM) or BETA- 
ray instruments. In China, continuous PM2.5 measurements are sparse 
before 2013. The Chinese official air quality monitoring network mea-
sures PM2.5 and other pollutants since 2013, mostly in the urban areas. 
These data form the basis for many recent studies on the spatial and 
temporal characteristics of urban air pollution and their causes over 
China (Liu et al., 2018; Wang et al., 2014; Ge et al., 2018). However, 
these measurement data cannot be used to analyze long-term trends and 
variability of PM2.5 and resulting health effects. Therefore, alternative 
approaches to retrieving surface PM2.5 concentrations were developed 
in the past decades. 

Aerosol Optical Depth (AOD) data based on modern satellite remote 
sensing have been used widely to retrieve surface PM2.5 concentrations 
due to their good spatial coverage. AOD data are available from multiple 
satellite instruments, such as the Moderate Resolution Imaging Spec-
troradiometer (MODIS, since 2000), the Multiangle Imaging SpectroR-
adiometer (MISR, since 2000), and the Sea-viewing Wide Field-of-view 
Sensor (SeaWiFS, since 1998) (Liu et al., 2017a). These AOD data have 
been combined with chemical transport model simulations or statistical 
approaches to derive surface PM2.5 (Boys et al., 2014; Geng et al., 2015; 
van Donkelaar et al., 2010, 2015). 

van Donkelaar et al. (2010) estimated the global distribution of 
PM2.5 using satellite MODIS and MISR AOD products and GEOS-Chem 
simulations from 2001 to 2006. Their estimated PM2.5 values show 
good agreement with observed PM2.5 over North America. Using the 
same method and MODIS, MISR and SeaWiFS AOD data, Boys et al. 
(2014) produced a 15-year time series (1998–2012) of surface PM2.5 
concentrations worldwide, which agreed well with the situ measure-
ments in Eastern U.S. van Donkelaar et al. (2015) used the Geographi-
cally Weighted Regression (GWR) statistical model to improve the PM2.5 
inference from AOD and GEOS-Chem simulations. Their analysis 
showed that local variability in surface elevation and urban emissions 
are important sources of uncertainty in retrieving PM2.5 concentrations. 
Using satellite AOD data and high-resolution GEOS-Chem simulations, 
Geng et al. (2015) estimated surface PM2.5 concentrations over China 
during 2006–2012, after using CALIOP aerosol vertical profile data to 
correct for model biases. They found very good spatial agreement be-
tween satellite-derived and measured PM2.5 concentrations. 

However, there are a number of limitations embedded in such 
satellite-based PM2.5 inference approaches. Model simulations are sub-
ject to errors in the model representations of atmospheric processes, 
especially the vertical mixing and transport that directly affect the 
simulated aerosol vertical profiles (Lin and McElroy, 2010; Liu et al., 
2018). Satellite-based AOD datasets are subject to a large number of 
missing values due to screening for cloudy and strongly surface 
reflecting scenes. The AOD datasets may have a low sampling bias, 
because high aerosol scenes may be mis-treated as cloudy ones and 
screened out (Lin and Li, 2016). In addition, there are no reliable sat-
ellite AOD data over land before 1998. 

Satellite AOD data can also be combined with statistical models or 
machine learning approaches to infer surface PM2.5 concentrations. 
Taking meteorology and land use information into model, Ma et al. 
(2014) estimated surface PM2.5 concentrations using AOD from MODIS 
and MISR as a primary predictor. Zheng et al. (2016) constructed linear 
mixed-effects models to convert MODIS AOD data and other predictors 
to ground-level PM2.5 concentrations over three major industrialized 

regions in China. They corrected the predicted PM2.5 concentrations by 
observed PM2.5. Li et al. (2017) applied a Geo-Intelligent Deep Learning 
approach to estimate PM2.5 over China, and they showed that in 2015 
over 80% of Chinese lived in areas with annual mean PM2.5 concen-
trations above the WHO IT-1 standard levels (35 μg/m3). Nonetheless, 
these statistical or machine learning approaches may have difficulties in 
establishing/explaining the causality between PM2.5 and predictors, 
which poses the question of how the established relationships can be 
extrapolated to other times and/or regions. The coefficient of determi-
nation (R2) of such methods declines substantially from 0.41 to 0.98 
when the training dataset is used to 0.31–0.55 when the predictive 
dataset is used (Wei et al., 2019). In addition, satellite AOD data have 
their own limitations, as mentioned above. 

Visibility measurements available for multiple decades from ground 
meteorological stations have also been used, together with statistical 
models, for PM2.5 inference. Visibility represents horizontal light 
extinction, which is highly related with the amount of PM2.5, its chem-
ical compositions, size distributions, optical properties, and hygro-
scopicity (Charlson, 1969; Sinclair et al., 1974; Song et al., 2003). 
Visibility and PM2.5 concentrations are negatively correlated with a 
power law relationship (Zhao et al., 2011; Zhang et al., 2019). Based on 
visibility data from 674 meteorological monitoring sites and a statistical 
model, Liu et al., 2017a inferred the long-term (1957–1964 and 
1973–2014) changes of PM2.5 pollution in China. They found PM2.5 
concentrations reached 60–80 μg/m3 over the northern part of the North 
China Plain during the 1950s–1960s, increasing to levels generally 
higher than 90 μg/m3 since then. Shen et al. (2016) retrieved historical 
(1979–2003) PM2.5 mass concentrations in Xi’an using visibility mea-
surements and an exponential regression model, and they found 
decreasing trends by � 4.6 μg/m3/year and � 12.1 μg/m3/year during 
1979–1996 and 2007–2011, respectively, in contrast to a growth during 
1997–2007 by 8.8 μg/m3/year. However, statistical models are subject 
to abovementioned limitations. 

This study presents a new method to retrieve surface PM2.5 mass 
concentrations using GEOS-Chem simulations and surface visibility 
measurements. The method is inspired by our present study (Lin and Li, 
2016; Lin et al., 2014) that used GEOS-Chem and visibility data to infer 
AOD over East China, which showed high consistency with AErosol 
RObotic NETwork (AERONET) and MODIS AOD data in terms of a low 
bias and high temporal and spatial correlations. Here we proposed a 
similar method to retrieve PM2.5 concentrations over the NCP in 
January, April, July and October 2014 (i.e., covering four seasons). In 
particular, we used GEOS-Chem to help convert visibility to PM2.5 
concentration at each site and then to a gridded space, in order to 
facilitate further applications such as health impact analysis. We further 
validated the retrieved PM2.5 data against ground PM2.5 measurements. 

2. Data and methods 

2.1. Surface PM2.5 mass concentration measurements 

Hourly surface PM2.5 concentration measurements were obtained 
from the China National Environmental Monitoring Center (CNEMC). 
The filled circles in Fig. 1 show the 396 observation sites over the NCP 
used here. The sites are concentrated in urban areas and lack coverage in 
rural and remote areas. Thus the observed data may not fully represent 
the regional air quality. 

At these 396 sites, PM2.5 concentrations are measured by either 
TEOM or Beta-attenuation instruments. Quality control is done through 
a fully automatic outlier detection method for four types of outliers: 
temporal and spatial inconsistency, low variance, periodic calibration 
exceptions, and PM10 concentrations being lower than PM2.5 concen-
trations (Wu et al., 2018). Additionally, we required that there are at 
least 20 hourly data for each day, 20 days per month, 2 months in 
January, April, July and October 2014. We chose the four months to 
represent individual seasons, instead of choosing all months, to reduce 
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the computational costs of respective GEOS-Chem simulations. When 
comparing with PM2.5 measurements, we excluded data at times when 
either visibility-converted PM2.5 or measured PM2.5 data were missing. 

2.2. Visibility and other meteorological data 

Visibility, temperature, wind speed and Relative Humidity (RH) 
measurements at 610 sites in January, April, July and October 2014 
were obtained from Chinese Meteorological Administration (CMA). The 
gray crosses in Fig. 1 show the meteorological sites. 

For our study period, visibility is measured automatically by For-
ward Scattering Visibility Meter (FSVM) which has a scattering angle of 
30�–50�. The instrument ignores the absorption of light by the atmo-
sphere, thus the derived scatter coefficient is scaled up by an embedded 
algorithm to account for absorption and better represent the total 
extinction coefficient before the value is converted to visibility (Tan 
et al., 2010). Chinese meteorological stations mostly use the HY-V35 
automatic visibility instrument manufactured by Huayun Shengda 
Company, with core components of the instrument purchased from 
Vaisala, Finland. HY-V35 passed the assessment of various indicators of 
CMA on May 2011. The instrument measures forward scattering in the 
angle of 45�. In the instrument manual, it points out that K ¼ 3.0 in the 
Koschmeider equation that connects light extinction and visibility. 

This automatic measurement is different from the manual measure-
ment before 2013, i.e., by human eyes. Manual observations tend to give 
larger visibility values than automatic measurements, whereas their 
linear trends are highly consistent (Fan et al., 2017; Liu et al., 2017b). 
Therefore, precaution should be taken when combining manual and 
automatic visibility measurements for long-term PM2.5 studies, which is 
the focus of our future studies. For example, according to the Kosch-
meider equation, AEC ¼ K/V, K ¼ -lnε, and ε denotes visual contrast. 
According to the regulations of the International Meteorological Orga-
nization, ε ¼ 0.05 (K ¼ 3.0) for instrument measurement. When manual 
measurements of visibility are used for historical analyses in future 
research, we will change the value of K to 3.9 (Lin et al., 2104; Lin and 
Li, 2016). In addition, we will consider discontinuity issues about 

long-term visibility data such as site movement and reporting standard. 
Observations taken at night and under heavy cloudy conditions can also 
be uncertain. Therefore, a careful filtering and quality control process 
will be performed before these data are used to study long-term trend. 
Nevertheless, this study only focuses on the automatic visibility 
measurements. 

The visibility observations are hourly data beginning at 00:00 UTC 
(08:00 Beijing Standard Time). Quality control for visibility data is 
shown in Section. 2.4. Other meteorological data are also available 
hourly. Note that compared to satellite AOD data, visibility data provide 
a much longer time series of information for PM2.5 inference since the 
1950s to help evaluate the long-term changes in PM2.5 and related 
health impacts. Compared to PM2.5 measurement sites, meteorological 
stations are spatially more homogeneous and are available at urban, 
rural and remote areas, providing better spatial representativeness. 

2.3. GEOS-Chem model 

We used the nested GEOS-Chem model for China (version 11–01, 
http://wiki.seas.harvard.edu/geos-chem/index.php/Main_Page) to 
simulate the ratio between surface PM2.5 concentration and Aerosol 
Extinction Coefficient (AEC) for converting the visibility-derived near- 
surface AEC to PM2.5. Driven by the GEOS-FP assimilation meteorology 
from the Goddard Earth Observing System (GEOS) of the NASA Global 
Modeling and Assimilation Office, the nested model has a horizontal 
resolution of 0.3125� longitude x 0.25� latitude with 47 vertical layers, 
and the lowest 10 layers are of ~130 m thickness each. The lateral 
boundary conditions of nested model are taken every 3 h from a global 
GEOS-Chem simulation at 2.5� longitude x 2� latitude. Spin-up time for 
nested model and global model are 15 days and one month, respectively. 
The scheme of planetary boundary layer employs a non-local scheme 
implemented by Lin and McElroy (2010). Model convection is simulated 
with the relaxed Arakawa–Schubert scheme (Rienecker et al., 2008). 

Both the global and nested GEOS-Chem models are run with the 
NOx-Ox-hydrocarbon-aerosol-bromine tropospheric chemistry mecha-
nism with online aerosols. Aerosols simulated include secondary inor-
ganic aerosols (SIOA, including sulfate, nitrate and ammonium), 
secondary organic aerosols (SOA), primary organic aerosols (POA), 
black carbon (BC), dust and sea salt. The ammonium-sulfate-nitrate- 
water system is calculated by ISORROPIA II thermodynamic equilib-
rium model (Fountoukis and Nenes, 2007), with updates on heteroge-
neous sulfate and nitrate processes (Zhang et al., 2015). Natural dust 
particles are emitted with the DEAD scheme (Fairlie et al., 2010; Zhang 
et al., 2013). The calculation of SOA species are parameterized by Pye 
and Seinfeld (2010). The parameterization of sea salt is from Jaegle et al. 
(2011). Uptake of the hydroperoxyl radical on aerosols and represen-
tation of anthropogenic aromatics follow Lin et al. (2012) and Ni et al. 
(2018). 

Monthly gridded anthropogenic emissions in China are taken from 
the Multi-resolution Emission Inventory for China (MEIC, www.meic 
model.org; Geng et al., 2017) for 2014 for nitrogen oxides (NOx), car-
bon monoxide (CO), sulfur dioxide (SO2), BC and POA. Following Zhang 
et al. (2015), emissions of anthropogenic fine dust are also included, by 
taking primary PM2.5 emissions from MEIC. For non-methane volatile 
organic compounds (NMVOC) emissions, the spatial pattern, seasonal 
pattern and ratios of individual compounds to the total NMVOC are 
fixed, with the total amount of NMVOC scaled to each specific study year 
according to the national total amount of NMVOC in MEIC in 2014. 
Biomass burning emissions are taken from the monthly GFED4 datasets 
(Giglio et al., 2013). Biogenic emissions of NMVOC follow MEGANv2.1 
(Guenther et al., 2012). Soil emissions of NOx employ the parameteri-
zation from Hudman et al. (2012). 

Future research aiming to combine model simulations with visibility 
data for historical PM2.5 studies could use the MERRA2 assimilated 
meteorological data available since 1980 and the monthly emission data 
from the Community Emissions Data System available since 1750. A 

Fig. 1. Ground PM2.5 observation sites (filled circles) and meteorological sta-
tions (gray crosses) over the NCP. 
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historical analysis, however, is out of the scope of this study. 

2.4. Retrieval method 

As shown in Fig. 2, our retrieval method contains multiple steps. 
First, we conducted quality control for visibility data, following previous 
studies (Husar et al., 2000; Lin et al., 2014; Li et al., 2016). Fine particle 
matter and relative humidity is the two main factors affecting visibility. 
Observational results (Chen et al., 2012) show that when RH < 90%, low 
visibility is largely influenced by aerosol volume concentration; while 
for RH > 90%, indicative of the formation of fogs and precipitation, the 
increase of RH is dominantly responsible for the decrease of visibility. 
Therefore, to reduce the effect of non-aerosol factors on visibility, we 
excluded visibility records when RH exceeded 90%. This choice is 
consistent with previous studies (Craig and Faulkenberry, 1979; Zhao 
et al., 2011). We further excluded data that may be affected by blown 
snow from the ground, i.e., when air temperature is below � 29 �C and 
wind speed above 16 km/h. If the maximum value of visibility data at a 
site in the clean area (median visibility > 11 km) within a month is 
smaller than 12 km, all data at that site in that month were excluded; this 
situation indicates erroneous data record. To remove potentially erro-
neous data spikes, if the daily mean visibility on a day is lower than one 
third of the value both on the day before and on the day after, data on 
that day were excluded (Husar et al., 2000). 

Second, we converted the quality controlled visibility data to hourly 
near-surface AEC. According to the Koschmieder Equation, near-surface 
AEC at 550 nm is inversely proportional to visibility if the effect of air 
molecules is neglected: AEC ¼ K/V. This formula is often used for the 
conversion between visibility and aerosol extinction coefficient (Husar 
et al., 2000; Lin et al., 2014; Xu et al., 2005). Here V represents the 
observed visibility, and K ¼ -lnε is the Koschmieder constant. For FSVM, 
the contrast threshold ε is chosen as 5%, with K equal to 3.0 (Li and Sun, 

2009; Zeng and Wang, 1999). In order to reduce the optical influence of 
air molecules and correct for other potential errors at clean (high visi-
bility) situations, we used a modified formula to relate visibility and 
AEC: AEC ¼ K/V–K/V0, where V0 ¼ 70 km (Lin et al., 2014). 

Third, we adopted the hourly ratio of PM2.5 to AEC simulated by 
GEOS-Chem to scale the visibility converted AEC to obtain the visibility- 
inferred PM2.5 concentrations at individual sites (hereafter referred to as 
Station Concerted-PM2.5): 

ðPM2:5ÞSC ¼AEC �
ðPM2:5Þmodel

AECmodel 

For a particular site, the modeled ratio of PM2.5 to AEC was taken as 
the value interpolated from nearby model grid cells through bilinear 
interpolation, with the time of model results matching that of the hourly 
visibility data. At each model grid cell, the model PM2.5 concentration 
was summed over the concentrations of fine dust (DST1 þ 0.38 � DST2 
in the model), fine sea salt particles (SALA in the model), BC, POA 
(assumed to be 1.8 times the mass of primary organic carbon), and SIOA. 
The model AEC was calculated based on the optical effects of these PM2.5 
components and additional coarse mode dusts (DST3 and DST4) and 
coarse sea salt particles (SALC), with their hygroscopicity accounted for 
(Lin et al., 2016) using the observed RH at respective meteorological 
station. Inclusion of coarse particles in calculating model AEC ensures 
the consistency with visibility-inferred AEC that is affected by both fine 
and coarse particles. Considering that the measured PM2.5 and visibility 
data are near-surface, we choose the values of model PM2.5 and AEC in 
the bottom model layer (i.e., from the ground to approximately 130 m). 
Then, we obtained a Station-Converted hourly PM2.5 dataset in January, 
April, July and October 2014 over the NCP. The daily mean PM2.5 data 
were averaged from the hourly data. 

Fourth, we converted the station-specific daily mean PM2.5 data to 
gridded data at a horizontal resolution of 0.3125� longitude x 0.25�

Fig. 2. A flowchart for retrieval of gridded PM2.5 mass concentration data using visibility measurements and GEOS-Chem simulations. Data sources are shown in 
parentheses. 
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latitude, according to the resolution of GEOS-Chem. The resulting 
dataset is referred to as Grid-Converted PM2.5. There are two purposes 
for this station-to-grid conversion. The station-based data lack contin-
uous spatial coverage needed for health impacts studies. Also, the 
station-based visibility measurements are subject to instrument errors 
and representation errors, i.e., the measured values may be affected by 
local pollution sources and other factors and thus not fully representa-
tive of the actual pollution level in the surrounding area. In fact, visi-
bility data may contain certain “noise” spatially, as shown in Lin et al. 
(2014) and in Sect. 3.3. 

We tested 8 candidate methods for this station-to-grid conversion, 
and finally selected a method, Case 7, that has the best performance; see 
below for evaluation statistics and Sect. 3.2 for the selection process. All 
cases but Case 2 and Case 3 involved matching a grid cell center to 
surrounding visibility stations within a certain radius. We tested radii of 
0.1�, 0.2�, 0.3�, 0.4�, 0.5�, 0.6�, 0.7�, 0.8�, 0.9�, 1.0�, 1.5� and 2�. The 
larger the radius is, the higher extent the Station-Converted PM2.5 data 
are spatially smoothed. 

Case1:cF
d;i ¼ medianðcSC

d;i Þ

Case2:cF
d;i ¼ cCres

d;i

Case3:cF
d;i ¼

Xn

i¼1
ð

r� 1
i

Pn

i¼1
r� 1

i

Þ⋅cSC
d;i

Case4:cF
d;i ¼ medianð

cSC
d;i

cM
d;i
Þ⋅cM

d;i

Case5:cF
d;i ¼

medianðcSC
m;iÞ

cM
m;i

⋅cM
d;i

Case6:cF
d;i ¼

cM
m;i

medianðcSC
m;iÞ

⋅medianðcSC
d;i Þ

Case7:cF
d;i ¼

cM
m;i

.
meanðcM

m;iÞ

cSC
m;i

.
meanðcSC

m;iÞ
⋅medianðcSC

d;i Þ

Case8:cF
d;i ¼

cM
m;i

.
meanðcM

m;iÞ

cCres
m;i

.
meanðcCres

m;i Þ
⋅cCres

d;i 

In these eight candidate methods to convert station-specific to 
gridded PM2.5 data, cF

d;i denotes the finally obtained daily mean PM2.5 

concentration on day d at grid cell i. The superscript F denotes final, M 
denotes model, SC denotes Station Converted, and Cres denotes Cress-
man interpolation. The subscript r denotes distance, d denotes day, m 
denotes month, i denotes grid cell i, and i’ denotes the grid cell in which 
the visibility measurement station is located. The function “mean” de-
notes the average over all grid cells, and “median” denotes the median 
value among the selected grid cells. 

Of these 8 methods, Cases 1–3 utilized the Station-Converted PM2.5 
data alone without further using GEOS-Chem simulations. Case 1 
assigned to a grid cell the median value from stations within a certain 
radius of the grid cell center. Cases 2 and 3 used the Cressman and the 
Inverse Distance Weight (IDW) interpolation methods, respectively. 

Cases 4–8 used the spatial variability simulated by GEOS-Chem to 
facilitate the station-to-grid conversion. As shown in Sect. 3.1, the 
GEOS-Chem simulated spatial distribution of PM2.5 outperforms the 
distribution of visibility-converted station-based data. In Case 4, for a 
given grid cell “i” on each day, we found all stations within a certain 
radius of the grid cell center, calculated the ratios of Station-Converted 
PM2.5 to Modeled PM2.5 (at the grid cells in which these visibility sta-
tions are located), and then used the median value of these ratios to scale 
the Modeled PM2.5 at grid cell “i”. Case 5, aiming to eliminate the noise 
in the day-to-day variability, was similar to Case 4 except that the ratios 
were based on monthly (rather than daily) mean PM2.5 data. Here, to 
reduce the monthly average calculation errors caused by missing values, 
we chose the median value of all stations within a certain radius of the 
grid cell center to match the model PM2.5, and then used data on the 
days when Station-Converted PM2.5 and model PM2.5 are both available. 
Case 6 was similar to Case 5, except that the scaling was based on the 
(spatial) median of Station-Converted PM2.5 data. 

Cases 7 and Case 8 were designed based on the fact that Modeled 
PM2.5 data were spatially consistent with PM2.5 measurements and had a 
lower mean bias (see Sect. 3.1). The two cases used the spatial pattern 
(shape) of model PM2.5 data to facilitate the station-to-grid conversion. 
For Case 7, we first calculated the monthly Modeled PM2.5 at each grid 
cell normalized to its spatial average, calculated the respective value for 
Station-Converted PM2.5., and then derived their ratio. The calculation 
of monthly mean values and the sampling of available grid cells were the 
same as in Case 5. We then used this ratio to scale the result derived from 
Case 1 to finally obtain the gridded and spatial shape-adjusted daily 
PM2.5 data. Case 8 was similar to Case 7, except that Station-Converted 
PM2.5 data are replaced by Cressman-interpolated gridded data from 
Case 2. 

Evaluation of the 8 station-to-grid conversion methods was based on 
how each method led to high spatial and temporal (i.e., day-to-day 
across the four months) consistencies with the actual PM2.5 measure-
ments. A few indicators were used to evaluate the consistency, including 
bias, correlation coefficient, slope of a linear regression, root mean 
square error (RMSE). We applied the Reduced Major Axis (RMA) 
regression, which is more appropriate than the Ordinary Least Square 
regression when independent variable x contains errors, to estimate the 
slope and intercept. 

3. Spatio-temporal variability of measured, modeled, Station- 
Converted and Grid-Converted PM2.5 

3.1. Comparison of Station-Converted, modeled and measured PM2.5 

Fig. 3 compares the spatial distributions of (a) observed, (b) Station- 
Converted, (c) Station-Converted and sampled based on available ob-
servations, (d) modeled and (e) Grid-Converted PM2.5 concentrations 
over the NCP averaged over January, April, July and October 2014. 
From the observed data (Fig. 3a), which represent urban air quality, 
high PM2.5 pollution occur over southern Hebei. The highest PM2.5 
concentrations reach 170.4 μg/m3, due to the combined effects of large 
emissions, efficient secondary formation and unfavorable conditions for 
pollution outflow. PM2.5 concentrations are lower over the northern 
parts of Hebei and Shanxi, Shandong Peninsula and Inner Mongolia, due 
to lower emissions and favorable topographical and meteorological 
conditions for pollution removal/transport (Zheng et al., 2018; Zhang 
et al., 2018). The domain average PM2.5 concentration is 83.8 μg/m3. 

Fig. 3b shows the Station-Converted PM2.5 data, which are more 
much regionally representative than the PM2.5 observations (Fig. 3a) 
and still capture the observed spatial pattern (from urban sites). Since 
the Station-Converted PM2.5 data are not spatially collocated with PM2.5 
observations, we choose the median value of the converted PM2.5 data 
from all stations within a 0.2� radius of each PM2.5 observation station 
(Fig. 3c). Such re-sampled data reveal several locations where Station- 
Converted PM2.5 overestimate the observed values significantly. 
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Averaged over the NCP, the Station-Converted concentration is 
109.8 μg/m3, with an overestimate by 26.0 μg/m3. The scatter plots in 
Fig. 4 also show significant positive biases of Station-Converted PM2.5 
data, especially when the pollutant concentrations are high. 

GEOS-Chem captures the observed spatial distribution of PM2.5 

concentrations averaged over the four months in 2014 (Fig. 3d). As for 
model and Grid-Converted PM2.5, we match the observation by choosing 
the grid cell in which the observation station is located. In particular, 
Fig. 4a shows that when sampled coincidently with the observations, the 
modeled PM2.5 results have a small positive bias (by 2.5 μg/m3). The 

Fig. 3. Spatial distributions of (a) observed (ground PM2.5 observation sites), (b) Station-Converted (based on visibility measurement sites), (c) Station-Converted 
and sampled with observation times and locations (ground PM2.5 observation stations), (d) modeled (simulated by GEOS-Chem), and (e) Grid-Converted (visibility- 
converted for grid cells under Case 7, with a radius of 0.3�) PM2.5 concentrations averaged over January, April, July and October 2014. The black lines show 
provincial borders. 

Fig. 4. Scatter plots of (a) modeled, (b) Station-Converted and (c) Grid-Converted (Case 7, with a radius of 0.3�) PM2.5 (y-axis) with respect to PM2.5 observations (x- 
axis). A data point in the figure represents the monthly mean values (red-January, yellow-April, purple-July, green-October) at a station. The dotted line depicts the 
1:1 relationship, and the solid line depicts the RMA regression line. Statistical analysis results are shown in each panel. (For interpretation of the references to colour 
in this figure legend, the reader is referred to the Web version of this article.) 
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model has a high spatial correlation coefficient (0.73) with the observed 
data, much higher than the correlation coefficient for the Station- 
Converted data (0.49) (Fig. 4b). The modeled data also have signifi-
cantly lower RMSE than the Station-Converted data (Fig. 4a and b). 
These results suggest that the model better captures the spatial distri-
bution of PM2.5 observations than the visibility-based data do. 

Fig. 5 further evaluates the day-to-day variations of modeled and 
Station-Converted PM2.5 concentrations against the observations in the 
four months. Modeled and Station-Converted data were sampled based 
on the observations; and results were averaged over the NCP on each 
day. Although both the modeled and Station-Converted PM2.5 can cap-
ture the day-to-day variation of the observed data, the capability of 
Station-Converted data is better, especially with a higher correlation 
coefficient (0.96 versus 0.84). However, the modeled data is better than 
the Station-Converted ones in terms of mean bias and RMSE. Note that 
because of the difference in data averaging, the values for bias here are 
slightly different from those in the discussion of spatial distribution. 

3.2. Evaluation of Grid-Converted PM2.5 data derived from 8 candidate 
station-to-grid mapping methods 

This section evaluates the Grid-Converted PM2.5 data derived from 8 
candidate station-to-grid mapping approaches presented in Sect. 2.4. 
Such mapping is based on the preference for health impact studies to 
having high spatial coverage and, for a few mapping approaches, an 
attempt to take advantage of the GEOS-Chem model capability in 
capturing the spatial pattern of PM2.5 observations. As mentioned in 
Sect. 2.4, the evaluation focuses on whether the Grid-Converted data can 

capture both the spatial and temporal (day-to-day) variations of 
observed PM2.5. 

Fig. 6 shows the evaluation statistics for each case, as a function of 
the distance (radius) from the visibility station to the grid cell center. As 
the mapping radius increases, the spatial feature of Grid-Converted 
PM2.5 is further smoothed and the spatial details are further lost. For 
temporal (day-to-day) correlation evaluation (Fig. 6b), data on each day 
are averaged over all PM2.5 measurement sites. In general, results for 
temporal correlation do not show a strong dependence on the mapping 
radius, mainly because PM2.5 data are spatially averaged. For all cases 
and radii, the temporal correlation coefficients exceed 0.8, reflecting 
that the Station-Converted PM2.5 data have a good performance in terms 
of temporal variation. However, Cases 2,3, 7 and 8 still outperform the 
other cases (R > 0.9 for all radii). Evaluation on temporal bias gives a 
similar result to the evaluation on spatial bias (see below) and is thus not 
shown. 

For evaluation of spatial bias and correlation (Fig. 6a, and c), data at 
each PM2.5 measurement site were averaged over the four months. The 
biases of Cases 1, 4 and 5 are very sensitive to the mapping radius, and 
the lowest biases are obtained for a radius of 0.5�–0.6�. These three cases 
also result in relatively low spatial correlation coefficients (<0.6). Cases 
1 and 5 have similar results. Case 2 (with Cressman interpolation) leads 
to a relative high bias, except when the mapping radius exceeds 0.7�. 
Case 3 is derived from the IDW method, and thus its evaluation results 
do not vary with the mapping radius. Case 3 has a relatively low spatial 
correlation (R ¼ 0.60) and a high bias (13.6 μg/m3). Case 6 leads to the 
smallest mean bias, and its respective correlation coefficient is among 
the highest and does not change significantly with radius. Case 7 has the 
second highest spatial correlation coefficient (after Case 8) and a rela-
tively small bias (within 10 μg/m3 when radius is greater than 0.2�). 
This low bias suggests that using GEOS-Chem simulation results to 
adjust the spatial distribution of visibility inferred PM2.5 helps to reduce 
the bias, a desirable outcome. Case 8 leads to the highest correlation 
coefficient, but it also has the greatest bias (>30 μg/m3 for all mapping 
radius). 

Fig. 6d further shows the RMA regression slope for the spatial vari-
ability of temporally averaged Grid-Converted PM2.5 data. The slope of 
Case 8 is the highest and has small dependence on radius (i.e., between 
1.35 and 1.40). The slopes of Case 1, 4 and 5 decline significantly with 
the increasing radius. Although Case 6 has the smallest mean bias and a 
high correlation coefficient, the regression slope of Case 6 is relatively 
low (<0.75) for all radii. The slope of Case 7 declines slightly with the 
increasing radius, and it remains between 0.85 and 1.05 for all radii. 

Overall, Case 7 with a mapping radius of 0.3� has the most desired 
performance in both the temporal and the spatial domains. In particular, 
it has a relatively small mean bias (7.9 μg/m3, or 9.4%), high correlation 
coefficients (0.80 spatially and 0.96 temporally) and better slope (1.0 
spatially). A radius of 0.3� also helps preserve the high-resolution spatial 
information embedded in the visibility data and GEOS-Chem simula-
tions. In the next section, we analyze the gridded results from this 
method in detail. 

3.3. Spatio-temporal distribution of Grid-Converted PM2.5 based on the 
selected station-to-grid conversion method (case 7) 

Fig. 3e shows the gridded distribution of PM2.5 concentrations 
averaged over the four months in 2014 based on Case 7 with a mapping 
radius of 0.3�. The spatial distribution is consistent with the observed 
one, such as the highest PM2.5 concentrations over southern Hebei and 
the lowest over the northern regions. The gridded dataset corrects the 
underestimate in the model results and reduces the excessively high 
values in the Station-Converted data. 

The scatter plots in Fig. 4c further evaluate the spatial distribution of 
Grid-Converted (Case 7) data against PM2.5 observations. Gridded data 
were sampled from the grid cells covering the PM2.5 measurement sta-
tions and on days with available PM2.5 measurements. The correlation 

Fig. 5. Day-to-day variation of (a) modeled, (b) Station-Converted and (c) Grid- 
Converted (Case 7, with a radius of 0.3�) PM2.5 with respect to PM2.5 obser-
vations in January, April, July and October 2014. For each day, PM2.5 con-
centrations are averaged over all stations in the NCP. Statistical analysis results 
are presented in each panel. Modeled, Station-Converted and Grid-Converted 
data are sampled based on the observations. 
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coefficient (R ¼ 0.80) with the observed PM2.5 are higher than model 
simulations (R ¼ 0.73) and Station-Converted PM2.5 (R ¼ 0.49) alone. 
The mean bias (7.9 μg/m3, or 9.4%), the RMA regression slope (1.0), and 
the small RMSE (17.6 μg/m3) are also desirable, compared to the values 
for GEOS-Chem simulations (2.5 μg/m3, 0.80, and 18.6 μg/m3, respec-
tively) and Station-Converted data (25.7 μg/m3, 1.8, and 51.1 μg/m3, 
respectively). 

Fig. 5c shows the day-to-day variations of observed and Grid- 
Converted PM2.5 concentrations (Case 7) in each month. For each day, 
data were selected from stations with available observations and con-
verted values, and were further averaged over the NCP. Fig. 5c shows 
that Grid-Converted PM2.5 data have a small bias of 9.4 μg/m3 (or 
11.4%); note that this value is slight different from the spatial bias 
(7.9 μg/m3, or 9.4%) because of the difference between temporal and 
spatial sampling. The temporal variation of Grid-Converted PM2.5 over 
the four months is consistent with the observed variation (R ¼ 0.96, 
linear regression slope ¼ 1.0), better than that of GEOS-Chem (R ¼ 0.84, 
slope ¼ 0.70) and Station-Converted (R ¼ 0.96, slope ¼ 1.3) PM2.5. The 
Grid-Converted PM2.5 data also capture the observed PM2.5 peaks, which 
represent the pollution episodes, as well as the low values on clean days. 
They reproduce the seasonal variation of observed PM2.5 mass concen-
trations, i.e., a higher mean value and day-to-day variability in winter 
and lower values in summer. The Grid-Converted PM2.5 correct the 
temporally consistent overestimate in the Station-Converted PM2.5 data 
and the wintertime underestimate and summertime overestimate in 
GEOS-Chem simulations. 

4. Conclusions 

This study offers a novel, plausible method to infer surface PM2.5 
mass concentrations on a 0.3125� longitude x 0.25� latitude grid, by 
combining the spatially dense high-frequency surface visibility 

measurements and GEOS-Chem simulations. Applying the method to the 
NCP in January, April, July and October 2014 shows good performance 
of the inferred data with respect to the official PM2.5 measurements. 

Specifically, after the visibility data are converted to PM2.5 concen-
trations at each station and then each grid cell (based on Case 7 with a 
mapping radius of 0.3�), the derived gridded PM2.5 data are both 
spatially and temporally consistent with the PM2.5 measurements. The 
spatial and temporal mean biases are both within 10 μg/m3. The tem-
poral (day-to-day) correlation coefficient reaches 0.96 with a linear 
regression slope of 1.0. The spatial correlation coefficient reaches 0.80 
with a regression slope of 1.0. The lower spatial correlation than the 
temporal correlation reflects that visibility data are spatially noisier (Lin 
and Li, 2016). Grid-Converted PM2.5 improves upon GEOS-Chem sim-
ulations by correcting its wintertime underestimate and summertime 
overestimate. The temporal correlation coefficient, temporal regression 
slope, spatial correlation coefficient and spatial regression slope of 
converted PM2.5 data are better than GEOS-Chem simulation results 
(0.84, 0.70, 0.73 and 0.80, respectively). 

Future research will apply the inference method to all months in 
multiple years in the NCP to further test the robustness of the conversion 
method proposed here, with the goal of finally applying the method for a 
reliable retrieval of multi-decadal PM2.5 variability embedded in the 
visibility data. 
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Fig. 6. (a) Spatial correlation, (b) temporal correlation, (c) spatial bias (units: μg/m3) and (d) linear regression slope (for spatial data) of Grid-Converted PM2.5 
concentrations with respect to PM2.5 measurements in each station-to-grid conversion case, as a function of the distance (i.e., radius ranging from 0.1� to 2.0�) from 
the visibility station to the grid cell center. 
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Abstract
Using the Community Earth System Model (CESM) version 1.2, this study investigates the changes in secondary inorganic
aerosols (SIOAs) over the Northern Hemisphere from 1850 to 2007, regional contributions, and consequences on surface air
temperature. Results show that SIOAs changes can be divided into two stages. At the first stage (1850–1980), European and
North American SIOAs concentrations increase, with a cooling effect especially over Europe and Eastern Siberia. At the second
stage (1980–2007), SIOAs concentrations over Europe and North America are reduced with a warming effect in the mid-high
latitudes, whereas SIOAs increase over East Asia and South Asia leading to a cooling effect there. The temperature changes over
the emission source regions are mainly driven by radiative forcing. Horizontal transfer of heat leads to a temperature response in
the Siberian region.

1 Introduction

Aerosols generated by human activities not only pollute the
air, but also affect Earth’s radiation budget. By scattering and
absorbing solar radiant energy, aerosols change radiant flux at
top, bottom, and inside of the atmospheric column
(Ramanathan and Feng 2009). Secondary aerosols are pro-
duced by chemical reactions of gaseous and particulate pol-
lutants discharged by humans into atmosphere (mainly photo-
chemical reactions caused by ultraviolet light, ozone, and OH

radicals) (Volkamer et al. 2006). Secondary inorganic aerosols
(SIOAs) mainly include sulfate, nitrate, and ammonium. The
main component is sulfate. The direct reducing-temperature
effect of SIOAs is opposite to the radiation effect of green-
house gases by directly reflecting solar short-wave radiation
and reducing the amount of radiation reaching ground (Lin
et al. 2016). Although understanding of aerosols and their
climate impacts have improved dramatically, aerosol radiative
forcing as well as the effects on the surface temperature results
is still a big uncertainty in climate research (Boucher and
Randall 2013). As reported by Myhre et al. (Myhre et al.
2013), the total radiative forcing of aerosols (including
aerosol-cloud interactions) in 2011 relative to 1750 is in the
range (− 1.9 to − 0.1) W m−2. Most of its uncertainty is buried
in the interaction between clouds and aerosols (He et al.
2015). Morever, the regional response of atmospheric circula-
tion to global and regional anthropogenic aerosol forcing is
not yet well understood and constrained (Xie et al. 2013). To
improve future climate projections, a deep understanding of
the temperature response to scattering anthropogenic aerosols
is needed.

The emissions of SIOAs precursors are mainly from ore
combustion, which is closely related to industrial develop-
ment. With the development of industry and economy, there
is a large regional difference in SIOAs precursors emissions in
the Northern Hemisphere since the industrial revolution
(Smith et al. 2011; Tsigaridis et al. 2006). Global emissions
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reach the peaking in the 1970s, with a significant decrease
over the 1990s, and likely increasing slightly in recent years
(Smith et al. 2011). The emissions of SIOAs precursors in
developed and developing countries have different trends.
For example, the US Clean Air Act of 1970 limits fixed
(industrial) and mobile device emissions to address pollutant
emissions and health issues (Aas et al. 2019). Such regulations
have guaranteed significant reductions in SO2 emissions in the
USA and Europe in the late twentieth century (Hoesly et al.
2018). Meanwhile, more than doubled energy consumption in
Asia between 1980 and 2003, caused a rapid growth in Asian
emissions, by 119% for SO2, and 176% for NOx (Lu et al.
2010; Ohara et al. 2007). Emissions in China are estimated to
have peaked about 2006, and then declined. SO2 emissions
from India continue to increase sharply (Klimont et al. 2013).
The few studies have focused on the impact of specific region-
al aerosol emissions on the climate in local areas (Acosta
Navarro et al. 2016; Kasoar et al. 2016; Conley et al. 2018).
However, the impact of such a dramatic change in the spatial
distribution of SIOAs concentrations on the global climate
system is limited.

Previous studies have done a lot of researches on the
influence of aerosol on climate. Wang et al. (2015) find
that the increasing Asian pollution accounts for the weak-
ening of the tropics circulation, while the decreasing pol-
lution in Europe and the USA tends to shift the circulation
systems southward. In direct atmospheric response, aerosol
affects precipitation and atmospheric circulation by chang-
ing radiation and cloud physics (Bollasina et al. 2013).
Many studies have also focused on the influence of aero-
sols on circulation at regional and local scales, especially
in the densely populated Asian monsoon region (Lau and
Kim 2017; Li et al. 2015, 2018). Aerosols weaken the
South Asian monsoon and the East Asian monsoon.
However, most of these studies are limited to a certain
region, such as East Asia, or focus on a certain season.
There is a lack of discussion of atmospheric circulation
on a large scale. Moreover, there is a lack of analysis on
the influence of aerosol on climate from the perspective of
long-term historical evolution.

In this article, we mainly analyze the spatial distribution
changes of SIOAs concentration in the northern hemi-
sphere, and study the impact of this change on the surface
temperature in the northern hemisphere. Three nodes are
selected in the year 1850, 1980, and 2007 represent before
the industrial revolution, the highest period of global pol-
lution emissions and now, respectively. The organization
of sections is as follows. Section 2 introduces the model
and experimental design. Section 3 analyzes the simulation
results from three aspects: SIOAs concentration changes,
temperature changes in the emission source area, and tem-
perature response in other areas. Section 4 summarizes the
conclusion.

2 Experiment description and analysis
method

2.1 CESM1.2

The model used in this study is the atmospheric component of
the Community Earth System Model (CESM) version 1.2,
Community Atmospheric Model version 5.2 (CAM5.2), devel-
oped by the National Center for Atmospheric Research (NCAR)
(Neale et al. 2012). CESM can simulate the entire earth system
by coupling eight components, including the atmosphere, ocean,
land, and sea ice. As one of the outstanding models in the
Intergovernmental Panel on Climate Change (IPCC) Fifth
Assessment Report (AR5), it has been used to simulate climate
change (Knutti et al. 2013). CESM-CAM has advanced
chemistry/aerosol treatment, and the distribution of aerosols
can be simulated relatively accurately (Liu et al. 2012).
Several studies have demonstrated the capability of CAM-
chem to represent tropospheric and stratospheric conditions,
and the influence of aerosol on local and global climate (Gantt
et al. 2014; He et al. 2015; Undorf et al. 2018; Xie et al. 2016).

The chemical mechanism in this experiment is based on
Model for Ozone and Related Chemical Tracers
(MOZART), version 4 mechanism for troposphere (Emmons
et al. 2010), with further updates (Lamarque et al. 2012). In
the chemistry module used in this work, aerosol size distribu-
tions are characterized into three lognormal modes: Aitken,
accumulation, and coarse modes. Aerosol species are assumed
to be internally mixed within each mode and externally mixed
among different modes. Both aerosol mass and particle num-
ber can be prognostic, aerosol species mainly include sulfate,
dust, black carbon, and primary and secondary organic aero-
sol. As for the main component in SIOAs, sulfates mass is
proposed as a component in each of the three aerosol modes,
and most of the sulfate (~ 90%) is in accumulation mode (Liu
et al. 2012). Sulfate is produced via H2SO4 condensation on
existing aerosols, whereas H2SO4 is formed by the oxidation
of SO2. Nitrate does not contribute to aerosols. Both direct and
indirect radiative effects of aerosols are included and aerosol-
cloud interactions can influence both cloud droplet number
and mass concentrations (Kasoar et al. 2016).

In this study, CESM1.2-CAM5 runs with a finite-volume
dynamical core, with a horizontal resolution of 1.9° at latitude
and 2.5° at longitude. In the vertical, there are 30 levels and
the model top at approximately 40 km. Atmospheric Model
Intercomparison Project (AMIP) (W. Lawrence Gates et al.
1999) experiments are performed with prescribed climatolog-
ical sea surface temperature (SST) and sea ice distribution, to
understand seasonal variation of anthropogenic aerosol direct
and indirect effects. Dry deposition of gases and aerosols is
implemented in the Community Land Model (CLM) (Oleson
et al. 2004) as described in Lamarque et al. (Lamarque et al.
2011).
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2.2 Experimental setup

Four cases are simulated with prescribed SST and sea ice
distribution in 2000. Each case run 50 years, and the last 45
years of simulated data are used. There are one control run and
three sensitivity runs. Those runs are different only in SIOAs
precursor gases emissions, while the other forcing such as
greenhouse gases conditions are kept at their present-day (year
2000) values, which follows the year-2000 ACCMIP emis-
sion inventory (Lamarque et al. 2010). The control experiment
is performed with 1850 SIOAs precursor gases emissions,
while in adjustment experiments, SIOAs precursor gases
emissions are in year 1980 and 2007, the last adjustment ex-
periment remove all anthropogenic SIOAs precursor gases
emissions. Anthropogenic aerosol and precursor gases emis-
sions are from the Community Emissions Data System
(CEDS) (Hoesly et al. 2018). The difference between control
and adjustment cases represents atmospheric response to
SIOAs concentration changes in different regions after the
industrial revolution, which are caused by industry developing
(Table 1).

2.3 Temperature change analysis

∂T
∂t

¼ −V!� ∇T−w γd−γð Þ þ 1

Cp

dQ

dt

The atmospheric thermodynamic equation gives a relation-
ship between system state change and heat exchange.
Dynamic process and thermodynamic process of atmosphere
are interrelated and mutually constrained. The above formula
is the first-order simplification of the atmospheric thermody-
namic energy equation. γd is the dry adiabatic lapse rate, γ is
the environmental lapse rate, and Cp is the specific heat at
constant pressure. The left side of the equation is the local
variation of temperature, which represents changes in local
temperature over time. The first item on the right side of the
equation is the transfer of heat from the horizontal motion of
the atmosphere. The second item on the right side is temper-
ature change caused by the vertical movement of atmosphere
which is related to the stability of the atmosphere. The third
item on the right side is the non-adiabatic heating term. Solar

radiation is the main form of healing atmosphere. Temperature
transient response of other regions is mainly caused by advec-
tion and vertical motion of the atmosphere. Adjustment of
atmospheric circulation causes heat to be transported in hori-
zontal and vertical directions, affecting temperature. In local
temperature changes, the degree of influence of different fac-
tors is not equal. The following will discuss in detail the dom-
inant factors of local temperature changes in different
situations.

3 Results

3.1 Global SIOAs concentration changes

As shown in Fig. 1, SIOAs surface concentration changes
mainly distribute in three main areas: North America,
Western Europe, and East Asia. These three regions are home
to the largest economy of the world, with a population of more
than one-third of the total population. The first phase is from
1850 to 1980 during which SIOAs concentrations in the
Northern Hemisphere increases generally, with the most sig-
nificant increase in Europe and North America. The SIOAs
increasing over Europe (average 41.6 μg/m3) is greater than
North America (average 17.40 μg/m3). SIOAs concentrations
in eastern China increase by an average of 4.5 μg/m3.
According to predecessors, global aerosol emissions, in par-
ticular sulfate aerosol precursor sulfur dioxide (SO2), are dom-
inated by sources area in North America and Europe for most
of the twentieth century (Hoesly et al. 2018; Lamarque et al.
2010). Developed regions such as Europe and the USA have
begun to reduce domestic pollutant emissions since the 1980s,
while pollutant emissions have increased in developing re-
gions with the development of industrialization.

Specifically, compared with 1980, SIOAs concentrations in
Europe decrease by 33.36 μg/m3 on average in 2007. The
reduction of extremum lies in Belarus and Ukraine. Overall,
except for East Asia, South Asia, and Southeast Asia, Eurasia
show a reducing trend in SIOAs. Even the northern part of
Africa is affected to some extent, showing a decrease in
SIOAs concentrations. Unlike in Europe, there is no signifi-
cant extreme value for changes in SIOAs concentrations in
North America. SIOAs concentrations reduction in North
America is 5.09 μg/m3 on average with decreases relatively

Table 1 SIOAs precursor
emissions disturbance in
experiments

Name SIOAs precursor gases emission year Emission perturbation

Ctl 1850 9 Tg year-1

G1980 1980 240.5 Tg year-1

G2007 2007 277 Tg year-1

Remove SIOAs precursor gas emissions are removed 0 Tg year-1

The impact of secondary inorganic aerosol emissions change on surface air temperature in the Northern...



larger in the central US than the eastern coast. From 2007 to
1980, East Asia and South Asia show a significant increase in
SIOAs concentrations. The high-value area mainly locate in

the Shandong Peninsula, adjacent parts of North China and
Sichuan Basin, with a value of 18.55 μg/m3. Average SIOAs
concentrations in China and India increase by 11.35 μg/m3

and 9.49 μg/m3, respectively. Concentrations of SIOAs also
increase in Thailand, Myanmar, Singapore, and other regions.

Unlike greenhouse gases with a long life span and a wide
distribution range, SIOAs have a life cycle of only one week.
Lifetimes of sulfate in the CAM model is 3.9 days (Tilmes
et al. 2015). Therefore, the distribution of SIOAs has strong
local differences, and concentration is the strongest in the
source emission area, decreasing to the periphery. This is re-
lated to human production and life behavior and is also affect-
ed by atmospheric circulation and meteorological conditions.
These factors affect SIOAs life cycle, diffusion range, and
settling velocity.

Aerosol optical thickness (AOT) or aerosol optical depth
(AOD), defined as integral of the extinction coefficient of the
medium in a vertical direction, can describe the effect of aero-
sols on light reduction (Bäumer et al. 2008). Generally, high
AOD value indicates an increase in longitudinal accumulation
of aerosols, thus resulting in a decrease in atmospheric visi-
bility. Several aerosols, especially sulfate in the SIOAs com-
ponent, can affect AOD (Conley et al. 2018). Therefore, it can
be seen from simulation results that during two stages, AOD

Fig 1 Perturbation of the unit grid emissions of SIOAs precursors in the
model in different experiments

Fig. 2 Variation of surface concentrations distribution of SIOAs, 1850–1980 year and 1980–2007 year. The shading indicates that the 95% two-tailed
student t test is not passed
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also changes similarly after SIOAs concentrations distur-
bance. Spatial distribution of AOD value change and extreme
value center are consistent with SIOAs concentrations change.
The AOD in the Northern Hemisphere shows a consistent
growth trend from 1850 to 1980. Themost significant increase
was in Europe (0.09 on average), followed by North America
(0.03 on average). Over East Asia, increasing occurs only in
eastern China (0.01 on average). On the global scale, AOD
grows by an average of 0.11. In the second phase, AOD re-
duction is concentrated in Europe and North America, and the
extent of AOD reduction in Europe (maximum 0.17) was
much greater than in North America (maximum 0.05). There
are obvious high-value areas in East Asia and South Asia,
located in central China (0.08 on average) and northeastern
India (0.03 on average) respectively. In terms of seasonal
changes, it also shows a stable consistency with variation of
SIOAs concentrations. The results show that AOD responses
are strongest in regions near to and downwind from the region
of decreased/increase SIOAs emissions (Figure 2).

3.2 Temperature response in aerosol source areas

As mentioned in 2.3, local temperature changes are deter-
mined by different impact factors. So, the response of surface

temperature to the change of SIOAs concentrations distribu-
tion is different between the aerosol source area and the distant
area. In the aerosol source area, the trend of temperature
change is opposite to that of SIOAs emissions. Figure 3 shows
the annual mean surface air temperature change. From 1850 to
1980, most of the Northern Hemisphere is dominated by
cooling, with extreme cooling in Europe and high latitudes
of Eastern Siberia, reaching − 0.87 K and − 0.57 K respec-
tively. There is warming in the plains of Western Siberia and
high latitudes of the plains of Eastern Europe. The same ap-
plies to the Qinghai-Tibet Plateau. From 1980 to 2007, surface
temperature increases in Europe and North America where
SIOAs concentrations decrease. Warming in Europe (0.13
K) is greater than North America (0.035 K), and the location
of maximum warming in Europe (0.21 K) is consistent with
the position of maximum SIOAs emissions reduction. In cen-
tral and eastern China, India, Myanmar, and other Southeast
Asian regions, SIOAs increasing, so the temperature in these
places is reduced. The average temperature drop in central and
eastern China can reach 0.12 K. The temperature in the Indian
region decreases 0.083 K on average. Uncertainty analysis has
not been performed for temperature due to lack of the neces-
sary unforced simulation output for the version of the model
used here (Conley et al. 2018; Kasoar et al. 2016).

Fig. 3 Changes in aerosol optical depth in the Northern Hemisphere from 1850 to 1980, 1980 to 2007. The shading indicates that the 95% two-tailed
student t test is not passed
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In aerosol emission sources, non-adiabatic heating is dom-
inant on local temperature change. ERF is defined as a change
in net flux (SW + LW) between control and disturbance sim-
ulations using specified SST (Conley et al. 2018). Compared
to transient radiative forcing, ERF is a better indicator of long-
term climate forcing because it includes full adjustment of
atmosphere and land models, aerosol responses from changes
in emissions, transport, and deposition are taken into account
in the calculations. Compared with 1850 (Fig. 4), SIOAs con-
centrations increasing in Europe during 1980, reduces surface
solar radiant flux obtained in high latitudes of the Eurasian
continent and Arctic regions. ERF in Europe decreases by an
average of 4.72 W/m2, and the maximum reduction reached
13.12 W/m2. ERF in North America is also generally reduced
6.03 W/m2 on average. There is a slight ERF decrease in East
Asia and an increase in the Qinghai-Tibet Plateau. From 1980
to 2007, radiative forcing increases in Europe and the
Americas, and decreases in central and eastern China, India
and other Southeast Asian regions. The amount of surface
radiation flux changes more than the top of atmosphere.
Especially in Eastern Europe, there is a significant maximum
change in surface net radiation, with a value of 5.99 W/m2. In
central and eastern China, as well as in South and Southeast

Asia, climatic systems are more complicated due to monsoon
and subtropical highs. Therefore, solar radiation changes
caused by SIOAs in eastern China are not so obvious. There
is a very significant reduction in solar radiation in the eastern
part of the Indian Peninsula and China Tibet Junction,
reaching 13.24 W/m2.

In addition, changes in cloud cover can also explain the
differences in surface ERF to some extent. As shown in Fig.
5, in the stage between 1580 and 1980, total cloud cover
increases in mid-high latitudes of the Northern Hemisphere.
Areas with increased cloud cover in Eurasia are consistent
with areas where surface ERF reduce. From 1980 to 2007,
cloud cover has a slight decline in Europe and North
America. In central and eastern China, India, and other
South Asian regions, an increase in cloud cover is very
obvious.

3.3 Remote response to temperature in other parts of
the Northern Hemisphere

It can be seen in Fig. 3 from 1850 to 1980, SIOAs concentra-
tions in Eastern Siberia do not change much, but temperature
response is very obvious. In the stage from 1980 to 2007,

Fig. 4 Temperature response of the Northern Hemisphere after global SIOAs concentrations change from 1850 to 1980, 1980 to 2007. Significance is
not evaluated as 50-year control runs are not available to assess internal variability for this model

C. Zhou et al.



conspicuous warming is found over high latitude in the
Northern Hemisphere. Average temperature rises 0.55 K.
Warming also occurs in northern regions of China, such as
Inner Mongolia and Xinjiang. Compared with the change in
SIOAs concentrations, the temperature change in these areas
is too obvious (Fig. 1). Therefore, SIOAs direct and indirect
climate effects discussed in Section 3.2 are not the main rea-
sons for temperature changes in these areas.

From temperature change of the whole atmosphere in the
Northern Hemisphere, it can be found that atmospheric
warming in mid-high latitudes mainly occurs at the bottom
of the atmosphere. From 1850 to 1980, the surface tempera-
ture in mid-high latitudes of the Northern Hemisphere de-
clines (Fig. 6a), while in 1980–2007, it shows significant
warming (Fig. 6b). When surface temperature decreases in
the Northern Hemisphere, heat transfer near the ground is
characterized by negative heat transfer from low latitude to
mid-high latitude (Fig. 6c). Conversely, when there is a very
significant positive heat transfer in low latitude to high lati-
tudes (Fig. 6d), surface temperature increases in mid-high lat-
itudes of the Northern Hemisphere. The strongest heat transfer
change can be seen from 50 to 70°N, which is basically con-
sistent with the latitude of radiation changes in Europe and
North America (Fig. 4). From 1850 to 1980, there are cold
advection and warm advection in Eastern Siberia and Western
Siberia regions, so those two regions show strong cooling and

warming respectively. From 1980 to 2007, average meridional
heat transfer in Siberia (50–70° N, 60–150° E) can reach 1.52
W/m2. Therefore, significant warming in the Siberian region
is mainly due to warm advection that transports heat from low
latitudes (Europe and northeast China). The weak cooling in
the vicinity of Saudi Arabia and Iran is due to cold tempera-
ture advection from the north. In fact, cold advection from
polar regions also affects Europe and North America, causing
cooling in those regions. However, as the two regions are
more affected by the increase in radiative forcing due to re-
duction in SIOAs emission concentrations, the final tempera-
ture is characterized by warming.

Air compression warming and expansion cooling caused by
vertical movement of atmosphere can also affect local tempera-
ture to some extent. However, in this experiment, vertical motion
can only enhance or weaken local temperature trends. It is not
possible to determine or completely change the local temperature
trends like a non-adiabatic heating term or a temperature advec-
tion term. For example, in the second stage, in Europe the sinking
air induced adiabatic compression warming offsets partly the
cooling effect of cold advection. In Siberia, the sinking induced
warming effect in the region of 90–135° E is superimposed on
warm advection, making warming very obvious.

The advection and vertical motion of the atmosphere are de-
termined by circulation, which is driven by solar radiation.
Following is an analysis of atmospheric circulation in the

Fig. 5 Net radiation (SW + LW) changes at top of atmosphere. The shading indicates that the 90% two-tailed student t test is not passed
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NorthernHemisphere to answer transient response of temperature.
The effect of energy transport on atmospheric circulation is ex-
plained from the perspective of energy imbalance of the
atmosphere-landmodel. The principle of influence of atmospheric
circulation changes on temperature advection in two stages is
consistent, and change of atmospheric circulation in the second
stage is more complicated. Therefore, the second stage is selected
as a representative for analysis (Figure 7).

Figure 8 a shows a low-level circulation. From the year
1980 to 2007, there is a significant southerly wind enhance-
ment in the Siberian region (50–70° N, 60–150° E). They are
southwesterly winds from Europe and southeasterly wind
from southeast China. They carry warm air from Europe and
northeast China to Siberia. There are two high pressures in the
Northern Hemisphere (Fig. 8b), located in the North Pacific
and North Atlantic. A low pressure lies near the Barents Sea
and Siberia is located on the southeast side of polar depres-
sion, which is beneficial to southwesterly winds from Europe.
It is also located on the northwest side of ground high pres-
sure, where the southeasterly wind is prevalent. After SIOAs
concentrations changed, the intensity of the ground high pres-
sure system and the low pressure system increases. The
cooling and heating effects of aerosol radiation in the mid-
high latitudes of the Northern Hemisphere (40–60 N) have
led to the development of 500 hPa atmospheric troughs and

ridges. Warming in Europe has led to the strengthening of the
upper trough (Fig. 8c). Troughs near East Asia weakened,
ridges developed, and surface pressure from East Asia to the
North Pacific increased. The anticyclonic vorticity increases
and converges under the action of the geostrophic deflection
force, thus pressurizing the ground, and diverges under the
action of the pressure gradient force in the positive transfor-
mation zone (Fig. 8b). Siberia is located in the middle of two
high pressures. The air cyclone is abnormally strengthened
and the central air pressure is reduced. The development of
ground pressure system stabilizes low-altitude wind direction
and increases wind speed, bringing warm air from low lati-
tudes to the Siberian region, and blowing polar cold air to
Europe.

In the actual Earth system, ocean plays a much larger role
in heat storage and transportation than atmosphere. Response
and adjustment of atmosphere to thermal imbalances are more
rapid than the process of releasing heat from ocean. It is shown
that ocean sends more heat to the North Pole and the warmed
Arctic after the reduction of sulfur dioxide in Europe (Acosta
Navarro et al. 2016). Some recent studies have shown that
global warming is driven by Earth’s energy imbalance (EEI)
(Hansen et al. 2005; Trenberth et al. 2014). Radiative forcing
is a change in net radiant flux due to changes in external
drivers of climate change, such as greenhouse gas

Fig. 6 Total cloud amount change. The shading indicates that the 95% two-tailed student t test is not passed
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concentrations and aerosol forcing. More than 90% of EEI is
stored in ocean, increasing ocean heat content (OHC), which
warms ocean (Cheng et al. 2017). Ocean circulation then
transports heat to poles, causing sea ice melting. The exchange
of heat between sea and air also warms atmosphere in the
Arctic. In this experiment, the ocean does not participate in
the global energy cycle. Energy is imbalanced in simulations
with only atmospheric and land surface modules. The heat
capacity of atmosphere is small and the ability to store energy
is weak. Therefore, when the atmosphere gains extra energy, it
quickly passes to colder regions of high latitudes. Arctic air
temperature is mainly affected by colder ocean in the under-
lying surface, so that most significant area of warming in the
Northern Hemisphere appears in the Siberian region.

4 Conclusions

We use Earth system models to simulate changes in global
SIOAs emissions since the industrial revolution, and the re-
sponse of surface temperatures in the Northern Hemisphere to
changes in such pollutant emissions. With adjustment of glob-
al industrialization, there are two stages of SIOAs concentra-
tion changes in the Northern Hemisphere. From 1850 to 1980,
SIOAs concentrations increase in the Northern Hemisphere,
most notably in Europe and North America, which led to the
temperature decreasing. During the year 1980 and 2007,
SIOAs concentrations show an opposite trend in developed
and developing regions of the Northern Hemisphere. There is
a regional difference in temperature changes caused by this

Fig. 7 Vertical change in atmospheric temperature (a, b) and meridional transport of heat (c, d), 1850–1980 (a, c), 1980–2007 (b, d)
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Fig. 8 From year 1980 to 2007. a 850 hPa wind field changes. The arrow
in (a) is the 850 hPa wind field changes after the SIOA concentrations
change. The color represents the change in average surface temperature. b
Surface pressure changes. The arrow in (b) is the change in 850 hPa wind

field after SIOA concentrations change, and the color map shows the sea
level pressure changes after SIOA concentration disturbance. cChange of
500 hPa geopotential height field (color map), vector arrow is change of
500 hPa wind field
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difference in aerosol pollutant emissions. The main perfor-
mance is temperature increasing in high latitudes of the
Northern Hemisphere. Temperature reduces in mid-low lati-
tudes of East Asia, in South Asia, and elsewhere.

The main cause of temperature change in source area is the
effects of radiative forcing, such as Europe warming at first
stage and cooling in East and South Asia during stage two.
Long-distance response of temperature is mainly due to heat
transfer. Although there is no obvious change in SIOAs con-
centrations in Eastern Siberia, the temperature response is
significant.

Warm advection in the Siberian region is mainly due to
adjustment of atmospheric circulation, which leads to the en-
hancement of southwesterly wind and southeasterly wind.
This change in atmospheric circulation is due to the inability
to store much energy by itself compared to ocean. So, it is
necessary to quickly transfer additional solar radiation to other
areas to maintain equilibrium. Ming et al. (2011) showed that
aerosols increase baroclinic instability and enhance wind
shear. Wilcox et al. (2019) find that the large-scale circulation
response to Asian anthropogenic aerosol is primarily an
extratropical-driven phenomenon, either through Rossby
wave trains excited in the extratropics or through extratropical
meridional temperature gradients. The differences between
those conclusions due to differences in the local response to
emissions. At the same time, the sensitivity of different
models to aerosol emissions is very different. This adds addi-
tional complexity and complications in identifying the climate
imprint of aerosols due to the large uncertainty in the atmo-
spheric circulation response, especially at sub-continental
scales.

This study only discusses the response to changes in global
SIOAs emissions under the coupling of atmospheric and ter-
restrial modules. We only concern changes in radiant flux at
the top of atmosphere and on the ground after changes in
atmospheric composition, and adjustment of atmosphere in
the event of energy imbalance. Ocean plays a non-negligible
role in the storage and transport of radiant energy in the Earth
system. So, we will add the ocean components to simulate
temperature response to changes in aerosol emissions in future
work.
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a b s t r a c t

Reanalysis products have become more and more popular for wind energy scientific community to
analyze the wind speed variability and get long-term wind power estimations. The present study eval-
uates the biases of near-surface wind speed and wind power density in four of the most reputable
reanalysis datasets, which include ERA-Interim, JRA-55, CFS and MERRA-2. The results indicate that the
abilities of reanalysis products to reproduce the variabilities of wind speeds are different in different
regions. JRA-55 and CFS offer the best estimates of annual and seasonal variabilities of surface wind
speeds over the Northern Hemisphere. In detail, JRA-55 is the best to reproduce surface wind speeds in
Asia, CFS has the best performance in Europe, and MERRA-2 just can reproduce the central part of North
America. All the four datasets show decreasing tendencies in surface winds over the Northern Hemi-
sphere during 1980e2016, although the trends are largely diverse among them. The most significant
disagreements of wind speed trends are encountered between JRA-55 and MERRA-2, which are likely
related to the different methodologies from the lowest model level that reanalyses use. The main drivers
of wind speed trends are the changes of large-scale circulation, urbanization, and aerosol emissions.

© 2020 Elsevier Ltd. All rights reserved.
1. Introduction

Since conventional energy such as coal and oil has brought
serious environmental problems, the development of renewable
energy has been widely concerned around the world and has
become a hot spot in the international energy field [1]. Wind en-
ergy is an important renewable energy resource [2], which is
rapidly developed around the world due to its safety, cleanliness
and abundance [3]. According to the latest preliminary statistics of
the World Wind Energy Association (WWEA), the cumulative
installed capacity of global wind power reached 597 GW in 2018,
which accounted for 6% of global electricity demand. In 2018 alone,
merical Modeling for Atmo-
itute of Atmospheric Physics,
50.1 GW of wind power installed capacity was added worldwide,
among which 21 GW were installed in China, and therefore China
exceeded 200 GW of total wind power installation. The United
States ranked second with 96 GW, followed by Germany (59 GW),
India (35 GW), Spain (23 GW), the United Kingdom (20.7 GW) and
France (15.3 GW) [4].

In order to achieve economical production of electricity, wind
energy resource in different locations needs to be investigated in
detail [5]. Wind power density is proportional to the cube of wind
speed [6]. As a widely used indicator to describe the frequency
distribution of wind speed, theWeibull probability density function
is a crucial factor in wind resource assessment [7e12]. Young et al.
[13] found a general growing trend of global oceanic wind speed
over the past 23 years since the 1990s by using a database of cali-
brated and validated satellite altimeter measurements. On land,
however, surface wind speeds have been decreasing in most parts
of the Northern Hemisphere, including North America, Europe and
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Asia, over the past four decades [14]. Recently, this phenomenon
has also been confirmed by many studies. In most land areas
around the world, surface wind speeds have generally declined
[15e19]. Rehman [20] analyzed long-term wind speed trends of 28
meteorological stations in Saudi Arabia using the Mann-Kendall
test and linear regression method, providing important indicators
for the country’s future wind regime. Surface wind speed changes
not only play an important role in assessingwind energy, but also in
atmospheric evaporation and air pollution dispersal [21e23].
Multiple researches have also assessed the global and regional
wind energy based on the observations and reanalysis data
[24e27], and prediction of future wind energy using forecast
models [28e32]. Evaluation of wind speed and wind power density
can provide a reference for the development of wind energy re-
sources, which will reduce the energy and environmental crisis and
promote the sustainable development of human society.

Due to the spatial and temporal sampling limitations of obser-
vational datasets, various reanalysis products have been greatly
developed and widely used for climatological research and have
become a tool for wind energy scientific community to require the
long-term variability of surface wind speed [2,33e35] and also use
as input for the wind power production modelling [36e38]. How-
ever, because of the systematic biases and uncertainties caused by
the data assimilation and physical process in the forecast model, it
is necessary to evaluate the quality of reanalysis datasets by
comparing with observations. Various meteorological variables
such as air temperature, wind speed, precipitation, snow depth, soil
temperature and moisture have been widely evaluated based on
different reanalysis datasets [39e44]. According to previous
studies, reanalysis data is unlikely to perform well in all regions or
all periods [45e48]. For example, it is found that the wind speed
from reanalysis data is generally lower than the sounding data in
climatological characteristics [49]. Kim et al. [50] evaluated the
applicability of wind energy from CFSR, ERA-Interim, MERRA and
MERRA-2 in southwestern South Korea, and found that the wind
power density difference among these four reanalyses was more
than 20%. This magnitude of difference cannot be neglected in the
wind resource assessment. As such it is crucial to select an appro-
priate reanalysis dataset. Torralba et al. [2] found an increasing
trend of global wind speed over the ocean and decreasing over land
based on three reanalysis datasets, while lacking the comparison
with observations. The authenticity of the reanalysis is yet to be
verified.

The wind energy resource over the Northern Hemisphere is
susceptible to climate change. The strong winds from intense wind
storms could lead to safety problems, while the declining trend of
wind speed would result in economic losses when it cannot meet
the demand of electricity supply [2,51]. To our knowledge, there is
still no published study that focuses on a comprehensive and sys-
tematic comparison of wind field data from the observations and
reanalysis datasets over the whole Northern Hemisphere, where
three major wind power markets including North America, Europe
and Asia are located [52]. Therefore, evaluations of the reliability
and accuracy of reanalysis datasets over the Northern Hemisphere
and different regions need to be carried out, which are important
for the development of wind energy resources, as well as the global
and regional climate researches.

In this paper, our study mainly focuses on the analysis of the
differences between the observations and reanalyses from the as-
pects of climatological characteristics, interannual variability and
long-term linear trend, to evaluate the applicability of wind speeds
and wind power density of reanalysis datasets over the Northern
Hemisphere. The framework of this paper is as follows. The rean-
alysis and observational datasets and methods used are introduced
in section 2. Sections 3 and 4 show the results of the comparative
analysis of reanalyses and observations over the Northern Hemi-
sphere and different regions, respectively. Discussion and conclu-
sion follow in section 5 and section 6, respectively.

2. Data and method

2.1. Data

2.1.1. OBS
The observational data (OBS) used in this study is from two

sources:
The first is the Integrated Surface Database (ISD) [53] from the

National Centers for Environmental Information (NCEI), National
Oceanic and Atmospheric Administration (NOAA) in 1998, con-
taining global surface hourly observations of hundreds of meteo-
rological parameters frommore than 100 original data sources. ISD
includes more than 20,000 stations worldwide, of whichmore than
11,000 active stations are updated daily in the database at present.
ISD contains 54 quality control (QC) algorithms for processing each
observational data through a series of validity checks, extreme
value checks, internal (within observation) continuity checks, and
external (versus another observation for the same station) consis-
tency checks. Surface wind speeds at 10 m are selected for this
study, and several QC processes are conducted to ensure the quality
of the wind speed time series. Firstly, removing stations that were
moved from one place to a distant other place, retaining the sta-
tions with less than 0:02+ (about 2 km) in horizontal relocation.
Then removing stations with large gaps, keeping records covering
more than 360 days a year.

The other dataset is from Daily Climate Data from Chinese
Surface Stations (V3.0), which is provided by the China Meteoro-
logical Data Service Center (CMDC), Chinese Meteorological
Administration (CMA), including daily values from 824 Chinese
surface stations. Through a series of QC processes including
extreme value checks, internal consistency checks, external con-
sistency checks and manual verification and correction, surface
wind speeds at 10 m are chosen as well.

After QC processes, only 687 stations are retained from NCEI ISD
and 351 stations from the CMDC daily surface observation V3.0 for
the period of 1980e2016.

2.1.2. ERA-Interim
The ERA-Interim dataset [54] is the third-generation reanalysis

dataset produced by the European Center for Medium-Range
Weather Forecasts (ECMWF) for the period since 1979. This is
based on the assimilation of conventional data and satellite ob-
servations and coupled with atmospheric, ocean and land models,
providing global users with the latest global atmospheric numerical
forecast reanalysis data. ERA-Interim, with the latest four-
dimensional variation data assimilation (4D-Var), combines
improved moisture analysis, satellite data error correction and
other technologies to improve the quality of reanalysis data. Thus, it
is regarded as an updated and improved version of ERA-15 and
ERA-40. It contains 60 model levels and 37 pressure levels, from
surface up to 0.1 hPa. Here the monthly means of daily 6-hourly
10 m wind speed are adopted with 0:75+ � 0:75+ resolution.

2.1.3. JRA-55
The JRA-55 dataset [55] is the second Japanese global atmo-

spheric reanalysis project provided by the Japan Meteorological
Agency (JMA), which covers the period from 1958 when the global
radiosonde observing system was established. It is an upgraded
version of JRA-25, which fixes and alleviates many of the de-
ficiencies in JRA-25 and extends back to 1958, while JRA-25 only
covers from 1979 to 2004 [56]. The assimilation system of JRA-55
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was upgraded, and the global spectrum mode is used as the nu-
merical prediction model. Meantime, these improvements are
achieved by higher spatial resolution of 60 km (TL319 L60), the top
layer up to 0.1 hPa, a new radiation scheme, 4D-Var of satellite
radiation and variation deviation correction (VarBC), as well as the
introduction of time-varying concentration greenhouse gases.
Daily 6-hourly wind speeds at 10 m with 1:25+ � 1:25+ resolution
are used in this study.

2.1.4. CFS
CFSR and CFSv2 are the newest global, high-resolution rean-

alysis datasets, released by NCEP. CFSR is the third reanalysis data
using the global high-resolution atmospheric-ocean-land surface-
sea ice coupling system [57] with a time coverage of 1979e2010.
CFSv2 is the extended product of CFSR, starting at 2011, with higher
resolution. In our study, u and v components of wind at 10 m of
one-hourly forecasts with 0:5+ � 0:5+ resolution are selected.

2.1.5. MERRA-2
MERRA-2 [58], produced by NASAs Global Modeling and

Assimilation Office (GMAO), is the latest atmospheric reanalysis
dataset of the modern satellite era providing data beginning at
1980. As a timely replacement of MERRA [59], the GEOS atmo-
spheric model [60,61] and the GSI analysis scheme [62] are the
pivotal components of the system. The spatial resolution of
MERRA-2 is about 50 km in the latitudinal direction and 72 hybrid-
eta levels from the surface to 0.01 hPa. MERRA-2 maintains some of
the same basic features of MERRA, and it has important updates
and improvements in terms of prediction models, analysis algo-
rithms, observation systems, and radiation assimilation. In this
study, one-hourly 10 m eastward wind and northward wind on a
grid with 576 points in the longitudinal direction and 361 points in
the latitudinal direction ð0:625+ �0:5+Þ are chosen.

In this study, the 10 m wind is used as a proxy to analyze the
variability of wind because it has been shown that reanalyses can
reproduce the characteristics of 10 m wind speed at spatial and
temporal scales [2,63]. All of these four reanalysis datasets are
compared with the observational dataset during the period from
1980 to 2016.

2.2. Method

2.2.1. Calculation of wind power density
The wind power density (WPD) is defined as the kinetic energy

through which the airflow flows, so the wind power density
passing through the unit area vertically in a unit of time can be
expressed as:

WPD¼1
2
rV3 (1)

where WPD is the wind power density (unit: Wm�2), V is the wind
speed (unit: ms�1), and r is the air density (unit: kgm�3). The
calculated monthly meanwind speeds of each data are used for the
calculation.

2.2.2. Spatial interpolation method
Bilinear interpolation, which has been proven to offer a slight

improvement compared with other approaches (such as nearest-
neighbor, nine-point average), is adopted to interpolate the grid-
ded data from reanalyses to each meteorological station location.
As one of the most commonly used resampling techniques for two-
dimensional distributed data, bilinear interpolation is widely used
to interpolate variables which are smoothly varying, based on the
linear interpolation in the direction of the variables of radius and
azimuth [64]. Let (r, q) be the polar coordinates of the interest point
that lying inside the curvilinear trapezoid with four neighboring
vertices Zi;j, Ziþ1;j, Zi;jþ1 and Ziþ1;jþ1, R be the range of the radar, and
N4 and Nr be the dimensions of the reflectivity Z. The value of the
point obtained by interpolation is determined by the values of four
adjacent vertices:

Z¼ ½1�44�
�
Ziþ1;jþ1 Ziþ1;j
Zi;jþ1 Zi;j

��
1� r
r

�
(2)

4¼ q�2pði� 1Þ
N4

; r¼ r� Rðj� 1Þ
Nr

(3)

4 is the relative azimuth and r is the relative radius.
2.2.3. Basic statistical and error analysis
Four reanalysis datasets are evaluated to the observational

dataset for the period of 1980 through 2016. Monthly means from
these datasets are used to evaluate the climatology and time series
of wind speed and wind power density. In this study, several sta-
tistical indices are introduced to evaluate the annual and seasonal
characteristics of wind speed and wind power density. Here is the
conventional definition of the four seasons: spring (MarcheMay;
MAM), summer (JuneeAugust; JJA), autumn (SeptembereNo-
vember; SON), and winter (DecembereFebruary; DJF).

Bias is used to calculate the difference between the reanalysis
data and the observed data:

BIAS¼ 1
N

XN

i¼1

ðSi �OiÞ (4)

Standard deviation (SD) represents the interannual variability of
wind speed and wind power density:

SD¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1
N

XN

i¼1

ðXi � XÞ2
vuut (5)

The correlation coefficient (CC) is adopted to study the degree of
linear correlation between the reanalysis and the observed wind
speed/wind power density:

CC¼
PN

i¼1ðSi � SÞðOi � OÞffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiPN
i¼1ðSi � SÞ2

q ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiPN
i¼1ðOi � OÞ2

q (6)

Root mean square difference (RMSD) is a measurement of the
deviation between the reanalysis data and the observed data:

RMSD¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1
N

XN

i¼1

ðSi � OiÞ2
vuut (7)

Here, Xi is the wind speed/wind power density series and X is
the average value of each dataset. Si is the wind speed/wind power
density series of the reanalysis data, Oi is the observed wind speed/
wind power density series, S and O are the average values of the
reanalysis and observed data, respectively. And N is the corre-
sponding sample size.

The least-square method is used to calculate the univariate
linear trend (LT) of wind speed/wind power density. For the xi of
wind speed series, the corresponding time ti and the error term ui:

xi ¼ aþ bti þ ui (8)
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bb¼
PN

i¼1xiti � 1
N

�PN
i¼1xi

��PN
i¼1ti

�

PN
i¼1t

2
i � 1

N

�PN
i¼1ti

�2 ; ba¼ x� bbt (9)

b is the regression coefficient, a is a constant, and bb and ba are
respectively the estimated values of b and a based on the least-
square method. x and t are respectively the average values of
wind speed and time.
2.2.4. Temporal and spatial averaging
The wind speed and wind power density are evaluated on the

time scales of multiyear mean, annual mean and seasonal mean
based on the monthly mean values. First, monthly mean values are
computed from 1-hourly, 6-hourly or daily values in each dataset
for each station. Then, for each site the multiyear mean, bias, root
mean square difference, standard deviation, linear trend and cor-
relation coefficient are calculated using monthly means. The values
at different time scales can be obtained by further temporal aver-
aging. Finally, spatial averaging is performed for all stations or
those in different regions after temporal averaging.
3. Comparison of multiple datasets over the Northern
Hemisphere

3.1. Annual wind speed and wind power density variations

The spatial distribution of all stations in the NCEI-CMDC dataset
is shown in Fig. 1. There are 1038 stations in total, most of them are
located in the Northern Hemisphere. And the Northern Hemisphere
region has been divided into these three regions: Europe
ð30� 72+N; 20+W�50+E;224 stationsÞ; Asia
ð0�55+N;50+ �150+E;531 stationsÞ and North America ð20 �
Fig. 1. Spatial distribution of stations using in this study. There are three major regions: No
55+N; 60 � 140+W;215 stationsÞ, since they are the three largest
wind power markets mentioned above [52].

Fig. 2 shows the time series and linear trends of regional mean
wind speeds and wind power density over all 1038 stations based
on the four reanalysis datasets and observations. It shows that
cyclical patterns and turning points are similar in most datasets,
suggesting that interannual fluctuations are captured well by most
datasets. Moreover, all datasets reflect declining trends between
1980 and 2016, despite the magnitudes of negative trends are
inconsistent. The trends of wind speeds or wind power density in
JRA-55 and CFS are similar to the observations, while the trends in
MERRA-2 and ERA-Interim are much weaker than the observed
data. In addition, the climatological values of wind speed and wind
power density in MERRA-2, ERA-Interim and CFS are higher than
the observations. JRA-55 is more consistent with the observational
results in describing the wind power density, but exhibits signifi-
cant negative anomalies for wind speed.

Furthermore, several statistic indices are selected to assess the
overall quality of the four reanalysis datasets compared to the ob-
servations, shown in Table 1 for wind speed and Table 2 for wind
power density. The multiyear means of wind speeds and wind
power density from observations are 3.495ms�1 and 44.039Wm�2,
respectively. Both of these two variables have downward trends for
the period of 1980e2016 over the Northern Hemisphere for all
datasets. But the downtrend values from all reanalyses are smaller
than the observations, which indicates that these four reanalysis
datasets underestimate the observed decline in wind speed and
wind power density. According to the results of significance test,
the trends of wind speed from all datasets are statistically signifi-
cant at the 1% level. In terms of wind power density, except for
MERRA-2, trends from the other three datasets pass the 95% sig-
nificance test. For thewind speed (Table 1), except JRA-55, the other
three reanalyses show positive biases from the observed results. In
general, JRA-55 is the most relevant to the observed results and CFS
rth America (reddots), Europe (greendots), Asia (bluedots), and other stations (pinkdots).



Fig. 2. Time series (solidline) and linear trends (dottedline) of annual mean wind speeds (a, unit: ms�1) and wind power density (b, unit: Wm�2) averaged over all stations for the
period of 1980e2016. The multi-datasets include OBS (blackline), ERA-Interim (redline), JRA-55 (blueline), CFS (yellowline) and MERRA-2 (greenline), respectively.

Table 1
Statistical analysis over all stations for the period of 1980e2016, showing correlation
coefficient with observations (CC), multiyear mean (MM, ms�1), bias (BIAS, ms�1),
root mean square difference (RMSD,ms�1), standard deviation (SD) and linear trend
(LT, ms�1year�1) of wind speed.

OBS ERA-Interim JRA-55 CFS MERRA-2

MM 3.495 3.854 3.155 3.692 3.985
BIAS 0 0.359 �0.340 0.197 0.490
RMSD 0 0.370 0.349 0.217 0.499
CC 1 0.608 0.672 0.621 0.523
SD 0.106 0.033 0.076 0.110 0.037
LT �0.0091 �0.0016 �0.0041 �0.0067 �0.0016

Table 2
Same as Table 1 but for the wind power density (Wm�2).

OBS ERA-Interim JRA-55 CFS MERRA-2

MM 44.039 57.201 45.571 54.198 60.107
BIAS 0 13.162 1.532 10.159 16.068
RMSD 0 13.559 3.576 10.583 16.455
CC 1 0.636 0.623 0.697 0.515
SD 4.187 1.975 2.523 2.725 1.917
LT �0.3202 �0.0792 �0.0777 �0.1479 �0.0435

H. Miao et al. / Energy 200 (2020) 117382 5
has the best performance of wind speed in terms of climatological
characteristics and linear trend based on these statistical indices.
MERRA-2 is the least reliable to describe the wind speed averaged
the Northern Hemisphere region. There are also studies to indicate
that MERRA has the worst bias ranking of global wind speed, with
the comparison of ERA-Interim, CFS and NCEP [65]. For the wind
power density (Table 2), results are similar to the wind speed,
which JRA-55 and CFS are the closest datasets to the observational
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results.

3.2. Seasonal wind speed and wind power density variations

Wind speeds in different seasons have different performances in
different reanalysis datasets. The time series and trends of mean
seasonal wind speeds and wind power density from all datasets are
shown in Figs. 3 and 4, respectively. In general, the climatological
characteristics of time series on seasonal and annual mean are
similar with significant interannual variability. And the seasonal
trends mostly have decreased over the Northern Hemisphere. For
the wind speed (Fig. 3), except JRA-55, reanalysis datasets over-
estimate the values in spring, autumn and winter. In summer, ERA-
Interim and MERRA-2 both have closer values with the observa-
tions than other datasets, but all of the reanalysis products fail to
correctly reflect the trends of wind speeds in autumn. It is worth
noting that JRA-55 has the best skill at capturing the variability and
trend inwinter although it deviates the most from the observations
in summer.

For the wind power density (Fig. 4), similar to the wind speed, it
also shows downward trends in all four seasons. But not all of the
Fig. 3. Same as Fig. 2, but for time series of mean seasonal wind speed
reanalyses can accurately reproduce the seasonal variability of
wind power density. The reanalysis datasets generally underesti-
mate the wind power density in summer and overestimate it in
winter, although they can capture the interannual variability in
these two seasons. Except for summer, JRA-55 shows more con-
sistency with the observations, andMERRA-2 shows relatively poor
performance.

In order to quantify the accuracy of seasonal wind speeds in the
reanalysis datasets, the statistics indices analyzed above are
calculated, shown in Fig. 5. As demonstrated in Fig. 5 a, seasonal
mean wind speeds in summer are slightly lower than winter for all
reanalysis products. Statistical results show that JRA-55 performs
the best during the cold seasons, while CFS and ERA-Interim have
the lowest biases in spring and summer, respectively. Correlation
coefficients and standard deviation are used to represent the
interannual variabilities of wind speeds and found that JRA-55 and
CFS exhibit greater abilities than the other two reanalyses to depict
the interannual variability of wind speeds in all four seasons. All
reanalysis datasets underestimate the magnitudes of linear trends,
especially the ERA-Interim and MERRA-2 datasets, with values
close to zero in spring andwinter. In addition, the downward trends
s. a-d represent spring, summer, autumn and winter, respectively.



Fig. 4. Same as Fig. 3, but for wind power density.
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exhibited by the CFS dataset in all four seasons are closest to the
observations. However, MERRA-2 performs even worse than other
reanalysis products with higher biases of seasonal mean wind
speeds, worst correlation and largest trend deviations from the
observations.

The statistical results of wind power density are similar to that
in wind speed: seasonal means are maximal in winter and minimal
in summer. All of the reanalyses overestimate the wind power
density and present larger biases in cold seasons. JRA-55 tends to
better reflect the mean seasonal values in cold seasons, while CFS
and ERA-Interim are better at representing them in warm seasons.
Besides, the interannual wind power density variabilities are
accurately reproduced by the CFS dataset in all seasons (Fig. 6d and
e) and all datasets perform better in winter than other seasons. In
terms of the linear trend, observed values reach about �0.4
Wm�2year�1 in spring and winter and about�0.25Wm�2year�1 in
summer and autumn. However, except for the values of CFS of
about �0.2 Wm�2year�1 in autumn and winter, the values of the
other datasets in all four seasons are only between 0 and -0.15
Wm�2year�1, which significantly underestimate the trend magni-
tudes comparing with the observational results.
4. Comparison of multiple datasets in different regions

The spatial distribution of surface wind speeds over three major
regions is shown in Fig. 7. It shows obvious regional inconsistencies
over the Northern Hemisphere, with the highest value of 4.35ms�1

averaged over North America and the lowest value of 2.75 ms�1

averaged over Asia. In Europe, the surface wind speeds decrease
gradually fromwest to east and China has a gradient characteristic
of decrease from northeast to southwest, with an average value of
less than 4 ms�1. It is worth noting that the climatological mean
surface wind speeds at the coastal region get larger values in East
Asia.



Fig. 5. Magnitudes of seasonal mean wind speed (a; unit: ms�1), wind speed bias (b; unit: ms�1), root mean square difference (c; unit: ms�1), correlation coefficient (d), standard
deviation (e), and linear trend (f; unit: ms�1year�1) based on the multiple datasets averaged all stations for the period of 1980e2016. MAM, JJA, SON, DJF represent spring, summer,
autumn and winter, respectively.
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4.1. Comparison of climatological and seasonal differences

Spatial distributions of the percentage differences of wind
speeds between the observations and four reanalyses over three
regions are compared in Fig. 8. Spatial patterns analyzed by the
reanalyses tend to be better represented in Europe, and CFS per-
forms best in Western Europe. The largest discrepancies for these
three regions were observed in Asia. It is clear that ERA-Interim,
CFS, and MERRA-2 considerably overestimate the wind speed in
Asia, and MERRA-2 has the largest positive biases with values of
percentage difference exceeding 90% in most parts. Although JRA-
55 also overestimates the climatological means of wind speeds in
Japan and northwest China, it shows high consistency with the
observations in the rest of Asia. Unlike the spatial patterns in
Europe and Asia, there are significant negative biases in most of
North America from all products. MERRA-2, which is more
consistent with the observations in North America, has a smaller
percentage difference at the regional mean of �13.47% than the
other three reanalyses except for the southeast coastal regions.

Since the wind power density is proportional to the cube of



Fig. 6. Same as Fig. 5, but for the wind power density.
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wind speed, the percentage differences of wind power density tend
to be larger than wind speed (Fig. 9). The most striking differences
from wind speed are in Asia, where the largest percentage differ-
ences are over 250% in most of China and coastal regions of Japan
based on the ERA-Interim, CFS and MERRA-2. JRA-55 also has the
best performance of wind power density with the smallest per-
centage differences than the other three reanalyses, with around
180% in the coastal regions and western China and �60% in the rest
of Asia. In Europe, MERRA-2 and ERA-Interim show positive wind
power density biases while negative bias for JRA-55. In particular,
CFS still performs the best in Europe with the smallest regional
mean value at 106.7%. In North America, there is no one reanalysis
dataset which has obviously better performance on wind power
density. Although MERRA-2 performs better in central North
America in terms of wind speed, owing to the higher climatological
averagewind speed in the region, it has a similar performance with
the other reanalyses in most of North America at about �60%
difference.

Sincewind in different regions is dominated by different climate
systems in different seasons, the examination of mean annual and



Fig. 7. Spatial distribution of climatological mean surface wind speeds (ms�1) based on observations for the period of 1980e2016. The meteorological stations are represented by
dots.

Fig. 8. Spatial distribution of the percentage difference of wind speeds (ms�1) between observational dataset and reanalysis datasets in Europe (a-d), Asia (e-h) and North America
(i-l) during 1980e2016 based on the four reanalysis datasets, including ERA-Interim (a, e and i), JRA-55 (b, f and j), CFS (c, g and k) and MERRA-2 (d, h and l).



Fig. 9. Same as Fig. 8, but for the wind power density (Wm�2).
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seasonal wind speeds and wind power density biases for each re-
gion separately may help to give a more detailed assessment of
reanalyses quality. In general, these two indicators: wind speed and
wind power density have similar characteristics of annual and
seasonal mean biases (Fig. 10). Almost all reanalyses underestimate
these two indicators in warm seasons and overestimate them in
cold seasons in Europe, while show positive bias in Asia and
negative bias in North America in all seasons. For the seasonal
variability in each region, reanalyses have the best performance in
summer and poor performance in winter over the Asia region,
while North America is the opposite of Asia with the smallest de-
viation in winter and the largest in summer. Specifically, in Asia
JRA-55 has the best performance in all seasons, with slight positive
or negative deviation below 0.25 ms�1 in wind speed (Fig. 10c and
d). Besides, although MERRA-2 obviously overestimates the wind
speed and wind power density in Asia, it has fewer biases in all
seasons in North America compared to the other reanalyses
(Fig. 10e and f). In Europe, the reanalysis datasets show significant
seasonal differences of wind speed and wind power density. In
warm seasons, ERA-Interim and MERRA-2 have fewer biases and
JRA-55 shows a large negative bias, while it is the opposite in cold
seasons (Fig. 10a and b). Thus, these four reanalysis products have
different performances in different seasons on each region.

4.2. Comparison of correlations

The spatial distribution and regional means of correlation co-
efficients between the observations andfour reanalyses over the
different regions are summarized in Fig. 11 and Table 3, respec-
tively. In general, all reanalyses are positively correlated with the



Fig. 10. Biases of annual and seasonal wind speeds (a, c and e; unit:ms�1) and wind power density (b, d and f; unit:Wm�2) in different regions. Europe, Asia and North America are
shown in a and b, c and d, e and f, respectively.
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observed data, except for some stations located in the central and
western parts of China. In Europe, the spatial patterns of correlation
coefficients by all products are consistent with each other, with the
highest correlation of JRA-55 by 0.747.

The correlation coefficients between JRA-55 and observations
are the highest in Europe and Asia with the correlations at 0.747
and 0.702 respectively (Table 3). And for these two regions, most
spatial correlations generally exceed 0.6 (Fig. 11). Although JRA-55
also has higher spatial correlation coefficients (greater than 0.6) in
most of eastern North America, it presents relatively low values in
the west (Fig. 11 j). CFS is the second-best performance of corre-
lationwith observed, especially presenting North America with the
highest regional mean correlation at 0.717. And the spatial patterns
of correlation coefficients from all products are consistent with
each other in North America, with the highest value in the central
part of America. In Asia, the spatial patterns present a positive



Fig. 11. Spatial distribution of correlation coefficients between the annual meanwind speed from the observational dataset and four reanalyses in Europe (a-d), Asia (e-h) and North
America (i-l) during 1980e2016.

Table 3
Correlation coefficients of wind speeds (WS) and wind power density (WPD) be-
tween the observational dataset and four reanalyses in different regions.

Europe Asia North America

WS WPD WS WPD WS WPD

ERA-Interim 0.695 0.788 0.499 0.434 0.651 0.713
JRA-55 0.747 0.840 0.702 0.086 0.590 0.588
CFS 0.602 0.819 0.637 0.609 0.717 0.758

MERRA-2 0.673 0.800 0.524 0.350 0.629 0.665
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correlation except for some stations located in the central and
western parts of China and coastal regions. Among these four
reanalyses, JRA-55 has the highest correlation coefficients in wind
speed and wind power density, especially in the central and
northeastern China. Thus, JRA-55 outperforms the other three
reanalyses in terms of correlation coefficients in Europe and Asia,
and CFS has the highest correlation coefficient in North America.
However, ERA-Interim and MERRA-2 present poor accuracy with
relatively low correlations in Asia.

4.3. Comparison of time series and trends

Fig. 12 presents the comparisons of the time series of annual
mean wind speeds and wind power density based on all products
during 1980e2016. These are shown to be similar in most rean-
alyses to observations in each region. Each of these datasets in
different regions shows substantial interannual variability and



Fig. 12. Time series (solidline) and linear trends (dottedline) of annual mean wind speeds (ms�1) over a Europe, c Asia, e North America and wind power density (Wm�2) over b
Europe, d Asia, f North America averaged over the Northern Hemisphere during 1980e2016. The multi-datasets include OBS (blackline), ERA-Interim (redline), JRA-55 (blueline), CFS
(yellowline) and MERRA-2 (greenline), respectively.
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wind power density has a greater magnitude of fluctuations than
wind speed. Besides, most of the reanalyses are consistent with the
observations, especially for CFS and JRA-55 combining the statis-
tical analysis in Table 3. However, there are many differences be-
tween reanalyses and observations. In Europe, CFS cannot
reproduce the huge drop in wind speed from 1994 to 1997, leading
to the overestimation of wind speed in the next few years (Fig.12 a).
For wind power density in North America, most reanalyses can
capture the interannual variability fairly well but not the observed
downtrends (Fig. 12 f). Thus, interannual fluctuations are captured
well by most products, especially for CFS and JRA-55, even if trends
are not.
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In order to make a comparison of the reanalyses with the ob-
servations on trends, spatial patterns of wind speed trends during
1980e2016 from the observational dataset and four reanalysis
datasets are compared in Fig. 13 and the regional mean trends are
Fig. 13. Spatial distribution of wind speed trends (ms�1year�1) in Europe (a-e), Asia (f-j) and
and the four reanalysis datasets, including ERA-Interim (b, g and l), JRA-55 (c, h and m), C
shown in Table 4. The regional means of wind speed trends ac-
cording to the observations are all characterized by a decrease in
these three regions, and Europe drops fastest during 1980e2016.
Besides, all reanalyses tend to underestimate the magnitude of the
North America (k-o) during 1980e2016 based on the observational dataset (a, f and k)
FS (d, i and n) and MERRA-2 (e, j and o).



Table 4
Wind speed trends (ms�1year�1) based on the observational dataset and four
reanalyses in different regions.

Europe Asia North America

OBS �0.0109 �0.0094 �0.0076
ERA-Interim �0.0030 �0.0013 �0.0020

JRA-55 �0.0075 �0.0025 �0.0060
CFS �0.0074 �0.0080 �0.0038

MERRA-2 �0.0029 �0.0019 �0.0006
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downward trend, especially for ERA-Interim and MERRA-2 with
very small magnitudes of the downtrend. Spatially, according to the
observations, the decreasing trends of wind speeds occur in most
parts of the Northern Hemisphere, except for Central China and the
coast of Japan, consistent with previous studies [66]. In general,
comparing the results from reanalyses, the pattern is most closely
replicated by JRA-55. Through comparing these three regions, all
over Europe has a significant downward trend based on the ob-
servations and four reanalyses. And the result from JRA-55 with the
regional mean of �0.0075 ms�1year�1 is the closest to observa-
tions, while other reanalyses underestimate the magnitude of
trends. In Asia, the spatial characteristics of wind speed trends
estimated for JRA-55 lead a similar pattern to those described for
observations, with upward trends in Japan and the central-west
region of China (Fig. 13 f and h). But JRA-55 underestimates the
magnitude of trends since the regional average is only �0.0025
ms�1year�1 (Table 4). Based on the observational dataset, there are
no obvious spatial distribution features of wind speeds in North
America (Fig. 13 k). There are 20.47% of stations with increasing
trends as compared to 79.53% of decreasing trends. Spatially, JRA-
55 has a good performance of wind speed trends in central and
eastern North America and overestimates it in western North
America. MERRA-2 gets the largest discrepancy due to it over-
estimates the magnitude of trends in the central and eastern parts.
Overall, both of JRA-55 and CFS can mainly rebuild the spatial
patterns of the wind speed trend in Europe and Asia, and JRA-55 is
also consistent with the observations in North America, but shows
an overestimation in western North America.
5. Discussion

Studying on the variations of surface wind speed and wind
power density, especially for the linear trends, has a profound effect
on many kinds of application for wind energy. The wind energy
industry, one of the biggest user groups of reanalysis datasets, has
favored the adoption of reanalyses for assessingwind resources due
to the lack of long and homogeneous records of wind speed ob-
servations [63,67,68]. This article discusses theoretical wind power
resources (i.e. all kinetic energy of air) and the technical detail of
wind turbines was not taken into account. Because the available
wind observations are temporally averaged values and therefore
they are insufficient to consider things like cut-in and cut-off wind
speed, which are only reasonable with instant wind speed. The
temporally averaged wind speed can reflect a general situation of
the wind field, and mathematically, it is the time integration of the
wind speed. Assuming the shape of the probability distribution
function is the same, a shift in temporal mean wind speed would
result in the change of wind power resources that can be utilized by
wind turbines, as long as the wind speed is not under cut-in speed
or over cut-off speed the whole time (the latter situation is quite
impossible over land because of the surface friction). In this sense,
the comparison between reanalyses and observations in the pre-
sent work provides awide range of reference for the applicability of
the reanalysis data in a certain area or a certain period in order to
provide a reference for the selection of wind farm locations in a
certain area in further research, which is of great value to wind
energy sector.

In this study, the magnitudes of regional mean trends based on
different datasets have been displayed in Table 1 for the Northern
Hemisphere and Table 4 for these three regions. The surface wind
speeds from all observational and reanalysis products have signif-
icant decreasing trends. There are several studies to identify the
potential drivers of wind speed trend, such as changes in the sur-
face roughness associated with modifications in land use [69e71]
or aerosol concentrations [66,70]. These drivers of wind speed
trend cannot be the only explanation of the negative trends because
they are dealt with in different ways by each reanalysis product and
strongly depend on the region selected. An alternative explanation,
which is regarded as a primary source of wind speed change, is
about the changes in the large-scale circulation [19,66,69,72e75].
Torralba et al. [2] found there is a strong similarity between the
trends in 850 hPa and 10 m levels, which illustrates a large part of
the trends in 10 m wind can be attributed to the change of atmo-
spheric circulation, in particular the recent strengthening of the
Walker circulation [75,76].

Besides, it is worth noting that there are some considerable
differences of declining trends among these four reanalysis prod-
ucts over the different regions. In particular, the most significant
disagreements are encountered between JRA-55 and MERRA-2. It
has been previously discussed that JRA-55 produces more intense
regional values of surfacewind speed trends thanMERRA-2. For the
Northern Hemisphere, the trend of surface wind speed from JRA-55
gets �0.0041 ms�1year�1, while MERRA-2 just gets �0.0016
ms�1year�1 (Table 1). This discrepancy has the largest value over
North America, which the magnitude of wind speed trend from
JRA-55 is ten times that of MERRA-2 (Table 4). The definitive causes
for the differences of wind speed trends among different reanalyses
are currently unidentified. However, several hypotheses have been
proposed to explain the discrepancy by some studies. Some studies
indicate that the trends of surface wind speed provided by rean-
alysis products are affected by different methods that different
reanalyses use to infer 10 mwind speed. For example, the different
methodologies from the lowest model level which reanalyses use
would have an influence on the inference of 10 mwind [34,65]. For
the MERRA-2, the wind speed at 10 m is interpolated with the
Helfand and Schubert scheme under the Monin-Obhukhov simi-
larity theory which takes the effects of a viscous sublayer for heat
and moisture transport over all surfaces except land into account
[61,77]. JRA-55 estimates the 10mwind speed by using a univariate
two-dimensional optimal interpolation process based on the
assumption of neutral stability from the lowest model level to
reduce the wind speed values in the interpolation from there down
to 10 m. The most important difference for inferring the 10 mwind
speed is that JRA-55 derives surface wind using neutral stability
while MERRA-2 is considering stability-dependent approaches,
which could lead to the differences of wind speed trends among
different reanalyses [2]. Besides, the spatial resolution also can have
an impact onwind speed. The reanalysis models with relatively low
spatial resolution would smooth the local terrain features leading
to the enhancement of wind speed, which means that the rean-
alyses are likely to overestimate the wind speed at a particular
location [34]. And the observations and assimilation systems used
in the different reanalysis products are also the sources of uncer-
tainty affecting these products [2,78]. For example, the wind speed
from reanalyses with negative bias may not be fully corrected by
the data-assimilation process.

In different reanalysis products, the discrepancies of wind speed
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trends may lead to inconsistency of the evaluation of long-term
wind power and wind energy resource estimations. The inter-
comparison of this study can be helpful to the characterization of
the limitations of reanalysis products and to assess the potential of
climate predictions, which further contributes to producing more
accurate and reliable information for developing strategies of wind
energy resource estimation and making a financial decision.

6. Conclusion

Wind energy scientific community oftentimes relies on rean-
alysis datasets for different activities such as the assessment of the
wind energy resources in a particular region due to the lack of long
and homogeneous records of surface wind speed from observa-
tions. The present work aims to shed light on the differences of
wind speed and wind power density between reanalysis products
and observations to help the reanalysis users to make decisions
about the suitability of a reanalysis dataset over the whole North-
ern Hemisphere region and different regions there. In this study,
four of the most reputable reanalysis datasets including ERA-
Interim, JRA-55, CFS, and MERRA-2 are selected to compare with
observational references in terms of climatological mean, interan-
nual variability and linear trend. Some important conclusions are as
follows.

Over the Northern Hemisphere, only JRA-55 underestimates the
climatological means of wind speeds with the mean bias of �0.345
ms�1, while biases of ERA-Interim, CFS and MERRA-2 are higher
than the observations. Compared with other reanalyses, the
climatological means of wind speeds in CFS are closer to those in
observations, and for wind power density JRA-55 is the most
relevant to the observations. Besides, the interannual fluctuations
are captured well by most datasets, even if they have a tendency to
underestimate the variability of wind speeds. JRA-55 and CFS are
more similar to observed to have distinct declining trend for the
period of 1980e2016 over the Northern Hemisphere even though
all reanalyses underestimate the degrees of the wind speed and
wind power density decline. From the seasonal point of view, wind
speed and wind power density perform similarly, showing signifi-
cant interannual variability and downward trends in all seasons.
ERA-Interim and CFS are consistent with the observations only in
summer, while they have huge positive biases in the other three
seasons. Reanalyses underestimate the two variables in summer
while overestimate them in winter, with the best performance of
JRA-55 and CFS and relatively poor performance of MERRA-2.

Furthermore, for three regions: North America, Asia and Europe,
the wind speed in North America is significantly higher than that in
Asia in terms of climatological mean. All reanalyses underestimate
the wind speed in North America, with the best performance of
MERRA-2 analyzing the central part of North America. In Asia, JRA-
55 is significantly superior to other datasets. The CFS dataset is
better matched with the observations in Western Europe, while
JRA-55 is better in Eastern Europe. The spatial distribution of cor-
relation coefficients and the evolution of wind speed and wind
power density confirm the excellence of the JRA-55 dataset in Asia
and Europe, especially for the cold seasons.

All in all, based on multiple evaluations at different temporal
and spatial scales, JRA-55 and CFS offer the best estimates of annual
mean and seasonal meanwind speeds, interannual variabilities and
linear trends over the Northern Hemisphere. The spatial distribu-
tion of wind speed trends in Europe and Asia has been well
reproduced by the JRA-55 dataset, albeit on a smaller magnitude.
But for North America, none of the datasets has this capability.
Indeed, there are disagreements in the representation of surface
wind speed after analyzing these four reanalysis products, which
demonstrates the unavoidable uncertainty affecting these datasets.
Wind energy is currently the most commercial and rapidly devel-
oping renewable energy resource. This research may have impor-
tant economic significance, because understanding the
discrepancies of surface wind speed and wind power density var-
iabilities is useful for appropriate risk estimation of wind energy
resources and as guidance for the development of policies favoring
sustainable adaption initiatives that avoid poor investment
decisions.
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摘要 :在大气科学数据库“十五 ”工作的基础上 ,探讨大气科学数据资料分析管理和应用系统的实
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Abstract:Based on the tentheleventh five2year p lan on atmospheric sciences database, a new atmospheric

data analysis, management and app lication and visualization system was discussed and its realization on

the internet with combinedation of e2science was p resented in this paper. A feasible p roject that combines

common arithmetic and data analysis system was p roposed.
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0　引言

“十五”期间 ,国家科学数据库已经基本完成了

元数据管理系统和数据备份存储系统的工作 ,数据

调用系统也有了很大的进展 ,数据访问服务系统

(DAS, Data Access System)等已经可以使用 ,并取得

了不错的应用效果。在数据库项目下一步工作中 ,

不但要继续加强数据的积累 ,更为重要的是要加强

数据的使用和服务。通过对目前数据库中心开发的

数据管理工具的使用和分析中 ,我们发现目前的数

据管理系统比较注重数据的查询检索 ,非常适合

于使用关系数据库的建库单位 ,但对于部分使用

文件型数据管理的数据库支持还不够好 ,有改进

的余地。

在大气科学领域 ,很多数据都使用通用的数据

格式存储 ,而且这些数据是直接面向科研的。由于

其格式与使用 O racle等软件管理的数据集不同 ,数

据库中心提供的工具只能管理到元数据一级。因此

为了便于这部分数据的使用和服务 ,发挥其科学价

值 ,建库单位一般会使用比较特殊的数据管理系统 ,



主要的有 : 1)大气科学数据库早期使用的文件管理

方式 ; 2)为了下载的方便利用 FTP提供服务 ; 3 )在

十五期间使用的 DODS (D istributed Oceanographic

Data System )和 GDS ( GrADS DODS)的网络管理方

式等。

上述工作更主要的是提供简单的数据下载服

务 ,在 e2Science
[ 1 ]的新科研背景下 ,仅停留在数据

提供是不够的 ,需要更多方便用户使用科学数据进

行科研研究的方法。为了实现这个目的 ,需要深入

研究数据的格式和可能的科学内涵 ,提供对数据分

析的手段 ,特别是如果能够将可视化技术的一些成

果引入到数据管理系统中 ,简化可视化工作的难度 ,

无疑是对科研工作的很大支持。

1　新型数据库的需求分析及提出

现在的科学研究更多是系统性的研究 ,需要跨学

科领域的数据支撑 ,但是受到中国的科研体制以及原

始数据保密性等原因 ,很多研究人员没法拿到其他领

域的原始数据。所以作为数据使用和提供的双方科

研人员都希望有这样一个工具或者平台 :数据使用者

不用看到原始数据 ,但是通过该平台能够使用这些原

始数据 ;而数据提供者不担心原始数据泄漏的情况下

也愿意提供经过该平台处理后的数据即数据的再分

析结果。所以具备分析能力的跨学科资料整合的新

型数据库的提出是很有必要 ,它能够提供一些分析和

检索工具 ,既能让数据使用者方便地获取和使用资

料 ,又能保证数据提供者的相应权利。

科学研究中常常需要下载大量的数据 ,以大气

科学领域为例 ,中国科学院大气物理研究所的很多

科研人员因分析需要临时去下载数以 TB级的 IPCC

和 NCAR 的气象数据 ,这样既浪费科研人员的时

间 ,也造成数据的重复下载、资源浪费 ,而且有些计

算需要的数据量庞大 ,没法进行下载来计算。所以

他们希望借助网络资源较好的单位 ,并提供一个分

析平台 ,通过这个平台可以选择自己需要的数据进

行在线分析和计算 ,最后在线看结果 ,并得到数据量

已大大缩小的结果数据 ,这样可以大大节省网络

带宽。

科学研究的很多数据分析过程实际上是一种将

获取期望结果所需的一组操作按顺序链接成的操作

链 ,这种操作顺序链可以成为科学工作流 ,如从数据

输入、数据选择、数据计算、数据分析 ,最后到结果的

可视化。在这个科学工作流的操作过程中 ,目前科

研人员大部分都是手工写脚本语句反复频繁地把上

一步骤产生的结果数据输入到下一步骤的运算中

去。这样产生的后果是 :第一 ,计算模型没法共用 ;

第二 ,科研人员花大量的时间在编写无谓的脚本语

句 ,使得真正研究的时间越来越少 ;第三 ,老科学家

由于年龄的关系没法自己亲手去编写这些重复的脚

本 ,束缚了科研思路的拓展。所以科研人员需要提

供一个基于可视化的能够把数据和模型无缝连接 ,

让他们自行定制的分布式的集成分析工具。

尽管当今数据库具有简单的分析和可视化功

能 [ 224 ] ,但其发展的核心集中在提供高效的 FTP和

查询服务、保障数据的安全、实现网络资源的共享

等 [ 223, 5 ]
,并且面向的行业过于单一。因此 ,传统意

义上面向某一行业的数据库不能满足当今和未来科

研的需要。未来的数据库必将是结合科研一线人员

创建的集数据收集、挖掘、分析、可视化等于一体的

综合的跨行业的高效的数据库 ,其建设也将需要各

行业间的协作。该系统具有以下几个特点 : 1)数据

收集上需要应用人员与数据库管理人员合作存入符

合各行业应用规范的数据 ; 2)数据库的分析平台中

包含各行业需要的常规算法 ,并且该平台需要数学

界添加最新的研究成果 ,并应用到各行业 ; 3 )数据

分析和可视化需要各种数据分析与可视化软件的使

用者与数据库开发人员的共同合作完成 ; 4)未来的

数据库将是多行业数据共享的数据库 ,为了实现数

据更好地共享 ,库内数据的搜索功能的实现显得尤

为重要 ,需要程序开发人员的工作。与此同时 ,为了

实现数据资源最大限度的共享 ,国家层面上的合作

是十分必要的。未来的数据库可以在世界各地设立

分中心 ,中心与中心使用高速互联网连接 ,各自的数

据可以镜像至其他分中心 ,更好地实现跨地区的数

据共享使用。

2　功能设计和结构框架

2. 1　常用大气数据格式和可视化软件介绍

为了能够更好的理解数据分析和可视化系统的

设计 ,需要对气象数据格式和相关软件有一个简要

的了解。大气科学领域中 ,除基本的 ASC II和二进

制数据外 ,常用的数据格式如表 1所示。

NetCDF是由 Unidata Program Center发展的数

据格式 ,其详细使用说明参见文献 [ 6 ] ,现在常用的

版本为 3. 5. 0～3. 6. 1,基本使用办法是调用 libnetc2
df库 ,它提供了支持 C、C + +、Java和 Fortran语言

的调用接口 (AP I)。目前已有很多工具可以方便地

处理 NetCDF 数据 ,如 ncdump、CDO ( Climate Data
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Operators)、NCL ( NCAR Command Language ) [ 7 ]、

GrADS、NCO (NetCDF Operator)等。其中 ncdump是

NetCDF软件包自带的数据工具 ,可以查看 NetCDF

文件信息 ,也可以选择变量进行解码 ,输出为文本格

式或二进制格式的数据文件 ,如果用于生成天气图

形 ,需要进一步的处理。NCO 可以方便的完成

NetCDF文件的常规运算 ,以及文件的合并和分解等

操作。
表 1　常见的大气科学数据格式

Table 1　Comm on data form at in atm ospheric sc iences

数据格式 说明

N etCD F
netw ork N etw ork Comm on D ata Form ,是一种自
描述 ( Self2D escrib ing)数据格式 ,不依赖于计算
机平台 ,适合科学数据的交流。

GR IB
GR Idded B inary,是由世界气象组织提出的一
种大气科学专用数据格式。

HD F
H ierarch ical D ata Form at,是一种面向对象的自
描述数据格式 ,它使得在不同的计算机系统中
分享数据成为可能。

GR IB 是由世界气象组织提出的数据格式 [ 8 ] 。

由于 GR IB 数据格式使用了针对气象数据特点的压

缩编码方式 ,一般数据大小仅为 N etCD F格式的一

半 ,可以节省存储空间。处理 GR IB 数据的常用工

具包括 w grib、G rAD S、N CL、CDO 等。由于 GR IB

数据没有像 N etCD F 一样提供一套数据调用的

A PI,所以使用时要进行预处理或要求应用程序直

接支持对 GR IB 数据的读取。w grib可以看成是对

GR IB 数据的一种预处理程序 ,它与 ncdum p的功能

类似 ,可以解码 GR IB 数据 ,输出文本文件和格点数

据文件 ,供分析程序使用。

HD F是由美国 N CSA 发展的一种数据格式 ,使

用元数据 (m etadata)保存数组维数等信息 ,从而对

文件结构进行自描述。HD F遵从面向对象的编程

原则 ,在同一个 HD F文件中可以保存多维数组、表、

图像等 ,可以随机访问其中的某一个对象 ,而不是以

数据流的方式保存和访问数据。该数据格式分为

HD F4和 HD F5两个版本 ,二者并不兼容 ,可通过专

门工具进行转换。M A TLAB、G rAD S、IDL 等软件

可处理 HD F数据。

以上的几种数据可借助专门软件互相转换。

表 2罗列了常用的大气科学数据分析与可视化

软件 ,由于篇幅所限 ,不做全部详细介绍。

G rAD S由于开源和免费 ,是大气科学领域常用

的数据分析和显示软件 , 其使用方法有专门的介

绍 [ 9 ] 。它的优点是画图简单快速 ,占系统资源小 ,

而且提供了许多大气领域中常用的函数 ,如求涡度、

散度、面积平均等 ,但因 G rAD S功能所限 ,不适宜做

软件开发用。
表 2　大气科学常用的数据分析与可视化软件

Table 2　C omm on softw are used for a tm ospheric data ana lys is

and v isua liza tion

软件 　　　　　简要说明

G rADS
G rid A nalysis and D isp lay System ,数据分析与
显示软件 (免费 )

Ferret
为大气海洋学科设计的交互式数据分析与可
视化软件 (免费 )

NCL NCAR Comm and L anguage

MA TLAB
是建立在向量、数组和矩阵基础上的一种分析
和仿真工具软件包 ,可绘制二维、三维图形 ,输
出结果可视化

CDO C lim ate D ata Operators

IDL The In teractive D ata L anguage

AV S
A dvanced V isual System s: D ata V isualization,三
维可视化软件

V is5D 处理 5维格点数据的可视化软件 (免费 )

　　注 :前 6个以二维为主 ,后 2个以三维为主.

N CL 是美国 N CA R (N ationa l C en ter fo r A tm os2
pheric R esearch ) [ 10 ] 开发的绘图软件包 N CA R

G raph ics的重要组成部分 ,是一种专门用于大气科

学数据处理和显示的软件 ,也可用于地球科学数据

的一些处理上 ,其最新版本为 5. 0. 0
[ 7 ] 。N CL 与 nc2

dum p和 w grib不同 ,它集成了对多种数据格式的支

持 ,可以完成对 N etCD F、HD F、GR IB、二进制等文件

的读写 ,而且提供了 N etCD F和 GR IB 数据相互转

换的工具 grib2nc。N CL 提供了大气科学领域中大

量函数 ,包括 EO F、SVD、插值、小波分析、谱分析、

区域平均等 ,是大气科学数据处理和可视化软件中

函数库相对最全面的 ,其直接输出的图形符合国际

学术刊物上的绘图标准 ,并且此软件对 FO RTRAN

和 C语言有一定的支持。

CDO
[ 11 ]是马普气象研究所 (M ax P lank Institu te

fo r M eteoro logy, M PI2M )开发的气候数据软件。它

提供了对 N etCD F和 GR IB 等主要数据格式的支

持 ,特别是它非常适合处理欧洲气象部门的全球气

候和区域气候模式产生的数据 ,对数据的切割、合并

和基本的数据运算等的操作简单实用 ,是一款非常

好的大气科学数据分析预处理软件。

MA TLAB是常用的数据分析软件 [ 12 ]
,将 MA T2

LAB作为数据分析软件是基于如下的综合考虑。1)其

应用较广 ,有各种函数库和代码可供使用; 2)软件的版

本更新和服务都跟得上发展; 3)本身是跨平台的 ,书写
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的 m文件可以在各种系统下运行 ; 4)支持交互功能

(G rADS对交互支持较差 ) ; 5)有 W EB 模块和相应的

开发工具; 6)对 N etCD F, DODS等的数据格式支持较

好 ; 7)在气象相关领域已经较好的应用。

应用在大气科学领域的三维动态数据可视化软

件不多。V is5D 是一个免费的三维可视化软件 [ 13 ]
,

应用较广 ,只要将数据按照规定的格式存储 ,成为

V is5D 可以识别的数据 ,就能实现动态效果 ,但功能

有限。AV S是一款功能强大的三维数据分析与可

视化软件。普业等 [ 14 ]年曾在数据库学术会议中介

绍了利用 AV S进行大气环流模式数据的可视化方

法。在此基础上 ,马晓光等在 2005年成功地设计了

具有高显示度的台风云娜、城市热岛等典型天气现

象的可视化实例。从我们的实际应用来看 , AV S将

是用于三维动态可视化的首选软件平台。但要使

AV S取得较好的可视化效果是一件复杂的工作 ,涉

及到数据格式准备、数据插分算法、渲染、抛面、流线

等很多内容。对常见数据场的可视化处理逐步实现

标准化和模块化 ,有可能使 AV S使用的难度降低 ,

更进一步 ,将成熟的模块与 W EB 服务器结合起来 ,

有可能使普通用户通过简单的界面选择操作就得到

具有一定效果的动态天气图像。

此外 ,科学数据库项目的可视化建设专题也取

得了相当的进展 [ 15 ]
,目前已经具有 V iz W all可视化

系统。系统包含了较高计算能力的处理器系统、图

形显卡系统、大屏幕显示墙和支持 O penGL 的开发

工具。如果能够利用该系统的强大性能开发出气象

可视化实例 ,将是数据库系统应用的一个范例。

2. 2　新型数据库的功能设计和结构框架

本文作者在国际上的著名研究中心马普气象研

究所 (M PI2M )访问期间 ,调研了其大气科学信息管

理系统的情况。马普气象研究所使用的是一套自行

开发的 JAVA 应用程序来管理所有的数据 ,用户需要

下载专用的 JAVA 客户端程序 ,在管理员开设帐号后

对授权使用的数据进行下载。用户的对数据的查寻

检索也由 JAVA 客户端完成 ,既能查到数据的简介、

位置也可以查到所有者的信息 ,如果需要可与数据所

有者联系 ,由数据的所有者授权下载。由于版权的原

因 ,此管理系统仅马普研究所和少数单位在使用。图

1展示了马普气象所的气候数据和模式结构 [ 16 ]。

图 1　马普气象所的模式和气象数据管理系统 [ 16 ]

Fig. 1　M PI2M m odel and m eteorolog ica l da ta m anagem ent sys tem [ 16 ]
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　　与马普气象研究所不同 ,美国 N CA R的数据中

心使用的是由 R hode Island 和 M IT 联合开发的

DOD S 系统 , 这套系统目前发展成为 O PeNDA P

(O pen Source Pro jec t fo r a N etw ork D ata A ccess Pro2
toco l)项目 [ 17 ]

, 该项目的开发伙伴包括 NA SA、

A GU、N CA R等十余个科学研究部门 ,已经有包括

NOAA、N CA R 等数以千计的用户在 O PeNDA P基

础上部署和开发的应用系统 ,为研究人员和数据管

理人员带来极大的便利。O PeNDA P是一个开源项

目 ,是一套简化科学数据网络发布、调用和管理的开

放式框架 ,它的设计思想是以简单的方式访问数据。

研究人员摆脱具体的数据结构、存储格式和访问协

议束缚 ,不必改变使用者原有熟悉的分析和可视化

工具的习惯 ,并极大扩展了数据网络访问的内容 ;数

据库建设过程不必重复投资 ,新旧数据集可以无缝

结合。

德国马普气象研究所和美国 N CA R 等的数据

管理系统比原始的文件式管理系统有了很大的进

步 ,但本质上仍然是以提供数据为主。但显然国外

同行已经注意到了 ,在提供数据的同时 ,提供数据分

析工具的重要性。在 O PeNDA P项目中提供了一个

JAVA 客户端 ,部分功能与德国马普气象研究所的

数据下载工具相似 ,并且增加了对数据进行分析的

功能。采用的是下载数据到客户端再由 JAVA 进行

运算的方式 ,对 PC机的内存和速度要求非常高 ,往

往处理一个 100M 以上的数据文件会耗尽 PC机的

计算资源。

目前大气科学数据库里使用了 DOD S 的部分

管理方式 ,而且为了方便使用 GR IB 格式的数据 ,引

入了 GD S的数据管理系统。系统后端的显示平台

目前使用的是 LA S (L ive access se rve r)
[ 18 ]

, LA S是

不同于 FTP下载的一种数据下载和显示系统 ,目前

只能实现 A到 A的功能即只显示 A数据的某些片

断 ,而科研上不仅需要 A到 A的显示 ,更需要 B =

f (A)的功能即显示数据 A的一些更深层次的信息

也叫做某种层次的数据挖掘。大气科学数据库需要

逐步实现从数据收集整理向数据分析服务的转变 ,

以提升数据管理的水平 ,提高科研工作效率。而且

目前对大气科学数据分析和处理的方法也急需一些

标准化的处理方法以求得到系统的检验。因此急需

建立该平台 ,使科研工作者尽早从繁重的数据检索

编程等繁重的工作中解脱 ,真正做到数学的结果唯

一的经得起检验的东西交给计算机完成而物理的思

路等是科学家真正应该静下心来思考的问题 ,这个

也是目前我们工作中所缺少的。这个平台的建立对

科学家从繁重的计算工作中解脱而回归物理本质的

思考是十分必要和急需的。

由于版权及应用环境等问题 ,目前国际上流行

的数据管理系统难以完全照搬到我们的大气科学数

据库 ,这就需要我们提出一个符合自身实际需求的

数据分析与可视化平台 , 来满足广大科研用户的

要求。

在下一步的数据总系统中除了继续支持查询检

索之外 ,还将增加两大模块 ,一为数据分析和可视化

系统 ,二为适合大量数据上传下载的数据交换系统

(图 2)。由于篇幅所限 ,本文仅对第一模块进行较

为详细的描述。该系统是基于网络的、跨平台的、开

放的 ,其中的分权海量数据交换系统借鉴了马普的

数据管理经验。

　　数据分析与可视化系统框图见图 3,主要包括 :

数据资源层、工作流执行引擎层、运行服务层。数据

资源层主要是负责存储工作流中相关的信息 ,如计

算模型和计算时需要调用的数据等。运行服务层为

执行引擎提供运行时期的各种服务 ,包括流程定义

的解析、任务指派、工作流程列表管理、日志管理等。

工作流执行引擎是整个系统的核心 ,采用构件化的

组装结构来实现工作流执行引擎。主要的目的是能

实现大气科学计算模型的动态组装和这些计算模型

的重用。

用户的操作实现完全基于 IE,不用安装任何客

户端软件 ,在 IE利用拖曳等动作即可实现科学工作

流程。此系统的工作的基本流程如下 :用户可以通

过 IE界面来选择数据、计算模型和图像属性 (如果

用户不熟悉数据的存放位置 ,可利用系统的数据搜

索功能进行定位 ) ,提交给工作流执行引擎 ,工作流

执行引擎将数据输入后 ,用户可按需要进行下一步

流程 : 1)简单显示 ,如显示大气科学研究需要的某

时全球气温数据 ; 2)选择需要的计算模型 ,如 EO F、

SVD 等 ,然后系统调用相应的程序进行数据分析 ,

其结果可显示成所需的图像 ,或者可以以数据、文件

的形式传递给用户 ,或者作为进行用户所需下一步

计算的数据。与传统的数据库相比 ,此数据库的优

势在于 : 1)它可以按照用户的需求提供经过加工的

数据 ,节省了科研人员编写、调试算法程序的时间 ,

提高了科研效率 ; 2 )数据库独特的数据搜索功能 ,

可以让用户迅速地对数据进行定位 ,并从数据库中

挖掘出可用的信息 ; 3)此数据库系统可以依托与计

算能力较强的机构 ,如中国科学院网络中心 ,而对用
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图 2　总体结构 (左侧为分权的海量数据交换系统 ,右侧为数据分析和可视化平台 )

F ig. 2　M ain structure: D ecen tra lized m ass da ta exchange system ( lef t) and data ana lysis and visua liza tion p lat2
fo rm ( right)

图 3　基于 W EB 的大气科学数据分析与可视化系统的流程图

Fig. 3　Flow chart of the w eb2based atm ospheric da ta analys is and visua liza tion system

户端硬件要求不高 ; 4)该系统对科研人员创新思路

的提出起到了很大的辅助作用 ,真正做到使科研人

员从繁重的科学计算工作中解脱出来 ,而回归科学

问题的本质 ———物理层面上的思考 ,做到数学的可
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以验证的可编程计算的交给计算机 ,而物理的结果

的可视化留给科研人员思考。

　　系统的开发采用模块化方式 ,建立项目开发专

区和相关技术文档 ,按照科学数据库软件开发的规

范进行。开发此套系统的核心和难点在计算模型库

的建设。针对大气科学研究需要 ,并考虑 N CL 丰富

的函数库和符合国际刊物标准的图形输出格式 ,此

系统计算模型和图形设置的开发是面向 N CL 来设

计的。随着开发的不断深入 ,计算模型的开发也可

以针 M A TLAB、IDL、CDO 等来设计 ,使得系统可以

根据用户计算的需要选择合适的数据处理软件。当

然该分析模块仍需要数学界的最新研究成果转化为

气象所需的计算方法 ,并纳入库中。希望其他行业

参照大气科学分析库的制定规范进行整理并共同纳

入国家科学数据库的体系中 ,目前大气库只是该系

统的一个子库。整套系统的完成还需要大量的时

间。目前 ,除数据搜索模块外 ,大气库的框架已基本

实现 ,系统已经能够实现简单的计算和可视化功能。

3　讨论

大气科学数据的分析和可视化系统是根据科研

需求和以前的工作基础提出的一套承前启后的系

统。设计上参考了国内外最新研究进展 ,而且提出

了一个新的结合 e2Science的大气科学数据再分析

平台 ,该平台是对未来数据库建设的创新性思路 ,它

具有科学性、创新性和必要性。

本系统从设计理念上强调对数据的科研内涵和

技术问题的统一 ,使科学数据库的建设从单纯的数

据保管员向数据的研究者转变 ,加强科学数据库工

作的科学性。

系统的实现难点在于数据分析系统与数据算法

的集成 ,另外由于部分工作从客户端转移到服务器

端进行 ,对处理机的速度和内存等有较大需求。另

外一个问题是 ,大气科学数据量巨大 ,这样的一套系

统需要各个环节都能够协调稳定的工作 ,软件的稳

定性和可靠性需要特别的加强。

本系统重点考虑了大气科学的数据问题 ,实际

上 ,只要处理程序稍作改动 ,其体系结构完全可以适

应一般的地学研究部门。而且系统可以进一步完

善 ,如与科学数据库网格平台等结合起来 ,其使用范

围能够进一步得到扩展。
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摘  要  本文利用京津冀地区 24 个气象站的日降水资料和耦合有单层城市冠层模式（SLUCM）的中尺度数值模

式 WRF 的模拟结果，研究了城市地表特征对京津冀地区夏季降水的影响。结果表明，在京津冀城市面积迅速增长

的近三十年（1981～2010），该地区大部分站点的降水量都呈现减少的趋势，减少 明显的站点主要集中在京津唐城

市区域，其中≥50 mm 的降水量减少趋势占总降水量减少趋势的 50%以上。城市扩张可能是造成京津冀降水时空格

局改变的因素之一。通过对比分析控制试验与敏感性试验的模拟结果，发现城市化引起的地表特征的改变使北京、天

津、唐山主要城市地区的降水量和降水频次都有明显减少，而城市群下风向的降水量和降水强度则明显增加和增强，

其中 50 mm 以上等级的降水量变化 为显著，贡献率在 60%以上。城市地表特征使北京、天津和唐山地区 50 mm
以上等级降水量的百分比下降了 6%～20%，下风向地区增加了 8%。城市地表特征也影响了主要城市和城市群下风

向地区降水量的日变化结构，使北京和唐山几乎所有时段的降水量都有所减少，而城市群下风向降水量的增加主要

发生在白天。研究发现城市地表特征对深对流的抑制（加强）可能是造成京津冀地区降水减少（增多）的重要原因，

而由于城市地表蒸发量的改变引起的潜热通量和对流有效位能的改变则可能是引起深对流变化的重要因素。 
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6 Meteorology Bureau of Luquan District, Shijiazhuang 050200 
 

Abstract Utilizing daily precipitation data from 24 meteorological stations and results from the Weather Research and 
Forecasting (WRF) model / Urban Canopy Model (UCM), the impact of urban surface characteristics on summer rainfall 
in the Beijing–Tianjin–Hebei area was investigated. Results indicated that precipitation at most sites in this region has 
reduced during the last 30 years, and those sites whose precipitation has reduced the most are mainly centered in the 
Beijing–Tianjin–Tangshan metropolis. Urbanization is one of the possible factors affecting the precipitation in the 
Beijing–Tianjin–Hebei area. Comparison of the model results from the control run and sensitivity run indicated that 
rainfall and rainfall frequency clearly decreased in the Beijing–Tianjin–Tangshan metropolis due to the urban surface. 
Meanwhile, an increase in rainfall and rainfall intensity was apparent downwind of the urban agglomeration; precipitation 
above 50 mm changed significantly due to the urban surface, and the contribution to the total could be more than 60%. 
The percentage of rainfall above 50 mm declined by 6%–20% in the Beijing–Tianjin–Tangshan metropolis, while it 
increased by 8% downwind. The diurnal structure of rainfall changed due to urbanization: precipitation in Beijing and 
Tangshan mainly reduced due to urbanization, and the increase downwind occurred mainly in daytime. The findings of 
this study suggest that the inhibition or enhancement of deep convection, as influenced by changes in latent heat flux and 
convective available potential energy due to the urban surface, may explain the changes in precipitation. 
Keywords  Beijing–Tianjin–Hebei, Weather Research and Forecasting model, Urban Canopy Model, Urban surface  

characteristics, Urbanization, Precipitation 
 

 
1  引言 

在气候学意义上，城市化主要是指由于人类活

动而引起的土地利用变化，进而使得陆面物理学属

性（反射率、热传导率、波文比和热容量等）和动

力学性质（粗糙度等）发生改变的过程 (Oke，1982)。
城市因其较小的反照率、较大的热容量以及不可渗

透性，使其能量收支、温度和湿度等发生改变进而

影响城市及其周边的区域气候。随着近年来洪涝和

干旱的频繁发生，城市化对降水的影响也越来越受

到人们的关注。早在 1921 年，Horton (1921) 就指

出大城市附近更容易产生暴雨，之后 Changnon 
(1968, 1979) 和 Huff and Changnon (1972) 通过城

市气象综合观测实验（METROMEX）发现城市化

引起圣路易斯城市及其下风向 50～75 km区域的降

水在暖季增加了 9%～17%，并指出城市化对降水

的影响在中尺度对流强迫占主导地位的暖季较为

明显。随后不断有新的观测和模拟结果支持

METROMEX 计划的研究结论 (Chow and Chang, 
1984; Jauregui and Romales, 1996; Burian and 
Shepherd, 2005)。Shepeherd and Burian (2003) 通过

热带测雨任务卫星（TRMM）资料分析了休斯敦地

区降水的时空变化，发现城市下风向 30～60 km 区

域的月平均降水量增加了 28%，Chen et al. (2007) 
发现城市化使得台北午后雷暴频率增多 67%。

Niyogi et al. (2011)、Yang et al. (2014) 指出强对流

系统在城市上风向分裂后又在下风向合并，这可能

是引起城市下风向强降水增多的原因。 近又有一

些学者提出城市下垫面局地蒸发的减少以及城市

气溶胶的气候效应可使降水减少 (Givati and 
Rosenfeld, 2004; Kaufmann et al., 2007; Rosenfeld et 
al., 2007; Wang et al., 2012)。Guo et al. (2005) 利用

第五代中尺度模式（MM5）对北京一次强流天气过

程进行了数值模拟，指出城市下垫面引起了该地区

（尤其是市区）累计降水量的减少。Zhang et al. 
(2009) 通过对北京 1981～2005 年站点降水资料的分

析，指出北京东北部夏季降水的减少可能与城市扩张

有一定关系，并设计了几种不同的下垫面情景模拟两

次强降水过程，结果显示城市扩张使局地蒸发减少、

感热通量增加、边界层水汽混合更加均匀，对流有效

位能降低，从而抑制了对流系统的发生发展。 
近些年，随着城市不断发展和扩张使得城市更

加集中，形成城市群。研究表明，城市群会使得热

岛更集中、更强 (Chen et al., 2006; He et al., 2007)。
国内关于城市群城市化过程对降水的影响问题已开

展不少研究工作（黎伟标等，2009; 钱嘉星等，2010; 
Li et al., 2011; 蒙伟光等，2012; Wan et al., 2013），
这些工作多数利用观测资料进行分析（黎伟标等，

2009; 钱嘉星等，2010; Li et al., 2011），也有一些工

作通过数值模拟对对流降水的真实个例进行分析

（蒙伟光等，2012; Wan et al., 2013）。但仅用观测

资料很难将城市化对降水变化的影响从气候内部

变率中分离出来，而天气个例分析的研究结果存 
在一定的不确定性。此外，由于降水过程的复杂 
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性，不连续性以及较强的局地性，不同城市对降水

的影响存在很大的差异。因此，需要对更多的城市

和城市群采用更长时间的数值模拟来探究城市化

对降水的影响。本文将针对京津冀地区，利用日降

水观测资料和 WRF/UCM 数值模式的模拟结果，探

讨该区域由于城市化而引起的地表特征改变对夏

季降水的影响。研究将以日降水量≥0.1 mm 为标准

统计夏季降水发生的频次。 

2  京津冀城市群夏季降水量的变化特征 
京津冀城市群是中国三大城市群之一，在过

去三十年里京津冀的城市面积迅速增长。京津冀

地区位于温带季风区，其降水主要集中在夏季

（6～8 月），可占全年总降水量的 75%～85%
（Huang et al., 2011），其中在 7 月下半月和 8 月上

半月降水 为集中。受东亚夏季风的影响，京津

冀降水年际变化很大（图 1）。京津冀地势特点为

西北高，东南低（图 4b），降水分布与地形存在一

定的关系，降水量的高值区位于燕山和太行山山

前迎风坡及东南沿海地区（张健等，2010），西北

地区降水以小雨为主，降水日数较多而总降水量

较少，而东南沿海地区大雨和暴雨发生较多。 
1990 年代后期至 21 世纪初京津冀地区一直处

于降水偏少期（图 1），与 1990 年代之前相比，降

水的年际变化幅度明显减小，除了气候系统的自然

变率，人类活动也可能存在一定影响。图 2 显示的

是京津冀地区 24 个气象站 1981～2010 年夏季降水

量的线性变化趋势的空间分布。可以看出，在城市

化发展迅速的近三十年，只有 3 个站点（廊坊、泊

头、黄骅）的降水量略有增加， 大变化趋势值仅

为 6 mm/10a。而其余站点均表现出负的变化趋势，

其中有 11 个站点通过了 80%水平的显著性检验。降

水减少比较明显的站点主要集中在京津唐城市区

域，北京、密云和唐山站点降水量的减少趋势均在

－60 mm/10 a 以上，天津宝坻和塘沽站点的减少趋

势也分别达到了－45.7 mm/10 a 和－34.1 mm/10 a。
另外，大部分站点的降水频次也呈现出负的变化趋

势（图略）， 大达到了－3.4 d/10 a。京津唐区域

各站点的降水强度也存在一定的减少趋势（图略），

减少值在（－1.3～－0.25 mm/10 a）之间。为了研

究不同等级的降水对总降水变化的相对贡献，本文

将日降水划分成 10 个等级：0～5 mm，5～10 mm，

10～15 mm，15～20 mm，20～25 mm，25～30 mm，

30～40 mm，40～50 mm，50～100 mm，≥100 mm，

图 3 给出了密云、北京、唐山和塘沽 4 个站点不同

等级降水量变化趋势的贡献率（每种等级降水的变

化趋势与总降水变化趋势的绝对值的百分比）。可

以看出，北京和密云站几乎所有等级降水变化的贡

献率都为负，唐山站只有 10～15 mm 和 40～50 mm
等级的降水表现为正的贡献率，塘沽站中等强度降水

（10～25 mm）和 40～50 mm 等级降水的贡献率为

正，其他等级降水的贡献率都为负。其中，北京、唐

山和塘沽站点 50 mm 以上等级降水量变化的贡献率

均在－70%以上，密云站点的也在－50%左右，而 50 
mm 以上的降水量仅占总降水量的 30%左右，这与

Zhang et al.（2009）、李书严和马京津（2011）对北京

地区的研究结果相一致，说明京津唐城市区域降水量

的减少很大程度上是由极端降水量的减少引起的。 
城市化作为人类活动的重要表现形式，对局

地气候有着很大影响。近 30 年来京津冀地区城市

化进程之快，对于其对该地区夏季降水变化的影

响，我们很难从观测资料中分离出来。因此，在

下一节我们将利用 WRF/SLUCM 模式，通过数值

试验，探讨城市化引起的地表特征的改变对京津

冀夏季降水的影响。 

3  试验设计 

本文采用的模式为耦合有单层城市冠层模式

图 1  1961～2010 年京津冀地区夏季降水量的年际变化（单位：mm）。

斜线和方程分别表示回归线和对应的回归方程  

Fig. 1  The interannual variation of summer rainfall (unit: mm) in the 

Beijing–Tianjin–Hebei area during 1961–2010. The regression equation is 

indicated in the top-right corner, and the corresponding regression line 

(downward-sloping, left to right) is shown 
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（SLUCM）的中尺度天气模式 WRF（V3.5.1）。
SLUCM 早由 Kusaka et al. (2001) 和 Kusaka and 
Kimura (2004)提出和建立，随后由 Chen et al. 
(2004)、Miao et al. (2009) 进行了改进并将其耦合到

中尺度模式 MM5 和 WRF 中。该城市冠层模式不

仅考虑了道路的朝向和几何特征以及建筑物的阴

影和反射作用，还考虑了太阳高度角的变化，对建

筑物楼顶、墙面和路面的热力作用分别进行计算

(Chen et al., 2011)，较好地改进了模式对城市热力学

和动力学效应的描述。WRF/SLUCM 的模拟结果可

以很好地再现城市热岛效应的日变化和空间分布、

风向和风速的日变化、山谷和热岛局地环流、边界

层的湍流活动以及夜间低空急流等特征 (Miao and 
Chen, 2008; Lin et al., 2008; Miao et al., 2009; 
Kusaka et al., 2009; 蒙伟光等，2010)，也能较好地

描述强对流天气过程中气象要素场的变化及降水

分布情况（张朝林等，2007；吴风波和汤剑平，2011；
郑祚芳等，2013），而且大多数情况下模拟结果比

没有耦合 UCM 的要好（Miao et al., 2010；张艳霞

等，2013）。因此可以用来进行城市化对气候变化

影响的预报和评估。本文模拟区域配置为三重嵌

套，水平分辨率分别为 30 km、10 km 和 3.3 km，投

影方式为兰勃特， 外层模拟区域的中心点位于

（38°N, 118°E），模式垂直方向分为 35 层，顶层气

压为 50 hPa。模拟区域见图 4， 内层的 D3 区域

为本文重点分析的京津冀地区。模拟过程中采用的

物理参数化方案包括：Rapid Radiative Transfer 
Model 长短波辐射方案（RRTM）(Iacono et al., 
2008)、Single-Moment 5-class scheme 云微物理参数

化方案（WSM5）(Hong et al., 2004)、K-F（Kain- 
Fritsch）积云对流参数化方案 (Kain, 2004)、YSU
（Yonsei University）边界层方案 (Noh et al., 2003)
以及 NOAH 陆面过程模式(Chen and Dudhia, 2001)
（嵌套 UCM）。模拟使用的初始场和边界场由 6 h
间隔的 NCEP （National Centers for Environment 
Prediction） 1°×1°的 FNL（Final Operational Global 
Analysis)资料提供，模拟时间从 2008～2010 年每年

的 5 月 21 日 08 时积分至 9 月 1 日 08 时（北京时

间，下同），每 1 小时输出一次模拟结果，研究只

对 D3 区域 6～8 月的结果进行分析。 
模拟使用的土地利用数据为 Earth Observation 

of Climate Change (EOCC) 研 究 小 组  ( 见
http://green.tea.ac.cn/[2014-04-23])研制的遥感数据

产品（Model Land Cover Data sets version 1.0）(Hu 
and Jia, 2010)，其中包括 1990、2000 和 2009 三个

年代三种空间分辨率（30 km，10 km，3.3 km）的

数据。研究设计了三组下垫面情景下的对比试验

（图 5）：（1）U09（控制试验，图 5a），用上文提到

的 2009 年遥感数据产品更新 WRF 模式中默认的下 

图 2  京津冀地区 1981～2010 年夏季降水量线性变化趋势的空间分布

（单位：mm/10 a）。“+”和“*”号分别表示通过 80%和 95%水平的

显著性检验  

Fig. 2  The spatial distribution of the linear trends in 1981–2010 summer 

rainfall in the Beijing–Tianjin–Hebei area (units: mm/10 a). The “+” and 

“*” symbols signify the confidence levels of 80% and 95%, respectively 

图 3  密云、北京、唐山和塘沽站点不同等级降水量线性变化趋势的

贡献率  

Fig. 3  The contributions of the linear trends of the different classes of 

precipitation at the sites of Miyun (black), Beijing (green), Tangshan 

(blue), and Tanggu (red) 
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图 4  数值试验的模拟区域和地形分布（单位：m）：（a）D1、D2 和 D3 的区域嵌套配置；（b）D3（京津冀）区域  

Fig. 4 The simulation domain and terrain (units: m) distribution: (a) Nested configuration of D1, D2, and D3; (b) the D3 (Beijing–Tianjin–Hebei) region

图 5  WRF/UCM 模拟中的三种土地利用情景（红色代表城市）：（a）用 2009 年的遥感数据产品更新 WRF 模式中默认的下垫面土地利用信息；（b）

同（a），但为 1990 年；（c）没有城市 

Fig. 5  The land-use classifications used in the Weather Research and Forecasting / Urban Canopy Model simulations, with the urban land-use fraction updated 

based on (a) 2009 and (b) 1990 remote sensing data products. (c) No urban surface  
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垫面土地利用信息（基于 MODIS 土地覆盖分类）；

（2）U90（敏感性试验，图 5b），用 1990 年的遥

感数据产品替代 WRF 模式中默认的下垫面土地利

用信息；（3）NoUB（敏感性试验，图 5c），在 WRF
模式默认的土地利用信息的基础上用周围的其他

土地利用类型插值替代城市部分，即没有城市的情

景试验。图 5a 中黑色实线框起来的区域分别代表

北京、天津、唐山、石家庄城市区域以及将要在 4.2
节中介绍的 DOWN 区域。 

4  结果分析与讨论 
4.1  模式评估 

本节选用 TRMM3B42 卫星观测日降水资料

（水平分辨率 0.25°×0.25°）和中国气象科学数据

共享服务网提供的地面气温资料（水平分辨率

0.5°×0.5°）与控制试验（U09）的模拟结果进行对

比，温度资料是基于中国地面高密度台站数据（约

2400 个国家级气象观测站），利用 ANUSPLIN 软件

的薄盘样条法 (TPS，Thin Plate Spline) 进行空间插

值生成的格点化数据集。图 6 为京津冀地区 2008～
2010 年的模拟和观测的夏季平均降水量（图 6a，b）
和地面气温（图 6c，d）的空间分布，可以看出，

模式基本能模拟出降水和温度的分布形态，部分区

域模式对降水的模拟偏强，与 TRMM 相比，模式

模拟的降水在北京偏北和东北部存在一个虚拟的

强降水中心。除了模式模拟存在偏差外，TRMM 本

身对日降雨量的估算也可能偏小（骆三等，2011）。
模式模拟的 2 m 气温除了城市区域比观测数据偏高

1～2°C，其他区域与观测基本吻合。同时，我们还

计算了模拟的降水和温度与对应的观测之间的空

图 6  京津冀地区 3 年（2008～2010）夏季平均的（a，b）降水量（mm）和（c，d）2 m 温度（°C）的空间分布：（a，c）模拟（U09 的结果）；（b，

d）观测 

Fig. 6  Spatial pattern of 3-year (2008–2010) averaged (a, b) summer rainfall (units: mm) and (c, d) temperature (units: °C) at 2-m height in the 

Beijing–Tianjin–Hebei area: (a, c) Simulation (Expt U09); (b, d) observations 
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间相关系数，计算得出京津冀夏季平均降水量、降

水频次、2 m 气温的空间相关系数分别为 0.404、
0.524、0.958，均通过了 99%水平的显著性检验。

其中模式对小雨和暴雨频次的空间分布模拟较好，

与观测之间的相关系数分别达到了 0.716 和 0.582。   
4.2  城市地表特征对京津冀夏季降水量、降水频次

和降水强度的影响 
图 7 显示的是控制试验（U09）与敏感性试验

（U90 和 NoUB）夏季平均降水量和降水频次之差

的空间分布，可以看出京津冀地表特征的改变影响

了降水的空间分布格局。由图 7a 和 7b 可见，除京

津冀东北角的正值区外，其他大部分地区都为负值

区。与 U90 和 NoUB 相比，U09 模拟的降水量在北

京、天津、唐山主要城市区域明显减少，而在石家

庄、保定等城市比较分散的区域降水量减少或增加

的情况并不明显。表 1 给出了区域降水量变化的具

体值，其中北京、天津和唐山城市区域平均的 U09
与 NoUB 降水量的差值分别为−98 mm、−71.3 mm
和−105.3 mm，而在石家庄，U09 与 U90 的差值为

负，U09 与 NoUB 的差值却为正，这说明城市地表

特征对降水的影响与城市所在的位置和大小都存

在一定关系。关于城市地表特征影响降水的内在机

理将在 4.5 节进行讨论。图８a、b 和 c 分别给出了

北京、天津、唐山城市区域 10 m 高度的风向玫瑰

图（控制试验 U09 的结果）。可以看出这三个区域

夏季都以偏南气流为主，北京和唐山南风频率

大，其次为东南风和西南方，天津以东南风频率

大，偏南气流带来的暖湿空气是京津冀夏季降水形

成的重要原因。结合 850 hPa 风场（图略），可以看

到，京津冀地区大气低层为一致的西南气流。因此， 

图 7 （a、b）控制实验与敏感性试验夏季降水量（单位：mm）和（c，d）降水频次（单位：d）之差的空间分布：（a，c）U09 与 U90 之差；（b，d）

U09 与 NoUB 之差  

Fig. 7  Spatial patterns of the differences in (a, b) summer precipitation (units: mm) and (c, d) rainfall frequency (units: d) between the control run and 

sensitivity run: (a, c) ExptU09 minus ExptU90; (b, d) ExptU09 minus ExptNoUB 
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图 7a 和 b 东北角的降水正值区正好位于三个大城

市的下风向交集处，这与前人关于城市化使得下风

向降水增多的研究结论相一致 (Chow and Chang, 
1984; Shepherd et al., 2010)。将由于城市地表特征的

改变而引起降水明显增多的区域定义为 DOWN（图

5），城市扩张使该区域降水量增加了23～50 mm（见

表 1）。４.3 节和 4.4 节将分别讨论该区域不同等级降

水对总降水变化的贡献以及降水量的日变化特征。 
从图 7c 和 d 可见，城市地表特征使京津冀大

部分地区的降水频次都有所减少，其中在北京、天

津、唐山城市比较集中的区域 为较明显， 大减

少天数可达 7 天以上，只有在京津冀西部和西南很

小的区域存在降水频次变化正值区。图 9 是控制试

验（U09）与敏感性试验（U90，NoUB）降水强度

（总降水量与总降水频次之比）之差的空间分布

图。可以看出，地表特征的改变使北京、天津和唐

山主要城市及周边的大部分地区的降水强度减弱，

大可减弱 10 mm/d，而使城市群下风向（DOWN）、

天津西北以及北京西北等零散区域降水强度增强，

其中 DOWN 区域的增强能达 8 mm/d 以上。 
4.3  城市地表特征对京津冀夏季不同等级降水的

影响 
为了说明由于城市化而引起的地表特征的改

变对哪种级别降水的影响比较显著，本节同样将

日降水划分成 10 个等级：0～5 mm，5～10 mm，

10～15 mm，15～20 mm，20～25 mm，25～30 
mm，30～40 mm，40～50 mm，50～100 mm， 
＞100 mm。图 10 分别给出了 U09 与 NoUB 模拟的

五个区域不同等级降水量（图 10a）和降水频次（图

10b）之差的贡献率： 

U NoUB U NoUB( ) %C P P P P= − −∑09 09 ×100（ ）
 

（1） 
式中，C 为贡献率，P 表示每种等级的降水量或降

水频次（下标代表试验名称），∑为求和符号。图

10 中 Beijing，Tianjin，Tangshan，DOWN 分别代

表图 5a 中黑框对应的区域（下同），Beijing– 
Tianjin–Hebei 则代表整个京津冀地区（D3）。可以

看出城市下垫面使北京（黑色实线）和京津冀地区

（紫色实线）所有等级的降水量和降水频次都有所

减少，唐山城市区域（红色实线）除 5～20 mm 等

级的降水略有增加外，其他等级的降水量和降水

频次都有所减少，而天津城市区域（绿色实线）只

有 0～5 mm 的小降水事件和 50 mm 以上的极端降

水事件表现为负的贡献率，其中 50 mm 以上等级

的降水量的负贡献率达到了 140%。城市地表特征

对天津降水的影响和北京相比有明显的差异，这

图 8  3 年夏季平均的风向玫瑰图（U09 的模拟结果，图中数字表示风速大小）：（a）北京；（b）天津；（c）唐山  

Fig. 8  Summer-averaged wind rose of three years from Expt U09, the numbers represent the wind speed: (a) Beijing; (b) Tianjin; (c) Tangshan 

表 1  不同区域的控制试验与敏感性试验降水量之差值 
Table 1 The difference in precipitation between the control run and sensitivity run 

降水量之差值/mm 
 

北京 天津 唐山 石家庄 DOWN 京津冀地区 

ExptU09－ExptU90 −46.90 −89.39 −143.63 −29.67 50.55 −23.79 
ExptU09－ExptNoUB −98.70 −71.33 −105.34 1.847 23.97 −34.46 
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可能是天津临近渤海，城市热岛与海风环流相互

作用的结果 (Shepherd et al., 2010)。从下垫面改变

对 DOWN 区域降水的影响来看（蓝色实线），城市

化主要引起了该区域 40 mm 以上等级降水量和降

水频次的增加，其他等级的降水都表现为负的贡

献率。由图 10a可见，三个城市区域 50 mm以上等

级的降水量的负贡献率都在 60%以上，而 50 mm
以上的降水量占总降水量的比例在 30%～40%之

间，这说明城市地表特征可能会使极端降水占总

降水的比例下降。表 2 和表 3 分别给出了上述五个 

表 2  控制试验与敏感性试验极端降水量（≥50 mm）的百

分比  
Table 2  The percentage of extreme precipitation in the 
control run and sensitivity run 

 极端降水量百分比 

区域 U09 U90 NoUB U09－U90 U09－NoUB

北京 27.6% 28.3% 35.4% −0.7% −7.8% 

天津 34.0% 55.6% 53.7% −21.6% −19.7% 

唐山 42.6% 51.5% 49.1% −8.9% −6.5% 

京津冀地区 30.4% 32.0% 37.6% −1.6% −7.2% 

DOWN 44.8% 34.5% 36.8% ＋10.3% ＋8.0% 

图 9  同图 7，但为降水强度之差（单位：mm/d）  

Fig. 9  As in Fig. 7, but for the difference in precipitation intensity (units: mm/d) 

图 10  U09 与 NoUB 模拟的北京、天津、唐山、京津冀及 DOWN 地区不同等级（a）降水量和（b）降水频次之差的贡献率  

Fig. 10  The relative change in (a) rainfall and (b) precipitation frequency for the different classes of precipitation in the regions of Beijing (black), Tianjin (green), 

Tangshan (red), Beijing–Tianjin–Hebei (purple), and DOWN (blue) due to urbanization (U09 minus NoUB). “DOWN” means the downwind area of urban 
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表 3  控制试验与敏感性试验极端降水（≥50 mm）频次的

百分比   
Table 3 The percentage of extreme rainfall frequency in 
the control run and sensitivity run  

 极端降水频次百分比 
区域 U09 U90 NoUB U09－U90 U09－NoUB

北京 3.7% 4.4% 4.7% −0.7% −1.0% 

天津 6.4% 9.4% 10.0% −3.0% −3.6% 

唐山 6.6% 9.1% 8.6% −2.5% −2.2% 

京津冀地区 4.3% 5.2% 5.1% −0.9% −0.8% 

DOWN 7.0% 5.2% 5.5% +1.8% +1.5% 

 
区域不同试验的 50 mm 以上的降水量和降水频次

占总降水的百分比，从中可以看出，地表特征的

改变确实使北京、天津和唐山城市区域极端降水

量和极端降水频次的百分比有不同程度的下降，

降水量的减少在 6%～20%之间，降水频次的减少

在 0.8%～3.6%之间。而在 DOWN 区域，50 mm 以

上等级的降水量和降水频次的百分比分别增加了

8%和 1.5%。 
4.4  城市地表特征对京津冀夏季降水日变化的影响

由于城市化而引起的地表特征的改变使得主

要城市地区降水减少，而城市群下风向降水增多，

这种变化在一天中哪些时段比较明显，需要进一步

的探究。图 11 给出了 U09 和 NoUB 模拟的六个区

域夏季降水量的日变化曲线。就整个京津冀地区的

平均情况而言（图 11f），下垫面的改变导致一天中

所有时段的降水量都有所减少，但对降水量的日变

化结构没有显著影响：两组实验得到的降水量都在

上午 08 时和下午 15 时左右存在一个峰值，而在夜

间 22 时达到 低值。就北京、天津和唐山地区而

言，城市地表特征对降水量的日变化结构有着明显

的影响：在北京地区（图 11a），U09 几乎所有时段

的降水量与 NoUB 相比都有所减少，尤其在傍晚至

第二天凌晨这段时间，NoUB 模拟的降水量在傍晚

（18:00～20:00）出现一个峰值，而相应的时段 U09 

图 11  U09 和 NoUB 模拟的夏季降水量的日变化（单位：mm）：（a）北京；（b）天津；（c）唐山；（d）石家庄；（e）DOWN；（f）京津冀地区。0800

的值代表的是 07:00～08:00 的累积降水量，依次类推  

Fig. 11  Diurnal variation of summer precipitation based on ExptU09 and ExptNoUB (units: mm): (a) Beijing; (b) Tianjin; (c) Tangshan; (d) Shijiazhuang; (e) 

DOWN; (f) Beijing–Tianjin–Hebei. The value at 0800 BT (Beijing time) represents the cumulative rainfall during 0700–0800 BT, the value at 1000 BT 

represent 0900–1000 BT, and so on。“DOWN” means the downwind area of urban 
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却出现一段降水低值；地表特征的改变引起的唐山

地区降水量的减少主要发生在午后 15:00～17:00、
夜晚 21:00～02:00 以及 06:00～08:00（图 11c），其

他时段降水量的变化不大；城市地表特征对天津降

水的影响与北京和唐山有所不同，由图 11b 可见，

京津冀城市群的存在使天津地区的降水量在凌晨

02:00 至上午 09:00 明显增加，前面 4.3 节中也提到

地表特征的改变使天津城市区域 5～50 mm 等级的

降水量和降水频次有所增加（图 10a，b），这可能

是夜晚的热岛环流与海风环流的相互作用引起的。

与前面三个大城市相比，城市地表特征对石家庄降

水的影响并不明显（图 11d），在上午 10:00 至中午

13:00 时段 U09 的降水量比 NoUB 多，而凌晨 04:00
至早上 08:00 情况相反。由此可见，地表特征的改

图 12  U09 与 NoUB 模拟的 3 年夏季平均对流层垂直速度之差的日变化（单位：cm/s）：（a）北京；（b）天津；（c）唐山；（d）DOWN。纵坐标中 0～

19 代表的 Eta 值分别为：0.997、0.988 、0.977、0.962、0.944、0.921、0.895、0.860、0.821、0.782 、0.742、0.688、0.620、0.558、0.500、0.447、

0.398、0.353、0.312、0.274 

Fig. 12  Diurnal variation of the average difference in summer vertical velocity between ExptU09 and ExptNoUB in the troposphere for three years (units: 

cm/s): (a) Beijing; (b) Tianjin; (c) Tangshan; (d) DOWN. The corresponding Eta values for 0–19 on the y-axis are: 0.997, 0.988, 0.977, 0.962, 0.944, 0.921, 

0.895, 0.860, 0.821, 0.782, 0.742, 0.688, 0.620, 0.558, 0.500, 0.447, 0.398, 0.353, 0.312, and 0.274. “DOWN” means the downwind area of urban 
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变对降水的影响因城市而异，但整体而言，城市下

垫面可能是京津冀城市区域降水减少的一个因素。

从图 11e 可以看出，城市下垫面使 DOWN 区域降

水的增加主要发生在白天，而午夜到次日凌晨，该

区域降水因地表特征的改变而减少。 
4.5  机理探究 

由于城市化而引起的城区及周边地区降水的 
变化很可能是由以下两个因素共同影响造成的（本

次模拟只考虑了地表特征的改变，没有考虑气溶胶

和人为热的变化）：（1）地表粗糙度增加和城市热

效应引起的大气低层气流辐合加强；（2）城市区域

较少的水汽蒸发引发的边界层内水汽含量的减少。

低层气流辐合有利于垂直运动加强从而促进对流

的发展，而边界层内水汽含量的减少将使对流有效

位能（CAPE）减少进而抑制深对流的发展 (Zhang 
et al., 2009)。对于京津冀地区，究竟是上述哪种因

素起主要作用？图 12 给出了 U09 与 NoUB 模拟的

四个区域对流层垂直速度和对流有效位能之差的

日变化分布图，横坐标为北京时间，纵坐标为垂直

层次。从北京、天津、唐山三个城市区域来看（图

12a、b 和 c），地表特征的改变使大部分时段对流层

低层的垂直运动加强，高层的垂直运动减弱，其中 

图 13  同图 12，但为对流有效位能(CAPE)之差的日变化（单位：J/kg） 

Fig. 13  As in Fig. 12, but for the diurnal variation of the difference in convective available potential energy (units: J/kg) 
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天津和唐山地区大气低层垂直运动的加强主要发

生在白天。通过图 12，我们发现城市地表特征对对

流层中高层垂直运动的抑制（加强）可能是引起降

水量减少（增加）的原因。例如，凌晨 02:00 至上

午 09:00 是天津城市区域对流层中高层垂直运动加

强的时段（图 12b），相应的该时段有城市试验（U09）
的降水量明显高于无城市试验（NoUB）的降水量

（图 11b）；对于唐山地区（图 12c），对流层中高层

在午夜左右有一个较强的负值中心，对应时段 U09
的降水量也明显低于 NoUB（图 11c）；对于 DOWN
区域，地表特征的改变使降水量的增加主要发生在

10:00～20:00（图 11e），而图 12d 中该时段的对流

层中高层则表现为一个较强的正值中心。由此可

见，城市地表特征对深对流的抑制（加强）可能是

造成京津冀地区降水减少（增多）的一个重要原因。

图 14 为 U09 与 NoUB 模拟的京津冀地区三年夏季

平均的潜热通量之差的空间分布。可以看出，城市

由于较少的水汽蒸发使得主要城市及周边地区潜

热通量明显减少， 大减少量达到了 200 W/m2 
以

上，而城市群下风向潜热通量略有增加。城市区域

潜热通量的减少引起了大气低层水汽含量减少（图

略）进而使对流有效位能（CAPE）减少（图 13a，
b 和 c），这样，即使城市地区大气低层垂直运动由

于气流辐合而被加强，CAPE 的减少会在一定程度

上抑制垂直运动的进一步的发展进而使深对流的

发展被抑制，因此城市地表特征使主要城市区降水

减少。以上分析说明，对于京津冀城市群而言，蒸

发量的改变是引起降水变化的主要因素。Miao et al. 
(2011) 指出由于城市冠层模块（SLUCM）中并没

有将人为水汽排放源考虑进去，其模拟的空气湿度

可能会偏低，因此，上述结论存在一定局限性，未

来的工作需要进一步提高 UCM 模块对城市环境描

述的准确性从而提高模拟结果的可信度。虽然天津

地区凌晨 02:00 至上午 09:00（图 12b）以及 DOWN
地区上午 10:00～20:00（图 12d）是中高层垂直运

动增强、降水增加的时段，但 CAPE 在相应的时段

内并没有增加，反而有所减少，这说明城市地表特

征对降水的影响不仅由上述两种因素控制，还可能

与城市热岛环流引起的低层水汽输送的改变有关，

关于此还需要进一步的探讨。 

5  结论 
本文利用京津冀地区 24 个气象观测站的日降

水资料和耦合有单层城市冠层模式的中尺度模式

WRF 的模拟结果，研究了城市地表特征对京津冀地

区夏季降水的影响，主要的结论如下： 

图 14  U09 与 NoUB 模拟的夏季平均的地表潜热通量（单位：W/m2）之差的空间分布  

Fig. 14  Spatial pattern of the difference in summer latent heat flux (units: W/m2) between ExptU09 and ExptNoUB 
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（1）在京津冀城市面积迅速增长的近三十年

（1981～2010），该地区大部分站点的降水量都呈

现减少的趋势，减少 明显的站点主要集中在京津

唐城市区域。北京、密云和唐山站点降水量的减少

趋势均在−60 mm/10 a 以上，天津宝坻和塘沽站点

的减少趋势也分别达到了−45.7 mm/10 a 和−34.1 
mm/10 a，其中≥50 mm 等级降水量的减少趋势占

总降水量减少趋势的 50%以上，说明京津唐城市区

域降水量的减少很大程度上是由极端降水的减少

引起的。 
（2）通过对比分析控制试验与敏感性试验的模

拟结果，发现城市化引起的地表特征的改变使北

京、天津、唐山主要城市地区的降水量和降水频次

明显减少，而城市群下风向的降水量和降水强度明

显增加和增强。其中 50 mm 以上等级的降水量变化

为显著，贡献率在 60%以上，地表特征的改变使

北京、天津和唐山城市区域 50 mm 以上等级降水量

的百分比下降了 6%～20%，DOWN 区域增加了

8%。值得一提的是，城市地表特征仅使天津城市区

域 0～5 mm 的小降水事件和 50 mm 以上的极端降

水事件减少，而其他等级的降水明显增加，造成这

一结果的内在机理还需要进一步的探究。 
（3）城市地表特征影响了主要城市和城市群下

风向地区降水量的日变化结构：使北京和唐山城市

区域几乎所有时段降水量都有所减少；天津地区降

水量的减少发生在上午 10:00 至凌晨 01:00，而其他

时段降水量是增加的；城市群下风向降水量的增加

集中在白天，夜晚降水量减少。 
（4）研究发现城市地表特征对深对流的抑制

（加强）可能是造成京津冀地区降水减少（增多）

的一个重要原因，而由于城市地表蒸发量的改变引

起的潜热通量和对流有效位能（CAPE）的改变则

可能是使深对流变化的重要因素。 
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摘  要  利用北京城区污染观测站 2006～2013 年夏季可吸入颗粒物 PM10 逐日浓度检测资料，挑选所有 PM10
浓度大于 150 μg/m3的个例，合成分析华北及北京地区风场变化情况，发现风速在污染当天变化不明显，南风与

PM10 的相关性普遍为正，污染当天各区南风增加较大，太行山一带甚至增长了 5 倍。南风异常可能会使河北、

山东等地污染物向北京输送，造成北京大气污染。同时我们分析北京夏季空气污染时大气环流特征。在 500 hPa
与 200 hPa，北京和内蒙古上空有显著的高压异常。在 850 hPa，环流场表现为东正西负的高度场异常，其中北京

在正负异常分界线上。低层气压梯度异常会造成北京和以南地区南风异常。同时，我们发现北京污染天气伴随的

高空环流异常具有准定常特征。在污染前 4 天，蒙古上空存在一个显著的高层高压异常。该高压异常增强并向南

延伸，在污染当天控制北京和内蒙古。在污染消退期，该异常也逐渐消退。但在消退后第四天，北京和内蒙古上

空依然受高压异常控制。这表明北京夏季污染和高空准定常环流异常有关。 
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Abstract  All the summer air pollution cases in Beijing during the period of 2006 to 2013 are identified based on daily 
PM10 concentration data collected at stations in urban area of Beijing. A pollution case is determined if daily mean 
maximum PM10 concentration satisfies the criterion PM10 concentration ＞150 μg/m3. The corresponding atmospheric 
circulation patterns are then analyzed. It is found that the PM10 concentration in Beijing is significantly correlated with 
southerly winds in the surrounding regions of Beijing. When PM10 concentration is high in Beijing, strong southerly wind 
anomalies tend to appear to the south of Beijing with the maximum southerly wind anomalies along the eastern flank of 
the Taihang Mountain. Since pollution emissions are large in some regions to the south of Beijing, southerly winds 
apparently are favorable for pollution transport from Hebei and Shandong to Beijing, resulting in air pollution in Beijing. 
During periods of air pollution, positive geopotential height anomalies occur in the middle and upper troposphere above 
Beijing and Inner Mongolia; in the lower troposphere, positive pressure anomalies occur in the east and negative 
anomalies occur in the west. Beijing is located in between the positive and negative pressure anomalies, where the surface 
pressure gradient anomalies lead to southerly wind anomalies in the regions surrounding Beijing. Furthermore, the 
positive geopotential height anomalies in the upper-level associated with air pollution in Beijing are quasi-stationary, 
indicating that summertime air pollution in Beijing is possibly associated with quasi-stationary circulation anomalies. 
Large positive geopotential height anomalies in the upper troposphere over the Mongolia often establish four days before 
the pollution occurrence. Such anomalies gradually extend southward and strengthen, and eventually control Beijing and 
Inner Mongolia on the pollution day. As the anomalous circulation pattern weakens, air pollution diminishes 
correspondingly. However, positive geopotential height anomalies still control Beijing and Inner Mongolia four days after 
the pollution disappears, suggesting that summer air pollution in Beijing is highly correlated with upper-level 
quasi-stationary circulation anomalies. 
Keywords  Pollutant transport, PM10 concentration, Composite analysis, North China, Anomalous geopotential height 

 

 
1    引言 

 
PM10 指空气动力学当量直径≤10 μm 的颗粒

物，Cheng et al. (2013) 利用中国环保局规定的空气

污染指数 (Air Pollution Index, API)，估算出 2001～
2011 年日 PM10 浓度，发现在中国大陆，PM10 每

年以主要污染物出现的天数超过 320 d，比重达到

88%，是中国大陆主要空气污染物 (Chan and Yao, 
2008)。高 PM10 尤其是同时高细颗粒物（PM2.5）
浓度结合高相对湿度和低风速，会形成薄雾、大雾、

霾，对能见度有不同程度的影响，两者之间存在负

指数关系 (Zhao et al., 2011)。同时，随着中国高速

的城市化进程，城市人口不断上升，城市高 PM10
浓度导致更多的人遭受由此造成的心血管疾病、呼

吸道疾病、慢性支气管炎，死亡人数不断增多(Guo 
et al., 2013; Cheng et al., 2013)。 

为改善环境、保持空气清新、降低 PM10 浓度，

国家采取了一系列措施，如对机动车、水泥厂和烧

煤发电厂出台严格的气体排放标准；开发新能源和

可再生资源，大力推广风能和太阳能；大型电厂安

装气体过滤装置 (Lei et al., 2011)。然而，华北地区

由于特殊的产业结构、工业比重和人口基数，

PM2.5、PM10、NMVOC、SO2 和 NO2 排放量大，

为带动 GDP、保证能源供应和稳步发展，2000 年

以后，河南、山东、河北一带新建了许多发电厂、

水泥厂和钢铁厂，使得华北地区空气污染进一步加

重（图 1；Zhang et al., 2009）。 
北京市位于（39°56′N，116°20′E），地处华北

平原西北边缘，东面毗邻天津市，其他三面被河北

省包围，北京地形西北高、东南低，平均海拔在 20～
60 m，太行山位于它的西南面，燕山位于西北面，

两山在南口关沟相交，形成一个向东南展开的半圆

形大山弯。伴随着经济的快速发展，城市化进程和

人口膨胀，北京正经历着能源消费和机动车需求的

高速增长期，加之复杂的地形，被高污染工厂包围，

近几十年北京城区的空气污染天数不断增加（赵普

生等，2012）；北京 PM10 日平均浓度是伦敦和东

京的多倍，PM10 中所含的金属和离子浓度也远高

于世界其他城市 (Okuda et al., 2004, 2008; Furuta et 
al., 2005; Charron et al., 2007)。 

前人对北京及华北地区污染进行了大量研究。

Chen et al. (2007) 耦合 MM5-CMAQ，用 zero-out
方法得出 1 月、4 月、6 月、10 月外源对北京 PM10
贡献分别为 23.4%、37.9%、40.0%、37.4%，河北

贡献 大；Zhu et al. (2011) 用 2003～2009 年的数

据，通过轨迹聚类和 PSCF 方法得出远距离输送对

北京 PM10 贡献为 39.3 μg/m3
，占城区 PM10 浓度
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的 26.0%，夏季污染输送路径主要为南路、东路和

东南路三条；Chen et al. (2008) 认为北京污染与大

气环流异常关系密切，高压、连续低压和锋面过  
程分别对应着污染加剧、污染 重和污染减轻过

程；Chen and Wang (2015) 通过气候和环流分析的

角度，发现东亚冬季风系统减弱年份，利于华北地

区雾霾天气的形成和维持；Zhu et al. (2012) 认为

东亚夏季风较弱的年份，华北上空 850 hPa 风场辐

合，导致华北地区空气污染加重；Liu et al. (2013) 
指出春季 El Niño 由暖位相向冷位相的转变速率，

影响随后的东亚夏季风环流，菲律宾海反气旋异常

导致华北地区夏季气溶胶光学厚度增加，污染加

剧。 
北京北部地区受地形影响，地表被农作物、

森林、自然保护区覆盖，南部人口、工业密集，

易受周边城市（如天津、廊坊、保定、唐山等）

污染扩散和输送的影响，所以北部空气质量优于

南部地区(Gao et al., 2014)。本文关注北京南部的

污染，利用北京城区污染观测站 2006～2013 年 8
年夏季可吸入颗粒物 PM10 逐日浓度检测资料，

提取污染较重的日子进行合成，分析对比轻重污

染当天北京及周边省份风场的差异。本文这样考

虑主要基于以下几点原因：首先，前人对北京污

染多集中在春、秋、冬季，夏季污染较轻，研究

较少 (Wang et al., 2006; Wu et al., 2009; Gao et al., 
2015)；其次，多数研究针对个别重污染过程或典

型过程，并不能说明普遍问题 (Wang et al., 2004；
Ji et al., 2011)；再者，前人涉及风场对污染输送的

多基于模式结果或单纯讨论北京局地风场的影

响，并进行相关的敏感性试验，较实际情况存在

偏差 (Chen et al., 2008; Wang et al., 2010; Lang et 
al., 2013)。本文通过高密度地面观测风场数据和

再分析数据，较详细地分析局地和周边风场、高

度场对北京污染的影响，为进一步了解和治理北

图 1  华北地区（a）PM2.5、（b）PM10、（c）黑碳（BC）、（d）有机碳（OC）的分布（数据来源于 INTEX-B 格点排放清单） 

Fig. 1  Distributions of (a) PM2.5, (b) PM10, (c) black carbon (BC), and (d) organic carbon (OC) in North China (analyzed data are derived from yearly 

INTEX-B Emission Inventories) 
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京夏季污染提供可靠依据。 
 
2  数据来源及处理 

 
可吸入颗粒物 PM10 逐日浓度检测资料来自于

北京海淀区万柳空气质量自动监测站和市区 12 个

国控点的平均值，对比两套数据重合时段，差异不

大，都对北京城区污染情况有很好的代表性。

2006～2013 年夏季逐日资料，共有 736 d。2012 年

2 月 29 日国家出台第三版《环境空气质量标准

（GB3095-2012）》（白爱民，2013），在 PM10 的基

础上又添加了 O3、PM2.5、CO 浓度标准，其中 PM2.5
的 24 h 平均浓度的一级标准和二级标准分别为  
35 μg/m3

和 75 μg/m3
，PM10 浓度分别为 50 μg/m3

和 150 μg/m3
。本文以 PM10 浓度为参考，根据 API

选取 150 μg/m3
污染个例的划分标准，一方面本文

主要关注周边风场的变化情况，在进行区域细分

的前提下再对污染个例细分，讨论过程将复杂化；

另一方面，考虑夏季污染较其他季节轻，空气质

量为重度污染的天数少 (Cheng et al., 2013)，为确

保挑选的样本量足够大，反映普遍的规律，以  
150 μg/m3

作为划分标准；再者，当空气污染指数

达到三级或三级以上，即 PM10 浓度＞150 μg/m3

时，就会对人体或环境产生危害，分类有现实意

义。将 24 h平均浓度≤150 μg/m3
定义为非污染日，

24 h 平均浓度＞150 μg/m3
为污染日，其中污染日

共 110 d，占总样本的 14.9%。夏季污染较其他季

节轻，一方面夏季不存在供暖，本地源排放较轻；

其次夏季高温不易形成深厚的逆温，垂直扩散强

烈；再者受东亚夏季风影响，气流由湿度高的区

域向低的区域吹，造成北京夏季降水频繁，占全

年降水量的 75%以上，有效地减缓污染（黄荣辉

等，2008; Zhang et al., 2013）。气象资料则用华北

地区 444站一日 4次风场数据，时间从 2006～2013
年共 8 年。在数据处理上，将含有缺测值和无效

值站点直接剔除后剩下 315 个站点。结合 JRA-55
再分析数据，水平分辨率为 1.25°（纬度）×1.25°
（经度），分析污染过程中 200 hPa、500 hPa 及 850 
hPa 的高度场和风场变化。JRA-55 是 JRA-25 的升

级版，有逐日和逐月数据，是世界上第一套时长

超过 50 年，包含四维变量同化系统的全球大气再

分析数据。这里我们选用逐日再分析数据 (Shinya 
et al., 2015)。 

 
3  北京及周边夏季平均风场 

 
夏季，纬向均匀的经向太阳辐射加热差及经向

海陆热力差异造成东亚大陆和西北太平洋温度梯

度，引起气压场的变化，亚洲热带季风环流得以建

立，在此基础上，受纬向海陆热力差异影响，形成

副热带季风。风场上表现为低纬西南风转变为中纬

东南风，在山东大部、河北东部和天津、北京等地

盛行偏东风和东南风。环渤海和山东临海地区，由

于纬向海陆热力差异，气压梯度较大，这些地区风

速明显较大，受北京城区粗糙下垫面和北部燕山影

响，北京地区风速明显小于临近的天津；河北西部

太行山阻挡，使得东西部风场差异明显，形成一辐

合带，山西地区山地为主，地形复杂，受山谷风和

地形阻挡影响，风速普遍较小，风向比较复杂（图

2）。 
 
4  污染日当天风场特征 
 
4.1  地面风场特征 

本节选取北京城区 2006～2013 年 8 年夏季

PM10 逐日浓度检测资料（共 736 d）及对应时段风

场资料，讨论当空气质量较差时风场的变化情况。

如图 3 所示，北京夏季污染严重时，华北地区有明

显的南风异常，有利于污染物向北输送，具体的风

场特征如下：1）燕山山前偏南风，有利于山前污

染汇聚；2）位于北京东南的天津、廊坊、唐山东

南风增强，污染物由东南向往北京输送；3）在太

行山东南有明显的南风增强带，与山走势一致，

大风速达到 1.3 m/s 左右，该强南风带向南一直延

伸到河南境内，靠近北京地区较弱，但也有 0.4 m/s，
存在风速辐合，有利于 PM10 的聚集。风场变化图

可以明显发现 3 条输送通道，东路、东南路和偏南

路，位于太行山地区的偏南通道，风场变化 为明

显，对外源输送贡献 大，环渤海地区风场变化也

比较明显，经过天津，从东南方向影响北京空气质

量，东路风场变化较小，但燕山对污染的汇聚作用，

使得这条输送通道同样重要（苏福庆等，2004; Zhu 
et al., 2011）。这些污染物输送通道有利于北京污染

爆发。 
依据地形和夏季污染输送通道对华北地区进

行简单划分（图 4）。如表 1 所示，污染日与非污染
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日风速都较小，污染情况下，各区风速或增或减，

变化不明显 (Zhang et al., 2013)。南风分量的变化较

明显，相较于平均值，各地区增量分别为 0.39 m/s、
0.37 m/s、0.26 m/s、0.60 m/s 和 0.61 m/s，风速翻番，

太行山一带甚至增长了 541%。各区东风也有不同

程度的增减，且以增加居多，增幅较南风小，北京

地区东风增加明显，增幅达到 86.3%，但唐山、秦

皇岛等东面地区和太行山一带东风增加很小，山 

图 2  2006～2013 年夏季平均地表风场�

Fig. 2  Summertime average wind vectors for the period from 2006 to 2013 

图 3  夏季污染日与非污染日地表风场差值（通过 95%信度检验） 

Fig. 3  Differences in wind vectors between pollution days and non-pollution days in the summer (all vectors shown in the figure pass the 95% confidence test) 
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表 1  5 个地区夏季平均非污染日和污染日风速 
Table 1  Average wind speeds in the summer for non- 
pollution days and pollution days                   m/s  

  非污染日风速 污染日风速 

地区 

平均 

风速 

南风 

风速 

东风 

风速 

平均 

风速 

南风

风速

东风

风速

北京城区 1.632 0.159 0.168 1.658 0.621 0.367

河北境内燕山南部 1.703 0.186 0.268 1.741 0.621 0.272

山西大部分地区 1.751 0.109 0.212 1.744 0.415 0.352

河北境内太行山东部 1.802 0.006 0.235 1.759 0.710 0.294

山东大部分地区及河北 

东南、天津南部 

1.990 0.294 0.378 1.970 1.002 0.348

东地区出现负增长，一方面我们区域的划分主要侧

重南风输送，对东风的考虑较少；另一方面也可能

受海陆风及山谷风的昼夜交替变化影响。 
4.2  环流特征 

图 5 反应不同高度污染日与非污染日位势高度

和风场的异常。850 hPa 高度场主要表现为东西反

向变化，在北京西侧地区（如蒙古、贝加尔湖及中

国内陆地区）有负的高度场异常，在北京以东的地

区有正的高度场异常。东西气压梯度和图 3 中近地

表南风异常一致。在 500 hPa 和 200 hPa，高度场异

常主要表现为北京和内蒙古上空的显著的高压异

图 4  华北地区地形分布（1 山西大部分地区；2 河北境内太行山东部；3 山东大部分地区及河北东南、天津南部；4 河北境内燕山南部地区；* 北

京城区） 

Fig. 4  Topography in Beijing and the surrounding area (1 most of Shanxi, 2 east of Taihang Mountain in Hebei, 3 most of Shandong and southeastern Hebei 

and southern Tianjin, 4 southern Yanshan Mountain in Hebei, * Beijing urban area) 

图 5  污染日与非污染日（a）850 hPa、（b）500 hPa、（c）200 hPa 位势高度场差（填色）和风场差（矢量）合成图（*表示北京的位置） 

Fig. 5  Composite differences in wind vectors and geopotential height（shadings）between pollution days and non-pollution days (* denotes the location of 

Beijing) at (a) 850 hPa, (b) 500 hPa, and (c) 200 hPa 
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常。结果表明，夏季污染严重的时候，北京高空主

要受高压异常控制，低层受南风异常控制。 
 

5  北京污染事件伴随的环流演变过程 
 
5.1  地面风场变化 

   挑选北京城区、近郊 7 个站（39.98°N～

40.04°N，116.05°E～116.65°E）污染事件前后 10
天风向、风速进行分析。发现北京城区污染物浓度

在四天前开始增加，两天前增加剧烈，PM10 浓度

从 135 μg/m3
增至污染当天 190 μg/m3

，污染后两天

又急剧下降，减至 120 μg/m3
，后波动下降，呈现单

波峰形态。北京城区作为受污染地区，风场变化较

复杂，污染过程各地区西风比重很小，静风比重变

化不大，东风风速、风频在前两日出现 小，后开

始增加，变化与燕山南部一致，只是幅度较小，污

染结束后，东风减小但频率依旧增大；南风在前四

天开始增大，至前两天达到峰值，早于 PM10 浓度

的峰值，风频同步增大，相应的北风风频减小；风

速持续波动减小，并在前两天达到 小（图 6）。南

风和风速的共同作用，体现了污染物的汇聚和输送

过程，同时特殊地形对气溶胶的滞留作用，共同造

成北京的污染（廖晓农等，2014）。污染过后，南

风风速、风频减少，东风减小，来自周边城市的污

染输送减小，北风风频增加，整体风速增大，带来

清洁空气，降低污染物浓度，空气质量好转，污染

过程得以结束 (Zhao et al., 2009)。太行一带南风增

加 明显，风速从 0.05 m/s 增至 0.7 m/s，南风风频、

风速的增加有利于污染物的持续输送，导致城区污

染浓度不断增加。风速变化表现为污染前先减少后

增加趋势，并在污染前第二天左右有一波谷，山区

附近在污染前一天风速增加明显（图略）。 
对比 PM10 浓度≤50 μg/m3

的空气清洁情况，

南风风频减小剧烈，北风风频增加，东风风频也有

减小，风速变化不明显，基本在 1.6 m/s 附近震荡，

东风明显减小，南风减小，且风向由南风变为北风， 

图 6  污染（当天 PM10 浓度＞150 μg/m3，左列）及清洁（当天 PM10 浓度≤50 μg/m3，右列）前后 10 天风场变化（0 对应当天情况，正值对应污

染后，负值对应污染前）：（a、b）PM10 和风速、东风、南风随时间变化，（c、d）静风、东西南北风风向天数占总天数比重随时间的变化。考虑合

成风速比对应东风、南风风速大得多，所以图中风速在原来基础上减小了 1 m/s 

Fig. 6  Daily variations of the wind field during pollution (PM10 concentration is larger than 150 μg/m3, left panel) and cleaning process (PM10 

concentration is less than or equal to 50 μg/m3, right panel. Positive, negative, and zero values corresponds to post-pollution, pre-pollution, and pollution 

days, respectively): (a, b) PM10 concentration, composite wind speed, corresponding easterly and southerly wind speeds and (c, d) the proportions of days 

with calm wind, east wind, west wind, and south and north wind in the total number of days. Composite wind speeds decrease by 1 m/s compared to the 

original data 
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图 7  污染过程 850 hPa 位势高度场与夏季平均位势高度场的差值（带点区域表示通过 95%的信度检验，* 为北京的位置）：（a）污染前的第 4 天；

（b）污染前的第 2 天；（c）污染当天；（d）污染后的第 2 天；（e）污染后的第 4 天 

Fig. 7  The geopotential height differences between days of pollution and summer average (areas with dots pass 95% confidence test and * represents the 

location of Beijing): (a) Four days before the pollutions; (b) two days before the pollutions; (c) the days of pollutions; (d) two days after the pollutions; (e) four 

days after the pollutions 

图 8  与图 7 相同，但是 500 hPa 

Fig. 8  Same as Fig. 7, but for 500 hPa 
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风速达到 0.5 m/s。北风的增强，将北方干洁空气输

送至北京，导致北京地区 PM10 浓度小，空气质量

好。 
污染过程风速绝对值大小变化很小，污染日和

非污染日的风速对比也很小，因此风速对夏季污染

影响远小于冬季 (Zhang et al., 2013; Wang et al., 
2014)，但经向风方向的变化与 PM10 浓度关系密

切，南风增强污染加剧，北风增强空气清洁。 
5.2  环流场演变特征 

在 850 hPa，污染前第 4 天北京地区受高压异

常控制，中心位于黑龙江，强度为 16 gpm，在前 2
天，高压异常减弱，北京仍然受弱高压异常控制，

上游低压异常发展。在污染当天，北京上空高压异

常东移，上游形成低压异常，北京位于正负高压异

常交接处。污染过后，低压异常逐渐占据北京上空，

无明显的环流形势，污染过程结束（见图 7）。 
在 500 hPa，污染爆发前 4 天，北京位于高压

异常南侧，中心位于蒙古。至前 2 天，高压异常南

下，且中心强度增大至 20 gpm 以上，北京地区受

高压控制。污染当天，高压异常继续南下、东移，

强度不变，较为稳定，受其影响，华北、山东一带

也被高压控制。污染过后，高压异常逐渐衰减，但

北京地区仍受其控制（见图 8）。 
200 hPa 高度场演变特征和 500 hPa 类似。污染

发生前 4 天，经向存在南北正—负型的高度场异常。

污染过程，高压异常不断增强南伸，使北京受高压

控制。污染过后，高压异常开始减弱东移，上游地

区的低压异常逐渐东伸。总体来说，200 hPa 和 500 
hPa 环流异常东移速度较慢，类似于阻塞环流异常

（见图 9）。 
 
6  总结 

 
利用华北地区高密度地面台站风场数据和

JRA-55 再分析数据，对北京城区污染过程风场和高

度场进行分析。发现污染当天，华北地区南风风速、

风频普遍明显增大，太行一带增幅 大，北京城区

东风略有增加，风速变化不明显，清洁天趋势相反。

风场变化图可以明显发现 3 条输送通道，东路、东

风场变化 为明显，对外源输送贡献 大，环渤海

地区风场变化也比较明显，经过天津，从东南方向

影响北京空气质量，东路风场变化较小，但燕山对

污染的汇聚作用，使得这条输送通道同样重要。 
北京污染过程同时伴随着显著的环流异常。本

图 9  与图 7 相同，但为 200 hPa 

Fig. 9  Same as Fig. 7, but for 200 hPa 
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文的分析结果表明，夏季污染严重的时候，北京主

要受高层高压异常和低层受南风异常控制。在低

层，北京西侧地区（如蒙古、俄罗斯贝加尔湖及中

国内陆地区）有低压异常，在北京以东的地区有高

压异常，北京及华北受南风异常控制。在高层，北

京及内蒙古上空有显著的高压异常。 
本文中轻度污染个例较多，有利于寻找夏季污

染的普遍规律，但因为主要考虑外源输送对北京城

区污染的贡献，未讨论本地源排放和光化学反应导

致的二次污染过程，及气溶胶的直接、间接效应对

局地气候的影响，以及再反馈至夏季 PM10 浓度

(Akimoto, 2003; Lau and Kim, 2006; Wang et al., 
2015)，得到的结果有一定的局限性。同时，由于用

PM10 浓度作为标准筛选个例分析风场和高度场变

化，而夏季风场更有利于 PM2.5 输送，所以围绕

PM10 分析的效果不如 PM2.5 好 (Lang et al., 2013; 
Hu et al., 2014)。此外，局地气压、温度、湿度等其

他气象要素在本文也未涉及。这些会在以后的研究

中陆续展开深入。 
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摘 要 对1980～2014年中国中东部地区324个台站的持续性霾天气的时空变化和相关气象影响因子进行分析，

结果表明：中东部地区年平均持续性霾事件和其在所有霾事件的贡献比例逐年增加，增长率分别为0.79 (10 a)-1

和2.7% (10 a)-1。主要表现为3个大值区：华北平原地区（包括山西省、京津冀地区）、长江三角洲和四川盆地东

部，增加最显著的区域位于黄淮地区，增长率分别为6.3 (10 a)-1、13.95 d (10 a)-1。1月是持续性霾事件的高发月，

月均 2.56 d。夏季和秋季持续性霾事件增加最为明显，增长率分别为 0.38 (10 a)-1和 0.46 (10 a)-1。不利的气象条

件，如静风日数的增加，风速和大风日数的减少，以及不利的环流形势，如东亚冬季风的减弱，都可能造成持续

性霾天气的增加和异常维持。
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Abstract The spatial and temporal variations of persistent haze events and their related impact factors were analyzed by
using 324 stations in the central and eastern China during 1980-2014. The results show that the annual average frequency
of persistent haze events and their contributions to total haze events increase year by year, with growth rates of 0.79 (10
a)-1 and 2.7% (10 a)-1, respectively. It is represented by three large-value areas: The North China Plain (including Shanxi
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Province, Beijing-Tianjin-Hebei region), the Yangtze River Delta, and the eastern Sichuan Basin. The most significant
increase appears mainly in Huang-Huai area, with a growth rate of 6.3 (10 a) -1 and 13.95 d (10 a) -1. At the same time,
persistent haze events show obvious seasonal and monthly changes. January is the highest incidence month with 2.56 d,
meanwhile high frequency appears in summer and autumn, with a growth rate of 0.38 (10 a) -1 and 0.46 (10 a) -1.
Unfavorable meteorological conditions, such as increasing windless days, decreasing wind speed and gale days, and
adverse circulation situations, such as the weakening of the East Asian winter monsoon, have resulted in an increase in
persistent hazy days and its abnormal maintenance.
Keywords Persistent haze event, Non-persistent haze event, Haze days

1 引言

《霾的观测和预报等级》（QX/T 113-2010）规

定，霾是大量极细微的尘粒等均匀地浮游在空中，

使空气混浊，水平能见度小于 10 km的天气现象。

近年来，随着中国经济的快速发展和城市化进程的

加速，大气污染问题愈发显著，重霾事件频发，影

响了经济持续健康发展。以霾为表征的低能见度事

件，更成为影响人民群众身体健康的环境风险因素

之一，由于可能造成严重的呼吸道、肺癌、哮喘和

心血管疾病(郭锋等, 2014; 谢元博等, 2014; 张英娟

等, 2015)，受到了广泛关注。

自我国早期研究霾污染的论文(Wu et al., 2005;
吴兑等, 2006)相继发表以来，对霾天气的研究已经

取得了诸多进展。其时空分布特征、气象影响因

子、污染影响因子、气溶胶粒子谱分析、数值模拟

等方面都得到了大量研究结果(吴兑, 2012)。前期

研究表明，我国年平均霾日数呈现增加的趋势，其

中西北和东北部为少发区，京津冀、长江三角洲和

珠江三角洲地区为多发区(吴兑等, 2004, 2010; 高
歌, 2008; Han et al., 2016; 潘玮等, 2017)。冬季是霾

事件易发季节，占年所有霾事件数的 1/3(吴兑等,
2010; 孙彧等, 2013)。研究表明霾天气的出现，能

源消耗是内因，人为排放污染是出现污染天气的本

质(吴兑等, 2006; 张小娟等, 2014; Han et al., 2016)。
而气象条件和边界层结构的变化作为外因，通过降

水、风速、环流等条件的变化，起到加重（减

轻），以及延长（缩短）霾天气的持续时间的作用

(胡亚旦和周自江, 2009; Ding et al., 2017)。
随着霾天气的增加，一个越来越显著的问题是

重霾天气持续时间变得更长，污染程度更高。由于

人体持久暴露在不良环境中，持续性霾事件会对人

体健康带来更大的威胁(谢元博等, 2014)，因此对

重大持续性霾事件个例的分析较多。如2013年1月

我国中部、东部大部分地区出现的持续性霾天气，

由于能见度低、范围广、持续时间长，以空前的复

合污染，严重威胁了人们的生产生活和经济的健康

发展。研究发现，化石燃料燃烧排放的大量NOx一

次污染物向颗粒态的快速转化，是本次强霾事件加

重的内部促发因子，东亚冬季风减弱，平流层增

温，近地面风速减弱是主要外部条件(石春娥等,
2013; 王跃思等, 2014; 张人禾等, 2014)。同时，多

数研究集中于对区域性持续性霾天气的个例分析。

例如，张英娟等(2015)、Ding et al.(2017)研究发现

京津冀地区 1981～2013年非持续性霾变化不明显

但持续性霾日数呈现增加趋势；范引琪和李春强

(2008)发现夏季能见度趋势最显著。石春娥等

(2018)发现 1980 年以来安徽持续性霾过程增多，

2000年后明显增多。也有部分文章探讨了气象条

件与重大持续性霾事件之间的相关关系(吴兑等,
2014; Ding et al., 2017; 孔锋等, 2017)。

中东部地区是我国经济发展最为迅速，人口最

为集中，灰霾事件发生最为频繁的地区，研究该地

区持续性霾天气的变化具有重要意义。本文尝试对

中国中东部的持续性霾事件的时空分布及气象影响

因子进行深入分析，希望能对全面了解霾日数的变

化及治霾措施提供理论依据。

2 资料及分析方法

2.1 资料

本文所用资料来自国家气象信息中心提供的

1967～2014年中国 2472站点地面日观测资料（包

括温度、10 m风速、相对湿度和降水量）；中国地

面气候资料天气现象日值数据集的天气现象（包括

雾、轻雾、烟幕等），和地面气候资料定时值数据

集一天 4 次（协调世界时 00:00、06:00、12:00 和

18:00）的能见度资料，均通过了质量检验。李雄
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（2010）研究发现资料跨越1980年只在部分地区连

续可靠，因此选择了1980～2014年作为研究时段，

同时，根据数据的连续性和站点的一致性，最终共

挑选出我国中东部地区（42°N以南、100°E以东）

共324个站点（地理分布如图1）。
同 时 采 用 1980～2014 年 NCEP-DOE

Reanalysis 2(https://www. esrl. noaa. gov/psd/data/
gridded/data.ncep. reanalysis2.pressure.html[2019-04-
13])再分析资料，来源于NOAA/OAR/ESRL PSD，

它是NCEP Reanalysis 的改进版本，修复了物理过

程的错误并更新了参数化方案(Kalnay et al., 1996)，
空间分辨率为2.5°（纬度）×2.5°（经度），主要选

用风场、温度场、相对湿度场、海平面气压和位势

高度场的逐月数据。

2.2 分析方法

目前国内外对霾还没有一个统一的判定标准。

多数研究用能见度资料辅助相对湿度区分雾（轻

雾）和霾(Schichtel et al., 2001; Doyle and Dorling,
2002; 吴兑等, 2010; 丁一汇和柳艳菊, 2014)。目前

3 种常用的判定方法中，被国际广泛采用的是以

14: 00 实测能见度＜10 km，日平均相对湿度＜

90%，天气代码为01（露）、02（霜）、03（结冰）、

04（烟幕）、05（霾）、10（轻雾，mist）、42（雾）

(Doyle and Dorling, 2002; Che et al., 2007; 范引琪和

李春强, 2008)。本文沿用这一思路。同时，根据气

象局标准《霾的观测和预报等级》(中国气象局,
2010)，一次霾事件指从有烟幕或霾发生到结束，

一次持续性霾事件称为连续 2 d及以上的霾事件。

由此得到了中国中东部霾事件的时空分布。

为了了解其长期变化趋势，计算了气候趋势系

数，分别计算其月季、四季和年代际变化。同时利

用Pearson相关比较了霾日与影响因子之间的关系，

用 t检验进行显著性分析。

3 结果分析

3.1 年平均持续性霾天气的空间分布

从霾事件多年平均分布图上来看，霾事件多发

区多集中于6个区域，分别为北京—河北—山西地

区、四川盆地、长江中下游地区、广东西部和广东

东北部、辽宁省，以及江西北部，且高值区都集中

于长江流域以北。中国中东部存在3个明显的大值

区，分别位于华北平原（主要位于山西省和京津冀

地区）、长江三角洲的安徽省附近和四川盆地东

部，是所有霾事件（图 2b）也是持续性霾事件

（图2a）的多发区，且两种事件的多年平均分布情

况具有很高的空间一致性。我国西北部地区和内蒙

古地区是霾事件的低发地区，年平均持续性霾次数

不足1次，贡献比率（图2c）也很低（＜5%）。四

川盆地川渝交接处的城市群霾事件发生率最高，平

均为 37.13次，同时持续性霾污染最为严重，年平

均持续性霾天气达到了 18.45 次，贡献比例高于

69%。山西省霾事件高发区集中在北部，最高年频

次达 44次，而持续性霾事件主要集中于东部，对

全年霾日贡献超过 50%。长三角地区霾事件频发，

但持续性事件多集中于安徽地区，贡献未达 50%。

另外广东、福建、山东等地年平均霾事件 22～28
次，持续性霾的贡献较小，基本都低于 30%。湖

南、江西交界处和广西省东部虽然霾事件发生率较

低，但存在两个年均霾事件相对高值区，对应持续

性霾的贡献率分别高于50%和45%。

而最长持续性霾（图 2d）天气集中出现在四

川盆地、山西省及辽宁地区，最长达 23 d a-1。中

国中东部年平均持续性霾事件为2.79次，所有霾事

件为 14.74次。空间表现为容易出现霾事件的地区

也更容易出现持续性霾天气。我国长江流域以南地

区虽然霾事件时有发生，但是相较之下连续性霾天

气对所有霾事件日数的贡献较小。

图1 中国中东部324个气象站点

Fig. 1 Locations of the 324 weather stations across central and

eastern China
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3.2 持续性霾事件变化趋势的空间分布

图 3a 给出了持续性霾日的变化趋势空间分布

情况。由图可知，持续性霾事件在全国呈现上升趋

势的站点为208个，占总台站个数的64.20%，其中

52.94%的站点通过了 0.05的显著性检验，呈现为

显著增加的站点主要位于 36°N以南。上升最显著

的区域主要是黄淮地区（河南—安徽—江苏），平

均为6.3 (10 a)-1。呈现下降趋势的站点为94个，其

中 39%通过了 0.05的显著性检验。下降地区主要

为东北东南部、河南南部、甘肃、青海和内蒙古西

部以及其他部分区域，其中河北省南部、京津冀地

区虽然是历史高值区，近些年持续性事件却呈现显

著下降趋势，其中下降最显著的站点位于北京和辽

宁省沈阳市，分别为－7.03 (10 a) -1 和－9.08
(10 a)-1。最长持续日数的变化趋势（图 3b）与之

类似，显示为增长的站点为202个，其中50%通过

了0.05的显著性检验，最长持续日数明显增加的区

域也是持续性霾事件增长最明显的区域。而显示出

明显降低趋势的站点仅为总站点的37%，两者空间

分布一致分布类似。

图2 1980~2014年中国中东部地区（a）持续性霾事件年发生频次、（b）所有霾事件年频次、（c）持续性霾事件年日数占所有霾事件日数

百分比和（d）年平均霾事件最长持续日数

Fig. 2 (a) Annual frequency of persistent haze events, (b) annual frequency of total haze events, (c) percentage of persistent haze days in the total

haze days, and (d) average longest-lasting duration of haze events across central and eastern China during 1980-2014
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3.3 持续性霾天气的时间演变

3.3.1 持续性霾天气的年际变化

为了解持续性霾事件的长期演变特征，我们分

析了 1980～2014年持续性、非持续性霾事件（持

续时间为 1 d）的时间演变情况，并给出每年持续

性霾事件在所有霾事件中所占比例（图 4）。由图4

可知，中东部地区2种霾事件都呈现增加趋势，都

表现为 2014年的激增，其中所有霾事件增长率为

0.79 (10 a)-1，持续性霾事件增长率为 0.90 (10 a)-1，

非持续性霾事件为 0.71 (10 a)-1。总体来说，非持

续性霾发生频率更高，平均发生10.49 a-1，而持续

性霾平均发生 4.25 a-1。持续性霾在 2000年以前呈

图3 1980～2014年中国中东部地区持续性霾事件（a）发生频次的变化趋势[单位：(10 a)-1]及（b）最长持续日数的变化趋势[单位：d (10

a)-1]。红色代表上升，黑色代表下降，圆点代表通过0.05的显著性检验

Fig. 3 The trend coefficients of spatial distribution of (a) the annual frequency of persistent haze events and (b) the longest-lasting duration of

persistent haze days across central and eastern China during 1980-2014 (red represents the increasing trend and black represents the decreasing trend;

the solid circles pass the significance test at 0.05 level)

图4 1980～2014年中国中东部地区持续性霾事件和非持续性霾事件年发生频次、持续性霾事件发生频次占总霾事件发生频次百分比的时间

演变

Fig. 4 The temporal variations of annual frequency of persistent haze events, non-persistent haze events, and the percentage of persistent haze

events in the total haze events across central and eastern China during 1980-2014
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现弱减小趋势，而非持续性霾事件呈现弱增加趋

势，2000年之后两者都呈现波动上升，在 2014年
迅速增加。持续性霾事件所占百分率总体上升趋势

更加明显[趋势系数达 2.71 (10 a)-1]，从 20世纪 80
年代的23.70%增加至2014年的41.45%。但由于该

百分比未超过50%，说明非持续性霾事件更容易发

生。该结论与前人研究基本一致。2000年以后我

国能源消耗与人均汽车保有量快速上升，随着燃煤

等能源消耗的迅速增加，霾日数迅速上升(孙彧等,
2013; 符传博和丹利, 2014; 符传博等, 2016)。同时，

与之对应，持续性霾日数对所有霾日数的贡献也逐

年增加，上升趋势最为明显，平均贡献率为

14.17%，贡献增长趋势为2.6% (10 a)-1，在2014年
达到最大，为40.16%。

3.3.2 持续性霾天气的季节变化

由于资料的限制，2014年冬季由于只有 12月
的数据被略去。从（非）持续性霾事件的季节演变

（图 5）来看，持续性霾四季出现概率为冬季>秋

季>春季>夏季，平均出现次数分别为 1.96、

0.94、0.83 和 0.50，与前人对霾的研究结果一致。

其中，夏季持续性霾呈现逐年增多的趋势，特别

是 2001年之后，增加趋势变得更为明显，为 0.52
(10 a)-1；秋季演变情况基本相同，2001年后增长

趋势变为 0.46 (10 a)-1；春季持续性霾在 1990年前

呈现弱下降趋势，且数目超过了秋季持续性霾，

之后稳定波动，在 2001 年前后开始呈现增加趋

势，但平均数目小于秋季霾，为 1.02。冬季持续

性霾时间变化波动较大，1992前冬季持续性霾数

目略大于其他三季之和，1993～2012年小于三季

之和，但 2013年异常大于三季持续性霾日数之和

（差值大于 1.23），造成了中国大部分地区严重的

持续性冬霾时间，得到了广泛关注。冬季总体呈

现增加趋势[增长率 0.16 (10 a)-1]，且 2010 年以后

增加迅猛。

非持续性霾事件主要表现为春霾和冬霾，平均

频次为 3.81和 2.79。且前期（20世纪 80年代）冬

霾大于后期（21世纪），并在 2011年达到最低值。

相比而言，夏霾和秋霾的增长速率更大，分别为

图5 1980～2014年中国中东部地区四季平均（a）持续性霾和（b）非持续性霾频次的时间演变

Fig. 5 The temporal variations of seasonal frequency of (a) the persistent haze events and (b) the non-persistent haze events across central and

eastern China during 1980-2014
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0.34 (10 a)-1和 0.32 (10 a)-1。2013年虽然持续性霾

事件激增，但是非持续性霾事件呈现为弱下降，

2014年霾事件有显著增加，但增长原因需要后续

的更多研究进行深入分析。

3.3.3 持续性霾天气的月季变化

图 6a展示了（非）持续性霾日数及频次的月

季变化。由图可知，持续性霾日数最高的两个月为

1月（月平均日数为 2.56 d）和 12月（月平均日数

为 2.26 d），相应频次也是最高的。非持续性霾日

数变化与之相同。3～9月非持续性霾事件出现频

次高于持续性事件，其他月份出现几率相比较低，

在 12 月持续性霾日数达到了非持续性霾日数的

1.26倍。图6b展示了中东部月平均的标准差分布，

可见 1月持续性霾日数的变化最为显著，其次为 2
月和12月。而5月相比其他月份偏弱。另外在6月
和 10月虽然平均持续性霾日数较低，但是标准差

较大，说明变化较为明显。相较之下非持续性霾日

数变化不显著。

4 持续性霾日增长的气象成因分析

已经发现风速、相对湿度、温度都会显著影响

霾的分布(张人禾等, 2014; Ding et al., 2017; Wu et
al., 2017)。一个直接的过程是，当局地污染浓度保

持不变，近地面风速减小，温度升高，相对湿度增

加都会导致霾的出现。而风速，由于其局地性强，

作用时间快，对污染起到了直接搬运作用，可以快

速改善局地空气质量。为了了解中国中东部地区近

35年持续性霾日数年际变化的气象成因，表1 给出

了相对湿度、地面温度、平均地面风速、静风日数

（日平均分速≤3 m/s）和大风日数（日平均风速≥
10 m/s）与年总持续性霾日数的相关关系。

由表 1 可知，相对湿度、温度、风速和静风

（大风）日数都与持续性霾日数显著相关，通过了

0.05的显著性检验。且在年际尺度上，相对湿度与

地面风速都和持续性霾日数呈负相关，相关系数分

别为－0.49与－0.43。年平均相对湿度和地面风速

都呈减小趋势，气候倾向率分别为－0.94%
(10 a)-1、－0.09 m s-1 (10 a)-1，说明相对湿度和风速

的减小有利于持续性霾事件的出现。温度增长率为

0.32 ℃ (10 a)-1，与持续性霾日数呈正相关（相关

系数为 0.42）。温度的增加会加重蒸发量与大气持

水量，利于污染粒子的吸湿性增长(胡亚旦和周自

江, 2009)，从而增加持续性霾的发生。

大风日数和静风日数的变化可以在一定程度上

表征大气稳定度的变化(宋连春等, 2013)。1980～
2014年间，中东部地区静风日数和大风日数基本

图6 1980～2014年中国中东部地区平均（非）持续性霾日数及频次的月平均变化：（a）月均值；（b）标准差

Fig. 6 The temporal variations of the monthly average percentage of persistent haze days and non-persistent haze days and frequency of persistent

haze events across eastern China during 1980-2014

表1 中国中东部地区年均持续性霾日数与有关气象要素之

间的相关关系

Table 1 The correlation coefficients between annual
persistent haze days and relevant meteorological factors
across central and eastern China

相对湿度

地面温度

地面风速

静风日数

大风日数

平均值

65.80%

11.95 ℃

2.22 m/s

274.70 d

18.12 d

气候倾向率（10 a）

－0.94%

0.32 ℃

－0.09 m/s

14.20 d

－4.60 d

相关系数

－0.49

0.42

－0.43

0.61

－0.52

信度检验

99.90%

99.90%

99.90%

99.90%

99.90%
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呈现相反的变化趋势。年平均静风日数为 274.70，
增加趋势明显，达到了 14.2 (10 a)-1，与持续性霾

日数相关系数为 0.61；而大风日数平均为 18.12，
减少明显，为－4.60 (10 a)-1，与持续性霾日数相关

系数为－0.52。静风条件下，往往可能伴有逆温层

的出现，不利于污染物的扩散和垂直风切变的出

现，气溶胶粒子可以长久的存在于空气中，导致持

续性霾的出现。同时，维持一段时间的霾天气，若

缺少大风的搬运，局地污染持续控制近地面层，使

差的空气质量得以维持。因此近 35年来静风日数

的剧烈增加，大风日数的减少都不利于霾的扩散，

这与前人对霾是研究结果相符合(Ding et al., 2017)。

5 2014年1月的气候异常特征

大气环流对霾的形成、输送和维持都起到了重

要的作用。前人研究发现，持续性霾事件的发生多

湿受到大尺度环流系统和行星尺度系统的影响。由

前文已知，一年之中，1月持续性霾日数最多且变

化最显著。而根据1月持续性霾日数演变情况（图

7d）可知，2014 年其持续性霾日数远远超过了

2013年。为了了解其中气候因子起到的作用，图6
给出了 2014年 1月对流层中层（500 hPa）和近地

面层气象场的距平分布。

由 1月海平面气压场显示（图 7a），中国大陆

主要被低气压所占据，而临近东海面有异常高压存

在，导致了2014年1月东亚冬季风偏弱，中国绝大

部分地区被偏南风所控制，也使得温度较常年偏高

（图7c），相对湿度比常年异常减小。同时，在500
hPa高度上，异常高压维持在中国大陆，在渤海、

京津冀地区存在高压中心，东亚大槽的减弱不利于

槽后的北方冷空气南下，而是在俄罗斯地区由平直

西风带直接输送到海洋上，使得中国地区地面风异

常减弱。这种高低层的配合，使得南方暖湿空气可

以更多的随低压东部的偏南风输送到中国北部地

图7 2014年1月中国中东部地区（a）海平面气压场（阴影）和850 hPa风场（箭头）、（b）500 hPa位势高度场（阴影）和风场（箭头）、

（c）近地面温度（黑色等值线，单位：℃）和相对湿度（阴影，%）的距平分布，（d）1980～2014年1月持续性霾事件频次的时间演变

Fig. 7 Composite anomalous distributions of (a) sea level pressure (shadings) and wind speed (vectors) at 850 hPa, (b) geopotential height

(shadings) and wind speed (vectors) at 500 hPa, and (c) near-surface air temperature (black contours) and relative humidity (shadings, %), and (d)

variations of the January frequency of persistent haze events across central and eastern China during 1980-2014
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区，制造了霾出现的有利湿度条件，而地面风速的

减小和温度的增加，抑制了对流发展，使得霾可以

在低层聚集，造成了1月中国中东部地区持续性霾

的异常维持。

6 结论

基于1980～2014年中国中东部地区324个气象

台站的地面观测资料，通过对持续性霾天气的时空

演变特征和有关气象要素和环流形势的分析，可以

得到如下结论：

（1）我国中东部地区持续性霾日多发于东南

部，主要呈现3个大值区，分别位于华北平原（主

要是山西省和京津冀地区）、长江三角洲和四川盆

地东部。而长江流域以南地区相较之下不易发生连

续性霾天气。

（2）持续性霾日数呈现逐年增加趋势，增长率

为 0.79 (10 a)-1，同时持续性霾日数的贡献比例逐

年增加，达 2.7% (10 a)-1。上升最显著的区域主要

是长江三角洲、山西省和河南省，下降最显著的地

区为山东省、河南南部。

（3）持续性霾事件的变化呈现明显的季节特

征，四季出现概率为冬季>秋季>春季>夏季，1
月出现频次最高。持续性霾天气夏季和秋季 2001
年后增加明显，分布为0.38 (10 a)-1和0.46 (10 a)-1。

冬季在 2010年以后霾日数增长明显。非持续性霾

事件主要表现为春霾和冬霾。

（4）不利的气象条件会加剧持续性霾事件的

出现和转移。持续性霾日数与相对湿度、平均风

速、静风日数呈显著正相关关系，相关系数分别

为－0.49、－0.43与 0.61，而与大风日数呈显著负

相关关系（相关系数为－0.52）。静风日数的增

加，风速和大风日数的减少，都不利于污染物的

扩散，近地层气溶胶污染积聚，从而造成了持续

性霾天气的出现。
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Abstract: The Western Pacific Warm Pool (WP), with the highest sea surface temperature (SST) in
the world, has strong impacts on the drought variations in Eurasia. However, since the little ice age
(1250–1850, LIA), the co-climatic drought pattern due to WP warming in Eurasia remains unclear.
This is a long-term warming background for the current warming period (CWP). In this paper, we
use both instrumental data and 1625 tree-ring width records from Eurasia to investigate the drought
patterns in both modern and historical periods. This study revealed two seesaw precipitation patterns,
namely the Central Asia–Mongolia (CAMO) and Northern Europe–Southern Europe (NESE) patterns.
When the Western Pacific Warm Pool sea surface temperature (WPSST) is high, precipitation increases
in Central Asia and Northern Europe, and decreases in Mongolia and southern Europe. When the
positive (negative) phase event of the El Niño–Southern Oscillation (ENSO) occurs, the WPSST is
reduced (increased), and the decreases (increases) of precipitation in Central Asia and Northern
Europe and the increases (decreases) in precipitation in Mongolia and southern Europe are more
obvious. The CAMO dipole has been strengthened since the LIA. The CAMO dipole is positively
correlated with solar radiation and Northern Hemisphere temperature, and negatively correlated
with Pacific decadal oscillations (PDO).

Keywords: drought; tree ring; Western Pacific Warm Pool (WP); Eurasia; Pacific decadal oscillations (PDO)

1. Introduction

Global warming has changed the water cycle, such as increasing the frequency and intensity
of global droughts and floods [1]. Assessing drought trends in the context of global warming is
particularly important, because the economic costs of drought far outweigh the costs of other natural
disasters in the context of global warming [2].

A great deal of research has been done to investigate the temporal and spatial variations of
drought and the relationships between variations in different regions. Some studies have shown
that the Western Pacific Warm Pool sea surface temperature (WPSST) affects the drought patterns in

Quaternary 2020, 3, 16; doi:10.3390/quat3020016 www.mdpi.com/journal/quaternary

http://www.mdpi.com/journal/quaternary
http://www.mdpi.com
https://orcid.org/0000-0002-8692-7856
http://dx.doi.org/10.3390/quat3020016
http://www.mdpi.com/journal/quaternary
https://www.mdpi.com/2571-550X/3/2/16?type=check_update&version=2


Quaternary 2020, 3, 16 2 of 13

Eurasia [3–5]. The Western Pacific Warm Pool (WP) was covered by a thick surface of warm water,
which is an important source of global heat and water [6]. The hydrological changes in WP are closely
related to the high latitude climate change via modulating large-scale circulation systems [3,7–9].
Studies [5,10] indicated that convective heating anomalies near the western Pacific and the Philippines
establish a link between East Asian and northwestern Pacific climates. Yan and Li [11] showed that
convection in the tropical western Pacific in summer has an important influence on the precipitation in
the middle and lower reaches of the Yangtze River by modulating the subtropical high and the East
Asian summer monsoon. Zhang et al. pointed out that La Niña, a warmer-than-normal WPSST, often
caused North Atlantic oscillation (NAO) positive anomalies and enhanced North Atlantic jet streams,
resulting in a wet north and dry south of Europe [2]. At the interdecadal (10–100 year) scale, it has also
been observed that the increase of the WPSST is positively associated with NAO [12–14].

Although many studies based on instrumental records have explored the response of precipitation
in Eurasia to WPSST, they are still unclear about the covarying drought patterns and their regimes
in pre-industrial periods when the human impacts were weakened. This requires long-term proxy
data. The warming in recent decades is based on the warming background since the little ice age
(1250–1850, LIA), and the period from the LIA to the contemporary warm period is the most significant
warming period in the last millennium [15]. In addition, comparisons between the dry and wet
changes in Eurasia, where human activity was relatively weak before industrialization, and the current
warming period (CWP) are helpful in assessing the natural and anthropogenic processes of dry and
wet changes [15].

A tree-ring proxy is ideal for this study due to its high spatiotemporal resolution, large spatial
coverage, long time duration and high climate sensitivity [16]. Tree rings are the most widely used proxy
data for studies on climate change over the past millennium. There have been many tree-ring-based
drought reconstructions in East Asia and Europe [17–19], but there is still no tree-ring-based study of
co-varying drought patterns over the entirety of Eurasia. This study investigates the spatiotemporal
hydroclimate characteristics in instrumental and historical periods with special attention to their
relationships with WPSST.

2. Data and Methods

2.1. Tree-Ring Data

We have synthesized 1729 Eurasian tree-ring width chronologies from the International Tree
Ring Date Bank (https://www.ncdc.noaa.gov/data-access/paleoclimatology-data/datasets/tree-ring),
including the corresponding longitudes, latitudes, start and end years. The tree-ring chronologies
were developed after removing the age-related growth trends by fitting in growth curves (a negative
exponential curve, straight line or a spline cure with a fixed step size of 100 years, by the ARSTAN
program) [20]. We excluded the tree-ring chronologies with an insufficient number of cores (<30 cores)
or length (<200 years), resulting in 1625 standard tree-ring chronologies (STD).

2.2. Meteorological Data

The monthly total precipitation data used in this study, with a spatial resolution of 0.5◦ × 0.5◦, were
from the climate research unit (CRU). We chose data from 1951 because the number of weather records
used to generate CRU data in the region was greatly reduced before 1951 [21,22]. Precipitation data
has a grid distribution, while tree-ring data is sparse and irregularly scattered. For the convenience of
research, the precipitation data are processed into the same position distribution as the tree rings. Most
of the tree-ring chronologies end after 1990, and there is less reliable data after 1990. The instrumental
data and tree-ring chronology periods studied in this study are from 1951 to 1990.

The SST data is COBE-SST2 monthly average grid data from the National Oceanic and Atmospheric
Administration (NOAA), with a total data age of 1850–2015 and 1◦ × 1◦ spatial resolution [23].
To eliminate the effect of global warming on SST, we removed the trend of SST. According to previous
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research, the square region of the western Pacific (0–18◦ N, 115◦ E–150◦ E) represents WP [24,25]. In this
study, the SST in this area is averaged in the meridional and zonal directions, and then the annual
average SST is the annual average WPSST.

The 850hPa potential height field and 850hPa wind field data are from Reanalysis 1 of National
Centers for Environmental Prediction-National Center for Atmospheric Research (NCEP-NCAR).
The total age of the data is 1948–2016, and the spatial resolution is 2.5◦ × 2.5◦ [26]. Water vapor is
mainly concentrated in the middle and lower layers of the troposphere. An 850hPa layer is a typical
layer. The wind field and potential height field can describe the transportation of water vapor well.
The Niño 3.4 indexes from 1951 to 2018 were derived from the National Climate Prediction Center
(NCPC). Reconstruction time series of the Pacific decadal oscillation (PDO) [27], solar radiation [28]
and temperature in the Northern Hemisphere [29] were obtained from the NOAA.

2.3. Methods

Firstly, this study analyzed the response characteristics of precipitation in Eurasia to WPSST from
1951 to 1990. WPSST causes an increase in precipitation in one place and a decrease in precipitation
in another place, which are called a pair of precipitation dipoles. At the same time, the response
characteristics of precipitation-sensitive tree-ring chronology from 1951 to 1990 to WPSST were
combined. We selected the regions that could reflect the impact of WPSST on precipitation with
tree-ring chronology and constructed the existing precipitation dipoles. If the dipoles were obvious
during the historical period, then we inferred a change of precipitation at this time. We studied the
effect of SST anomaly on precipitation in Eurasia by using a complex analysis method. The standard
deviation of WPSST from 1951 to 1990 was used as the SST threshold. Years with WPSST above one
standard deviation were defined as extremely warm years; years with WPSST below one negative
standard deviation were defined as extremely cold years. The effects of extreme sea temperature on
precipitation in Eurasia, with and without ENSO events, were studied based on the year in which the
ENSO event occurred. Finally, the tree-ring chronology was used to reconstruct precipitation dipoles
since the LIA, and to find the factors that affect the dipole changes on an interdecadal scale.

3. Results and Discussion

3.1. Western Pacific Warm Pool Sea Surface Temperature and Precipitation in Eurasia in Instrumental Periods

We only selected the instrumental records in the grid with nearby ring data to facilitate the
comparison between instrument and ring data. A dipole precipitation pattern was observed in Central
Asia, with the precipitation in Central Asia positively correlated with the WPSST, and precipitation in
Mongolia negatively correlated with the WPSST [30,31]. This was defined as the Central Asia–Mongolia
(CAMO) dipole pattern. In Europe, we observed a Northern Europe—Southern Europe (NESE) dipole
pattern, with WPSST positively correlated with precipitation in Northern Europe and negatively
correlated with that in southern Europe [4,32] (Figure 1a). There was no significant positive correlation
between tree chronology and annual precipitation in Siberia (Figure 1b), which limits our ability to
detect historically dry dipoles from tree rings. Therefore, the characteristics of precipitation in Siberia
are not discussed in this paper.

The first-mode variance contribution rate of the empirical orthogonal function (EOF) analysis
of European precipitation is 36.9% (Figure 2a), and precipitation shows the opposite characteristics
of Northern Europe and Southern Europe as shown in Figure 1a. It can be seen from the time series
(PC1) change curve that this type exhibits obvious interannual changes and also has a periodical
characteristic. After the 1980s, it was almost all in a negative phase (Figure 2b). The contribution of the
first-mode variance of the precipitation EOF analysis in Asia is 20.7% (Figure 2c). The precipitation
characteristics of Mongolia and Central Asia (excluding the Tibetan Plateau) are opposite. The time
series (PC1) of this feature vector shows significant interannual changes (Figure 2d). The analysis
results of EOF verified the existence of the effects of WPSST on CAMO and NESE.
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Figure 2. The first mode of empirical orthogonal function (EOF) of precipitation from 1951 to 1990 in
(a) Europe and (c) Asia. The time series corresponding to the first mode of EOF in (b) Europe and (d)
Asia. Only the precipitation sequences that show both a significant correlation between precipitation
and WPSST (precipitation changes are affected by WPSST) and a significant positive correlation between
tree-ring chronology and precipitation (the tree-ring chronology is sensitive to precipitation changes,
and the tree-ring chronology can be used instead of studying precipitation changes).

When WPSST increased, precipitation in Central Asia and Nordic increased significantly, while
precipitation in Mongolia and southern Europe decreased. The difference in annual precipitation
between abnormally warm and cold WPSST years can reach 28% of the total annual precipitation
(Figure 3a). The precipitation changes associated with extreme SST are similar to correlations between
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local precipitation and WPSST (Figure 1a). With the occurrence of an ENSO event, the annual
precipitation difference in Europe, Mongolia, and Central Asia increased significantly (Figure 3b),
which was consistent with the previously discovered influence of ENSO on precipitation events in
Eurasia [2,33]. This indicates that the impacts of extreme WPSST on extreme precipitation changes in
Eurasia are largely regulated by ENSO events.
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warm years (during La Niña) and abnormal cold years (during El Niño); annual precipitation is divided
by annual average precipitation from 1951 to 1990.

3.2. Oceanic and Atmospheric Processes Linking Western Pacific Warm Pool Sea Surface Temperature and
Precipitation in Eurasia

In this study, the large-scale atmospheric circulation associated with WPSST extreme warm
and cold years in years with and without ENSO events is discussed. It was found that, under the
background of ENSO events, the precipitation anomalies between WPSST extreme warm years and
extreme cold years in Eurasia are more obvious, and the anomalies of sea level potential height field
and wind field are also higher than those without ENSO events. This indicates that a WPSST anomaly
coinciding with an ENSO event has a great influence on precipitation in Eurasia [33].

WPSST is significantly correlated with the 850hPa zonal wind field in Central Asia (Figure 4).
The precipitation anomaly in Central Asia is mainly caused by zonal wind anomaly. Except for the
Qinghai–Tibet Plateau, WPSST is negatively correlated with Central Asia zonal wind and positively
correlated with Mongolian zonal wind, with a significance of p < 0.1 (Figure 4b). When WPSST rises,
the east wind anomaly is the main anomaly in Central Asia. The western Pacific warm and humid
airflow brings abundant water vapor. The western Pacific subtropical high is located in the north, and
there is more precipitation in Central Asia [24]. At this time, the Mongolian region was an inland
dry and cold westerly anomaly; there was an anticyclonic circulation anomaly and an increase in
atmospheric pressure (Figure 5a,b). As a result, precipitation in Mongolia is reduced and drought is
prone to occurring.
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Figure 4. Correlation between (a) annual average 850hPa potential height field, (b) annual average
850hPa zonal wind, and (c) annual average 850hPa meridional wind during their common period from
1951 to 1990. Significant (p < 0.1) correlations in (a–c) are dotted shadow area.

In Europe, the effect of WPSST is more evident in 850hPa meridional wind. The variation of
precipitation in Europe is mainly caused by the difference between 850hPa potential height field and
meridional wind field circulation (Figure 4a,c). When WPSST rises, the pressure increase in southern
Europe is much greater than in Northern Europe (Figure 5a), resulting in strong westerly anomalies
over Europe and an enhanced North Atlantic jet stream [2]. At this time, the largest humidity advection
axis over Europe is from southwest to northeast, from the Atlantic to the Nordics and Scandinavia [4].
Humidity transport is enhanced (weaker) in Northern (Southern) Europe, and there are (reverse)
cyclonic circulation anomalies in Northern (Southern) Europe (Figure 5b). This results in warmer
WPSST years in Northern Europe, where storms and humidity are higher than normal, while Southern
Europe is drier than normal [34].
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field, and (b) 850hPa wind field.

In a WPSST anomaly year with ENSO event, the difference between the potential height field
and wind field is greater than that in WPSST anomaly years without ENSO events (Figure 6a,b).
At the same time, in the warm WPSST year, the Nordics and Central Asia are more humid, and
Southern Europe and Mongolia are less rainy (Figure 3b). Both the CAMO and NESE dipole types
have increased intensities.
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4. Relationship with Western Pacific Warm Pool Sea Surface Temperature since the Little Ice Age

4.1. Central Asia–Mongolia Dipole Mode

Many annual rings in Eurasia are sensitive to precipitation. This study selected tree-ring
chronologies that had a significant (p < 0.1) positive correlation with precipitation and a significant
correlation with WPSST (Figures 1b and 7). These tree-ring chronologies can represent local precipitation
changes and reflect precipitation changes caused by WPSST. A total of 44 tree-ring chronologies met
these conditions. Among them, there were 21 tree-ring chronologies in Asia and 23 in Europe.
The response of precipitation-sensitive tree rings to the WPSST is very similar to the responses for
precipitation in Eurasia, except for a few regions of Europe (Figures 1a and 7). This indicates that the
annual rings sensitive to precipitation can better reflect the impact of WPSST on precipitation patterns.
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For the CAMO dipole, there were six chronologies for Mongolia (negative correlation with WPSST)
and seven chronologies for Central Asia (positively related to WPSST) (Figure 7). The chronology of
the two regions is average, and the chronological length of each region is 1280–1990. The mean time
series of two regions are reversely correlated with the WPSST. When WPSST rises, the precipitation in
Mongolia (Central Asia) is reduced (increased) and the growth of trees is slowed down (accelerated).
The growth of trees in Central Asia and Mongolia shows the reverse; that is, the chronology is negatively
correlated. The stronger the negative phase of the correlation, the more significant the CAMO dipole.
When the CAMO dipole is strong in historical periods, we may think that the increase in WPSST at this
time caused the reduction of precipitation in Mongolia and the increase in precipitation in Central Asia.
We calculated the running correlation based on a 41-year window of the standard chronology and the
interdecadal chronology. As shown in Figure 8, this dipole is only significant on the interdecadal scale.

The CAMO dipole is only significant on the interdecadal timescale but not on interannual
timescales (Figure 8), which may be because the ENSO signal is too strong on interannual timescales to
mask the influence of the WPSST on interannual timescales [35]. The dipole variations on interdecadal
timescales are less significant in modern periods than historical periods of the early 14th, early 15th,
mid-17th and 18th centuries (Figure 8).

Because the chronology contained in the NESE dipole is too short, the total length of the chronology
is less than two hundred years, so this paper does not analyze the historical changes of this dipole.
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Figure 8. The running correlations between the interannual (0–9 years, black) and interdecadal
(10–100 years, blue) changes in the mean tree-ring series from Mongolia and Central Asia, using a
41-year window.

4.2. Impact Factors

Solar radiation is a key external force on climate change. As shown in Figure 9a, the interdecadal
variations in solar radiation intensity are closely related to the intensity of the CAMO dipole. CAMO is
particularly strong when the solar radiation is intensified. For example, since the LIA, CAMO has been
intensified corresponding to the enhancement of the solar radiation. On the other hand, the CAMO
pattern is very weak during the Maunder Minimum period (1645–1715) with weak solar radiation
(Figure 9a). However, the positive correlation between the strength of the CAMO and solar irradiation
has weakened in the 20th century, which may be caused by the intensification of human influence.
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Figure 9. Comparison between the strength of the Central Asia–Mongolia (CAMO) dipole as indicated
by the 41-year-window-based running correlation shown in Figure 5 (blue). (a) The solar radiation
(black); (b) the reconstructed Pacific decadal oscillation (PDO) index (standardized index) (black);
and (c) the Northern Hemisphere temperature (standardized index) (black) value. The Northern
Hemisphere temperatures were produced as an average of the temperature reconstructions from Mann.
These data were smoothed using a low-pass filter (f < 0.02) to facilitate visual comparison.
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In addition to being closely related to solar radiation, CAMO also showed close linkages with the
temperature variations in the Northern Hemisphere (Figure 9c). When the solar radiation increases,
the temperature in the Northern Hemisphere increases. At this time, ENSO is usually in the negative
phase, that is, the La Nina state [29], corresponding to the rise of WPSST. There is an east wind anomaly
in Central Asia, with warm and humid airflow from the ocean increasing; meanwhile, the inter-tropical
convergence zone (ITCZ) and the western Pacific subtropical high are expanding and northward.
This means that the east wind anomaly in Central Asia will also be northerly, which will enhance the
northward transport of tropical air masses [24,36,37]. The anomalous changes in the wind field have
brought abundant water vapor to Central Asia, which makes Central Asia rainier and wetter than at
other times. At this time, the Mongolian region is a west wind anomaly (Figure 4b); a clockwise wind
field anomaly and an increase in pressure field are not conducive to precipitation. The difference in
precipitation between Central Asia and Mongolia is increased, and the CAMO dipole is enhanced.

In addition, the strength of CAMO is also closely related to PDO. The overall trend of the CAMO
dipole has been consistent with PDO since LIA, and CAMO dipole is stronger when PDO is in the
negative phase (Figure 9b). The reason for this phenomenon may be that the periodicity of PDO is
obvious in multi-decade scale [38]. The PDO is a key modulator for the interdecadal variations of the
WPSST. The WPSST is low (high) during the positive (negative) phase of PDO [39]. When WPSST
is increased, precipitation in Mongolia is reduced, precipitation in central Asia is increased, and the
negative correlation of tree-ring chronology in Mongolia and central Asia is enhanced, that is, the
CAMO dipole is enhanced. PDO changes the WPSST, which in turn causes changes in precipitation in
the Eurasian region that are regulated by WPSST. This can explain the inverse correlation between the
CAMO dipole and the PDO. However, when the PDO index had a strong positive value, the CAMO
dipole intensity at this time was not as weak as before in the first half of the 20th century, which may
be due to the dramatic increase in the temperature of the contemporary warm period.

5. Conclusions

This paper analyzes the impact of WPSST on precipitation in Eurasia since LIA. The main
conclusions are as follows:

(1) In Asia, there is a CAMO dipole in which precipitation is regulated by WPSST. The precipitation
increases (decreases) in Central Asia (Mongolia) when WPSST rises. In Europe, a NESE dipole
with a positive (negative) correlation between WPSST was found, and precipitation increases
(decreases) in Northern (Southern) Europe when WPSST rises.

(2) The impact of WPSST anomalies on precipitation changes in Eurasia is largely regulated by ENSO.
When there is an ENSO positive (negative) phase event, the corresponding WPSST decreases
(increases), and the decreases (increases) of precipitation in Central Asia and Northern Europe
and the increases (decreases) in precipitation in Mongolia and Southern Europe are more obvious.
Both CAMO and NESE dipole strengths increase.

(3) The impact of WPSST on precipitation in Europe and Asia is mainly generated by atmospheric
circulation. When WPSST is increased, Central Asia is mainly an east wind anomaly. The warm
and humid airflow bring abundant water vapor, and the precipitation in East Asia increases.
Mongolia has dry–cold west wind with reduced precipitation. The difference in precipitation
between Central Asia and Mongolia is strengthened and the CAMO dipole is enhanced. At the
same time, when WPSST rises, the wind field over the European continent is from southwest to
northeast. The humidity transmission in Northern (Southern) Europe is enhanced (weakened).
Northern (Southern) Europe has an obvious (reverse) cyclonic circulation. The moisture in
Northern Europe is above average, while Southern Europe is drier, and the NESE dipole
is enhanced.

(4) The CAMO dipole of 1280–1990 was reconstructed using the tree-ring chronology. This dipole has
a significant correlation on the interdecadal scale. The CAMO dipole has a positive correlation
with solar radiation and the temperature in the Northern Hemisphere since the LIA. When the
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solar radiation is enhanced and the temperature in the Northern Hemisphere is increased, the
WPSST is increased and the dipole is enhanced. The CAMO dipole is negatively correlated
with PDO, and the periodicity of CAMO on the interdecadal scale is consistent with the PDO
period. The intensity of the CAMO dipole is enhanced when the PDO is weakened. During
the contemporary warm period since the industrial age, the CAMO dipole was still extremely
strong during periods when the increase in solar radiation is not obvious and the PDO is not
significantly weakened, which may be mainly due to the sharp increases in temperature caused
by industrial activities.
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第 14 章 叶笃正的科学贡献及研究方法

叶笃正先生———风华正茂已是奠基人, 古稀之年仍为开拓者

14． 1　 引　 　 言

自新中国的第一份气象记录诞生以来, 回溯中国气象科学的发展历史, 总会

让人禁不住想起中国现代气象事业的开拓者———叶笃正先生。 他 1935 年考入清

华大学, 开始了物理学的求知之路; 1938 年历经艰难困苦远赴西南联合大学,
开始了气象学的寻梦之旅。 1945 年, 叶笃正赴美留学, 在芝加哥大学叩开了气

象学的大门, 有幸成为著名气象学家罗斯贝 (C． G． Rossby) 的学生。 或许, 自

助者天助之。 彼时世界气象界一流的科学家经常光顾芝加哥大学, 使得叶笃正有

机会目睹皮耶克尼斯、 帕尔门等前辈大师的风采, 聆听大师们的教诲, 更有机会

学习和观摩大师们的科学研究方法, 这为他以后在学术之路上的精进创新打下了

基础。 世界著名气象学家、 欧洲科学院院士霍斯金斯 (B． Hoskins) 是这样评价

叶先生的 “作为可能最后直接受教于罗斯贝的人, 他不仅推动了气象学科许多方

面的发展, 同时也为中国气象及气候研究跻身世界前列奠定了基础 (He was
probably the last direct contact with Rossby, laid the ground for Chinese meteorological
and climate research to take its place at the top level in the world)” (Hoskins,
2014)。 叶笃正的科学研究工作包括大气 Rossby 波能量频散、 大气环流动力学、
东亚大气环流的季节突变、 大气阻塞高压动力学、 大气中的地转适应过程、 青藏

高原气象学及全球变化等多个领域, 取得了许多创新性成果和开创性研究。 回顾

叶笃正的科学历程, 梳理他的科学研究业绩, 分析其中的研究方法特点, 对于后

辈学人弘扬科学精神, 开拓创新思路无疑具有重要的启发意义。
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14． 2　 大气能量频散

在叶笃正的众多贡献中, 大气长波频散理论是最早提出并得到广泛认可的研

究成果。 波动是大气运动的基本特征之一。 第二次世界大战前后, 随着高空大气

观测的发展, 已经可以绘制出高空天气图, 罗斯贝在 5500m 高空天气图上发现在

北半球中高纬度存在数千公里波长的大气波动, 其移动速度与他的简化数学模型

估计大体一致。 后来, 这种大气长波被称为 Rossby 波。 克里奥利 (Coriolis) 参

数随纬度变化是其形成的动力学原因。 叶笃正在罗斯贝长波理论的基础上, 用类

比的研究方法, 参考物理学中色散或频散的概念, 发现 Rossby 波相速度与波长

有关, 是频散波, 导出了 Rossby 波群速度的公式。 这是对罗斯贝长波理论的发

图 14-1　 获得博士学位时的叶笃正先生

展。 该成果成为叶笃 正博士论文 On
Energy Dispersion in the Atmosphere (Yeh,
1949) (图 14- 1) 的核心内容, 并于

1948 年在美国著名气象期刊上正式发

表, 在国际上引起气象学者的重视, 被

誉为动力气象学的经典文献之一 (王舒,
2008)。 气象学大师罗斯贝对这篇论文非

常重视, 鉴于这一理论工作对动力气象

学的重要性, 他特意给著名气象学家恰

尼 (J． Charney) 写信, 要他基于他们正

在做的数值预报试验, 写一篇短论以支

持叶笃正的结果 (Harper, 2008)。
所谓能量频散, 就是波动的能量随波的传播而被分散或重新聚集的现象。 叶

笃正引入群速度的概念, 研究了在四种大气模式中的群速、 相速和波长之间的关

系。 不同波长单波相速度不同, 不同尺度单波又组成波列, 一个波列的能量以群

速度传播。 在一般情况下, 总会存在一个群速大于相速的波长范围, 导致在初始

波动下游形成新的波动 (王舒, 2008)。 如果波动流场存在辐散, 且大气中的水

平温度不均匀, 则会出现负的群速度, 即只有 “水平温度不均匀” 才是上游形

成新的波动条件。 叶笃正通过积分一个正压涡度方程揭示了能量通过频散传播的

过程, 从理论上证实西风环流中的能量以远大于风速或波动相速度的群速度向下

游传播, 导致下游的天气迅速变化。 这种现象已经在天气预报实践中被发现, 俗

称 “上游 (或下游) 效应”。 能量频散理论把这种经验上升到理论的高度, 从而

把天气预报的实践和理论结合起来, 为提前预报高空等压面上大槽或大脊的变化
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提供了科学依据。 这曾经是 20 世纪 80 年代前气象台做中期天气预报 (4 ~ 10 天

预报) 的主要方法之一。 例如, 冬季东亚大规模冷空气入侵往往与中纬度大气长

波调整有关; 中国的天气预报人员在上游发现了几个关键区, 如北大西洋沿岸、
地中海等; 北大西洋气压脊或地中海气旋发生明显变化, 往往会导致几天后中国

上空的环流场发生调整并伴随大范围的天气变化。
然而, 高空气流不全是波状的, 在中高纬度有时会出现移动缓慢甚至停滞的

巨型W 形 状 的 高 压, 严 重 影 响 东 西 向 气 流 的 流 动, 被 称 之 为 阻 塞 高 压

(blockinghigh)。 能量频散理论对阻塞高压天气系统的生成、 维持和移动给出一

种动力学解释, 成为业务上预报持续性异常天气的理论基础之一。 叶笃正的计算

表明阻塞高压在高纬度地区的生命周期比在低纬度地区长, 西移的速度随纬度的

升高而减少, 在一定程度上解释了阻塞高压为什么总是出现在高纬度。 叶笃正还

解释了另一些重要的现象, 譬如中高纬地区西风气流上经常出现大槽大脊, 而低

纬度只有强度不大的东风波; 低纬天气系统生命周期很短, 中高纬的生命周期很

长等现象 (周家斌, 2007)。
此外, 叶笃正又进一步提出了起源于热带的扰动可以向中纬度传播的理论

(周家斌, 2007), 并且这一扰动以波列的形式向东北方向传播, 进而影响中高纬

度的天气和气候。 31 年后, 这个理论才由英国著名动力气象学家霍斯金斯的

“大圆理论” 所推广, 成为对观测到的大气遥相关或遥响应现象的理论基础。 在

叶笃正提出能量频散理论及查尼等对地形和非绝热加热对大气准定常行星波的形

成问题研究后, 气象学家又分别从观测、 数值模拟和理论分析对大气准定常行星

波的性质展开研究, 在准定常行星波的形成机制、 水平传播和能量频散、 垂直传

播等方面取得了重要的研究成果。 后来, 这些成果又进一步推动大气环流异常的

遥相关和平流层环流异常动力学的发展。 长波能量频散理论与罗斯贝的长波理论

及查尼的长波不稳定理论一起被认为是有关大气长波动力学的三个重要理论 (谭
本馗, 2007)。

14． 3　 东亚大气环流季节突变

从观测事实出发归纳出大气环流的演变规律, 是叶笃正常用的一种研究方

法。 新中国成立后中国高空气象观测网得到了快速的发展, 到 20 世纪 50 年代中

期中国的探空站已经超过了 60 个, 高空风观测站多达 150 个。 丰富的探测资料

为东亚大气环流的研究提供了可能。 为了改进和提高中国天气预报的准确性, 理

解东亚地区的大气环流状况, 叶笃正以观测事实和理论分析为出发点, 系统地研

究了东亚大气环流的演变 (王舒, 2008)。 1957 年和 1958 年, 叶笃正和顾震潮
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等在瑞典地球物理杂志 Tellus 上发表了 On the General Circulation over Eastern Asian
的文章, 分三期连载。 该文主要阐释了东亚地区的大气环流状况及成因, 概述了

东半球冬季和夏季对流层中层 (500hPa) 的大气环流分布状况, 发现了东亚环流

的一些特征, 论述了东亚大气环流的季节变化, 影响东亚天气的主要天气系统,
以及青藏高原对东亚大气环流和中国天气的影响 (杨多文, 2008)。 其中, 青藏

高原对大气环流的影响随季节变化的观点与以往把高原的影响看成固定不变的观

点有很大的不同 (周家斌, 2007)。 该文就青藏高原是热源还是冷源的问题进行

了讨论, 指出青藏高原对大气环流的影响远超过北美的落基山脉。
1958 年叶笃正和朱抱真共同出版了 《大气环流的若干基本问题》 (叶笃正,

1958) 一书, 它早于 Lorenz 的名著 《大气环流的性质与理论》 十年。 该书系统

讨论了北半球大气环流的特征和影响大气环流变化的主要因子, 如大气中热量、
角动量、 能量的平衡, 急流的形成与维持, 西风带上低压槽和高压脊的形成等

(叶笃正, 1958)。 1980 年, 大气物理研究所与中央气象台、 北京大学地球物理

系合作建立 “联合数值预报室”, 将东亚大气环流等的研究成果用于中国气象局

的业务预报模型, 成为新中国气象科学发展的一个里程碑。
1958 年, 叶笃正、 陶诗言和李麦村联名在 《气象学报》 上发表了 《在六月

和十月大气环流的突变现象》, 其英文版收录于 1959 年罗斯贝纪念专辑中。 该文

通过分析 1956 年 5 ～6 月和 9 ～10 月几个代表性经度上的纬向风-气压剖面图,
归纳后发现东亚上空西风急流中心位置在 6 月和 10 月有明显的突变 (周家斌,
2007)。 大气环流冬、 夏流型的转变在短时间内便可以完成, 反映了大气环流的

突变性。 这一发现对中国天气预报的发展具有重要意义。 叶笃正等科学家比其他

国家早 20 多年就提出了东亚大气环流季节转换的突变性, 他在东亚大气环流方

面做出的开创性研究极大地提高了中国在国际气象学界的地位 (章基嘉, 1985;
曾庆存, 2005)。

阻塞形势是北半球冬季的主要天气系统之一, 它的建立和崩溃常常伴随着大

范围环流形势的强烈转变, 它的长期维持能产生大范围天气、 气候的反常现象。
20 世纪 60 年代, 叶笃正等对阻塞高压进行了更深入的归纳、 分析和研究, 其结

果总结在 1962 年出版的 《北半球冬季阻塞形势的研究》 中, 作者为叶笃正、 陶

诗言、 朱抱真等。 该书从气候、 天气、 动力及数值预报方面对阻塞高压进行了综

合研究, 系统阐述了阻塞高压的形成、 维持及崩溃等动力过程。 这一研究成果被

应用于中国寒潮天气的预报中 (周家斌, 2007)。 1963 年叶笃正等进一步探讨了

不稳定扰动如何停止发展, 指出扰动能对基本气流产生非线性反馈, 当扰动不再

能从基本流场得到能量 (位能或动能) 时, 扰动便停止发展, 从而形成阻塞高

压或切断低压。 这为研究东亚天气的持续性异常提供了理论依据, 而直到 1976
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年冬季北美出现极其寒冷的天气时, 国外的学者才开始提出相关的理论, 阻塞形

势才成为国际上一个重要的研究方向。

14． 4　 转盘实验

实验是科学研究必不可少的环节之一。 早在 19 世纪就有人在实验室做过大

气环流模拟实验。 20 世纪 50 年代, Fultz 和 Hide 等人曾进行了一系列的转盘模

拟实验。 叶笃正认为除了理论推演和观测事实分析, 可以用流体力学实验方法模

拟研究大气环流的动力学问题, 因为描述大气和流体运动的数学方程是相似的。
1972 年, 在叶笃正的主持下, 中国科学院大气物理研究所建立了大气环流转盘

模拟实验室。 实验装置为三个不同半径的有机玻璃壁。 外壁 E1 和 E2 之间盛以热

水, 内壁 (E3) 环以内盛以冷水, 以此来维持实验区外壁 E2 和 E3 之间实验流

体的温差。 实验区的外圈相当于较热的低纬度, 内圈相当于较冷的极地地区。 实

验区内可以局部加热, 也可以置入地形模型等。 从而使实验槽中的流体作类似于

大气中各种形态的运动 (杨多文, 2008)。 叶笃正主要集中研究了青藏高原大地

形及其夏季作为热源对大气环流的影响规律, 使我们对东亚大气环流问题有了更

深入的理解, 而至今该转盘装置及其相关研究仍然是大气科学重要的研究手段之

一 (图 14-2)。

图 14-2　 叶笃正先生晚年仍非常关心转盘实验的进展
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20 世纪 70 年代, 叶笃正在旋转流体中模拟了青藏高原对大气环流的动力和

热力作用。 在实验中虽然青藏高原的模型不过是个理想的半椭球体, 但对东亚大

气环流的多种影响都在这个旋转的转盘实验中被模拟出来。 这些实验使人们对高

原和东亚环流之间的联系有了进一步的认识。 1974 年叶笃正和张捷迁还指出,
当高原加热到一定程度后会出现温度脉冲现象, 即随着加热增强, 脉冲的幅度增

强和次数增多, 这说明高原上有对流活动。 这与夏季青藏高原在南亚高压控制下

对流活动旺盛的观测事实一致。 此外, 实验还证明, 对流云是夏季高原向上输送

热量的有效载体 (叶笃正, 1974)。

14． 5　 大气运动的演变与适应

大气运动也是各种矛盾斗争的统一体, 分析其中的主要矛盾及其转化过程是

认识天气变化本质的途径之一。 例如, 风场与气压场就是一对矛盾。 传统理论认

为, 大气运动是大气质量分布不均匀的结果, 大气质量分布不均匀产生气压梯

度, 从而引起大气的运动 (风)。 风场与气压场之间, 风是被动的, 气压是主动

的。 当气压场发生变化后, 风场也要随之发生变化, 以满足所谓的地转关系 (曾
庆存, 1988)。 1936 年, 罗斯贝首先提出了与传统观点相反的观点。 他认为在大

气或海洋的一部分运动中, 质量分布不是运动的原因, 而是运动的结果。 于是他

分析了一个初始只有速度, 而无压力梯度相平衡的带状气流的演变。 他发现流速

变化不大, 同时产生了与科氏 (Coriolis) 力相平衡的气压梯度。 他认为, 气压

场与风场是相互适应的, 主要是气压场向风场适应, 即气压的分布是动力的结果

(周家斌, 2007)。 1945 年 A． Cahn 进一步分析发现, 气压场向风场适应是通过重

力波的频散来完成的, 即重力波将有限空间内的气压场与风场之间不平衡的能量

散布到整个空间, 使得单位空间中的不平衡能量趋于零, 不平衡现象就消失了。
1957 年叶笃正在日本 《气象集志》 (Journal of Meteorological Society of Japan) 上

发表了 On the Formation of Quai-Geostrophic Motion in the Atmosphere 一文, 指出风

和气压的适应取决于运动的空间尺度范围。 通过对地转适应物理过程的分析, 他

发现在较大尺度运动的地转适应过程中, 主要是风场向气压场适应; 而在较小尺

度运动的地转适应中, 主要是气压场向风场适应 (杨多文, 2008)。 这从理论上

阐明了适应过程与运动尺度的关系。
大气运动适应过程中的一个重要机制是重力-惯性波的频散。 在一般数值预

报模式中, 这种波被当做 “气象噪音” 而滤掉。 其中一种方法就是采用准地转

假定, 因为在准地转运动中不存在重力-惯性波。 由此看来, 重力-惯性波的存

在是和地转偏差分不开的。 1958 年 A． C． MoнИн 指出, 大气中的重力波是地转
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偏差激发出来的。 1964 年叶笃正和李麦村在 《中国科学》 上发表 《重力波激发

强非地转运动的过程》 一文, 指出重力惯性波的集中导致了强烈的非地转运动。
在有限空间中的非地转扰动, 不能恢复到准地转状态, 反而在一段时间后有增大

的趋势, 叶笃正通过比较扰动出现的时间与重力惯性波的移动, 证明扰动的增大

是重力波集中的结果。
大气中的中小尺度天气系统常常能引起灾害性天气。 地转关系对于中小尺度

运动或低纬度天气系统并不适应。 然而, 这些情况是否存在类似于中高纬度大型

运动的地转关系呢? 在 1964 年叶笃正、 李麦村所著 《中小尺度运动中风场和气

压场的适应》 一书中对运动方程各项量级进行了分析, 发现无论尺度如何, 运动

的演变一般都是在力的准平衡情况下进行的。 对于大尺度的运动, 这种准平衡状

态就是地转关系。 在中尺度运动中, 科氏力、 气压梯度力和惯性力三者处于准平

衡状态; 在小尺度运动中, 惯性力和气压梯度力处于准平衡状态。 当这种准平衡

状态遭到破坏后, 必定有一种机制使运动恢复到准平衡状态, 否则就不能经常观

测到这种准平衡状态的运动。 因此, 在中小尺度运动中也有一种风场和气压场的

适应过程。 这种适应和地转适应一样, 也是通过重力波的频散来实现的。 在大尺

度运动中, 平衡状态是地转关系, 风沿等压线吹。 在中小尺度运动中, 平衡状态

是风与能量之间的平衡关系, 风沿等能量线吹。 这为中小尺度天气分析提供了理

论依据。

14． 6　 青藏高原气象学的创立

科学的进步离不开原始创新, 而每一次创新结果的提出离不开观测研究和细

致的分析, 从量变到质变的飞跃与叶笃正自身动力学的积累以及敏锐的洞察力等

分不开 (符淙斌, 2006)。
地形是大气运动的重要强迫源之一。 20 世纪 30 年代后期, 人们发现在北美

的落基山、 南美的安第斯山和青藏高原的东边, 都有一个准静止的西风带大槽。
40 年代, 西风带长波理论出现之后, 不少人认为, 大地形东边的长波槽是其动

力扰动的结果。 50 年代, 叶笃正和一批中国气象学者开始研究青藏高原对东亚

环流和天气的影响。 当时高原观测站稀少, 也没有先进的气象仪器, 叶笃正利用

两次科考队收集的数据, 发现了青藏高原的南支急流、 北支急流以及北半球强大

的西风急流。 这些研究总结在 1956 年出版的专著 《青藏高原对东亚大气环流及

中国天气的影响》 及 1959 年出版的 《西藏高原气象学》 中, 标志着青藏高原气

象学的创立 (钱正安, 1996; 孙烨, 2012)。
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14． 6． 1　 地形热力效应

青藏高原是热源还是冷源, 多年来一直是个重要的科学问题。 在 1957 年由

叶笃正、 罗四维、 朱抱真等编写的 《西藏高原及其附近的流场结构和对流层大气

的热量平衡》 中首次提出青藏高原夏季是一个热源, 冬季其西南角有一部分是热

源, 其余地区可能是冷源的论断, 并对冷热源的概念加以解释, 质疑了前人定义

的偏颇之处。 书中进一步阐明了形成热源、 冷源的热量源自辐射、 湍流、 凝结和

蒸发等的净热量积累 (叶笃正, 1957)。 叶笃正曾在 《青藏高原气象学》 (叶笃

正, 1979) 中指出高原热力作用可分为高原地面和高原大气的冷源和热源两种,
凡是把热量供给大气的高原地面称为热源; 反之, 称之为冷源。 同样, 当高原上

空的大气把热量输送给四周大气时, 则称高原大气为热源; 反之为冷源。 他们认

为大气热量收支主要包括来自地面加热的热辐射、 地面的湍流热输送、 太阳的热

辐射以及当地凝结降水的加热等 (Yeh, 1985)。 1979 年, 叶笃正等进一步指出,
高原大气冷热源的变化在垂直环流上扮演着重要的角色。 1991 年 《美国气象学

会通报》 在介绍叶笃正的成就时说道: “他是世界上第一个确认青藏高原的热力

效应并且用数学方法加以表述的, 而在此之前人们主要是把青藏高原作为动力机

械强迫来对待。” 2003 年的 《世界气象组织通报》 进一步指出: “叶笃正是提出

世界上最大的高原夏季是热源, 冬季是冷源的第一人”。

14． 6． 2　 地形动力效应

由于高原地区独特的地形及动力和热力作用, 形成了高原及周边地区特殊的

天气气候。 中国大范围的干旱、 洪涝等都直接或间接地与青藏高原的存在有关。
叶笃正对高原动力学问题进行了系统的论述和分析, 指出高原动力作用包括机械

作用和摩擦作用两种 (叶笃正, 1956)。 高原的机械作用表现为: 冬季, 西风气

流经过高原时, 6km 以下的低层气流被迫分成南北两支, 沿等高线绕流, 形成了

高原区域极为明显的北脊南槽的环流形势, 绕流气流到达高原背风面之后又重新

汇合, 冬季的南支槽是带来南方冬季降水的重要天气系统。 夏季, 东风气流经过

高原时也有分支绕流的现象, 但不如冬季明显。 高层气流则会爬坡, 当气压系统

被迫爬越高原时, 因气柱缩短而增压, 这将使低压系统减弱或填塞, 但高压系统

会变得更加强大; 当气压系统移出高原时, 气柱因拉长而减压, 低压系统将加深

或发展, 高压系统则会减弱或消亡。 所谓的高原摩擦效应是指气流经过高原时在

高原侧边界会产生摩擦作用, 使得气流流速减慢, 而离高原较远处气流则正常行
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进, 从而侧边界附近的气流出现水平切变, 产生地方性涡度。 冬季, 在高原北部

西风侧边界, 常出现反气旋性涡旋, 而南部则伴有气旋性涡旋产生; 夏季, 高原

北部仍为西风侧边界, 常有中尺度反气旋生成, 而高原南部转为东风侧边界, 也

常伴有中尺度反气旋涡旋。 这些都对临近地区的天气气候产生重要影响。 20 世

纪 80 年代以后基于各种地形坐标系和参数化方案的高原数值预报模式逐渐发展

起来, 更多的学者开始投入到高原数值模式的研究中, 进一步推动了高原气象学

的发展, 引起了世界各国科学家的关注 (杨伟愚, 1990)。

14． 7　 全球变化与有序人类适应

叶笃正是最早提出全球变化研究的主要科学家之一。 1984 年在第一次全球

变化大会上他做了题为 Climate Change-a Global and Multidisciplinary Theme (气候

变化———一个全球性的多学科科学问题) 的报告 (Yeh, 1985)。 第一次指出

10 ~100 年应当是全球变化研究集中关注的时间尺度, 讨论了气候变化和全球变

化的联系和区别。 1986 年, 国际科联正式批准建立国际地圈-生物圈计划 (简称

IGBP), 标志着全球气候变化科学新领域的诞生, 并参与了国际地圈生物圈计划

的制订。 他进一步指出, 全球变化对东亚, 特别是中国生存环境变化和可持续发

展会产生影响, 包括全球增暖对东亚季风的影响、 对水资源和气候灾害出现频率

和强度的影响、 对农业的影响以及对海平面高度变化的影响等。 另外, 他指出了

具有全球意义的区域性生存环境问题, 其中包括季风气候、 生态系统相互作用、
人类活动、 生存环境的敏感带及变化的突变性等。

1989 年叶笃正对于全球变化学科提出了纲领性的问题。 他与符淙斌共同撰

写了 A Discussion on the Predictability of Global Change (全球变化可预报性的研究)
一文 (Yeh, 1989), 发表在 Climate Change (气候变化) 上。 文章主要探讨了 3
个问题: ①我们需要预报什么? 针对这一问题他们提出把地球作为一个系统作出

预报, 而不是只对其中个别分量 (如大气、 海洋等) 单独做出预报。 问题是,
我们应该怎样定义地球系统呢? 我们需要预报的最重要元素是什么? 他们建议全

球变化预报问题可以分两步走: 第一步, 分别制作全球变化某些主要分量的预

报, 如可再生的地球资源的预报或者地面状态的预报; 第二步, 制作全球变化的

集成预报, 即把地球系统作为一个整体来预报。 ②可预报性问题。 预报能力与 3
个因子有关, 即系统的记忆能力、 外源状况和学科发展水平。 他们认为全球气候

模式的成功可以归结为非线性记忆。 太阳辐射才是地球系统真正的外源, 其他地

球系统内部的源可看作内源。 对于十年到百年尺度的变化, 内源主要是人类活

动。 ③适应问题。 地球系统的不同成分变化的速度各不相同。 “牵一发而动全
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身”, 一个成分发生变化, 其他也会发生变化。 如果适应过程很快, 最先改变的

成分会受到其他成分的影响。 这就产生一个相互适应的过程, 从而使地球系统发

生连贯变化。 而不同组分之间的非线性相互适应过程还可能使地球系统发生突

变。 显然, 这 3 个问题是研究全球变化问题的关键 (叶笃正, 2001)。
叶笃正等指出, 应该把 “适应气候变化” 和 “可持续发展” 有机结合起来。

就气候变化而言, 适应是指自然系统或人类社会系统对预期的变化或其影响做出

适当的响应, 以趋利避害。 叶笃正和吕建华在 2003 年发表了 《对未来全球变化

影响的适应和可持续发展》 (叶笃正, 2003), 文中强调了对未来全球变化影响

的适应和可持续发展的联系, 阐述了两点应对全球变化影响的措施: 首先是减少

温室气体和破坏臭氧层物质的排放, 以缓和、 减轻全球变化的压力; 其次尽管人

类采取减缓措施, 但由于滞后作用, 全球变化的大趋势在未来 100 年中仍将不可

逆转地持续下去, 这就迫使人类社会必须适应这样的全球变化趋势。 因此, 全球

变化的适应问题, 就是根据全球变化对于世界各地的不同影响, 应采取什么措施

减轻其不利影响, 充分利用其有利的作用的问题。 对于可持续发展而言, 就是建

立在社会、 经济、 人口、 资源、 环境相互协调和共同发展基础上的一种发展, 旨

在既能相对满足当代人的需求, 又不能对后代人的发展构成危害。 以前这两个问

题的研究互不相干, 部分原因是由于之前的全球变化研究更侧重于地球科学的基

础, 而可持续发展则侧重于社会经济以及具体的实践应用。 因而他强调了全球变

化和可持续发展的重要联系。 他们明确指出, 一方面, 全球变化的适应必须以改

变肆意破坏环境的生产、 生活方式为前提, 对于已发生并且不可逆转的全球变化

趋势, 应有不同的适应方式, 但必须遵循可持续发展原则; 另一方面, 可持续发

展的概念是以过去和现在的气候背景、 环境状况为依据提出的, 似乎较少考虑未

来几十年到一百年全球变化的趋势, 这具有很大的局限性 (叶笃正, 2003,
2008)。 因此, 如果脱离了对未来全球变化趋势的估计, 也就不能适应变化了的

气候和环境背景, 可持续发展就如刻舟求剑。 对于未来不确定的气候变化, 人类

活动对气候的适应本身也在影响气候。 据此, 叶笃正在 《我们应该如何应对气候

变化》 (叶笃正, 2007) 一文中提出了几条对策: 如鉴于人类活动本身的适应变

化及与气候变化的不断相互作用, 应每隔 3 ~ 5 年重新开展对未来最有可能发生

的气候变化的研究; 应着重关注区域异常或极端天气现象的气候变化; 强调相关

领域协作研究的重要性等。
为了应对全球变暖、 土地退化等全球变化的负面影响, 为了实现可持续发展

这一战略目标, 以叶笃正为代表的科学家提出了 “有序的人类活动” 和 “有序

适应” 的概念, 进一步强调人类活动对环境的能动作用。 在 2003 年气候变化国

际研讨会开幕的当天, 叶笃正作了题为 《有序人类活动》 的报告 (叶笃正,



大气科学研究方法

306　　 　

2001)。 他认为, 人类活动已经给环境带来了不可逆转的影响, 尤其是近 100 年,
人类工业的发展是以破坏生存环境为代价的。 而以往的人类活动多是无序的, 今

后人类应当约束自己, 从事有序的活动。 他所推崇的 “有序人类活动” 就是以

可持续发展为目标和判断指标, 同时也提供可持续发展的理论方法和实际措施

(叶笃正, 2008)。 若从保护人类生存环境的角度出发, 什么样的人类活动才算有

序的呢? 叶笃正等认为通过合理安排和组织人类活动, 使自然环境在长时间、 大

范围内不发生明显变化, 甚至能持续好转, 同时又能满足当时社会经济发展对自

然资源和环境的需求。 这个概念为可持续发展指出了一条明确的道路, 引起众多

科学家的共鸣。 对于如何开展有序人类活动的研究, 叶笃正等提出了三个研究方

法 (叶笃正, 2006)。 首先是将社会科学和自然科学相结合; 其次是建立人类活

动-生存环境模式系统; 最后是建立示范区, 进行长期的监测研究。 同时, 应用

卫星遥感监测结果进行数学模拟研究, 并应用观测资料监测模式结果的可靠性作

为改进模式的依据之一。 这充分体现了叶笃正的科学研究方法体系。

14． 8　 与用户结合: 未来的天气气候预测体系

天气气候预测中的不确定性是不可避免的。 它一方面给用户或有关决策者带

来很大的困难, 同时也给科学工作者提出了新的研究课题。 叶笃正从气象预测面

临的实际应用困难中, 敏锐地看到了新的科研发展方向, 提出将气象预测过程同

用户决策过程有机地结合起来, 充分利用来自用户的知识和风险管理经验, 形成

一套相互作用协同发展的、 更具实际应用价值的气象预测体系。 叶笃正强调: 新

的气象预测体系, 必须使天气气候预测成为有效的决策基础。 一方面需要加强天

气和气候系统本身的研究, 使得预测所赖以进行的理论基础更加完善; 另一方面

则应通过和应用者协作, 对各种可能天气气候变化的风险及其应对措施进行评

估, 针对不同用户研制有用的预测报告。 用户则可从应用角度分析何种天气气候

情形下预测易于出现何种差错, 从风险角度总结如何使用预测并提炼对预测系统

的进一步需求, 加以总结并进而模式化, 从而改进预测体系。 这样的预测体系不

仅仅由气象学知识构成, 而是包含了各种用户各自的知识体系。
在叶笃正提出的上述思想指导下, 近年中国气象局在其行业专项框架内部署

了若干相应的研究项目。 这些项目研究的成果, 已开始应用于国家和地方气象、
水文预测部门 (石育中, 2013)。 叶笃正直至晚年, 仍能从实际应用的角度考虑

问题, 提出创新的科研发展方向, 是其一生科研实践的结晶使然。 叶笃正, 无疑

为后来者树立了一个在科研领域不断创新开拓的不朽典范 (Yan, 2012)。
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14． 9　 结　 　 语

纵观叶笃正一生的科学生涯, 充满了开拓创新。 他将西方的分析方法与中国

传统的系统论思想结合, 倡导多学科交叉的研究方法。 他注重观测事实, 反复强

调 “事实是最重要的” 这一罗斯贝的谆谆教诲; 他将归纳法和演绎法结合起来,
从观测数据入手, 分析、 归纳、 总结, 发现新的现象、 新的规律, 然后通过严谨

的理论推演揭示其中的物理机制, 最后再利用物理实验或数值模拟再现所研究的

过程, 证实或检验这些发现; 他善于理论联系实际, 将动力气象学的理论成功地

应用于东亚天气气候的研究, 推动了中国天气气候预测业务的发展; 他视野开

阔, 纵横于多个学科领域, 提出全球变化的重要科学问题, 引领了当代地球科学

研究的潮流; 他关心人类的生存环境, 强调地球环境变化中人与自然的关系, 创

造性地提出 “人类有序适应” 的理念, 成为当今国科联 ( ICSU) 未来地球伙伴

计划的重要内容之一。 2011 年 12 月科技部创新方法研究会将首届 “创新方法成

就奖” 颁发给叶笃正先生。 叶笃正先生虽然已经离去, 但他提倡的科学精神和科

学研究方法将永远启迪后辈学人, 奋进创新。
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ABSTRACT

Against a background of climate change, Macau is very exposed to sea level rise (SLR) because of its low elevation,
small size, and ongoing land reclamation. Therefore, we evaluate sea level changes in Macau, both historical and, especially,
possible future scenarios, aiming to provide knowledge and a framework to help accommodate and protect against future
SLR. Sea level in Macau is now rising at an accelerated rate: 1.35 mm yr−1 over 1925–2010 and jumping to 4.2 mm yr−1

over 1970–2010, which outpaces the rise in global mean sea level. In addition, vertical land movement in Macau contributes
little to local sea level change. In the future, the rate of SLR in Macau will be about 20% higher than the global average, as a
consequence of a greater local warming tendency and strengthened northward winds. Specifically, the sea level is projected
to rise 8–12, 22–51 and 35–118 cm by 2020, 2060 and 2100, respectively, depending on the emissions scenario and climate
sensitivity. Under the +8.5 W m−2 Representative Concentration Pathway (RCP8.5) scenario the increase in sea level by
2100 will reach 65–118 cm—double that under RCP2.6. Moreover, the SLR will accelerate under RCP6.0 and RCP8.5, while
remaining at a moderate and steady rate under RCP4.5 and RCP2.6. The key source of uncertainty stems from the emissions
scenario and climate sensitivity, among which the discrepancies in SLR are small during the first half of the 21st century but
begin to diverge thereafter.
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1. Introduction
Macau (22◦10’N, 113◦33’E), a special administrative re-

gion of China, is located on the southern coast of China, on
the South China Sea (Fig. 1). Its territory consists of Macau
Peninsula and the islands of Taipa and Coloane, totaling 30.3
km2 up to 2014. In fact, the total area of Macau was only 2.78
km2 in the 17th century, but it has been enlarged by 50% since
1912 because of land reclamation efforts. Currently, land
reclamation in Macau is still ongoing. In addition, Macau has
generally flat terrain, with the lowest point being 0 m. Due to
its low-lying elevation and significant coastal development,
Macau faces huge risks from sea level rise (SLR).

As reported by Church and White (2006) and Nerem et

∗ Corresponding author: Gang HUANG
Email: hg@mail.iap.ac.cn

al. (2010), global mean sea level (GMSL) has been rising at a
rate of 1.7±0.3 mm yr−1 over the last century, while during
the last 20 years it has risen to 3.3±0.4 mm yr−1, suggesting
that SLR is accelerating. SLR due to global warming is a se-
rious global threat, especially for Macau, where a large popu-
lation, economic activity, and important cultural features are
situated. Generally, SLR has a far-reaching and pronounced
impact on coastal assets through increased coastal erosion,
higher surge flooding, landward intrusion of seawater, and
more extensive coastal inundation. As indicated by Nicholls
and Cazenave (2010), the future of China’s coastline appears
to be highly threatened by SLR.

To reduce the risk of current and future SLR, great ef-
fort has been expended in studying it at both global and
local scales. Here, we focus on sea level change at the local
level, which has particular relevance for local policymaking.
Several research teams have conducted assessments of sea
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Fig. 1. Geographical location of Macau (red dot) along with Zha
Po, Tai Po Kau and North Point Quarry Bay (NPQB) (brown
dots) in China.

level change associated with a given city: for example, Chen
and Omstedt (2005) discussed the climate-induced sea level
variation in Stockholm from 1873 to 1995; Moron and Ull-
mann (2005) investigated the relationship between sea level
pressure and sea level height in Camargue; and Stephens and
Bell (2009) reviewed the coastal inundation and SLR in Nel-
son, New Zealand. Regarding coastal cities in China, Ding
et al. (2001), BakiIz and Shum (2000), Li and Mok (2011)
and Wong et al. (2003) all examined the long-term sea level
change in Hong Kong, the other special administrative region
of China; and He et al. (2014) estimated regional sea level
change in the Pearl River Delta. Despite significant sea level
research, there are no studies dealing specifically with sea
level change in Macau. Moreover, few studies have empha-
sized future changes in sea level, which is crucial to advance
planning for adaptive strategies.

Generally, the rise of sea level not only has tremendous
impact on Macau, but affects any coastal lowland. Neverthe-
less, compared to other port cities along the coastal margins
of China, Macau is most susceptible to SLR-induced hazards.
On the one hand, because of limited land areas, the landward
migration of coastal assets and communities will be much
more constrained. On the other hand, Macau has the largest
land reclamation programs in China, which in turn exacer-
bates the threats from SLR. Hence, Macau is most concerned
about the potential SLR in future brought by climate change
and mitigation strategies to deal with associated detrimen-
tal consequences. In light of the high priority for addressing
sea level-related issues in Macau, we carry out a comprehen-

sive evaluation of historical and possible future changes in
Macau. Meanwhile, although concentrating on the Macau
region, this study is expanded to encompass the neighboring
corridor along the coasts of southern China (SC).

This paper is structured as follows: The tide gauge, satel-
lite and model-based data are described in section 2. Section
3 presents the detail of the methodology used for construct-
ing a relative sea level (RSL) scenario. The historical change
of sea level in Macau and adjacent waters is demonstrated in
section 4, followed by projected future scenarios in section 5.
Finally, section 6 summarizes the key conclusions with some
discussion of related issues.

2. Data
2.1. Tide gauge measurements

Hourly tidal data in Macau for the period 1925–2010,
gathered by the Macau Meteorological and Geophysical Bu-
reau, are used in this study. To remove short-term fluctuation,
such as diurnal and semidiurnal oscillations, the monthly
mean sea levels are computed from hourly tidal records. Note
that tide gauges measure the sea level relative to a fixed
benchmark on nearby land, so tide gauge observations con-
sist of signals from both sea level change and vertical land
motion. Therefore, tide gauges measure RSL change.

To detect how global change influences local sea level in
Macau, the GMSL dataset of the same time span is retrieved
from the Commonwealth Scientific and Industrial Research
Organisation, available at http://www.cmar.csiro.au/sealevel/
sl data cmar.html. The reconstruction product is developed
by Church and White (2011) based on in-situ sea level data
from coastal tide gauges worldwide.

Historical tide gauge observations other than Macau
along the SC coast are obtained from the Permanent Service
for Mean Sea Level (PSMSL) databank (http://www.psmsl.
org/). Established in 1933, the PSMSL has been responsible
for the collection, publication, analysis and interpretation of
sea level data from the global network of tide gauges. The
time series of tidal measurements produced by the PSMSL
have been adjusted to a common datum, called Revised Lo-
cal Reference, which is defined to be approximately 7000
mm below the mean sea level. Only stations with sufficient
records that span at least 30 years are considered for this
study. The names, geographic distribution and data length
of the three selected stations are shown in Table 1 and Fig. 1.

2.2. Satellite altimetry data
Gridded satellite data of sea level anomalies are ob-

tained from AVISO (Archiving, Validation and Interpretation
of Satellite Oceanographic Data) (Dibarboure et al., 2014),
which is a merged product based on altimetry data from
Topex/Poseidon, Jason-1, ERS-1 and ERS-2, and EnviSat.
The near-global sea level anomaly data are available on a
0.25◦× 0.25◦ latitude–longitude grid from 1993 to 2012 at
monthly intervals. In addition, the AVISO data are provided
in the form of anomalies compared to the 20-yr mean from
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1993 to 2012. Relevant information about the altimetry data
and detailed procedures used in the generation of AVISO can
be found at http://www.aviso.altimetry.fr. In contrast to tide
gauge observations, satellite altimetry measurements are car-
ried out in a geocentric reference frame; in other words, rel-
ative to the center of the Earth. Therefore, satellite altimetry
measures absolute sea level (ASL) change.

2.3. CMIP5 multi-model outputs
To assess potential future changes in sea level, data from

24 coupled climate models are downloaded from the Cou-
pled Model Intercomparison Project Phase 5 (CMIP5) (Tay-

lor et al., 2012). Table 2 summarizes information about the
models used in this study and their associated organizations.
Thanks to SimCLIM software, the sea level data have been
processed with a pattern scaling technique and subsequently
downscaled to a common 0.5◦×0.5◦ latitude–longitude grid.
Therefore, we employ the refined data provided by the Sim-
CLIM software rather than the raw model output. To en-
compass a broad range of scenarios in expected sea level
change, a full suite of emissions levels, including the +2.6
W m−2 Representative Concentration Pathway(RCP2.6) sce-
nario, RCP4.5, RCP6.0, and RCP8.5 (Moss et al., 2010), is
used. Besides model-based sea level data, forcing scenar-

Table 1. Tide gauge stations along the SC coast used for this study, along with their latitude–longitude locations and recording periods.

Station name Location Recording period Data source

Macau (22.2◦N, 113.55◦E) 1925–2010 Macau Meteorological and Geophysical Bureau
Zha Po (21.583◦N, 111.817◦E) 1959–2014 PSMSL

Tai Po Kau (22.443◦N, 114.184◦E) 1963–2013 PSMSL
North Point Quarry Bay (22.291◦N, 114.213◦E) 1950–2013 PSMSL

Table 2. Summary of the 24 climate models from CMIP5 used in this study.

Model Modeling center

bcc-csm1-1 Beijing Climate Center, China Meteorological Administration
bcc-csm1-1-m Beijing Climate Center, China Meteorological Administration

CanESM2 Canadian Centre for Climate Modelling and Analysis
CCSM4 National Center for Atmospheric Research

CMCC-CMS Centro Euro-Mediterraneo per I Cambiamenti Climatici
CMCC-CM Centro Euro-Mediterraneo per I Cambiamenti Climatici

CNRM-CM5 Centre National de Recherches Météorologiques/Centre Européen de Recherche et Formation Avancée en
Calcul Scientifique

CSIRO-Mk3-6-0 Commonwealth Scientific and Industrial Research Organization in collaboration with Queensland Climate
Change Centre of Excellence

GFDL-CM3 NOAA Geophysical Fluid Dynamics Laboratory
GFDL-ESM2G NOAA Geophysical Fluid Dynamics Laboratory
GFDL-ESM2M NOAA Geophysical Fluid Dynamics Laboratory
GISS-E2-R-CC NASA Goddard Institute for Space Studies

GISS-E2-R NASA Goddard Institute for Space Studies
HadGEM2-CC Met Office Hadley Centre (additional HadGEM2-ES realizations contributed by Instituto Nacional de

Pesquisas Espaciais)
HadGEM2-ES Met Office Hadley Centre (additional HadGEM2-ES realizations contributed by Instituto Nacional de

Pesquisas Espaciais)
inmcm4 Institute for Numerical Mathematics
MIROC5 Atmosphere and Ocean Research Institute (The University of Tokyo), National Institute for Environmental

Studies, and Japan Agency for Marine-Earth Science and Technology

MIROC-ESM Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute (The
University of Tokyo), and National Institute for Environmental Studies

MIROC-ESM-CHEM Japan Agency for Marine-Earth Science and Technology, Atmosphere and Ocean Research Institute (The
University of Tokyo), and National Institute for Environmental Studies

MPI-ESM-LR Max-Planck-Institut für Meteorologie (Max Planck Institute for Meteorology)
MPI-ESM-MR Max-Planck-Institut für Meteorologie (Max Planck Institute for Meteorology)
MRI-CGCM3 Meteorological Research Institute
NorESM1-M Norwegian Climate Centre

NorESM1-ME Norwegian Climate Centre
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ios of relevant variables including ocean heat content (OHC)
for total column, and meridional wind under RCP4.5 and
RCP8.5, are also investigated, in order to gain better insight
into sea level issues. OHC in this study is defined as the ver-
tical average of ocean potential temperature from the surface
to the sea floor, according to the equation

OHC =
1
z

∫ z

0
θ(z)dz , (1)

in which θ is the potential temperature and 0 and z repre-
sent sea surface and sea floor depth. Note that the definition
of OHC here differs from the classical one, but they have
essentially the same physical sense. In addition, following
the latest progress by the Intergovernmental Panel on Climate
Change (IPCC), the 30-yr period from 1986 to 2005 is chosen
for the baseline climate.

3. Methodology
3.1. Components of RSL change

It is relative rather than absolute SLR that requires plan-
ning in a given region. In general, RSL change for a specific
site can be attributed to a combination of three main compo-
nents (Nicholls et al., 2011):

(1) GMSL rise. This reflects the change in the global vol-
ume of the ocean, which is primarily due to thermal expan-
sion of the ocean as it warms and the melting of glaciers and
ice sheets.

(2) Departures from the global average. This is caused by
non-uniform distributions of temperature change, along with
spatially varying responses of atmospheric and oceanic cir-
culation to climate change. The regional departures can be as
much as 50%–100% from the global average.

(3) Vertical land movement (VLM). In general, VLM oc-
curs owing to various natural and anthropogenic geological
processes. The former include tectonic activity, glacial iso-
static adjustment, and earthquakes, while the latter involve
groundwater extraction and drainage. The inclusion of VLM
is critical to the determination of RSL change, since its mag-
nitude could be appreciable in its effects on SLR itself. A
landmass can rise, subside, or remain stable. The subsidence
of land exacerbates the adverse impact of SLR, while uplift
processes alleviate it. For example, the sea level at Stock-
holm is falling by a few millimeters per year because of land
emergence in response to the disappearance of ice during the
last deglaciation; in contrast, Manila has experienced consid-
erable land settlement induced by intensive ground pumping,
which enhances the local SLR.

Direct monitoring of VLM is accomplished through con-
tinuous GPS. Unfortunately, there is no such measurement
at Macau. Nevertheless, an alternative and indirect approach
is still available to recover the VLM. Because altimetry and
tide gauges measure ASL and RSL, respectively, and ASL,
RSL and VLM are interrelated by RSL = ASL−VLM, on
the one hand the sea level difference between altimetry and
tide gauge data is dominated by VLM, while on the other

hand geological processes are so slow that they are usually
considered linear on a time scale of a few centuries (Chen and
Omstedt, 2005). Consequently, the linear trend of sea level
difference (altimetry minus tide gauge) is the proxy of the lo-
cal rate of VLM. This method has been extensively explored
and validated in many works, e.g., Cazenave et al. (1999),
Garcı́a et al. (2007), and Ray et al. (2010).

In short, regional RSL rise can be readily derived by inte-
grating the above three components of sea level change using
the following expression:

∆RSL = ∆GMSL+∆SLR−∆VLM , (2)

where ∆RSL is the change in RSL for a given site, ∆GMSL
is the change in GMSL, ∆SLR is the regional deviation in sea
level from the global average, and ∆VLM is the change in
local VLM.

3.2. SimCLIM software

SimCLIM is an integrated software package designed for
impact and adaptation assessment related to climate change
and variability (Warrick et al., 2005). It is one of the tools rec-
ommended by the United Nations Framework Convention on
Climate Change in the area of impact and vulnerability anal-
yses. Currently, SimCLIM runs on the latest CMIP5 datasets
and supports four RCP emission scenarios (RCP2.6, RCP4.5,
RCP6.0, and RCP8.0). One of the major features of Sim-
CLIM is a sea level scenario generator. For generating fu-
ture projected sea level changes, SimCLIM adopts a “pat-
tern scaling” method that involves the use of spatial output
from complex coupled atmosphere–ocean circulation mod-
els in conjunction with projections of global-mean climate
changes deduced from a simple climate model. The pattern
scaling method was initiated by Santer et al. (1990) and has
received widespread use in the construction of climate sce-
narios (Walsh et al., 1998; Mitchell, 2003). This technique
is based on the theory that a simple climate model is capa-
ble of representing a global climate response, even when the
response is nonlinear and a wide range of climatic variables
are a linear function of the amount of global warming. To de-
rive the scaling pattern, the spatial sea level change, produced
by a coupled climate model, is divided by the corresponding
global mean obtained from a simple climate model. The ra-
tio, also called the scaling factor, in each grid is interpreted
as the local change with respect to the per unit change in the
global mean. Therefore, the scaling factor indicates whether
the local SLR will be equal to (scaling factor = 1), greater
than (>1), or less than (<1) the global average value. For
example, if the local ratio is 1.25, then for every centimeter
rise of GMSL, the local rise will be 1.25 cm.

4. Historical sea level change and estimate of
VLM

The monthly mean sea level at Macau relative to the local
chart datum is given in Fig. 2. The chart datum in Macau
is defined to be 1.8 m and 2.34 m below mean sea level for
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Fig. 2. Temporal evaluation of RSL at Macau (units: mm) in
reference to local chart datum.

the periods 1925–1966 and 1967 to present, respectively. To
remove the datum discontinuity, the monthly means have
been reduced to a common datum: 2.34 m below mean sea
level. An overall upward trend of RSL is revealed at a rate of
1.35 mm yr−1. However, the rising trend is not monotonic but
dominated by multidecadal variability. From the mid-1950s

to 1970s, the sea level generally falls, with a linear trend of
−9.6 mm yr−1. Since the 1970s, the sea level in Macau has
risen significantly, at a rate of 4.2 mm yr−1.

Figure 3 illuminates the possible links between sea level
changes in Macau and GMSL. Although seemingly close to
linear, the evolution of GMSL does contain decadal-scale
fluctuation, as illustrated in Fig. 3d. It is noticeable that the
GMSL also experienced a similar regime shift from the 1950s
to the early 1970s, but with weak amplitude. Further, the
27-yr sliding correlation shown in Fig. 3e confirms the tem-
poral consistency between the detrended sea level in Macau
and the GMSL before the mid-1970s, suggesting that global-
scale change may have played a crucial role in shaping the
sea level in Macau prior to the mid-1970s. However, such
an association tends to break down after 1970, implying that
sea level change due to local and regional factors dominates
from the mid-1970s onward. These conjectures need to be
proven through extensive diagnoses and experimentation, but
it is beyond the scope of this study to go into such detail.

The historical perspective of sea water levels adjacent to

Fig. 3. (a, b) Time Series of annual sea level anomalies in Macau relative to the entire period and those with secular trend
removed; (c, d) same as a and b, but for global mean sea level (GMSL); (e) 27-year running correlation between detrended
sea level in Macau and GMSL. Correlations are computed over 27-year segments moving from the beginning to the end of
the records. The blue dashed line marks the critical correlation coefficient (0.32) at a confidence level of 90%.



APRIL 2016 WANG ET AL. 467

Fig. 4. Annual sea level anomalies at Zha Po (a), Tai Po Kau
(b), North Point Quarry Bay (c) from 1950 to 2014. Red dashed
line denotes the linear trend over the period of 1993 to 2012.

Macau is examined next. Figure 4 demonstrates the evolution
of annual sea level with the long-term climatological mean
removed at Zha Po, Tai Po Kau and North Point Quarry Bay,

which have record lengths of more than 30 years. It is no-
ticeable that the temporal pattern of sea level observed at Zha
Po, Tai Po Kau and North Point Quarry Bay are remarkably
similar to that over Macau, with a rapid decline from 1950 to
around 1970 followed by a general upward trend since then.
The sea levels at the three tide gauge sites are highly cor-
related with that for Macau, with correlation coefficients of
0.79, 0.69 and 0.73, respectively. Also, the sea level at these
three tide gauges rose at a rate of 2.6, 2.5 and 2 mm yr−1 dur-
ing the period 1993–2012, significant at the 95% confidence
level. On the whole, the sea level oscillations in the histor-
ical perspective are found to exhibit regional-scale spatially
coherent signals across the shoreline band of SC.

From the perspective of satellite altimetry, as shown in
Fig. 5 [also reported by the IPCC’s Fifth Assessment Re-
port (AR5)], sea level has not risen uniformly worldwide dur-
ing the satellite era (1993–2012). In some regions, such as
the eastern Pacific, rates of sea level change are slower than
the global average, or even negative. However, the western
Pacific is characterized by pronounced greater-than-average
SLR. This is also the case for Macau, whose rate of SLR
since 1993 amounts to 3.2 mm yr−1, higher than the global
mean rate of about 2.9 mm yr−1. Moreover, as we will see in
section 5, the sea level at Macau will continue to rise faster
than the global mean in the future.

Since VLM is essential to the local effects of SLR, the
most important task is to estimate the VLM at Macau fol-
lowing the procedure outlined in section 3.1. The monthly
sea level difference, altimetry minus tide gauge, is calculated
over 1993–2010. Figure 6a displays the monthly altimetry
and tide gauge sea level at Macau. These two time series are
highly coherent, with a correlation coefficient of 0.83. The
sequence of altimeter minus gauge differences is shown in
Fig. 6b, with the linear fit imposed. As indicated by the linear
trend, the rate of VLM at Macau is estimated at −0.153 mm
yr−1, accumulating only 1.53 cm of subsidence over a span
of one century. An identical outcome can also be achieved if
we rely on the annual average time series (figure not shown).

Fig. 5. Spatial pattern in sea level trends (units: mm yr−1) for the period 1993 to 2012 based on AVISO.
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Fig. 6. (a) Altimetric (blue dashed line) and tide gauge (red
solid line) sea level anomalies at Macau from 1993 to 2010 at
monthly intervals, and (b) their difference (green dots) along
with the fitted linear regression (blue line).

Consequently, it can be concluded that Macau has virtually
no vertical motion. Finally, it is necessary to emphasize that
the tendency of VLM is computed indirectly; if geodetic mea-
sures from GPS are launched in the future, VLM will be es-
timated more accurately.

5. Future scenarios of SLR
Prior to model projections of future sea level in Macau

and adjacent waters, it is necessary to test model perfor-
mance. Essentially, state-of-the-art climate simulations re-
flect the part of variability due to long-term signals, but do
not account for interannual/decadal variability. Thus, it is
more relevant to evaluate the skill of climate models to simu-
late trends. Unfortunately, the downscaled outputs of histori-
cal simulations offered by SimCLIM cover a short time span
starting from 1995. With readily available data, it is found
that the observed trend for 1995–2010 falls within the mod-
els’ range, approaching the upper bound exactly (figure not
shown), which demonstrates their ability to capture present
climate tendency during the given period. Despite uncertain-
ties in simulations, models are unanimous in their prediction
of substantial SLR at Macau under greenhouse gas (GHG)
increases, as we will see below.

As clarified in section 3.1, regional sea level change con-
tains three contributions: GMSL change, departures from
GMSL, and VLM. First, the future projected GMSL relative
to 1986–2005 under four emissions scenarios is shown in Fig.
7. For each scenario, low, medium and high climate sensitiv-

ity projections are provided. Generally, climate sensitivity
refers to the equilibrium change in surface air temperature
following a unit change in radiative forcing. Since different
GCMs produce different results for the same GHG emission
scenarios, GCMs have different climate sensitivities. The
GMSL is expected to rise for all emissions scenarios and
climate sensitivities. Furthermore, the highest SLR is pro-
jected under the RCP8.5 scenario, and the lowest under the
RCP2.6 scenario, which corresponds to the highest and low-
est global warming in the future. In particular, the ranges of
global SLR in 2100 are 28–61 cm, 36–71 cm, 38–73 cm and
53–98 cm under RCP2.6, RCP4.5, RCP6.0, and RCP8.5, re-
spectively. If we combine emissions uncertainty and climate
sensitivity uncertainty, the plausible GMSL change by 2100
ranges from 28 to 98 cm. Table 3 reports details of the GMSL
changes, including the central estimate and likely range, for
2020, 2060, and 2100. At the beginning of this century, the
magnitude of change in GMSL among different emission sce-
narios is fundamentally identical, indicating the limited effect
of GHG concentration on the response of GMSL. However,
the discrepancies in GMSL rise among different RCP sce-
narios become more and more noticeable as time progresses,
especially at the end of the 21st century. Finally, it is note-
worthy that the results yielded here are quite consistent with
IPCC AR5 (Church et al., 2013).

Second, the regional departure from the GMSL in the
scenario period is subsequently examined. The projected
scaling factors in Macau for all climate models and their
average are given in Fig. 8. There is a clear consensus
among models (probability >85%) that sea level in Macau is
likely to rise more rapidly than the global average, with the
maximum scaling factor of 1.76 being recorded by CNRM-
CM5. The scaling factors from HadGEM2-CC, HadGEM2-
ES, and MIROC5, although less than 1, are very close to
1. Based on the multimodel ensemble mean, the ratio of
local sea level change to the global average is 1.23, sug-
gesting that the rate of SLR in Macau is 20% higher than
the GMSL. In addition, as indicated by Fig. 9, faster SLR
than the ocean as a whole occupies not only just Macau
but indeed all over the coastal areas along SC, with a high
degree of inter-model consistency. But what are the driv-
ing forces behind the greater-than-average SLR in Macau?

Table 3. Central estimate and range of GMSL change (cm) relative
to 1986–2005 climatology under four emissions scenarios (RCP2.6,
RCP4.5, RCP6.0, and RCP8.5). Results are presented for each emis-
sions scenario. Values are the central estimate with the range in
parentheses. The projected changes in the case of medium, low and
high climate sensitivities are adopted as the central estimate, lower
and upper bounds of the range.

2020 2060 2100

RCP2.6 8 (6–10) 26 (18–35) 44 (28–61)
RCP4.5 8 (6–10) 28 (21–37) 53 (36–71)
RCP6.0 8 (6–10) 27 (19–35) 55 (38–73)
RCP8.5 8 (6–11) 33 (24–42) 74 (53–98)
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Fig. 7. Future projected changes in GMSL relative to 1986–2005 for low (green), medium (red) and high (blue)
climate sensitivity under (a) RCP2.6, (b) RCP4.5, (c) RCP6.0 and (d) RCP8.5.

Fig. 8. Scaling factor in Macau for each model (blue diamonds)
and the multimodel ensemble mean (red dot).

To address this problem, regional thermal conditions and dy-
namic processes that influence regional sea level are illumi-

nated. In terms of local thermal conditions, Fig. 10 shows
the departures of local full depth OHC changes from the
global average. The ocean along China’s coastline appears
to be warming more quickly than the global average, indicat-
ing an enhanced thermal expansion effect and thus higher sea
level. In particular, the area adjacent to Macau is character-
ized by much stronger inter-model agreement, which persists
throughout the 21st century. The inhomogeneous spatial pat-
tern of projected oceanic heat gain is primarily a response
to changes in air–sea fluxes and ocean circulation (Palmer,
2014). The downward net surface heat flux—the sum of
shortwave radiation, longwave radiation, sensible heat flux
and latent heat flux—around Macau and its adjacent seawa-
ters exhibits an evident positive trend, indicating increased
heat penetrating into the ocean (figure not shown). Apart
from the influence of non-uniform increases in OHC, changes
in regional atmospheric circulation also play an important
role in generating an in situ sea level response through phys-
ical forcing of the wind. Based on the projected meridional
wind signatures shown in Fig. 11, intensified southerlies with
high inter-model coherence prevail over South China and the
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Fig. 9. Multimodel median for the projected scaling factor. Values greater than 1 indicate faster local sea level
rise than global, and vice versa. Stippling indicates where at least 80% of all participating climate models have
a scaling factor greater than 1 or less than 1.

surrounding region, which causes future SLR in Macau to be
higher than the global average via the piling up of local wa-
ter. But why does southerly wind tend to strengthen in future?
With global warming, the temperature increase over land will
be more rapid than that over the oceans, and the continental-
scale land–sea thermal contrast will become larger in sum-
mer and smaller in winter. Therefore, it follows that the
summer monsoon will be stronger and the winter monsoon
weaker in the future, promoting intensified southerly anoma-
lies (Sun and Ding, 2010). In short, faster SLR in Macau
is connected with a stronger thermal expansion of local sea
water and strengthened southerlies in the future.

The last component essential to creating a RSL rise sce-
nario is the VLM-related trends. In Macau, however, the
VLM makes little contribution to RSL change. Figures 12
and 13 illuminate the projected change in ASL and RSL
(ASL combined with VLM), respectively. There is obvious
high agreement between ASL and RSL, so in the following
investigation we focus mainly on RSL (Fig. 13), which is
the ultimate objective in this study. Despite the sea level in
Macau tracking close to the global average (Fig. 7) through-
out the entire 21st century, its amplitude is stronger. If we
consider the worst-case RCP8.5 together with high climate
sensitivity, for instance, sea level in Macau will rise by 118
cm, 20 cm above the global mean. The values associated with
the projected SLR in Macau are shown in Table 4. Based on
Fig. 13 and Table 4, three basic characteristics can be iden-
tified: (1) The higher emissions scenario leads to a more
remarkable SLR than the lower emissions scenario: 90 cm
under RCP8.5 versus 54 cm under RCP2.6 by 2100, for ex-
ample, as a consequence of stronger ocean thermal expansion

Table 4. As in Table 3 but for Macau (units: cm).

2020 2060 2100

RCP2.6 10 (8–12) 32 (22–43) 54 (35–74)
RCP4.5 10 (8–12) 34 (26–45) 65 (44–86)
RCP6.0 10 (8–12) 33 (24–43) 67 (47–88)
RCP8.5 10 (8–13) 40 (30–51) 90 (65–118)

and loss of mass from glaciers and ice sheets due to more
rapid warming. Moreover, under RCP8.5 the linear trends
for the periods 2020–2060 and 2060–2100 are 0.75 mm yr−1

and 1.25 mm yr−1, respectively, highlighting the accelerating
SLR in the future, which is also the case for RCP6.0. How-
ever, under RCP2.6 and RCP4.5, the SLR will remain at a
moderate and steady rate. (2) The different emissions scenar-
ios do not lead to dramatically different sea level responses
during the beginning of the 21st century, but thereafter the
projections begin to diverge. As shown in Table 4, all emis-
sions scenarios predict a SLR of 10 cm, with a probable range
from 8 cm to 12 cm, by 2020; however, by 2100 the projected
sea levels under RCP8.5 reach 65–118 cm, double those un-
der RCP2.6. (3) The climate sensitivity–related uncertainty
tends to broaden with time, since the full ranges for 2020,
2060 and 2100 under RCP4.5 are 4 cm, 19 cm and 42 cm,
respectively. In contrast, given the same climate sensitivity,
the random uncertainty bounds are rather narrow, as indicated
by the shading in Fig. 13. Consequently, the majority of the
uncertainty originates from poor knowledge of climate sensi-
tivity along with emissions levels, whereas other factors are
likely to be secondary.
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Fig. 10. Spatial pattern of the departure of local OHC change from the global average (units: ◦C) for (a, b)
2010–2039, (c, d) 2040–2069 and (e, f) 2070–2099 under (a, c, e) RCP4.5 and (b, d, f) RCP8.5. Stippling
indicates where at least 75% of all GCMs agree on the sign. The red end of the color scale implies a faster
rate of OHC increase compared to the global average, while the blue end denotes the opposite.

In short, the SLR in Macau by 2100 will span between
a minimum of 35 cm and a maximum of 118 cm, depending
on the emissions scenario and climate sensitivity. In addition,
CMIP5 simulations give analogous patterns and magnitudes
of future SLR along the entire coastline of SC compared to
the changes in Macau, but are not detailed here.

6. Conclusions

Global warming-related SLR constitutes a substantial
threat to Macau, due to its low elevation, small size and on-
going land reclamation. This study was devised to determine
the long-term variation of sea level change in Macau, as well
as to develop future scenarios based on tide gauge and satel-
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Fig. 11. Spatial pattern of meridional wind change at 1000 hPa (units: m s−1) from the reference period
(1986–2005) to (a, b) 2010–2039, (c, d) 2040–2069 and (e, f) 2070–2099 under (a, c, e) RCP4.5 and (b, d,
f) RCP8.5. Stippling indicates where at least 75% of all GCMs agree on the sign. The cyan end of the color
scale indicates southerly anomalies, while the brown end indicates the opposite.

lite data and GCM simulations, aiming to provide knowledge
for SLR mitigation and adaptation.

Based on local tide gauge records, the rate of SLR shifted
from about 1.35 mm yr−1 over 1925–2010 to 4.2 mm yr−1

over 1970–2010, reflecting an apparent acceleration of SLR.
Despite the overall upward trend, the sea level in Macau also
exhibits decadal variability. Furthermore, satellite altimetry
data reveal that the sea level near Macau rose 10% faster than
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Fig. 12. As in Fig. 7 but for absolute SLR at Macau. Shading denotes the interquartile range across all climate
models.

the global mean during the period from 1993 to 2012. Since
the local sea level could be significantly adjusted by the rate
of VLM, we subsequently derived it by calculating the lin-
ear trend of sea level difference between satellite altimetry
and tide gauge measurements. The result indicates almost
no rising or sinking of the landmass in Macau. However,
complementary measurements based on high-accuracy GPS
equipment co-located with the tide gauge at Macau should be
implemented in the future to better monitor the rate of VLM.

As projected by a suite of climate models, the Macau
SLR deviates positively from the global average by about
20%, indicating a 1.2 m SLR in Macau, corresponding to
a unit increase of global average SLR. This is induced pri-
marily by a greater-than-average rate of oceanic thermal ex-
pansion in Macau, together with enhanced southerly anoma-
lies that lead to a piling up of sea water. Specifically, RSLs
with the local rate of VLM added indicate a rise of 8–12,
22–51, and 35–118 cm by 2020, 2060 and 2100 with respect
to the 1986–2005 baseline climatology, respectively, with the
amount of rise dependent on the emissions scenario and cli-
mate sensitivity. If we consider the medium emissions sce-
nario RCP4.5 along with medium climate sensitivity, Macau
can expect to experience an SLR of 10, 34 and 65 cm by

2020, 2060 and 2100. If the worst case happens (RCP8.5
plus high climate sensitivity), the SLR will be far higher than
that in the medium case; namely, 13, 51 and 118 cm by 2020,
2060, and 2100, respectively. The SLR under the lower emis-
sions scenario is expected to be less severe than that under the
higher emissions scenarios: by 2100, an SLR of 65–118 cm
in Macau under RCP8.5, almost twice as fast as that under
RCP2.6. Moreover, the SLR will accelerate under RCP6.0
and RCP8.5, while remaining at a moderate and steady rate
under RCP4.5 and RCP2.6. The GHG forcing scenario has
virtually no influence on the projected change during the be-
ginning of this century, but its impact on divergent sea level
responses becomes noticeable after the middle of the century.
The majority of the projection uncertainty comes from the
emissions scenario and poor knowledge of climate sensitiv-
ity. By 2020, the uncertainty range is only 4 cm, yet by 2100
the range will be increased to 83 cm. Moreover, the sea level
changes in the past and future over the whole of SC to a large
extent resemble that in Macau.

This study concerns scenario development, which is only
the first step in the whole process. Additional problems need
to be addressed, as follows: (1) Given the large uncertainties
in future projections, the obvious question is how to select
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Fig. 13. As in Fig. 12 but for relative SLR (incorporating VLM) at Macau.

appropriate SLR values. Consequently, continuous monitor-
ing of actual SLR, and understanding of which emissions sce-
nario and climate sensitivity is the most realistic, are essential
to the scenario choice. (2) Extreme high-water events (short-
term phenomena) in Macau are not examined in this study,
but they must be recognized in impact analysis. Although ris-
ing sea level will increase the probability of storm surges and
waves, quantitative assessments of such risks are inevitable in
the future. (3) And last but not least, what are the most suit-
able adaptation policies and planning objectives in Macau?
In general, we need to combine the consequences of SLR and
the potential costs incurred in future adaptations. Therefore,
feasible mitigation and adaptation strategies should be initi-
ated to address SLR.
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